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Keanakakoi ash on Kilaeua volcano.

Larger impacts producing larger craters would yield greater volumes of impact
melt and shock heated rock with correspondingly longer cooling times. For the 300 km
diameter Serenitatis basis on the Moon, a conductive cooling time of about 5x107 years
has been estimated (Bratt and Solomon, 1981). An active hydrothermal system would
reduce this time by a factor of 2 to 3 (Norton, 1984). The resulting cooling time is
comparable to that found for the magmatic hydrothermal systems above. I thus conclude
that Martian impact craters greater than about 100 km in diamevter could produce active

hydrothermal systems for prolonged periods.
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CHAPTER IX: PHYSICAL CONSIDERATIONS OF

HYDROTHERMAL SYSTEMS ON MARS

In the last several chapters, I discussed modeling results of Martian hydrothermal
systems, valley erosion volumes, and volumes of water needed to erode particular valley
systems on Mars based on terrestrial analog studies. However, as.mentioned in these
chapters, the amount of ground-water outflow which remains liquid and therefore
available for geomorphic work is highly dependent on severai factors, including the
atmospheric temperature and pressure, regional hydrogeological conditions, and the
mineral concentration and temperature of the outflowing ground water. In this chapter,
I discuss some of the underlying processes that affect these factors and how they might
have affected the volume and nature of the hydrothermally-driven ground-water outflow
during periods of fluvial valley formation on Mars. Although the general physical
interactions between thermal anomalies and ground water would be similar for both Earth
and Mars, the magnitude of these interactions may differ. These differences arise largely
from the lower Martian gravity, different atmospheric conditions, the presence of an ice-
rich permafrost zone on Mars, and the processes that transport ground water into the near-
surface environment. This chapter summarizes the possible effects of these processes on

a hydrothermal system formed on Mars.
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Permafrost

The presence of ice-rich permafrost would affect an active hydrothermal system
on Mars. There is extensive morphologic evidence for ground ice in the Martian
subsurface (Squyres et al. 1992). For example, lobate ejecta around many impact craters
are thought to have formed by the fluidization of ground ice and mobilization of ground
water as a direct result of impact formation. The presence of thermokarst features, karst-
like landforms, that form by the melting and removal of subsurface ice, and the presence
of various periglacial landforms such as patterned ground and pingo-like features, also
suggest significant quantities of ice exist in the near surface. There are numerous
estimates for the thickness of the ice-rich Martian permafrost. Most are based on
theoretical estimates of where ice woul& be stable given present atmospheric conditions;
some are based on geomorphic studies of landforms. Regardless of the approach used,
the thickness of this zone seems to vary with latitude and a common estimate for mid-
latitude permafrost thickness is 2 km (Squyres et al. 1992).

Upwardly moving hydrothermal fluids must melt through this permafrost to reach
the surface. The energy, E, required to melt through a cubic centimeter of permafrost

is given by

E =AT(pC,,(1-e)+p,C,E) +epL 9.1

Where AT is the difference between the initial temperature of the permafrost and its

melting temperature, p is the density of either rock (r) or ice (i), C, is the heat capacity



113

50,000

40,000 |-

30,000 +

20,000 (-

Time (years)

10,000

F=6300 |

pe—

0 " ] L ] ) l . | 5
0.0 0.2 0.4 0.6 0.8 1.0
Porosity

Figure 9.1. Time for an upward fluid flux of 5x10° g cm? sec™ to melt through a 2 km
thick permafrost layer as a function of permafrost volume fraction of ice. Different lines
represent a range of energy fluxes delivered to the ice (see text).

per gram of rock (r) or ice (i) (assumed independent of temperature), L is the latent heat
of melting of ice, and € is the volume fraction of the permafrost that is occupied by ice.
Therefore, hydrothermal waters impinging on the base of thf: permafrost must deliver
enough energy to raise the temperature of the rock/ice mixture to the melting point of
water and also provide the latent heat of melting.

The time required to melt through a 2 km thick permafrost zone can be estimated

from the numerical modeling results reported in the previous chapters. This time can be
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calculated by dividing the energy required to melt the ice contained within this zone by
the energy flux. For the baseline 50 km® intrusion, the convective mass flux averaged
over the first 10,000 years of hydrothermal activity is 5 x 10 g cm™ sec! over an area
of approximately 20 km?® The amount of energy this water delivers to the permafrost can
be measured by the amount the water cools upon contact. In Figure 9.1, the time required
to melt through the permafrost is shown as a function of porosity, assuming the water
cools by 3.3, 10, and 30°C upon contact with the permafrost. These temperatures
correspond to energy fluxes of 0.7, 2.1, and 6.3 watt m> The calculation assumes that
all the pore space within the soil is filled with ice and that the initial temperature averaged
over the thickness of this zone is 240°K. Since the energy necessary to heat both the soil
and ice to 273°K must be provided, a finite amount of time is required to heat the soil
even if ice is not present.

If permafrost on Mars fills a region with a pore space of 10 to 35%, then
hydrothermal fluids can melt through 2 km thick permafrost in several thousand years.
This is a conservative estimate since, in reality, some pore space may also contain gas
along with ice. In this case, the amount of energy and time required to melt through the
permafrost would be less. However, assuming the conservative scenario, the time
required to melt through the permafrost is short compared to the lifetime of the
hydrothermal system (about 100,000 years). Therefore, the presence of an ice-rich

permafrost zone should have a negligible effect on the lifetime of a hydrothermal system

on Mars.
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Figure 9.2. Equilibrium permafrost thickness as a function of geothermal heat flow.
Permafrost thickness is shown for three mean surface temperatures. Typical estimates of
current martian heat flow as well as geomorphologic evidence indicate permafrost
thicknesses of approximately 2 km. Higher surface temperatures and interior heat fluxes
both produce thinner permafrost layers. Heat flow above an active hydrothermal system
may be as large as 3 to 5 watt m?, indicating equilibrium thicknesses of several hundred

meters or less.

Even directly above a volcanic intrusion, the surface temperature at Mars would
be primarily controlled by the balance between absorbed solar and emitted infrared
radiation (Fanale ez al. 1992). The surface temperature will remain below freezing and
a residual ice-rich permafrost zone will remain near the surface, except for areas directly

areas directly above the intrusion or where springs or seeps have formed. Figure 9.2
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vapor diffusion/

Figure 9.3. Cartoon illustrating two ways in which ground water may reach the surface
above an active hydrothermal system. The local water table is elevated and if the water
table intersects with the surface ground water outflow will occur at seeps or springs as
illustrated on the right. If the water table does not intersect with the surface vapor rising
from the elevated water table will diffuse upwards into the unsaturated zone. Upon
condensing this water may recharge near surface aquifers and eventually reach the surface
as illustrated on the left of the diagram.

illustrates the equilibrium thickness for a variety of heat flows and surface temperatures
(applying McKay et al. (1985) Eq. 2). A thermal conductivity of 3.3 watts m? K is
assumed. Based on the estimate of a 2 km thick permafrost zone, the present day
background geothermal gradient probably provides on average around 0.1 watts/m?

assuming present surface temperatures and a permafrost thickness of 2 km. However, the

average heat flow in the presence of an active hydrothermal system can range from 2 to
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Table 9.1: Hydrostatic head as a function of water temperature.

H,0 Temperature H,O Density Hydrostatic Head (km)

5 0.99999 0.00

15 0.99913 0.01
25 0.99707 0.02
35 0.99406 0.04
45 0.99025 0.06
65 0.98058 0.12
85 0.96865 0.19
100 0.95835 0.26

5 watt/m®. For example, at Wairaki, New Zealand, the heat flow averaged over
approximately 50 km?® is 2.1 W/m?. However, fluxes two orders of magnitude higher can
occur in localized areas around springs. The graph shows that equilibrium permafrost
thickness above an active hydrothermal system may be less than 100 m. Any
inhomogeneities in the subsurface, such as fractures, would permit egress of hydrothermal
water to the surface. As shown in Figure 9.1, the system can adjust to the new
permafrost equilibrium thickness in less than about 10,000 years, a time that is short

compared to the lifetime of the hydrothermal system.

Hydrothermal Fluids in the Near Surface Environment

An important consideration is the actual physical process by which the water is



118

T“’“ Ah

\_ N

Figure 9.4. Idealized hydrothermal system. Water near heat source is at temperature T,
which is warmer than distant ground water temperature T, and thus expands. The mass
of water in the two columns is equal. The warmer water thus has a hydrostatic head Ak
over the surrounding cold water. Table 9.1 lists values of Ak for a variety of water
temperatures.

transported to the surface. Figure 9.3 illustrates two ways upwardly moving water can
reach the surface in the presence of an active hydrothermal environment. In an active
hydrothermal system, the local water table becomes elevated due to the expansion of
warm water (Figure 9.4). If the water table does not intersect the surface, as on the left-
side of Figure 9.3, vapor from the water table will be transported up through the

unsaturated zone by a process called thermal vapor diffusion. As the vapor rises, it will
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Figure 9.5. Graph showing scaled discharge for an idealized hydrothermal system (Figure
- 9.4) as a function of elevation, as measured in units of hydrostatic head above the distant
water table. When the elevation is equal to the head, there is no discharge. This
calculation neglects friction in the region of positive elevation and is thus an upper limit.

cool, gradually condense, and may recharge near-surface aquifers. If the elevated water
table intersects with the surface, as on the right-side of Figure 9.3, ground water will

directly flow out onto the surface from seeps and springs. Both processes are considered

below.

Water Table Elevation

The height of this elevated water table will depend on the relative temperature of
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the hydrothermal waters compared with surrounding ground water. As in Figure 9.4, both
arms of the U-shaped tube contain the same mass of water. Table 9.1 lists the hydrostatic
head, and thus the difference in ground water elevation, of water at various temperatures
in a 6 km deep aquifer. The surrounding ground water is assumed to have a temperature
equal to 273°K. As the table shows, the higher the temperature of the water, the higher
" the elevation of the water table.

The rate at which fluid is discharged to the surface can be calculated for an
idealized system, such as shown in Figure 9.4. If the ground surface corresponds to the
top of the hot water table, the hydraulic head A4 of the heated water above the thermal
anomaly produces direct outflow, at a rate R,, onto the surface. This is the situation that
the numerical model considers. However, it is possible that the actual ground surface is
some distance Az above the surrounding unperturbed water table, but still below the top
of the perturbed water table (Az < Ah). In this situation, a spring will still result, but the
discharge will be less than if the ground surface was lower. The discharge in this
situation, R, can be calculated as a ratio of the discharge calculated by SUTRA, R,.

Using Elder (1981, Chapter 10) this scaled discharge R/R, is given by

9.2)
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This equation neglects the resistance to the flow due to viscosity and permeability through
the distance Az, and thus slightly overestimates R. Figure 9.5 depicts the scaled discharge
with elevation as a function of hydrostatic head. The graph shows a decrease in discharge
with increasing elevation. When Az is equal to the hydrostatic head, the top of the water
table lies at the surface and, in this idealized situation, there is no discharge at the top of
the tube. Thus if there is significant topography above the top of the unperturbed water
table, such as a volcanic construct, other mechanisms must transport the water from the

top of the water table to the surface.

Thermal Vapor Diffusion

Clifford (1991) explored water transport in the subsurface of Mars by the mechanism
of thermal vapor diffusion. In the presence of a thermal gradient, water vapor in a porous
medium will migrate from warmer (higher vapor pressure) regions to colder (lower vapor
pressure) regions where it will condense. The condensed water may then flow downward
back to the water table, or alternatively flow along upper, less permeable layers, if
present. The thermally-driven vapor flux J depends on the diffusion coefficient D, the
thermal gradient o0 = dT/dz, and the saturated vapor pressure P at the top of the water
table at temperature T

Jo DPO 9.3)
T 3

- D is proportional to T'? or T°* depending on whether the pores are small or large
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compared to the mean free path of the water molecules. For the case examined by
Clifford, T = 20°C and o = 15°K/km, the flux of vapor reaching 1.33 km above the water
table was approximately 10 m H,O yr', with a factor of 3 uncertainty depending upon
the pore size. However, in the presence of an active hydrothermal system water
temperatures may exceed 50°C and the temperature gradient may exceed 50°K/km
directly above the intrusion. Under such conditions the thermal vapor diffusion flux
would be 13 to 15 times greater than estimated for background conditions by Clifford.
For even hotter water (and higher vapor pressures), the flux could be as much as 20 times
greater than the Clifford fluxes, corresponding to several 10 m/yr or 1 km/10° yr.
While thermal vapor diffusion clearly does not provide the large fluxes of water
" made possible by direct fluid flow (which can produce near surface velocities of tens of
meters per year), it does deliver ground water to the near surface environment when direct
fluid flow cannot. This mechanism may play a role in the long-term replenishing of near
surface, perched aquifers if the condensing water is trapped by a less permeable layer (as
in Figure 9.3) and does not return to the deeper water table (Clifford 1991). Over the
lifetime of a hydrothermal system, several kilometers of water may be transported by this

mechanism.

Water from Volcanic Eruptions
Hydrothermal circulation is not the only mechanism that can transport significant

quantities of subsurface liquid water and water vapor to the surface. Volcanic eruptions
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" transport water and steam to the surface and atmosphere for brief periods, usually on the
order of hours to days. There is abundant evidence of the presence of mantling units on
several Martian volcanoes. These mantling units are thought to be ash deposits resulting
directly from explosive activity of the respective volcano (Mouginis-Mark et al. 1992).
Both airfall deposits and pyroclastic deposits of ash have been identified. The formation
of such deposits require the interaction of volatiles with magma in the subsurface.
Juvenile water and/or ground water are the most likely contributors to these explosive
events, although CO, may also have played a role.

Mouginis-Mark et al. (1982), and Wilson and Mouginis-Mark (1987) investigated
the quantities of magmatic water required to drive ignimbrite or plinian eruptions on the
Martian volcanoes, Hecates Tholus and Alba Patera, respectively. Plinian eruptions are
highly explosive volcanic eruptions that result in fallout deposits of ash and pumice, while
ignimbrite eruptions result in pyroclastic flow deposits composed of similar material
‘ (Mouginis-Mark et al. 1992). They estimated the volume of pyroclastic/air fall deposits
present on the surface of both volcanoes, and adopted reasonable values for magma water
content of between 0.5 and 5.0 wt.%. For pyroclastic flow deposits located on Alba
Patera, Wilson and Mouginis-Mark calculated a minimum total volume of water released
to the atmosphere as ranging between 700 km® and 7000 km®. For the airfall deposits
located on Hecates, Mouginis-Mark et al. calculated the minimum total volume of water
required to form these late-stage deposits to be between 0.35 and 3.5 km®. Although these

values are several orders of magnitude less than the volume required to form valley
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Figure 9.6: Temperature contours (5°C) and velocity vectors for a baseline model
with Earth gravity. Contour plots are for times of 317, 1,564, and 36,567 years. Note
that the higher velocities cool the intrusion more rapidly than in the equivalent Mars
model. Longest vector in (d) represents a velocity of 65 m/yr.

networks in these deposits, recurrent eruptions throughout the lifetime of the volcano do

provide a way of replenishing near surface aquifers with significant amounts of water.

Gravity Considerations
Gravity also plays a role in controlling the circulation and outflow of ground water

in a hydrothermal system. To investigate this I considered a model in which the gravity
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Figure 9.7: Comparison of baseline model discharges from hydrothermal system on
~Earth and Mars.

was set at 9.8 m/s? instead of 3.71 m/s” to see how such a change would affect the results.
Figure 9.6 illustrates the rising plume assuming Earth's gravity and should be compared
with Figure 6.1. The peak velocity of the Earth-like gravity case is approximately 30%
higher than that for the Mars system, but temperatures are about 40% cooler. Both effects
are attributable to Earth's higher gravity. This is because buoyancy forces increase with
increasing gravity. The buoyancy force, F, = Ap,g, where Ap,, is the density difference

between the heated packet of water and the background water temperature and g is the
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gravity. All else being equal, on Earth the buoyancy force on a packet of fluid will be
equal to the Mars case for a smaller Ap,,. Therefore fluid will move upward, away from
 the intrusion sooner and at a lower temperature. The net result is higher velocities, cooler
temperatures, and a larger total volume of water discharged. Since each packet of water
is cooler, more packets of water have to move through the system in order to cool the
associated intrusion than in the equivalent Martian case (Figure 9.7).

Although the theoretical magnitude of hydrothermal systems is predicted to be
greater on Earth, several factors act to make hydrothermal systems more important on
Mars. First, meteoric water on Earth can form a cap of cold water on top of a
hydrothermal system. This cap can either prevent the hydrothermal water from finding
egress to the surface or mask the surface manifestations of such systems by diluting
hydrothermal fluids. This is the situation at Kilauea volcano, Hawaii, for example
(Thomas 1984; Fournier 1987). Without an atmospheric hydrologic cycle, this would not
affect Martian systems. Secondly, in few places on Earth does a volcanic intrusion sit
surrounded by a highly fractured, porous medium saturated with ground water or ice. Yet
that is just the situation in the Martian megaregolith. The outflow channels demonstrate
that great quantities of water existed in the Martian subsurface. Hence hydrothermal
systems may be especially well suited to produce surface discharge on Mars, while similar

systems-may not be noticeable on the Earth.
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CHAPTER X: IMPLICATIONS AND CONCLUSIONS

The Martian valley networks have long presented a puzzle. They were almost
certainly formed by running water, although the water more likely emerged from the
subsurface rather than as rainfall. Most were formed about 3.8 to 2.8 billion years ago,
depending upon the cratering model (Strom et al. 1982). Since water is thermodynamical-
ly unstable in the current Martian climate, how did these valleys form? How were their
aquifers recharged? In short, what was different about Mars early in its geologic history
that allowed these ubiquitous valleys to form? The pursuit of the answers to these
questions has fundamentally shaped the study of Mars for the past two decades.

Two solutions to the valley puzzle have received the greatést attention. The first
is that Mars' climate was warmer early in its history, thanks to a CO, greenhouse effect.
In the accompanying warmer, denser atmosphere, water could flow freely on the surface.
The second solution is that the planet-wide geothermal heat flux was larger in the past.
Water could be melted closer to the surface and flow out, creating the sapping valleys.
Both solutions leave unanswered the question of how ground-water aquifers were
repeatedly recharged. Perhaps rainfall recharged aquifers in the warm climate model, but
where are the associated runoff valleys? A uniformly higher heatflow could not recycle
water laterally and does not explain why the valleys so widely separated from one

another.



128

In this thesis I have investigated a third possibility: localized hydrothermal systems
were responsible for both fluid discharge and subsurface cycling. In this meodel, a
localized magmatic intrusion modifies the ground-water flow locally, drawing in cool
water, heating it, and discharging it to the surface. This model might still require an
atmosphere in which water could flow on the surface, perhaps under ice-covered rivers,
but a global, atmospheric hydrologic cycle would not be required. The predominant
uncertainty of this model has been how much water could be cycled. To address this
question I constructed numerical models for Martian hydrothermal systems associated with

igneous intrusions.

Principal Findings

The principal finding of my modeling is that magmatic intrusions of several 10?
km’® or larger provide sufficient volumes of ground-water outflow over the time scales
(several 10° years or more) needed to form fluvial valleys. Calculated discharges are
robust. Subsurface inhomogeneities, local impermeable caps, and uncertainties in porosity
all affect the discharges at the 20% level or less. The parameter with the single greatest
effect on the calculated discharges is the subsurface permeability. Permeabilities between
10 and 1000 darcys provide sufficient quantities of ground-water outflow to form fluvial
valleys. Lower permeabilities require larger intrusion volumes to produce the same
discharge. However in the range of permeabilities expected for basaltic rock, there is no

difficulty in producing significant surface flow.
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The estimates of the quantity of water to erode the Martian valleys come from
measurements of the observed valley volumes and erosion rates responsible for forming

similar terrestrial valleys.

Life

A major question presented by the formation of Martian hydrothermal systems is
whether life could have evolved in such environments. There is a growing consensus
that all forms of life that exist on Earth today arose from an ancestral sulfur-metabolizing
thermophilic organism (Woese 1978, Lake 1988). Some workers place the amount of
time needed for life on Earth to evolve as low as 2.5 million years (Oberbeck and
Fogelman, 1989). If this hypothesis is correct, similar ancestral microorganisms may
also have evolved in the sulfur-rich, hot spring environment of a Martian hydrothermal
system (Boston et al., 1992). Alternatively, if Mars had an earth-like climate early in its
geologic history (Pollack et al., 1987), then perhaps life, similar to that of the Archean
and early Proterozoic periods on Earth, also evolved on the surface of Mars. Such life
may have eventually migrated to subsurface hydrothermal environments as atmospheric
conditions became increasingly inhospitable (McKay er al., 1990). Recent discoveries of
non-photosynthetic microbial ecosystems in deep-sea hydrothermal vents and in deep
subsurface aquifer communities on Earth support the idea that such systems could also
- have existed in subsurface habitats on Mars (Boston et al., 1992).

I demonstrated in earlier chapters that, hydrothermal systems associated with
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magmatic intrusions exceeding several 100 km® can last for several million years; larger
ones, such as those associated with the Tharsis or Elysium regions might have lasted on
the order of a billion years. The models investigated in the previous chapters, however,
were focused on evaluating discharge from a hydrothermal system to the surface.
However, not all hydrothermal systems will have easy egress to the surface. Models in
which the fluid does not discharge to the surface would be expected to produce elevated
subsurface temperatures for a longer period of time. To evaluate how long a hydrother-
mal system confined beneath an impermeable cap might last, I considered one further
numerical model.

In Figure 10.1, a 50 km® intrusion model similar to that shown in Figure 6.4 is
considered, except that the surface impermeable layer extends completely across the top
of the model. The fluids are not entirely confined, however, as they are allowed to flow
in and out of the grid along the right-hand boundary of the model, as in the earlier
calculations. Note that the plume rapidly spreads throughout the modeled region and that
temperatures are similar to those found in the previous models. However, a larger region
surrounding the intrusion is heated to a higher degree since the energy remains confined
beneath the surface. Inspection of the vector plots reveals that a circulation cell develops
and much of the water recirculates through the system. Some fluid, however, does flow
out of the system along the right vertical boundary, carrying away some energy.
Nevertheless, this system remains at elevated temperatufes for much longer than the

similar model from Chapter 6. In that model the 5° C temperature contour
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Figure 10.1: Temperature contours (5° C) and velocity vector plots for hydrother-
mal system which has no direct fluid egress to the surface. Water temperatures are ele-
vated over a much larger volume than models from Chapter 6. Also water temperatures
are elevated for five to ten times as long close to the surface as in the baseline model.

occupies a small region after about 70,000 years. In the model shown in Figure
10.1, the same contour occupies a large region after 886,000 years. Thus the
numerical model confirms that hydrothermal systems that do not discharge water
to the surface can produce elevated subsurface temperatures last for up to an
order of magnitude longer time than systems that do discharge water. Therefore

hydrothermal systems on Mars, particularly larger, confined ones, could have
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easily provided adequate timescales and possibly the necessary environments
required for the formation or sustenance of life.  Additionally, regions of
past hydrothermal activity would provide the best locations in the search for
morphological evidence of microbial fossils on Mars. Hydrothermal systems
provide highly concentrated regions suitable for life and organisms that
thrived in such systems would have been readily incorporated into the deposits
formed by mineral-rich hydrothermal water and preserved as fossils (Walter and
Des Marais, 1993). Martian hydrothermal systems may thus have provided both
the quantities of ground-water outflow needed for valley formation and

presented the final oases for life.
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Appendix A: Conductive Cooling of a Cylinder

Equation (12) of Section 10.3 of Carslaw and Jaegar (1959) gives
the temperature in the interior and exterior of a cylinder cooling by
conduction,

2 1
—52

-a
S(e,T) = 1 (). e(“"‘:)-IO(E)-s ds (1)
(2-7) 2:7

0
Temperature of cylinder of radius g, at a given point r and time 7 is given by
the above referenced equation. The equation uses dimensionless time T (Where
1= Kkt/a?,  is the thermal diffusivity) and dimensionless distance o, o= r/a.
The boundary of the cylinder is at o= 1. S = T/Tj, where T is the initial
temperature of the cylinder. /0 is the modified Bessel equation, as defined below.

1 \(2n)
(5' S) The summation runs from n=1 to infinity.
10(s) := Z " Sufficient accuracy is obtained with n = 50.
n

To test equation (1), temperature profiles are calculated for two separate
times, © = 0.05 and 0.01:

i-1
Calculate T/TO at 17 radii, 7; i = 1..17 1, = a )

A,

i S(ri , 0.05> A gives T/T) as a function of radius for T = 0.05.

B

;=S <ri , 0.01> B gives T/T as a function of radius for t = 0.01.

15 T T T

B.
1 os
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In order to determine the amount of energy remaining in the intrusion at
time T, it is necessary to integrate the temperature distribution throughout the
intrusion. This can be done by dividing the intrusion in many concentric cylindrical
shells. The energy content of each shell (of thickness or) is 27r (r) hpCpT(r).

So to find the total energy in the intrusion, this expression is integrated over the
radius of the intrusion:

1
E(t) := 2-1t-J r-S(r, 1:) dr
0
To plot the energy of the intrusion, pick 50 different dimensionless times.

nt = 1..50 This defines those times, starting at ¢ = 0.01.

t = 0.01 + nt-0.02

nt

El, = E(tm)

3 T T

El is the energy in the intrusion at the 50 times.

As the energy leaves the
intrusion, it enters the
surrounding country
rock, therefore heating
both the country rock and
water.

What needs to be input into SUTRA, however, is not the energy in the intrusion
at a given time, but the rate at which energy is leaving the intrusion.

The time derivative of the energy in the intrusion tells how fast the cylinder is
cooling off at time T . A numerical derivative is used.

E(t + 0005) - E(7)
0.005

dE(1) :=

We will calculate dFE for the same 50 different times.

Bm, = dE(tm> This array contains dE for the 50 times.



This table contains the results of the calculation:

t E®) 4
dt

tnl Elnt Bm.,l
0.03] [2.532 - 9.594
0.05] |Z35% 7422
07 221 6207
0.05] {2103 C5.305
0.11 000 ~ 3797
0.13| ([T-90%8] —4.329
0.15 1324 —3.943
0.7 133 - 3.621
0.19 1677 3341
21 1612 T3.005
0.3 T332 2877
75 |T3%6 ~2.682
027 . —2.506
0.29 . -2.347
03T 1.335 1202
0.33 306 ~Z.070
035 1,266 - 1,545
037 [T227 TT.838
391 {1191 ~1.736
041 T.157 T.642
043 1135 -1.555
045 1.095 1375
047 056 - 1.400
40 anr —T.331
0.51 1.012 1,267
053] [0587 ~T.207
35| (0964 CT.151
37| [09aT ~T.090
0.55] [0319 ~1.050
X4 0,890} - 1.005
0.63 0379 - 0.062
0.65| {0860 ~0.522
0.67 y] 08583
0.69 8235 ~0.540
0.7  [0.808] ~0.815
o731 [0.792 0754
0.73 0.77% ~0.753
o7t [0.761 ~0.726
0.75| {0747 T0.699
X1 k) ~0.67%
0.83 0.720 ~0.650
B3 [0T ~0.627
'D;E;J 0.605 ~0.606
; 0.683 —U5E3
0.91 0611 ~0.566
093] [0.650 03548
X 0.649 20.530
097 m —0.513
99| [0.629 —0.45
1Ol 0.619 0432
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APPENDIX B: CALCULATING THE RATE OF PERMAFROST
MELTING DUE TO WATER IMPINGING FROM BELOW

We calculate the rate of melting of a permafrost consisting of ice and rock with heated
water impinging on the bottom of the permafrost.

First, define the constants for the appropriate material parameters:

Cpw = 1-cal-g }-K"! Heat capacity of the water

Cpi := 4.2-107-erg g '-K™! Heat capacity of the ice

Cpd := 8.2-106-erg g~ '-K~! Heat capacity of the ground holding
the permafrost.

P soil = 25°gem™

P ice = 0917 g-cm™? The relevant densities.

— o -3
P water = 1.0°g-cm

Latent heat of fusion of water, this is the
energy required to melt each gram of ice
in the permafrost

L := 0.337-10% joule-g™!

Now determine the rate at which rising water contacts the base of the permafrost.
Q sutra = 10%-g- sec™! Typical discharge rate for systems from SUTRA

A guira = 20-km? SUTRA discharge area

- Q sura Mass flux of water hitting the bottom of

F:
A qutra the permafrost

F =510° +g-cm™? sec™!

Some more constants:
T = 230-K Average starting temperature of the permafrost
T melt = 273K Melting temperature of the permafrost

AT = Teit - To Need to raise the dirt and ice temperature this amount.
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Determine the energy required to heat the soil component and the ice component
from Ty to Typelr. Assume that the soil porosity is € and that all pore space is filled

with ice.
E oil (8, AT) = (1 - €)-p soil’ Cpd- AT E to heat the soil component
E jce(e.dT) = ep ice” Cpi-AT E to heat the ice component to
its melting temperature
E Jatent(€) = €pjee L E to melt the ice component

So the total energy needed to melt a cubic centimeter of the ice is:

E total(e’ AT) = E soil(e’ AT> + Eice(E’AT> + E jatent (€)

For example, for a 25% porosity and AT = 50K, the energy per cm3 is:
E ;0ta)( 0.25, 50-K) = 1.955:10° -erg-cm™>

The energy flux impinging on the bottom is the mass flux times the heat capacity
of the water times the amount the water cools after interacting with the ice.

E flux (F» ATw) := F-ATw-Cpw

For example, for the above mass flux and assuming the upward moving water
cools by 20K upon contacting the permafrost,

E flux(F,20-K) = 4.187-10* -erg-cm™? sec™’
What thickness of ice can the upward moving water melt per unit of time?

E fux(F, ATw)
E tora1(. AT)

v melt(F» €, AT, ATw) =

v melt(F, 25,AT, 20-K} = 2.266°10°° +cm-sec”!
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Let permafrost thickness = Thick. Then the time for the hydrothermal
fluids to melt through is just:

Thick

Time(F, €, AT, ATw, Thick) :=
ime(F e W Thick) v melt(F, €, AT, ATw)

Time(F, 25, AT, 20-K, 2-km) = 279710 +yr

This is the time to melt through permafrost 2 km thick with 25% porosity.

Consider three different energy fluxes into the permafrost and calculate
the melting time for a variety of porosities.

1:=1..41
Pick the porosities.

2:km

Set the thickness of permafrost to 2 km: Thick :

Set the amount by which the upward

moving water cools upon contact with ATw = 10-K
the permafrost (this determines how much

energy the fluid gives to the permafrost.

Calculate the time to melt for this energy flux and the various porosities.
t = Time(F, g, AT, ATw, Thick)

If the heat flux is 1/3 of this then:
ATw := 33K
tl; := Time(F ¢, AT, ATw, Thick )

If the heat flux is 3.3 times the first case, then
ATw = 33-K

2, = Time(F, ¢, AT, ATw, Thick)
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Time to melt through 2km thick permafrost as
a function of porosity for 3 energy fluxes.

510t T T T T
g ATw=3.3K
410* |- -
4
RANEY i
Time
(years) yr .
ATw=10K
ATw=33K

porosity

This figure appears as Figure 1 of Chapter 9.
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