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ABSTRACT 

Numerical simulations using the Penn State University INCAR MM4 

model are performed to examine a stably stratified, zonal easterly flow past large 

scale three-dimensional mountain ranges in a rotating, initially barotropic, atmo

sphere. Upstream blocking by the mountain range diverts the flow primarily to 

the south and around the mountain. Conservation of potential vorticity results 

in the formation of a horizontal jet at low levels south of the mountain. This jet 

is barotropically unstable and leads to a continuous production of synoptic scale 

vorticity maxima which separate from the mountain and propaga.te downstrea.m. 

Numerical simulations using topography representative of the Sierra 

Madre in Mexico imply that this mechanism may be important in providing 

some of the initial disturbances which grow into tropical cyclones in the eastern 

North Pacific Ocean. The wave train produced in the simulations corresponds 

to waves with 3-7 day periods which have been identified observationally in the 

eastern North Pacific region. The sensitivity of this effect to the stability of the 

basic state and the upstream wind speed is investigated. 

Simulations are also performed which show that the Hoggar and Atlas 

mountains of west-central Africa block the low-level easterlies resulting in a 

barotropically unstable jet and a train of vorticity maxima which separate from 

the mountain and propagate downstream. The spacing of these disturbances is 

roughly 1600 km and they propagate to the east with a period of about 2.5 days. 
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These characteristics correspond to those of observed waves in the Africa/Atlantic 

region. 

It will also be shown that the unique topography of north-central Africa 

results in a mid-tropospheric easterly jet which has a maximum between 0-10oE 

and 15-200N. The location and magnitude of this jet correspond to the so-called 

African easterly jet which is usually attributed to the strong surface temperature 

gradients over the continent of Africa. The numerical simulations presented in 

this work suggest that the mechanical effect of the topography may provide a 

constant source of energy for the maintenance of the African easterly jet. 
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CHAPTER 1 

OVERVIEW 

Lee cyclogenesis refers to the development of a cyclone as a result of an 

interaction of flow with a topographic feature, such as a mountain range. Previ

ous research aimed at identifying lee cyclogenesis phenomena and describing the 

mechanisms responsible for lee cyclogenesis have primarily been focused in mid 

latitudes. Particular attention has been paid to the investigation of lee cycloge

nesis downwind of the European Alps and the North American Rockies where 

comprehensive observational data are available. A summary of the current under

standing of mid latitude tropical cyclogenesis is given by Pierrehumbert (1986). 

Lee cyclogenesis at tropical latitudes, on the other hand, is a subject which 

has received little attention in the past. This may be due, in part, to the fact that 

there are relatively few significant large scale mountain ranges in the tropics. The 

regions that do lie in the lee of tropical mountain rrulges are typically located over 

ocean or sparsely populated desert regions. In this study, however, we suggest 

that there are at least two specific examples of flow past mountains in the tropics 

where a form of lee cyclogenesis may be important. The first of these cases 

occurs over the eastern North Pacific Ocean, near the west coast of Mexico. This 

corresponds to a region where tropical cyclones frequently form. The second case 

is the ge'1eration of synoptic scale waves which originate over north-central Africa 

and propagate westward. These waves are frequently observed in the summer 

months and are frequently associated with tropical cyclones over the Atlantic 

Ocean and Caribbean Sea. 
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There are several important features of the tropics which make the ex

tension of mid latitude lee cyclogenesis theories difficult. Globally, the tropics 

exhibit very little baroclinicity, which is an important source of energy for mid 

latitude cyclones. Lee cyclogenesis mechanisms which involve the extraction of 

available potential energy from the basic state atmosphere are, therefore, inappro

priate to use in the tropics. Also, in contrast to the global circulation patterns 

in mid latitudes which lead to prevailing westerlies, the tropics are character

ized by easterlies-particularly in the region of the intertropical convergence zone 

(ITCZ). This is significant because, in terms of potential vorticity conservation 

the downstream response is significantly different for the cases of westerly and 

easterly flow past a north/south ridge. In particular, the case of westerly flow 

is characterized by the production of a series of vorticity maxima in t.he form of 

a standing Rossby wave whereas an easterly flow results in no such wave. (c.f. 

Holton, 1979 p 89). 

In this study we will describe a mechanism in which disturbances in the 

form of a series of propagating relative vorticity maxima may be generated down

stream of an isolated mountain range in a stably stratified, rotating atmosphere. 

As will be shown, this mechanism does not rely on the baroclinicity of the basic 

state and produces disturbances for the case of an easterly flow. These features 

make the mechanism appealing for use at tropical latitudes. 

The purpose of this dissertation is to describe this mechanism in physical 

terms and to investigate its role in the formation of disturbances using numer

ical simulations. These simulations will center on two specific examples where 

topography may interact with the mean flow to generate downwind disturbances. 

The first of these is the case of tropical cyclogenesis in the eastern North Pacific 
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Ocean, the second is the development of westward propagating synoptic-scale 

waves over the continent of Africa. A brief description of these two examples is 

presented here. 

1.1 Tropical Cyclogenesis in the Eastern North Pacific 

The tropical eastern North Pacific Ocean is one of the most prolific regions 

in the world in terms of the generation of tropical cyclones. In terms of the areal 

density of tropical cyclogenesis sites, this region is second only to the Bay of 

Bengal in the Indian Ocean (Gray, 1975). A particularly high density of initial 

locations of tropical cyclones in the eastern North Pacific exists in the region 

just offshore of the western coast of Mexico. Nearly half of all eastern Pacific 

tropical cyclones are first detected in the region which lies between lOON to 

15°N and 95°W to llOoW (Renard and Bowman, 1976). This region is unique 

among tropical cyclone basins in that it is located in the lee of a prominent 

mountain range. This range is the Sierra Madre which extends from 15°N to 

30 0 N and is nearly 2 km high and 600 km wide along a good portion of its 

length. Although the size and location of the Sierra Madre range suggest that 

it may have a significant impact on the flow downwind, over the eastern North 

Pacific Ocean, relatively little has been studied about the possible role of this 

mountain range in triggering tropical cyclones in this region. 

The general problem of describing any mechanism which leads to the for-

mation of a tropical cyclone is stated by W. M. Gray (1975): 

To understand the formation of deep tropospheric cyclones with 

maximum winds at 100-200 km radius, one must hypothesize a 

genesis mechanism which is able to greatly accentuate the natu

rally occurring low level vorticity along the equatorial trough and 



vertically stack this vorticity through most of the troposphere. The 

doldrum trough and weak large-scale vortices confined to shallow 

vertical layers are present nearly every day in the tropics. The 

tropical cyclone with 5-10 m s-l maximum winds at 100-200 km 

radius and extending through most of the troposphere is a rare phe

nomenon. Something unusual must take place near the doldrum 

trough (or in the trade wind current) in order for a cyclone system 

to be formed. The doldrum equatorial trough does not naturally 

give us these cyclones. Although the tropical vortex is common, 

the tropical cyclone is nearly as rare as the hurricane. The great

est difficulty in understanding hurricane formation is not that of 

cyclone intensification but rather that of initial cyclone genesis. 

14 

It is in this vein that we will attempt to relate disturbances which are a result of 

a topographic interaction to the problem of tropical cyclogenesis in the eastern 

North Pacific region. In other words, we are not interested in providing a complete 

explanation of the development of a tropical cyclone, rather we are interested in 

describing a mechanism which leads to the development of an initial disturbance 

which is subsequently available to intensify into a tropical cyclone via separate 

processes which are beyond the scope of this work. 

One class of disturbances which are frequently attributed to triggering of 

tropical cyclones in the eastern North Pacific region is synoptic scale waves which 

propagate into the region from the east. As will be discussed in our second exam

ple of lee cyclogenesis, these waves have their origin over the continent of Africa 

and are also associated with tropical cyclones in the Atlantic and Caribbean. 

In order to explain the concentration of tropical cyclogenesis sites near the west 



15 

coast of Mexico, Zehnder (1991) suggests that these waves may interact with the 

topography of the Sierra Madre. This mechanism involves the conservation of 

potential vorticity associated with the meridional deflection of air parcels as the 

wave passes over the topography. This in,teraction results in a region of enhanced 

cyclonic relative vorticity downstream of the motmtains. The size a.nd magni

tude of this vorticity maximum suggests that it may be responsible for triggering 

tropical cyclones in the region of high tropical cyclogenesis occurrence. 

Zehnder (1991) also suggests a second lee cyclogenesis mechanism involv

ing the Sierra Madre which does not depend on propagating wave disturbances 

with external origins. Using a shallow water model, Zehnder demonstrated that 

the transience associated with a sudden acceleration of the easterly flow results 

in a series of locally generated waves in the lee of the Sierra Madre. These waves 

were identified as gravitationally modified Rossby waves. Zehnder suggests that 

these disturbances may be produced in response to the sudden change from pre

vailing westerlies to easterlies which occurs over the Sierra Madre in the early 

spring. The disturbances produced by t.his mechanism are also of the proper size 

and magnitude to suggest that they may be responsible for initiating tropical 

cyclones. 

In Appendix A, we describe another study which suggests that the to

pography of the Sierra Madre may be an important source of initial disturbances 

which are progenitors of east.ern North Pacific tropical cyclones. In this study, the 

basic mechanism for the generation of vorticity in the lee of a large scale mountain 

in a stably stratified, barotropic atmosphere is presented. The results of numeri

cal simulations using an adiabatic primitive equation model which represents the 

zonal easterly flow past the Sierra Madre are presented. The fundamental nature 
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of the mechanism, including its sensitivity to the basic state flow is investigated in 

Appendix A. Simulations using both idealized and realistic topography are per

formed and speculations as to the implications of the results of the simulations 

to the real atmosphere are given. 

1.2 Lee Cyclogenesis Over Africa 

The second application of the lee cyclogenesis mechanism described in this 

study will involve the generation of African waves. Here, the term lee cyclogenesis 

is extended to include the development of relative vorticity maxima in the lee of a 

topographic feature. African waves are synoptic scale waves which originate over 

north-central Africa. These waves have been the focus of much research in the 

past. Interest in these waves stems from the fact that they occur frequently and 

are often traced far downstream over the Atlantic Ocean and Caribbean Sea (c.f. 

Reed, et al., 1988). Many of the tropical cyclones which form over these regions 

can be traced back to these disturbances (c.f. Frank, 1970). In this regard, it is 

important to understand the mechanism responsible for producing these waves. 

The observed structure of African waves is described in detail by Burpee 

(1972). African waves possess cold cores in the lower troposphere and have pe

riods of 3-5 days with a propagation velocity to the west at 5-10 m s-1. The 

wavelength of these waves is 2000-4000 km and the maximum meridional veloc

ity perturbation is roughly 3.5 m s-1 which occurs in the middle troposphere 

between 850 and 700 hPa. African waves are most prevalent during the summer 

months. 

One indication that the generation of African waves may involve a topo

graphic interaction lies in the fact that African waves first appear immediately 
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downstream of the Hoggar (also called Ahaggar) and Tibesti mountains of north

central Africa (Albignat and Reed, 1980). This characteristic of African waves has 

been traditionally associated with the dynamic instability of a region of high east

erly winds which occurs in the middle troposphere during the summer months. 

These high winds are referred to as the African easterly jet and are typically 

attributed to the high surface temperature gradients which occur between the 

Sahara and the climatological rain belt of Africa. We suggest in this work that 

this jet may be augmented through an interaction with the topography of cen

tral Africa-particularly the Azbine range which lies directly south ofthe Hoggar. 

This research is presented in Appendix B. 
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CHAPTER 2 

PRESENT STUDY 

The methods, results and conclusions of this study are presented in the 

papers appended to this dissertation. The following is a summary of the most 

important findings in these papers. 

2.1 Basic Mechanism 

The flow of air past a three-dimensional, large scale mountain range is 

a subject which is only recently receiving attention (c.f., Smith, 1980; Smo

larkiewicz and Rotunno, 1989; Pierrehumbert and Wyman, 1985). In large part, 

this is due to the fact that the complexity of the problem is such that complete 

analytic solutions to the flow problem are not available so one must resort to 

the use of numerical simulations in order to investigate the character of the flow 

(Pierrehumbert and Wyman, 1985). In this study, we perform such a numeri

cal simulation. In particular, we employ the National Center for Atmospheric 

Research / Pennsylvania State University Mesoscale Model version 4 (MM4), 

which is a three-dimensional, limited area, primitive equations model, to perform 

simulations of a dry, adiabatic flow, in a rotating atmosphere which is initially 

barotropic and has a velocity which is everywhere constant in the zonal direction. 

The simulations presented in this study are designed to assess the effects of an 

isolated, large scale topographic feature on the development of vorticity in the 

lee. 

In order to determine the fundamental interactions between the basic state 

flow and the topography, as well as to investigate a case in the real atmosphere 

w here such a combination of zonal (easterly) flow and a large scale mountain 

range exists, the initial simulations employ an idealized representation of the 
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Sierra Madre range of Mexico. This idealized topography consists of a single 

ridge with a Gaussian lateral cross section and a constant height along its length. 

At both ends of the ridge, the height also falls off as a Gaussian. The vertical 

and horizontal length scales, as well as the orientation and location of this ridge, 

were chosen to correspond to the large scale features of the Sierra Madre range. 

An easterly wind of 5 m s-l is used as the initial flow in the baseline simulation. 

This corresponds to the prevailing easterlies which are typical across the Sierra 

Madre during the summer months. 

The long-term quasi steady-steady state flow which develops in the base

line simulation reveals two important features of the flow which are a result of the 

purely mechanical interaction of the basic-state flow with the topography. The 

first of these is an easterly jet which forms near the southern extreme of the ridge 

at low levels and extends some distance downstream. The second is a train of 

westward propagating disturbances which originate near the mountain and travel 

far downstream. 

A fundamental contribution of the paper contained in Appendix A is the 

physical description of the formation of the jet and the propagating disturbances 

which are developed in the numerical simulations. A brief description of the 

mechanisms responsible for the formation of both of these features is presented 

here. 

A necessary condition for the development of the jet which is observed in 

our simulations is that the flow be blocked by the topography. That is, some 

fraction of the upstream air parcels must be diverted around the mountain as 

opposed to flowing over it. A study of the conditions which lead to flow blocking 

by topography is presented by Pierrehumbert and Wyman (1985). This work 

suggests that it is the product of the nondimensional Rossby and Froude num

bers, given by, RoFr = Nh m / f L, where N is the characteristic Brunt-VaisaIHi 
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frequency, hm is the height of the mountain, 1 is the Coriolis parameter and L 

is the cross-flow length scale of the mountain, which determines whether or not 

the flow will be blocked. In particular, if RoFr > 1, blocking is to be expected. 

As is shown in Appendix A, the flow over the Sierra Madre falls into this regime 

so we expect blocking by the topography to be significant. 

The numerical simulations presented in this study were designed to con

serve potential vorticity. That is, the relationship, 

(2.1) 

is satisfied for a fluid parcel following the motion, where t is time, 1 is the plan

etary vorticity or Coriolis parameter, e is the relative vorticity, () is the potential 

temperature and p is pressure. We may further describe the motion by partition

ing the relative vorticity into curvature, ee, and shear, es, components: 

(2.2) 

Consider an air parcel which lies at a level below the top of the ridge and is 

approaching the mountain from upstream at a latitude such that 1 = 10' Due to 

the initial conditions chosen for our model, this air parcel has, initially, no relative 

vorticity (i.e., e = ee = es = 0). As the parcel approaches the mountain, the flow 

becomes subgeostrophic and the pressure gradient force becomes stronger than 

the Coriolis force so the parcel diverts to the left (southward). At this point the 

curvature relative vorticity becomes positive (ee > 0) and the absolute vorticity 

decreases (f < 10) due to the fact that the parcel moves to a lower latitude. 

Once the parcel reaches the southern end of the mountain, it no longer feels 

the blocking effect of the mountain and therefore curves anticyclonically toward 

the west. The relative curvature vorticity at this point is negative (ee < 0). In 
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order to conserve potential vorticity Eq.(2.1), therefore, the shear vorticity must 

become positive (es > 0) in this region. In our simulations, tllls shear vorticty is 

manifest as an easterly jet in the low-level winds to the south and downstream 

of the ridge. 

The development of cyclonic and anticyclonic disturbances downstream of 

the mountain is a direct consequence of this jet. In particular, if the magnitude 

of the jet is strong enough, the meridional gradient of the zonally averaged ab

solute vorticity becomes negative. This is the necessary condition for barotropic 

instability (Kuo, 1949). The jet is therefore unstable and a wavelike disturbance 

develops. An investigation of the stability properties of a jet which is represen

tative of those produced in our simulations is presented in the paper contained 

in Appendix A and demonstrates that disturbances which have wavelengths near 

those observed in the simulations are expected. 

Several numerical simulations were performed to test the sensitivity of 

the jet formation and subsequent wave development to the initial state of the 

atmosphere. This included performing numerical simulations with various degrees 

of vertical stability over a range of initial wind speeds. The results of this study 

demonstrate that the strongest jet, and waves with the highest amplitude, are 

produced when the stability is high (e.g., high Brunt-ViiisaJHi frequency) and 

the magnitude of the initial zonal wind speed is low. Under these conditions, it 

is shown that the blocking effect is maximized and upstream air parcels have a 

strong tendency to flow around the mountain as opposed to over it. 

2.2 Tropical Cyclogenesis in the Eastern North Pacific Region 

The results of the numerical simulations using topography representative 

of the Sierra Madre suggest that the disturbances produced as a result of the 
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blocking effect by the mountain may provide the initial disturbances which in

tensify into tropical cyclones over the eastern North Pacific Ocean. As discussed 

in Appendix A, the size and strength of these disturbances are such that they 

may intensify by separate mechanisms which involve surface heat flux and latent 

heating. These diabatic processes are not included in our model and a descrip

tion of their effect on the initial disturbances produced in our simulations is 

beyond the scope of this work. These mechanisms are considered, however, to 

be ultimately responsible for tropical cyclone intensification and the disturbances 

generated in our model are consistent with them in terms of providing a suitable 

initial disturbance which is available for intensification. 

In addi tion to the simulations performed using the idealized topography 

described in the previous section, a simulation was made in which topography 

which more accurately represents the Sierra Madre was used. There are several 

features of the real topography which are not represented by the idealized topog

raphy used in the other simulations. The Sierra Madre range actually consists of 

two separate mountain chains, the Occidental and Oriental which span the Cen

tral Plateau of Mexico. This makes the peak of the ridge somewhat more broad 

that is represented by the gaussian cross section. Also, the Sierra Madre present 

somewhat of a crescent moon shape, with the concave portion oriented to the 

east. As pointed out by Queney (1968) this may enhance the blocking effect of 

the topography. Finally, near the southern end of the Sierra Madre a substantial 

gap in the mountains exists which is known as the Istmo de Tehuantepec. This 

gap provides a path for air to pass through when it is blocked by the flanking 

portions of the Sierra Madre. 

The simulation made using the realistic topography reveals that the essen

tial features of the blocking effect and subsequent jet formation are reproduced 

from the case of the idealized topography. The simulations demonstrate that 
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a jet forms in the region of the Istmo de Tehuantepec. Due to the presence of 

high mountains both to the north and south of this region, the jet is somewhat 

enhanced over the analogous case using idealized topography which consists of 

only a single ridge. Vorticit.y maxima which are a result of the instability of this 

jet are clearly revealed downstream, over the eastern North Pacific. These results 

lend further support to the speculation that the topography of the Sierra Madre 

is important in triggering tropical cyclones in the eastern North Pacific region. 

2.3 Production of African Waves 

Appendix B contains a paper which describes the application of the flow 

blocking mechanism described above and in Appendix A to the generation of 

westward propagating synoptic scale waves which form over the continent of 

Africa. As discussed in Chapter 1, these waves are often associated with the 

development of tropical cyclones over the Atlantic Ocean and Caribbean sea. 

The important features of the north-central Africa topography which per

tain to blocking of the flow are the Hoggar, Tibesti and Azbine ranges. These 

mountains comprise a central mass which is centered around lOOE and 20oN. 

These mountains typically extend to an altitude near 1.5 km and, together, have 

a length scale of several hundred kilometers. The prevailing flow in this region is 

from the east. These conditions are consistent with the blocking of the flow and 

the subsequent generation of wavelike disturbances via the mechanism described 

above. 

A numerical simulation using topography representative of northern Africa 

was performed. As in the simulations presented in Appendix A, the flow in 

these simulations is initially barotropic with a wind speed which is everywhere 

constant toward the west. The initial vertical stability was determined from a 
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mean sounding which was calculated from eight years of data from a station in 

Benina, Libya. 

The results of this simulation demonstrate that the combined mass of the 

Hoggar and Tibesti mountains provide a sufficient blocking effect to develop an 

easterly jet at low-levels and to produce disturbances downstream. The wave

length of these disturbances was determined to be roughly 1600 km and the 

period to be 2.5 days. This corresponds the the structure of observed African 

wave disturbances (c.f., Reed, 1977). 

Since our model was designed to neglect diabatic effects, we are unable 

to assess the importance of the strong baroclinic zone which exists in the region 

which lies between the Sahara desert and the climatological rain belt of Africa. 

The waves which are produced in our simulations pass through this zone and we 

speculate that they may intensify as a result of the dynamic instability of this 

region. This is reasonable to expect based on previous research which demon

strates that disturbances in the lower troposphere with a wavelength on the order 

of 2000 km will grow via the combined barotropic and baroclinic instability of the 

west-central African region (Burpee, 1972; Norquist, et aI., 1977, Chang, 1993). 

An additional feature of the summer climatology of Africa is the so-called 

African easterly jet. This is a jet which exists in the wind field near the 600 

hPa level and reaches a maximum near lOoE and 12°N (Albignat and Reed, 

1980). This jet satisfies the Charney-Stern necessary condition for combined 

barotropicjbaroclinic instability and is therefore considered to be a primary 

source of energy for the intensification of African waves (Reed, 1977). This jet is 

traditionally associated with the strong surface temperature gradients over north

central Africa (Burpee, 1972). Our simulations demonstrate, however, that the 

topography may also have a significant influence on the magnitude and position 

of this jet. 

__ 0- ____________ o _______________ _ 
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It is shown in Appendix B that the jet which forms south of the Tibesti 

mountains reaches a maximum immediately upstream of the Azbine range. Be

cause of the scale of the topography and the magnitude of the winds in this jet, 

the flow is not blocked by the Azbine, but rather flows over it. The simulations 

reveal that this leads to a vertically propagating wave which is characteristic of 

high Rossby number flow past a mountain. This wave, coupled with the strong 

wind shear associated with the low-level jet, provides a mechanism for the trans

port of energy to higher levels in the atmosphere (Eliassen and Palm, 1960). This 

results in a secondary maximum in the easterly flow which is located downwind 

of the Azbine in the middle troposphere between 700 and 500 hPa. This jet cor

responds in magnitude, horizontal scale and position to the observed maximum 

winds within the African easterly jet. 

While we do not suggest that the African easterly jet is entirely due to 

this mechanism, we do speculate that the topography may provide a constant 

energy source in order to maintain the observed jet. This is important because 

it provides a mechanism to replenish the momentum which is carried away by 

African waves (Burpee, 1972). 
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ABSTRACT 

Numerical simulations using the Penn State University/NCAR MM4 

model are performed to examine a stably stratified, zonal easterly flow past a 

large scale three-dimensional mountain range in a rotating, initially barotropic, 

atmosphere. Upstream blocking by the mountain range diverts the flow primarily 

to the south and around the mountain. Conservation of potential vorticity results 

in the formation of a horizontal jet at low levels south of the mountain. This jet 

is barotropically unstable and leads to a continuous production of synoptic scale 

vorticity maxima which separate from the mountain and propagate downstream. 

Simulations using an idealized mountain representative of the Sierra Madre in 

Mexico imply that this mechanism may be important in providing some of the 

initial disturbances which grow into tropical cyclones in the eastern North Pacific 

Ocean. The wave train produced in the simulations corresponds to waves with 

3-7 day periods which have been identified observationally in the eastern North 

Pacific region. The sensitivity of this effect to the stability of the basic state and 

the upstream wind speed is investigated. A simulation using realistic topography 

is also presented and indicates that the Istmo de Tehuantepec provides a suitable 

location for jet formation. 
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A.l Introduction 

Most previous lee cyclogenesis studies have focused on the phenomena 

that occur in mid-latitudes, particularly in the lee of the European Alps and the 

North American Rockies. Lee cyclogenesis in the tropics, on the other hand, has 

received relatively little attention. This fact may be attributed, in part, to the 

relative absence of long-term, reliable observational data in many areas of the 

tropics, as well as to the fact that there are relatively few significant large scale 

mountains in the tropics. However, there is evidence to suggest that some type of 

lee cyclogenesis may be important in spawning tropical cyclones over the eastern 

North Pacific Ocean. This region experiences one of the highest rates of tropical 

cyclone formation in the world (c.f. Renard and Bowman, 1976) and is unique 

among tropical cyclone basins in that it lies downwind of a large-scale mountain 

range. This range is the Sierra Madre, which extends from the southwest United 

States to Central America and is nearly two kilometers high and 600 kilometem 

wide along a good portion of its length. As is shown by Renard and Bowman, 

the region of the highest occurrence of tropical cyclogenesis in the eastern Pacific 

is located in the lee of the Sierra Madre between 105°W-115°W and 12°N-20oN. 

There are fundamental differences between the study of lee cyclogenesis in 

mid-latitudes and in the tropics. The growth of a mid-latitude cyclone depends in 

part on its ability to extract energy from the basic-state atmosphere via baroclinic 

energy conversions. This process is sensitive to the vertical structure of the initial 

disturbance and consequently limits the intensification process to specific types of 

perturbations. Globally, there is also a lack of baroclinicity available for cyclone 

intensification in the tropics. However, conditions under which a disturbance will 

intensify in the tropics are somewhat less restrictive than in mid-latitude since 
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an energy source is available from the surface sensible and latent heat flux or 

from a convectively unstable atmosphere. This makes the study of tropical lee 

cyclogenesis somewhat less restrictive in that it is merely necessary to provide an 

initial cyclonic disturbance to release the instability. 

The details of how an initial disturbance which may have little initial 

relative vorticity grows into a tropical cyclone are a subject of many current 

studies (c.f., Montgomery and Farrel, 1993, for a review). There are two principal 

theories regarding this process. The first, known as Conditional Instability of the 

Second Kind (CISK), is described by Charney and Eliassen (19.54). In the CISI( 

theory, the energy for intensification is provided by latent heat release associated 

with the lifting in the center of an initial disturbance within a conditionally 

unstable environment. An alternative theory, known as Wind-Induced Smface 

Heat Exchange (WISHE) is described by Emanuel (1986). In this theory, air 

parcels traveling into a preexisting initial vortex are rendered unstable by the 

increase in their equivalent potential temperature due to the flux of sensible and 

latent heat from the ocean. 

The CISK and WISHE theories both depend on the existence of an initial 

disturbance in order for intensification to occur. CISK is a linear instability 

theory so infinitesimally small disturbances will grow via this mechanism. Every 

disturbance in the tropics does not intensify into a tropical cyclone so the lack 

of selectivity of the CISK mechanism to the scale or magnitude of the initial 

disturbances is an undesirable feature. On the other hand, the WISHE theory 

represents a selective intensification mechanism, as was shown by Rotunno and 

Emanuel (1987) and Emanuel (1989). In particular, the initial disturbance must 

posses a sufficiently large relative vorticity (0[10-5 8-1]) and a horizontal length 
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scale of a few hundred kilometers in order to intensify. Weak, or very large, initial 

disturbances fail to intensify because of the effect of downdrafts on lowering the 

equivalent potential temperature in the boundary layer. 

It is clear that mechanisms which act to intensify an irutial disturbance 

are available in the tropics. Therefore, as long as the necessary conditions for 

tropical cyclone intensification are present (e.g., high SST and sufficient Coriolis 

parameter; Gray, 1975), it is merely sufficient to provide a suitable initial dis

turbance in order for tropical cyclogenesis to occur. It is this initial disturbance 

which will be the concern of this work. 

Several sources of initial disturbances that lead to tropical cyclogenesis 

in the eastern North Pacific region have been discussed in the literature. One 

source that has received much attention is the so-called "African wave," which is 

a disturbance that forms over the continent of Africa and propagates across the 

Atlantic and Caribbean (c.f., Burpee, 1972). African waves often reach the east

ern North Pacific where they have been associated with specific tropical cyclones 

(c.f., A vila and Pasch, 1902). Zehnder (1991) suggests that these waves may be 

modified by the Sierra Madre resulting in enhanced regions of relative vorticity 

at the WISHE scale downstream of the topography. This may partially account 

for the fact that tropical cyclogenesis sites are concentrated near the west coast 

of Mexico. 

There is evidence to suggest that African waves are not the only source of 

initial disturbances in the eastern Pacific. Using data from a single year, Tai and 

Ogura (1987) demonstrated that the variability in the wind field in the eastern 

Pacific is only weakly correlated with activity near west Africa and suggest that 

disturbances are generated locally near the west coast of Mexico. Tai and Ogura 



31 

used the FGGE (First GARP I Global Experiment) data to identify spatial peaks 

in the temporal power spectra derived from wind data from the eastern Pacific 

region and concluded that waves with a period of 3-7 days are common at the 850-

hPa level, with the most prominent region of occurrence located a few hundred 

kilometers downstream of the Sierra Madre. 

Zehnder (1991) used a shallow water ,a-plane model to demonstrate that 

the transience associated with a sudden change in the flow over idealized topog

raphy representative of the Sierra Madre leads to the excitation of a downstream 

wave train. This wave was identified as a gravitationally modified Rossby wave 

and consists of a series of cyclonic and anticyclonic vorticity maxima that propa

gate to the west and south. Zehnder suggests that these disturbances may be trig

gered by the sudden change from westerlies to easterlies which occurs in the early 

summer over northern and central Mexico. The horizontal scale and strength of 

these vorticity maxima are sufficient for intensification under the WISHE mech

anism and may be responsible for the initiation of some of the tropical cyclones 

in the eastern North Pacific. 

Other sources of initial disturbances over the eastern North Pacific region 

include the propagation of Mesoscale Convective Systems (MCSs) which form 

over inland Mexico and propagate into the Pacific (Velasco and Fritsch, 1987) 

and the breakdown of the Intertropical Convergence Zone (ITCZ) (Hack, et al., 

1991). A detailed discussion of these alternate sources of initial disturbances over 

in the eastern North Pacific is given by Zehnder and Gall (1991). 

Each of the sources of initial disturbances listed above may be active in the 

eastern North Pacific region during a hurricane season. The relative frequency of 

I Global Atmospheric Research Program 
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occurrence of initial disturbances that originate from each of these mechanisms, 

however, is yet unclear. The fact that a high concentration of tropical cyclogenesis 

sites are observed near the west coast of Mexico suggests that mechanisms which 

produce initial disturbances in this specific region are significant. The mecha

nisms which involve the Mexican land mass or topography are appealing in this 

sense because they produce initial disturbances which are linked to the topogra

phy and help explain the preferred geographic location of tropical cyclogenesis 

sites. 

In the present work, we describe another mechanism for generating distur

bances over the eastern North Pacific that is related to the flow past the Sierra 

Madre. Using three-dimensional primitive equations in a rotating atmosphere, we 

show that a stably stratified easterly barotropic flow over idealized topography 

representative of the Sierra Madre results in the production of low-level relative 

vorticity maxima downstream of the mountain. This vorticity is associated with 

a barotropically unstable jet that results from blocking of the low-level flow by 

the topography. The location of the vorticity maxima observed in the simulations 

corresponds to a region where tropical cyclones frequently form in the eastern Pa

cific (Zehnder and Gall, 1991). Furthermore, these disturbances are continuously 

produced in the lee of the mountain resulting in a low-level easterly wave train 

in the region of the simulations which corresponds to the eastern North Pacific. 

A full description of the evolution of such waves in the real atmosphere is beyond 

the scope of this work; however, we will discuss the mechanism for excitation of 

these waves and compare some of their important properties to those observed 

in the eastern North Pacific region. 
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In Section 2 we discuss some features of the model and the initialization 

procedure used in our simulations. In Section 3 we present the results of the 

simulation and give arguments for the production of the observed disturbances 

based on barotropic instability of a topographically forced easterly jet. In Section 

4 we determine the sensitivity of the production of vorticity maxima to the char

acteristics of the initial flow and provide results from a simulation using actual 

terrain height data for the Sierra Madre. 

A.2 Model Description 

The numerical model used is the Penn State University/National Cen

ter for Atmospheric Research Mesoscale Model Version 4 (MM4). This is a 

three-dimensional, limited-area, primitive equation model formulated in terrain

following (()") coordinates. Details concerning the formulation and numerics of 

the model are given by Anthes, et al. (1978, 1987) so only the salient features 

are presented here. 

The MM4 model includes explicit moisture and boundary layer parame

terizations. However, since we are primarily interested in the mechanical effect 

associated with adiabatic flow over large-scale mountains, we performed simula

tions with the model in "dry" mode using a free-slip lower boundary condition. 

Other sources of diabatic forcing, such as surface heat fluxes and solar radiation 

were also not included in our simulations. The change in Coriolis parameter with 

latitude corresponds to an equatorial ,8-plane with ,8 = 2.28 X 1O-12s- 1 m- 1 • This 

approximation was made to allow us to directly compare our results with those 

of earlier studies, including Zehnder (1991). 
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A.2.1 Topography and Domain 

The idealized topography used in the simulations is an isolated ridge of 

finite extent oriented at an angle to the north-south axis and with a Gaussian 

lateral cross section. The height of the ridge is constant along its length, except 

at the ends, where the height also falls off as a Gaussian. The height of the 

mountain as a function of position is given by, 

12/ 2 H(x',y') = hoe- X a"F(y'), 

where ax is the halfwidth of the mountain, ho is the maximum height, and 

x' = x cos a + y sin a 

y' = xsina - ycosa 

(1) 

(2) 

where a is the angle that the mountain makes with the north-south direction. 

The profile along the length of the mountain is given by F(y') such that 

, { 1, if Iy'l ~ a y ; 
F(y ) = _y'2/a2 'f I 'I e ", 1 Y > a y 

(3) 

where a y represents the length of the constant height portion of the ridge. For the 

simulations using an idealized mountain presented in this work, the topography 

was specified with ax = 350 km, ay = 1500 km, a = 45°, and ho = 2 km. These 

values were chosen to give a ridge that reproduces the gross features of the Sierra 

Madre mountains of Mexico. 

Figure 1 shows the model domain and horizontal plan section of the terrain. 

The computational domain was split into a coarse grid with 180-km resolution 

that extends from 22.3°S to 46.9°N and from 136.5°W to 60.5°W and a nested 

fine grid with 60-km resolution that extends from 60 S to 34°N and from 121°W 

to 77°W. The fine grid resolution is sufficient to resolve both the topography and 
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the resulting flow features. In both the coarse and fine domains, there were 12 

vertical levels. The fields on the lateral boundaries of the coarse domain were 

fixed while those of the nested domain were time and inflow joutflow-dependent 

(Anthes, et al., 1987). 

A.2.2 Model Initialization 

The initial flow field considered in the simulations that follow is stably 

stratified, barotropic and has a zonal velocity that is everywhere constant in 

the westward direction. The utility of simulations initiated with this flow field 

is twofold. First, by starting the flow impulsively from rest, or equivalently 

instantaneously inserting a mountain into the flow, we may observe the transient 

behavior of the flow as it adjusts to the mountain. This method of initializing the 

model may be somewhat idealized; however, the transient behavior may represent 

the rapid change from westerlies to easterlies that occurs over the Sierra Madre in 

the early summer. Second, this simulation will be carried out for a long enough 

period to determine if a steady-state solution is realized. This is important in 

order to determine the inherent instabilities associated with this steady zonal 

background flow and as a benchmark for assessing the effects of more complex 

initial conditions on the flow. 

The initial conditions are those of an atmosphere starting from rest. The 

isobaric potential temperature surfaces intersect the topography and there is no 

relative vorticity or vertical component of velocity at the start of the simulation. 

This situation is equivalent to the sudden insertion of a mountain into a purely 

zonal barotropic flow. The initial conditions are specified in pressure coordinates 
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so that the height and temperature fields are everywhere in geostrophic balance 

with a uniform zonal wind given by 

U = U g == Uo 

(4) 
v = Vg == 0 

where U and v are the zonal and meridional wind speeds respectively. The sub-

script (g) refers to geostrophic values and Uo is a constant. Starting from the 

geostropic wind relation and assuming a constant lapse rate, one may arrive at 

an approximate expression for the balanced pressure field for the case of a con-

stant zonal wind on a .B-plane: 

[ 
uo.By2] 

p(y, z) ~ p(O, z) 1 - 2RTo ' (5) 

where y is the distance from the equator, R is the gas constant for dry air, p(O, z) 

represents the hydrostatically balanced pressure at the equator and To is the 

sea-level temperature at the equator. The approximation arises from the use 

of a series expansion to evaluate the exponential that results from integrating 

the geostropic wind relation. The errors involved in this approximation are less 

than one percent near the northern and southern extremes of our domain and 

significantly less than this in the interior. 

The geopotential field corresponding to the pressure distribution in Eq.(5) 

is given by 
uo.By2 

<p(y,p) = <Po(p) - -2-' 

where <Po refers to the vertical geopotential profile at the equator. 

(6) 

Equations (5) and (6) define an initial field that is completely specified 

by the background wind speed and the vertical temperature distribution. Once 

these fields were computed, they were interpolated to a-coordinates. We chose 
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this approach over specifying the initial fields directly in a-coordinates because 

of the simplicity of the geostrophic balance conditions (5) and (6) in pressure 

coordinates. 

A.3 Benchmark Simulation 

A simulation using initial conditions that are representative of the sum

mertime easterly flow across the Sierra Madre was performed. This simulation 

was designed to assess the fundamental character of the perturbations to t.he flow 

which result from the topography and to provide a comparison to simulations 

performed with variations in some of the model parameters. This benchmark 

simulation, hereafter referred to as MOl, was initialized with a zonal flow as de

scribed above with uo=-5 m s-1 and the idealized mountain described by Eq.(l). 

The vertical temperature profile used was a July tropical mean sounding (Jordan, 

1958). 

The inverse Froude number, defined as Fr = Nhm/U, where U, Nand 

hm refer to the characteristic wind speed, Brunt-ViiisiilHi frequency and mountain 

height respectively, is a measure of the dominance of buoyancy over inertia and 

qualitatively indicates the tendency for flow to go over, rather than around, an 

isolated obstacle. Characteristic values for the MOl case, as well as for the Sierra 

Madre, are U = 5 m s-1, N = 1.3 X 1O-2s-1 and hm = 2 km, which gives 

Fr ~ 5. The Rossby number, defined as Ro = U / f L, where f is the Coriolis 

parameter and L is a characteristic length scale, gauges the importance of the 

Coriolis force on the fluid motion. Using L = ax = 350 km and f = 2 X 1O-5s-1, 

we get Ro ~ 0.7 in which case, it is expected that ageostrophic motions will be 

important in this simulation. 
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Pierrehumbert and Wyman (1985) presented a two-dimensional study to

pographic blocking. Their work provides insight into the parameters of the moun

tain geometry and the upstream flow conditions which are favorable for blocking. 

In particular, Pierrehumbert and Wyman demonstrated that, for a finite ridge, 

the product of the inverse Froude number and the Rossby number which pre

dict the magnitude of the blocking effect. For RoFr > 1, blocking is to be 

expected. Caution must be used when applying this result to the present case 

of three-dimensional flow past a finite ridge; however, it may provide a qualita

tively correct framework for assessing the character of the blocking effect in our 

simulations. 

The parameters of the MOl simulation lead to the product, RoFr ~ 2.5, 

which places the simulation in the regime of blocked flow according to the analysis 

of Pierrehumbert and Wyman (1985). We expect, therefore, that a significant 

portion of the air impinging on the mountain will flow around, as opposed to over, 

the mountain. The analyses of our simulations will be designed to determine 

the consequences of this diversion of the flow-particularly on the downstream 

generation of vorticity. 

A.3.l Flow Blocking 

The flow fields developed in our simulations will be presented through 

streamlines and isotachs of the horizontal wind. This approach is chosen over 

presenting simple vector wind fields because it more clearly indicates the blocking 

effect of the mountain and allows us to clearly locate regions of accelerated and 

decelerated winds associated with the blocking effect of the topography. Also, 
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the large wind speeds associated with jet that develop in our simulations tend to 

obscure other features of the flow when presented in terms of wind vectors. 

Figure 2 shows a sequence of streamlines at various times which were 

computed from the 950-hPa horizontal wind field from the benchmark simulation 

(MOl). Figure 2a corresponds to the state of the model at 10 hours. At this time, 

the flow is still transient in nature as it adjusts to the presence of the mountain. 

The overall flow is primarily zonal with a curvature in the streamlines present near 

the northern and southern extremes of the mountain where the air is beginning to 

divert around the mountain. The streamlines which originate on the downslope 

side of the mountain have a northerly component near the mountain and turn 

westward as they get farther away from the topography. This feature is consistent 

with the development of cyclonic relative vorticity due to vortex stretching as air 

parcels are displaced from the top of the mountain. 

Figure 2b shows the streamlines after 40 hours of model time. There is 

an increased curvature of the streamlines upstream of the mountain as the diver

sion of flow around the southern end of the mountain becomes more pronounced. 

The flow immediately upstream of the mountain is diverted predominantly to 

the south indicating an increased influence of the pressure gradient force as the 

upstream flow becomes subgeostrophic (c.f. Pierrehumbert and Wyman, 1985). 

The horizontal convergence associated with this diversion of the air is apparent 

as a concentration of the streamlines south of the mountain. A cyclonic circula

tion located just west of the north end of the mountain is also apparent at this 

time. This feature is the so-called "starting vortex" and is further evidence of 

vortex stretching as the air that is initially at the top of the mountain is forced 

downstream (Huppert and Bryan, 1976). 
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Fig. A.2. Streamlines of the horizontal wind field at 950 hPa for the 
benchmark simulation (MOl) which was initialized with a purely zonal wind of 5 
m 8-1 impinging on a 2-km high mountain. (a) t = 10 hours, (b) t = 40 hours, 
(c) t = 80 hours, (d) t = 240 hours. 
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The starting vortex is the particular feature of the transient flow that was 

associated with the excitation of a gravitationally modified Rossby wave train 

in the eastern Pacific by Zehnder (1991). The wave train was most apparent 

roughly 10 days after the model was impulsively started from rest. As will be 

shown, the downstream flow field in our simulation at 10 days is dominated by 

vorticity which is generated by a completely different mechanism than that of 

Zehnder (1991). This is likely the reason why a wave train associated with the 

transient starting vortex is not apparent in the simulations presented here. 

Figure 2d shows that the flow around the mountain continues to be di

verted around the mountain through 80 hours of model time. The low level jet, 

represented by the region of concentrated streamlines south of the mountain, is 

more pronounced and extends farther downstream than in Figure 2b. In the lee 

of the mountain, north of this jet, there are signs of a breakdown of the jet into 

eddies as indicat,ed by the meandering streamlines and the small closed circu

lation located several hundred kilometers west of the mountain. The starting 

vortex has begun to move out of the model domain as it is advected along by the 

mean flow. 

After 240 hours (Figure 2d), the flow upstream and directly south of the 

mountain appears to have reached a steady state. By this time, the transient 

effects associated with the insertion of the mountain have either dissipated or 

propagated out of the domain. The simulation was carried out for an additional 

twenty days during which time the region in the lee of the mountain continued to 

be characterized by the production of large eddies similar to those shown in Figure 

2d. We will explain the existence of these eddies in terms of the hydrodynamic 



44 

instability associated with the jet which results from the flow being diverted 

around the mountain. 

The streamlines shown in Figure 2 demonstrate qualitatively that the 950-

hPa flow is highly modified by the presence of the mountain. We would like to 

determine the stability characteristics associated with this modified flow. There

fore, we next examine the horizontal wind speed field and the associated shear 

zones produced in the simulation. 

Figure 3 shows isotachs of the horizontal wind at the times corresponding 

to the streamlines shown in Figure 2. At t = 10 hours, there are signs of decelera

tion of the flow due to the presence of the topography along both the upwind and 

downwind sides of the mountain where the wind speed drops to below 2 m s-1. 

Indications of the formation of the starting vortex are apparent at this time with 

wind speeds near the north end of the mountain reaching more than 12 m s-l. 

The winds south of the mountain are also enhanced with a maximum near 10 

m S-l. 

Figure 3b shows the isotachs at t = 40 hours. The regions of enhanced 

winds near the ends of the mountain are the dominant features of the wind speed 

field at this time. The region located south of the mountain is slightly larger in 

spatial extent and has wind speeds that are considerably higher than in the region 

north of the mountain. The wind in the southern region, at its peak, is more than 

four times that of the original flow. The higher winds in this region, relative to 

the northern region, correspond to the preferential diversion of the flow to the 

south that we noted in the streamlines at this time (Figure 2b). Immediately west 

of the northern end of the mountain is a closed low in the wind speed contours 



2000 

j O~~~~~WW~~~~~~~WW~ 

~ ~OOtmmmmm~mm~mv~~ffim~~~mmTImrr.m~mrnmm~mm~ 

2000 

O~~~~~~~~WW~~~~~~~~~~ 

o 3500 7000 

x (km) 

Fig. A.3. Contours of horizontal wind speed in units of m S-1 for the 
benchmark simulation (MOl). (a) t = 10 hours, (b) t = 40 hours, (c) t = 80 
hours, (d) t = 240 hours. 
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that corresponds to the shed starting vortex that we noted in the streamlines 

(Figure 2). 

Figure 3c reveals that the southern region of enhanced wind elongates by 

80 hours of model time, whereas the northern region becomes less organized. 

The feature south of the mountain is jet-like with a broad band of strong gradi

ents extending in an arc from immediately upstream of the southern end of the 

mountain to several hundred kilometers downstream. There is a smaller band of 

stronger wind speed gradients on the northern edge of this jet near the mountain 

which is due to the flow which is diverted northward around the mountain. The 

signature of the starting vortex is again evident and is located near the western 

boundary of the domain, adjacent to the northern end of the mountain. 

Figure 3d shows the pattern after 240 hours. 'The southern jet has ex

tended beyond the western edge of the domain by this time. The overall magni

tude of the wind speed in the jet is roughly the same as in Figure 3c; however 

there is a degree of small-scale variability within the jet region. North of the jet, 

there is also a degree of variability which corresponds to the region of meander

ing streamlines noted in Figure 2d. By this time, the region of enhanced winds 

north of the mountain is small and has a weak amplitude relative to the southern 

jet. This corresponds to the fact noted earlier that the air is primarily diverted 

around the southern end of the mountain. 

The horizontal jet shown in Figures 2 and 3 is the dominant feature of the 

flow field and is responsible for the production of the eddies downstream of the 

mountain. The existence of this jet may be explained in terms of the conservation 

of Ertel potential vorticity: 

(7) 
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where 1 is the vertical component of the planetary vorticity and ec and es repre

sent the curvature and shear relative vorticity respectively, as defined by Bell and 

Keyser (1993). Holton (1979, p. 90) presents a simple example of an easterly flow 

over an infinite north/south ridge. The steady flow described by Holton consists 

of an anticyclone centered over the mountain flanked by regions of weak cyclonic 

vorticity. The features of the steady flow are explained in terms of conservation of 

potential vorticity and the assumption that any changes in the relative vorticity 

are realized as curvature vorticity. This is a reasonable assumption for an infinite 

ridge. 

Consider, as an alternative, the case of potential vorticity conserving flow 

in which air is confined to move in horizontal planes around a finite ridge such 

that of) / op remains constant. This is a reasonable assumption for a steady, three

dimensional flow which is uniform and zonal upstream and completely blocked 

at low levels by the terrain. 

An upstream air parcel which is approaching the mountain at a latitude 

where 1 = 10 is initially in a uniform zonal flow so ec = es = O. As the par

cel moves near the mountain, it decelerates, becomes subgeostrophic and conse

quently is diverted to the left (Fierrehumbert and Wyman, 1985). This results in 

a cyclonic curvature vorticity (ec > 0) and potential vorticity is conserved by the 

fact that the parcel simultaneously moves to a lower latitude (f < 10)' As the 

parcel reaches the southern end of the mountain, it no longer feels the blocking 

effect of the mountain and curves anticyclonically (ec < 0) back to the west. At 

this point, both ec and 1 are less than their original values. In order to conserve 

potential vorticity Eq.(7), the shear vorticity, es, must become positive. This 



49 

cyclonic shear vorticity results in an easterly jet near the southern end of the 

mountain. 

The simulations presented in this study are those of three-dimensional flow 

past an isolated mountain. We expect that the observed flow field will be some 

combination of the two-dimensional flow over an infinite ridge, as described by 

Holton (1979), and that of the purely horizontal flow around a finite ridge as 

described above. We have already shown the extent to which flow goes around 

the mountain in Figures 2 and 3; hence, we next turn to an examination of vertical 

cross sections in order to determine the character of the flow over the mountain. 

Figure 4 shows vertical cross sections of isentropes at 480 hours of model 

time for the MOl run. The nature of the downstream wind field varies with the 

position along the mountain where the zonal cross section is taken. We therefore 

show cross sections taken along three separate latitude lines which are shown in 

Figure 1. 

The northern-most cross section (Fig. 4a) reveals the least amount of 

variability of the three shown. There is a slight downward slope in the isentropes 

immediately upstream of the mountain. The fact that these isentropes intersect 

the mountain is an indication that the flow is around the mountain at this lati

tude. West of the mountain, the flow is primru'ily zonal and no perturbations are 

apparent away from the mountain. The middle cross section (Fig. 4b) reveals 

stronger deviations in the flow. The isentropes slope upward near the mountain in 

this case, but also intersect the topography indicating flow around the mountain. 

As in the northern cross section, the downstream perturbations are confined to 

the region near the mountain. 
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Fig. A.4. Vertical cross section of isentropes at t = 480 hours for the 
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in the zonal direction. Each panel represents a cross section taken at a different 
latitude: (a) northern end of mountain; (b) center of mountain; (c) southern end 
of mountain. The position of these cross sections is shown in Fig. 1 
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In contrast to the other cross sections, Figure 4c shows strong perturba

tions in the isentropes associated with the mountain. The upstream isentropes 

travel a smaller distance up the slope than in Figure 4b indicating a stronger 

tendency for flow around the mountain. The isentropes are highly modified west 

of the mountain in a region extending to the western edge of the domain. This 

corresponds to the jet region which was noted in the horizonal cross sections (Fig

ure 3d). Slight evidence of the wavelike nature of the disturbances is apparent in 

Figure 4c. The wavelength of the perturbation appears to be roughly 2300 km 

which corresponds to the separation of the disturbances noted from Figure 3d. 

Significantly, the perturbations in the wind field, for all three cases, is 

confined to lower levels and are virtually gone above 700 hPa. This result is 

consistent with the case of low Froude number flow past an isolated obstacle as 

is described by Drazin (1961) for the case of an irrotational atmosphere. The 

streamlines shown in Figure 2 and in Figure 4 clearly reveal that a significant 

fraction of the flow is around, rather than over the mountain for this simulation. 

This accounts for the lack of vertically propagating gravity waves in the cross 

sections of Figure 4. 

A.3.2 Wave Characteristics 

The MOl simulation was carried out for 30 days of simulation time. After 

roughly 10 days, the transient disturbances associated with the sudden insertion 

of the mountain have either decayed or propagated out of the domain and the 

model reaches a quasi-steady state. During this time, the downstream wind field 

is characterized by a continuous production of cyclonic and anti-cyclonic relative 

vorticity maxima which propagate to the west. Since our model neglects all 

diabatic and moisture effects, we can not accurately describe the evolution of this 
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wave train in the real atmosphere; however, we may compare the wavelengths and 

propagation characteristics of these waves with those reported in earlier studies. 

An examination of the full time sequence of wind fields from the MOl 

run reveals that vorticity maxima, such as the one apparent in Figures 2 and 

3, separate from the region of the jet and maintain a spacing of roughly 2300 

kilometers until they pass out of the model domain. The period of these waves is 

4.8 days as determined from a time series of the vorticity at a grid point in the 

path of these disturbances (not shown). This wavelength and period correspond 

to a propagation speed of 5.6 m s-1. This is in good agreement with the waves 

identified in the eastern Pacific by Tai and Ogura (1987) using FGGE data. The 

location of the peaks of the 3-7.5 day spectra (Figures 8 and 9 of Tai and Ogura) 

also correspond fairly well to the location of the easterly jet in the MOl simulation, 

with the former located only slightly south of the latter. The period and location 

of the waves in our simulation also correspond to those noted in an earlier study 

by Nitta, et al. (1985). 

A.4 Instability Mechanism 

The results presented in Figures 3 and 4 indicate that relative vorticity is 

produced downstream of the model topography-both in the form of a stationary 

disturbance associated with the jet and the propagating waves that move down

stream. In this section we will explain in detail the formation and energetics of 

the propagating waves. 

The fact that our basic state atmosphere is barotropic, along with the 

development of a well-defined horizontal jet in our simulation suggests that 

barotropic instability may be important in generating the vorticity maxima down

stream of the mountain. We can test this hypothesis in several ways. The first 
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is to examine the necessary condition for barotropic instability described by Kuo 

(1949), which requires that the gradient of the basic-state absolute vorticity must 

change sign somewhere in the region. Second, we will utilize a simple quasi-

barotropic model for various idealized jet profiles to determine their stability 

properties. This analysis will allow us to make estimates of the wavelengths of 

maximum instability for particular jet profiles. Finally, the relative magnitude of 

barotropic versus baroclinic production of vorticity may be deduced through an 

examination of the conversion rates of available potential energy and kinetic en-

ergy that are calculated based on a partition between zonal and eddy components 

of the flow. 

AA.l Barotropic Instability of the Jet 

Kuo (1949) showed that a necessary condition for the occurrence of 

barotropic instability for a zonal flow on a fJ plane is that the meridional deriva

tive of the zonally-averaged absolute vorticity, (, given by, 

(8) 

where ii is the zonally averaged wind, must change sign somewhere over the 

domain. An examination of the structure of the zonally averaged easterly wind 

speed field will determine if this condition is satisfied. 

Figure 5 shows the meridional profile of the easterly wind speed averaged 

over a 780 kilometer distance in the zonal direction and over the period between 5 

and 10 days of model time for the MOl simulation. (This averaging was performed 

in order to remove the small scale structures in the jet). The easterly horizontal 

jet shown in Figures 2 and 3 and discussed in Section 2 is clearly shown in this 

figure. The peak value of the easterly wind component is located roughly 1000 
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kilometers south of the region where the topography extends above the 950-hPa 

level and has a magnitude of 17 m s-1. There is a secondary peak in the easterly 

wind speed located 200 km south of the primary peak and the meridional extent 

of the large scale envelope of the jet is roughly 500 km. The shear is greatest on 

the north side of the jet, with the winds becoming westerly 400 km south of the 

mountain and returning to easterly closer to the mountain. On the north side of 

the mountain (positive y), the winds are westerly for a distance of roughly 400 

km indicating the region of upstream flow reversal that was apparent in Figures 

2 and 4. Far away from the mountain, the winds approach the imposed value of 

5 m s-1 westward. The dashed line in Figure 5 shows the value of the absolute 

vorticity gradient calculated from (8) for the average easterly wind profile. This 

figure shows that the absolute vorticity gradient becomes negative in the vicinity 

of the two peaks in the jet and therefore changes sign a total of four times, thus 

statisfying the necessary condition for barotropic instability. 

It is important to note that this double maximum in the jet profile is, 

alone, evidence of barotropic instability. Wiin-Nielsen (1961) showed that a jet 

profile with a single maximum can be transformed to one with a double maximum 

as a result of the meridional transport of momentum away from the peak by the 

barotropic ally generated eddies. In our simulation it is difficult to identify a 

specific time at which a single jet breaks down into a double jet. An examination 

of the time sequence of the jet profile reveals that it evolves, rather quickly, into 

the profile shown in Figure 5. Once formed the shape of the profile is fairly 

persistent in time for this simulation. 

The wavelength of maximum barotropic instability for the zonal jet profile 

observed in our simulation may be compared to the wavelengths that are easily 
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calculated using the finite Fourier series method of Eliassen (1954). This estimate 

is obtained by considering the quasi-barotropic divergent model described by 

Wiin-Nielsen (1959). This model may be written in the form 

a 2 ... 2 2 aif! 
at (\1 if!) + V . \1(\1 if! + 1) = q at' (9) 

where if! is the stream function, f the Coriolis parameter and q is a divergence 

parameter that depends on the mean Coriolis parameter, the static stability and 

the mid-level vertical variation of the wind. 

Haltiner and Song (1962) applied the finite Fourier series method to Eq.(9) 

to determine the dynamic stability of an idealized zonal jet profile given by, 

(10) 

where U is the zonal wind speed, B is an amplitude factor and D is a characteristic 

halfwidth of the jet. By linearizing Eq.(9) and assuming a perturbation of the 

form, 

(11) 

where 
n 

,p(y) = L,pi sinj7rY/ D,j = 1,3,5, ... , n (12) 
i=l 

it is possible to derive a linear homogeneous system of equations for the coef

ficients, ,pi' In our case, n = 5 is sufficient to resolve the disturbances and 

by setting the determinant of this system equal to zero we arrive at the cubic 

equation for the phase velocity, c, 

c3(RWE) + c2 [E(RV + SW) + RIVG]+ 

c[E(SV - TH) + G(RV + SIV) - PHW]+ 

G(SV - TH) - PHV = 0, 

(13) 



where, 
E=>.2+/1-2+l, 

1 
H = 2B(5).2 + /1-2 ), 

R = 8>.2 + E, 

T = ~B(21).2 + /1- 2
), 

V = f3 - B(25).2 + /1-2 ) 

1 2 2 G = f3 - 2B (3/1- - >. ), 

P = ~B(/1-2 - 3>.2), 

S = f3 - B(9).2 + /1- 2 ), 

W = 24>.2 + E. 
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We may approximate the jet profile shown in Figure 5 by choosing 

D = 1000 km, and B = -15 m s-1 in Eq.(10). Figure 6 shows the imaginary com

ponent of the phase speed computed from Eq.(13) over a range of wavelengths, 

A, for these parameter values. The spectrum of unstable wavelengths is fairly 

broad over the range shown. There is a short-wave cutoff near A = 1500 km and 

the peak value of Cj, (i.e., the most unstable wavelength) occurs near A = 3000 

km. Figure 6 also shows instability curves for jet widths of 1200, 1400, and 1600 

kilometers. These curves show that the effect of increasing the jet width, D, is 

to broaden the spectrum of unstable modes and to shift the peak towards longer 

wavelengths. 

It is important to note that the precise value of Cj is sensitive to the choice 

of Bin Eq.(lO). Due to the uncertainty associated with choosing an appropriate 

value of B which approximates the jet shown in Figure 5, the numerical value of 

Cj should be interpreted with caution and is not suitable for accurately predicting 

growth rates for the observed jet. The shape of the instability curve, however, 
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Fig. A.6. Barotropic instability spectra for the zonal jet profile given 
by U = B[l - cos(2/ D)yJ, where B = 30 m S-1 • Vertical'"axis is the imaginary 
component of phase speed. Curves are shown for four different values of D. 
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is not sensitive to the value of B and provides a useful estimate of the range of 

unstable modes expected from the jet profile observed in our simulation. 

The results of these calculations demonstrate that the wavelength of the 

disturbances produced in our simulations agree with that of the the unstable 

modes predicted by the quasi-barotropic model. This fact provides further evi-

dence that barotropic instability of the southern jet is the dominant mechanism 

acting to produce the downstream disturbances observed in our simulations. 

A.4.2 Energetics Analysis 

It is clear from the analyses in Section ( a) that the necessary condition 

for barotropic instability is satisfied over a portion of the domain downstream 

of the mountain and that an idealized jet with similar structure is unstable at 

wavelengths that are typical of the disturbances produced in our simulations. We 

will now examine the energetics of the eddies in the wake of the mountain to assess 

the relative contribution of baroclinic and barotropic energy conversions. This 

is accomplished through an examination of the kinetic and available potential 

energies of the model fields and a partitioning into zonal and eddy components. 

The kinetic energy per unit area of the model is defined as 

11Pa [u2 + v2] 
I{= - dp, 

g Pt 2 
(14) 

and the average available potential energy per unit area by 

(15) 

where p8 and Pt are the pressures at the surface and top of the model domain 

respectively, Sis the area of the domain and the mean static stability, a is defined 

as 

a = g ( [T] _ !!_ 8[T]) 
Cp R dp 

(16) 
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In these equations and those that follow, the notation () represents a meridional 

average of the quantity ( ), [( )] a zonal average, ( )' the deviation from the 

area mean, and ( )* the deviation of a zonal average from the area mean. 

The kinetic and available potential energies can be broken down into com-

ponents associated with the zonal mean flow and with the eddies by considering 

the zonally averaged wind ([u], [v]) and the deviations of the wind from the zonal 

value ( u', v'). We thus define the zonal and eddy kinetic energies as 

_ l 1P• [u]2 + [v]2 
Kz - - 2 dp, 

g Pt 
(17) 

and 
1 1P, u'2 + v'2 

Ke= - 2 dp. 
g Pt 

(18) 

respectively. The zonal and eddy available potential energies are given by 

1P, T*2 
Az = ~dp, 

Pt a 
(19) 

and 

-1P, [T'2] Ae - -_-dp. 
Pt 2a 

(20) 

From these definitions it follows that, 

(21) 

Figure 7 shows a plot of the six energy quantities given by Eqs.(17)-(21) as 

a function of time for the MOl simulation. Initially, the total kinetic energy, Ktot 

is two orders of magnitude larger than the total available potential energy, Atot 

and the flow is purely zonal as represented by the zero eddy kinetic energy, Ke. 

During the first 48 hours, the zonal kinetic energy, Kz decreases slightly while Ke 
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mcreases. Ktot remains relatively constant at around 105 J m-2 • The available 

potential energy initially has both zonal and eddy components. The latter is due 

to the discontinuities in the temperature field introduced by the insertion of the 

topography. There are transient changes in the available potential energy over 

the first 120 hours of the simulation after which time a steady-state is achieved. It 

is at this time that we begin examining the conversion rates between the various 

energy quantities associated with the downstream wave generation. 

The formulation of the energy conversion terms used here is essentially 

identical to that of Norquist, et al. (1977) and applies to an open domain. The 

time rate of change of eddy kinetic energy is given by 

d:, = C(A., K,) + C(K,, K,) + B(K,) - D(K,), (22) 

(Wiin-Nielsen and Chen, 1993) where 

C(Ae, Ke)= - R rP· [w'T'] dp, 
g }Pt p 

(23) 

represents the baroclinic conversion of eddy available potential energy to eddy 

kinetic energy, and 

C(Az, Ae) = - ~ [P• [u'v'] B[u] dp - ~ {Pa [v' 2 ] B[v] dp 
g }Pt 8y g }Pt 8y 

11Pa [ I ']a[u]d 11Pa [ I ']a[v]d -- uw--p-- vw--p 
g Pt 8p g Pt 8p ' 

(24) 

represents the barotropic conversion of zonal kinetic energy to eddy kinetic en-

ergy. The terms B(Ke) and D(Ke) represent boundary fluxes and dissipation 

of eddy kinetic energy by friction respectively. Since surface friction is not in-

eluded in our model, we will neglect D(Ke). B(Ke) is also neglected since we are 
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primarily interested in the energetics of disturbances whose source is within the 

computational domain. 

Figure 8 shows the values of the barotropic, C(Kz,Ke), and baroclinic, 

C(Ae,Ke), conversion rates for the MOl simulation. The rates are given as a 

function of time, beginning after 10 days when the system has reached a quasi

steady state in that the transience associated with the impulsive start from rest 

are no longer apparent. Throughout the period, C(Kz,Ke) is primarily positive 

and always greater than C(Ae,Ke ), which is nearly always negative. Averaged 

over the 10-day period shown, the values of the barotropic and baroclinic terms 

are 8.49 x 10-3 W m-2 and -1.84 x 10-2 W m-2 respectively. The sum of these 

two quantities indicates a net loss of kinetic energy in the eddies which in turn 

implies that the disturbances are slowly decaying. This is not suprising in light 

of the fact that no diabatic forcing of the disturbances are included in our model. 

It is apparent from Figure 8, that the energy conversion rates are not 

steady throughout the 10-day period. There is an apparent oscillation in the 

barotropic term which has a period of roughly 150 hours. An examination of the 

streamlines at various times throughout the period (not shown), particularly at 

t = 280 hours when C(Kz,Ke) is near a minimum and at t = 340 hours, when it 

is near a maximum, reveals that the primary difference is the relative strength of 

the vorticity maximum nearest the mountain. At the time of minimum C(Kz,Kc ), 

the vorticity maximum nearest the southern tip of the mountain (where Kuo's 

condition is satisfied) is small, but growing in intensity. At the time of maximum 

C(Kz,Ke), this vorticity maximum is fully formed and is beginning to separate 

from the region and propagate downstream and a new vorticity maximum begins 
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to form. This periodicity is apparently responsible for the oscillations in the 

barotropic conversion rates. 

One may infer from the sign and magnitude of C(Kz,Ke) and C(Ae,Ke) 

that the energy in the eddies is due to barotropic conversion of en.ergy from 

the zonal flow and that some of the kinetic energy in these eddies goes in to 

the production of available potential energy as evidenced by the negative values 

of C(Ae,Kc). The effect of this increase in available potential energy may be 

important in the maintenance of the vortices farther downstream of the mountain. 

We next turn to determining under what conditions the features noted 

above are modified. In particular, we will vary the stability and wind speed of 

the initial flow field. 

A.5 Sensitivity Studies 

A.5.1 Initial Conditions 

In this section we determine the sensitivity of the flow field downstream of 

the model topography to the initial conditions. The parameters of the system that 

are appropriate to vary are: the initial wind speed, U, the vertical stratification 

(e.g., Brunt VliislilUi frequency, N) and the characteristic width and height scales 

of the mountain. Since we are interested in a particular mountain geometry, 

namely the idealized representation of the Sierra Madre, we will only vary the 

first two of these parameters here. As discussed by Pierrehumbert and Wyman 

(1985), the fundamental nature of flow blocking by an infinite ridge is expected to 

be a function of the Rossby number, Ro, which measures the importance of the 

Coriolis force and the inverse Froude number, Fr, which measures the importance 
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of the vertical stability. We will therefore characterize our initial flow fields in 

terms of these two quantities. 

July mean sounding data (not shown) for 11 years from three tropical 

stations which lie upstream of the Sierra Madre (Brownsville, Merida and Guan

tanamo Bay) were used to estimate the climatological variablity of the Brunt

Vrusiillii frequency in the tropics. This analysis revealed that the variance in the 

Brunt-Viiisiillii frequency is relatively uniform with height and that the stan

dard deviation is roughly 10 percent of the mean value of N. A character

istic range of the Brunt-Vrusiillii frequency based on these data, therefore, is 

1.01 x 10-2 < N < 1.24 X 10-2 • Simulations were made with initial stabilities 

which were within this range. This was accomplished by adding perturbations to 

the potential temperatures of the Jordan mean sounding which were lineal' with 

height. This has the effect of changing the overall stability of the atmosphere 

while keeping the surface temperature fixed. This is a reasonable approach con

sidering the constancy of the sea-surface temperatures in the tropics. Several 

runs were also made with very low values of N in order to demonstrate the effect 

of the blocking as the lapse rate approaches dry adiabatic. 

Table 1 lists the parameter values for the simulations that examine the 

sensitivity of the jet strength and wave production. For each of these runs, we 

calculated the quantity Ujet = Umax/U, where Umax is the maximum wind speed 

in the southern jet and U is the initial speed of the basic state flow. This param

eter characterizes the strengt,h of the jet and hence the tendency for barotropic 

instability since the width of the jet remains roughly constant in the runs. The 

largest values of Ujet in our simulations was realized for the runs made with rel

atively low Ro and high Fr. For both the SA14 and SA15 simulations, there was 



67 

a seven-fold increase in the winds in the jet from the initial wind speed. Con

versely, the smallest Ujct was found in the runs made with high Ro and low Fr 

(e.g., SAOl and SA02), however, even in these runs, the maximum wind speed in 

the jet is nearly four times that of the initial wind speed. 

Figure 9 shows the structure of the easterly jet which developed in four 

simulations with an initial wind speed of -5 m s-1 and various stratifications of 

the initial state. The four simulations, in order of decreasing Fr are MOl, SAlO, 

SA09 and SAOS. All of these simulations satisfy the criteria for flow blocking 

according to Pierrehumbert and Wyman (1985) (i.e., RoFr ~ 1). 

Figure 9a shows the 950-hPa meridional profiles of the easterly wind for 

four separate simulations. The wind profiles shown in Figure 9a are similar to 

those in Figure 5 and reveal a distinct easterly. wind maximum between 1200 

and 1300 km south and a region of reversed flow 200 to 600 km to the north 

of the center of the mountain. The amplitude of the jet is greatest for the MOl 

simulation, which has a peak wind of 17 m s-1. The width of the jet is also 

smallest for the MOl case with the full-width at half-maximum equal to roughly 

600 km. The jets in the SAOS and SA09 simulations are similar to each other, 

with a width of roughly 500 km and a peak near 12 m s-1. The SAlO simulation 

produced the widest jet at roughly 800 km and a peale of 15 m S-1 . 

Figure 9b shows the meridional derivative of the absolute vorticity for 

these four simulations. In each case, there are regions in which this quantity is 

negative, thus satisfying the necessary condition for barotropic instability. The 

strongest negative peak, however, is realized for the MOl simulation, particularly 

in the region of the peak easterly wind speed. The other three simulations, which 

lack the double-peaked jet structure, have only a single minimum in the jet and 
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Fig. A.9. (a) Time and space-averaged meridional profile of the easterly 
horizontal jet at 950 hPa. Positive values of the wind speed are toward the east. 
(b) Meridional derivative of zonal-mean absolute vorticity. The shaded regions 
represent the intersection of the 950-hPa surface with the topography. See Table 
1 for a description of the simulation parameters. 



69 

the magnitude is significantly less than that of the MOl simulation. Nearest 

the mountain for the SA09 (Fr = 2.60) and SAlO (Fr = 3.52) cases, there is a 

second region of negative absolute vorticity gradient. This corresponds to a region 

of strong downslope winds in the lee of the mountain that is a consequence of the 

flow over the topography. 

Although the relationship between the crude width of the jet and the 

wavelength of the disturbances produced as a result of the jet is not as simple as 

is implied by Figure 6, there is a distinct difference between the waves produced in 

these four simulation. We have already noted that the separation of the vorticity 

maximum in the MOl case is roughly 2300 km. For the remaining three cases, 

the separation appears to be somewhat shorter at roughly 1600 km. In each of 

these three cases, however, the amplitude of the disturbances is much lower than 

that of the MOl case, which makes a determination of the specific attributes of 

the generated disturbances more difficult. This fact does indicate, on the other 

hand, that the growth rate of the disturbances is lower for the less stable (lower 

Fr) cases. 

These observations are physically consistent wi th the fact that more air 

flows over the top as opposed to around the topography for less stable environ

ments thus leading to a weaker jet. It is also significant to note that the less 

stable cases do not posses the double-peaked wind profile as does the baseline 

case. This is consistent with a decreased transport of momentum because of the 

decrease in barotropically generated eddies. 

Figure 10 shows the structure of the easterly jet for three simulations that 

were initialized with different wind speeds. Figure lOa shows the meridional 

profile of the easterly wind speed scaled by the initial wind speed. Each of 
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the three simulations shown reveals that the peak nondimensional wind speed is 

roughly' the same, reaching a maximum of around 3; however the shape of the jet 

varies among them. The SA15 simulation, which corresponds to an initial wind 

speed of -2.5 m s-l(Ro = 0.5, Fr = 9.04), produces the most narrow jet and 

does not show the double-peaked structure. There is no region of flow reversal in 

the lee of the mountain for this run. On the other extreme, the SA05 simulation 

was initialized with a -7.5 m s-l wind (Ra = 1.5, Fr = 3.01). This simulation 

reveals a double-peaked jet that is somewhat more broad than that of the MOl 

run. Figure lOb reveals that this latter run has the most pronounced negative 

vorticity gradient. The maximum gradient is located over the smaller of the two 

peaks in the wind speed. The SA15 simulation, on the other hand, shows only 

very small gradients and becomes only slightly negative near the peak of the 

winds. 

Figures 11 and 12 show the 950-hPa streamlines and wind speed contours 

at 240 hours of model time for two of the simulations in which the stability of the 

initial state was varied. Panels (a) and (b) of Fi£;ures 11 and 12 correspond to 

the simulations in which Fr = 3.52 (SAlO) and Fr = 2.36 (SAOS) respectively. 

These may be compared to the MOl simulation (Fr = 4.52) shown in Figure 2d. 

It is clear from Figures 2d and 11 that the downstream production of 

eddies decreases significantly for increasing values of Fr. In Figure lIa, a closed 

circulation is evident west of the mountain, however its size and strength are 

diminished from the corresponding circulation in the baseline case (Fig. 2d). 

The northward deflection of the streamlines in the lee, particularly around the 

cyclonic feature, is also greatly reduced from the baseline simulation. Upwind 

of the mountain, the streamline pattern is much the same as for the MOl and 
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SA08 simulations. For the less stable case (Figure lIb), the meridional extent 

of the meanders is further reduced from the SAlO case. Upwind, the pattern is 

again similar; however, a slight indication of an eastward flow is apparent at the 

northern extreme of the mountain. This is likely due to the downslope winds on 

the end-cap of the idealized mountain. 

The corresponding wind speed contours (Fig. 12) reveal the effect of a 

increased Fr on the strength of the easterly jet. As noted earlier, the jet in the 

baseline case extends far downstream of the mountain (Figure 3d). For the two 

simulations shown in Figure 12, the jet is primarily confined to the region near 

the mountain, although a weak jet is indicated by the 10 m s-1 contour centered 

roughly 3000 km due west of the southern end of the mountain for the SAlO 

case. Immediately in the lee, along the ridge, the winds are greatest for the SAlO 

simulation and weakest for the MOl simulation suggesting that the magnitude of 

the downslope winds is not monotonically related to Fr. 

b. Real Topography 

The formation of the jet and subsequent eddy formation described to this 

point are an "end-effect" in that they are a consequence of flow around rather 

than over the model terrain. It is important to determine if the same blocking 

of the flow applies to the flow past a more realistic representation of the Sierra 

Madre. A numerical simulation, using the same initial conditions as MOl, was 

performed in which the idealized topography Eq.( 4) was replaced with the actual 

topography obtained from the U.S. Air Force Average Elevation Data. This data 

is available at a 5-minute resolution and was reduced, through averaging, to the 

resolution of the model grid. The final elevations were scaled in order to preserve 

the maximum height of the mountain. This was shown to be important by 
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Pierrehumbert (1984) in order to accurately represent the amount of deceleration 

produced by a mountain when dealing with blocking phenomena. 

There are several features of the topography of Mexico that differ from 

the idealized topography used in our earlier simulations. First, the Sierra Madre 

consist of two separate mountain chains-the Occidental and the Oriental-which 

are oriented parallel to the central Plateau of Mexico. This plateau extends from 

southern New Mexico and Arizona to the Gulf of Tehuantepec in southern Mexico. 

The plateau is widest at the northern end and is somewhat "crescent moon" 

shaped. Southeast of the Gulf of Tehuantepec is a second chain of mountains 

which extend into EI Salvador and Honuduras. Between these two mountain 

chains is the Istmo de Tehuantepec, in which the average elevation in relatively 

low. 

Figure 13 shows the 950-hPa streamlines at 136 hours of model time for 

the simulat.ion performed using real topography. The horizontal cross section of 

the topography at 950-hPa is shaded in this figure. The flow pattern shown in 

Figure 13 is very similar to those observed in the simulations performed with 

idealized topography. Upstrean1 of the Sierra Madre, the winds are primarily 

zonal with an increasingly southward component near the mountains. The winds 

along the eastern coast of Mexico are parallel to the Sierra Madre Oriental. At 

the Istmo de Tehuantepec, the flow is through the gap in the mountains and turns 

sharply toward the west over the eastern Pacific. West of the Gulf of Tehuantepec 

a horizontal jet is apparent. This jet is similar in size and strength to that noted 

in the MOl simulation (Figure 5). A cyclonic vortex is apparent north of the jet 

and is centered at roughly 114°W, 22.5°N. The size of this vortex is similar to 

the ones noted in the earlier simulations. 
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This simulation was carried out to 10 days of model time. A time sequence 

of the wind fields (not shown) reveals that, as in the previous simulations, vortices 

are continuously produced north of the horizontal jet at about 15°N latitude. As 

in the MOl case, these vortices separate from the generation region and propagate 

to the west. The wavelength and propagation speed for these waves is comparable 

to those noted in the simulations which used idealized topography. Significantly, 

the region where these disturbances form corresponds to the region of maximum 

tropical cyclogenesis frequency as noted by Renard and Bowman (1976). 

Although the initial conditions al'e still idealized, this simulation demon

strates that the development of a barotropically unstable jet is not limited to 

the case of idealized topography and indicates the geographic location of the 

jet-namely downstream of the 18tmo de Tehuantepec. The fact that vortices de

velop in a region where a high tropical cyclogenesis rate has been observed, and 

that these vortices are of sufficient size and strength to trigger intensification via 

the WISHE mechanism is evidence to suggest that this may be an important 

mechanism in the eastern Pacific. 

A.6 Summary and Conclusions 

We have shown that the steady, three-dimensional adiabatic flow of air 

past topography representative of the Sierra Madre mountains of Mexico results 

in the continuous production of relative vorticity maxima in the eastern North 

Pacific Ocean where tropical cyclones frequently form. We have explained this 

phenomenon in terms of the blocking of the low-level air by the topography. West

ward flowing air approaching the mountain from upstream is diverted primarily 

southward and conservation of potential vorticity requires that a cyclonic shear 

zone be produced south of the mountain. This shear is realized in our simulations 
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as an easterly jet at low levels. We have shown that this jet is barotropic ally un

stable and that it leads to a series of vortices which separate from the region of 

the mountain and propagate downstream. The wavelength of the disturbances is 

1500-2500 kilometers and depends on the stratification and wind speed of the ini

tial state. These wavelengths are consistent with those of synoptic-scale easterly 

waves identified in the eastern North Pacific (Nitta, et al., 1985; Tai and Ogura, 

1987). 

The mechanism described in this study represents an alternative mecha

nism for the local production of wavelike disturbances in the eastern North Pacific 

region. Such a mechainism is significant in that it provides a possible explanation 

for the variability in the lower tropospheric winds and the corresponding lack of 

correlation with disturbances in the Africa and Atlantic regions noted by Tai and 

Ogura (1987). 

The amplitude of the disturbances produced in the lee of the idealized 

mountain is a function of the characteristic Rossby and inverse Froude numbers 

of the flow. In particular, the most intense vortices are formed when the Rossby 

number is low (Le., low winds) and the inverse Froude number is high (i.e., high 

stability). Numerical simulations showed that a uniform easterly wind of 5 m s-1 , 

which is characteristic of the prevailing flow in the tropics during the hurricane 

season, combined with a tropical mean temperature profile (Jordan, 1958) are 

sufficient to produce a topographic blocking effect and a subsequent wave train 

in the lee of the Sierra Madre. 

The production of vorticity associated with the mechanical effect of topog

raphy described in this study provides an alternative source of initial disturbances 

which may later develop into tropical cyclones. This is an important result in 
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that the conditions which lead to vortex production in our simulations, namely 

a stably stratified zonal easterly flow, are prevalent in the eastern North Pacific 

region throughout the hurricane season (May through October). A particular 

feature of this mechanism is that the initiation of tropical cyclones does not re

quire the presence of a synoptic-scale easterly wave which originated over Africa 

and propagated into the eastern North Pacific. 

There are climatological features of the eastern Pacific and Gulf of Mexico 

region that may act to modulate the occurrence of tropical cyclogenesis initiated 

by the mechanism described in this study. Due important fact is that prevailing 

easterlies exist only in the summer months thus restricting the time of year in 

which vortex production will occur. Additionally, Mozer and Zehnder (1994) 

showed that a subset of the tropical cyclones which form in the eastern Pacific 

are associated with slowly propagating planetary-scale waves in the 850-hPa wind 

field upstream of the Sierra Madre. These waves may be important in providing 

a meridional component to the low-level flow which inhibits or promotes the 

formation of the barotropically unstable zone, depending on the location of the 

wave. Another subset of tropical cyclones were associated by Mozer and Zehnder 

(1994) with a highly favorable environment for tropical cyclogenesis near the coast 

of Mexico. The absence or presence of this pre-conditioning may determine if a 

vorticity maximum produced by the barotropic instability mechanism presented 

in this study will intensify. The specific effect of these observed flow patterns on 

vorticity production via the flow blocking mechanism is left for future research. 

The disturbances generated by the mechanism described in this study are 

limited to the lower troposphere. In order for tropical cyclogenesis to occur, 

vorticity which extends throughout most of the troposphere must exist (Gray, 
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1975). In light of this fact, an additional means to increase the vertical extent 

of the disturbances must exist in order to produce tropical cyclones. One likely 

way for this to be achieved is through the diabatic forcing of potential vorticity 

associated with forced convergence near the surface and subsequent lifting in the 

center of a developing disturbance. Additionally, upper level disturbances may 

act in cooperation with the vortices produced in our simulation to provide the 

necessary depth for intensification. Neither of these processes are included in the 

numerical simulations presented here, however, they will be the subject of future 

studies. 

In Part II of this paper, we examine the topographic blocking mechanism 

to the pr~duction of westward propagating African waves. In this case, it is 

the somewhat smaller-scale mountains of east-central Africa which lead to the 

production of lee vorticity. In Part II we will concentrate on an analysis of the 

structure and energetics of the wave train which is a result of the unstable jet 

and compare the results of our simulations with those of observed African waves. 
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ABSTRACT 

A mechanism which acts to produce vorticity in the lee of large-scale moun

tain ranges imbedded in an easterly flow in a stably stratified rotating atmosphere 

is applied to the production of westward propagating African waves. Three

dimensional numerical simulations of a dry, adiabatic, flow using the PSU /NCAR 

MM4 model show that the Hoggar and Atlas mountains of west-central Africa 

block the low-level easterlies resulting in a barotropically unstable jet that is 

associated with the continuous production of lee vortices which separate from 

the mountain and propagate downstream. The spacing of these disturbances is 

roughly 1600 km and they propagate to the east with a period of about 2.5 days. 

These characteristics correspond to those of observed waves in the Africa/Atlantic 

region. 

It will also be shown that the unique topography of north-central Africa 

results in a mid-tropospheric easterly jet which has a maximum wind speed near 

15 m s-l between O-IODE and l5-20DN. The location and magnitude of this jet 

correspond to the so-called African easterly jet which is usually attributed to 

strong surface temperature gradients over the continent of Africa. The numeri

cal simulations presented in this work suggest that the mechanical effect of the 

topography may provide a constant source of energy for the maintenance of the 

African easterly jet. 
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B.1 Introduction 

The existence of tropical easterly waves which originate over western Africa 

and propagate across the Atlantic Ocean has been known for quite some time (c.f. 

Piersig, 1944). A large body of literature has developed regarding the source and 

structure of these so-called African waves (c.f., lliehl 1974 for a review). The 

characteristics of these waves have been reported from observational data (c.f. 

Riehl, 1954) and more recently from more comprehensive data sets such as those 

from the GARP1 Atlantic Tropical Experiment (GARP) (c.f., Burpee and Reed, 

1982; Miyakoda, et. aI, 1982; Gilchist, et al., 1985) and from the European Centre 

for Medium Range Forecast (ECMWF) global analyses (c.f., Reed, et al., 1988, 

Lau and Lau, 1990, 1992). Particular interest in these waves stems from the fact 

that they have been related to the formation of tropical cyclones in the Atlantic, 

Caribbean and Eastern Pacific (c.f., Frank, 1976). 

African waves are tropical disturbances which possess cold cores in the 

lower troposphere and have periods of 3-5 days with a propagation velocity to 

the west at 5-10 m s-l. These waves have a wavelength of 2000-4000 km (Burpee, 

1972) with a maximum meridional velocity perturbation of about 3.5 m s-l at the 

850-700 hPa level (Reed, et al., 1988). African waves are most prevalent during 

the summer-particularly in the months of June, July and August. 

1 Global Atmospheric Research Project 
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The region of origin and physical mechanisms responsible for African waves 

have received much attention in recent years (c.f., Burpee 1972, 1975; Nitta and 

Takayabu, 1985). Reed, et al. (1988) used ECMWF data to identify two primary 

source regions of these disturbances. The first of these regions is located between 

8°_ 15°N and 00-100E which lies within the climatological rain belt and the 

second is located in a region between 18°- 25° Nand lOOW-5°E which lies over 

the Sahara, downwind of the Hoggar mountains (also called Ahaggar) of north

central Africa. Nitta and Takayabu (1985) speculate that the source of the waves 

in these two regions differ with the former being attributed to the condensational 

heating provided by the low-level monsoon flow and the latter by the dynamic 

instability of a mid-tropospheric easterly jet over the continent, commonly called 

the African easterly jet. 

Albignat and Reed (1980) performed a temporal spectrum analysis of 850 

and 700 hPa winds from a large number of African stations during GATE. They 

found a spatial peak in the amplitude of the temporal power spectra of meridional 

velocity perturbations in the 2.5 to 5-day period range over a region which extends 

westward from lOoE between 5°N and 200N. Based on this result, Albignat and 

Reed concluded that the main growth of the disturbances at this level takes place 

between 10° E and the Greenwich meridian. This supports the view of Sadler and 

Oda (1978) that African wave disturbances first appear at the 850 hPa level near 

lOoE. 
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Reed, et al. (1977) present a mean cross section of the African easterly 

jet which is based on data from GATE. The maximum wind speed in the jet 

occurs at a height between 600 and 700 hPa and has a magnitude of roughly 

15 m s-l. The jet forms in the summer months and is located at a latitude of 

roughly 15°N and extends from roughly lOoW to 15°E, although the strongest 

horizontal gradients in the wind are centered at about lOoW (Albignat and Reed, 

1980). The African easterly jet is strongest and lies most poleward in July and 

August (Burpee, 1972). The fact that the jet is located in the same region where 

African waves first appear supports the idea that the African easterly jet is the 

source energy for African wave development. 

The presence of the African easterly jet is generally attributed to the 

thermal wind generated by the strong temperature gradient between the Sahara 

desert and the rain belt of Africa. This temperature gradient is on the order of 

1°C/100 km (Khrisnamurti and Pasch, 1982). 

A significant feature of the African easterly jet is a region of reversed 

potential vorticity gradient on the south side of the jet (Burpee, 1972). This 

satisfies the Charney-Stern (1962) necessary condition for combined barotropic

baroclinic instability. This instability is thought to be important in the genesis 

of African waves due to the fact that it occurs in the region where African waves 

are observed to form (Reed, et al., 1988, Albignat and Reed, 1980). Norquist, 

et al. (1977) used composite African wave data to show that African waves 
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were, in fact, maintained through a roughly equal combination of barotropic and 

baroclinic energy conversions. This is further evidence to support the view that 

African waves derive their energy from the African easterly jet. 

The results described above demonstrate that the instability of the African 

easterly jet is clearly important in the generation of easterly waves. The possible 

role of the topography of north central Africa in maintaining the instability and 

in providing the initial perturbations which trigger the instability, however, have 

not been fully investigated. 

Relatively little attention has been given to the possible influence that 

the topography of Africa has on the development of synoptic-scale waves. Frank 

(1970) speculated that the mechanical effect of the easterly flow of air over the 

mountains of Ethiopia may be important in generating African waves. Burpee 

(1972), however, used upper air data from stations flanking these mountains to 

show that easterly waves do not arise immediately downstream of the Ethiopian 

region. In this paper, we suggest that it is the mountains which lie further east in 

Algeria and Niger, namely the Hoggar and Tibesti, which may be important in 

spawning African wave disturbances. We will also demonstrate that the Azbine 

range south of the Hoggar is significant in providing a mechanism for the transfer 

of energy from the lower troposphere to the level of the African easterly jet. 

In this study we will show that several features of the observed easterly 

disturbances which originate over African can be reproduced by a model of dry 
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flow over topography which is representative of east-central Africa. In particular, 

a low-level jet is set up south of the Hoggar and Tibesti mountains which is 

due to the blocking of low-level air by the mountains. This jet is barotropically 

unstable and leads to the continuous production of vortices which separate from 

the mountain and propagate downstream, through the highly baroclinic zone 

associated with the strong temperature gradients south of the Sahara. This 

mechanism is discussed in detail in Part I of this paper (Mozer and Zehnder, 

1994; hereafter referred to as MZ) as it is applied to the easterly flow over the 

Sierra Madre of Mexico. 

In addition to the effect that blocking by the African topography has on 

producing disturbances at low levels, we will also show that the mid level African 

easterly jet may be enhanced by the topography. This is an important result 

because it provides an explanation for the persistence of the African easterly jet 

since gravity waves generated by the terrain provide a constant forcing of the jet, 

as long as the prevailing easterlies are maintained. 

In Section 2, we will briefly describe the model and the initialization pro

cedure used. In section 3, we will present the results of the numerical simula

tions and compare these results with our current understanding of the source 

and structure of observed African easterly waves. We will also provide a rela

tionship between the blocking by the topography and the African easterly jet in 

this section. In Section 4 we will provide some speculations on the implication 
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of the mechanism described here to the generation of African waves in the real 

atmosphere and provide directions for future research. 

B.2 Model and Initialization 

The model used here is the National Center for Atmospheric Research 

(NCAR)/Penn State Mesoscale Model version 4 (MM4) and is identical to that 

used by MZ. As in MZ, we are interested in the purely mechanical effects asso

ciated with the flow of air over topography, therefore, the numerical simulations 

presented correspond to a model in which all diabatic effects are neglected. This 

includes running the MM4 in "dry" mode with an inviscid lower boundary layer 

and neglecting the effects of surface heat fluxes and solar radiation. 

The domain used in the simulations consists of a 120 x 66 grid-point coarse 

domain with 180-km resolution and a 118 x 67 grid-point nested fine domain with 

60-km resolution. This is the same grid resolution used in MZ and is adequate 

to resolve the appropriate features of the topography as well as the disturbances 

which develop in the simulation. The horizontal extent of both domains is shown 

in Figure 1. The model fields along the lateral boundaries of the coarse domain 

are fixed, whereas an inflow/outflow dependent condition is used to specify the 

fields on the lateral boundaries of the fine domain (Anthes, et al., 1987). The 

vertical coordinate of the MM4 model is 0' = (P - Pt)/(Ps - Pt) where P is the 

pressure and the subscripts (s and t) denote values at the surface and top of 

the model atmosphere respectively. In the simulations presented here Pt = 50 
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hPa and 12 a-layers make up the vertical grid. These layers were chosen to 

be at a = 1.0,0.96,0.89,0.83, 0.76,0.62,0.56,0.50,0.44,0.33,0.18,0.06,0.0; which 

provides for an adequate coverage throughout the atmosphere with an increased 

resolution near the surface. 

As in MZ, the simulations are initialized with a barotropic zonal easterly 

flow which is initially in geostrophic balance. The vertical temperature profile 

used was a July mean sounding calculated from eight years (1948-1955) of data 

from Benina Libya (32:05°N. 20:16°E). This stat,on is somewhat removed from 

the mountains of interest; however, the fine structure of this profile is not im

portant since we are only interested in presenting a plausible mechanism for the 

development of disturbances based on a simple model which neglects many im

portant features of the west African region (e.g. surface temperature gradients, 

convective heating, etc.). The overall vertical stability of the basic state, par

ticularly at low levels, is important, on the other hand, so the mean profile is 

adequately representative of the region. 

Figure 2 shows the mean sounding data on a pseudoadiabatic diagram. 

It is apparent from the figure that the sounding is conditionally unstable in 

the lower troposphere and approaches moist adiabatic above roughly 600 hPa. 

The important feature of the sounding, in terms of blocking of the flow is the 

Brunt-Vai s alIa frequency, N. Based on the data presented in Figure 2, this was 

calculated to be equal to 1.2 X 10-2 s-1. 
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The topography used in the simulations is the U.S. Air Force Average 

Elevation Data which is available at a 30-minute resolution. This data was inter

polated to the model grid and scaled in order to maintain the maximum height 

of the peaks and, therefore, the blocking effect of the mountains (Pierrehumbert, 

1984). Figure 1 shows contours of the terrain elevation for the topography used 

for both the coarse and fine domains. The most prominent features of the terrain 

to note are the Hoggar and Tibesti mountains which are located between 200 N 

and 300 N and between 5°W and 20oW, and the Atlas mountains, which are lo

cated on the northwestern coastline between lOoW and the Greenwich Meridian. 

Another significant topographic feature is the Azbine range which extends south 

of the Hoggar near lODE. These mountain ranges consists of peaks which extend 

above the 1.5-km level and which have horizontal length scales of 500 km or more. 

As was shown by Pierrehumbert and Wyman (1985), topographic blocking 

is expected when the product of the Rossby and inverse Froude numbers is greater 

than unity. This quantity is given by RoF1' = Nhm/(fL), where N is the Brunt

Viiisallii frequency, h m is the height of the mountain, f the Coriolis parameter, 

and L the cross-stream length scale of the mountain. Using the above scales of the 

mountain and the characteristic quantities, N = 1.2 X 10-2 s-1 and f = 2.5 X 10-5 

s-1, we get RoFr ~ 1.4. This indicates that blocking by the topography will 

be important in the present case. Based on this scale analysis, many of the 
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conclusions drawn in MZ concerning the topographic blocking of the Sierra Madre 

are applicable to the present case of flow over the topography of Africa. 

B.3 Numerical Simula.tions 

B.3.1 Lower-tropospheric Wave Generation 

Figure 3 shows a sequence of 950-hPa vector winds for the simulation made 

with the mean sounding shown in Figure 2. The transient behavior of the flow 

associated with the sudden insertion of a simple mountain is described in detail by 

MZ so only the salient features are presented here. For the present case of African 

topography, the transience is qualitatively similar to that described by MZ. In 

particular, starting vortices are developed in the lee of the mountains which 

propagate downstream. The winds upstream of the mountain are progressively 

diverted around the mountains-primarily to the south-and regions of enhanced 

winds develop near the southern end of the mountain. This jet formation is a 

result of potential vorticity conservation as discussed in MZ. 

Each of these transient features are apparent in Figure 3a which shows the 

wind field at t = 24 hours. One starting vortex is located immediately west of 

the Hoggar mountains where a cyclonic turning of the winds is evident. Another 

is apparent immediately west of the Atlas mountains. A time series of the wind 

fields during the early portion of the run (not shown) reveals that these starting 

vortices develop and move downstream just as was shown in MZ. No additional 

disturbances are observed which are associated with the starting vortices. The 
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regions of enhanced winds and southward deflection of the flow are apparent near 

the southeastern edge of the Tibesti and in the channel between the Atlas and 

Hoggar. This too is consistent with the early behavior of the flow described in 

MZ. 

Figure 3b shows the wind field at t = 360 hours (15 days) at which time 

the transient disturbances associated with the start of the simulation have either 

decayed or propagated out of the domain and the model has reached a quasi

steady state. There are three distinct regions of strong winds associated with 

the topography which are apparent in this figure. One is located south of the 

Hoggar and Atlas chain and extends along the southern edge of the mountains 

and several hundred kilometers west of the mountains. The magnitude of this jet 

is roughly 20 m S-1 at the peak. Two other, somewhat weaker, jets exists at this 

level. One is near 28°N, south of the Atlas range and has a peak wind of about 

17 m s-1, the other is located at lOON and is the weakest of the three. 

Further downstream and south of the Hoggar, a wavelike disturbance is 

apparent in the wind field. This disturbance consists of a series of cyclonic and 

anticyclonic vorticity maxima. Lines are drawn in Figure 3b which pass through 

the approximate position of the axes of the cyclonic portions of the disturbance. 

The spacing of these axes is roughly 15° longitude and the maximum amplitude 

of the disturbance lies between lOON and 200N. This disturbance is qualitatively 

similar to those which developed downstream of the isolated mountain ridge in 
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MZ and which was shown to be a consequence of barotropic energy conversion 

from the mountain-induced easterly jet. Due to the similarity between the inital 

flow field and resulting waves of this simulataion and those of MZ, we expect that 

these waves are also due to the barotropic instability of the horizontal jet. This is 

confirmed by the fact that the jet south of the Hoggar and Tibesti ranges satisfies 

the necessary condition for barotropic instability-that the value of the absolute 

vorticity gradient must change sign (Kuo, 1949) over the region. The location of 

the waves which develop in the simulations also suggests that the source region 

is at the latitude of this low-level jet. 

Figure 3c shows the wind field after 408 hours (17 days). At this time, 

the wave axes labeled "1" and "2" have propagated downstream a distance of 

roughly 10°. A third axis, labeled "3" has formed over the continent at 5°W. 

The structure of the easterly jet is similar to that in Figure 3b. Figure 3d shows 

the wind field after 456 hours (19 days). Again, the wave axes have each moved 

downstream roughly 10° and a new axis has formed near the mountains. 

From Figures 3b-3d, it can be seen that wave disturbances are produced 

downstream of the mountain and propagate to the west with a speed of roughly 

5° day-l and have a period of 2.5 days. The wavelength over the ocean of these 

wave is roughly 1600 km. The maximum amplitude of the waves at the 950 

hPa level appears to be between 15°N and 200N. Here, the meridional velocity 

perturbations are on the order of 5 m S-1. 
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The simulation was carried out to 30 days, during which time the wind 

field continued to be characterized by the production of disturbances downstream 

of the Hoggar and Tibesti. The basic structure of the waves throughout the 

remainder of the simulation is essentially the same as those shown in Figures 

3b-3d. 

These horizontal cross sections show that a wavelike disturbance is pro

duced due to the blocking of the flow by the topography. We will next examine 

the vertical structure of the flow field which developes in the simulation once a 

quasi steady-state is achieved. This will allow us to determine the vertical struc

ture and propagation characteristics of the waves which are associated with the 

low-level jet. 

Figure 4 shows vertical cross sections of the potential temperature at t = 

16 days along three separate reference latitudes. Figure 4a shows a cross section 

taken at y = 3400 km (300 N). At this latitude, which lies between the Atlas 

and Hoggar mountains and is in the vicinity of the northernmost jet apparent in 

Figure 3, the topography is confined to below the 950 hP a level. The isentropes, 

which may also be considered as streamlines in our case, slope upward over the 

land mass. The potential temperature over the land is less than that of the 

inital atmosphere up to 800-hPa level. In general, the isentropes do not intersect 

the surface of the mountain which indicates that the flow is primarily over the 

topography at this latitude. There is slight indication of a wavelike disturbance 
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over the ocean, however, since there is no indication of this wave in the region of 

the jet, it is unlikely that waves are generated at this latitude. An examiniation 

of the horizontal cross section at this time (Figure 3c) also inclicates that the 

waves at this latitude appear to originate further south. 

Figure 4b shows the cross section taken at y = 2750 km (23°N), which 

is the roughly the latitude where the Hoggar mountains have a maximwn ele

vation and is north of the jet formed by the Hoggar and Atlas mountains. At 

this latitude it is apparent that isentropes interesect the topography indicating 

that a significant portion of the flow is around the mountains. However, the isen

tropes do show an upward slop east of the mountain and return to their original 

altitude downwind. This indicates that flow over the topography is also signif

icant. Downstream of the mountains, there is again an indication of a wavelike 

disturbance at low levels, however there is little evidence near the topography to 

indicate that these waves originate at this latitude. 

Figure 4c shows the cross section taken at y = 2000 km (17°N). This cross 

section passes through jet south of the Hoggar. The isentropes in this case are 

significantly different than in the cross sections taken at higher latitudes. The 

wave train shows the strongest vertical perturbations in the istentropes of the 

three cross sections shown. In this case, the waves over the ocean can be traced 

back to the land mass to the position which corresponds roughly to the position 

of the peak of the Hoggar mountains shown in Figure 4b. The wavelength of the 
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perturbation appears to increase toward the west which indicates that dispersion 

is taking place away from the source region. The amplitude of the waves appears 

to reach its maximum near the coastline at a level between 950 and 800 hPa. No 

evidence of the waves is apparent above 800 hPa in this cross section. 

While the horizontal and vertical cross sections give us an indication of 

the behavior of the waves as they leave the region of the jet where they appear to 

have their source, we may quantify their evolution through an examination of the 

energetics downstream of the source region. This analysis will closely follow that 

of Norquist, et al. (1977) which used GATE data to determine the energetics of 

observed African waves. The energetics formulations is also the same as was used 

in MZ. 

As was done by Norquist, et al., we will base our energetics analysis on 

composite fields of several wave disturbances. We accomplished this by averaging 

the model fields at times during the 3D-day simulation when there was a cyclonic 

wave axis located at lOoW. This corresponds to a position of the wave which 

is roughly the same as is shown in Figure 3b. There were six times during the 

period between 10 and 30 days of model time in which the wave train was in this 

position. The composites were, therefore, based on these six waves. 

As in MZ, we are interested in terms which contribute to the time rate of 

change of eddy kinetic energy, 

(1 ) 
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where C(Ae,Ke) is the conversion of eddy available potential energy to eddy 

kinetic energy, C(Kz,Ke) is the conversion of zonal kinetic energy to eddy kinetic 

energy. B(Kc) and D(Ke) represent boundary fluxes and frictional dissipation 

of eddy kinetic energy. We chose the extent of our energetics calculations to 

envelope the wave disturbances, therefore, we assume that B(Ke) represents a 

minor contribution to the energy budget for our choice of the integration region 

and make no attempt to compute it. Also, since friction is not included in our 

model, we neglect the D(I<e) term. We will also consider the time rate of change 

of eddy available potential energy, 

(2) 

where C(Az, Ac) is the conversion from zonal available potential energy to eddy 

kinetic energy. B(Ac) and G(Ae) represent the boundary flux of available poten-

tial energy and the generation of available potential energy by heat sources and 

sinks and again are neglected here due to our choice of domain and absence of 

diabatic heating in the model. 

The expressions for the conversion terms C(Kz,Ke), and C(Ae,Ke) are 

identical to those used in MZ (Eqs. 23 and 24 of MZ). The additional term 

calculated here is: 

i
P' [v'T'] o[T] iP' [w'T'] o[T]* C(Az,Ae) = - -_---dp- -_---dp, 

PI 0' oy PI 0' oy (3) 
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As in MZ, the primed quantities indicate eddy components, the brackets represent 

a zonal average and the overbar a meridional average. The astrisk represents the 

deviation of a zonal average from the area mean. The mean static stability is 

given by c; = g(c;I[T] - pR-18[Tj/8p), where cp is the specific heat at constant 

pressure and R is the gas constant for dry air. 

Computations of the conversion rates were carried out over the region 

between the equator and 25°N and 5°W to 40oW. This is roughly the same 

region which was used to calculate conversion rates by Norquist, et al. (1977), 

with the exception of the region near the Greenwich Meridian. This was excluded 

in our calculations in order to isolate the energetics of the waves from those of 

the jet which exists near the mountains. 

Figure 5 shows schematically the results of the calculations of the three 

conversion terms, C(Kz,Ke), C(Ae,Kc)and C(Az, Ac), averaged over the period 

between 10 and 30 days. Calculations of the partitioned available potential and 

kinetic energies are also shown (Eqs. 17-20 of MZ) in Figure 4. We note from 

these results that the mean kinetic energy is an order of magnitude higher than 

the other energy quantities. This is not suprising considering that the model 

was initialized with a basic state which was purely zonal and barotropic. The 

barotropic conversion of zonal kinetic energy to eddy kinetic energy pro cedes at a 

rate which is roughly half of the rate at which eddy kinetic energy is lost to eddy 

available potential energy via baroclinic processes. This leads to a net loss of 
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eddy kinetic energy in the waves. Dividing /(e by [C(/(z, /(e) + C(Ae, /(e)] gives 

a decay time of about 36 days which indicates that the decay proces is relatively 

slow. It is apparent from the C(Ae, Az) term, that some of the energy from the 

decaying waves is going into the production of mean baroclinicity in our model 

atmosphere. 

These results suggest that the wave modes which develop in our simu

lations are not capable of sustaining their energy as they propagate across the 

Atlantic in our adiabatic model. This result is not too suprising in light of the 

importance of latent heating in maintaining African waves in the real atmosphere 

(Mass, 1979; Kwon, 1989). Furthermore, our simulat.ion neglects the strong sur

face temperature gradients and the associated African easterly jet-two important 

sources of energy for the growth and maintenance of African waves (Burpee, 1972; 

Chang, 1993). 

The st.ructure and location of these waves are significant in that they may 

trigger the instabilities associated with the diabatic and baroclinic effects which 

are neglected in our model. We may compare the wave disturbances which appear 

in our simulations to the unstable modes calculated by Chang (1993) using a dry 

primitive equations model. For a typical mean north/south temperature gradient 

of 1 DC/lOa km (Krishnamurti and Pasch, 1982), Chang showed that waves with 

a zonal wavelength of 1000 to 2000 km were favored for amplification. The 

waves which are produced as a result of the blocking by the Hoggar and Tibisti 
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mountains fall within this wavelength range, and therefore may be important in 

triggering the instabilities. 

B.3.2 Mid-tropospheric Jet Formation 

It is apparent from the cross sections shown in Figure 4, that the waves 

which are generated by the topographic blocking effect are confined to the lower 

levels in our simulations. However, an important feature of the simulations is 

an enhanced region of easterlies in the mid-toposphere between 800 and 500 

hPa. This jet occurs at the same level and location of the mean African easterly 

jet (Reed, et a1., 1977), therefore an examination of its source and structure is 

warranted here. 

Figure 6a shows a meridional cross section of the zonal wind taken at 3°E 

at t = 392 hours (16.3 days) into the simulation. Only the easterly winds with 

a magnitude greater than 7 m s-1 are contoured. The largest wind speeds in 

this cross section occur ncar the surface at around 27°N. This corresponds to the 

low-level jet which forms south of the Hoggar and Tibesti mountains. There are 

also low level jets to the north and south of this jet which are slightly weaker 

than the central jet. This agrees with the existance of jets at three latitudes in 

the horizontal plan sections of Figure 3. 

Above the central jet, between 700 and 500 hPa a second jet is apparent. 

This mid-tropospheric jet has roughly the same meridional extent as the low-level 

jet and has a peak wind of greater than 10 m s-1 at 600 hPa. A horizontal plan 
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section of the wind speed field at the 600 hPa level (not shown) shows that this 

jet has a zonal extent of about 8° longitude. 

This jet lies well above the level of the highest topography in the nested do· 

main, so it can not be a direct result of the flow blocking mechanism described in 

this study. The source of this feature, however is a consequence unique structure 

of the topography. This can be explained, in part through a careful examination 

of the 950 hPa cross sections shown in Figure 3. 

In Figures 3b·3d, the jet located around 18° N reaches a maxmum just 

south of the Tibesti mountains. In the path of this jet is the Azbine range which 

appears in Figure 3 as a peninsula extending southward from the Hoggar. This 

range exends to above the 900 hPa level and is roughly 250 km wide. This 

topographic feature constitutes an obstacle to the high easterly winds within the 

jet. The combination of the size of the mountain and the magnitude of the winds 

(~ 20 m s-l) leads to an estimate of the Rossby number, Ro = U / f L ~ 3. 

This is a much different regime than that of the overall flow past the Hoggar and 

Tibesti mountains, where Ro ~ 0.4. We therefore expect that the behavior of 

the flow past the Azbine to be significantly different. In particular, we expect 

that flow over this range and the subsequent development of gravity waves will be 

significant. We can examine this flow through a longitudinal cross section which 

passes through the ridge. 



115 

Figure 6b shows a vertical cross section of potential temperature taken 

along the 18°N latitude line. The Azbine ridge is the dominant feature of the 

shaded topography in this figure. It is apparent from this figure that the isen

tropes slope up the windward side of the ridge and that a vertically propagating 

wave appears on the lee side of the mountain. The phase lines of this wave 

tilt eastward with height and the disturbance appears as high as the 600 hPa 

level. This flow is typical of a high Rossby number flow past a mountain (c.f. 

Pierrhumbert, 1986). 

The verticnl structure of this wave is significant because it provides a 

mechanism for the transport of energy from the surface to the mid troposphere 

(Eliassen and Palm, 1960). It is apparently this transport of momentum from 

the low-level jet which is responsible for the mid-tropospheric jet shown in Figure 

6a. 

BA Conclusion 

Numerical simulations of an easterly barotropic flow in a stably stratified 

atmosphere past topography representative of west-central Africa reveal that the 

Hoggar and Tibesti mountains may playa significant role in blocking the flow 

and the subsequent formation of a low-level jet south of the m01mtains. This 

mechanism, which is described in detail by MZ and is a consequence of potential 

vorticity conservation, leads to the continous production of vorticity maxima 

which separate from the mountain and propagate downstream. The simulations 
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presented here demonstrate that the disturbances in the lower tropospheric wind 

field are periodic and consititute a wave train with a wavelength of roughly 1600 

km and a period of about 2.5 days. 

The simulations presented here consitute a highly idealized representation 

of the real flow over Africa. Several important physical processes are neglected 

in the simulations. The diabatic effects of surface heat fluxes, boundary-layer 

friction, and cumulus convection are all undoubtably important in the generation 

and maintenance of African waves. However, the simplified initial conditions used 

in our simulation allow us to isolate one mechanism which may be responsible 

for the production of African waves. A detailed analysis of the effect that these 

neglected physical processes have on the development of African waves in the real 

atmosphere is beyond the scope of this work. However, we may use the results 

of our simulations to make some preliminary speculations on the significance of 

the mechanical effect of flow past the African topography to the development of 

African waves. 

We speculate that disturbances such as are developed in our simulations 

may be important in the initial generation of African waves. There are several 

features of the simulations which support this view. Most importantly, the wave

length and propagation velocity of the waves are consistent with observed African 

waves. Also, the source region of these waves, namely the low-level jet which ex

ists between 15°N and 200N corresponds to the latitude at which African waves 
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appear to form (Reed, et al., 1988). Furthermore, the longitude of the initial 

source region identified by Albignat and Reed (1980) corresponds to the source 

of the waves in our simulations which is located at about lOoE. 

Previous studies of the growth and maintenance of African waves have 

emphasized the importance of the strong baroclinic zone which is a result of the 

temperature gradients between the Sahara to the north and the climatological 

rain belt to the south. The disturbances which are produced in our simulations 

occur in a region such that they propagate through this zone of instability. In 

this regard, the disturbances produced in our simulations may provide the initial 

triggers of African waves which grow as a result of passing through an dynamically 

unstable zone. 

The numerical simulations presented here demonstrate that a jet in the 

easterly wind forms in the mid-troposphere near 18°N and between the Greenwich 

Meridian and 10° E. This jet corresponds in size, magnitude and position to the 

observed African easterly jet (Albignat and Reed, 1980), which is tradionally 

associated with the strong surface temperature gradients which occur between 

the Saha.ra and the tropical rain belt to the south. Although this is likely an 

important source of energy for the African easterly jet, the jet which is produced 

in our simulations may represent a significant contribution to the formation and 

maintenance of the African easterly jet. It also provides an explanation for the 

location of the observed maximum in the African easterly jet which is centered 
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around 5°E. This is a feature which can not simply be explained by the surface 

temperature gradient since this gradient is relatively constant across west-central 

Africa between 15°W and 300 E (Burpee and Reed, 1982). 

The maintenance of the African easterly jet by a mechanical effect associ

ated with steady flow over the African topography is a significant result in that 

it provides for a continuous source of energy in the jet. If we consider the African 

easterly jet to be simply a result of the thermal wind associated with horizontal 

surface temperature gradients, then African waves which form as a result of the 

instability of this jet will transport energy away from the jet and will transport 

heat down the temperature gradient and tend to stabilize the jet. The addition 

of a constant forcing of the jet by the topographic interaction described in this 

study, provides a mechanism to maintain the instability of the jet. This corre

sponds to the fact that the mid-tropospheric flow over Africa is maintained in an 

unstable configuration throughout the summer months. 

This study has demonstrated that the dry, adiabatic, flow of air past the 

topography of Africa leads to the production of disturbances which are consistent 

with observed African waves. Future research is expected to envolve a careful 

assesment of the effects of diabatic processes on the development of these waves. 

This will include a study of the effects of latent heating when moisture is included 

in the flow as well as the effects of the baroclinicity which is available over western 

Africa. This research is expected to suppliment the current understanding of the 
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source and structure of African waves through the additional consideration of the 

effects of topography. 
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