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ABSTRACT

A primary goal of paleoclimatology is to extend the instrumental record to capture 

a wider range of natural variability, documenting the climate system's response to past 

changes that have no analog in the historical record. Sediment archives of the recent 

geologic past, both marine and lacustrine, offer the opportunity to study how climate 

responds to a range of forcings and changing boundary conditions on timescales ranging 

from years to millennia. In this dissertation I use lacustrine and marine sediment to 

investigate changes late Quaternary climate, with particular focus on the Last Interglacial 

period (LIG). First, I use multiple approaches to reconstruct long-term changes in the 

West African Monsoon by investigating centennial-scale hydrologic variability recorded 

in Lake Bosumtwi sediments over the past 530,000 years. Over this interval, hydrology in 

the region is driven by a complex interplay of orbital forcing and glacial-interglacial 

boundary conditions. Lake level was generally much lower between 50 and 300 ka, likely 

due to the redistribution of rainfall from the tropics to the subtropics, driven by 

eccentricity's amplification of precession. Consequently, the Holocene highstand at the 

lake was both larger and longer lived than the maximum highstand during the LIG. 

Annual layers were continuously deposited through the LIG in Lake Bosumtwi, 

and I also present a new, 12,100 year-long, varve record spanning the interval from 128.6 

to 116.5 ka. Over the course of the LIG, lake level generally tracks sea surface 

temperatures (SST) in Gulf of Guinea, including an abrupt drop in lake level that lasted 

about 500 years ca. 118 ka, coincident with cool SSTs in the North Atlantic and severe 

aridity in Europe. I find that the despite the generally drier conditions, hydrology varied 
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on similar timescales as the late Holocene, with pronounced multidecadal to centennial-

scale variability with non-stationary periodicities. 

I also investigate the contribution of ocean thermal expansion to sea level rise 

during the LIG, using a synthesis of paleoceanographic data and a climate model 

simulation. Globally, LIG SSTs were similar to, or slightly cooler than late Holocene 

SSTs, with the exception of the North Atlantic, which was several degrees warmer. 

Consequently, thermal expansion was likely a minor component of sea level rise during 

the interval, explaining between -0.3 and 0.4 m. of the 6 to 8 m highstand. Lastly, I tested 

the potential of Raman spectroscopy as a new, non-destructive technique to rapidly 

measure oxygen isotopic ratios in carbonates at extremely high resolution. Analyses on a 

suite a synthetic calcites indicate that 18O/16O  ratios can be measured directly from the 

Raman spectra and have a 1:1 correspondence with traditional mass-spectrometry 

measurements. At present, the technique does not have the precision necessary to record 

natural variability, although there is considerable potential for improving the precision of 

the technique.
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1. INTRODUCTION

One of the greatest challenges of the 21st century will be mitigating and adapting 

to global climate change. As concentrations of greenhouse gases continue to build up, ice 

caps continue melting, and atmospheric and ocean temperatures continue to rise, Earth's 

climate system will be subjected to forcings and boundary conditions outside the range of 

observed climate variability. A robust, physically-based understanding of the climate 

system is therefore a prerequisite for anticipating global, and more challengingly, 

regional climate impacts. The relative brevity of the instrumental record limits our 

capacity to understand some aspects of natural climate variability, primarily the nature of 

long-term (decadal-scale and longer) variability, and the system's response to changes in 

forcing that are outside the limited range of variability in recent decades to centuries. 

Herein lies a key role of paleoclimatology: to extend the instrumental record to capture a 

wider range of natural variability, and to document the climate system's response to past 

changes that have no modern analog. This Earth system forcing and response approach to 

paleoclimatology requires continuous, well-dated, and high-resolution records, especially 

when we want to know how dramatic changes affect climate on human timescales. 

The integration of paleoclimate records are critical for understanding long-term 

climate dynamics and providing insight into future change in sub-Saharan West Africa. 

The region is prone to abrupt and prolonged drought; the “Sahel Drought” of the late 20th 

century began unexpectedly in the late 1960's and lasted for decades (Nicholson, 2001). 

The severity of the drought was greater than what was previously thought possible; to 
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illustrate, annual precipitation totals for the region for every year from 1970 to 1997 were 

below the 100-yr mean (Nicholson and Webster, 2007). Subsequent research has linked 

the decadal- to multidecadal-scale variability in West African hydrology to slow-varying 

changes in the meridional structure of sea surface temperatures in tropical and subtropical 

Atlantic Ocean (Lamb, 1978; Fontaine and Jacinot, 1996; Janicot et al., 2001; Camberlin 

et al., 2001; Nicholson and Grist, 2007). The instrumental record in the region is far too 

short (< 100 yrs; Nicholson, 2001) to capture such long term variability, so using high-

resolution paleoclimate records to extend the instrumental record in region (e.g., 

Shanahan et al., 2009) is necessary to understand the dynamics of drought in the region.

Considerable uncertainty remains in projections of future change for sub-Saharan 

West Africa. Precipitation variability in the region is controlled by the complex dynamics 

of the West African Monsoon (WAM). Unlike convective precipitation in other equatorial 

and monsoonal regions, the West African monsoon is not driven by the convergence of 

moist southwesterly monsoonal flow and the Intertropical Convergence Zone (ITCZ), but 

rather, by the interaction of upper-level circulation and jets with low level moisture 

transport (Nicholson, 2009; Pu and Cook, 2010; 2012). This complexity, and the 

importance of small-scale features not resolved in many climate models, such as the West 

African Westerly Jet, is part of the reason why most climate models do not simulate a 

realistic West African Monsoon, both over the 20th century and in the mid-Holocene 

(Cook and Vizy, 2006; Randall et al., 2007; Christensen, 2007; Pu and Cook, 2010, 

Rodriguez-Fonseca et al., 2011). Only 4 of the 18 climate models in the Fourth 

Assessment Report (AR4) of the Intergovernmental Panel on Climate Change (IPCC) 
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demonstrated reasonably realistic simulations of the WAM during the second half of the 

20th century (Cook and Vizy, 2006). Furthermore, Rodriguez-Fonseca et al. (2011) 

concluded that, in general, the IPCC AR4 models did not accurately simulate the tropical 

SST teleconnections that drive both interannual and decadal variability of the WAM. 

Even among models that performed reasonably well in the 20th century, projections for 

the 21st century vary wildly (Cook and Vizy, 2006).

Taken together, the short instrumental record in a region dominated by long-term 

variability and the uncertainty of future projections for the region highlights the potential 

of paleoclimatology to bolster our understanding of climate in the region. Unfortunately, 

continental West Africa is one of the most data-poor regions in the world, both over the 

past two thousand years (cf., Mann et al., 2008) and during the past glacial period (cf., 

Blome et al., 2012). The primary focus of this dissertation is using lake sediments from 

Lake Bosumtwi in southern Ghana to improve our understanding of climate variability in 

the region, and to gain insight into future change in sub-Saharan West Africa.

 Lake Bosumtwi occupies a 1.08 +/- 0.04 Ma (Koeberl et al., 1997; Jourdan et al., 

2009) meteorite-impact crater located in southern Ghana (6°30' N, 1°25' W) 

approximately 150 km north of the Gulf of Guinea (Figure 1). The lake has no outlet and 

is isolated from the groundwater table (Turner et al., 1996). Furthermore, the lake surface 

occupies about 50% of surface area of the 11-km-diameter impact crater (Turner et al., 

1996). These features make lake level extremely sensitive to changes precipitation and 

evaporation, and lake level responds to interannual and decadal-scale changes in 

precipitation (Shanahan et al., 2007). 
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Lake Bosumtwi has been recognized as a valuable archive of past hydrologic and 

environmental change in West Africa since the 1970's. Seminal work by Talbot and 

Delibrias (1977) revealed large changes in lake level during the past 12 kyr recorded by 

terraces and sediments exposed by river cuts. This led to a series of studies on sediment 

cores taken from the lake and the geomorphology of the lake basin. Pollen studies 

revealed that arboreal forests, which were abundant in the region during the Holocene, 

were scarce in the region during the end of the last glaciation (Maley and Livingstone, 

1983; Talbot et al., 1984; Maley 1987, 1991). Paleoecological studies from the lake also 

indicated a decrease in the tropical forests around the lake in the late Holocene (Maley 

1997; 2002). These changes in paleoecology are consistent with geochemical evidence 

(elemental C and N, as well as δ13C and δ15N), which suggested a much lower lake level 

between 30 and 12 ka, and an extremely wet interval between 12 and 3 ka, before 

dropping to intermediate conditions in the late Holocene (Talbot and Johannessen, 1992; 

Russell et al., 2003). The extremely wet early to mid Holocene period  corresponded to a 

distinct interval in the sediment, termed the “sapropel” by Talbot et al. (1984). The 

interval is extremely rich in organic material (organic carbon 15-20%), and poor in clastic 

minerals, and contains an important component of the filamentous blue-green algae 

anabeana (Talbot et al., 1984). Terraces, highstand deposits and an overflow notch 

indicate that the lake was very high, and occasionally overflowing during the deposition 

of this layer (Talbot and Delibrias, 1977, 1980; Shanahan et al., 2006). Lastly, Talbot and 

Kelts (1986) investigated the mineralogy and geochemistry of carbonates formed in the 

water column or surface sediments of the lake. This work highlighted the extreme 
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variability in both mineralogy and the δ13C and δ18O of carbonates in the sediment 

sequence.

Recently, a second phase of research has begun on the lake. One goal of this 

research was to conduct further analysis on sediment cores from the the lake, using new 

approaches to better understand recent variability. For example, recent studies have taken 

advantage of the annual laminations (varves) persistent through the late Holocene to 

reconstruct regional hydrology with unprecedented resolution. This culminated in a 2700-

yr-long varve record that revealed pronounced mulitdecadal to century-scale variability in 

regional hydrology associated with changes in Atlantic SSTs and the Atlantic 

Multidecadal Oscillation (Shanahan et al., 2009). Peck et al. (2004) examined the mineral 

magnetic characteristics of the sediments over a longer time period to reveal intervals 

with abundant iron sulfide minerals associated with drought. These intervals are 

associated with cold events in the North Atlantic (the Younger Dryas and Heinrich events 

1 and 2), indicating that millennial-scale fluctuations in North Atlantic SSTs and glacial 

boundary conditions also influence hydrology at the lake. The other goal of this second 

phase of research was to use drill cores to extend the sedimentary record through the 

entire million-year history of the lake (Koeberl et al., 2005; Peck et al., 2005). Work 

towards this goal is the primary focus of this dissertation, and a high-resolution record 

from lake extending back 530,000 years is presented in Appendix A.

A particularly useful feature of Lake Bosumtwi is that throughout most of its 

history, the lake preserved finely laminated varves. One varved interval of particular 

interest corresponds to the Last Interglacial period (LIG). The LIG (roughly equivalent to 
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the Eemian, or Marine Isotope Stage 5e), which occurred from about 128 to 118 ka, is an 

interesting period to study for several reasons; first, it's the most recent analog to the 

Holocene, with generally similar conditions, although differences in the orbital 

configuration resulted in altered insolation forcing, especially seasonally (Berger and 

Loutre, 1991). It is often considered a partial analog for future climate, because global 

mean temperatures were slightly warmer (0-2°C; Turney and Jones, 2010; McKay et al., 

2011) and sea level was 6-8 m higher than preindustrial conditions (Hearty et al., 2007; 

Kopp et al., 2009), although global CO2 (and other GHG) concentrations were far below 

modern and projected future concentrations (270-290 ppm; Luthi et al., 2008). The 

largest difference in forcing relative to the Holocene during the LIG is the change in 

seasonal forcing due to the amplification of the precession cycle by eccentricity (Berger 

and Loutre, 1991). This resulted in a more than 30 W m-2 increase in Northern 

Hemisphere summer insolation, and a corresponding decrease in Southern Hemisphere 

winter insolation at the height of the interglacial, ca. 124 ka. This drove warmer 

temperatures in the Northern Hemisphere, especially on land during the summer (Turney 

and Jones, 2010). The northern Hemisphere is consistently projected to warm faster in the 

future than the southern Hemisphere in all seasons, and especially on land (Meehl et al., 

2007). More regionally, Weldeab et al., (2007) show that the SST in the Gulf of Guinea 

was generally warmer during the LIG than the Holocene, which is also a robust feature of 

GCM projections for the 21st century (Cook and Vizy, 2006). The Lake Bosumtwi record 

offers the rare opportunity to investigate past climate variability with annual resolution 

during this particularly interesting interval; these results are presented in Appendix B. 
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Another aspect of the LIG that is relevant to future climate change is that it was 

the last interval with substantially higher-than-modern sea level (6-8 m above modern; 

Hearty et al, 2007; Kopp et al., 2009). Sea level rise is one of the major socio-economic 

hazards associated with global warming, however expected contributions of the different 

components of sea level rise (i.e., ocean thermal expansion, melting of glaciers, and 

wasting of the Greenland and Antarctic Ice Sheets) are poorly understood. For example, 

estimates and projections of the thermal expansion component of sea level rise during the 

21st century vary from 20 to 70% of total sea level rise over the 21st century (Meehl et al., 

2007; Pfeffer et al., 2008; Vermeer and Rahmstorf, 2009). The sea level highstand during 

the Last Interglacial offers one approach to improve understanding of the relative 

contributions of the different sources of sea level rise. Previous work has made it clear 

that the majority of the sea level rise originated from melting of the Greenland Ice Sheet 

(GIS) and the Antarctic Ice Sheets (Otto-Bliesner et al., 2006; Kopp et al., 2009; Clark 

and Huybers, 2009), but the role of thermal expansion has not been carefully examined. 

In Appendix C, we combine analyses of paleoceanographic records and global climate 

model simulations to better constrain the amount of thermal expansion that occurred 

during the LIG sea-level highstand.

High-resolution paleoclimatology is a rapidly-developing field. A critical aspect 

of progress in the field is the development of new techniques that allow high-resolution 

and rapid acquisition of paleoclimate archive data. Variability in oxygen isotope ratios is 

among the most widely used indicators of environmental change, and is a primary 

paleoclimate proxy for ice cores, corals, speleothems, soils, and marine and lacustrine 
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sediments. For most of these archives, δ18O is measured on carbonate minerals, typically 

using a stable isotope mass spectrometer. Recently, laser-based optical approaches, such 

as wavelength-scanned cavity ring-down spectroscopy (WS-CRDS), are allowing for 

more rapid, and portable, isotopic analysis. Raman spectroscopy is a technique that relies 

on the interaction of light with a molecule to infer information about the vibrational 

modes of the molecule. The shifts in energy resulting from excitation of the vibrational 

modes result in a corresponding shift in the wavelength of the  monochromatic light 

(usually a laser) used to excite the sample. This is termed a “Raman shift” and the 

resulting spectrum of Raman shifts and their intensities corresponds to the energies of the 

stretching modes in the molecule. In carbonates, the symmetric stretching mode of the 

oxygen atoms about the carbon atom forms a distinct Raman peak, and the Raman shift is 

different for carbonate molecules with one (or more) 18O atom, than for those with three 

16O atoms. It is therefore theoretically possible to quantify the relative abundance of the 

different molecule types, and calculate δ18O. If the technique works with sufficient 

precision and accuracy, it would be extremely useful in high-resolution paleoclimatology. 

Raman spectroscopy is rapid, non-destructive, and can be performed at a resolution on 

the order of 1 micron. Such a device could even be made portable. Investigation into the 

potential and utility of the technique is presented in Appendix D.
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2. PRESENT STUDY

The methods, results and conclusions of this study are presented as four papers 

formatted for publication in professional journals. All papers are coauthored, and I am 

senior author on all four manuscripts. The following is a brief summary of the most 

important findings in this dissertation.

The majority of the research presented in this dissertation has stemmed from my 

work on the Lake Bosumtwi sediment cores, the primary focus of my work as a student at 

the University of Arizona. In the first study (Appendix A), we present the first 

continuous, high-resolution terrestrial record of sub-Saharan paleohydrological variability 

for the past 530,000 years; a sediment geochemical record from Lake Bosumtwi in 

southern Ghana (6°30' N, 1°25' W). In the study, we used the abundance of terrigenous 

elements in the sediment, as well as the mineralogy and isotope geochemistry of 

carbonates formed in the lake to infer past changes in lake level and hydrology in the 

region. Over the past 530 ka, moisture balance at the lake is driven by a complex 

interplay of orbital forcing and glacial-interglacial boundary conditions. The 400-kyr 

component of orbital eccentricity drove a more arid background state at the lake between 

300 and 100 ka, likely due to the amplification of precession and the redistribution of 

tropical moisture to more subtropical regions. On glacial-interglacial timescales, lake 

level displays a positive relationship with the 100-kyr component of eccentricity, such 

that interglacial periods are generally less arid than glacial periods, likely due to the 

influence of warmer north Atlantic SSTs during interglacial periods. The influence of 



22

Atlantic SSTs is apparent on millennial-timescales as well. Over the past 130 kyr, cold 

periods recorded in Greenland ice cores (NGRIP 2004; Wolff et al., 2010), especially 

those associated with to Heinrich Events, consistently correspond to low lake level at 

Lake Bosumtwi. Six multi-millennial scale intervals of extreme aridity were recorded in 

the sediments during the past 530 ka, all during the eccentricity-high interval from 300-

50 ka. These events generally occurred during times of similar orbital and glacial 

boundary conditions, that is, deep glacial conditions and local summer insolation minima. 

Two of the intervals represent abrupt drying from wetter-than-average conditions, and 

were immediately preceded and followed by intervals of high lake level. The transitions 

into and out of these two intervals occurred rapidly, on the order of decades to centuries, 

although the origin of these arid excursions remains unclear.

 In Appendix B we present a new 12,100-year-long varve record for the Last 

Interglacial (LIG) at Lake Bosumtwi, spanning the interval from 128.6 to 116.5 ka. We 

use the abundance of terrigenous elements in the sediment, varve thickness, and the 

isotope geochemistry and mineralogy of authigenic carbonates in the sediment to infer 

changes in lake level during the interval. The LIG peak highstand was both lower and 

shorter-lived than the prolonged highstand in the early Holocene, and unlike the 

Holocene, the evidence suggests the lake never overflowed during LIG. This result is 

consistent with those from Appendix A, which indicated generally drier conditions during 

intervals of high eccentricity (on the 400-kyr timescale). In other respects, the LIG and 

the Holocene were similar. Both interglacials had two distinct millennial-scale intervals 

of higher lake level that occurred during times of precession-driven insolation maxima in 
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July and October, corresponding to the two rainy seasons in the modern climatology. 

Over the course of the LIG, lake level generally tracks sea surface temperatures (SST) in 

the Gulf of Guinea (Weldeab et al., 2007), including an abrupt drop in lake level that 

lasted about 500 years ca. 118 ka, corresponding to cooling in the Gulf of Guinea and 

much of the North Atlantic (e.g., Lehman et al., 2002; Oppo et al., 2006) during the 

interval. The timing and duration of the event are comparable to the Late Eemian Aridity 

Pulse (LEAP) that is observed at several European sites (Sirocko et al., 2005; Seelos and 

Sirocko, 2007) and has been interpreted to result from abrupt cooling in the North 

Atlantic, and possibly a reduction of Atlantic meridional overturning circulation 

(AMOC). A reduction in AMOC, and a cooling of North Atlantic would likely result in 

aridity in West Africa (Street-Perrott and Perrot, 1990; Chang et al., 2008; Mulitza et al., 

2008; Shanahan et al., 2009) so the aridity ca. 118 ka is the first indication that the LEAP 

occurred in Africa as well as Europe. 

Further analysis of the Last Interglacial period is presented in Appendix C. In this 

study we produced the first quantitative estimate of the thermosteric component of LIG 

sea level rise. To do this, we compiled paleoceanographic data and used a coupled 

atmosphere-ocean climate model simulation to examine global SSTs during the height of 

the LIG sea level highstand, which was 6 to 8 meter higher than present (Hearty et al., 

2007; Kopp et al., 2009). The paleoceanographic data suggest a peak LIG global sea 

surface temperature (SST) warming of 0.7±0.6°C compared to the late Holocene. Our 

LIG climate model simulation suggests a slight cooling of global average SST relative to 

preindustrial conditions (ΔSST = -0.4°C), associated with a reduction in atmospheric 
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water vapor in the Southern Hemisphere driven by a northward shift of the Intertropical 

Convergence Zone, and substantially reduced seasonality in the Southern Hemisphere. 

Taken together, the data suggest a small contribution of thermal expansion during the 

interval; it is unlikely that thermosteric sea level rise exceeded 0.4±0.3 m during the LIG. 

This constraint, along with estimates of the sea level contributions from the Greenland 

Ice Sheet (Otto-Bliesner et al., 2006), glaciers and ice caps (Radić and Hock, 2010), 

implies that 4.1 to 5.8 m of sea level rise during the Last Interglacial period was derived 

from the Antarctic Ice Sheet.

The final study, Appendix D, investigates the potential for using Raman 

spectroscopy to measure 18O-16O oxygen isotopic ratios in carbonates. To do this, we 

synthesized a suite of isotopically-enriched calcite crystals ranging in composition from 

natural (0.2% 18O) to six-times-natural abundance  (1.2% 18O). We determined the 

Raman-inferred isotopic ratios (RRaman) of individual crystals by fitting pseudoVoigt 

curves to the ν1 symmetric stretching peak at 1086 cm-1 and the smaller satellite peak, 

associated with the ν1 stretching mode of singly-substituted carbonate groups (C16O2
18O) 

at 1065 cm-1. The ratio of the two numerically-integrated peak areas shows a 1:1 

correspondence with the 18O/16O ratios measured by water and carbonate mass 

spectrometry, confirming that the relative intensities of the ν1 symmetric stretching peaks 

is a direct measure of the isotopic ratio in the carbonates. The 1-sigma uncertainties of the 

RRaman values of the individual crystals were 0.00079 (384‰ PDB), and 0.00043 (210‰ 

PDB) for the 4-crystal sample means. Although this level of uncertainty is too high to 

detect natural variability, there are multiple prospects for improving the precision of the 
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technique. Carbon isotope ratios in carbonates cannot be measured by this approach, 

however our results do highlight the potential of Raman-based mass spectrometry for C 

and other elements in minerals and organic compounds, such as calcium oxalates.
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Figure 1. Site map of the Lake Bosumtwi crater, modified from Shanahan (2006). Solid 
gray lines show bathymetry (10 m contour). Dashed line indicates crater rim. Inset: 
location of Lake Bosumtwi in southern Ghana, West Africa. 
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Abstract

The West African Monsoon (WAM) system is an important component of the 

global climate system. It is also the primary source of moisture for millions of people in 

sub-Saharan Africa. The region is prone to decadal to multi-decadal droughts and pluvials 

associated with slow changes in Atlantic sea surface temperatures (SSTs). The 

instrumental climate record is too short to understand natural variability in the WAM, let 

alone how it responds to large changes in global climate. Here we present the first, high-

resolution terrestrial record of sub-Saharan paleohydrological variability for the past 

530,000 years; a sediment geochemical record from Lake Bosumtwi in southern Ghana 

(6°30' N, 1°25' W). The abundance of terrigenous elements in the sediment, as well as the 

mineralogy and isotope geochemistry of carbonates formed in the lake, are both sensitive 

to changes in lake level, and reveal a dynamic history of hydrologic variability over the 

past 530 kyr. Hydrology in the region is driven by a complex interplay of orbital forcing 

and glacial-interglacial boundary conditions. The 400-kyr component of eccentricity 

drove a more arid background state at the lake between 300 and 100 ka, likely due to the 

amplification of precession and the redistribution of tropical moisture to more subtropical 

regions. On glacial-interglacial timescales, lake level displays a positive relationship with 

the 100-kyr component of eccentricity, such that interglacial periods are generally less 

arid than glacial periods, likely due to the influence of warmer north Atlantic SSTs during 

interglacial periods. The competing roles of local insolation forcing and North Atlantic 

boundary conditions are apparent over the past 150 kyr on a latitudinal transect of records 

sensitive to West African hydrology. During that interval, more northerly sites in West 



36

Africa are more sensitive to obliquity and North Atlantic temperatures, whereas more 

southerly sites respond more to local insolation and precession forcing. The extent of the 

competing impacts changes with the amplitude of local insolation forcing, as larger 

swings in precession before 70 ka had a more widespread impact on West African 

climate. Six multi-millennial scale intervals of extreme aridity were recorded in the 

sediments during the past 530 ka, all during the eccentricity-high interval from 300-50 

ka. These events are generally associated with deep glacial conditions and local summer 

insolation minima, and in two cases, were immediately preceded and followed by 

intervals of high lake level. The transitions, both into and out of the arid intervals, appear 

to be rapid, occurring on the order of centuries or less, although the underlying climate 

dynamics of these transitions remains uncertain.     

1. Introduction

The tropics are the heat engine of global climate, and tropical monsoon systems 

play a critical role in distributing moisture and energy (Wallace and Hobbs, 2006; Chang 

et al., 2011). The tropics also initiate, modulate and interact with both natural and 

anthropogenic climate change (Peterson et al., 2000; Visser et al., 2003; Hoerling and 

Kumar, 2003; Wang et al., 2007; Lu et al., 2009). Much of observed variability in tropical 

monsoon systems has been associated with slow-varying changes in the tropical oceans 

(Lamb, 1978; Fontaine et al., 1998; Janicot et al., 2001; Cook and Vizy, 2001; Nicholson 

and Webster, 2007); however the terrestrial instrumental records are too short to 

understand natural variability in the monsoon systems, let alone their response to abrupt 
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changes. The paleoclimatic history of continental tropics are particularly poorly 

understood when compared to the oceans and higher latitudes, both in terms of low-

frequency climate variability and abrupt change. This is largely because of the lack of 

long, continuous records comparable to ice and ocean sediment cores, and because of the 

lack of well-constrained age models. Recently, records from the Cariaco Basin (Peterson 

et al., 2000; Yarinik et al., 2000;  Hughen et al., 2004), Lakes Malawi (e.g., Cohen et al., 

2007; Brown et al., 2007; Johnson et al., 2011;  Stone et al., 2011) Challa (Verschuren et 

al., 2009; Moernaut et al., 2010) and Tanganyika (Tierney et al., 2008), and South 

American speleothems (Cruz et al., 2005; Cruz et al., 2009; Kanner et al., 2012) have 

broadened our perspective of how tropical climate has varied on long timescales, 

responds to (and possibly forces) abrupt change in the North Atlantic, and is modulated 

by orbital variability. 

New, long drill records from lakes in both East and West Africa, including initial 

results from Lake Bosumtwi,  suggest that severe aridity was much more common on the 

continent between 135 and 75 ka than from 75 to 0 ka (Scholz et al., 2007). Nevertheless, 

the long-term climatic history of tropical West Africa, and the past response of the West 

African Monsoon (WAM) to extreme climate changes remain poorly understood, which 

is of particular concern given the region's vulnerability to drought, and considerable 

uncertainty about how continued climate change will affect the hydrology of sub-Saharan 

Africa (Cook and Vizy, 2006). The continuous, high-resolution sediment sequence from 

Lake Bosumtwi, offers the first opportunity to use a terrestrial record to investigate how 

West Africa responds to orbital forcing and glacial boundary conditions over the past 
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million years (Peck et al., in prep). 

1.1 Setting

Lake Bosumtwi is a 1.08 +/- 0.04 Ma (Koeberl et al., 1997; Jourdan et al., 2009) 

meteorite-impact crater lake located in southern Ghana (6°30' N, 1°25' W; Figure A1). 

The crater is the youngest and best preserved complex impact structure on Earth (Koeberl 

and Milkereit, 2007). The modern lake is about 8 km in diameter, and fills about half of 

crater area, so the majority (80%) of the annual water input to the lake comes from 

rainfall directly on the surface (Turner et al., 1996a). The steep sides of the crater and 

depth of the lake (76 m) promote semi-permanent stratification of the water column; the 

upper 35 m overturn seasonally, however the lake does not mix below 35 m depth 

(Almond and Hecky, 2000). Consequently, the bottom waters are anoxic, and sediments 

preserve finely laminated varves. Lake level is sensitive to changes precipitation and 

evaporation, and responds to intraannual to decadal-scale changes in precipitation, 

varying by more than a meter seasonally, and falling more than 2 m during the “Sahel 

Drought” from 1970-2000 (Shanahan et al., 2007). Sediment physical properties and the 

stable isotope geochemistry of carbonates precipitated in the lake are sensitive to lake 

level (Talbot and Delibrias, 1977; Talbot and Kelts, 1986; Peck et al., 2004; Shanahan, 

2006; Scholz et al., 2007; Shanahan et al., 2009). This study focuses on the upper 160 

meters of the longest sedimentary drill core from the lake. 
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1.2 Regional Climatology

The annual migration of the tropical rainbelt over Guinea Coast drives a bimodal 

distribution of annual precipitation, with peak rainfall occurring in May-July and a 

smaller peak from September-October (Nicholson, 2009) (Figure A2). Wind speed and 

direction in the region is also seasonal, and are controlled by the position of the 

Intertropical Convergence Zone (ITCZ). In the boreal summer the ITCZ is positioned 

north of the lake over the Sahel and Sahara, and the monsoonal southwesterlies peak in 

August. The winds drive upwelling off the Guinea Coast, cooling the Gulf of Guinea and 

the Guinea Coast region to its annual minimum (Shanahan, 2006). This reduces 

evaporation and stabilizes the atmosphere, suppressing convection in the region (Moron, 

1994, Opoku-Ankomah, 1994). During the boreal winter the ITCZ is positioned near the 

Guinea Coast, wind speed is reduced, and warm, aerosol-rich northeasterly 'Harmattan' 

winds are common. Temperatures are highest during this season (~28°C at Kumasi; 

Shanahan, 2006).  Dust supplied to the region by these winds has been shown to be a 

substantial component of Ghanaian soils (He et al., 2007) and solute load in Lake 

Bosumtwi (Turner et al., 1996b). 

Precipitation variability in West Africa is strongly influenced by the distribution of 

sea surface temperatures (SSTs), particularly in the tropical Atlantic (Lamb, 1978; Janicot 

et al., 2001), but also in the eastern Mediterranean (Rowell, 2003), and tropical Pacific 

(Rowell, 2001; Janicot et al., 2001). Two modes of variability in the tropical Atlantic 

have been linked to West African precipitation. The equatorial zonal mode, termed 

“Atlantic Niños” (Zebiak, 1993) is primarily associated with interannual variability, and 



40

the warm phase of the mode drives increased convection and precipitation over the 

Guinea Coast (Moron, 2001). The pronounced decadal variability in West African rainfall 

has been associated with the meridional mode, which controls the cross-equatorial SST 

and pressure gradient during the boreal summer (Fontaine and Jacinot, 1996; Camberlin 

et al., 2001; Nicholson and Grist, 2007). This sea-level pressure gradient influences the 

strength and position of the mid-level African Easterly Jet (AEJ), which along with the 

strength and position of the upper level Tropical Easterly Jet (TEJ), control the intensity 

and position of deep convection during the monsoon season (Nicholson and Webster, 

2007; Nicholson, 2008; 2009a; Dezfuli and Nicholson, 2011).  Upper atmospheric 

circulation modulates interannual variability in the convective conditions, whereas 

moisture is primarily derived from lower level in the atmosphere. There are two sources 

of low-level moisture for the WAM: the southerly monsoonal flow, and a distinct, low-

level westerly jet originating off the coast of West Africa near the Atlantic ITCZ, which 

was identified by Grodsky et al. (2003). This low-level jet has been termed the West 

African Westerly Jet (WAWJ), and recent work suggests that it is critical in driving 

interannual and decadal variability in precipitation in the Sahel (Pu and Cook, 2010; 

2012). 

Past hydrologic changes in the region have been related to interhemispheric 

Atlantic SST patterns as well. Shanahan et al., (2009) showed that lake level at Lake 

Bosumtwi was tied to the Atlantic Multidecadal Oscillation (AMO) over the past 2700 

years. Cold intervals in the North Atlantic have been associated with extremely dry 

conditions in much of West Africa, most notably during Heinrich 1 (Stager et al., 2011); 
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although similar conditions have been observed in both terrestrial and marine proxies 

throughout the past 100 ka (Peck et al., 2004; Weldeab et al., 2007; Mulitza et al., 2008; 

Tjallingii et al., 2008; Castañeda et al., 2009;  Itambi et al.; 2009).

1.3 Past work on Lake Bosumtwi

Lake Bosumtwi has been recognized as a valuable archive of past hydrologic and 

environmental change in West Africa since the 1970's. Seminal work by Talbot and 

Delibrias (1977) revealed large changes in lake level during the past 12 kyr recorded by 

terraces and sediments exposed by river cuts. This led to a series of studies on sediment 

cores taken from the lake and the geomorphology of the lake basin. Pollen studies 

revealed that arboreal forests, which were abundant in the region during the Holocene, 

were scarce in the region during the end of the last glaciation (Maley and Livingstone, 

1983; Talbot et al., 1984; Maley 1987, 1989, 1991). Further studies suggested that the 

tropical forests of the early Holocene abruptly declined ca. 3 ka (Maley, 1997; 2002). 

These changes in paleoecology are consistent with geochemical evidence (elemental C 

and N, as well as δ13C and δ15N), which suggested much lower lake levels between 30 and 

12 ka, and an extremely wet interval between 12 and 3 ka, before dropping to 

intermediate conditions in the late Holocene (Talbot and Johannessen, 1992; Russell et 

al., 2003). The extremely wet early to mid Holocene period corresponded to a distinct 

interval in the sediment, termed the “sapropel” by Talbot et al. (1984). The interval is 

extremely rich in organic material (organic carbon 15-20%), and poor in clastic minerals, 

and contains an important component of the filamentous blue-green algae anabeana 
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(Talbot et al., 1984). Terraces, highstand deposits and an overflow notch indicate that the 

lake was very high, and occasionally overflowing during the deposition of this layer 

(Talbot and Delibrias, 1977, 1980; Shanahan et al., 2006). Lastly, Talbot and Kelts (1986) 

investigated the mineralogy and geochemistry of carbonates formed in the water column 

or surface sediments of the lake. This work highlighted the extreme variability in both 

mineralogy and the δ13C and δ18O of carbonates in the sediment sequence.

A second phase of research on the lake began around the turn of the 21st Century, 

with two major emphases.  One goal of this research was to conduct further analysis on 

sediment cores from the the lake, using new approaches to better understand recent 

variability. For example, taking advantage of the annual laminations (varves) persistent 

through the late Holocene to reconstruct regional hydrology with unprecedented 

resolution. This culminated in a 2700-yr-long varve record that revealed pronounced 

mulitdecadal to century-scale variability in regional hydrology associated with changes in 

Atlantic SSTs and the Atlantic Multidecadal Oscillation (AMO; Shanahan et al., 2009). 

Peck et al. (2004) examined the mineral magnetic characteristics of the lake to reveal 

intervals with abundant iron sulfide minerals associated with drought. These intervals are 

associated with cold events in the North Atlantic (the Younger Dryas and Heinrich events 

1 and 2), indicating that millennial-scale fluctuations in North Atlantic SSTs and glacial 

boundary conditions also influence hydrology at the lake. High-resolution seismic-

reflection data from the lake revealed pronounced, dense layers corresponding to lake 

lowstands (Scholz et al., 2002; Brooks et al., 2005). The primary goal of this second 

phase of research was to use drill cores to extend the sedimentary record through the 
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entire million-year history of the lake (Koeberl et al., 2007). Initial results from the long 

drill cores identified several intervals of severe aridity between 75 and 135 ka, including 

the presence of a thick, dense unit at 32 m in the drill cores that corresponds to a lake 

wide seismic unconformity (Brooks et al., 2005), and likely resulted from nearly 

complete dessication of the lake (Scholz et al., 2007). In this study, we examine the 

geochemistry of the upper 160 m of the 296-m sediment sequence at cm-scale, extending 

the drill core record to 530 ka.

2. Methods

2.1 Lake Drilling and core processing

In July and August of 2004, the global lake drilling system (GLAD-800) was used 

to recover 12 sediment cores from five core sites along a depth transect in the lake 

(Figure A3). This study focuses on the 296-m-long core from deep-water (76 m) site 5 

(core BOS04-5B), which extends from the present-day lake floor to the brecciated 

bedrock, and includes a basal sediment  layer of impact-glass bearing accretionary lapilli. 

This layer corresponds to the final fallback of material following the meteorite impact, 

indicating that the record spans the entire 1.08 Myr history of lacustrine sedimentation at 

the lake. After drilling, the cores were shipped to the University of Rhode Island, where 

they were split, and described, then imaged and analyzed using a Geotek® multi-sensor 

core logger for a suite of magnetic and physical parameters. The paleomagnetic 

parameters of the sediments were measured on U-channels taken central axis of the split 

core sections (Heil et al., in prep.). The cores were sampled at 4-cm-resolution for the 
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analysis of sediment magnetic hysteresis, x-ray diffraction mineralogy, total organic and 

inorganic carbon content, bulk organic carbon and nitrogen isotopes, and grain size. Core 

logging and physical sediment properties were used to integrate the depth scales for the 

three drill cores from site 5 (BOS04-5A,B&C) into a relative mean core depth (RMCD; 

pers. comm. C. Heil).   

2.2 Geochronology

The uppermost 22 m (RMCD) of the drill core have been dated by 155 

radiocarbon and low-blank radiocarbon ages, as well as varve counts in both late 

Holocene and late Pleistocene intervals (Shanahan et al., submitted). The majority of 

these ages were measured on piston cores that have been tied into the RMCD scale 

(Shanahan et al., submitted). Beyond the limit of radiocarbon dating the age model is 

more uncertain; however, we have employed multiple, independent dating techniques to 

constrain the timing of sediment deposition in the lake. Optically stimulated 

luminescence (OSL) ages were determined in collaboration with S. Forman at the 

University of Illinois, Chicago (Shanahan et al., in prep). To avoid age underestimates 

that can be associated with anomalous fading of feldspars, we relied on the post-infrared, 

blue-light response that is mainly associated with quartz (Banerjee, 2001). Furthermore, 

the ages were also corrected for downcore variability in porosity, organic matter and 

biogenic silica content, which affect the dose rate (Forman et al., 2007).  OSL ages 

between 0 and 50 ka were generally in agreement with radiocarbon age estimates (Figure 

A4). Below about 60 RMCD (130 ka), measured OSL samples were at or near saturation, 
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and provide only minimum ages, making this the effective limit of the technique for the 

drill core.

U-Th dating of authigenic carbonates in the sediments provide additional age 

control; however the challenges associated with cleaning and mechanically separating the 

fine layers of carbonate to remove detrital Th limits both the precision and capacity of 

measuring sediments from deep in deep-water core 5B. Carbonate nodules found in 

shallow-water cores are easier to analyze, and more consistently yield usable ages. U-Th 

ages from core site 1 are tied into the site 5 chronology by correlating the down-hole 

natural gamma logs between the sites (Shanahan et al., in prep).

     Paleomagnetic properties of the sediments were used to identify the 

Brunhes/Matuyama and Upper Jaramillo geomagnetic reversal boundaries (Heil et al., in 

prep). The ages of these events are well known (781 +/- 3 and 988 +/- 3 ka; Horng et al., 

2002), and constrain the chronology deep in the drill core. Finally, the timing of the 

meteor impact, and therefore the base of the sediment sequence, has been dated by 40Ar-

39Ar and fission track techniques (Koeberl et al., 1997) to 1.08 +/- 0.04 Ma (Jourdan et 

al., 2009).

2.3 Scanning X-Ray fluorescence analysis

The bulk elemental abundance of the upper 159 meters of core BOS04-5B was 

analyzed using the Itrax® scanning x-ray fluorescence (XRF) analyzer at the Large Lake 

Observatory at the University of Minnesota, Duluth. The archive halves of split sediment 

cores were analyzed at 1-cm-resolution, with 60 sec count times and a Mo x-ray source 
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operated at 30 kV and 20 mA. The Itrax was also used to generate digital x-radiographs 

with 200-μm-resolution in the downcore direction for each of the core segments.   

2.4 Carbonate isotope geochemistry

Carbonate mass spectrometry samples have not been measured systematically in 

core 5B, however, high-resolution samples in varved intervals between 60.7 - 57.6 

(Appendix B) and 1.5 – 0 RMCD (Shanahan, 2006; Shanahan et al., 2009), as well as 

bulk sediment samples taken from carbonate-rich intervals, primarily above 50 RMCD 

have been analyzed for δ18O and δ13C  isotope geochemistry. Dried sediments were 

heated under vacuum at 100°C for several hours to remove volatile organic compounds 

prior to measurement. The δ18O and δ13C of these carbonates were measured at the 

University of Arizona, using an automated carbonate preparation device (KIEL-III) 

coupled to a gas-ratio mass spectrometer (Finnigan MAT 252). Powdered samples were 

reacted with dehydrated phosphoric acid under vacuum at 70°C. The isotope ratio 

measurement is calibrated based on repeated measurements of NBS-19 and NBS-18 and 

precision is ±0.10‰ for δ18O and ±0.08‰ for δ13C (1 sigma).

The δ18O of authigenic carbonates in Lake Bosumtwi is a function of the lake 

water δ18O (δ18Olw), the water temperature, and the carbonate mineralogy. Whereas 

changes in lake water temperature probably exert a minor influence, the extremely 

variable carbonate mineralogy in Lake Bosumtwi complicates the interpretation of past 

changes in the δ18Olw. At least six carbonate minerals are present in the sediments (calcite, 

high Mg-calcite, aragonite, manganosiderite, dolomite and ankerite), which all fractionate 
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oxygen differently during formation. Furthermore, in the cases of calcite and high Mg-

calcite, and dolomite and ankerite, the composition of the carbonates exist on a 

continuum, varying between two end members, resulting in variable fractionation factors 

even within individual mineralogies. To account for this, we calculate δ18Olw for each 

sample based on its mineralogy, over a wide (10°C) range in temperatures. This results in 

a fair amount of uncertainty, however the variability in carbonate δ18O in Lake Bosumtwi 

is extremely large (>10‰), so large-scale trends and rhythms are still apparent. That said, 

there are still several problems with the approach. First, the mineralogy of each sample, 

much less its precise elemental composition, has not been determined. Furthermore, 

whereas fractionation for most of these carbonates have been studied empirically, only 

theoretical estimates are available for ankerite, and minerals along the ankerite-dolomite 

series (Chacko and Deines, 2008). For this study, we have adopted a simplified approach 

for adjusting for mineralogy. 

First, manganosiderite-rich intervals are readily identified by high Mn peaks in 

XRF data. No other mineral has been identified in the sediments that corresponds to Mn 

intensities higher than 1000 cps. Dolomite and ankerite are identified by their very high 

δ18O and δ13C values (Appendix B; Talbot and Kelts, 1986). No other carbonate mineral 

in the lake has been identified that has δ18O higher than 7‰ and δ13C higher than 15‰. 

Moreover, neither dolomite or ankerite has been found with δ18O or δ13C lower than those 

values. Samples which do not appear to be either manganosiderite or dolomite/ankerite 

are classified as calcite/Mg-calcite/aragonite. There are differences in the fractionation 

factors of these three Ca-carbonates, however they most likely result in a maximum offset 
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of ~1‰ (Tarutani et al., 1968; Kim and O'Neill, 1997). Because we cannot reliably 

distinguish the minerals in the samples that have been analyzed, we treat calcite, high 

Mg-calcite and aragonite as calcite. The differences in fractionation between dolomite 

and ankerite are larger, likely up to 4‰, but are extremely uncertain (Chacko and Deines, 

2008). We treat all of these samples as dolomite, likely resulting in an underestimation of 

δ18Olw for the more ankeritic carbonates. The dolomites and ankerites are consistently 

formed in the most 18O-enriched lake waters, so this misrepresentation results in a more 

conservative estimate of δ18Olw during lowstands, and ankerite-rich intervals are 

interpreted cautiously. Ultimately,  δ18Olw is estimated using the simplified mineralogies 

are used to account for the different phosphoric acid fractionations (Rosenbaum and 

Shephard, 1986; das Sharma, 2002), and water-carbonate fractionations (Carothers et al., 

1988; Kim and O'Neill, 1997; Vasconcelos et al., 2005) for each mineral over a 10°C 

range in water temperature. 

2.5 Turbidites

The depths and thicknesses of turbidites greater than 1 cm in thickness were 

visually identified for the entire length of core BOS04-5B. For the upper 159 meters of 

the core, both core face images and high-resolution x-radiographs were used to identify 

turbidites, which are generally apparent as fining upward packages of homogenized 

sediment with a distinct, dense, light-gray clay cap (Figure A5).
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2.6 Laminations 

Two approaches were used to estimate downcore variability in the presence and 

quality of laminations in the sediment. First, core face images were used to visually rank 

the laminations for consecutive 10-cm intervals throughout all of core BOS04-5B. Each 

interval was subjectively deemed well-laminated (lamination code {LC} = 3), 

moderately-laminated (LC = 2), poorly-laminated (LC=1), or unlaminated (LC=0). A 

second, objective approach used the x-radiographs that span the upper 159-m of core 

BOS04-5B to estimate changes in the presence of laminations by calculating the ratio of 

vertical to horizontal variance in consecutive 5-cm intervals of the x-radiograph (Figure 

A6). Well-laminated intervals have a lot of vertical variance in the x-radiograph, and very 

little horizontal variance, resulting in high vertical to horizontal variance (V:H) ratios. 

Alternatively, massive intervals have little variance in both directions, resulting in much 

lower V:H ratios (Figure A6). Gaps in the sediment cores can greatly affect this 

calculation, and were removed prior to calculation.

3. Results

3.1 Geochronology

To model the age-depth relationship in the drill core and assign ages to depths 

over the million-year record we used the “CLassical Age Modelling” (CLAM) approach 

of Blaauw (2009). In this technique an ensemble of splines are fit to the ages in the 

record, with the the ages for each ensemble member selected stochastically from their 

probability distribution functions. For 14C ages, the full calibrated probability 



50

distributions are used, for all other ages normal distributions are used with their analytical 

standard deviations (Figure A4). There is no evidence for reversals in core BOS04-5B, 

therefore we removed all of the ensemble members with age reversals. Because turbidites 

make up nearly 25% of core BOS04-5B, and they are deposited extremely rapidly (on the 

order of hours to days) when compared to deep-water sedimentation at the site, we 

removed turbidites from the depth scale before developing the age model. By fitting 

smooth splines through the ages, a built-in assumption with CLAM is that sedimentation 

rate changes gradually between age-control points. This approach certainly 

underestimates variability in sedimentation rate, but by removing turbidites from the 

depth scale, we avoid the biases that would result from the gradual decrease in turbidite 

abundance with depth.  

The ages and uncertainties of all the dates, as well as the ensemble envelope and 

median estimate from CLAM are shown in Figure A5. The density and precision of 

geochronometers decreases with depth in the core, and this is reflected in the spread of 

model ensembles. The age model is well-constrained for the upper 30 m (RMCD) of the 

core by radiocarbon and OSL ages, however below 30 m there are far fewer ages, with 

greater uncertainties. Below ~ 75 m (RMCD) the few U/Th ages in the interval  have 

large error bars, and this uncertainty is reflected in a wide range of age model ensembles. 

Geomagnetic reversals and the impact age reduce this uncertainty at the base of the core, 

however, the range of age model ensembles exceeds 100 kyr for much of the middle of 

the drill core. This range of uncertainty most likely precludes the possibility of useful 

millennial-scale comparison between paleohydrological indicators at Lake Bosumtwi and 
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other regional and global records of climate variability during the late Pleistocene. 

Therefore, we examined the potential of “tuning” the poorly-dated interval of the record 

to another record, and ultimately used a proxy for dust content in the sediments to tune 

the record to glacial-interglacial changes in the EPICA Dome C dust record. To minimize 

overfitting or confirmation bias, we rely on the well-dated past 200 kyr to validate any 

potential matching between records. To be acceptable, any match must be mechanistically 

sound, and clearly covarying and persistent over the most recent 200 kyr. 

    

3.1.1 Comparisons with regional and global dust record

Dust export from the Sahara and Sahel varied dramatic during the Pleistocene, 

generally in phase with other records of dust variability throughout the world in response 

to large-scale changes in global climate (Tiedemann et al., 1994; deMenocal, 1995; 

Moreno et al., 2002; Larrasoaña et al., 2003; Moreno 2012). It is reasonable to assume 

that glacial-interglacial-scale changes in Saharan dust flux are recorded in the Lake 

Bosumtwi sediments as well, and provide a potential means of synchronizing the records. 

The ratio of coercivity (Hc) to the coercivity of remanence (Hcr) in the Lake Bosumtwi 

sediments is indicative of the magnetic grain size of the sediment (Peck et al., 2004). 

Intervals with high (Hc/Hcr) ratios are associated with hematite and goethite, which are 

delivered to the lake as aerosols from the Sahara and the Sahel (Peck et al., 2004). Over 

the past 200 ka,  Hc/Hcr generally covaries with dust flux deposited in the Gulf of Guinea 

(ODP 663; Figure A7;  deMenocal et al., 1993) and off the west coast of North Africa 

(ODP 659; deMenocal, 1995). However, it is difficult to establish robust tie points 
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between the records because of the low resolution of marine cores. Interestingly, dust flux 

recorded in the EPICA Dome C (EDC) Antarctic ice core matches fairly well with Lake 

Bosumtwi dust content, especially when comparing the general presence and absence of 

dust, rather than the amplitude of the peaks (Figure A7). This similarity continues over 

the entire 800 kyr of EDC core (Figure A8).  Obviously, the source areas and winds that 

deliver dust to Antarctica and Lake Bosumtwi are in different hemispheres, and may 

respond differently to even global-scale climate changes. Glacial intervals, however, are 

characterized by much higher dust flux in both hemispheres (deMenocal et al., 1993, 

deMenocal, 1995, Lambert et al., 2008). In West Africa, the increase in dust flux is 

associated with drier conditions in North Africa, and an intensification of the winter trade 

winds, both of which occur during cold intervals in the North Atlantic (deMenocal and 

Rind, 1993; Moreno, 2012). At EDC, the dramatic increase in dust during glacial periods 

is believed to be associated with increased aridity in South American source regions, and 

a longer lifetime of aerosols in a drier atmosphere (Lambert et al., 2008). The southern 

westerlies were likely slower during glacial intervals, however they were also shifted 

northward, potentially enlarging the South American source areas (Toggweiler and 

Russell, 2008). Dust flux in both regions is sensitive to glacial-interglacial changes in 

Atlantic SSTs and probably underwent similar changes at similar times during the 

Pleistocene. This, combined with the good visual match between the high-resolution 

records allows us to “tune” the Lake Bosumtwi chronology to the commonly-used EDC 

chronology.         
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3.1.2 Tuning to EDC timescale 

To roughly synchronize Bosumtwi dust record (Peck et al., in prep) to the EDC 

dust record (Lambert et al., 2008), we picked 14 tie points at glacial-interglacial 

transitions over the past 800 kyr (Figure A8). Because the uppermost sediments are well 

dated, we did not allow any adjustment to the chronology between 0 and 70 ka. Given the 

tie points, there appears to be no drift or systematic bias in the Lake Bosumtwi 

chronology. Five of the tie points were younger in the Lake Bosumtwi chronology, and 

eight were older (the tie point at 70 ka is the same in both records). The age model was 

then adjusted by stretching, or condensing the curve to fit the tie points, no other tuning 

was performed. This approach preserves any relative changes in sedimentation rate 

inferred by the original model (Figure A4). The tuned age model falls within the bounds 

of the ensemble envelope until near the Brunhes/Matuyama reversal where the ensemble 

narrows, and the tuned model slightly exceeds the envelope (Figure A4). Generally, the 

tuning increased sedimentation rates during glacial intervals and reduced sedimentation 

rates during interglacials. This is consistent with the hypothesis that interglacials are 

generally associated with higher lake level at Lake Bosumtwi, since the basin area, and 

sedimentation rates are reduced when the lake is high (Shanahan et al., 2008; 2009).

After tuning on glacial-interglacial transitions, the power spectra of lake level 

indicators show significant variability at orbital (i.e., eccentricity, obliquity, and 

precession) timescales (Figure A9). The presence of 100-kyr cycles could be a function of 

the tuning, however the occurrence of significant peaks at the independent obliquity and 

precession timescales provide support for the tuning procedure (cf., Imbrie et al., 1984; 
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EPICA, 2004). 

3.2 X-ray fluorescence

The relative abundance of Si, K, Ti, and to a certain extent, Fe (Figure A10) are 

interpreted as terrigenous elements, following Shanahan et al., (2009). The primary 

source of these elements in the lake sediments is terrigenous material that washes in from 

the drainage basin during the rainy season, and they comprise a major component of 

annual sedimentation in varves in both the late Holocene (Shanahan et al., 2008; 2009) 

and the Last Interglacial (Appendix B).  Because the terrigenous elements are washed in 

from the lake basin, their relative abundance is strongly influenced by the size of the 

drainage basin and the proximity of the core site to the shoreline, both of which are 

primarily functions of lake level. Therefore, the terrigenous elements are expected to vary 

inversely with lake level; most abundant when the lake is low, and least when it is high. 

The abundance of terrigenous elements is a robust lake level indicator for the late 

Holocene, covarying with carbonate oxygen isotope values, geomorphic lake level 

indicators, and a variety of other forms evidence (Shanahan et al., 2009).

Fe is also a terrigenous element, and is an important component of the sediment 

that washes into the lake. However, Fe is also present in minerals precipitated in the lake, 

or post-depositionally in the sediment, primarily manganosiderites and various species of 

iron-sulfide minerals. This complicates the interpretation of the Fe intensities, and we 

consider them separately from the other terrigenous elements. Mn in the sediment record 

is present in several minerals, but is predominately associated with manganosiderites. Mn 
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is also associated with iron-sulfide minerals and ankerite, but the intensity of the Mn 

peaks associated with these minerals is much lower (<100 cps) than with the 

manganosiderites (>1000 cps). Therefore, we consider Mn to be a robust indicator of the 

presence of manganosiderite. 

Ca XRF intensities primarily indicate the presence, and relative abundance of 

various species of calcium carbonates in the sediments. There is very little Ca in the 

bedrock of the drainage, which is predominantly schist with small outcrops of granite 

(Koeberl et al., 1998), and the low intensities of Ca in the terrigenous layers of the 

sediment are consistent with this observation. The Ca that is incorporated in authigenic 

carbonates in the sediments is most likely originally delivered to the lake as dust. Dust 

deposited by northerly Harmattan winds is an important component of Ghanaian soils 

(He et al., 2007), and is the likely origin of much of the dissolved Na in Lake Bosumtwi 

(Turner et al., 1996b). 

Finally, the relative abundance of S in the sediment shows pronounced variability, 

and is present in three distinct components of the sediment. For most of the sediment, S 

XRF intensities are low, and somewhat noisy, but generally track the abundance of 

organic matter in the sediment. Higher S intensities are associated with various the 

various iron-sulfide minerals (pyrrhotite), and less frequently, diagenetic gypsum.

3.2.1 Correcting for biases in the XRF data

Scanning XRF analysis of wet, split sediment cores allows for rapid and high-

resolution determination of relative elemental abundance, and is a particularly useful tool 
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for long sediment sequences. However, XRF intensities can be affected by a number 

factors, especially when applied over highly variable lithologies, such as those present in 

the core BOS04-5B. One favored approach in dealing with these uncertainties is to 

examine elemental ratios; however, in Lake Bosumtwi sediments, the absolute abundance 

of terrigenous elements is closely related to lake level (Shanahan et al., 2009). In this 

section, we correct for changes in sediment water content and compaction of the core 

with depth.

3.2.1.1 X-ray absorption and attenuation by water

 One challenge associated with XRF scanning wet sediments is evaluating the 

effect of x-ray absorption by interstitial water and water condensed on the film used to 

reduce dessication of the cores during analysis (Kido et al., 2006, Tjallingii et al., 2007). 

Intervals with elevated water content have consistently lower XRF counts, and the 

relative change in counts varies between elements such that lighter elements are more 

greatly affected. Both empirical and theoretical corrections have been proposed and 

applied to this problem, in both cases the goal is to estimate the counts that would have 

been collected from dry sediment. Because we do not have the XRF measurements of 

packed, dry sediment necessary to calibrate the record, we use the theoretical correction 

of Kido et al. (2006) which uses the known mass attenuation constants of the different 

elements to calculate the impact of x-ray absorption and scattering by water. The 

correction requires knowledge of the bulk sediment composition and the water content. 

Both of these variables can calculated from the XRF data themselves, so we employ the 



57

correction iteratively, first calibrating the data, then correcting the XRF intensities, then 

recalibrating with the adjusted intensities and reapplying the correction until both the 

calibrations and adjusted counts stabilize. 

The bulk sediment composition is estimated by simple 3-point calibrations with 

standard reference materials (SRMs) that are routinely measured on the Itrax core scanner 

at the University of Minnesota, Duluth. The resulting compositional estimates are 

probably not very accurate, however uncertainty in the composition has only a minor 

effect on the correction of Kido et al. (2006), because the differences in mass attenuation 

values for the primary sedimentary constituents are small. On the other hand, the 

determination of water content results in more uncertainty in the correction. The water 

content of core BOS04-5B has been calculated from the dry and wet bulk densities 

measured using on the Geotek Core Scanner, and by loss-in-ignition, respectively. The 

ratio of coherent (Rayleigh) to incoherent (Compton) scattering (coh/inc) is strongly 

related to bulk density, and is calibrated to sediment water content. Unfortunately, the 

water content values used for calibration were measured immediately after the core was 

split, whereas the XRF data were collected several years later. This means that the 

calibration likely overestimates the water content at the time of measurement, since the 

cores had dried somewhat during storage. We estimate the amount of drying as about 

30% based on comparison of the cores at the time of XRF analysis with core photos taken 

after splitting, and therefore multiply the original water content values by 0.7. This choice 

is somewhat arbitrary, however allowing this value from 60 to 80% results in only subtle 

changes, especially with regard to relative variability within each estimate (Figure A11).
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3.2.1.2 Sediment compaction with depth

Unconsolidated sediment compacts as a function of the increasing weight of 

overlying material with depth. In marine and lacustrine sediments, this results in a 

downcore increase in density and decrease in porosity that changes most rapidly near the 

surface (Bahr et al., 2001). Because XRF intensities increase with density, it is 

worthwhile to account for the downcore compaction component of changes in wet bulk 

density (WBD) of the sediment. This is generally done empirically, by fitting an 

exponential (Bahr et al., 2001), logarithmic (Sheldon and Retallack, 2001), or low-order 

polynomial (Huybers and Wunch, 2004) to measured WBD or porosity data. These 

approaches work reasonably well for cores with relatively little downcore variability in 

WBD, such as most marine sediment cores. Core BOS04-5B, however, contains greatly 

variable lithologies and WBD throughout the 300 m interval (Pers. comm. J. King). 

Attempting to fit an exponential, logarithmic or polynomial to the WBD results in a 

compaction curve that either overfits the data, resulting in reversals in the compaction 

curve, or fits poorly in the upper 50 meters of the core, the section most strongly affected 

by differential compaction. Therefore we adopt a piecewise approach, and fit a piecewise 

2nd and 1st order polynomial to the data. To do this, we use a least-squares fitting 

algorithm to fit the uppermost part of the curve with a quadratic polynomial, and then at a 

depth determined by the algorithm, the function becomes linear with the slope of the 

quadratic at the depth where the function switches. This approach has several advantages. 

First, it allows the uppermost part of the curve to be fit well, while maintaining the 

structure of a simple compaction curve with no negative slopes. Second, the algorithm is 
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non-parametric, in that the only user input was the type (2nd and 1st-order polynomials) of 

the function. Secondly, all of the parameters for the equations, including the depth at 

which they switch, are chosen by the algorithm to best fit the WBD data. The relationship 

between density and XRF counts is complex, varying among different elements and 

sediment compositions, however over the relatively small range in density associated 

with the core compaction curve, the relationship is probably nearly-linear. Therefore, we 

adjust the XRF intensities for downcore compaction by dividing the intensities by the fit 

compaction curve.  

   

3.2.2 Principal components analysis

Principal components analysis (PCA) is a technique that can be used to identify 

and consolidate the leading modes of variability shared between multiple time series into 

several, uncorrelated records (Ghil et al., 2002). The first principle component (PC) of 

late Holocene XRF data is strongly associated with the abundance of terrigenous 

material, and tracks lake level over the past 2700 years (Shanahan et al., 2009). We 

performed PCA on the water-content and core-compaction adjusted XRF intensities of 

Al, Si, K, S, Ca, Ti, Mn, Fe, Sr, and Rb. The first PC of the XRF data spanning the past 

530 ka (XRF-PC1) explains 39% of the variance, and is strongly associated with the 

terrigenous elements Al, Si, K, Ti and Rb (Table 1; Figure A12). The other elements are 

primarily loaded on other PCs, except for Mn, which loads negatively on PC1. PC2 

explains 28% of the variance, and is dominated by variability in carbonate mineralogy, 

with Ca and Sr associated with the various Ca-carbonates in the sediment, and Mn and Fe 
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associated with manganosiderite. The results of the PCA are very similar to those for the 

late Holocene varve record (Shanahan et al., 2009), and the whole Holocene XRF record 

(Shanahan, 2006) from Lake Bosumtwi.

3.2.2.1 Carbonate dilution of XRF-PC1

XRF-PC1, because it is so strongly driven by changes in the terrigenous content 

of core BOS04-5B, likely responds to changes in the availability of terrigenous sediment 

supply, and terrigenous drainage area, which at Lake Bosumtwi are primarily functions of 

lake level (Shanahan et al., 2008; 2009). Because we interpret XRF-PC1 primarily as a 

lake level indicator, it is important to identify and account for processes that affect XRF-

PC1 that are not necessarily related to changes in the influx of terrigenous sediment. 

Dilution of terrigenous material by carbonate is one such process. Figure A13 shows the 

correlation between XRF-PC1 and Ca, and Mn, both of which track the abundance of 

different carbonate minerals in the sediments. The precipitation of these carbonates can 

be related to changes in lake level, however, it is much more likely that anti-correlation of 

terrigenous material with Ca and Mn (Figure A13) is due to dilution, rather than a 

prolonged reduction of terrigenous influx into the lake. To avoid misinterpreting these 

decreases in XRF-PC1, we remove this dilution effect by fitting a line to the Ca-PC1 and 

Mn-PC1 trends where Ca and Mn are particularly abundant. The relationship between Ca 

and Mn and XRF-PC1 is not significant at low Ca and Mn abundances (i.e., where there 

is little or no carbonate). Consequently, we only adjusted XRF-PC1 above intensities 

where the anti-correlation is statistically significant (above 260 and 160 cps, respectively; 
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Figure A13). The corresponding XRF-PC1 data are then adjusted, following the fit line. 

The adjusted correlations are shown in Figure A13. This adjustment has a minor impact 

on most of the data points in the record. Forty-one percent of the XRF data are adjusted, 

however the adjustment is very small for most points, only 12% are adjusted by more 

than one unit, and 5% by more than two. 

The net effect of all of the corrections applied to the XRF data can be examined 

by comparing Figures A10a and b. The primary difference is the removal of the long-term 

decrease in counts towards the top of the core, the smaller-scale and deeper variability in 

each element is generally unaffected. For the most part, the corrections have little 

influence on the main conclusions. However, they do influence the interpretation of the 

inferred wetness of the past 75 kyr relative to the rest of record. This interval is most 

influenced by the lack of sediment compaction, and lake level appears artificially high in 

the uncorrected data.

3.3 Lamination indices

The subjective lamination index and the logarithm of the V:H density variance 

ratio are generally consistent over the upper 160 m of core BOS04-5B (Figure A14). 

Taken together, the two indices reveal significant variability in the presence of well 

preserved laminations, which are present for most of the upper half of the sediment 

sequence. Laminations are formed when the lake floor is anoxic, limiting bioturbation. 

XRF Mn and Ca intensities, indicative of carbonate abundance in the sediment, generally 

track the lamination indices, and are more abundant when laminations are present. 
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Carbonates often form fine laminations in the sediment, so the two indicators are not 

independent. Much of the carbonate found in the sediments from the deep-water core 

sites is interpreted to have formed in anoxic water, at or near the sediment-water interface 

(Talbot and Kelts, 1986).  Covariance between carbonate abundance and laminations 

indices supports the hypothesis that the indices record variability in the oxygenation state 

of the lake bottom waters.  

3.4 Turbidites

Turbidite abundance generally decreases upcore, from an average of 41 cm per 

meter over the bottom 50 m to an average of 3 cm per meter for the upper 50 m (Figure 

A15). This likely reflects lake basin evolution the past million years (Peck et al., 2006; in 

prep). Early in the lake's history, the crater sides were steeper, and the crater floor was 

300 m deeper. As the margins eroded and filled the basin with lake sediment, the relief 

decreased, as did the probability of mass wasting events. Considerable shorter-term 

variability is overprinted on the gradual decreasing trend, suggesting that lake level and 

climate variability also influenced the turbidite abundance. Over the past 530 ka, this 

shorter-term variability in turbidite abundance shows a remarkable correspondence with 

Mn abundance (Figures A16 and A17), as well as organic matter content in the core (pers. 

comm C. Scholz). Mn indicates the presence of manganosiderite, in the interval, which 

along with organic carbon, is an indicator of high lake level. It is important to note that 

the manganosiderite does not occur in the turbidites, nor is it consistently deposited 

immediately before or after a turbidite. Therefore, we do not interpret this co-occurrence 
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as a direct cause and effect relationship. That is, the manganosiderite is not being 

deposited because a turbidite was deposited. A lag correlation analysis (Figure A17) 

suggests that on average, Mn deposition leads turbidite deposition by 1000-3000 years. 

We hypothesize that turbidites are associated with terminations of highstands. During a 

sustained highstand, deltas and terraces build up high on the crater walls, as lake level 

falls, these deposits become unstable and prone to mass wasting, leading to increased 

turbidite abundance.     

4. Discussion

4.1 Past 530 ka

4.1.1. 400-kyr eccentricity forcing

The magnetic hysteresis parameter Hc:Hcr, which is primarily a proxy for dust 

content in Lake Bosumtwi, is shown along with EDC dust concentration in Figure A16 

(Lambert et al., 2008, Peck et al., in prep). The similarity between these records were 

used to “tune” the Bosumtwi chronology at glacial-interglacial boundaries, so leads or 

lags between the records cannot be evaluated. The two records often covary ten thousand 

year timescales, likely tracking changes in dust flux between stadials and interstadials. 

The greatest mismatch between the records is found between 250 and 150 ka, where 

Hc:Hcr is generally much higher than EDC dust. This suggests increased dust flux in 

West Africa, relative to the high latitudes of the southern Hemisphere, during most of 

Marine Isotope Stages (MIS) 6 and 8 relative to other glacial intervals during the past 530 

ka. During particularly arid conditions greigite forms in Lake Bosumtwi sediments, 
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which also increases Hc:Hcr (Peck et al., 2004). Regardless, the mineral magnetic 

indicators suggest particularly arid conditions during this interval.

The XRF-PC1 record, an indicator of terrigenous content and lake level at Lake 

Bosumtwi, also suggests generally dry conditions between 300 and 100 ka. This interval 

of lower lake levels, combined with wetter conditions from 530 to 300 ka, and since 100 

ka suggests changes in background aridity in the region with a periodicity of ~400-kyr 

(Figure A16). To compare the XRF-PC1 records to the 400-kyr of orbital eccentricity, we 

isolate the 400- and 100-kyr components of eccentricity over the past 1.1 Myr using 

singular spectrum analysis (SSA), a non-parametric technique that extracts the primary 

modes of periodic or semi-periodic variability from a timeseries (Ghil et al., 2002). The 

400- and 100-kyr components of eccentricity make up 41 and 54% of the variance in 

eccentricity over the past 1.1 Myr, and are shown in Figure A16. XRF-PC1 shows a close 

correspondence to 400-kyr component of orbital eccentricity; the dry interval corresponds 

to the interval of highest eccentricity over the past 530 kyr. Deeper in the core, variability 

in the presence of laminations (Figure A18) and organic carbon content (not shown; pers. 

comm C. Scholz) suggest a similar trend during the penultimate 400-kyr eccentricity 

cycle. 

Superimposed on the 400-kyr change in background state is shorter-term 

variability that corresponds to the 100-kyr component of eccentricity, but with the 

opposite sign (Figure A16). Whereas wet conditions are associated with low eccentricity 

on the 400-kyr timescale, they correspond with high-eccentricity on the 100-kyr 

timescale. This complex relationship likely results from the interplay of local orbital 
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forcing with glacial boundary conditions. We suggest that the inverse relationship 

between Lake Bosumtwi hydrology and 400-kyr-scale eccentricity is driven by 

eccentricity's modulation of  precession, following the hypothesis of Scholz et al. (2007). 

During intervals of high eccentricity (e.g. 100-300 ka), the amplitude of seasonal 

insolation changes on precessional timescales is substantially increased. Both the West 

African and Asian Monsoon systems intensified and expanded northward during the 

high-eccentricity Last Interglacial (Miller et al., 1991; Szabo et al., 1995; Wunneman et 

al., 2007; Wang et al., 2007, Drake et al., 2011). An intensified and northward shifted 

monsoon would impact the hydrology at Lake Bosumtwi (and more generally, the Guinea 

Coast) in several ways. Lake Bosumtwi presently has a double peak in precipitation, 

associated with the northward passage of the rainbelt in May, June and July, and the 

southward passage during September and October (Figure A2). July and August are dry; 

the core of the rainbelt is situated to the north and intensified southeasterly trades 

increasing upwelling along the Guinea Coast, lowering SSTs in the Gulf of Guinea, and 

suppressing convection over the Guinea Coast (Moron, 1994; Opoku-Ankomah, 1994; 

Nicholson, 2009b). The WAM was probably most intensified and north-shifted when an 

eccentricity-amplified precession cycle drove insolation maxima during July and August. 

Under such conditions, the rainbelt would most likely spend more time north of the 

Guinea Coast, shifting the first rainy season earlier in the year and the second rainy 

season later in the year. This would move rainy seasons away from the peak monsoon 

season, and intensify the southeasterly trades during July and August, lengthening the 

summer dry season at Lake Bosumtwi. This longer dry interval occurring at the same 
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time as the season of highest solar insolation would also drive increased evaporation from 

the lake.

Redistribution of tropical moisture from equatorial regions towards the subtropics 

on 400-kyr timescales is also observed in anti-phased dust records from the Atlantic and 

Mediterranean (Tiedemann et al., 1994; Larrasoaña et al., 2003), consistent with our 

observations from Lake Bosumtwi. The hypothesis described above could explain dry 

conditions during precession minima (JJA insolation maxima), but not the generally dry 

conditions throughout the rest of a precession cycle. High-resolution studies of the 

Holocene (Shanahan, 2006) and the Last Interglacial (Appendix B) suggest that the 

wettest conditions at the lake occur when the annual insolation maximum occurs during 

one of the two rainy seasons (i.e, June-July or September-October). However, if the mean 

position of the rainbelt moves north and south in response to precessional forcing, 

seasonality of precipitation would vary in counterpoint with seasonality of maximum 

insolation maximum (Figure A19). For example, when insolation peaks in midsummer, 

the rainbelt would cross the Guinea Coast earlier and later in the year, moving rainy 

seasons away (temporally) from the season of highest insolation. When insolation peaks 

in May or October, the northward extent of the WAM is probably reduced, and the 

rainbelt would cross the Guinea Coast later in the season, moving the rainy season closer 

to mid-summer, but once again, away from the season of highest insolation. Following 

this model, twice during each precession cycle the season of insolation maximum will 

coincide with one of the rainy season, consistent with what is observed in the Last 

Interglacial and the Holocene. However when eccentricity is higher, seasonal differences 
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in insolation are amplified, and the period when insolation maxima and the rainy seasons 

coincide may be much shorter (Figure A19). If true, this implies that for most of a 

precession cycle, the season of highest insolation occurs during a dry season, and 

maximum seasonal insolation is higher at higher eccentricities, potentially resulting in 

increased evaporation from the lake.

4.1.2 100-kyr eccentricity forcing and glacial boundary conditions 

The 100-kyr periodicity of Lake Bosumtwi lake level is most likely due to 

changes in glacial boundary conditions. The West African Monsoon is sensitive to the 

interhemispheric temperature gradient in the Atlantic Ocean, and sea surface 

temperatures (SSTs) in the North Atlantic on timescales ranging from annual to 

millennial (e.g., Mulitza et al., 2008; Shanahan et al., 2009; Stager et al., 2011). Sustained 

periods of cold SSTs in the North Atlantic, most notably Heinrich Events, have a 

dramatic influence on African hydrology, driving drought at Lake Bosumtwi (Peck et al., 

2004) and many other sites in Africa (Collins et al., 2010; Stager et al., 2011). Periods of 

low-eccentricity on the 100-kyr timescale correspond with deep glacial conditions in the 

North Atlantic, and drought at Lake Bosumtwi, most likely through the influence of cold 

Atlantic SSTs.

4.1.3 West African contribution to global atmospheric methane concentrations

Obliquity and precession-scale periods are also observed in the power spectra of 

XRF-PC1, Mn and Ca (Figure A9). The role of precession can be observed in the 
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similarity between atmospheric methane and Mn and Ca abundance in the sediments 

(Figure A16d). Tropical West Africa is an important methane-producing region (Lelieveld 

et al., 1998; Frankenberg et al., 2005, Singarayer et al., 2011), and variability in the West 

African Monsoon drives changes in the extent and moisture balance of African wetlands. 

Precession-scale variability in ice-core methane records is commonly attributed to 

changes in Northern Hemisphere monsoon systems (e.g., Ruddiman  and Raymo 2003, 

Loulergue et al., 2008) and this hypothesis is consistent with records of the Asian 

Monsoon inferred from speleothems over the past 380 ka (Wang et al., 2008; Cheng et 

al., 2009). The Lake Bosumtwi record offers the first opportunity to evaluate the role of 

West Africa with a moisture-sensitive record form a terrestrial site over the past 530 kyr. 

XRF-PC1, and especially the abundance of Mn and Ca in the sediments show a close 

correspondence with atmospheric methane. Mn and Ca track carbonate mineralogy in 

core BOS04-5B, Mn is almost exclusively associated with manganosiderite, and Ca is 

associated with the calcium carbonate minerals calcite, aragonite and dolomite. 

Manganosiderite and the calcium carbonates are not deposited at the same time, rather, 

the ratio of dissolved Fe2+ and Ca in the lake water controls which type of carbonate is 

deposited (Berner, 1971). We interpret manganosiderite as a wet indicator for several 

reasons. To reach sufficiently high Fe/Ca ratios (i.e., > 0.05; Berner 1971), most likely 

requires a sustained anoxic conditions at the lake floor, supported in part by increased 

deposition of organic material, and a reduction of eolian Ca supply to the lake. These 

conditions are consistent with high lake level and a generally wetter climate. This is also 

supported by other evidence: during the Holocene manganosiderite was only deposited 
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when the lake was very high, and other lake level indicators, such as varve thickness 

(Appendix B), δ18O of carbonates (Figure A20) and δD leafwax (pers. comm. T. 

Shanahan) all confirm that manganosiderite is only deposited during relatively high lake 

level. Manganosiderite was not deposited when the lake was overflowing during the early 

Holocene, probably due to a reduction in bicarbonate driven by a freshening of the lake. 

The majority of carbonates in Lake Bosumtwi sediments are formed near or just 

below the sediment-water interface under anoxic conditions, their formation partially 

driven by methanogenesis (Talbot and Kelts, 1986). Consequently, carbonates are rarely 

found in unlaminated intervals when the bottom waters were at least seasonally 

oxygenated. Perhaps, during intervals of lower lake level, calcium carbonate deposition 

primarily occurs nearer the shoreline. This is consistent with the observation of abundant 

calcite nodules in intervals of the shallow-water drill cores (pers. comm. J. Peck). 

Therefore, the range of calcium carbonate minerals comprising the XRF Ca record are 

interpreted as indicating intermediate lake level. Calcite and aragonite are probably 

indicative of higher lake levels than Mg-calcite and dolomite, but these cannot be easily 

distinguished in the XRF data.

Intervals with abundant Mn are consistently associated with high atmospheric 

methane concentrations, and peaks in Mn often occur during precessional-scale peaks in 

CH4 (Figure A16d). Typically, smaller peaks in CH4 correspond to peaks in Ca, although 

some of the high methane peaks during MIS 7 and 5 are associated with Ca, rather than 

Mn. This is part of the general trend of lower lake level during the high-eccentricity 

interval from 300-100 ka, where Mn is less common. The influence of the 400-kyr 
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eccentricity component is clear during low-CH4 intervals as well. Calcium carbonates 

were deposited throughout most of MIS 12, 10 and 2, however, there are prolonged 

intervals of unlaminated sediment with no carbonates during parts of MIS 8 and 6, 

suggesting very dry conditions at the lake. 

The close correspondence between the Mn and Ca and EDC CH4 over the past 

530 ka suggests that the contribution of CH4 from sub-Saharan Africa is generally in 

phase with other Northern Hemisphere methane and sources. This conclusion could be 

biased by the fact the chronologies are not independent, however the two appear in phase 

during the well-dated and untuned most recent 50 ka, and it seems improbable that the 

close correspondence of high-frequency peaks is spurious, given that the dust records 

were only synchronized on glacial-interglacial boundaries. On longer timescales, 

however, tropical West Africa seems to have had a variable contribution to atmospheric 

methane, as the conditions at the lake were consistently drier between 300 and 100 ka 

than at other times. The 400-kyr eccentricity cycle is not an important component of 

atmospheric methane variability over the past 800 kyr (Lambert et al., 2008). This likely 

means one of two things. First, it is possible that this pronounced 400-kyr variability is 

restricted to the Guinea Coast region, which provides a relatively small contribution to 

the global methane budget; the modelling study of Singarayer et al. (2011) suggests that 

sub-Saharan North Africa is responsible for about 5-10% of global emissions. If true, 

low-frequency changes in regional methane production might be overwhelmed by the rest 

of the global production. However, an expansion of the rainbelt, and increased 

precipitation in the subtropics at the expense of the tropics would affect a much greater 
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proportion of the global methane producing regions. This possibility is supported by 

other long equatorial paleohydrological records that record drier conditions in past high-

eccentricity intervals (i.e., the Last Interglacial Period), in both Africa (Stone et al., 2011) 

and South America (Bush et al., 2004, Hanselman et al., 2005). In this case, the reduced 

contribution of tropical wetlands during high-eccentricity intervals may be compensated 

by increases in subtropical moisture.

Despite the fact that precession-scale variability in moisture balance at Lake 

Bosumtwi appears to be in phase with global CH4 concentrations, the influence of 

eccentricity and glacial-interglacial boundary conditions on regional hydrology highlights 

the complexity of the influence of orbital precession on the WAM. Global CH4 emissions 

are partly driven by hydrological variability in disparate regions, that each have their 

own, often complex relationship with orbital forcing (Singarayer et al., 2011), and for 

more equatorial regions, these relationships remain largely unknown. Therefore, it seems 

premature to assume that an in-phase relationship between Northern Hemisphere 

monsoon systems and precession was present throughout the late Quaternary, or to use 

that assumption to adjust a geochronology (cf., Ruddiman and Raymo, 2003), especially 

since the late Holocene (6ka to preindustrial) increase in methane does not appear to have 

resulted from anthropogenic activities, invalidating the relationship between methane and 

Northern Hemisphere insolation in the Holocene (Singarayer et al., 2011). 

4.2 Latitudinal variability in West African climate over the past 150 ka

Over the past 150 kyr, moisture balance at Lake Bosumtwi, as recorded by XRF-
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PC1 and δ18Olw, is generally consistent with ocean core records of terrestrial moisture 

variability from West Africa (Figure A20). A latitudinal profile of the available records 

that have been interpreted to record West African moisture variability over the past 150 

kyr indicates a latitudinally varying response to North Atlantic boundary conditions (i.e., 

temperature and ice volume) and local insolation forcing. Strong similarities with the 

NGRIP δ18O record in the northern-most West African records gradually become more 

similar to precessional-scale changes in insolation at lower latitudes (Figure A20). The 

variable response of the records during two high-obliquity and high-precession (low NH 

insolation) intervals from about 100 to 85 ka and 55 to 40 ka are particularly interesting. 

During both intervals obliquity was high and Greenland temperatures were relatively 

warm, whereas summer insolation at 10°N was low. During the interval between  ca. 50 

and 40 ka, the most northerly records (> ~10°N) appear near-average in terms of moisture 

balance, whereas the Sahelian records suggest that effective moisture during this interval 

was high, in some cases comparable with the Holocene (deMenocal, 1995; Zabel et al., 

2001; Castañeda et al., 2009). Records sensitive to moisture in more southerly areas, such 

as the Congo and Sanaga river basins (Schneider et al., 1997; Weldeab et al., 2007), show 

very dry conditions from ~50-40 ka, tracking low-latitude NH summer insolation. Lake 

Bosumtwi lies on the boundary between these two responses; XRF-PC1 suggests wet 

conditions from about 48-43 ka, right through the minimum in local summer insolation. 

This is, however superimposed drier conditions for the rest of the interval.

A similar orbital configuration occurred ca. 90 ka, however the West African 

response was quite different (Figure A20). The influence of increased obliquity is evident 
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in several of the more northerly records, but, all of the records suggest below average or 

very dry conditions during the interval, especially centered on the low latitude Northern 

Hemisphere summer insolation minimum ca. 95 ka. Extreme aridity during this general 

interval (115 – 90 ka) is a common feature of paleohydrological records from both East 

and West Africa, to latitudes as far a south as the Northern Kalahari Desert (Scholz et al., 

2007; Blome et al., 2012). AMOC during the interval appears to have been comparable to 

50 ka (Castañeda et al., 2009; Lopes dos Santos et al., 2010), so the most likely cause of 

the differing responses is the difference in amplitude of the precessional forcing.  The 

very low summer insolation  (15-20 W m-2 less than 45 ka) between the two responses 

seems to have overwhelmed the influence of the North Atlantic between 100 and 85 ka 

(Figure A20). 

4.3 Millenial-scale events during the past 130 ka

In the North Atlantic, the last glacial period was characterized by abrupt, 

millennial-scale changes in temperature; most notably, Dansgaard-Oeschger (D-O) events 

(Severinghaus and Brook 1999; Masson-Delmotte et al., 2005). Many of the D-O warm 

events occurred in sequences of progressively cooler peaks, terminating in a Heinrich 

event, periods of iceberg discharge that were the among the coldest intervals the North 

Atlantic, and are believed to have resulted in a weakening of AMOC (McManus et al., 

2004). D-O and Heinrich events have a global signature (Overpeck and Cole, 2006), and 

are often associated with past arid intervals in the tropics (Peterson et al., 2000; Lea et al., 

2003) including West Africa (Peck et al., 2004; Mulitza et al., 2008; Collins et al., 2010; 
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Stager et al., 2011). The climate dynamics underlying this connection remain uncertain; 

in parts of the tropics it seems likely that the aridity was associated with a southward shift 

in the ITCZ, a hypothesis that is supported by climate models (Broccoli et al., 2006). 

Whereas there is strong evidence that ITCZ shifted south of northern Lake Malawi during 

Heinrich Events (Brown et al., 2007; Johnson et al., 2011), there is little evidence of 

wetter conditions in southern Africa associated with this shift (Stager et al., 2011). In fact, 

virtually all records from both hemispheres suggest drier conditions during Heinrich 1, 

suggesting a weakening or contraction, instead of, or at least in addition to, a shift in the 

rainbelt (Collins et al., 2010; Stager et al., 2011). 

Cold intervals in the North Atlantic consistently coincide with intervals of low 

lake at Lake Bosumtwi over the past 130 ka (Figure A21). Furthermore between 60 and 

30 ka, each arid Heinrich interval is preceded by gradually decreasing millennial-scale 

wet peaks that may correspond with D-O cycles. This link between West African 

hydrology and North Atlantic temperatures is also found in records to the north (off the 

coast of Senegal; Mulitza et al., 2008) and south (Sanaga River discharge; Weldeab et al., 

2007) for at least the past 60 kyr. This provides support for the hypothesis that for 

Heinrich Events 1 – 5, West Africa experienced a contraction, rather than a shift, of the 

rainbelt. The Younger Dryas (YD; or Heinrich Event 0), appears to have had a much 

more limited impact on the region. At Lake Bosumtwi, the interval was a relative 

lowstand, but lake level was still ~30 m higher than modern levels (Peck et al., 2004; 

Shanahan et al., 2006). XRF-PC1 suggests that the interval was particularly wet, although 

this result is likely biased by the presence of manganosiderite during the interval, and not 
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immediately after in the early Holocene, when the lake was overflowing. Nevertheless, 

the presence of manganosiderite, the δ18Olw and the low terrigenous content all agree that 

the Younger Dryas was wet in the context of the past 130 ka (Figure A21), however it 

was still drier than the preceding Bølling-Allerød period and the early Holocene (Peck et 

al., 2004; Shanahan et al., 2006). 

4.4 Intervals of extreme aridity

One pronounced feature of core BOS04-5B is the presence of several thick, dense, 

organic-poor clay intervals. These intervals are massive, and are almost exclusively 

comprised of fine-grained terrigenous material; organic carbon content drops below 2% 

in the intervals, and they are typically carbonate-free (Scholz et al., 2007; Peck et al., in 

prep.). Root casts, and filled mud cracks are also observed in some intervals (pers. comm. 

J. Peck). We interpret these deposits as evidence for extremely low lake-level. The lack of 

evaporite minerals (neither halites nor evaporitic carbonates are found in the sediments) 

suggest that the lake did not completely dry up, but the drill site may have been exposed 

seasonally. The upper most of these layers, Arid Interval 1 (AI-1), was described by 

Scholz et al., (2007) and is fairly well dated by nearby OSL and U/Th ages, suggesting 

that the layer was deposited between 74 to 70 ka. The duration of the event is not well 

constrained, as sedimentation rates may have been significantly higher than the mean 

during the interval. Given the observed relationship between North Atlantic temperatures 

and hydrology at Lake Bosumtwi, it seems most likely the event coincides with Heinrich 

7. The OSL and U/Th ages, as well as this correlation with Heinrich 7 suggest that the 
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event also occurred at about the same time as the eruption of the Toba super-volcano, 

74+/-2 ka (Oppenheimer, 2002). The Toba eruption is the largest known eruption in the 

Quaternary, and is thought to have had a severe impact on global climate for at least 

decades, and possibly accelerated global cooling into glacial conditions (Rampino and 

Self, 1992; Zielinksi et al., 1996; Jones et al., 2005). It remains unclear, however, the 

extent of global change resulting from the eruption (Oppenheimer, 2002). We cannot rule 

out the possibility that AI-1 resulted in part from the Toba eruption. However, the 

strongest argument against such a possibility is the presence of five other similar units 

deposited over the past 530 ka, which were, for the most part, deposited during intervals 

with similar orbital forcing and glacial boundary conditions  (Figure A22). 

All six intervals of extreme aridity of the past 530 kyr occurred between 300 and 

50 ka, when the 400-kyr component of orbital eccentricity was highest (Figure A16). Five 

of the  six intervals also occurred during glacial conditions, and they all occurred when 

the global temperatures were cooler than average, and when global CH4 production was 

low (Figure A22). AI-1, 2, 3, and 6 occurred during precession-driven insolation minima; 

however that does not appear to be a prerequisite, since AI-4 and 5 were deposited near 

insolation maxima. That said, uncertainty in the age model prevents more certain analysis 

of the phasing between the events and precession. AI-2 was deposited during an interval 

when severe aridity was common throughout Africa (Scholz et al., 2007; Blome et al., 

2012). The lower section of AI-2 contains unlaminated deposits of ankerite, and is the 

most ankerite-rich interval of core BOS04-5B. Ankerite is indicative of very dry 

conditions, and the carbonate geochemistry of those ankerites suggest a lake water δ18O 
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of at least 10-13‰ (SMOW; Figure A21), although the oxygen fractionation during 

ankerite precipitation is uncertain, and is probably a minimum value (Chacko and Deines, 

2008). AI-3 and 4, deposited during MIS 6, are the thickest arid intervals, and correspond 

to the longest period of low organic and inorganic deposition in the past 530 kyr.  AI-5 

occurred during MIS 7, and is most similar to AI-1. AI-1 and 5 are particular interesting 

in that they both appear to have occurred soon after, and immediately preceding wet 

conditions at the lake. In addition to the presence of manganosiderite and organic rich 

sediment, low lake water δ18O values and the occurrence of rain forest pollen taxa (pers. 

comm. W. Gosling) further suggest that the the change from immediately before to AI-1 

was dramatic, and probably occurred on the order of centuries. Further research into the 

nature and timing of the transitions into and out of these severe arid intervals is a subject 

of ongoing investigation.

5. Conclusion and summary

In this study, we presented the first high-resolution, terrestrial record from West 

Africa spanning the last 530 kyr. 

 The chronology of the record is well constrained over the past 150 kyr by 

14C, OSL and U/Th ages, and is constrained deeper in the core by 

geomagnetic reversal ages and the age of meteor impact. However, the 

chronology of the middle of the sediment sequence is less well-

constrained. To allow comparisons with regional records, climatic forcings 

and boundary conditions we use the strong relationship between mineral-
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magnetic dust proxies in Lake Bosumtwi and dust content in Antarctic ice 

cores to tune the record on glacial-interglacial transitions, similar to the 

approach of EPICA (2004). 

 XRF-inferred elemental abundance and carbonate geochemistry and 

mineralogy are indicative of lake level and hydrologic balance at the lake, 

and indicate an interplay of orbital forcing and Atlantic SSTs boundary 

conditions over the past 530 kyr. 

 Lake Bosumtwi hydrology tracked the 400-kyr component of orbital 

eccentricity, with substantially drier background conditions during the 

interval of high eccentricity between 300 and 100 ka. 

 On 100-kyr timescales, lake level had a positive relationship with 

eccentricity, with generally wetter conditions occurring during 

interglacials and eccentricity highs, although the relative wetness of each 

glacial and interglacial period varied substantially, modulated by the 400-

kyr component of eccentricity.

 On shorter timescales, Lake Bosumtwi hydrology appears to have been a 

balance between high- and low-latitude forcing. Over the past 150 kyr, 

West African hydrology shows a latitudinally varied response to these two 

forcings; more northerly sites are more sensitive to obliquity and 

temperatures in the North Atlantic, whereas more southerly sites respond 

more to local insolation and precession forcing. Lake Bosumtwi typically 

lies between these two responses. Interestingly, the amplitude of the 
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forcing influences the latitudinal extent of the response: only more 

southerly sites responded to the local insolation low ca. 45 ka; whereas all 

of West Africa dried during the more severe decrease ca. 90 ka.

  Abrupt, millennial-scale climate changes in the North Atlantic (i.e., 

Dansgaard-Oeschger and Heinrich Events) are recorded as abrupt changes 

in lake level in Lake Bosumtwi. As is common at several sites in both East 

and West Africa, Heinrich events consistently correspond to dry intervals 

at Lake Bosumtwi. There is some evidence to suggest that D-O cycles may 

correspond to progressively drier wet-intervals preceding each Heinrich 

Event, but uncertainty in the chronology precludes conclusive evidence of 

this coupling. Millennial-scale variability is greatly reduced during the 

penultimate glacial period, suggesting a variable influence of abrupt events 

in the North Atlantic, probably driven by changes in the amplitude of 

orbital forcing.

 Six multi-millennial scale intervals of extreme aridity were recorded in the 

sediments during the past 530 ka, all during the eccentricity-high interval 

from 300-50 ka. These events share common features, typically occurring 

during deep-glacial conditions, and often coinciding with local summer 

insolation minima. Two of the events (AI-1 and 5), appear to have began 

and ended abruptly, with wetter-than-average conditions occurring 

immediately before and after the arid intervals. Sedimentation rates into 

and out of the transitions are uncertain, but the wet-to-dry shift most likely 
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occurred on the order of centuries or less. The amplitude, duration, and 

most importantly, the climate dynamics underlying these abrupt changes is 

an area of continuing investigation.    
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Table A1. Elemental loadings of the first two principal components
 of the XRF data

Element PC1 PC2
Al -0.39 0.03
Ti -0.43 0.11
K -0.44 0.00
Si -0.42 0.03
Fe 0.03 0.51
Mn 0.30 0.35
Ca 0.15 -0.49
Sr 0.06 -0.50
Rb -0.40 -0.04
Si 0.12 0.33



94

6°32' N

1°27' W
300

45

90

45 90

90

90

90

90

45

90

90

90 45

90

90

km

0 1 2

70 m

50 m

30 m

6°27' N

Figure A1. Site map of the Lake Bosumtwi crater, modified from Shanahan (2006). Solid 
gray lines show bathymetry (10 m contour). Dashed line indicates crater rim. Inset: 
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Figure A3. Multichannel seismic reflection profile showing draped reflectors of the lacustrine fill and 
the brecciated bedrock of the central uplift (from Scholz et al., 2002). The 13 drill holes at the five drill 
sites are shown as black bars. Drill hole 5B is shown as a solid line, along with the down core median 
grain size profile at the site.
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Figure A7. Records of dust flux over the past 200 kyr. A) Dust flux recorded in marine core
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Figure A8. Records of dust flux over the past 800 kyr. A) Dust flux recorded in marine core
ODP 659 off the coast of West Africa (deMenocal, 1995). B) Dust flux recorded in marine core
ODP 663 in the Gulf of Guinea (deMenocal et al., 1993). C) Hc:Hcr a mineral-magnetic dust
proxy for Lake Bosumtwi (Peck et al., in prep.). D) Dust concentration in the EPICA Dome C 
ice core (Lambert et al., 2008). Tie points used to tuned the Lake Bosumtwi to glacial-
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Figure A20. West African terrestrial moisture indicators and climatic forcing conditions over the past 150 kyr. 
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APPENDIX B

A 12,000-YEAR-LONG, ANNUALLY-RESOLVED VARVE RECORD SPANNING 
THE LAST INTERGLACIAL FROM LAKE BOSUMTWI, SOUTHERN GHANA
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Abstract

The impact of continued global warming on the likelihood of severe drought in 

sub-Saharan West Africa remains uncertain, as climate models generally do not simulate 

realistic climate dynamics in the region and have inconsistent projections for the future. 

The Last Interglacial period (LIG), occurring between 128 and 116 thousand years ago, is 

a partial analog for future warming because at its peak, global temperatures were slightly 

higher, and this warming was accentuated in Northern Hemisphere terrestrial summer 

temperatures. Here we present a new, annually-resolved, 12,100-year-long varve record 

for the LIG from Lake Bosumtwi in southern Ghana (6.5°N, 1.4°W). The abundance of 

terrigenous elements in the sediment, varve thickness, and the isotope geochemistry and 

mineralogy of authigenic carbonates in the sediment are all sensitive to changes in lake 

level, and record a dynamic history of hydrologic variability in the region. The LIG lake 

highstand was lower and shorter-lived than the the prolonged highstand in the early 

Holocene, and unlike the Holocene, the lake never overflowed during LIG. The overall 

drier conditions during the Holocene are most likely driven by amplified precessional 

forcing during the interval, resulting in a northward shift in the rainbelt. The LIG, like the 

Holocene, had two distinct millennial-scale moist intervals, from 125 - 123 and 121 – 120 

ka. In both the LIG and the Holocene, these peaks occurred during times of precession-

driven insolation maxima in July and October, corresponding to the two rainy seasons in 

the modern climatology. This suggests that, at least during interglacials, prolonged wet 

conditions occur at the lake when rainy season insolation is highest.  Over the course of 

the LIG, lake level generally tracked sea surface temperatures (SST) in Gulf of Guinea, 
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including an abrupt drop in lake level that lasted about 500 years ca. 118 ka, 

corresponding to cooling in the Gulf of Guinea and much of the North Atlantic during the 

interval. The timing and duration of the event are comparable to the Late Eemian Aridity 

Pulse (LEAP) that is observed at several European sites, and has been interpreted to 

result from abrupt cooling in the North Atlantic, and possibly a reduction of Atlantic 

meridional overturning circulation. This scenario would likely result in drought in West 

Africa, so the aridity ca. 118 ka is the first indication that the LEAP occurred in Africa as 

well as Europe. The occurrence of quasiperiodic variability at multidecadal to centennial 

timescales is consistent with the hypothesis that slowly varying changes in Atlantic SST 

structure (e.g., the Atlantic Multidecadal Oscillation) drives long term hydrologic 

variability in the region. The periodicities vary over the course of the record, further 

implicating the role ocean circulation. 

1. Introduction

Sub-Saharan West Africa is prone to decadal to century-scale droughts, which often 

begin abruptly, and are difficult to predict. The recent “Sahel Drought” began suddenly 

and unexpectedly in the late 1960's, resulting in widespread famine, mass emigration, and 

political instability, and exemplifies the effects of abrupt climate change (Benson and 

Clay, 1998). Virtually no instrumental precipitation records in the region were collected 

before 1915 (Nicholson, 2001), and the prolonged drought spanning the end of the 20th 

Century is well outside the variability observed prior to 1968, when the drought began. 

For example, annual precipitation totals for the region for every year from 1970 to 1997 
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were below the 100-yr mean (Nicholson and Webster, 2007). The instrumental record is 

too short to understand the full range of hydrologic variability in the region, especially 

because of the occurrence of multidecadal droughts and pluvials in the pre-instrumental 

record (Shanahan et al., 2009). This motivates the investigation of paleoclimate archives. 

Unfortunately, terrestrial West Africa has among the poorest coverage of paleoclimate 

data in the world; however, recent work on Lake Bosumtwi has revealed extreme 

variability in hydrology over the past 2700 years, indicating that the “Sahel Drought” is 

well within the range of past variability, and that the region has experienced more severe 

and longer lasting droughts (Shanahan et al., 2009). The implications of this finding for 

the influence of continued global warming on moisture availability in the region remains 

unclear.

Climate model projections for precipitation and evaporation in sub-Saharan west 

Africa vary widely from model to model (Cook and Vizy, 2006; Randall et al., 2007; 

Christensen et al., 2007; Rodriguez-Fonseca et al., 2011). This is partly because the 

region lies on the boundary between two zonal bands with well-understood responses to 

global warming. Climate models consistently simulate increases in water vapor with 

increases in temperature, following the Clausius-Clapeyron relation, which reduces the 

poleward redistribution of moisture in the tropics, resulting in increases in equatorial 

precipitation and decreases in subtropical moisture (Held and Soden, 2006). In addition, 

continued tropospheric warming and stratospheric cooling, driven by both increases in 

greenhouse gases and anthropogenic ozone depletion, results in a widening of the tropical 

belt (Lu et al., 2009) and a poleward shift in the westerlies (Shindell and Schmidt, 2004; 
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Toggweiler and Russell, 2008), further drying the subtropics. The Sahel and Guinea 

Coast regions are in the transition zone between increases in precipitation in the tropics 

and decreases in the subtropics. 

Projecting changes in hydrology in the region is further complicated by the 

dynamics of the West African Monsoon (WAM). Unlike convective precipitation in other 

equatorial and monsoonal regions, the West African monsoon is not driven by the 

convergence of moist southwesterly monsoonal flow and the ITCZ, but rather, by the 

complex interaction of upper-level circulation and jets with low level moisture transport 

(See section 1.2) for more detail; Nicholson, 2009; Pu and Cook, 2010; 2012). This 

complexity, and the importance of small-scale features, such as the West African Westerly 

Jet,  is probably part of the reason why GCMs struggle to simulate the West African 

Monsoon, both over the 20th century and in the mid-Holocene (Cook and Vizy, 2006; 

Randall et al., 2007; Christensen, 2007; Pu and Cook; 2012). Only 4 of the 18 AR4 

models analyzed by Cook and Vizy (2006) demonstrated reasonably realistic simulations 

of the WAM during the second half of the 20th century. The models that did well in the 

20th century, each simulated substantially different responses for the 21st century. For the 

A2 scenario, GFDL CM2.0 and CM2.1 (Held et al., 2005) showed slight drying in the 

Guinea Coast region, and extreme drying in the Sahel, MIROC (medres model) simulated 

wetter conditions in the Sahel and drier on the Guinea Coast, and MRI simulated small 

increases in precipitation on the Guinea Coast, and a slight drying of the Sahel (Cook and 

Vizy, 2006).

Given the uncertainty in climate model projections for the region, using 
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paleoclimate records to understand how hydrology in the region responds to changes in 

forcing may provide insight to the region will respond to continued warming. The Last 

Interglacial period (LIG; roughly equivalent to the Eemian, or Marine Isotope Stage 5e), 

which occurred from about 128 to 118 ka, is an interesting period to study for several 

reasons; first, it's the most recent analog to the Holocene, with generally similar 

conditions, although differences in the orbital configuration resulted in altered insolation 

forcing, especially seasonally (Berger and Loutre, 1991). It is often considered a partial 

analog for future climate, because global mean temperatures were slightly warmer (0-

2°C; Turney and Jones, 2010; McKay et al., 2011) and sea level was 6-8 m higher than 

preindustrial conditions (Hearty et al., 2007; Kopp et al., 2009), although global CO2 (and 

other GHG) concentrations were far below modern and projected future concentrations 

(270-290 ppm), Luthi et al. (2008). The largest difference in forcing relative to the 

Holocene during the LIG is the change in seasonal forcing due to the amplification of the 

precession cycle by eccentricity (Berger and Loutre, 1991). This resulted in a >30 W m-2 

increase in Northern Hemisphere insolation summer, and a corresponding decrease in 

Southern Hemisphere winter insolation at the height of the interglacial ca. 124 ka. This 

resulted in much warmer temperatures in the Northern Hemisphere, especially on land 

during the summer (Turney and Jones, 2010; McKay et al., 2011). The northern 

Hemisphere is consistently projected to warm faster in the future than the southern 

Hemisphere in all seasons, and especially on land. More regionally, Weldeab et al., 

(2007) show that the SST in the Gulf of Guinea was generally warmer during the LIG 

than the Holocene, which is also a consistent projection of GCMs for the 21st century 
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(Cook and Vizy, 2006). Altogether, reconstructing  hydrologic variability in the region 

during the LIG has the potential to provide insight into future climate in the region.

1.1 Site

Lake Bosumtwi is a 1.08 +/- Ma (Koeberl et al., 1997; Jourdan et al., 2009) meteorite-

impact crater lake located in southern Ghana (6°30' N, 1°25' W) approximately 150 km 

north of the Gulf of Guinea (Figure B1). The lake has no outlet, is isolated from the 

groundwater table, and the lake surface occupies about half of the basin, and 

approximately 80% of the annual water input from rainfall directly on the surface (Turner 

et al., 1996a). These features make lake level extremely sensitive to changes precipitation 

and evaporation, and lake level responds to interannual and decadal-scale changes in 

precipitation, rising more than 5 m during the wet interval from 1940-1970, and  falling 

more than 2 m during the “Sahel Drought” from 1970-2000 (Shanahan et al., 2007). 

Sedimentation in the lake and the stable isotope geochemistry of carbonates precipitated 

in the lake are sensitive to lake level (Talbot and Delibrias, 1977; Talbot and Kelts, 1986; 

Peck et al., 2004; Shanahan, 2006; Shanahan et al., 2009). The lake is meromictic and 

typically anoxic below 15 m depth (Turner et al., 1996b), allowing for the preservation of 

finely laminated varves, which have accumulated over the past ca. 2700 yr (Shanahan et 

al., 2008a, 2009). Finely laminated, presumably varved, sediment is common in intervals 

throughout the 291-m sediment sequence deposited since the crater was formed, 1.08 Ma 

(Peck et al., in prep.; Appendix A). This study focuses on a continuously laminated 

interval between 57.4 and 60.7 meters below the present-day lake floor. 
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1.2 Modern Climate

Climate in the region is strongly seasonal, and most of the variability can be 

attributed to the annual migration of the tropical rainbelt (Nicholson, 2009) (Figure B2). 

Annual precipitation at the lake has a bimodal distribution, with peak rainfall occurring in 

May-July and a smaller peak from September-October. Mean temperature at nearby 

Kumasi varies from about 24°C in the boreal summer to 28°C in the winter (Shanahan et 

al., 2008). The cooler temperatures in the summer are attributable to enhanced upwelling 

in the Gulf of Guinea, while the warm winters are indicative of the influence of the 

terrestrial air masses to the north. Wind in the region is also seasonal, and is controlled by 

the position of the Intertropical Convergence Zone (ITCZ). In the boreal summer the 

ITCZ is positioned north of the lake over the Sahel and Sahara, and the monsoonal 

southwesterlies peak in August. In the winter the ITCZ is positioned near the Guinea 

Coast, wind speed is reduced, and aerosol-rich northeasterly 'Harmattan' winds are 

common. Dust supplied to the region by these winds has been shown to be a substantial 

component of Ghanaian soils (He et al., 2007) and solute load in Lake Bosumtwi (Turner 

et al., 1996b). 

Interannual variability in precipitation in the region has two primary modes of 

variability: a monopole and dipole mode. The monopole mode describes years when the 

both the Guinea Coast and the Sahel are wetter or drier than average. This mode is 

associated with the amount of low-level moisture transport (Pu and Cook, 2012) and the 

strength of the Tropical Easterly Jet (TEJ; Nicholson 2008a,b), which, when stronger, 

drives upper level divergence and promotes deep convection through the rain belt. The 
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strength of the TEJ may in turn be associated with the strength of the Asian Monsoon and 

tropical Pacific SSTs (Chen and van Loon, 1987; Janicot et al., 2001; Nicholson, 2008b). 

The dipole mode describes rainfall anomalies in the Sahel region (north of 10° N) are of 

the opposite sign of those in the Guinea Coast region (south of 10° N) (Nicholson and 

Webster, 2007; Nicholson, 2008a). The mode of variability, the sign of that mode, and the 

amplitude of the anomalies are related to the strength, position and structure of the upper 

level TEJ (Nicholson 2008a,b) and the mid-level African Easterly Jet (AEJ; Nicholson 

and Webster, 2007; Nicholson, 2008a, Dezfuli and Nicholson, 2011). Whereas upper 

atmospheric circulation drives the convective conditions, moisture is primarily derived 

from low levels from the southerly monsoonal flow, and a distinct, low-level westerly jet 

originating off the coast of West Africa near the Atlantic ITCZ, which was identified by 

Grodsky et al. (2003). Recent work suggests that the West African Westerly Jet (WAWJ) 

is critical in driving interannual and decadal variability in precipitation in the Sahel (Pu 

and Cook, 2010; 2012). Variability in these atmospheric circulation patterns are related to 

a number of factors, including sea surface temperatures (SST) in the tropical Pacific (e.g., 

Rowell 2001; Janicot et al., 2001) and eastern Mediterranean (Rowell, 2003), as well as 

the strength of the Asian Monsoon (Chen and van Loon, 1987; Janicot et al., 2001; 

Nicholson, 2008b). However, SST variability and especially the interhemispheric sea 

level pressure (SLP) and SST gradients in the tropical Atlantic are most strongly linked to 

interannual and decadal scale variability in the regional precipitation (e.g., Lamb, 1978; 

Nicholson and Grist, 2001; Rowell, 2003; Nicholson and Webster, 2007; Nicholson, 

2008a,b; Nicholson, 2009, Pu and Cook, 2012). 
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Interhemispheric SST structure has been implicated in past hydrologic changes in 

the region as well. Shanahan et al., (2009) showed that lake level at Lake Bosumtwi was 

tied to the Atlantic Multidecadal Oscillation (AMO) over the past 2700 years. Cold 

intervals in the North Atlantic have been associated with extremely dry conditions in 

much of West Africa, most notably during Heinrich 1 (Stager et al., 2011); although 

similar conditions have been observed in both terrestrial and marine proxies throughout 

the past 100 ka (Peck et al., 2004; Weldeab et al., 2007; Mulitza et al., 2008;  Tjallingii et 

al., 2008; Castañeda et al., 2009;  Itambi et al.; 2009).

2. Methods

2.1 Core Drilling and sampling

In July and August of 2004, a total of 1.83 km of sediment was recovered from 

five drill sites using the global lake drilling system (GLAD-800; Peck et al., 2005; 

Koeberl et al., 2007). This study focuses on cores recovered from deep-water (74 m) site 

5, drilled into the annular sediment moat around the impact-derived central uplift (Figure 

B3). Two cores from that site (5B and 5C) capture the entire 296-m-long lacustrine 

sediment sequence. After drilling, the cores were shipped to the University of Rhode 

Island, where they were split, described, imaged, and analyzed for a wide variety of 

physical parameters. U-channels were taken from the axis of each core to measure a suite 

of mineral magnetic parameters. Core logging and physical sediment properties were 

used to integrate the depth scales for the three drill cores from site 5 (BOS04-5A,B&C) 

into a relative mean core depth (RMCD; pers. comm. C. Heil).
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 2.2 Sampling and laminae analysis

The U-channels from the core sections of cores 5B and 5C were subsampled, flash-frozen 

using liquid nitrogen, and freeze dried at the University of Arizona. Once dehydrated, the 

sediments were vacuum-embedded with epoxy resin (cf., Lotter and Lemcke, 1999). For 

optical analysis, the embedded sediments were cut and polished down into thin sections 

of 30-40 μm thickness, and then photographed at 25x magnification under cross-

polarized light using a Canon EOS D20 SLR camera attached to an Olympus SZX9 

binocular microscope. To create mosaic images without distortion, the photographs were 

stitched together using Canon PhotoStitch software version 3.1 in “Document” mode. 

The images were then spatially rectified in ArcGIS 10.0 (ESRI Software, Inc.) by 

aligning the images with the 25-μm-resolution μXRF data, or a 100-μm-resolution glass 

scale included in the photographs. Laminae were then counted and measured in ArcGIS 

10.0. 

2.3 XRF analysis

The relative abundance of major and minor elements in the sediments was 

analyzed using two scanning X-ray fluorescence techniques. The embedded sediments 

from core 5B were analyzed at 25-μm resolution, under vacuum, using the EDAX Eagle 

III scanning XRF at the University of Arizona, using a Mo X-ray source and 16 sec count 

times. The short count times used on the embedded sediments were necessary to allow for 

high-resolution measurements of elemental variability within small lamina present in the 

the sediments, and to support laminae counting. After the varves were identified and 
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counted, two methods were used to calculate annual averages. In the first approach, the 

raw XRF spectra for each year were summed and reanalyzed in the EDAX software. This 

approach allows for better defined spectra (with effectively longer count times), but was 

too inefficient to use for the Monte Carlo ensembles (see section 2.4). For the ensemble 

members, the XRF counts for each point were simply averaged. The latter approach result 

is less precise than the former, however comparison of the two methods suggests that the 

large changes in XRF intensities throughout the record are well-captured by either 

approach. Nevertheless, we hope to improve the efficiency of the first approach and fully 

adopt this methodology in future research, as this two-step procedure would allow the 

XRF data to be collected and used to aid laminae counting at extremely high resolution, 

and then subsequently integrated into yearly averages from very well-defined spectra. 

Over the course of the analyses, a decrease in count rates were observed in all elements, 

possibly due to a weakening of the X-ray source. To account for this, Cl counts on pure 

resin at the beginning, end, or in gaps in the sediment in each puck were used to 

standardize the count rates. The standardized counts compare well with lower resolution 

XRF data collected using the Itrax scanning XRF at the University of Minnesota, Duluth, 

justifying the normalization (Figure B4; Appendix A).

2.4 Development of the varve chronology

The fine laminations found throughout most of the Lake Bosumtwi record have 

been carefully studied in several intervals. The lamina comprising the top 1.5 m of the 

sediment sequence are annual layers, or varves, as shown by their correspondence with 
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210Pb, and 14C “bomb-pulse” ages over recent decades and centuries, and 14C ages over the 

past 2700 yrs (Shanahan et al., 2007, 2009). A longer interval of laminations deposited 

between 12 and 29 ka closely correspond with the nearby 14C dates, confirming that the 

laminations deposited during this interval are also varves (Shanahan et al., in prep). The 

internal structure of the varves through these intervals varies considerably (Shanahan et 

al., 2007). Varves formed during the late Holocene are comprised of a clastic unit, which 

most likely washes in during the rainy season, and organic matter and calcite-rich unit 

which forms during the productive season (Shanahan et al., 2007). In intervals deeper in 

the core, the calcite is often absent or replaced by another carbonate mineral (i.e., 

dolomite, aragonite, siderite, or ankerite), and the organic layer typically appears in thin 

section as a thin, opaque layer. Nevertheless, the minerogenic (rainy season) component 

and the organic-rich (productive season) component, appear to be a robust indicator of 

the annual cycle across a wide range of environmental and climatic conditions. 

The laminations studied here also consist of couplets of alternating minerogenic 

and organic-rich units, among other components (including several carbonate minerals) 

which occur in sections of the study interval. The interval is well beyond the limits of 

radiocarbon dating, and there are no independent geochronological approaches that can 

be used to verify my interpretation of the annual nature of the laminations in this interval. 

Nevertheless, because the layers have a similar structure as the Holocene and late 

Pleistocene varves, and because their components are consistent with an annual cycle of 

sedimentation, it is most likely that they represent annual layers. In this study, the top of 

each varve was identified by the opaque, organic-rich unit deposited each productive 
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season. For some laminae, it is unclear whether or not they represent a year, or are 

subannual depositional events. For these layers, we followed the approach Rasmussen et 

al., (2006) used in layer counting the NGRIP ice core, and recorded these layers 0.5 +/- 

0.5 years. These layers were later used to help quantify the uncertainty in the varve 

chronology, varve thickness, and XRF records.

The entire LIG section (57.3 to 60.7 relative mean composite depth (RMCD)) 

from both cores 5B and 5C was thin sectioned, and the varves were counted and 

measured twice for each core, resulting in nearly complete replication of the varve 

sequence, and for most intervals, four estimates of varve counts and thickness. To allow 

for comparison and evaluation of counting uncertainty between cores, 379 marker layers, 

primarily turbidites, and units with distinct mineralogies (iron-sulfides and carbonates), 

were identified in cores 5B and 5C. The composite varve chronology was developed by 

creating an ensemble of varve counts and thicknesses between each set of marker layers, 

moving progressively up the sediment section. For most intervals, this resulted in four 

ensemble members for each interval. In sections where there were gaps in the sediment in 

one of the cores, only the two estimates from the continuous core were used. For each of 

the four varve count and thickness estimates, hundreds of additional ensemble members 

were generated stochastically by allowing the uncertain years identified during counting 

and measurement (i.e., 0.5 +/- 0.5 years) to be either a separate year, or part of the 

adjacent lamination. Following this approach, 1000 ensemble members for varve count 

and thickness were created for the gap between each set of marker layers. These 

ensembles allow quantification of the uncertainty associated with identifying, and 
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measuring the varves throughout the record and estimation of the chronological 

uncertainty between marker layers. By repeating analyses on individual ensemble 

members, we can investigate how counting and identification uncertainty influence the 

varve thickness and XRF records. It is important to note, however, that this approach 

represents only one component of the chronological uncertainty in the record. The other 

component, the veracity of my interpretation of annual cycles in the sediment cannot be 

independently determined, and is not included in the uncertainty measurements.

Because we have identified synchronous marker layers in cores BOS04-5B and 

BOS04-5C, two different approaches for creating XRF and varve thickness ensembles are 

used. In the first approach, marker layers are forced to occur in the same year in each 

ensemble, so the the gap between marker layers also remains constant. This approach is 

preferable for examining the records in time space, since it enforces the observed 

stratigraphic order in the record, not allowing for varves below a marker layers in one 

core to be integrated with varves above the same layer in the other core. These 

ensembles, however, alter the serial nature and autocorrelation structure of the records. 

Therefore, a second set of ensembles, that disregard the marker layers, is used for spectral 

analysis of the records.

2.5 Geochronology

Although the varve chronology for the interval is well constrained, the absolute 

age of any given varve is unknown; it is a “floating” chronology. For the purposes of 

comparing with other regional and global records, and understanding the intervals 
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response to orbital forcing, it is worthwhile to try to “pin” the “floating” chronology as 

accurately as possible. The uppermost sediments of the Lake Bosumtwi sediment 

sequence are well-dated by 14C ages and varve counting (Shanahan et al., 2009; Shanahan 

et al., in review), however, beyond the limits of radiocarbon dating the chronology 

becomes less certain. Deeper in the core, optically stimulated luminescence (OSL) ages, 

and U/Th ages on authigenic carbonates provide further age control, however, the 

analytical uncertainty and lack of agreement between ages make identification of MIS 5e 

in the sediment sequence ambiguous (Figure B5). In Appendix A, the Lake Bosumtwi 

sediment sequence was roughly synchronized with the EPICA Dome C (EDC) timescale 

by matching abrupt changes in the Lake Bosumtwi and EDC dust records (Lambert et al., 

2008; Peck et al., in prep) that coincide with glacial-interglacial transitions. The two 

nearest tie points relevant to the LIG are the transition from MIS 6 to MIS 5e (133 ka on 

the EDC timescale) and the onset of abundant dust deposition associated with MIS 4 (70 

ka on the EDC timescale). This tuned chronology includes its own assumptions, and does 

not allow for evaluation of leads and lags in the onset and termination of the period 

(Appendix A). However, it does increase our confidence that the varve interval was 

deposited during the LIG. Over the past 140 ka, the relative abundance of terrigenous 

sediment in the Lake Bosumtwi record generally covaries with nearby SST and SSS 

records (Weldeab et al., 2007), and to a lesser extent the NGRIP δ18O record (NGRIP, 

2004; Figure B6). A distinct cold event in the NGRIP record, Greenland stadial 25 (GS-

25), followed by an abrupt shift into Greenland interstadial 24 (GI-24; ~110 ka) is clearly 

recognizable in SST and SSS records in the Gulf of Guinea, and likely corresponds to a 
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dry-to-wet transition in Lake Bosumtwi, apparent in the abundance of terrigenous 

material in the sediment at about 109 ka on the timescale from Appendix A. Assuming 

this excursion in Lake Bosumtwi hydrology is correlative with GS-25 and GI-24 implies 

a 1 kyr offset in the Lake Bosumtwi timescale (Appendix A; Shanahan et al., in prep) 

relative to the NGRIP GICC05ext timescale (Wolff et al., 2010). Therefore, we use this 

offset to pin the “floating” varve chronology to an absolute age; suggesting that the 12.1 

kyr-long varve record spans the interval from 128.6 to 116.5 ka. It is very difficult to 

assess the uncertainty in these absolute ages. The assignment relies on the several 

assumptions, including that the large scale climate changes are synchronous between 

Greenland and West Africa. Although this hypothesis is well supported in the literature, 

there are few if any records for this time from West Africa that have chronologies that are 

completely independent from the NGRIP chronology. Another assumption is that the 1 

kyr offset between the Lake Bosumtwi and NGRIP records apparent 110 kyr remains 

constant back to 116.5 ka. This assumption could be avoided by pinning the record to an 

event within the varve chronology, however, there are not any unambiguously correlative 

events in the varved interval. By tying the floating varve chronology to a single event we 

avoid potential biases associated with “wiggle-matching” the varve chronology to nearby 

high-resolution records.  

There are several other lines of evidence supporting my hypothesis that the study 

interval corresponds to the LIG. Dust proxies for Lake Bosumtwi generally share the 

main features of both nearby and high latitude dust records, particularly the difference 

between glacials and interglacial periods (Peck et al., in prep.; Appendix A). The study 
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interval comprises a period of low dust content immediately following high dust 

deposition at the end of MIS 6. The 3.4-m-long varved interval studied here has relatively 

high organic matter and manganosiderite content, both of which are indicative of 

relatively high lake level (Appendix A). Furthermore, the interval contains continuous, 

sub-mm laminations indicating the persistence of anoxic bottom waters, another indicator 

of wet or warm conditions at the lake. The overwhelming majority of terrestrial moisture 

sensitive records for West Africa indicate that interglacials are generally wet with respect 

to glacial periods (e.g., deMenocal et al., 1993; deMenocal, 1995; Weldeab et al., 2007; 

Mulitza et al., 2008;  Tjallingii et al., 2008; Itambi et al.; 2009), and this was clearly the 

case at Lake Bosumtwi for the Holocene relative to the late Pleistocene (Talbot and 

Johannessen, 1992; Peck et al., 2004). Therefore, it is likely that lake level was higher 

during MIS 5e than MIS 6 or MIS 5d. 

Taken together, the general agreement of lake level indicators at Lake Bosumtwi 

and global-scale climate phenomena during MIS 5, and the occurrence of a high-moisture 

balance interval immediately following dust-rich MIS 6 makes the study interval (57.3 to 

60.7 RMCD) the most likely candidate for the LIG at the lake. This is consistent with the 

nearby U/Th and OSL ages (Figure B5; Shanahan et al., in prep.). Finally, the Blake 

geomagnetic excursion, which occurred during the LIG (123 +/- 3 ka; Lund et al., 2006), 

has been identified in this interval (Heil et al., in prep.).

2.6 Carbonate isotope geochemistry

Potential samples for carbonate mass spectrometry were identified from thin 
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section analysis and the XRF intensities of Ca (for calcite, dolomite and ankerite) or Mn 

(for manganosiderites). A 300 μm drill bit was then used to sample the carbonates from 

the resin-embedded sediments. Once cured, the epoxy resin does not react with the 

phosphoric acid used in isotopic analysis; powdered resin added to calcite standards 

NBS-19 and NBS-18 resulted in no offset from pure carbonates. The powdered 

carbonates were heated under vacuum at 100°C for several hours to remove volatile 

organic compounds prior to measurement. The δ18O and δ13C of these carbonates were 

measured using an automated carbonate preparation device (KIEL-III) coupled to a gas-

ratio mass spectrometer (Finnigan MAT 252). Powdered samples were reacted with 

dehydrated phosphoric acid under vacuum at 70°C. The isotope ratio measurement is 

calibrated based on repeated measurements of NBS-19 and NBS-18 and precision is ± 

0.10 ‰ for δ18O and ±0.08‰ for δ13C (1 sigma).

3. Results

3.1 Generalized Lithology and Laminae structure

A generalized lithology is shown for the study interval in Figure B7. The studied 

interval is a 3.4-m-long (57.4 to 60.7 m RMCD), continuously laminated with variable 

lithologies. The interval is bounded above and below by unlaminated sediments, 

immediately below the study interval is 2-cm-thick carbonate-rich layer, underlain by 

massive, dense clays and silts with little internal structure. 
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3.1.1 Unit 1a (60.3 – 60.7 m RMCD) 

The base of the study interval is composed of dark-brown finely laminated (0.1 to 

0.5 mm) muds and opaque organic layers with abundant well-rounded quartz grains, 

varying from 10 to 50 μm in diameter, presumably of eolian origin. Moving up in the 

section, the well-rounded grains gradually become finer and sparser, and are rare above 

60.4 m RMCD. Calcite-rich sublaminae are common in this interval, but are not found 

within every lamination.

3.1.2 Unit 1b (60.2 – 60.3 m RMCD)

In unit 1b, the laminae remain finely laminated (0.1 to 0.4 mm), but carbonate-

rich laminae are rare. The laminae are clearly defined as alternating tan, minerogenic 

layers and thinner, opaque, organic-rich layers. The minerogenic layers often have a 

distinctly reddish color, associated with fine-grained iron sulfide minerals.

3.1.3 Unit 1c (59.8 – 60.2 m RMCD) 

The base of unit 1c is composed of very finely laminated  (0.05 to 0.15 mm) 

terrigenous-calcite-organic triplets that gradually thicken upwards and into thick (0.4 to 

1.0 mm) terrigenous layers divided by poorly defined opaque organic units. Through this 

interval, distinct iron-sulfide-rich bands become common, and carbonate layers are rare 

in the thickest lamina. Above, 59.9 m RMCD, the laminations thin somewhat (0.3 to 0.6 

mm), and thin calcite layers are common in most laminae, and thick, red iron sulfide 

layers are found occasionally. 
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3.1.4 Unit 1d (59.6 – 59.8 m RMCD)

Here, finely laminated (0.1 to 0.4 mm) alternating minerogenic terrigenous layers 

alternate with opaque organic layers, with light tan calcite layers in each packet. Distinct, 

bright red discontinuous layers of coarse-grained iron sulfide occur sporadically, once 

every several layers. The coarseness of morphology of the layers suggest that these 

sulfide layers were formed post-depositionally, however, they remain confined to 

individual lamina and are traceable between cores, suggesting that they form in the 

shallow subsurface in response to bottom water geochemistry. 

3.1.5 Unit 2a (59.1 – 59.6 m RMCD)

Unit 1 grades into Unit 2, where the laminae become extremely fine (0.05 to 0.1 

mm), and calcite layers are rare. Bright red iron-sulfide-rich layers are common, but are 

thinner and more continuous than their counterparts in Unit 1d. The laminae are still 

primarily formed of alternating minerogenic and organic units, but the minerogenic units 

become very thin, and the overall composition of the sediment is more organic-rich. 

Throughout the interval, there are distinctive, relatively thick (0.1 to 1 mm) orange 

manganosiderite units, and above 59.5 RMCD, thick (up to 7 cm) turbidites are common. 

The turbidites are primarily minerogenic, and coarsen upwards, terminating in light-

colored fine-grained caps. In places, the turbidites occur in packets, with no or few 

laminae between turbidites. Elsewhere in the unit, however, turbidites of various 

thicknesses are separated by hundreds of fine lamina. There is no evidence of erosive 

contacts at the base of any of the turbidites, although some of the thicker turbidites 
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include packets of laminae reworked from other, presumably shallower areas of the lake.

3.1.6 Unit 2b (58.7 – 59.1 m RMCD)

Above the extremely fine laminations of unit 2a, the lamina thicken (0.1 to 0.4 

mm) and the grain sizes of the terrigenous layers become visibly coarser, composed 

primarily of silt-size material. The unit is less organic-rich than unit 2a, but contains more 

dark-colored organic material than unit 1. The laminations in this interval often contain a 

thin reddish-brown layer in the middle of the clastic terrigenous layer. The layers are rich 

in Fe, but contain no sulfur, and may be associated with redox geochemistry 

accompanying an annual overturning of lake during this interval. Large, (1-3 mm) 

individually occurring gypsum crystals that cut across nearby lamina are found in this 

interval. The crystals are clearly diagenetic, and may be associated with increased amount 

of sedimentary organic-material in the interval, although the origin of the crystals and 

their significance remains uncertain.

3.1.7 Unit 2c (58.6 - 58.7 m RMCD)

In unit 2c, the fine laminations (0.1 to 0.3 mm) are predominantly composed of a 

minerogenic clastic unit interbedded with a thin, opaque organic unit. The sediments here 

contain abundant, well-round silt-sized quartz, similar to the base of unit 1a, but 

somewhat finer grained and more densely packed. Dolomite, present in both distinct 

yellow bands, and mixed in with the terrigenous layer is also present in this interval. 
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3.1.8 Unit 2d (58.4 - 58.6 m RMCD)

This unit is very finely laminated (0.05 to 0.15 mm), and the grain size of the 

terrigenous clastic unit is finer than in units 2c and 2b, with rare well-rounded quartz 

grains. The laminations are primarily composed of distinct minerogenic and opaque 

organic couplets, although reddish, iron-sulfide-rich layers are common. As in Unit 2b, 

large diagenetic (1-3 mm) gypsum crystals cut across laminations in places.

3.1.9 Unit 3a (58.1 - 58.4 m RMCD)

Dark brown muds alternating with thin opaque organic layers form the 

laminations in this interval, which gradually thicken upwards (from about 0.2 mm to 0.3 

mm). Well rounded, presumably eolian, quartz grains are abundant through this interval. 

Yellow-tan carbonates of variable compositions between dolomite and ankerite occur in 

places through the interval, as both fine grained crystals interbedded with terrigenous 

clastic sediments, and as larger (100 μm to 1 mm) cyrstals that form discontinuously 

across lamina and appear to have formed post-depositionally. 

3.1.10 Unit 3b (57.4 - 58.1 m RMCD)

Tan, terrigenous, minerogenic sediment dominates this interval, alternating with 

discontinuous thin opaque organic-rich layers to define laminations that thicken upward 

(from 0.4 mm near the base to about 1.5 mm near the top). Distinct red iron-sulfide-rich 

layers commonly form distinct bands that are traceable across cores. As in Unit 3a, 

dolomitic to ankeritic carbonates are found as both distinct yellow-tan units with large 
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crystals, and as fine-grained minerals within the terrigenous units. Near the top of the 

section the laminations continue to thicken and the opaque organic layer becomes less 

distinct until the laminations are no longer clearly recognizable, marking the top of the 

study interval.

3.2 Carbonate isotope geochemistry and mineralogy

The δ18O and δ13C of the carbonates (δ18Ocarb, δ13Ccarb) show extreme variability 

across through the 12,000 yr record, varying from 0.7 to 12.5‰ and 3.0 to 23.5‰, 

respectively (Figure B8). Generally, δ18Ocarb and δ13Ccarb covary, consistent with previous 

studies at the lake (Figure B8; Talbot and Kelts, 1986). Furthermore, the mineralogy and 

mechanism of formation of the carbonates also have a strong control over their carbon 

and oxygen isotopic composition. Talbot and Kelts (1986) identified two primary modes 

of formation for the carbonates in Lake Bosumtwi, 1) near the lake surface driven by CO2 

drawdown during the productive season, and 2) near or just below the sediment-water 

interface driven by methanogenesis. The latter mode of formation results in very high 

δ13C values (7 – 27‰) because the methane produced is extremely depleted (-60‰) in 

13C, causing the remaining carbon is isotopically enriched. Methanogenesis does not 

affect the oxygen isotopic composition of the carbonates, and the oxygen isotopes of 

carbonates formed by either mechanism should track that of the surface or deep water 

(Talbot and Kelts, 1986). Because the lake is small, has a short residence time (~30 yrs ; 

Turner et al., 1996a), and is relatively well-mixed (Turner et al., 1996b), the carbonates 

formed in the bottom waters probably represent a long-term average of the lake water 
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δ18O (δ18Olw), whereas those formed near the surface may reflect a shorter-term 

“snapshot” of δ18Olw.  On decadal and longer timescales, however, the two are likely 

comparable.

Changes in carbonate mineralogy complicate the δ18Ocarb record, because the 

water-carbonate oxygen isotope fractionation varies considerably between minerals (cf., 

Chacko and Deines, 2008). At least four species of carbonate are found in the study 

interval. The minerals were identified using several methods. First, the manganosiderites, 

found between 59.1 and 59.6 m RMCD, are readily apparent in thin section, because of 

their bright orange color, and in the XRF Mn intensities, which are very high (Figure B9). 

Calcite is identifiable in thin section, as distinct white layers, with sharp Ca XRF peaks 

between 59.6 and 60.6 m RMCD, and 58.8 and 59.1 m RMCD. The transition from 

calcite to dolomite at 59.1 m RMCD occurs abruptly, in less than 4 cm. Between 58.4 and 

59.1 m RMCD, dolomite is visually distinct in thin section, forming thicker layers and is 

yellow in thin section. The shift in mineralogy across this transition was confirmed using 

Raman spectroscopy (Rutt and Nicola, 1974; Herman et al., 1987). It is likely that the 

calcite near the transition to dolomite is relatively rich in Mg, however the inclusion of 

small amounts Mg into the calcite structure has a minimal impact on the water-carbonate 

fractionation (~0.06‰/1% Mg at 25°C; Tauritani et al., 1969). Talbot and Kelts (1986) 

report up to 18% mol MgCO3 in Lake Bosumtwi calcites, that varied significantly, even 

within individual laminations. This is consistent with the results of Abebe (2010), who 

found that the molar % of MgCO3 varies from 7.9 to 19.2 throughout drill core 5B. This 

would correspond to a maximum offset of ~1‰, which would have a minor impact on 
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major trends in δ18Ocarb. Therefore, we ignore the amount of Mg in the calcites; however, 

ideally these data would be included in the analysis. 

Finally, both dolomite and ankerite [Ca(Fe,Mn,Mg)(CO3)2], occur between 57.4 

and 58.4 m RMCD. Much of the carbonate in this section of the core is fine grained and 

intermixed with terrigenous sediment, and is only identifiable because of the weak Ca 

(and sometimes Mn) peak in the XRF data. It is difficult to obtain well-defined Raman 

spectra on the fine grained material, although ankerite is observed in X-ray diffraction 

analyses on samples from 57.70 and 57.84 m RMCD (Abebe, 2010). The occurrence of 

ankerite in the sediment complicates the interpretation of the δ18Ocarb through this interval 

for several reasons. First, the oxygen isotopic fractionation from water to ankerite has not 

been empirically determined, although a theoretical estimate suggests that it should be 

similar to calcite, and substantially lower than dolomite at relevant temperatures. This 

implies that the δ18O of an ankerite would be ~4‰ lower than a dolomite formed from the 

same water (Chacko and Deines, 2008). Secondly, the amount of Fe and Mn as opposed 

to Mg in the carbonates most likely falls on a continuum between the  dolomite and 

ankerite end-member compositions. In fact, pure ankerite [CaFe(CO3)2] isn't found in 

nature, (Davidson et al., 1993). Again, the impact of substitution of Fe and Mn for Mg in 

the dolomite structure on oxygen isotopic fractionation has not been measured 

empirically, but theoretically, replacing Fe with Mg should increase the fractionation, 

while replacing Fe with Mn should decrease it (Chacko and Deines, 2008). The elemental 

composition of the dolomites and ankerites in this interval  has not been carefully 

determined, however, comparison of the relative intensities of the Ca, Mn, and Fe XRF 
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peaks allows further investigation of the relationship between mineralogy and δ18Ocarb. 

Interestingly, Ca/Mn and Ca/Fe ratios generally correspond to δ18Ocarb measurements in 

this interval (Figure B10). Generally, lower δ18Ocarb values are associated with lower 

Ca/Mn and Ca/Fe ratios, probably corresponding to more ankeritic carbonates, whereas 

samples with high Ca/Mn and Ca/Fe ratios are more enriched in 18O. Accounting for the 

~4‰ offset between dolomite and ankerite would reduce the variability in δ18O in this 

interval, and suggest that generally, the apparently more ankeritic samples would have 

been formed in lake water with higher δ18O. This is consistent with the observation that 

over the history of the lake, ankerite is only found in intervals that other indicators 

suggest are uncommonly dry (Abebe, 2010).

To compensate for the effect of mineralogy on carbonate δ18O, for the ankerite-

free interval between 58.4 and 60.7 m RMCD, we used the fractionation equations for 

calcite (Kim and O'Neill, 1997), siderite (Carothers et al., 1988), and dolomite 

(Vasconcelos et al., 2005), to calculate the δ18Olw at the time of formation. Because the 

water-carbonate oxygen isotope fractionation is temperature dependent, changes in lake 

water temperature could complicate the δ18Olw reconstruction. To account for this, we 

estimate changes in δ18Olw over a 6°C range (23°C to 29°C). This is similar to the modern 

seasonal range in temperature, and annual mean temperatures are unlikely to have varied 

by 6°C over the course of the record. Furthermore, a period of lake level decline 

(enriching δ18Olw) would most likely be associated with warmer temperatures, which 

would have the opposite effect on  δ18Ocarb. Ultimately, the inferred variability in δ18Olw  is 

substantially larger than even a large temperature effect can explain (Figure B11), 
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reinforcing the assumption of past workers that carbonate δ18O records the composition 

of the lake water (Talbot and Kelts, 1986; Shanahan et al., 2009). 

3.3 Varve thickness

Varve thickness varies over several orders of magnitude over the study interval, 

from 0.03 to 70 mm. The thickest layers correspond to turbidites, and although they occur 

rarely, they make up a substantial portion of the sediment sequence. The turbidites are 

typically found in very finely laminated intervals, and represent sedimentation rates 

several orders of magnitude greater than nearby years. The extreme variability in varve 

thickness illustrates the non-linear relationship between hydrology and sedimentation at 

the core site. Varve thickness is controlled by several factors. On short timescales (i.e., < 

30 years), varve thickness is probably dominated by changes in precipitation. During the 

instrumental record, varve thickness tracks precipitation well; more sediment is deposited 

at the core site during rainier years (Shanahan et al, 2008). On long timescales (> 100 

years), this relationship is dominated by other factors. First, because of the small size of 

the drainage basin relative to the lake, changes in lake level have a large impact on the 

area available for sediment supply. For example, the drop in lake level from its early 

Holocene maximum to modern level corresponds to a 160% increase in the size of the 

non-lake drainage area (Turner et al., 1996a, Shanahan et al., 2006). Additionally, a 

decrease in lake level means that there is a reduced lake floor area over which sediment is 

distributed, and the core site, which is near the center of the lake, is nearer the shore. 

Both of these factors would also increase sedimentation rates at the core site, even 
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without a change in the volume of sediment entering the lake. Finally, drops in lake level 

may be associated with changes in the vegetation structure of the lake basin, varying 

between rainforest during wet intervals, and savannah and grassland flora during drier 

intervals. This along, with lake previously-deposited lake silts could increase the supply 

of available sediment, although this feedback is less certain. Altogether, the morphology 

of the lake basin is expected to drive non-linear increases in sedimentation rates during 

lowstands, and greatly reduced sedimentation during highstands.      

3.4 XRF data

The relative abundance of Al, Si, K, and Ti, as indicated by changes in the 

intensities of their XRF peaks, generally tracks varve thickness (Figures B9 and B11). 

The primary source of these elements in the lake sediments is terrigenous material that 

washes in from the drainage basin during the rain season, and every varve contains a 

layer rich in these elements (Shanahan et al., 2008; 2009). Because they are associated 

with minerals washing into the lake, as opposed to forming in the lake, we refer to these 

elements as “terrigenous elements”. The terrigenous elements are washed in from the lake 

basin, and their relative abundance is strongly influenced by the size of the drainage basin 

and the proximity of the core site to the shoreline, both of which are primarily functions 

of lake level. Therefore, the terrigenous elements are expected to vary inversely with lake 

level; most abundant when the lake is low, and least when it is high. Changes in dust flux 

would amplify this effect, further increasing the abundance of terrigenous material when 

lake level is low. The abundance of terrigenous elements is a robust lake level indicator 
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for the late Holocene, covarying with carbonate oxygen isotope values, geomorphic lake 

level indicators, and a variety of other forms evidence (Shanahan et al., 2009). In this 

study, we focus on the intensities of Ti as an indicator of terrigenous content, because it 

forms relative low-noise peaks even at short count times (unlike Al and Si), and is not 

complicated by changes in weathering and dust input (unlike Si and K; see section). 

Fe is also a terrigenous element, and is an important component of the sediment 

that washes into the lake. However, Fe is also present in minerals precipitated in the lake, 

or post-depositionally in the sediment, primarily manganosiderites and various species of 

iron-sulfide minerals (Shanahan 2006; Shanahan et al., 2008; 2009). This complicates the 

interpretation of the Fe intensities, and we consider them separately from the other 

terrigenous elements. Mn in the sediment record is present in several minerals, but is 

predominately associated with manganosiderites. Mn is also associated with iron-sulfide 

minerals and ankerite, but the intensity of the Mn peaks associated with these minerals is 

much lower (<100 cps) than with the manganosiderites (>1000 cps). Therefore, we 

consider Mn to be a robust indicator of the presence of manganosiderite. 

Ca XRF intensities primarily indicate the presence, and relative abundance of 

various species of calcium carbonates in the sediments (Shanahan 2006; Shanahan et al., 

2008; 2009). There is very little Ca in the bedrock of the drainage, which is 

predominantly schist with small outcrops of granite (Koeberl et al., 1998), and the low 

intensities of Ca in the terrigenous layers of the sediment are consistent with this 

observation. The Ca that is incorporated in authigenic carbonates in the sediments is most 

likely delivered to the lake as dust. Dust deposited by northerly Harmattan winds is an 



148

important component of Ghanaian soils (He et al., 2007), and is the likely origin of much 

of the dissolved Na in Lake Bosumtwi (Turner et al., 1996b). During the early part of the 

LIG, Ca forms distinct peaks associated with the annual, or semi-annual precipitation of 

calcium carbonates in the lake, after about 7000 varve years, however, the peaks become 

broader and smaller, reflecting the change from distinct carbonate layers to diffuse fine 

grained carbonates that are partially intermixed with terrigenous sediment and probably 

formed post-depositionally. Finally, the relative abundance of S in the sediment shows 

pronounced variability, and is present in three distinct components of the sediment. For 

most of the sediment, S XRF intensities are fairly low, tracking the abundance of organic 

matter in the sediment. Higher S intensities are associated with various the various iron-

sulfide minerals (pyrrhotite), and less frequently, large (1-3 mm) crystals of diagenetic 

gypsum found in units 2b and 2d.

4. Discussion

4.1 Hydrology during the interglacial

Varve thickness, the abundance of terrigenous sediment as indicated by Ti, and 

δ18Olw all show the same main patterns over the 12 kyr-long interval and indicate a 

consistent, dynamic history of hydrologic variability during the Last Interglacial (Figure 

B11). Whereas there are a few varve records for the interval (e.g., Sirocko et al., 2005; 

Brauer et al., 2007; Seelos and Sirocko, 2007), the overwhelming majority of the 

paleoclimatic and paleoenvironmental work done on the LIG is comprised of 

paleoecological records from Europe (e.g., Woillard 1978; Klotz et al., 2004; Sirocko et 
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al., 2005; Kühl et al., 2007; Brewer et al., 2008). This work has identified three primary 

phases of climate during the interval (c.f., Brewer et al., 2009), and although there is little 

a priori reason to assume that West African climate and hydrology experienced a similar 

history, both regions are strongly influenced by North Atlantic SST, and the framework 

provides a convenient way to examine climate as it evolved through the the interglacial. 

4.1.1 Early LIG (Varve years 1-5600; 128.6 – 123 ka)

The beginning of the early LIG interval shows gradually decreasing varve 

thickness and terrigenous sediment abundance, corresponding with decreasing δ18Olw, all 

of which suggest a gradual increase in lake level. This corresponds to a gradual decrease 

in the abundance of well-rounded eolian quartz grains in the sediment (Figure B7), 

suggesting that the increase in lake level was accompanied by some combination of 

decreasing local dust supply, driven by increasing moisture in the region, and less intense, 

or less frequent, northerly winds. Such a decrease in northerly winds may be associated 

with a northward shift in the boreal winter position of the ITCZ. All of this is consistent 

with a gradual strengthening of the West African Monsoon during the early part of the 

interglacial. 

By 127 to 126.3 ka, varve thicknesses were generally very thin, although the Ti 

and the δ18Olw data are more indicative of intermediate lake level. Beginning 126.2 ka, 

varve thicknesses dramatically increase from less than 0.1 mm to more than 1 mm by 

125.8 ka, before decreasing to thin varves (<0.1 mm) by 125 ka. This feature is among 

the most distinctive throughout the LIG varve record, and is generally supported by a 
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corresponding increase in inferred δ18Olw. Interestingly, this feature is not apparent in the 

average abundance of terrigenous material, which remains near the long term average 

during this interval. This means that although the flux of terrigenous material into the 

lake certainly increased during this interval (since flux is proportional to the product of 

average terrigenous input and sedimentation rate), the relative proportions of terrigenous 

material did not increase, which is typical of lower lake levels (Figure B11). The 

significance of this is not yet clear. 

Following the return to thin varves, all three proxies suggest an extended period 

of high lake level from 125 to 123 ka. This interval is characterized by organic-rich 

sediment, with abundant manganosiderite layers and occasional, thick turbidites. The 

presence of turbidites during intervals of high lake level is consistent with observations 

over longer timescales; turbidites are frequent during relatively wet intervals throughout 

at least the past 530 kyr (Appendix A). Most likely, the turbidites formed during brief, 

and perhaps relatively small, decreases in lake level that exposed deltas formed during 

higher lake level. These landforms would be unsupported and poorly consolidated, and 

would be particularly susceptible to mass wasting events. Taken together, the 

combination of thin varves, low Ti content, low δ18Olw and the presence of abundant 

manganosiderite and turbidites identify this interval as the longest period of sustained 

lake level highstand in the LIG.

4.1.2 Mid-LIG (Varve years 5600-9000; 123 – 119.6 ka)

Lake level began to decrease following the sustained highstand from 125-123 ka, 
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with Ti and varve thickness increasing to intermediate levels. δ18Olw increased to the 

highest early LIG values by 122.3 ka, after which varve thickness and δ18Olw both 

decrease suggesting a return to somewhat higher lake level by 121.8 ka. Following this 

varve thickness and δ18Olw rapidly increase to local maxima around 121.1 ka. This 

transition is accompanied by an abrupt change in carbonate mineralogy from calcite 

(probably Mg-rich calcite) to dolomite, and calcite is not found in the rest of the LIG 

interval. All three lake level indicators suggest a return to relatively higher lake level 

following 121 ka, with lake level remaining relatively high for the rest of the mid-LIG, 

until about 119.6 ka.

4.1.3 Late LIG (Varve years 9000-12100; 119.6 – 116.5 ka) 

The beginning of the late LIG interval corresponds to an abrupt increase in varve 

thickness, and the onset of ankeritic carbonates in the sediment sequence. The carbonates 

are not pure ankerite, which doesn’t exist in nature, but most likely a represent carbonates 

of variable composition between the dolomite and ankerite end members, where the Mg 

of the dolomite is progressively substituted with Fe or Mn. Water-ankerite oxygen isotope 

fractionation factors have not been measured empirically, and the effect of partial 

substitution of Fe or Mn for Mg remains uncertain, although theoretical arguments 

suggest that increasing Fe and Mn should decrease the fractionation factor. Interestingly, 

the oxygen isotopes of the carbonates in this interval closely track both varve thickness 

and Ti, with thicker, more terrigenous varves corresponding to lower δ18Ocarb values, 

opposite of what is observed throughout the rest of the study interval (Figure B12). This 
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is consistent with the hypothesis that δ18Ocarb in this interval tracks the relative amount of 

Fe and Mn in the carbonate, and that carbonates with lower δ18Ocarb values are more 

ankeritic, and deposited during intervals of very low lake level (Abebe, 2010). This 

interpretation is consistent with varve thickness and Ti during these intervals. 

Mineralogical complications prevent calculation of the δ18Olw during this interval, 

however the inference that more ankeritic samples have lower δ18Ocarb and dolomitic 

samples have higher δ18Ocarb, due to changes in water-carbonate fractionation factors, 

suggests that δ18Olw was on the order of 9 to 11 per mil during the interval, the highest 

values in the LIG varve record. This suggests a highly evaporated water mass, and is 

consistent with the other indicators of very low lake level during at this time (Figure 

B12).

Varve thickness and Ti intensities both show gradual increases through this 

interval, suggesting a slow decrease in lake level, interrupted by two multicentury-scale 

lowstands from 118 to 117.5 ka and 117.2 to 116.9 ka (Figure B12). The end of the 

interval is defined by increasingly poorly-defined, terrigenous-rich varves with disparate 

opaque organic layers, probably indicative of seasonally oxic conditions at the lake floor, 

consistent with a continued drop in lake level, until the varves are no longer recognizable. 

4.2 Comparison between the LIG and the Holocene

The most pronounced difference between the LIG and Holocene intervals of the 

Lake Bosumtwi sediment sequence (Figure B13) is the lack of an equivalent to the thick, 

organic-rich unit deposited during the early Holocene (often referred to as the “sapropel”; 
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Talbot et al., 1984). Geomorphic evidence and and exposed shorelines indicate that the 

lake overflowed frequently during the early Holocene, from ca. 11 to 9 ka, and 

maintained very high lake levels until 3.2 ka (Shanahan et al., 2006). This interval of high 

lake level is distinct in the sediment sequence; characterized by the lack of varves, greatly 

reduced precipitation of carbonates, and a dramatic change in the aquatic biology, as 

indicated by δ15N (Talbot and Johannessen, 1992). There is no LIG equivalent of the 

Holocene highstand sediment (“sapropel”). The organic-rich interval from 59.7 to 59.1 m 

RMCD, corresponding to 124.9 to 122.8 ka (700-5800 varve years), is the most similar, 

but the laminations are still apparent, although very thin (often <50 μm). The presence of 

a very thin terrigenous component in these varves suggest a much smaller, but still active, 

terrestrial watershed, consistent with a high, but not overflowing lake. Manganosiderite is 

much more abundant in the LIG interval than in the Holocene highstand sediment, 

another indication that the lake did not overflow during the LIG. Dissolved Fe and Mn 

were likely abundant in the deep anoxic water masses during both intervals, however, 

closed-lake conditions throughout the LIG would have kept the alkalinity and 

concentration of HCO3 high, resulting in more carbonate precipitation. The final 

indication that the wettest part of the LIG was not overflowing is the inferred δ18Olw from 

the carbonates in the interval. There are no δ18Olw measurements from the early Holocene, 

but the lowest δ18Olw values in the LIG (2.5 to 3.5 ‰) are comparable to similar values 

derived from calcites precipitated between 2.7  and 1.7 ka, after the lake had fallen 

dramatically from the early Holocene highstand (Shanahan et al., 2009). 
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4.2.1 Relationship with solar insolation

Unlike what has been observed in parts of the Asian (Wang et al., 2001; Wang et 

al., 2008) and South American (Cruz et al., 2005; Cruz et al., 2009) Monsoon regions, the 

West African Monsoon, at least in region of Lake Bosumtwi, does not vary in phase with 

changes in summer insolation (Appendix A; Shanahan, 2006; Peck et al., in prep). During 

the Holocene lake level remained very high for several thousand years after summer 

insolation began to decrease, not falling until insolation was nearing its minima 2.7 ka 

(Figure B13) . Lake level also appears to have lagged insolation during the LIG as well, 

reaching its maximum highstand 2 – 4 ka after the summer insolation maxima 127 ka 

(Figure B13). Lake level does appear to have decreased along with decreasing insolation 

between 123 and 121 ka, before recovering to higher lake level between 121 and 120 ka 

despite continued decrease in insolation. Around 120 ka, increases in varve thickness and 

the appearance of ankerite in the sediment suggest an abrupt decrease in lake level, 

although this is not well-recorded in Ti intensities (Figure B11). This occurred at about 

the same phase of the precession cycle (2-3 ka before the northern Hemisphere summer 

insolation minima) as the abrupt fall during the late Holocene. This may suggest a 

nonlinear response of the West African Monsoon to gradual decreases in summer 

insolation, although the uncertainty in the chronology during the LIG interval makes it 

impossible to compare the phasings precisely.

Interestingly, both interglacials had two millennial-scale peaks in lake level, at 10-

9 ka and 4-3 ka in the Holocene and from 124-123 and 121-120 ka in the LIG. These 

peaks both occurred at around the same phasing within the precession cycle during both 
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interglacials, the first peak corresponding to maximum 10N insolation in July, the second 

peak corresponding to maximum insolation in October (Figure B13). Sub-precessional 

periodicities in precipitation are predicted and observed for equatorial regions that 

experience double maximums in rainfall associated with the twice-yearly passing of the 

tropical rainbelt and ITCZ (Short et al., 1991; Trauth et al, 2003; Berger et al., 2006; 

Verschuren et al., 2009). Despite this, the climate dynamics associated with these sub-

precessional peaks and troughs remain somewhat uncertain, and most likely vary 

regionally. Trauth et al. (2003) suggested that lake level high stands at equatorial Lake 

Naivasha coincided with March and September local insolation maxima, corresponding 

to the timing of the two rainy seasons in the modern climatology. This would imply that 

higher insolation was driving enhanced convection and onshore moisture transport, and 

thus, an intensification of the East African Monsoon during whatever season has higher 

than normal solar insolation. Verschuren et al. (2009), came to a contradictory conclusion 

based on a record from nearby Lake Challa, where subprecessional lake level highstands 

correspond to insolation maxima near the solstices, and lowstands when insolation 

maxima occurred near the equinoxes. The authors suggested that onshore moisture 

transport was highest when either the Northern or the the Southern Hemispheric 

components of the East African Monsoon was strongest, and that the very low insolation 

during the other rainy season when March or September insolation may have contributed 

to aridity during those intervals.

Lake Bosumtwi also experiences two distinct rainy seasons, centered on June and 

October (Figure B2). The two millennial-scale highstands in each interglacial correspond 
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to the periods of maximum insolation during the two rainy seasons (Figure B13). 

Furthermore, in both interglacials, the first of the two highstand intervals were longer and 

are associated with higher lake level than the second highstand. The same pattern is also 

observed in modern precipitation climatology; the first rainy season is both longer and 

provides more precipitation than the second rainy season (Figure B13). It is reasonable to 

assume that an intensification of a longer and wetter rainy season would result in a longer 

and wetter highstand, although how the relative amplitudes and durations of the rainy 

seasons may have varied in the past is uncertain.

4.3 Relationships with sea surface temperature records

There are very few records of sea surface temperature in the region for the LIG, 

and only a Mg/Ca-based SST record from the Gulf of Guinea (Weldeab et al., 2007) is 

sufficiently well-resolved to allow comparison of the variability within the interval. The 

floating varve chronology is pinned to this record based on an abrupt event 110 ka, so 

although some uncertainty remains in the absolute timing of the records, relative changes 

between the two should be comparable. Generally speaking, varve thickness, Ti 

intensities and carbonate mineralogy and isotope geochemistry covary with SSTs, with 

warmer SSTs co-occurring with periods of higher lake level (Figure B11). The SST 

record shows a gradual cooling trend after 127 ka that is consistent with gradual drying in 

the Lake Bosumtwi region, as shown by increases in varve thickness and δ18Olw, but this 

is not reflected in the abundance of Ti, possibly due to dilution by authigenic minerals 

during the interval. A local minimum in SSTs occurred between 122 and 120 ka, 
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coincident with the drier conditions in between the two LIG highstands. This decrease in 

SST is consistent with a northward shifted maximum position of the ITCZ, which would 

drive increased upwelling off the Guinean Coast and potentially drier conditions at Lake 

Bosumtwi. 

During the late Holocene, variability in North Atlantic SSTs played a prominent 

role in driving hydrologic variability at Lake Bosumtwi (Shanahan et al., 2009). High 

resolution SST data for the LIG from the North Atlantic are also sparse, however, SST 

records from the western Mediterranean and Iberian Margin regions (Martrat et al., 2004; 

2007) and from the eastern subpolar and western North Atlantic (Lehman et al., 2002; 

Oppo et al., 2006), provide some context for the interval (Figure B14). Both regions 

experienced rapid warming between 128 and 127 ka, followed by generally warm 

temperatures until about 122 ka before gradually cooling through the rest of the interval 

(Figure B14). The initial warming apparent in the SST data from all three regions 

corresponds to a period of low varve thickness, and perhaps wet conditions at Lake 

Bosumtwi, but gaps in the XRF and δ18Olw data during this interval prevent further 

conclusions. Interestingly, SSTs in both the Gulf of Guinea and Iberian Peninsula region 

suggest cooler conditions from about 127 to 125.5 ka, at about the same time as a 

pronounced, gradual increase and decrease in varve thickness, that is partly corroborated 

by δ18Olw data. The low resolution and apparent noise in the North Atlantic records make 

it impossible to evaluate potential linkages on shorter timescales.
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4.4 An multi-century aridity event 118 ka

Immediately after 118 ka, Ti intensity and varve thickness both rapidly increase in 

less than 100 years (Figure B12), corresponding with an abrupt decrease in SSTs in the 

Gulf of Guinea (Figure B11). Carbonate mineralogy and geochemistry also shows abrupt 

changes a this interval, with an abrupt decrease in δ18Ocarb most likely associated with a 

transition towards more ankeritic carbonate. The hypothesis that lower δ18Ocarb values is 

consistent with differences between dolomite and ankerite fractionation factors (Chacko 

and Deines, 2008), but has yet to be tested for this interval. Ankerite is present in the two 

XRD samples measured in the interval, corresponding to ca. 117.3 and 117.1 ka (Abebe, 

2010). Throughout the 1.08 Myr record, ankerite is only rarely found in Lake Bosumtwi 

sediments, and is consistently associated with extreme aridity (Abebe, 2010; Peck et al., 

in prep.). The arid interval lasted about 400-500 years, before recovering somewhat 

around 117.5 ka (Figure B12). Afterward, varve thicknesses gradually increase towards 

the top of the LIG section, and Ti counts remain high. δ18Ocarb also increases, although 

whether this is due to continued drying of the lake driving an increase in δ18Ocarb, or a 

shift in mineralogy toward more dolomitic carbonates is unclear.

The arid interval is consistent in timing and duration with the Late Eemian Aridity 

Pulse (LEAP), which has been observed in some European records, most notably those 

from the Eifel Maar complex (Figure B12; Sirocko et al., 2005; Seelos and Sirocko, 

2007). In northern Germany, LEAP corresponds to about 500 years of greatly increased 

loess deposition, suggesting much colder, and more arid conditions in the region at the 

time, although the precise timing and duration of the event vary from site to site (Sirocko 
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and Seelos, 2007). LEAP most likely corresponds to the North Atlantic cooling event 

C26, which is observed in some, but not all SST records from the North Atlantic, and 

may be associated with a small peak in ice rafted debris at the time (Lehman et al., 2002; 

Sirocko et al., 2005; Oppo et al., 2006). Sirocko et al., (2005) hypothesize that LEAP, and 

C26, resulted from a slowdown of AMOC, or at least a southward shift of the northern 

limit of Atlantic heat transport. A reduction in AMOC, and a cooling of North Atlantic 

would likely result in aridity in West Africa (Street-Perrott and Perrot, 1990; Chang et al., 

2008; Mulitza et al., 2008; Shanahan et al., 2009), so it is reasonable to assume that the 

aridity observed near the end of the LIG varve record may be the West African expression 

of LEAP, although uncertainty in the ages of the records make it impossible to link the 

two records conclusively. 

4.5 Drought frequency during the LIG

Both varve thickness and Ti counts (Figure B11), as well as other XRF counts 

from other terrigenous elements (Figure B9), show pronounced decadal to century scale 

variability during the LIG. To investigate the timescales of variability in the records, as 

well as the influence of uncertainty in the varve chronologies, spectral estimates were 

calculated using the multi-taper method (MTM; Mann and Lees, 1996) for all of the 

ensemble members of the varve thickness, and Ti count records (Figure B15). Confidence 

limits were calculated for each ensemble member using the “Robust” noise estimation 

method of Mann and Lees (1996), the median 90 and 95% confidence limits are shown 

(Figure B15), but there is little variability in the confidence levels between ensemble 
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members.

The Monte Carlo MTM spectra (MC-MTM) for both Ti and varve thickness 

(Figure B15) show distinct changes in slope around frequencies of 1/100 years. This 

“kink” in the spectra is a common feature of paleotemperature records, and may reflect 

the midpoint between the predominant influence of the influence of the annual cycle at 

higher frequencies, and Milankovitch cycles at lower frequencies (Huybers and Curry, 

2006). Although Huybers and Curry restricted their analysis to temperature records, it is 

not surprising to find a similar feature at Lake Bosumtwi, since hydrology at the lake is 

greatly influenced by annual and orbital cycles.

The median MC-MTM spectra for both varve thickness and Ti do not have any 

significant peaks at frequencies higher than 1/50 yrs, although there are significant peaks 

in each of the individual ensemble members. On the other hand, whereas individual 

ensemble members may have a grouping of individual significant peaks, the median 

estimate shows broader bands of relatively higher variance, such as the peaks centered on 

periodicities of 19, 16, and 14 years in Ti, and the peaks at 28 and 20 years in varve 

thickness (Figure B15). The diffusion of high frequency peaks is a predictable result of 

incorporating age model uncertainty, both because of the relatively greater influence of 

small changes in the age model, and because each higher frequency spectral estimate 

corresponds to narrower window of time. The broad bands of power at multidecadal 

frequencies are not significant, but most likely reflect real modes variability in the record, 

that are either obscured by age model uncertainty, or are actually non-periodic and really 

do occur over a range of frequencies. To investigate the latter hypothesis, we calculated 
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evolutive MC-MTM spectra for Ti and varve thickness to analyze changes in periodicities 

over the course of the varve sequence. 

The evolutive MC-MTM (EvMC-MTM) spectra were calculated using the same 

method as the MC-MTM spectra, but over nine, partially overlapping, 2000-yr-windows 

for each series, with the exception of the first window for Ti, which ends at the start of 

the gap in XRF data coverage. Both series show concentrations of multidecadal to 

centennial-scale variance, including many that are significant at the 95% confidence level 

(Figures B16 and B17). In both EvMC-MTM spectra, however, the periodicities vary 

over the course of the interglacial. For example, significant peaks, or nearly significant 

peaks are found at periodicities between 37 and 33 years, and 77 and 67 years in Ti, and 

32-27, 61-53, and 83-71 years in varve thickness, but the periodicities and relative 

amplitudes of the peaks vary greatly between windows. This suggests the presence of a 

non-periodic, but preferred range of timescales of hydrological variability at the lake. 

Alternatively, bias in the varve chronology could also result in such variability, distorting 

a truly periodic signal. However, the same phenomenon is observed at lower frequencies, 

which should be less susceptible to age bias. In the Ti EvMC-MTM spectra, peaks with 

periodicities from 120-95, and 220 to 170 years, and peaks from 180 to 130 years in the 

log varve thickness record show similar changes in frequency and relative amplitudes 

(Figures B16 and B17).

Multichannel Singular Spectrum Analysis (M-SSA) was performed on the Ti and 

log varve thickness datasets, such that each input was a timeseries ensemble member 

(Ghil et al., 2002). This non-parametric approach identifies the primary oscillatory modes 
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of variability in the time series that are robust to uncertainty in the varve chronologies. 

Because we are particularly interested in multidecadal to centennial (M2C) variability, we 

detrended the series with a spline before performing the analysis to remove millennial-

scale variability, The M-SSA was performed with an embedding window of 400 yrs, and 

with 50 ensemble members. The full set of ensemble members could not be used because 

the procedure is extremely computationally expensive, even with high-performance 

computing capabilities. Generally, the results support the MC-MTM and EvMC-MTM 

analyses, indicating the predominance of M2C variability, especially periodicities around 

110 and 275 yrs (Table B1). The M-SSA analyses on the ensembles without marker 

layers suggested more variance concentrated at high periodicities, likely due to increased 

variability between ensemble members in that set. For both types of ensembles, some of 

the predominance of lower frequencies likely reflects chronological uncertainty, which 

has a greater impact on higher frequency variability. That said, the Ti ensemble with 

marker layers has several important reconstructed components with multidecadal-scale 

variability, including those with periodicities of ~70, 55 and 24 years, consistent with the 

EvMC-MTM analysis for Ti (Figure B16).

The finding that Ti abundance and log varve thickness show pronounced M2C 

variability, but over a range of frequencies, is consistent with the finding that changes in 

Atlantic sea surface temperature structure controlled by the AMO drove M2C drought 

variability during the late Holocene (Shanahan, 2006). The origin of the AMO remains a 

topic of debate; with hypotheses ranging from a global-scale series of ocean-atmosphere-

sea ice teleconnections (Dima and Lohman, 2006), to internal variability in Atlantic 
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meridional overturning circulation (AMOC) (Knight et al., 2005), to the possibility that 

the AMO in the instrumental record is an artifact of the 20th century warming trend and 

two abrupt cooling events (Thompson et al., 2010), although this last hypothesis seems 

unlikely, given that there is evidence of AMO variability for at least the past several 

hundred years (Gray et al., 2004; Shanahan et al., 2009). The AMO is typically simulated 

in state-of-the-art climate models, but the underlying mechanism, as well as the 

timescales of variance vary from model to model (Danabasoglu, 2008). In CCSM4, AMO 

variability is associated with changes in AMOC and covers a broad low frequency 

spectrum (50-200 yr periodicities) (Danabasoglu et al., in press). The variability in 

CCSM4 is  associated with deep-water formation in the Labrador Sea, and may be 

associated with the NAO, however the origin of the lower frequency time scale remains 

unclear (Danabasoglu et al., in press). Interestingly, in CCSM4, a externally-forced (with 

solar and volcanic variability) last millennium simulation shows substantially more 

multidecadal-scale variability in the AMO than the long control run (Landrum et al., 

submitted). The finding that Lake Bosumtwi hydrology varied with periods around 30, 

50, 70 and 150 yrs during the LIG suggests that AMO, and AMOC variability during the 

Last Interglacial may have been similar to the late Holocene, despite the substantial 

differences in seasonal insolation forcing. That said, the lack of a well-defined timescale 

of variability and uncertainty in the underlying mechanism prevents further analysis. 

4.5.1 Influence of solar variability

The similarities between paleorecords of tropical and subtropical hydrology and 
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indicators of past solar variability (e.g., 14C, 10Be), have motivated the hypothesis that 

M2C variability in solar insolation drives changes in these regions (e.g., deMenocal, 

2001; Hodell et al., 2001; Cook et al., 2004, Shindell et al., 2006, Meehl et al., 2009) 

although recent syntheses of global climate variability and cold events during the 

Holocene concluded that long-term solar-variability was not consistently associated with 

climate on  global scale (Wanner et al., 2008; 2011). Modelling studies have suggested 

that certain regions may be more vulnerable than others to solar variability, especially the 

hydrology of the tropics, due both to direct heating of the land surface and changes the 

ozone chemistry response to altered ultraviolet radiation (Shindell et al., 1999; Shindell 

and Schmidt, 2004). Furthermore, tropical Atlantic SSTs and AMOC respond to 

simulated solar variability as well (Goosse and Renssen, 2004;  Weber et al., 2004; 

Cubasch et al., 2005). Altogether, this indicates that Lake Bosumtwi should be 

particularly well situated to record the climatic influence of solar variability. The 

Holocene record from Lake Bosumtwi offered limited support for the hypothesis that 

solar variability modulates hydrology in West Africa. Shanahan (2006) found coherent 

variability between terrigenous sediment abundance and reconstructed atmospheric 14C 

concentrations at several frequencies, including inferred solar periodicities of 120 and 

220 yrs. During the LIG, however, varve thickness and Ti abundance do not show 

significant variability at these periodicities. As discussed above, M2C variability during 

the LIG varied in periodicity and amplitude throughout the interglacial. It remains 

uncertain whether or not solar variability is periodic, or whether solar variability during 

the LIG occurred at the same periodicities as observed during the Holocene. It is clear, 
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however, that there is no noticeable concentration of spectral power at known modern 

solar periodicities, that is, the 11-year sunspot cycle, the 87-year Gleissberg cycle, or the 

210-year DeVries cycle (Figures B16 and B17; Braun et al., 2005). Ultimately, the role of 

solar variability during the LIG remains unclear.    

5. Conclusions and summary

5.1 Primary findings

 In this study we presented a new, 12,100 year varve record from Lake 

Bosumtwi that spans an interval that represents the Last Interglacial 

period. Radiometric and cosmogenic age control points from within or 

near the study interval do not have sufficient precision to accurately “pin” 

the floating varve chronology, however, correlation between global and 

regional dust and SST records suggest that the varve section spans the 

interval from 128.6 to 116.5 ka. This is consistent nearby U/Th and OSL 

ages, as well the Blake geomagnetic excursion (123 +/- 3 ka; Lund et al., 

2006) found within the varved interval (Heil et al., in prep).

 A new approach was used to account for uncertainty in the varve count age 

model: Following the approach of Rasmussen et al., (2006) in layer 

counting the NGRIP ice core, ambiguous (possibly annual, possibly sub-

annual) layers were recorded as 0.5 +/- 0.5 years. Varve count, thickness, 

and XRF ensembles were created by using the four separate varve counts 

(two on each core) and allowing the uncertain years to vary stochastically 
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between marker layers. For spectral analysis, a second set of ensembles 

were created that allowed the gaps between marker layers to vary as well. 

This approach allows quantification of the effect of counting uncertainty 

on the resulting record and analyses.

 Varve thickness and XRF titanium intensities generally agree with the δ18O 

of lake water (δ18Olw), which was inferred from carbonate isotope 

geochemistry and mineralogy over a range of temperatures. All three of 

these parameters are sensitive lake level, and vary substantially throughout 

the interglacial.

 The maximum LIG highstand was both smaller and shorter-lived than the 

the prolonged highstand in the early Holocene, and unlike the Holocene, 

the lake level indicators, including the continuous presence of varves 

through the interval, suggests that the lake never overflowed during LIG. 

 The LIG, like the Holocene, had two distinct millennial-scale moist 

intervals, from 125 - 123 and 121 – 120 ka. In both the LIG and the 

Holocene, these peaks occurred during times of precession-driven 

insolation maxima in July and October, corresponding to the two rainy 

seasons in the modern climatology. This suggests that, at least during 

interglacials, prolonged wet conditions occur at the lake when rainy season 

insolation is highest. Furthermore, in both interglacials, the larger 

highstand occurred during the July insolation maxima, which is the more 

substantial of the two rainy seasons.  
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 Over the course of the LIG, lake level generally tracks sea surface 

temperatures (SST) in Gulf of Guinea, including an abrupt drop in lake 

level that lasted about 500 years ca. 118 ka, corresponding to cooling in 

the Gulf of Guinea and much of the North Atlantic during the C26 cooling 

event. The timing and duration of the event are comparable to the Late 

Eemian Aridity Pulse (LEAP; Sirocko et al.,, 2005) that is observed in 

several sites in Europe, most notably several lakes in the Eifel Maar 

complex (Sirocko et al., 2005; Seelos and Sirocko, 2007). The event is 

interpreted to have resulted from abrupt cooling in the North Atlantic, and 

possibly a reduction of Atlantic meridional overturning circulation. These 

two phenomena are known related to West African aridity over a range of 

timescales, so it seems likely that the 500-yr-long arid interval around 118 

ka is responding to the same forcing. 

 The occurrence of quasiperiodic variability at multidecadal to centennial 

timescales is consistent with the hypothesis that slow-varying changes in 

Atlantic SST structure (e.g., the Atlantic Multidecadal Oscillation) drives 

long term hydrologic variability in the region. The periodicities vary over 

the course of the record, further implicating the role ocean circulation. 

This does not support the hypothesis that solar variability plays an 

important, direct role in regional hydrology, especially because there is no 

concentration of spectral power at well known periodicities of solar 

variability.
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5.2 Implications for future hydrology in the region

If the Last Interglacial holds as a partial analog for future warming in the region, 

the varve record for the interval has several important implications for the future in the 

region. One robust comparison between future projections and the LIG is the increase in 

Northern Hemisphere summer heating, especially on land, relative to the rest of the 

world. This asymmetric heating affects the hemispheric heat balance during the monsoon 

season and would likely effect the timing and intensity of monsoon rains throughout West 

Africa. When this occurred during the Last Interglacial, Lake Bosumtwi, and probably 

most of the Guinea Coast region, was substantially drier, on average, than during the 

Holocene. Most evidence from the Sahel (and Sahara) during the interval suggests wetter-

than-Holocene conditions during the LIG (Drake et al., 2011). This scenario is precisely 

what is predicted for the 21st century by the AR4 MIROC model, one of the four AR4 

models which simulated the WAM well.

Whereas the mean state was drier in the Guinea Coast region, drought variability 

during the Eemian was similar to the late Holocene, dominated by multidecadal to 

centennial scale droughts and pluvials. Further extending the LIG analogy to the future 

would suggest similar variability throughout coming centuries superimposed on generally 

drier conditions on the Guinea Coast, and perhaps generally wetter conditions in the 

Sahel. That said, drought variability is most likely linked to variability in Atlantic SST 

and circulation, and the impact of future warming on the AMO and AMOC remains 

uncertain. The results presented here do imply that variability in the system was robust to 

the changes in seasonal forcing during the LIG.
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Finally, the occurrence of an abrupt aridity event at the end of the interglacial, that 

lasted about 500 years, and may be correlative with widespread aridity in Europe, 

highlights the capacity of the system to rapidly fall into severe, prolonged drought. This 

drought appears to have been far more severe than the “Sahel Drought”, and occurred 

during an interglacial. The exact cause and the likelihood of such an event remain 

uncertain, the fact that such widespread drought can occur during conditions similar to 

today, justifies further investigation into the underlying mechanisms and the potential of 

such an event in the future.  
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varve thickness time series, for ensembles with and without marker layers (ML).

Ti (ML-ensemble)

Period (yrs) Period (yrs)
1+2 650-750 12 1+2 600-800 20
3+4 240-270 6 3+4 270-330 6
5+6 150-180 3 5+6 230-250 5

7 90 1 7 – 10 160-190 5
8 70 1 11+12 125-145 2

9+10 60 2 13+14 100-110 1.3
11+12 110-120 2 15+16 230-250 1.3
13+14 54-55 1.6
15+16 62-63 1.4
17+18 24 1.4

Log of varve thickness (ML-ensemble)

Period (yrs) Period (yrs)
1 1200 29 1 1300 38
2 660 14 2 750 15
3 340 5 3 400 4
4 260 3 4 570 3
5 190 2 5 430 3
6 160 1.5 6 – 8 250-280 4
7 130 1 9+10 230 2
8 112 0.9 11+12 155 1.5
9 100 0.8 13-17 190-220 3

10+11 80-90 1.2
12+13 55-60 1.1
14+15 40-55 1

Table B1. Multi-channel singular spectrum analysis of the detrended Ti and log

Ti (noML-ensemble)

Reconstructed 
Component

Variance 
exlained (%)

Reconstructed 
Component

Variance 
exlained (%)

Log of varve thickness (noML-ensemble)

Reconstructed 
Component

Variance 
exlained (%)

Reconstructed 
Component

Variance 
exlained (%)



181

6°32' N

1°27' W
300

45

90

45 90

90

90

90

90

45

90

90

90 45

90

90

km

0 1 2

70 m

50 m

30 m

6°27' N

Figure B1. Site map of the Lake Bosumtwi crater, modified from Shanahan (2006). 
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Figure B3. Multichannel seismic reflection profile showing draped reflectors of the lacustrine fill and 
the brecciated bedrock of the central uplift (from Scholz et al., 2002). The 13 drill holes at the five drill 
sites are shown as black bars. Drill hole 5B is shown as a solid line, along with the down core median 
grain size profile at the site.
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Figure B5. Age control for Lake Bosumtwi core 5B between 30 and 75 RMCD. Error bars on OSL
and U/Th ages show 2 sigma uncertainty ranges. The yellow band corresponds to the of the 
floating chronology after "pinning" to the NGRIP (Wolff et al., 2010) chronology, see text for details.
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Figure B11. Lake level indicators for Lake Bosumtwi last interglacial varve record, along with Gulf of 
Guinea sea surface temperatures (Weldeab et al., 2007). The blue band corresponds to the range
of possible lake water δ18O, given the carbonate δ18O, mineralogy, and a range of temperature.
The rectangular band corresponds to an interval of variably dolomitic to ankeritic carbonate, which 
cannot be properly accounted for. However, the band corresponds to the best estimate of mean lake 
water δ18O for the interval. See text for details. Sharp, single year peaks in varve thickness are 
turbidites.  
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Abstract

A compilation of paleoceanographic data and a coupled atmosphere-ocean climate 

model were used to examine global ocean surface temperatures of the Last Interglacial 

(LIG) period, and to produce the first quantitative estimate of the role that ocean thermal 

expansion likely played in driving sea level rise above present day during the LIG. Our 

analysis of the paleoclimatic data suggests a peak LIG global sea surface temperature 

(SST) warming of 0.7±0.6°C compared to the late Holocene. Our LIG climate model 

simulation suggests a slight cooling of global average SST relative to preindustrial 

conditions (ΔSST = -0.4°C), with a reduction in atmospheric water vapor in the Southern 

Hemisphere driven by a northward shift of the Intertropical Convergence Zone, and 

substantially reduced seasonality in the Southern Hemisphere. Taken together, the model 

and paleoceanographic data imply a minimal contribution of ocean thermal expansion to 

LIG sea level rise above present day. Uncertainty remains, but it seems unlikely that 

thermosteric sea level rise exceeded 0.4±0.3 m during the LIG. This constraint, along 

with estimates of the sea level contributions from the Greenland Ice Sheet, glaciers and 

ice caps, implies that 4.1 to 5.8 m of sea level rise during the Last Interglacial period was 

derived from the Antarctic Ice Sheet. These results reemphasize the concern that both the 

Antarctic and Greenland Ice Sheets may be more sensitive to temperature than widely 

thought.

Introduction

Sea-level rise is one of the major socio-economic hazards associated with global 
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warming, and a better understanding the mechanisms that underly sea-level rise is a 

prerequisite to accurate projections of global and regional sea-level rise. Despite this, 

variability in the different components of sea level rise (i.e., ocean thermal expansion, 

melting of glaciers, and wasting of the Greenland and Antarctic Ice Sheets) is poorly 

understood, especially with respect to the future. The Fourth Assessment Report of the 

Intergovernmental Panel on Climate Change (IPCC), which explicitly excluded rapid ice 

flow dynamics, projected that ocean thermal expansion would make up 55 to 70% of the 

sea level rise over the 21st century [Meehl et al., 2007], whereas the empirical model of 

Vermeer and Rahmstorf [2009] projects a much smaller proportion, between 20 and 30%, 

although this result is primarily driven by a larger contribution of ice melt. On longer 

timescales, the equilibrium response of ocean thermal expansion to warming has been 

estimated as 0.2 to 0.6 m °C-1 [Meehl et al. 2007], but the relative contributions of ice 

sheet melt and thermal expansion during a millennial-scale highstand remains unclear. 

One approach to address this uncertainty is to study past sea-level changes. The Last 

Interglacial period (LIG) is the most recent warm interval with substantially higher-than-

modern global sea level. During the LIG, from ca. 130 to 120 ka, sea level reached at 

least 6 m above present levels [Hearty et al., 2007; Kopp et al., 2009]. The majority of 

the sea level rise originated from melting of the Greenland Ice Sheet (GIS) and the 

Antarctic Ice Sheets [Otto-Bliesner et al., 2006; Overpeck et al., 2006; Kopp et al., 2009; 

Clark and Huybers, 2009], but the role of thermal expansion has not been carefully 

examined. Here, we compile the available paleoceanographic records and examine global 

climate model simulations to better constrain the amount of thermal expansion during the 
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LIG.

Methods

Paleoclimate data

We compiled a dataset of 76 published sea surface temperature (SST) records that 

met several criteria. Only quantitative SST records that included both the LIG and the 

Holocene were included so that ΔSST values (warmest LIG – late Holocene) could be 

calculated internally for each record. We restricted our analyses to records that had an 

average temporal resolution of 3 kyr or better during both LIG and the Holocene. 

Records were obtained through the NOAA Paleoclimatology World Data Center 

(www.ngdc.noaa.gov/paleo/paleo.html), the Pangaea database (www.pangaea.de), and 

from individual site reports and papers (Supplemental Table 1). The sea surface 

temperatures (SSTs) were determined using Mg/Ca ratios in foraminifera, alkenone 

unsaturation ratios (i.e., Uk
37), and faunal assemblage transfer functions (for radiolaria, 

foraminifera, diatoms and coccoliths), and were interpreted to reconstruct annual, austral 

summer, and boreal summer sea surface temperatures. Only records with published age 

models were included; however, there is substantial uncertainty between age estimates at 

different sites. For this study we chose to determine a maximum estimate of ocean 

warming during a sustained sea level highstand, so the average SST of a 5 kyr period 

centered on the warmest temperature between 135 and 118 ka was calculated for each 

record. ΔSST values were determined by subtracting the average SST of the late 

Holocene (5 to 0 ka) from the 5 kyr LIG average. The data set was supplemented by 94 
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LIG SST estimates from the CLIMAP project [CLIMAP Project Members, 1984]. For the 

CLIMAP data, ΔSST values were determined as the difference between LIG temperatures 

and core top temperature estimates at each site. Global mean SST anomalies (ΔSST) 

were calculated by averaging anomalies in 10°x10° boxes, then determining zonal 

averages, which were finally averaged after weighting each zonal average by the area of 

ocean for each latitudinal band. 

To complement our data synthesis, we performed the same analyses on the LIG 

SST dataset assembled by Turney and Jones [2010]. The Turney and Jones [2010] dataset 

differs from our synthesis in several regards: 1) only data that were interpreted to 

reconstruct annual mean temperatures were included, 2) the timing of LIG mean SST 

estimates was determined by corresponding marine δ18O records and 3) ΔSST values 

were calculated as the difference between LIG SSTs and instrumental SST climatology. 

Many of the same records went into both LIG SST syntheses, but analyzing both datasets 

allows us to evaluate the sensitivity of our results to markedly different data treatment 

approaches.

Global Climate Model Simulations

Climate simulations were conducted using a global, coupled ocean-atmosphere-

land-sea ice general circulation model (Community Climate System Model [CCSM], 

Version 3) [Collins et al., 2006]. The atmospheric model has ~1.4° latitude-longitude 

resolution (T85) with 26 levels, and the ocean model has ~1° resolution and 40 levels. 

The preindustrial 1870 AD control simulation includes the appropriate forcing conditions, 
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including trace gas concentrations (CO2: 289 ppmv; CH4 901 ppbv), solar constant (1365 

W/m2), and orbital characteristics (obliquity: 23.44°, perihelion: 3 January, and 

eccentricity: 0.0167). The preindustrial control simulation was run for 550 model years, 

and climatologies were calculated using model years 530 to 549. The LIG simulation 

included forcing conditions appropriate for 125 ka; obliquity was 23.80°, perihelion was 

23 July, and eccentricity was 0.0400 [Berger et al., 1991]. The trace gas concentrations 

were estimated from ice core data (CO2: 273 ppmv; CH4: 642 ppbv) [Petit et al., 1999]. 

The solar constant was set to the model present-day value of 1367 W/m2. Vegetation and 

land ice coverage were prescribed at their present-day distributions for both the 

preindustrial and LIG simulations. The LIG simulation was run for 200 model years, and 

climatologies were calculated using model years 180 to 199. CCSM3 is known to have 

regional SST biases, but is very well-suited for simulating global mean SST [Collins et  

al., 2006], which is the focus of this study. Global SST anomalies were calculated by 

zonal averaging and then calculating an area-weighted global mean. 

Paleoceanographic data synthesis

LIG-Holocene SST anomalies varied regionally, and importantly, were not 

uniformly warmer during the LIG (Figure C1). Furthermore, our data synthesis shows the 

same primary patterns as the synthesis of Turney and Jones [2010], suggesting that the 

primary results results are robust to the choices of averaging and Holocene reference 

period. Records from the high latitudes of the Northern Hemisphere (>30°N) were 

consistently warmer during the LIG. This is consistent with the dramatic increase in 
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summer insolation (~12% above preindustrial), and extensive evidence for much warmer 

(4-5 °C) conditions in the Arctic during the interval [CAPE Project Members, 2006]. 

South of ~30°N, the anomalies are regionally variable (Figure C1). The Caribbean Sea 

and the tropical Atlantic Oceans appear to have been generally cooler during the LIG than 

the late Holocene (and late 20th century). The eastern equatorial Pacific Ocean shows both 

positive and negative anomalies, as does the rest of the Pacific ocean. The western Indian 

Ocean appears to have been slightly warmer, and the central Indian Ocean somewhat 

cooler, but the data coverage in both the Pacific and Indian Ocean is poor. The 

southeastern Atlantic Ocean, off the west coast of South Africa, was consistently warmer. 

The Southern Ocean changes are mixed, apparently cooler west of South America, 

somewhat warmer in the Atlantic sector and near New Zealand, and mixed in the Indian 

sector.

The regional variability is interesting, and warrants further investigation, however 

interpreting the patterns in terms of modes of climatic and ocean variability is 

confounded by chronological errors, resolution differences and poor data coverage. 

Consequently, we chose to focus on the primary, global pattern: the warmer temperatures 

between 30°N and 70°N, and equivocal anomalies further south (Figure C1). The ocean-

area-weighted global average SST anomaly is 0.7±0.6°C for our data synthesis, and 

0.7°C for that of Turney and Jones [2010]. Interestingly, these global ΔSST estimates are 

lower than the global land and ocean temperature anomaly (1.5±0.1°C) calculated by 

Turney and Jones [2010].  This discrepancy may be due to the predominance of terrestrial 

records from the Northern Hemisphere that are particularly sensitive to summer 
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temperatures in their global synthesis.

 The error calculated for global ΔSST incorporates errors in the SST proxies, 

which typically range from 1 to 2°C, and the error associated with estimating global 

ΔSST from limited spatial coverage (Auxiliary Material). Nevertheless, this estimate 

does not capture all of uncertainty in global ΔSST. Because we calculated a maximum 

estimate for ΔSST, we excluded chronological errors, although differences in temporal 

resolution between sites contributes additional uncertainty.  Furthermore, each of the SST 

proxies comes with its own set of errors and biases. A particular concern is that all three 

of the primary SST proxies in our database (faunal assemblages, Mg/Ca, Uk
37) are known 

to be sensitive to changes in seasonality [Anand et al., 2003; Morey et al., 2005; Lorenz 

et al., 2006], and each proxy may exhibit different responses to changes in seasonality, 

even at the same location [e.g., Weldeab et al., 2007; Saher et al., 2009]. Given the 

extreme differences in seasonal insolation forcing during the LIG relative to the late 

Holocene, changes in the timing and distribution of the productive seasons likely biased 

the SST estimates.

To evaluate some of the potential biases in our analysis, we subsampled our 

database by proxy type and seasonality (Auxiliary Material). Globally, ΔSST for the Uk
37 

and Mg/Ca proxies was about 1.5°C higher than the faunal assemblage proxies. Some of 

this offset is likely due to lower sample density and different spatial coverage of the Uk
37 

and Mg/Ca proxies, which are commonly located near coasts in upwelling regions. 

Regionally, ΔSST appears generally consistent between proxies, with some exceptions 

(Figure C1a). Subdividing seasonally, ΔSST in boreal summer (JJA) records was slightly 
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higher (0.2°C) than in austral summer (DJF) records, consistent with the change in 

insolation forcing.

Global Climate Model Simulations

Like the paleoceanographic data, the model simulations for 125 ka show 

substantial warming north of 40°N, and similar or slightly cooler SSTs south of 30°N 

(Figure C2a-b), similar to previously published simulations for this time period [Montoya 

et al., 2000; Kaspar and Cubasch, 2007]. The ocean-area-weighted global average ocean 

temperature difference between the 125 ka simulation and the preindustrial control is 

-0.4°C for both the surface temperatures and the top 200 m. The result of a cooler average 

ocean surface in the 125 ka simulation is surprising given that the annual insolation 

anomalies are positive globally (Figure C2c).  This result merits a discussion of the 

climate dynamics simulated in the model that contribute to the cooling in the Southern 

Hemisphere.

The most significant difference between the forcings for the LIG simulation and 

the preindustrial control are the different orbital parameters, and among those, the date of 

perihelion (or phase in the precession cycle) is most different. In the LIG simulation, 

perihelion occurs during the boreal summer, as opposed to the preindustrial control, when 

aphelion occurs during the boreal summer. The result is that relative to the preindustrial 

simulation, the Northern Hemisphere should experience much greater seasonality 

(warmer summers and colder winters), while the Southern Hemisphere should have 

colder summers and warmer winters (Figure C2c).
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The Southern Hemisphere cooling in the model is associated with a decrease in 

longwave radiative forcing (Figure C2d), which is a function of decreased water vapor 

concentrations in the southern hemisphere (Figure C2e). Annually averaged, water vapor 

content was consistently lower in the LIG simulation than the preindustrial control 

throughout most of the Southern Hemisphere and over the Pacific Ocean, and 

substantially higher over the Northern Hemisphere monsoon regions, and the high 

Northern latitudes (Figure C2e). There appear to be two global scale mechanisms 

responsible for the hemispheric shift in water vapor.

First, the large increase in summer insolation in the Northern Hemisphere results 

in a strengthening of the Asian, African and North American Monsoons in the model, 

along with a northward shift of the Intertropical Convergence Zone (ITCZ) (Figure C2e). 

The strengthened and northward-shifted monsoon systems pull more moisture further 

across the equator into the Northern Hemisphere, focusing precipitation in the monsoons 

while effectively drying the southern tropics. The effect of this northward shift on the 

Earth's energy budget is apparent in the changes in outgoing longwave radiation (OLR; 

Figure C2f), which is substantially reduced over the Northern Hemisphere monsoon 

regions, and increased over the Southern Hemisphere monsoon systems (e.g., South 

America, equatorial and southern Africa, Australia), effectively cooling the tropical 

Southern Hemisphere.

The second mechanism is associated with the opposing changes in seasonality in 

each hemisphere. Due to the nonlinearity in the capacity of air to hold water vapor as a 

function of temperature (the Clausius-Clapeyron relation), the large decrease in insolation 
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during the Southern Hemisphere summer and fall is not compensated, in terms of specific 

humidity, by an equivalent increase in winter and spring insolation. This effect should be 

most important at higher latitudes, and the increase in Northern Hemisphere specific 

humidity is consistent with this hypothesis (Figure C2e). The impact is not immediately 

apparent in OLR (Figure C2f). At the high southern latitudes, both downwelling radiation 

at the surface (Figure C2d) and OLR (Figure C2f) are decreased. This is due to decreased 

absorption and attenuation of longwave radiation in the atmosphere, and is a function of 

both decreased specific humidity and cooler surface temperatures decreasing the amount 

of outgoing longwave radiation produced at the surface. The opposite scenario is apparent 

at the high northern latitudes.

These two mechanisms provide a plausible explanation for the cooling over most 

of the world's ocean. The results do not appear to be specific to the CCSM3 model. 

Simulations with other climate models show cooler temperatures in the Southern 

Hemisphere, and near-zero or negative annual SST anomalies relative to preindustrial 

controls [e.g., Montoya et al., 2000; Kaspar and Cubasch, 2007]. Furthermore, an 

additional simulation using CCSM3 for the period 130 ka yields a similar cooling in the 

Southern Hemisphere, despite regional differences in SST, suggesting that our result is 

not specific to only this interval of the LIG (Auxiliary Material). This result calls into 

question the belief that the LIG was substantially warmer globally [e.g., LIGA Members,  

1991; Clark and Huybers, 2009; Turney and Jones, 2010; Masson-Delmotte et al., 2010]. 

Much uncertainty remains in model simulations; but it is possible that the predominance 

of terrestrial, Northern Hemisphere, summer-sensitive temperature proxies may have 
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biased our understanding of global temperature anomalies during the interval.   

The thermosteric component of LIG sea level rise

The amount of steric sea level rise can be determined by calculating the specific 

volume of the ocean, which requires integrating the temperature and salinity structure of 

the ocean. This is possible for the model simulations, but not for the paleoceanographic 

data, so other approaches must be utilized. A simple empirical approach is to estimate a 

thermal expansion sensitivity (i.e., cm/°C). This can be achieved with instrumental data; 

the IPCC [Bindoff et al., 2007] concluded that the top 700 m of the ocean warmed 0.1°C 

from 1961-2003, and that thermal expansion of the ocean was about 1.3 cm over the 

same interval, resulting in a sensitivity of ~13 cm/°C. To determine a maximum estimate, 

we assumed our average ΔSST of 0.7±0.6°C is representative of the top 700 m, resulting 

in  9±8 cm of thermosteric sea level rise. Alternatively, we estimate the thermal 

expansion using the Thermodynamic Equation of Seawater 2010 (TEOS-10) to calculate 

the change in the specific volume of the top 700 m of the ocean due to a 0.7±0.6°C 

warming, while holding the salinity constant, and neglecting changes in ocean area. This 

approach results in ~12±10 cm of thermosteric sea level rise. It is possible that sustained, 

warmer-than-modern conditions resulted in warming below 700 m in the oceans. If the 

average warming extended to 2000 m, the thermal expansion of the ocean would have 

been about 35±30 cm, consistent with the equilibrium ocean-temperature thermal 

expansion sensitivity observed in long climate model simulations (0.2 to 0.6 m °C-1) 

[Meehl et al. 2007] .
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For the model simulation, the whole-ocean global average steric sea level change 

was -18 cm, primarily due to cooler ocean temperatures in the Southern Hemisphere. 

Because the model simulations are relatively short, the deep ocean was not equilibrated. 

This introduces additional uncertainty in our estimate of steric sea level change; however 

the volume-integrated ocean temperature trends are the same in both the LIG and 

preindustrial simulations (-0.12°C/century), suggesting that the steric sea level change 

would be comparable after equilibration.

Altogether, it is clear that ocean thermal expansion during the LIG was a small 

component of the maximum LIG sea level highstand. A conservative estimate from the 

available paleoclimatic data is 0.4±0.3 m. The climate model simulations suggest that the 

thermosteric component may have been smaller or even negative 125 ka, near the time of 

the maximum highstand. This has several important implications. First the high-end 

estimate of sea level exceedance (33% probability that sea level exceeded 9.4 m during 

the LIG) by Kopp et al. [2009] is probably too high, because the stochastic thermosteric 

component in their model was unrealistically large (mean = 0 m, 1σ  = 2 m). Using a 

more realistic thermosteric component should reduce the variance of the distribution of 

sea level histories, resulting in tighter error estimates and exceedance levels that are 

nearer to the median. 

Secondly, our results provide further constraints on the relative contributions to 

sea level rise during the Last Interglacial. The contribution from the GIS was likely 2.2 – 

3.4 m [Otto-Bliesner et al., 2006], or even less [Oerlemans et al., 2006]. The maximum 

possible contribution from mountain glaciers and ice caps is 0.6±0.1 m [Radić and Hock, 
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2010], and our conservative estimate of maximum thermal expansion during the LIG 

(0.4±0.3 m). These data, combined with the median projection (50% exceedance) of 

maximum LIG sea level rise (8.5 m) [Kopp et al., 2009] imply that the Antarctic Ice 

Sheet (AIS), most likely the West Antarctic Ice Sheet (WAIS), contributed at least 

4.1±0.3 m. Assuming a low-end contribution from the GIS (2.2 m), only glaciers and ice 

caps from the northern Hemisphere (0.4±0.1 m) and our low-end estimate for thermal 

expansion (0.1±0.1 m), the maximum contribution from Antarctica is 5.8±0.1 m.

It remains unclear why so much more ice (4.1 to 5.8 m sea level equivalent) was 

lost from Antarctica during the LIG than the Holocene. Antarctic ice cores all suggest 

warmer-than-modern annual temperatures for East Antarctica [cf., Petit et al., 1999; 

EPICA, 2004; Kawamura et al., 2007], and recent evidence suggests that the warming 

anomaly may have been larger (~6°C warmer than the Holocene) than previously 

estimated [Sime et al., 2009]. This stands in contrast to the cooling simulated by our LIG 

simulation (Figure C2a-b), and is a consistent frustration of model-paleodata comparisons 

[Masson-Delmotte et al., 2010]. Furthermore, melt season solar insolation was 

substantially lower than present-day (Figure C2c). A recent study by Huybers and 

Denton [2008] suggested that Antarctic temperatures are primarily controlled by the 

duration of summer, which was very long during this interval, rather than the intensity of 

solar insolation (like the Northern Hemisphere), although this mechanism does not drive 

Antarctic temperatures in our LIG simulation. It has also been hypothesized that poorly 

simulated climatic feedbacks and changes in ocean circulation may be responsible for the 

mismatch [Overpeck et al., 2006; Masson-Delmotte et al., 2010], a hypothesis that 
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implies substantial vulnerability of the AIS in the future [Yin et al., 2011]. Finally, it is 

possible that much of the Antarctic contribution was derived during late deglaciation or 

early LIG, when melt-season insolation was much higher [Overpeck et al., 2006]. This 

possibility is consistent with the observation that substantial downwasting of the WAIS is 

necessary to simulate the high temperatures inferred from East Antarctic ice cores during 

the LIG in climate models [Holden et al., 2010].

Conclusion

The available paleoceanographic records and our LIG GCM simulation suggest 

that global SSTs were not dramatically warmer than preindustrial conditions (paleodata = 

0.7±0.6°C warmer, model = 0.4°C cooler). Taken together, the model and paleodata 

imply a minimal (-0.2 to 0.4 m) contribution of thermal expansion to LIG sea level rise. 

This constraint, along with estimates of the sea level contributions from the Greenland 

Ice Sheet, glaciers and ice caps, implies that 4.1 to 5.8 m of sea level rise during the LIG 

was derived from the Antarctic Ice Sheet. These results reemphasize the concern that the 

Greenland and especially the Antarctic Ice Sheets may be more sensitive to temperature 

than widely thought.
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Auxiliary Material

Error Analysis

To quantify the error in our paleoceanographic global mean SST anomalies, we 

propagated the SST errors for each SST measurement though each of the averaging steps 

(temporal → grid cell → zonal → area-weighted global) in our ocean-area-weighted 

average. We used quoted error estimates for each study, except for those that only cited 

analytical errors, and not SST-calibration error. For these studies, and those which did not 

provide error estimates, we applied proxy-specific error estimates (UK
37 = 1.5°C, Mg/Ca = 

1.1°C, Faunal =  1.5°C), following Turney and Jones [2010] and Barrows et al. [2006].

To estimate the error associated with the limited spatial range of the 

oceanographic proxies, we calculated 1000 random 1-year global SST anomalies from 

the ERSST dataset over the period 1910 to 2009 AD (e.g., one iteration could be 1954 – 

2003, another 1981 – 1939, and so on). We then calculate the global SST anomalies using 

all of the data, and a second estimate using just the grid cells where we have 

paleoceanographic data. We consider the difference between these estimates to be the 

spatial coverage error, and derive the statistics of the error from the distribution of the 

1000 calculated distributions, and then incorporate this into our error analysis (Figure C-

S1). This is obviously not a perfect analog to our millennial scale analysis, but does 

diminish the effect of memory and climatic modes from annual estimates, and can have a 

similar magnitude as our global anomaly (0.7°C).

We also evaluated the effect of grid-size on both sources of error, and the results 

are presented in Aux. Table 2. Calculated error decreases with larger grid cells, 
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presumably due to the fact the we do not incorporate the error associated with scaling up 

site-specific SST anomalies to grid-cell mean anomalies. Consistent with our 

conservative approach, the 10° by 10° we focus on in this study are on the high end of the 

range of errors.  

Bias Analysis

To evaluate some of the potential biases in our database, we subsampled our 

database by proxy type and seasonality. The ocean-area-weighted global ΔSST for the 

Uk
37 and Mg/Ca proxies are higher (1.6°C, n=28, and 1.4°C, n=10, respectively) than the 

average for faunal assemblage proxies (0.1°C, n=124). Some of the difference may be 

due to the different spatial coverage of the proxies; there are far fewer Uk
37  and Mg/Ca 

records, and they tend to be located near coasts. Regionally, ΔSST appears generally 

consistent between proxies; however, in regions that appear to have been cooler during 

the LIG, the few available Mg/Ca- and Uk
37-based reconstructions often suggest warmer-

than-modern SSTs (Figure C1a). 

Subdividing seasonally, records interpreted to record annual SSTs had an ocean-

area-weighted global average difference of 1.3°C (n=42). Records interpreted to record 

boreal summertime (JJA) SSTs had an average difference of  0.2°C (n=57), and 0.0°C 

(n=63) for boreal winter (DJF) temperature estimates. The higher ΔSST averages in 

annual records primarily reflects differences between proxies, since most Mg/Ca and Uk
37 

derived records are interpreted to reflect annual SST, whereas most of the JJA- and DJF-

sensitive records are derived from faunal assemblages. The lower ΔSST estimate for the 
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boreal winter is consistent with negative insolation anomalies during that interval. 

Finally, the ΔSST estimates from the CLIMAP project [CLIMAP Project Members, 

1984], were slightly lower (0.1°C, n=94) than the other faunal assemblage estimates in 

the database (0.3°C, n=30). This small offset is may be due to the selection of the 

warmest 5 kyr interval for the LIG reference for the non-CLIMAP data.

Finally, the impact of latitude-longitude grid size on global ΔSST was evaluated 

by calculating ΔSST for latitude and longitude grid sizes ranging from 5° to 60° 

(Auxiliary Table 2). Increasing longitude grid sizes had a minimal effect on ΔSST, but 

increasing latitude grid sizes resulted in lower global ΔSST estimates. To sample the 

dataset at higher resolution, and to determine a conservatively high estimate for ΔSST, we 

chose 10° by 10° boxes for the analyses in this study.

130 ka climate model simulation

In addition to our model simulation for 125 ka, we have a second simulation with orbital 

parameters and greenhouse gas concentrations consistent with 130 ka (CO2: 300 ppm, 

CH4: 720 ppb). Comparing this simulation to our simulation for 125 ka allows us to 

evaluate whether our conclusions and the data-model mismatch are only specific to 125 

ka, or are also characteristic of earlier parts the LIG. Figure C-S2 shows the difference in 

surface temperatures between the two simulations. There are regional differences 

between the two simulations, but the global mean temperatures are within 0.1°C, 

suggesting that our conclusions are not limited to the interval 125 ka.
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Figure C1. Maps of global ΔSST values in A) our database, where symbols indicate proxy 
type (see legend) and B) the synthesis of Turney and Jones [2010]. Note that in both maps, 
the locations of the symbols were adjusted slightly for visibility. To the right each map,  ΔSST 
values are plotted by latitude. For our database (A), records interpreted to reflect annual, 
austral summer, and boreal summer temperatures are shown with different symbols.
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Figure C2. LIG simulation -  preindustrial control anomalies in our global climate model simulation 
parameters. The parameters include: A) surface air temperature, B) potential temperature 
averaged over the top 200 m of the ocean, C) incoming solar radiation, by latitude and month, D) 
downwelling longwave radiation at the surface, E) specific humidity, averaged over all layers of the 
atmosphere and F) outgoing longwave radiation at the top of the model. Zonal average anomalies 
are plotted to the right of each map. 
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Core Site Lat Long Proxy* Season ΔSST** Reference

K-11 71.8 1.6 JJA 1.1

K-11 71.8 1.6 DJF 1.5

V28-56 68.0 -6.1 JJA -0.7

V28-56 68.0 -6.1 DJF -0.9

V27-86 66.6 1.1 JJA -1.2

V27-86 66.6 1.1 DJF -1.3

V28-14 64.8 -29.6 JJA 0.4

V28-14 64.8 -29.6 DJF -0.1

V27-20 54.0 -46.2 JJA -0.2

V27-20 54.0 -46.2 DJF 1.7

GIK23414-9 53.5 -20.3 DJF 0.4

GIK23414-9 53.5 -20.3 JJA 0.9

GIK23414-9 53.5 -20.3 DJF 0.8

GIK23414-9 53.5 -20.3 JJA 1.0

V23-82 52.6 -21.9 JJA 1.6

V23-82 52.6 -21.9 DJF 0.3

K708-1 50.0 -23.7 JJA 1.6

K708-1 50.0 -23.7 DJF 0.5

GIK15612-2 44.4 -26.5 JJA 1.8

GIK15612-2 44.4 -26.5 DJF 2.0

V29-179 44.0 -24.5 JJA 2.6

V29-179 44.0 -24.5 DJF 2.8

ODP1020 41.0 -126.4 Uk37 Annual 2.9

IODP-U1313B 41.0 -33.0 Uk37 Annual 0.4

V30-97 41.0 -32.9 JJA 3.4

V30-97 41.0 -32.9 DJF 1.0

MD95-2040 40.6 -9.9 JJA -2.5

MD95-2040 40.6 -9.9 Uk37 Annual 2.4

ODP607 40.0 -33.0 DJF 0.2

ODP607 40.0 -33.0 JJA 2.5

MD012443 37.9 -10.2 Uk37 Annual 2.8

MD95-2042 37.8 -10.2 Uk37 Annual 1.5

V21-146 37.7 163.0 JJA 2.8

V21-146 37.7 163.0 DJF 3.8

V32-128 36.5 117.2 JJA 1.0

V32-128 36.5 117.2 DJF -0.5

MD01-2421 36.0 141.8 Uk37 Annual 3.0

V32-126 35.3 117.9 JJA 1.8

V32-126 35.3 117.9 DJF 1.2

ODP977A 35.0 -2.0 Uk37 Annual 3.3

Aux. Table 1. Site names, locations and reconstruction details for paleoceanographic synthesis.

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal (M) Kandiano and Bauch [2003]

Faunal (M) Kandiano and Bauch [2003]

Faunal (T) Kandiano and Bauch [2003]

Faunal (T) Kandiano and Bauch [2003]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal Imbrie et al. [1992] 

Faunal Imbrie et al. [1992] 

Faunal (F) Kiefer and Sarnthein [1998]

Faunal (F) Kiefer and Sarnthein [1998]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Herbert et al. [2001]

Stein et al. [2009]

Faunal (F) Ruddiman et al. [1989]

Faunal (F) Ruddiman et al. [1989]

Faunal (F) de Abreu et al. [2003] 

Pailler and Bard [2002]

Faunal (F) Ruddiman et al. [1989]

Faunal (F) Ruddiman et al. [1989]

Martrat et al. [2004]

Pailler and Bard [2002]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Yamamoto et al. [2005]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Martrat et al. [2007]
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Core Site Lat Long Proxy* Season ΔSST** Reference

ODP1016C 34.5 -122.3 Uk37 Annual 1.5

RC8-145 33.6 -62.4 JJA 1.0

RC8-145 33.6 -62.4 DJF 1.2

ODP1014A 32.8 -118.9 Uk37 Annual 1.1

ODP1012 32.3 -118.4 Uk37 Annual 2.7

MD02-2575 29.0 -87.1 Mg/Ca Annual 2.6

LPAZ21P 23.0 -109.5 Uk37 Annual 1.7

TR126-29 21.4 -94.0 JJA -1.3

TR126-29 21.4 -94.0 DJF -1.2

TR126-23 20.5 -95.6 JJA -0.8

TR126-23 20.5 -95.6 DJF -1.8

ODP1146 19.5 116.3 Uk37 Annual 0.5

v12-122 17.0 -74.4 JJA -0.8

v12-122 17.0 -74.4 DJF -2.3

v34-88 16.5 59.5 JJA 0.6

v34-88 16.5 59.5 DJF -0.1

GeoB3007-1 16.2 59.8 Uk37 Annual 1.2

TY93-929/P 13.7 53.3 Uk37 Annual 1.5

ODP999A 12.8 -78.7 Mg/Ca Annual 0.9

V28-127 11.7 -80.1 JJA 0.4

V28-127 11.7 -80.1 DJF -1.3

ODP1002C 10.7 -65.2 Uk37 Annual 1.4

RC12-339 9.1 90.0 JJA -1.5

RC12-339 9.1 90.0 DJF -1.0

V29-29 5.1 77.6 JJA 1.1

V29-29 5.1 77.6 DJF 0.2

GeoB1523-1 3.8 -41.6 JJA 0.3

GeoB1523-1 3.8 -41.6 DJF 0.3

MD85674 3.2 50.4 Uk37 Annual 0.9

MD03-2707 2.5 9.4 Mg/Ca Annual 1.1

TR163-19 2.3 -91.0 Mg/Ca Annual 2.1

V25-59 1.4 -33.5 JJA 0.0

V25-59 1.4 -33.5 DJF -2.4

V28-238 1.0 160.5 JJA -0.1

V28-238 1.0 160.5 DJF -3.6

W8402A-14 1.0 -139.0 Uk37 Annual 0.3

TR163-22 0.5 -92.4 Mg/Ca Annual 2.7

ODP806B 0.3 159.4 Mg/Ca Annual 0.6

A180-73 0.2 -23.0 JJA -0.1

A180-73 0.2 -23.0 DJF -0.6

Aux Table 1. (Continued)

Yamamoto et al. [2007]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Yamamoto et al. [2007]

Herbert et al. [2001]

Nürnberg et al. [2008]

Herbert et al. [2001]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Clemens et al. [2008]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Budziak [2001]

Bard et al. [1997]

Schmidt et al. [2004]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Herbert and Schuffert [2000]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal (F) Wolff et al. [1999]

Faunal (F) Wolff et al. [1999]

Bard et al. [1997]

Weldeab et al. [2007]

Lea et al. [2000]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Jasper et al. [1994] 

Lea et al. [2006]

Lea et al. [2000]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]
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Aux Table 1. (Continued)

Core Site Lat Long Proxy* Season ΔSST** Reference

VNTR1-8 0.0 -110.5 Annual -0.8

MD85668 0.0 46.0 Uk37 Annual 1.3

V22-182 -0.6 -17.3 JJA 1.8

V22-182 -0.6 -17.3 JJA -2.4

V22-182 -0.6 -17.3 DJF 0.6

V22-182 -0.6 -17.3 DJF -3.0

RC13-115 -1.4 -104.5 Annual 0.0

GeoB1105 -1.7 -12.4 Mg/Ca JJA 2.1

RC13-205 -2.3 5.2 JJA 2.0

RC13-205 -2.3 5.2 JJA 1.0

RC13-205 -2.3 5.2 DJF 3.4

RC13-205 -2.3 5.2 DJF 0.8

V19-29 -3.6 -83.2 Annual -0.5

V19-29 -3.6 -83.2 Annual -0.5

GeoB1112 -5.8 -10.7 Mg/Ca JJA 1.1

GeoB10083 -6.6 10.3 Uk37 Annual 1.2

Y71_9_101 -6.6 -107.0 Annual -1.6

RC11-230 -8.8 -110.8 JJA -0.9

RC11-230 -8.8 -110.8 DJF -1.5

V22-38 -9.6 -34.3 JJA 2.0

V22-38 -9.6 -34.3 JJA 1.1

V22-38 -9.6 -34.3 DJF 0.6

V22-38 -9.6 -34.3 DJF 0.5

V22-174 -10.1 -12.8 JJA -1.7

V22-174 -10.1 -12.8 JJA -0.8

V22-174 -10.1 -12.8 DJF -0.3

V22-174 -10.1 -12.8 DJF -0.7

GeoB1016-3 -11.8 11.7 Uk37 Annual 0.9

GeoB1016-3 -11.8 11.7 Uk37 Annual 0.9

Y71-6-12 -16.4 -77.9 JJA -4.9

Y71-6-12 -16.4 -77.9 DJF -5.3

ODP820 -16.6 146.3 Uk37 Annual 0.7

v19-53 -17.0 -113.5 JJA 3.1

v19-53 -17.0 -113.5 DJF 1.0

V28-345 -17.7 118.0 JJA -0.9

V28-345 -17.7 118.0 DJF -0.8

GeoB10285 -20.1 9.2 Uk37 Annual 2.7

RC13-228 -22.3 11.2 JJA 1.9

RC13-228 -22.3 11.2 JJA -4.1

RC13-228 -22.3 11.2 JJA 2.8

Faunal (R) Pisias and Mix [1997]

Bard et al. [1997]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) Pisias and Mix [1997]

Nürnberg et al. [2000]

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Faunal (R) Pisias and Mix [1997]

Faunal (R) Pisias and Mix [1997]

Nürnberg et al. [2000]

Schneider et al. [1995]

Faunal (R) Pisias and Mix [1997]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Müller et al. [1994] 

Schneider et al. [1995]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Lawrence and Herbert [2005]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Schneider et al. [1995]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]
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Aux Table 1. (Continued)

Core Site Lat Long Proxy* Season ΔSST** Reference

RC13-228 -22.3 11.2 DJF 2.1

RC13-228 -22.3 11.2 DJF -3.3

RC13-228 -22.3 11.2 DJF 2.1

GeoB1712-4 -23.3 12.8 Uk37 Annual 1.6

GeoB1711-4 -23.3 12.4 Uk37 Annual 1.9

GeoB1710-3 -23.4 11.7 Uk37 Annual 1.1

RC13-229 -25.5 11.3 JJA -0.9

RC13-229 -25.5 11.3 JJA 3.9

RC13-229 -25.5 11.3 DJF -0.3

RC13-229 -25.5 11.3 DJF 4.7

RC11-86 -35.8 18.5 JJA 2.7

RC11-86 -35.8 18.5 JJA -1.8

RC11-86 -35.8 18.5 DJF 2.5

RC11-86 -35.8 18.5 DJF -3.2

RC12-294 -37.3 -10.1 JJA 2.7

RC12-294 -37.3 -10.1 JJA 1.1

RC12-294 -37.3 -10.1 DJF 3.4

RC12-294 -37.3 -10.1 DJF 2.1

MD97-2121 -40.4 178.0 Uk37 Annual 2.8

MD97-2121 -40.4 178.0 Uk37 DJF 2.5

ODP1089 -40.9 9.9 DJF 2.0

ODP1089 -40.9 9.9 DJF 2.6

ODP1123 -41.8 -171.5 Annual 2.0

PS2489-2 -42.9 9.0 DJF 1.3

RC8-39 -42.9 42.4 JJA -0.8

RC8-39 -42.9 42.4 DJF -0.7

V22- 108 -43.2 -3.3 JJA -0.3

V22- 108 -43.2 -3.3 DJF -0.7

MD84-527 -43.5 51.2 DJF 0.6

RC11-120 -43.5 79.9 JJA -2.7

RC11-120 -43.5 79.9 DJF -3.7

RC11-120 -43.5 79.9 Mg/Ca Annual -0.8

RC11-120 -43.5 79.9 DJF 0.8

MD73025 -43.8 51.3 JJA 1.2

MD73025 -43.8 51.3 DJF 1.3

DSDP 90-594 -45.5 174.9 DJF 1.5

MD97-2120 -45.5 174.9 Mg/Ca SON 2.1

MD88-770 -46.0 96.5 Cd/Ca Annual 3.0

MD88-770 -46.0 96.5 Annual 0.1

SO136-111 -50.7 160.2 DJF 0.2

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Kirst et al. [1999] 

Kirst et al. [1999] 

Kirst et al. [1999] 

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Faunal (C) CLIMAP Project Members [1984]

Faunal (F) CLIMAP Project Members [1984]

Pahnke et al. [2006] 

Pahnke et al. [2006] 

Faunal (R) Cortese and Abelmann [2002]

Faunal (R) Cortese et al. [2007]

Faunal Crundwell et al. [2008] 

Faunal (F) Becquet and Gersonde [2003]

Faunal (R) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal (F) Pichon et al. [1992]

Faunal (R) CLIMAP Project Members [1984]

Faunal (R) CLIMAP Project Members [1984]

Mashiotta et al. [1999] 

Faunal (F) Martinson et al. [1987]

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal (F) Schaefer et al. [2005]

Pahnke et al. [2003] 

Rickaby and Elderfield [1999]

Faunal (D) Sowers et al. [1993]

Faunal (D) Crosta et al. [2004]
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Aux Table 1. (Continued)

Core Site Lat Long Proxy* Season ΔSST** Reference

V18-68 -54.6 -77.9 JJA -0.1

V18-68 -54.6 -77.9 DJF -0.3

MD84-551 -55.0 73.2 DJF 0.4

* In cases where more than one type of faunal proxy was used, further details are provided; 

average SST for the 5 kyr interval centered on the warmest value between 135 and 118 ka for each

record, except for those from CLIMAP Project Members [1984]. CLIMAP ΔSST values were

calculated as the difference between MIS 5e SST and core top SST estimates for each record.

Faunal CLIMAP Project Members [1984]

Faunal CLIMAP Project Members [1984]

Faunal (F) Pichon et al. [1992]

C = Coccoliths, F = Foraminifera, R = Radiolaria, D = Diatoms. 

In Kandiano and Bauch [2003], M= Modern Analog Technique, T = Transfer Function Technique

** All ΔSST values were determined by subtracting late Holocene (5-0 ka) average SST from the 
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Latitude grid spacing (°)
5 10 15 20 30

10 0.7 ± 0.7 0.7 ± 0.6 0.6 ± 0.5 0.5 ± 0.5 0.4 ± 0.4

20 0.7 ± 0.6 0.6 ± 0.5 0.5 ± 0.4 0.4 ± 0.4 0.4 ± 0.3

30 0.7 ± 0.6 0.7 ± 0.5 0.5 ± 0.4 0.4 ± 0.4 0.5 ± 0.3

45 0.7 ± 0.6 0.7 ± 0.5 0.5 ± 0.4 0.4 ± 0.4 0.5 ± 0.3

60 0.7 ± 0.6 0.6 ± 0.5 0.5 ± 0.4 0.5 ± 0.4 0.5 ± 0.3

Auxiliary Table 2.  The effect of grid size on ocean-area weighted 
global mean ΔSST. 10° x 10° spacing was used in the study
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Figure C-S1. Data coverage error analysis. Top left: relationship between global SST 
calculated using full data coverage vs coverage limited to the sites of the 
paleooceanographic data. Red line shows 1:1 relationship. Top right: Histogram of the SST 
errors (residuals from top left).  Bottom: Spatial coverage of the paleoceanographic data 
(green cells) using 10° by 10° grid cells, as used in the study.
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APPENDIX D

ON THE POTENTIAL OF RAMAN-SPECTROSCOPY-BASED 
CARBONATE MASS SPECTROMETRY

Submitted for publication in the professional journal: Journal of Raman Spectroscopy
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Abstract

The potential for using Raman spectroscopy to measure 18O-16O oxygen isotopic 

ratios in carbonates is evaluated by measuring the Raman spectra and isotope ratios of a 

suite of sixty synthesized, isotopically-enriched calcite crystals ranging in composition 

from natural (0.2% 18O) to 1.2% 18O. We determined the Raman-inferred isotopic ratios 

(RRaman) by fitting curves to the ν1 symmetric stretching peak at 1086 cm-1 and the smaller 

satellite peak, associated with the ν1 stretching mode of singly-substituted carbonate 

groups (C16O2
18O) at 1065 cm-1. The ratio of the two peak areas shows a 1:1 

correspondence with the 18O/16O ratios measured by the water and carbonate mass 

spectrometry, confirming that the relative intensities of the ν1 symmetric stretching peaks 

is a direct measure of the isotopic ratio in the carbonates. The 1-sigma uncertainties of the 

RRaman values of the individual crystals were 0.00079 (384‰ PDB), and 0.00043 (210‰ 

PDB) for the 4-crystal sample means. Although this level of uncertainty is too high to 

provide significant estimates of natural variability, there are multiple prospects for 

improving the accuracy and precision of the technique. Carbon isotope ratios in 

carbonates cannot be measured by our approach, however our results do highlight the 

potential of Raman-based mass spectrometry for C and other elements in minerals and 

organic compounds.

Introduction

Raman spectroscopy can potentially be used as a non-destructive, high-resolution 

mass spectrometer for a variety of substances, because differences in mass within a 
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molecule can be observed as shifts in the intensity or position of peaks in Raman spectra. 

Such an approach has been utilized for carbon isotopic composition in CO2 fluid 

inclusions in minerals (Arakawa et al., 2007), and pronounced shifts in the Raman spectra 

of organic molecules allow 13C to be used as a tracer of carbon uptake in individual 

microbes (Huang et al., 2007). Here, we investigate the potential of Raman spectroscopy 

as a method to directly measure O isotopic ratios in carbonates. The Raman spectra of 

carbonates are typically characterized by a well-defined ν1 symmetric stretching peak near 

1100 cm-1 (1086 cm-1 in calcite) (Rutt and Nicola, 1974; White, 1974). Typically, a 

second, much smaller peak is also observed around 20 wavenumbers lower (1065 cm-1 in 

calcite). This satellite peak is the ν1 symmetric stretching peak associated with singly-

substituted carbonate groups (C16O2
18O)  (Cloots et al., 1991; Gillet et al., 1996). 

Furthermore, the intensity of the C16O2
18O peak relative to the C16O3 peak is higher in 

synthetic carbonates grown in waters enriched in 18O (Gillet et al., 1996). For brevity, in 

this paper, we will refer to the ν1 symmetric stretching peak of the unsubstituted carbonate 

groups (C16O3) as the ν1
16O peak, and the ν1 symmetric stretching peak of the singly-

substituted carbonate groups (C16O2
18O) as the ν1

18O peak.  

The relative amount of 18O in carbonate is a widely used indicator of geologic and 

environmental variability, both in modern and past systems. The relative amount is 

typically expressed as the per mil deviation of the 18O/16O ratio from a standard (typically 

the Pee Dee Belemnite), or δ18OPDB. The δ18O of carbonates is a primary means of 

inferring past climatic and hydrologic variability from a wide variety of materials and 

environments, including cave deposits (speleothems), corals, carbonate shells from 
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marine and freshwater organisms, and inorganic and organic carbonates deposited in lake 

sediments and soils. A Raman-spectroscopy-based carbonate mass spectrometer could 

allow for rapid, non-destructive analysis at extremely high resolution (micron-scale), that 

would have abundant applications in environmental and geologic research. This study 

takes the first step towards this goal by determining the relationship between the 

intensities of the two Raman peaks and calcite 18O/16O, the precision with which this ratio 

can be determined from Raman spectra, and the potential application of this Raman mass 

spectrometer to natural systems.     

Experimental Procedure

Calcite synthesis

To create a set of a calcites with a wide range of oxygen isotopic ratios we 

synthesized 15 calcite samples in waters with oxygen isotope ratios (18O/16O) ranging 

from 0.002 (natural) to 0.012. To generate the waters, we initially diluted 3 ml of 97% 18O 

water from Sigma-Aldrich with 172 ml of distilled water. After precipitation of the most-

enriched calcite, the water was further diluted to produce the remaining samples. 

To precipitate calcite from the enriched waters, 1-2 grams of laboratory-grade 

calcite were dissolved in the waters while they were bubbled with CO2 for several hours. 

The waters were filtered, and then capped and allowed to sit for two days to allow 

complete equilibration of the oxygen isotopes with HCO3
- in the water. Next, the water 

was bubbled with air for two days to drive off dissolved CO2, driving the precipitation of 

calcite. Finally, the waters were sonicated and filtered, and the filter was dried, while the 
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remaining water was preserved for isotopic analysis, and further dilution and calcite 

synthesis. The synthesized calcites were generally euhedral crystals ranging from 25 to 

50 μm in size.

Raman Spectroscopy

The Raman spectra of the synthesized calcites were collected on a Thermo 

Almega microRaman system, using a solid-state laser with an excitation wavelength of 

780 nm at 100% power, and a thermoelectrically cooled CCD detector. The spectra were 

collected under 10x magnification, with 0.5 cm-1 resolution and a 1-μm spot size. For 

each sample, four individual calcite crystals were analyzed; Raman spectra were 

collected for fifteen minutes on each crystal. To increase the signal to noise ratio, only 

crystals with one face oriented orthogonal to the laser were analyzed, beyond this 

constraint, crystal orientation was random. Raman peak positions and intensities were 

determined by fitting pseudoVoigt curves to the ν1
18O and ν1

16O peaks centered at near 

1065 and 1086 cm-1 respectively, corresponding to the ν1 symmetric stretching modes of 

the unsubstituted and singly-substituted carbonate groups (Cloots et al., 1991; Gillet et 

al., 1996). The ν1
16O peak, as measured by the Thermo Almega microRaman system is 

asymmetric, and required three pseudoVoigt curves centered on ~1086, ~1084 and ~1076 

cm-1, to properly fit (Figure D1). This asymmetry is not observed in carbonates measured 

on other Raman systems  (e.g., Cloots et al., 1991; Gillet et al., 1996), and is likely due to 

incomplete polarization of the laser interacting with the orientation of the crystal. The 

much smaller ν1
18O peak, centered near 1065 cm-1, can be fit with a single pseudoVoigt 
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curve. Before fitting peaks to the spectra, the background was removed from each 

spectrum using the software package CrystalSleuth (Laetsch and Downs, 2006). All four 

peaks in the ν1 stretching region were then fit simultaneously using a weighted nonlinear 

least squares fitting algorithm in Matlab 7.12 (The Mathworks, Inc.; Figure D1). The 

Raman-inferred 18O/16O ratio (RRaman) is then calculated as 

RRaman=

∫
1000

1150

I ( ν1
18O )

∫
1000

1150

∑ I (ν1
16 O1,2,3 )

∗
1
3  (1)

Where I(ν1
18O) are the intensities of the ν1

18O peak, and the intensities of the three ν1
16O 

peaks (ν1
16O1, ν1

16O2, ν1
16O3) are summed I(ν1

16O1,2,3) before numerically integrating using 

Matlab (Mathworks, Inc.). RRaman is one third of the integrated intensity ratio because only 

one of the three atoms in C16O2
18O is 18O. To investigate the potential of using Raman 

spectra to infer changes in calcite 13C/12C ratios, Raman spectra were also collected from 

a 13C-enriched (97% 13C) calcite and a natural-abundance reagent calcite (1.1% 13C) 

calcite from J.T. Baker Chemical. 

Isotope notation

We use several notations common to isotopic studies in this paper, which we 

define here. R is the relative abundance of two isotopes, in this case 18O/16O. Isotopic 

fractionation, α, is the fractional difference between the R of two substances (A and B), 

defined as:
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αA−B=
R A

RB
 (2)

Finally, delta notation is used to express per mil (‰) differences from a standard, such 

that for oxygen:

δ18O=( Rsample−R std

R std
)∗1000  (3)

where Rstd is the R of Vienna Standard Mean Ocean Water (VSMOW) for waters and 

Vienna Pee Dee Belemnite (VPDB) for carbonates.  

Water Mass Spectrometry

To measure the oxygen isotope ratios in the waters used for calcite synthesis, we 

diluted the enriched waters with distilled water (-8.9‰ VSMOW) in proportions resulting 

in a mixture with a predicted δ18O value less than +50‰. The diluted waters were then 

analyzed for δ18O using a dual inlet mass spectrometer (Delta-S, Thermo-Finnegan, 

Bremen, Germany) using an automated CO2-H2O equilibration unit. Standardization is 

based on internal standards referenced to VSMOW and VSLAP. Precision is better than 

±0.08‰ for δ18O. The resulting δ18O values along with the measured masses of the two 

waters were used to determine the oxygen isotope ratios of the waters used to synthesize 

calcite. Because the mass spectrometer  responds linearly between the calibration points 

of -55.5 (VSLAP) and 0‰ (VSMOW), we assume that the system maintains a linear 

response up to +50‰ VSMOW.  



242

Carbonate Mass Spectrometry

The fractionation of oxygen isotopes during the precipitation of calcite is 

relatively well known (α=1.0288 at 25°C; Friedman and O'Neill, 1977; or α=1.0285 at 

25°C. Kim and O'Neill, 1997), and uncertainties are small compared to the uncertainty 

associated with calculating the oxygen isotope ratio from Raman spectra. Given the low 

precision of the Raman-spectra-derived ratios, calculating the oxygen isotope 

composition of the precipitated calcites from the δ18O value of the waters should be 

sufficiently precise. To verify this assumption, we measured the δ18O of five of the 

synthesized carbonate samples. Samples HC14 and HC15 had oxygen isotope ratios 

approaching natural abundances and could be measured without dilution.  The δ18O and 

δ13C of these carbonates were measured using an automated carbonate preparation device 

(KIEL-III) coupled to a gas-ratio mass spectrometer (Finnigan MAT 252). Powdered 

samples were reacted with dehydrated phosphoric acid under vacuum at 70°C. The 

isotope ratio measurement is calibrated based on repeated measurements of NBS-19 and 

NBS-18 and precision is ±0.10‰ for δ18O and ±0.08‰ for δ13C (1 sigma). Samples HC2, 

HC5 and HC8 were too enriched in 18O to be measured directly, and were diluted with 

J.T. Baker calcite (δ18Opdb=-15.65‰) such that the resulting mixture would have a mean 

δ18Opdb of ~20‰. To have precise dilutions, 10 mg of total calcite was reacted overnight 

in sealed glass tubes with dehydrated phosphoric acid at 25°C. The evolved CO2 gas was 

cleaned cryogenically and measured on a Finnigan Delta-S gas-ratio mass spectrometer. 

The oxygen isotope fractionation between calcite and acid-liberated CO2 was taken from 

Swart et al. (1983).
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Results and Discussion

The Raman-inferred, and mass-spectrometer-measured water and calcite R and 

δ18O values for the 15 samples are presented Table D1. The five calcite samples measured 

on the mass spectrometer generally agree with the values predicted from the waters, 

within the uncertainty associated with the mass dilution analysis procedure. In samples 

HC14 and HC15, the δ18O values predicted from the waters underestimate those directly 

measured from the calcites by 2.4 and 1.9‰, respectively. These offsets may be 

associated with the extrapolation of the water and carbonate calibrations towards more 

enriched values, but may also be due to enrichment in the calcites associated with high 

dissolved [Ca+] during calcite synthesis (cf., Kim and O'Neill, 1997). Overall, the δ18O 

and R values inferred from the water and carbonate mass spectrometry appear to be 

sufficiently consistent for comparison with the less-certain Raman-inferred values. For 

consistency, in the rest of this paper, we compare the Raman-inferred isotope ratios 

(RRaman) with the calcite isotope ratios inferred from the water measurements (Rcalc-inf).

   

Raman-inferred isotope ratios (RRaman)

The RRaman values as calculated by equation 1 are reasonable for both the 

individual crystals and sample means (Table 1). The variability RRaman between crystals of 

the same batch displays a range in standard deviations from 0.00012 to 0.00166. 

Remarkably, the RRaman values demonstrate a clear 1:1 relationship with the Rcalc-inf values, 

especially when comparing the 4-crystal mean RRaman  values (Figure D2). The residuals 

between the RRaman  and Rcalc-inf values are normally distributed, with a standard deviation 
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of 0.00079 (corresponding to 384‰) for the individual crystals, and 0.00043 (210‰) for 

the 4-crystal means values. This range of uncertainty is about an order of magnitude 

outside the range of natural variability; therefore, this approach is not yet sufficiently 

resolved for most geologic and environmental applications. However, it should be noted 

that this is an exploratory study, and a number of existing-technology refinements could 

be applied that would significantly improve the accuracy and precision of our approach. 

These will be discussed below.

Potential sources of error and bias

Because the ν1
18O peak is small, particularly at lower, closer-to-natural R values, it 

would be expected that the signal to noise ratio (SNR) in the ν1
18O peak would be a 

primary factor driving the accuracy and precision of the  RRaman values. However, this does 

not appear to be the case in these samples. There are no significant relationships between 

the residuals and the ν1
18O peak to background ratio, the ν1

18O:ν1
16O ratios, or even the 

root-mean squared error (RMSE) of the fit. Additionally, the size and breadth of the third 

ν1
16O peak centered at 1076 cm-1 (ν1

16O3) controls the separation between the ν1
16O and 

ν1
18O peaks, and in some cases, such as for spectra from HC6, which have the highest 

residuals of any samples, clearly affects the quality of the ν1
18O peak fit. Despite this, 

various metrics of the relative size and influence of the ν1
16O3 peak show no consistent 

relationship with the accuracy of RRaman, either for sample means or individual crystals. 

The only metric of SNR that shows a clear relationship with the residuals, for the samples 

with small relative ν1
18O peaks (R < 0.005), is the ratio between ν1

16O height and 
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background (the height of the nearby baseline, between 1020 and 1040 cm-1, before 

adjustment by CrystalSleuth; Laetsch and Downs, 2006) (Figure D3). This result suggests 

that the overall signal strength of the ν1 symmetric stretching mode is a primary control 

on the precision and accuracy of the RRaman estimates.

Potential for improving the accuracy and precision of RRaman estimates

There is considerable potential for reducing the uncertainty of the RRaman estimates, 

and increasing the utility of Raman-spectroscopic carbonate mass spectroscopy, even 

with existing techniques and technology. First, it should be emphasized that the Raman 

spectra collected here were preliminary, and that virtually no effort was made to screen 

crystals based on orientation or signal strength. Still, the fact that the Raman intensity 

ratios show a 1:1 relationship with mass spectrometer values, with no apparent biases, is 

extremely encouraging for future applications of the technique. There are several simple 

ways to potentially reduce uncertainty in the estimates. The incomplete polarization of 

the microAlmega Raman system causes the ν1
16O peak to be split into three smaller 

peaks, including a small peak near 1076 cm-1 that can influence the ν1
18O peak. Using a 

fully polarized spectrometer may reduce the overlap between the peaks resulting in a 

better fit. Second, the result that the ν1
16O peak height to background ratio affects the 

accuracy indicates that efforts to increase the overall signal to noise ratio of the Raman 

spectra, even screening crystals by signal strength, would likely reduce uncertainty in 

RRaman. Increasing the spectral resolution by focusing the CCD on a smaller area of the 

spectrum should increase the quality of the peak fit, and eliminate aliasing driven by the 
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precise position of the peak (cf. Arakawa et al., 2007). Another approach is resonance 

Raman (RR) scattering, which occurs when the wavelength of the exciting laser is chosen 

such that its energy corresponds to the electronic transition of specific atomic bonds 

within a molecule (Ferraro et al., 2003). RR spectroscopy can greatly increase (by a 

factor of 103 to 105) the signal strength of a Raman spectrum (Ferraro et al., 2003), and 

could potentially allow for much more precise determination of area of the ν1
18O peak. A 

simpler approach is immersing the sample in liquid nitrogen, which increases the 

separation of nearby peaks, and increases the sharpness of the peaks (Figure D5). The 

accuracy of RRaman would likely improve with frequent comparison of Raman-inferred 

values to an internal standard during sample collection. The use of relative measurements 

in isotope ratio mass spectrometry has allowed greatly improved precisions to be attained 

(Criss, 1999). Relative deviations from a standard can be measured far more accurately 

than the determination of the absolute 18O/16O ratio, as we did here.

Carbon isotopes

The displacement of the carbon atom in the ν1 symmetric stretching mode is not 

very large, so there is no significant shift of frequency in the 1050-1100 cm-1 region 

between the normal and 13C-enriched calcites. However, the substituted C should be 

apparent in stretching modes where the C atom does undergo large motions, such as the 

ν13 active translational mode near 281 cm-1. Here, the 13C-enriched calcite appears shifted 

to lower wavenumbers (centered near 279 cm-1) (Figure D4). This shift is consistent with 

theoretical expectation that the fractional change in position is a function of the square 
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root of the changes in mass (Gillet et al., 1996). In this case for the ν13 mode of Ca13CO3:

ν13 /ν13=√(m13C 16
O
/m12C 16

O )=0 .9918  (4)

corresponding to a theoretical ν13 peak at 279 cm-1. Because the change in mass is small, 

and the peak is at low wavenumbers, small changes in the size of the Ca13CO3 ν13 peak 

would be completely obscured by the Ca12CO3 peak. This does not mean that the 13C/12C 

ratios could not be measured in other minerals or molecules. For example, the C-C 

stretching mode in the calcium oxalate weddellite (CaC2O4·2H2O) has a satellite peak at 

~870 cm-1 (Figure D6). The position (following equation 2) and intensity of the peak 

suggest that the satellite peak is associated with a 13C-12C bond.

Potential for quantifying isotope ratios in other molecules

Following the discussion of the previous section on the inability to quantify 

changes in 13C/12C ratios in calcite Raman spectra, it makes sense to generalize the 

conditions necessary to directly quantify isotope ratios from Raman spectra. There are 

three primary criteria necessary to effectively fit and quantify peaks in Raman spectra, 

and to relate those peaks to isotopic ratios in the compound of interest. First, to avoid the 

complication of the effect of sample orientation on relative intensities, the two peaks 

must be associated with the same vibrational mode. This constraint drives the second 

criterion: the shift in the wavenumber associated with the change in mass must be large 

enough so that the secondary peak is distinct and identifiable from the primary peak. 
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Following equation 4, this is a function of both the relative change in mass in the 

molecule, and the position of the stretching peak, where larger changes in mass and 

vibrational modes at higher wavenumbers result in larger shifts. Finally, the rare isotope 

of interest must be sufficiently abundant that the associated peak is above the background 

intensity. Despite these constraints, it is likely that isotopic ratios in a wide variety of 

organic and inorganic compounds could be quantified from Raman spectra, with variable 

precision.

Conclusions

We have synthesized a suite of 18O-enriched calcites, and measured their 18O/16O 

ratios with both traditional mass spectrometry and through their Raman spectra. The 

Raman-inferred ratios show a clear 1:1 relationship with the ratio calculated from 

traditional mass spectrometry measurements, suggesting that oxygen isotope ratios can be 

measured directly in Raman spectra. The measurements of individual crystals were 

precise to within a ratio of  0.00079 (384‰) and the 4-crystal means were precise to 

within 0.00043 (210‰). These uncertainties are too large to be useful in natural systems, 

however this is a preliminary study, and the accuracy and precision could be greatly 

improved by increasing the signal to noise ratio of the Raman spectra, using a 

spectrometer that maintains the polarization of the laser, and refining our curve-fitting 

techniques. Carbon isotope ratios in carbonates cannot be measured by our approach, 

however our results do highlight the potential of Raman-based mass spectrometry for C 

and other elements in minerals and organic compounds.
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Table D1. Water and Calcite oxygen isotope data, measured by traditional mass 
spectrometry and Raman spectroscopy.

Water and calcite mass spectrometry Raman-based mass spectrometry

Sample

HC01 0.0121 0.0125 5042.4 0.0143 0.0128 0.0135 0.0127 0.0133

HC02 0.0086 0.0088 3258.2 0.0083 3014.9 0.0082 0.0092 0.0093 0.0093 0.0090

HC03 0.0054 0.0055 1672.8 0.0055 0.0053 0.0060 0.0056 0.0056

HC04 0.0048 0.0050 1406.1 0.0045 0.0053 0.0052 0.0049 0.0050

HC05 0.0038 0.0039 868.2 0.0036 721.8 0.0036 0.0022 0.0044 0.0040 0.0036

HC06 0.0033 0.0034 623.7 0.0054 0.0065 0.0036 0.0029 0.0046

HC07 0.0028 0.0029 386.9 0.0029 0.0012 0.0028 0.0029 0.0025

HC08 0.0027 0.0028 329.2 0.0027 310.5 0.0031 0.0015 0.0036 0.0036 0.0029

HC09 0.0024 0.0025 206.3 0.0030 0.0021 0.0029 0.0028 0.0027

HC10 0.0024 0.0024 169.6 0.0038 0.0023 0.0033 0.0035 0.0032

HC11 0.0022 0.0023 110.2 0.0027 0.0021 0.0021 0.0027 0.0024

HC12 0.0021 0.0022 66.4 0.0023 0.0024 0.0024 0.0022 0.0023

HC13 0.0021 0.0022 53.2 0.0033 0.0026 0.0011 0.0030 0.0025

HC14 0.0021 0.0021 29.6 0.0021 32.0 0.0015 0.0029 0.0018 0.0016 0.0020

HC15 0.0020 0.0021 4.7 0.0021 6.6 0.0021 0.0026 0.0030 0.0030 0.0027

each of the four individual crystals measured, and their mean ratio.

R
waters

R
calc-inf

 δ18O
PDB

R
calc-meas

* δ18O
PDB

R
raman

 X1 R
raman

 X2 R
raman

 X3 R
raman

 X4 R
raman

 Mean

note: R
calc-inf

 is the 18O/16O ratio of the calcite inferred from water composition (Kim and O'Neill, 1997),

R
calc-meas

 is the 18O/16O ratio of the calcite measured by mass spectrometry. R
Raman

 values are shown for

*Italicized calcite values were measured offline using mass dilution, and are less certain
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Figure D1. Examples of three measured Raman spectra in the ν1 symmetric stretching mode 
region, and the associated pseudoVoigt curve fits for each (top: HC1, middle: HC4, bottom: 
HC11). For all panels: Raman measurements are shown as black circles, the green, black and 
cyan curves show the fits to the three ν1

16O peaks, ν1
16O1, ν1

16O2, ν1
16O3, respectively; the 

dark blue curve shows the ν1
18O fit, and the red curve shows the sum of all four pseudoVoigt 

peaks. The Raman intensities for each sample are normalized to the maximum height of the 
ν1

16O peaks. The inset in each panel shows the ν1
18O region and associated curves with the 

Raman intensity scale amplified by a factor of 10 to better illustrate changes in ν1
18O peak area. 

The RRaman values calculated for each spectrum are shown in each panel.

1060107010801090

R
raman

=0.0143

Wavenumber (cm−1)

R
raman

=0.0027

Wavenumber (cm−1)

10601070

10601070

10601070

R
raman

=0.0045

1060107010801090

In
te

ns
ity

(n
or

m
al

iz
ed

)



253

0 0.005 0.01
0

0.005

0.01

R
waters

R
R

am
an

Four−crystal mean 18O/16O

0 0.005 0.01
0

0.005

0.01

R
waters

R
R

am
an

Individual crystal mean 18O/16O

Figure D2. Relation between Raman-inferred 18O/16O ratios (RRaman) and the R values 
predicted from the 18O/16O measured in the waters (Rcalc-inf), for both the 4-crystal mean of 
each sample (left) and measurements of the individual crystals (right). For each plot, a 1:1 
relationship is shown in red.



254

0 0.001 0.002 0.003
0

10

20

30

40

50

60

70

Residual (R
Raman

− R
waters

)

16
O

v 1
pe

ak
si

gn
al

to
no

is
e

ra
tio

Figure D3. Relation between 18O/16O residuals (RRaman – Rcalc-inf) and the ν1
16O peak height 

to background ratio in the Raman spectra, for samples with R values < 0.005.
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Figure D4. Raman spectra of 13C-enriched and standard calcite in the ν13 active translational 
mode region. 
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Figure D5. The υ1 symmetric stretching mode region of Raman spectra of 
optical calcite before and after immersion in liquid nitrogen (LN).
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Figure D6. Raman spectrum of the C-C stretching mode region in the calcium 
oxalate weddelite (CaC2O4·2H2O). Based on its position (following eq. 4) and 
relative intensity, the satellite peak at ~870 cm-1 likely corresponds to the 
13C-12C bond. 
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APPENDIX C: THE ROLE OF OCEAN THERMAL EXPANSION IN LAST 
INTERGLACIAL SEA LEVEL RISE is reprinted with permission of the American 
Geophysical Union.

McKay, N. P., J. T. Overpeck, and B. L. Otto-Bliesner, The role of ocean thermal 
expansion in Last Interglacial sea level rise, Geophysical Research Letters, 38(14), 
L14605, 2011. Copyright 2011 American Geophysical Union.


