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ABSTRACT
The spatial and temporal variability of water content, soil water tension, and
derived hydraulic conductivity parameters are analyzed using geostatistical methods.
The measured data sets were obtained from a 1985 experiment near Las Cruces,
New Mexico. Post-irrigation water content and tension measurements had been
recorded over 44 days at 455 sampling locations along a 91 x 1.5-meter transect.
Unsaturated hydraulic conductivity values are derived using the instantaneous
profile formula, and an exponential model is used to obtain values of saturated
hydraulic conductivity and pore-size distribution parameters. The exponential model
is found to inadequately describe the conductivity data for tensions near saturation,
because excessively large saturated hydraulic conductivity values are derived.
Semivariogram analysis shows ranges of dependence of three to 32 meters for water
content and six to 34 meters for tension. As water content decreases, the coefficient
of variation and variance are found to increase.
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CHAPTER 1
INTRODUCTION
Richards et al. (1956) acknowledged that the number of variables influencing
the movement and retention of water in a soil had been so confusing that the process
of developing a descriptive theory based on measureable soil properties had been
slow. Over 30 years later, research continues with the same goal of further describing
complex soil interactions in a realistic, useful, and expedient manner.
One approach to studying the natural spatial variability of a soil's hydrologic
characteristics is to conduct large-scale in situ experiments. Analyzing a data set
collected in the field enables us to better understand specific spatial structures in
particular soil types. Added to pre-existing studies in the literature and ongoing
reseach, this specific knowledge may contribute to general insights and applications
related to soil behavior and management.
It is well established from many of these large-scale surveys that natural soil
properties vary extensively over space and time. Hydraulic properties of soils, for
example, have been found to vary significantly with spatial location even within a
given soil type (Nielsen et al., 1973; Warrick and Nielsen, 1980). This large variability
in field soils is an indication of the complex nature of the soil's environment
(Folorunso and Rolston, 1984), orogenesis, and history.
In light of this vast variability, it is desirable to choose methods of analysis
which do take account of variation. Similarly, we must realize the limitations of
simplistic approaches which do not take account of a soil's true heterogeneity. Soil
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maps, for example, describe a field's variation with assumed uniform mapping units.
Because the soil is not composed of homogeneous units, the soil map only provides
us with a gross representation of the actual soil (Warrick and Nielsen, 1980, p. 319).
These types of taxonomic classifications may be useful for broadly describing a field's
heterogeneity, but they are inadequate for examining a specific physical property at
a small scale.
The use of spatial statistical methods, and particularly geostatistics, may more
appropriately describe the variation in actual soils. These methods are based on the
assumption that samples are spatialy correlated to one another, and the spatial
relationship between samples can be quantified (as described in Chapter 5 on
statistics theory). Beginning in the 1970s, investigators have used geostatistical
analyses to identify spatial structure in soils. Many of these studies are described in
the literature review section. These investigations have shown that the application of
geostatistics to the unsaturated zone is useful in clarifying spatial structure of
hydrologic properties and physical soil components.
The hydrologic soil properties examined in this study are volumetric water
content, soil water tension, texture, and two derived parameters: saturated hydraulic
conductivity and pore-size distribution parameters, and saturated hydraulic
conductivity. Past studies have found these parameters to exhibit a great deal of
spatial and temporal variability.
Better understanding of the spatial variability of hydrologic properties such as
these are important for effective soil management and prediction of water movement.

21

This knowledge is applicable to both agricultural and environmental problems which
are related to the soil's capacity to transmit, store, and react (Warrick and Nielsen,
1980) with both natural and anthropogenic products. These problems include
irrigation scheduling, crop productivity, land drainage, infiltration, erosion, water
conservation, groundwater recharge, nutrient and solute transport, waste disposal,
flooding, runoff, and groundwater contamination.
The aim of the present study is to examine the spatial and temporal variability
of selected hydrologic soil characteristics based on analysis of extensive data collected
in a field plot. Volumetric water content and soil water tension data were collected
at 455 sampling points (91 transect locations and 5 depths) in a Typic Torrifluvent
soil plot. Measurements were taken post-irrigation at 11 time periods, spanning 44
days. Additionally, percent sand, silt and clay data were available for the 0.3- and 0.6meter depths.

In this study, data analysis includes the derivation of hydraulic

conductivity parameters (saturated hydraulic conductivity and pore-size distribution),
and the application of geostatistical techniques to characterize the variablity of water
content, soil water tension, hydraulic conductivity parameters, and soil texture.
The experimental materials and methodologies related to this thesis are
described in Chapter 2. This includes description of the field site, experimental
design, monitoring devices, irrigation, and data collection. Data preparation and
preliminary analyses and derivations are also presented.
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A literature review is presented in Chapter 3. Selected studies are reviewed
which address the spatial variability of soil hydrologic properties using classical
and/or geostatistical techniques.
Topics of soil physics theoiy applicable to this study are presented in Chapter
4. Included are descriptions of spatial variability, soil water retention and soil water
movement theory, and pertinent equations used in this thesis.
Chapter 5 gives a review of statistical theory and methods applied in this
thesis. Included is an explanation of classical versus spatial statistical techniques, a
brief discussion of pertinent classical statistical measures, and a detailed review of
the mathematical theory of regionalized variables and geostatistical methods.
Results of the spatial variability analysis of soil water content, soil water
tension, soil texture, and the derived hydraulic conductivity parameters are presented
in Chapter 6. Included are data plots of the variables over time and depth, tabulation
of basic statistical measures, semivariogram analyses, field interpretation, and
discussion on the value of soil variability studies.
A discussion of errors related to this study is given in Chapter 7, and a
summary and conclusions are presented in Chapter 8.
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CHAPTER 2
MATERIALS AND METHODS
This chapter describes materials and methods used in this study. Included are
sections on the experimental field site, experimental design and set-up, monitoring
devices (neutron probe and tensiometers), irrigation, data collection, data preparation
for elimination or estimation of missing and outlying data, and preliminary data
analysis related to the derivation of hydraulic conductivity and pore-size distribution
parameters.

2.1 Experimental Field Site
The extensive data analyzed in this study was collected from an experimental
plot at the Leyendecker Plant Science Research Center of New Mexico State
University, which is located approximately 14 km southwest of Las Cruces, New
Mexico.
As described by Hendrickx et al. (1984, 1986), this is a semi-arid region with
an average annual precipitation of 0.23 meters. Rainfall is variable with an average
of 52% of the rainfall occurring in July through September. The average maximum
temperature is highest in June at 36 degrees C, and lowest in January at 13 degrees
C. There is low relative humidity with an average Class A pan evaporation of 2.39
meters per year. The water table is approximately 3 meters deep. (Hendrickx et al.,
1984).

The soil type at the experimental plot is classified as a Glendale clay loam soil
(mixed calcareous thermic family of Typic Torrifluvent) (Hendrickx et al., 1986). For
more detail on this soil classification, please refer to Appendix 1.1.
Van de Pol et al. (1977) found the soil within the plot to consist of 15
centimeters of clay over 50-60 centimeters of silty clay over a variable amount of silty
loam. The soil type was found to abruptly change with depth from the silty loam to
medium to fine sand.
Hendrickx et al. (1986) reported local research center soil to consist of
approximately 0.7 meters of fine silty clay loam overlying fine to medium sands.
Results of texture analysis at an adjacent plot by Kies (1981) also showed the soil
type to be clay or clay loam down to a depth of 0.6 meters, and greater than 95%
sand for depths 0.75 to 2.5 meters.

2.2 Experimental Design and Set-up
The experimental plot, 93 meters long by 3 meters wide had been prepared
for prior experiments by disking in two directions, rototilling to a depth of 0.2 meters,
and then levelling using a laser plane. The plot was further smoothed and levelled
by hand and enclosed with a 50-centimeter raised soil berm (Nash, 1984).
Sampling stations were set up on the plot 1 meter apart along a 91-meter
transect to obtain soil water tension and volumetric water content data. A neutron
probe access tube was installed at each station, in the center of the width of the plot,
to a depth of 1.5 meters. For each of the 91 stations, five tensiometers were installed
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across the width of the plot (0.3 meters apart) with their tips at 0.3, 0.6, 0.9, 1.2 and
1.5 meters. Experimental set-up and data collection were all performed under the
direction of Dr. P.J. Wierenga, with M.H.B. Nash primarily responsible for fieldwork.
A drawing of the experimental plot showing placement of the measuring instruments
is provided in Figure 1. Although the five tensiometers associated with each of the
91 stations are not located at the exact site of the access tube, the practical
assumption is made that there are only 455 distinct sampling points for measuring
soil water content or tension; 91 stations by 5 depths per station. This experimental
set-up and the corresponding assumption are based on a standard procedure for
measuring soil hydraulic characteristics as described by Hillel et al. (1972). The
method requires that a series of tensiometers be installed near the access tube, not
greater than 0.3 meters apart and to a depth as great as possible. The tensiometers
must be far enough away from the access tube to avoid interfering with the neutron
readings (approximately 0.5 meters), yet near enough to monitor the "same" soil mass
(Hillel et al., 1972). Nash et al. (1989) maintained that in this particular clay loam
soil, the 0.3 meter separation distance is adequate to prevent interference with
neutron probe readings.

2.3 Monitoring Instruments
The monitoring devices used in this experiment for obtaining soil water
content and soil water tension data are described in the following sections.
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Figure 1.

Drawing of the experimental plot showing placement of neutron probes
and tensiometers. Distances between sampling locations in meters;
depths that tensiometers reach to are in cm (from Nash, 1984)
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2.3.1 Neutron Probe
Volumetric water content was monitored with a neutron probe and moisture
meter (CPN Corporation, Howe Road, Martinez, CA, Model 503DR Hydroprobe).
As described above, the neutron probe access tubes had been installed vertically into
the soil to a depth of 1.5 meters at each of the 91 stations. The neutron probe was
lowered into the access tube, and water content readings were collected using
standard procedure.
Each actual water content measurement is calculated from the neutron
moisture meter reading plus a previously determined calibration curve. The
calibration curve plots the relationship between neutron count rate and volumetric
water content. The calibration curve for neutron probe readings in this study was
calculated by M.S.B. Nash under the direction of Dr. P.J. Wierenga. The calibration
curve is: i = 0.1744 + (Relative Count Ratio) - 0.0347 with 95% confidence limit
intervals for an individual predicted value. One calibration curve was used for all
sampling locations and soil depths. For more on theory related to the neutron probe
and water content readings, please refer to Section 4.2.2 and Appendix 1.4.

2.3.2 Tensiometer/Transducer System
Soil water tension was monitored with a system consisting of the 455 installed
tensiometers (91 stations by 5 tensiometers per station), and a hand-held pressure
transducer with attached hypodermic needle and digital-readout device (Soil
Measurement Systems, 7344 North Oracle Road, Tucson, Arizona). This system is
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based on the design by Marthaler et al. (1983). The needle is injected through a
rubber stopper sealing the top of each tensiometer, and the tension measurement is
displayed on the readout device. This process can be repeated relatively rapidly until
all tension readings have been recorded.
Each tensiometer was made from a porous ceramic cup (1 inch outside
diameter), PVC pipe (0.5 inch schedule 80), clear plastic tubing (0.5 inch internal
diameter; 0.625-inch outside diameter) and a rubber stopper. Epoxy Epocast
Hardener was used to join the components. The tensiometer was filled with de-aired
water leaving only a small volume of air at the top of the tensiometer. After each
insertion of the needle, silicon rubber cement was reapplied to the rubber stopper
to prevent air leakage.
Before installation of the tensiometers in the experimental plot, each was
tested for leakage by submerging it under water and applying up to 1.5 bars of
positive pressure. The appearance of bubbles would indicate leakage. The functioning
tensiometers were then positioned into holes prepared with a coring tool. Each
tensiometer was installed so that 5 centimeters of plastic tubing and rubber septum
were aboveground. Before taking measurements, the tensiometers were left to
equilibrate with the soil water.
With the tensiometers in place, measurements were taken at the observation
times by insertion of the hypodermic needle into the septum stoppers. Readings were
recorded directly from the digital read-out device, calibrated in millibars. Then soil
water tension values were calculated by subtracting the stem length of the
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tensiometer from the reading on the meter, in mb or centimeters water. (For
example, 35 was subtracted from the readings at depth 0.3 meters, and 155 was
subtracted from readings at depth 1.5 meters.)

2.4 Irrigation
A drip irrigation system consisting of 12 irrigation lines laid along the length
of the plot was installed. Both spacing of the tubes and spacing of drip holes in the
tubing was approximately 6 inches. The plot was covered with plastic sheeting to
prevent evaporation, and a thin layer of soil to keep the sheeting in place and reduce
temperature fluctuations and condensation.
Data were collected at varying irrigation rates in an effort to find the proper
rate for reaching steady-state unsaturated flow. Irrigation was not continuous. Onehour pulses of water were applied in six cycles a day (beginning at 10:20 a.m., 2:20
p.m., 6:20 p.m., 10:20 p.m., 2:20 a.m., and 6:20 a.m.). Irrigation began on August 2,
1985 at 1.1 cm/day (900 gal/day). On September 9, the rate was increased to 2.2
cm/day (1800 gal/day). The final irrigation rate of 4.4 cm/day (3600 gal/day) began
on October 11 and successfully established the desired steady regime. A steady-state
system was assumed when tensiometer readings remained relatively constant at each
location over measured time periods. Irrigation ceased on November 25, 1985 after
nearly four months of irrigation.
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2.5 Data Collection
Given this experimental set-up, soil water tension and water content values
were measured at each of the 455 sampling stations at 11 different time periods. The
times of data collection ranged from 5 hours to 44.25 days after irrigation had
stopped. The specific 11 measurement periods are: 0.21 days (5 hours), 0.38 days (9
hours), 1.17, 1.42, 2.25, 3.25, 4.25, 7.25, 11.25, 18.25, and 44.25 days.
Data were collected and recorded by Maliha S. Nash, Mohammed H. Nash,
and a third assistant when available. All were graduate students studying agronomy
and horticulture at the New Mexico State University. At each measurement time, two
or three students would take the tension and water content measurements. The team
would begin collecting the data with location number one and complete the five
readings representing the five depths. Then, they would continue down the transect
through location number 91, thus completing all 455 readings. For practical reasons,
readings are assumed to be constant during the measurement period of one to one
and a half hours for tension and three hours for water content.
Texture data had been collected for a previous experiment at the same site
(Hendrickx et al., 1984). In this previous experiment (when neutron access tubes had
been installed), soil samples had been taken at each of the 91 stations from the 0.3
meter depth and were analyzed by a sieving method to determine percent sand and
a sedimentation method using a hydrometer for percent silt and clay. In 1987, soil
samples were also texturally analyzed for selected sampling locations at the 0.6-meter
depth.

31

2.6 Data Preparation: Missing and Outlying Data
The collected water content and soil water tension data sets were reviewed
for missing and anomalous wetness and suction values. As described in the chapter
on Discussion of Errors, missing and suspect data may have been caused by
measurement error, calibration error, malfunction and/or limitations of the
measuring instruments, (particularly leaky tensiometers).
All of the data collected at the first measurement time of 0.21 days (5 hours)
were eliminated from this study due to numerous missing data points and positive
pressure measurements. For the remaining time periods, both missing values and
those identified as unreasonable were estimated as follows. 455 soil moisture
characteristic curves were made (i.e. one for each of the 455 sampling locations). By
a visual inspection of the characteristic curves, anomalous values could be identified.
Given the water content versus tension relationship for each sampling location, the
unreasonable and missing values were then estimated by computer-assisted curvefitting (using the U.S. Geological Survey STATPAC) and/or with a French curve.
A second approach was used to systematically determine unacceptable values.
Fitted models to the 50 tension semivariograms were used to identify the spatial
structure for each depth at a specific time period. Then, tensions could be pinpointed
which were inconsistent with the spatial models. After the validation process using
hole-by-hole suppression, those values found to have standardized errors between the
observed and kriged values greater than a cutoff of 0.9 could be estimated with the
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kriged value. With 0.9 chosen as the cutoff value, the validation process eliminated
or retained values with roughly the same level of selectivity as the visual method.
A final determination of whether a value was unreasonable was based on
weighing results of the moisture release curves, the cross-validation of the variogram
model, and the level of confidence in each of these. For instance, if a value had a
standardized error greater than 0.9 and was out of line on the characteristic curve,
that value was estimated. If the characteristic curve did not show a clear relation
ship, the variogram method for estimation was useful. Examples of some constructed
characteristic curves used for outlier search and estimation are shown in Figure 2.
Plot (a) shows a well-behaved curve with no estimation needed; plot (b) had one
outlier estimated by the visual characteristic method; plot (c) had one outlier
estimated by the variogram method; plot (d) had one outlier estimated with both the
visual and variogram methods providing the same result, and plot (e) shows a poorlybehaved curve with several points estimated by a combination of the two methods.
The number and percent of points deemed missing or outlying which were estimated
at each depth is shown in Table 1.

2.7 Preliminary Data Analysis
Conventional statistical and geostatistical methods were used to analyze the
collected data. These methods are described in the Statistics Theory chapter.
The construction of semivariograms, model fitting and validation are described
in the following section on structural analysis. The derivation of unsaturated hydraulic
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Table 1.
DEPTH
(m)
0.3
0.6
0.9
1.2
1.5
All depths

The number and percent of estimated data points
WETNESS
NUMBER
PERCENT
19
2.1
36
4.0
4
0.4
26
2.9
1.0
9
94
2.1

TENSION
NUMBER PERCENT
51
5.6
5.6
51
108
11.9
114
12.5
16.6
151
475
10.4
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conductivity, saturated hydraulic conductivity and pore-size distribution parameters
are explained in the following section.

2.7.1 Structural Analysis
STATPAC, a package of statistical programs developed by the United States
Geological Survey, was used in this study to construct experimental variograms from
the corrected data sets and to validate fitted models.
Fifty 1-D semivariograms were plotted to study the spatial variability of soil
water tension, one semivariogram for each depth/time period pair (i.e. five depths
times ten time periods). An additional 50 plots were made for volumetric water
content. Semivariograms were also constructed for percent sand, silt and clay for the
0.3 meter depth. Construction of two-dimensional (i.e. in 2-D space) or threedimensional semivariograms (i.e. in 2-D space over time) was not feasible in this
study due to the limited number of sampling points in the vertical direction and the
disparity in scales along the transect and the vertical. The one-dimensional approach
was appropriate for observing trends in spatial variability at each depth over time.
The following procedure was followed for the structural analysis and validation
process. Semivariograms were constructed on the data set (in which missing data and
outliers had been estimated). The class size was varied resulting in several versions
of experimental semivariograms for each time/depth pair (i.e. time 2 and depth 0.3
meters). Based on these results, several trials were made in search of a "best-fit"
model for each time and depth. Model parameters were varied including model type,
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nugget, sill, range, maximum neighborhood radius to be used in kriging and natural
log transformation of the data (when indicated by inspection of the histogram). In
validation, a maximum kriging distance of 35 to 40 meters was used, which is less
than half the length of the transect. When experimental semivariograms showed
evidence of drift, semivariograms were constructed on the residuals. Semivariograms
of the residuals were constructed aided by program SS2DDRES in STATPAC, which
computes drift residuals using the method of generalized least squares. In this
iterative approach, the drift and semivariogram of residuals are simultaneously
estimated. Linear regression and least squares polynomial curve fits were used for
a first approximation in this process. Validation trials were made using universal
kriging assuming zero, first and second order drift. Further explanation of the
procedure for drift estimation, universal kriging, and construction of the semivari
ogram of residuals is included in Section 5.3.3.2.
For each trial, seven validation criteria were tabulated. The seven criteria used
in this study for the validation process are: (1) average kriging error should be
minimal, (2) root mean square error should be minimal and lower than the standard
deviation of the regionalized variable, (3) kriged reduced root mean square error
should be close to unity, (4) the standardized errors should be independent of the
kriged values, (5) the standardized errors should be independent of their location as
expressed by their x and y coordinates, (6) the kriged value should be positively (and
preferably, highly) correlated with the observed values and (7) it is desirable that the
standardized errors be normally distributed (U.S.G.S. STATPAC, 1984). Further
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description of the validation criteria and corresponding formulas are presented in
Section 5.3.3.
Based on the validation results, the "best" model was chosen. Deciding on the
best model is an area of controversy and research in the evolving science of
geostatistics. There is no unique model to be found (David, 1977), and choosing the
model and estimating its parameters are subjective (Knudsen and Kim, 1978).
Hoeksema and Kitanidis (1985 1) report that the process of selecting the most
appropriate model can seldom be based on any single criterion alone and should
follow the iterative process of model selection, estimation and diagnostic checking.
In this way, the different criteria act as cross-checking devices.
When evaluating the validation results from all seven criteria in this study,
emphasis was given to a combination of criteria (2), (3) and (6). Criteria (2), the root
mean sqare error, is recognized as an overall effective measure of the accuracy of the
model (Volpi, 1979 1). The validation is an attempt to achieve the best results for
as many measures as possible. Oftentimes, an improvement in one measure (i.e.
criteria 1) may lead to a worse result in another measure (i.e. criteria 6). Different
measures show different sensitivities for improvement. For example, improvement in
criteria (6), the correlation of z vs. z\ is generally difficult to achieve. Sample
validation pages for water content and soil water tension are shown in Tables 2a and
2b. The highlighted trials were chosen after weighing the validation results (i.e., the
kriged root mean square error was relatively low, the kriged reduced root mean
square error was close to one, and z versus z* was relatively high).

Table 2a.

Sample validation pages for water content

WATER CONTENT, DEPTH 1.2 METERS. TIME 0.38 DAYS
Trial 6
Trill 2
Trial 3
Trial 4
Trials
Trial 7
Trial 8
Trial 9
Trill 1
Trial 10
Model
Spherical
Spherical
Spherical
Spherical
Spherical
Spherical
Spherical
Exponential Spherical
Nested Spher.
0.00007
0.00005
0.00005
ooooos
Nugget cm*
0.0004
0.0003
0.0001
0.00005
0.0001
0.00005
C Value cm*
0.00025
0.00329
0.00334
0.00334
0.00334
0.00334
0.00302
0.00294+
0.00299
0.00282
0.00339
0.00339
0.00312
0.00032
0.00339
0.00339
0.00339
0.00339
0.00312 0.00299+
Sill cm*
6+
6
20
14:
24
Range m
9
8
9
9
14
Distance
40
24
40
40
40
40
40
40
40
32
Points
10
10
5
5
5
• S;
5
5
5
5
0.0003
-0.0001
-0.0005
0.0001
0.0001
0.0001
0.0001
KAE
0.0002
-0.0005
0.0001
0.0222
0.0233
0.0221
0.0238
0.0222
0.0221
0.0221;
0.0225
0.0227
0.0222
KRMSE
0.7061
1.7742
0.838
0.8759
1.2312
1.5434
0.7405
KRRMSE
0.7125
1.0628
1.0302
0.2002
0.2002
0.2002
MeanZ
0.2002
0.2002
0.2002
0.2002
0.2002
0.2002
0.2002
0.2003
0.2007
0.2001
0.2001
MeuXligZ
0.1999
0.2001
0.2001
0.2
0.2007
0.2002
0.058198
0.058198
0.05819
0.058198
0.05819
0.058198
0.058198
St. DevZ
0.058198
0.058198
0.058198
St. Dcv KrigZ
0.04973
0.05251
0.05767
0.051964
0.0S246
0.051947
0.052241
0.051021
0.054767
0.058198
I V«. 2*
0.92
0.92
0.91
0.92
0.92
0.92
0.92
0.92
0.92
0.92
St.ciT.*krig val
0.14
0.06
-0.11
0.07
0.05
0.07
-0.02
0.06
0.11
0.05
St.eir.'x-coord.
0.03
-0.02
-0.02
0.01
0.01
0.01
0.01
0.02
-0.05
0.02
Histogram
226(11)21101 226(11)21101 114(12)1100 125(12)21101 125(11)311
125(12)31100 125(11)31100 125(11)31100 126(11)21101 126(11)31101
Drift
2
0
0
0
0
1
0
0
1
0
Log
N
N
N
N
N
N
N
N
N
N
z vs. z* =
KAE =
KRMSE =
KRRMSE =

Distance =
Drift =

LogN=
Histogram =
St.crr'krigva! =
S(.crr.*x-coord =
Points =

coneUtioo between observed and kriged values
kriged Average error
kriged root mean square error
kriged reduced root mean square error
a nested spherical model was used. The second C value is 0.00127.
The second till value is 0.00426. The second range is 28.
maximum lag distance used for calculations
order of drift
logarithmic transformation
no
error/standard deviation
correlation between error/standard deviation
and kriged value
correlation between error/standard deviation
and x-coordinate
number of points used in kriging neighborhood

Table 2b.

Sample validation pages for soil water tension

SOIL WATER TENSION, DEPTH0.6 METERS, TIME 1.42 DAYS
Model
Nugget CM1
C Value CM*
Sill CM*
Range m
Distance
Points
KAE
KRMSE
KRRMSE
Mean Z
Mean Krig Z
St. Dev Z
St. Dev Krig Z
z vs. z*
St.err.*krig val
St.err.*x-coord.
Histogram
Drift
Log

Trial 1
Spherical

Trial 2
Spherical

Trial 3
Exponential

Trial 4
Spherical

Trial 5
Spherical

Trial 6
Spherical

N=
Histogram »
St. err'krigval =
St.err'x-coord =
Points =

Trial 8
Spherical

100
25
25
0
90
90
25
0
1880
1300
1810
1755
1755
1755
1780
1780
1980
1390
1900
1780
1780
1780
1780
1780
30
19
19
30
25
28
32
36
40
40
40
40
40
40
22
40
5
5
5
5
5
5
5
• "
5
-0.0919
0.0898
-0.1077
-0.0829
-0.0825
-0.0826
-0.0829
-0.0828
8.9664
9.6441
9.5398
9.9552
9.0875
9.1669
9.1313
8.966
0.7609
0.631
0.6289
0.7599
0.6806
0.817
0.9097
0.9726
45.56
45.56
45.56
45.56
45.56
45.56
45.56
45.56
45.64
45.64
45.64
45.65
45.65
45.67
45.64
45.64
35.588
35.588
35.588
35.588
35.588
35.588
35.588
35.588
33.733
33.797
33.575
34.171
34.084
34.121
34.345
34.343
0.97
0.97
0.96
0.96
0.96
0.97
0.97
0.97
0.05
0.03
0.05
0.06
0.03
0.03
0.01
0.01
v -0.01
-0.01
-0.01
-0.01
0
0
0
-o.ot
00015(14)411 00014(13)611 00016(14)2100 10014(15)401 10004(13)511 10014(15)401 10015(14)311 10005(14)3100
0
0
0
0
0
0
0
0
N
N
N
N
N
N
N
N

z vs. z* = correlation between observed and kriged values
KAE = kriged average error
KRMSE = kriged root mean square error
KRRMSE = kriged reduced root mean square error
+ « a nested spherical model was used. The second C value is 0.00127.
The second sill value is 0.00426. The second range is 28.
Distance =
Drift =
l.og =

Trial?
Spherical

maximum lag distance used for calculations
order of drift
logarithmic transformation
no
error/standard deviation
correlation between error/standard deviation
and kriged value
correlation between error/standard deviation
and x-coordinatc
number of points used in kriging neighborhood
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2.7.2 Derivation of Hydraulic Conductivity and Pore-Size Distribution
Parameters
Hydraulic conductivity values at each location were estimated by the
instantaneous profile method (Nielsen et al., 1973) using the water content and soil
water tension values available at each location at ten time periods. Assuming that the
flux at the plastic-covered soil surface is zero and flow is one-dimensional, the
classical instantaneous profile formula for determining unsaturated hydraulic
conductivity is:

(1)

where K is the unsaturated hydraulic conductivity at the center of a layer between
two depths of measurement, 0 is the water content, 0 is the average water content
at the location over a time interval, t is a time period, and the subscripts represent
two different time values. 9h/3z is the change in time-averaged soil water pressure
head with depth. The gradient 9h/3z is estimated with a cubic spline function which
fits a smooth curve (continuous first derivative) to the average of the five tension
values at time t(i+l) and the five values at t(i) (Nielsen et al., 1973). In the
derivation process, the soil surface was treated as having the same water content
values as the 0.3-meter depth. The instantaneous profile method is described in
more detail in Chapter 4, Soil Physics Theory.
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Once the unsaturated hydraulic conductivity values at various moisture
contents or suctions were estimated, the following empirical exponential unsaturated
hydraulic conductivity model was fit to the data:

- K*

where K is hydraulic conductivity,

exp ( - a i|r)

(2)

is soil water tension, K/ is saturated hydraulic

conductivity parameter, and a is the pore-size distribution parameter. When plotted
on semilog paper with tension on the linear x-axis, Kj. is the intercept and alpha is
the slope. The exponential equation is also described in the Soil Theory chapter,
Section 4.4.2.
FORTRAN programs written or modified by Dr. T.-C. Jim Yeh were used for
derivation of both unsaturated hydraulic conductivity values and for derivation of the
Kj* and a parameters.
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CHAPTER 3
LITERATURE REVIEW
3.1 Geostatistical Methods Applied to Hydrology
Researchers have been working on variability problems since the early 1900s
(Montgomery 1913; Robinson and Lloyd 1915; Pendleton 1919). Early analysis of soil
variability relied on classical statistical measures, such as the variance and coefficient
of variation.
The application of geostatistics to study variability in the hydrosciences began
in the late 1970s. Delhomme (1978) introduced a new "stochastic hydrogeology"
approach. He described the theory of regionalized variables and suggested that the
methods are well suited for solving water resources problems. He recommended the
application of geostatistics for examining spatial correlation of hydrogeological data,
for interpolation by kriging, and for determining the precision of interpolation. He
also presented a series of case studies in automatic contouring, data input for
numerical models, estimation of average precipitation over a given catchment area,
and measurement network design.
Since then, several authors have reviewed geostatistical techniques, and
innumerable researchers have applied this approach to study in situ soil variability
studies.
One review of methods for studying field spatial variability of soil physical
properties was presented by Warrick and Nielsen (1980). Their review describes
classical statistical and spatial analysis (i.e. autocorrelograms and semivariograms).

43

They maintained that using geostatistics offers a logical quantitative framework
applicable to various phases of a study including survey and evaluation, integration
and problem solving.
Burgess and Webster (1980 1,2) and Webster and Burgess (1980 3) also
described the theory of geostatistics including usage of the semi-variogram, punctual
kriging and block kriging. They gave three examples in which they applied these
techniques to estimate and map soil properties (sodium content, stoniness, and
thickness of cover loam). In the third part of the article, Webster and Burgess (1980
3) investigated optimal interpolation and isarithmic mapping of soil properties for the
case of changing drift and universal kriging, applied to three sets of data from soil
surveys in Central Wales and Norfolk.
Vieira et al. (1983) presented a further review of geostatistical methods
including semivariograms and kriging, and gave examples of their application to
variability problems in agronomy.

3.2 In Situ Soil Variability Studies
Selected studies which address the spatial variability of soil hydrologic
properties are included in this literature review. Authors and titles of the reviewed
articles are categorized by properties studied, and are listed chronologically within
each category. The studied properties include soil water content, soil water tension,
hydraulic conductivity, infiltration, texture, and others. Note that an article may be
listed under several categories if many variables were studied. Both classical
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statistical and/or geostatistical approaches (i.e. autocorrelograms, and Matheron's
geostatistical tools: semivariograms and kriging) are applied in these studies. To some
degree, basic classical statistical measures are used in all of the studies. If additional
techniques were used in the particular article, the type of statistical analysis is
indicated by a letter following the title: C+ for advanced statistical techniques (i.e.
simulations, discriminant analysis, principal components analysis, etc.); A for
autocorrelograms; S for semivariograms; and K for kriging. Following these
categorical lists, the reviewed articles are briefly described, and are listed alphabeti
cally.

3.2.1 Water Content
Taylor (1955). Field determination of soil moisture.

Stockton and Warrick (1971). Spatial variability of unsaturated hydraulic conductivity.

Rogowski (1972). Watershed physics: soil variability criteria.

Nielsen et al. (1973). Spatial variability of field-measured soil-water properties.

Keisling et al. (1977). Precision with which selected soil physical parameters can be
estimated. (Also Keisling 1974. Precision with which selected physical properties of
similar soils can be estimated.)
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Warrick et al. (1977). Predictions of the soil-water flux based upon field-measured
soil-water properties. C+

Baker (1978). Variability of hydraulic conductivity within and between nine
Wisconsin soil series.

Cameron (1978). Variability of soil water retention curves and predicted hydraulic
conductivities on a small plot.

Guma'a (1978). Spatial variability of in situ available water.

Bell et al. (1980). Analysis of surface moisture variations within large-filed sites.

Bresler et al. (1981). Spatial variability of crop yield as a stochastic soil process. A

Gajem et al. (1981). Spatial dependence of physical properties of a Typic Torrifluvent
soil. (Also Gajem 1980. Spatial structure of physical properties of a Typic
Torrifluvent.) A S

Russo and Bresler (1981 1 and 1982 2). Soil hydraulic properties as stochastic
processes: 1. An analysis of field spatial variability. 2. Errors of estimates in a
heterogeneous field. A
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Vauclin et al. (1982). Spatial variability of surface temperature along two transects
of a bare soil. A S

Clapp et al. (1983). Estimating spatial variability in soil moisture with a simplified
dynamic model. C+

Russo (1983 1, 1984 2). A geostatistical approach to the trickle irrigation design in
h e t e r o g e n e o u s soils. 1 . T h e o r y . 2 . A field test. A S K

Vauclin et al. (1983). The use of cokriging with limited field soil observations. S K

Bresler et al. (1984). Statistical analysis of salinity and texture effects on spatial
variability of soil hydraulic conductivity. S

Cosby et al. (1984). A statistical exploration of the relationships of soil moisture
characteristics to the physical properties of soils. C +

Hendrickx et al. (1984). Variability of soil water tension and soil water content.

Nash (1984). Variability in soil water tension, water content and drainage rate along
a line transect. A S
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Vauclin et al. (1984). Error analysis in estimating soil water content from neutron
probe measurements. 2. Spatial standpoint. S

Greminger et al. (1985). Spatial variability of field-measured soil-water characteris
tics. A

Yeh et al. (1985 1, 2, 3). Stochastic analysis of unsaturated flow in heterogeneous
soils. 1. Statistically isotropic media. 2. Statistically anisotropic media. 3. Observations
and applications. C+ A

Yates and Warrick (1987). Estimating soil water content using cokriging. S K

Davidoff and Selim (1988). Correlation between spatially variable soil moisture
content and soil temperature. A S

Hopmans et al. (1988). Two-dimensional steady state unsaturated water flow in
heterogeneous soils with autocorrelated soil hydraulic properties. C+ A

Kablan et al. (1989). Determinations of unsaturated hydraulic conductivity for
Candler sand.
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Nash et al. (1989). Variation in tension, water content, and drainage rate along a 91m transect. S

Russo (1989 1,2). Field-scale transport of interacting solutes through the unsaturated
zone.

Zhai et al. (1990). Tillage effects on the spatial and temporal variations of soil water.

3.2.2 Soil Water Tension
Stockton and Warrick (1971). Spatial variability of unsaturated hydraulic conductivity.

Nielsen et al. (1973). Spatial variability of field-measured soil-water properties.

Keisling et al. (1977). Precision with which selected soil physical parameters can be
estimated. (Also Keisling 1974. Precision with which selected physical properties of
similar soils can be estimated.)

Van de Pol et al. (1977). Solute movement in a field soil.
Cameron (1978). Variability of soil water retention curves and predicted hydraulic
conductivities on a small plot.
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Russo (1983 1, 1984 2). A geostatistical approach to the trickle irrigation design in
h e t e r o g e n e o u s soils. 1 . T h e o r y . 2 . A field test. A S K

Hendrickx et al. (1984). Variability of soil water tension and soil water content.

Nash (1984). Variability in soil water tension, water content and drainage rate along
a line transect. A S

Greminger et al. (1985). Spatial variability of field-measured soil-water characteris
tics. A

Saddiq et al. (1985). Spatial variability of soil water tension in an irrigated soil.
(Also Saddiq 1983. Soil water status and water use of trickle-irrigated chile peppers.)
AS

Yeh et al. (1985 1, 2, 3). Stochastic analysis of unsaturated flow in heterogeneous
soils. 1. Statistically isotropic media. 2. Statistically anisotropic media. 3. Observations
and applications. C+ A

Yeh et al. (1986). Observations of spatial variability of soil-water pressure in a field
soil. A S

1!]
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Wilson et al. (1987). Spatial dependence of soil-water potentials associated with
septic systems. S K

Hopmans et al. (1988). Two-dimensional steady state unsaturated water flow in
heterogeneous soils with autocorrelated soil hydraulic properties. C+ A

Kablan et al. (1989). Determinations of unsaturated hydraulic conductivity for
Candler sand.

Nash et al. (1989). Variation in tension, water content, and drainage rate along a 91m transect.

S

Yeh (1989). One-dimensional steady state infiltration in heterogeneous soils. C+

3.2.3 Hydraulic Conductivity
Mason et al. (1957). Hydraulic conductivity as related to certain soil properties in a
number of great subgroup sampling errors involved.

Stockton and Warrick (1971).Spatial variability of unsaturated hydraulic conductivity.

Rogowski (1972). Watershed physics: soil variability criteria.
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Nielsen et al. (1973). Spatial variability of field-measured soil-water properties.

Baker and Bouma (1976). Variability of hydraulic conductivity in two subsurface
horizons of two silt loam soils.

Carvallo et al. (1976). Spatial variability of in situ unsaturated hydraulic conductivity
of Maddock sandy loam.

Reichardt et al. (1976). Spatial variability of physical properties of a tropical soil.

Keisling et al. (1977). Precision with which selected soil physical parameters can be
estimated. (Also Keisling 1974. Precision with which selected physical properties of
similar soils can be estimated.)

Rao et al. (1977). Estimation of the spatial variability of the soil-water flux. C+

Van de Pol et al. (1977). Solute movement in a field soil.

Warrick et al. (1977). Predictions of the soil-water flux based upon field-measured
soil-water properties. C+

Babalola (1978). Spatial variability of soil water properteis in tropical soils of Nigeria.
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Baker (1978). Variability of hydraulic conductivity within and between nine
Wisconsin soil series.

Bresler et al. (1981). Spatial variability of crop yield as a stochastic soil process. A

Russo and Bresler (1981 1 and 1982 2). Soil hydraulic properties as stochastic
processes: 1. An analysis of field spatial variability. 2. Errors of estimates in a
heterogeneous field. A

Smith (1981). Spatial variability of flow parameters in a stratified sand. C+ A

Byers and Stephens (1983). Statistical and stochastic analysis of hydraulic conductivity
and particle size in a fluvial sand. A S K

Russo (1983 1, 1984 2). A geostatistical approach to the trickle irrigation design in
h e t e r o g e n e o u s soils. 1 . T h e o r y . 2 . A field test. A S K

Bresler et al. (1984). Statistical analysis of salinity and texture effects on spatial
variability of soil hydraulic conductivity. S

Cosby et al. (1984). A statistical exploration of the relationships of soil moisture
characteristics to the physical properties of soils. C+

5-3

Russo (1984 3) A geostatistical approach to solute transport in heterogeneous fields
and its applications to salinity management. S K

Wagenet et al. (1984). Soil chemical and physical effects on spatial variability of
hydraulic conductivity.

Yeh et al. (1985 1, 2, 3). Stochastic analysis of unsaturated flow in heterogeneous
soils. 1. Statistically isotropic media. 2. Statistically anisotropic media. 3. Observations
and applications. C+ A

Smettem (1987). Characterization of water entry into a soil with a contrasting textural
class: spatial variability of infiltration parameters and influence of macroporosity. S

Hopmans et al. (1988). Two-dimensional steady state unsaturated water flow in
heterogeneous soils with autocorrelated soil hydraulic properties. C+ A

Russo (1989 1,2). Field-scale transport of interacting solutes through the unsaturated
zone.

Wilson et al. (1989). Spatial variability of saturated hydraulic conductivity of the
subsoil of two forested watersheds.

SK

i
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Yeh (1989). One-dimensional steady state infiltration in heterogeneous soils. C+

3.2.4 Infiltration
Biggar and Nielsen (1976). Spatial variability of the leaching characteristics of a field
soil.

Keisling et al. (1977). Precision with which selected soil physical parameters can be
estimated. (Also Keisling 1974. Precision with which selected physical properties of
similar soils can be estimated.)

Warrick et al. (1977). Predictions of the soil-water flux based upon field-measured
soil-water properties. C+

Babalola (1978). Spatial variability of soil water properteis in tropical soils of Nigeria.

Rogowski (1980). Hydrologic parameter distribution on a mine spoil. S K

Luxmoore et al. (1981). Areal variation and chemical modification of weathered
shale infiltration characteristics. S
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Sisson and Wierenga (1981). Spatial variability of steady-state infiltration rates as a
stochastic process. (Also Sisson 1977 is same title.) C+ A

Vieira et al. (1981). Spatial variability of field-measured infiltration rate. (Also Vieira
1980 is same title.) A S K

Nash (1984). Variability in soil water tension, water content and drainage rate along
a line transect. A S

Ben-Hur et al. (1987). Variability of infiltration in a field with surface-sealed soil.

Cressie and Horton (1987). A robust-resistant spatial analysis of soil water
infiltration. S

Smettem (1987). Characterization of water entry into a soil with a contrasting textural
class: spatial variability of infiltration parameters and influence of macroporosity. S

Nash et al. (1989). Variation in tension, water content, and drainage rate along a 91m transect.

S
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Wilson et al. (1989). Spatial variability of saturated hydraulic conductivity of the
subsoil of two forested watersheds.

SK

Yeh (1989). One-dimensional steady state infiltration in heterogeneous soils. C+

3.2.5 Texture
Mason et al. (1957). Hydraulic conductivity as related to certain soil properties in a
number of great subgroup sampling errors involved.

Mclntyre and Tanner (1959). Anormally distributed soil physical measurements and
non-parametric statistics.

Jacob and Klute (1965). Sampling soils for physical and chemical properties.

Nielsen et al. (1973). Spatial variability of field-measured soil-water properties.

Webster and de la Cuanalo (1975). Soil transect correlograms of North Oxfordshire
and their interpretation. A

Reichardt et al. (1976). Spatial variability of physical properties of a tropical soil.
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Keisling et al. (1977). Precision with which selected soil physical parameters can be
estimated. (Also Keisling 1974. Precision with which selected physical properties of
similar soils can be estimated.)

Campbell (1978). Spatial variation of sand content and pH within a single contiguous
delineation of two soil mapping units.

Gajem et al. (1981). Spatial dependence of physical properties of a Typic Torrifluvent
soil. (Also Gajem 1980. Spatial structure of physical properties of a Typic
Torrifluvent.) A S

McBratney and Webster (1981). Spatial dependence and classification of the soil
along a transect in northeast Scotland. C+ S

Russo and Bresler (1981 1 and 1982 2). Soil hydraulic properties as stochastic
processes: 1. An analysis of field spatial variability. 2. Errors of estimates in a
heterogeneous field. A

Smith (1981). Spatial variability of flow parameters in a stratified sand. C+ A

Byers and Stephens (1983). Statistical and stochastic analysis of hydraulic conductivity
and particle size in a fluvial sand. A S K
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Russo (1983 1, 1984 2). A geostatistical approach to the trickle irrigation design in
heterogeneous soils. 1. Theory. 2. A field test. A S K

Vauclin et al. (1983). The use of cokriging with limited field soil observations. S K

Wagenet et al. (1984). Soil chemical and physical effects on spatial variability of
hydraulic conductivity.

Greminger et al. (1985). Spatial variability of field-measured soil-water characteris
tics. A

Trangmar et al. (1986 1,2). Spatial dependence and interpolation of soil properties
in W. Sumatra, Indonesia. 1. Anisotropic variation. 2. Co-regionalization and co
kriging. S K

Yates and Warrick (1987). Estimating soil water content using cokriging.

SK

Di et al. (1989). Use of geostatistics in designig sampling strategies for soil survey.
SK
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3.2.6 Other Soil Properties
Hammond et al. (1958). Soil sampling in relation to soil heterogeneity.

Mclntyre and Tanner (1959). Abnormally distributed soil physical measurements and
non-parametric statistics.

Andrew and Sterns (1963). Physical characteristics of four Mississippi soils.

Jacob and Klute (1965). Sampling soils for physical and chemical properties.

Ball and Williams (1968). Variability of soil chemical properties in two uncultivated
brown earths.

Cipra et al. (1972). Variations with distance in selected fertility measurements of
pedons of Westerm Kansas Ustoll.

Nielsen et al. (1973). Spatial variability of field-measured soil-water properties.

Coelho (1974). Spatial variability of water related soil physical properties.

Cassel and Bauer (1975). Spatial variability in soils below depth of tillage: bulk
density and fifteen atmosphere percentage.
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Webster and de la Cuanalo (1975). Soil transect correlograms of North Oxfordshire
and their interpretation. A

Biggar and Nielsen (1976). Spatial variability of the leaching characteristics of a field
soil.

Van de Pol et al. (1977). Solute movement in a field soil.

Webster (1977). Spectral analysis of Gilgai soil. C+ A

Hajrasuliha et al. (1980). Spatial variability of soil sampling for salinity studies in
southwest Iran. S K

Gajem et al. (1981). Spatial dependence of physical properties of a Typic Torrifluvent
soil. (Also Gajem 1980. Spatial structure of physical properties of a Typic
Torrifluvent.) A S

Kies (1981). Solute transport in unsaturated field soil and in groundwater.

S

Luxmoore et al. (1981). Areal variation and chemical modification of weathered
shale infiltration characteristics. S
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McBratney and Webster (1981). Spatial dependence and classification of the soil
along a transect in northeast Scotland. C+ S

Vauclin et al. (1982). Spatial variability of surface temperature along two transects
of a bare soil. A S

Yost et al. (1982 1,2). Geostatistical analysis of soil chemical properties of large land
areas. 1. Semivariograms. 2. Kriging.
SK

Burrough (1983). Problems of superimposed effects in statistical study of the spatial
variability of soil. A

Russo (1983 1, 1984 2). A geostatistical approach to the trickle irrigation design in
h e t e r o g e n e o u s soils. 1 . T h e o r y . 2 . A field test. A S K

Bresler et al. (1984). Statistical analysis of salinity and texture effects on spatial
variability of soil hydraulic conductivity. S

Folorunso and Rolston (1984). Spatial variability of field-measured denitrification gas
fluxes. A
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Russo (1984 3). A geostatistical approach to solute transport in hetrogeneous fields
and its applications to salinity mangement. S K

Tabor et al. (1984 1). Spatial variability of nitrate in irrigated cotton. 1. Petioles. S
K

Wagenet et al. (1984). Soil chemical and physical effects on spatial variability of
hydraulic conductivity.

Jury (1985). Spatial variability of soil physical parameters in solute migration: a
critical literature review. A

S

Yates (1985). Geostatistical methods for estimating soil properties. S K

Davidoff et al. (1986). Variability of soil temperature with depth along a transect. A
S

Trangmar et al. (1986 1,2). Spatial dependence and interpolation of soil properties
in W. Sumatra, Indonesia. 1. Anisotropic variation. 2. Co-regionalization and cokriging. S K

Morkoc et al. (1987). Kriging with generalized covariances. S K
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Smettem (1987). Characterization of water entry into a soil with a contrasting textural
class: spatial variability of infiltration parameters and influence of macroporosity. S

Yates and Warrick (1987). Estimating soil water content using cokriging.

SK

Davidoff and Selim (1988). Correlation between spatially variable soil moisture
content and soil temperature. A S

Samra et al. (1988 1,2). Analysis of spatial variability in sodic soils: 1. Structural
analysis. 2. Point- and block-kriging. S K

Wopereis et al. (1988). Spatial variability of heavy metals in soil on a one-hectare
scale. S

Kablan et al. (1989). Determinations of unsaturated hydraulic conductivity for
Candler sand.

Zhai et al. (1990). Tillage effects on the spatial and temporal variations of soil water.
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3.3 Alphabetical Listing and Description of Articles
Andrew and Sterns (1963) studied the variability of physical properties of four
Mississippi silt loam soils. Clay content, bulk density, and moisture-tension values
were analyzed to determine to what extent a soil series delimits the physical
properties of the surface foot. The degree of variation between samples implied that
intensive sampling is necessary to typify physical properties of these soils.
Babalola (1978) measured and evaluated the spatial variability of soil physical
properties on 0.34 and 91.6-ha fields in a tropical environment. The classical
instantaneous profile method was used to calculate hydraulic conductivity values. A
simple predictive equation for drainage (which requires a knowledge of saturated
hydraulic conductivity and the slope of the K(0 ) curve near saturation) from any soil
depth was also evaluated based on the spatial variability of the measured soil
properties. The accuracy and precision with which the soil hydraulic conductivity for
a single soil type can be measured in the field was evaluated. Classical statistical
methods (mean, standard deviation, coefficient of variation, frequency distributions,
plots of soil characteristics over time) were used in the analysis. High variability in
soil physical properties such as bulk density, and percent gravel, sand, silt, and clay
resulted in a high variability in soil water retention characteristics and hydraulic
conductivity. The spatial variability of hydraulic conductivity after cessation of
infiltration was found to be more divergent than that of soil water content. Steadystate moisture content and hydraulic conductivity were found to be normally and lognormally distributed. The magnitude of soil water flux at any depth was predicted
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with some success using the simple predictive equation. Babalola advised caution
when applying K(0) to a different piece of land than it was calculated on.
Baker and Bouma (1976) studied the hydraulic conductivity in two subsurface
horizons (B22t and B31t) of 12 pedons of two soils, Batavia silt loam and Piano silt
loam. The crust test technique was used for measuring unsaturated hydraulic
conductivity, and a new related in situ method was used for measuring saturated
conductivity. Classical statistical methods were applied (regression, confidence
intervals). Nonlinear regression yielded simple well-fit curves. Variability within and
between major horizons in the soil series were found to be relatively low. Four
horizons had statistically identical hydraulic conductivity characteristics, even with
different morphological soil structure and soil genesis. Baker and Bouma concluded,
that, at least some soil series can be considered in broader groupings when certain
measureable physical (rather than morphological) criteria are used to predict the
hydraulic conductivity curve of any soil series in the group.
Baker (1978) measured moisture potentials and saturated and unsaturated
hydraulic conductivity in selected subsurface horizons of nine soil series by using the
crust test method. The experiment was performed on soil series ranging from from
sands to clay loams (Batavia, Boone, Hocheim, and others). Advanced statistical
techniques like nonlinear regression and multivariate discriminant analysis were used
to group series into classes of similar hydraulic behavior, based on the dispersion of
moisture potential and hydraulic conductivity data within and between series. Baker
found that the hydraulic conductivity data sets for the nine soil series exhibited
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relatively high variability within series. He concluded that soil series can be arranged
to form functional groups based on similar hydraulic conductivity characteristics.
Ball and Williams (1968) studied the variability of soil properties including
pH, soil moisture, and exchangeable cations for the surface horizon of two
uncultivateed soils in N. Wales. They concluded that spatial variability must be
considered in any pedological study.
Bell et al. (1980) analyzed data to study the variability of in situ soil moisture
within large-field sites. Moisture data were available from 58 large sites (40 acres
each) in Arizona, Kansas, and South Dakota. (NASA had collected this ground truth
soil moisture data in 1974-1977.) All sites were bare soils and had uniform vegetation
cover. Soils were Contine clay loam (Phoenix, Arizona); Kennebec-Wabash-Reading
Association (Jefferson County, Kansas); Richfield-Ulysses Association (Finney
County, Kansas); Houdek-Bonilla Association and Houdek-Cavour-Miranda (Hand
County,S. Dakota). Classical statistical methods were used (including the mean,
variance, coefficient of variation, and regression analysis) to define general
relationships and ranges of values of field moisture relative to the variance and
coefficient of variation for a given site and depth increment. They found that water
content variations in each field were normally distributed. In general, the observed
standard deviations ranged from 2 to 4% for all sites.
Ben-Hur et al. (1987) measured the infiltration rates for a surface-sealed soil
wetted with with sprinkler (water-drop impact) and flood infiltrometers at 30 sites on
a field near Be'er Sheva, Israel. The 1-ha field consisted of apparently homogeneous
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calcic Haploxeralf loess soil. Frequency distributions of steady-state infiltration rates
by the sprinkler and flooding methods showed some deviation from normality. No
correlation of infiltration rate values was found for the two methods. Therefore, they
conclude that it is impossible to predict infiltration rates under sprinkler conditions
from measurements under flooding conditions.
Biggar and Nielsen (1976) studied the spatial variability of solute distribution
within a soil profile during leaching of water-soluble salts applied at the soil surface.
They also compared estimates of the pore water velocity obtained by monitoring
solute displacement with those obtained from soil water measurements. Measure
ments were made at six depths to 182.4 cm within 20 subplots of a 150-ha field.
Classical statistics were used in this study (fractile diagrams, frequency distributions,
mean, regression). Estimates of the pore water velocity based upon measures of
solute displacement within each subplot and the entire field were found to be
logarithmically normally distributed, and were in agreement with volumetric measures
of water infiltration rates. The number of observations required to yield an estimate
of the mean pore water velocity within a prescribed accuracy is shown to depend
upon the nature and extent of the spatial variability of the field soil.
Bresler et al. (1981) studied the effects of spatial variability of soil water on
the crop yield distribution and spatial correlation structures of soil water properties.
They used field variability data of irrigated peanut yield and of soil water properties.
The data was the same as that used by Russo and Bresler (1981) collected from a
Hamra Red Mediterranean soil in Bet Dagan, Israel. Properties studied included soil
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water content, saturated hydraulic conductivity, total dry matter yield, and other crop
factors. Classical statistics were used (mean, standard deviation, coefficient of
variation, frequency distributions), and autocorrelograms were constructed to
estimate integral scales.
Bresler et al. (1984) performed a statistical analysis to identify the dominant
factors responsible for the spatial variability of the saturated conductivity in a field.
Measurement were made of clay, sand and silt contents, saturated hydraulic
conductivity, air entry value, soil bulk density, sorptivity, saturated water content and
residual water content at thirty sites for four depths. The sites were 0.8-ha fallow
fields of Hamra Red Mediterranean soil at Bet Dagan, Israel. K(h) was calculated
with the Brooks and Corey equation (1964). Conventional statistical methods (mean,
pdf, regression) and semivariogram analysis were used. Of the variables studied,
percent sand and electrical conductivity were found to be the most dominant
variables related to the spatial variability of saturated hydraulic conductivity. 10-15%
of the variability of saturated hydraulic conductivity was accounted for by soil salinity;
25-45% by percent sand, 10-15% by salinity/texture interaction; and 30-50% by other
factors. Saturated hydraulic conductivity and percent sand residuals were found to
have ranges of 15 to 20 m. Electrical conductivity showed no spatial structure.
Burrough (1983) studied correlation scales estimated in different soils, and
considered the problem of superimposed effects in a statistical study of the spatial
variability of soil.
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Byers and Stephens (1983) studied statistical and stochastic properties of
particle-size parameters and saturated hydraulic conductivity on an untilled, mediumgrained, fluvial sand (Typic Torrifluvent) near Socorro, New Mexico (at Sevilleta
Wildlife Refuge). Their statistical analysis included classical statistical methods
(frequency distribution), autocorrelograms, spectral analysis, semivariograms, and
kriging. They found that hydraulic conductivity is log-normally distributed; 10% finer,
median, and geometric mean particle sizes are normally distributed. Both hydraulic
conductivity and d10 exhibited greater variability in the vertical than the horizontal
direction. Hydraulic conductivity in the vertical was best modeled as a simple random
variable. Particle size showed more structure. The correlation between particle size
and hydraulic conductivity, and their spatial structure was examined by stochastic
methods. Natural log of hydraulic conductivity was found to be somewhat correlated
to d10. The determined correlation scales were found to be related to stratigraphy in
the field. Kriged maps of natural log of hydraulic conductivity were also constructed.
Cameron (1978) studied the variability of soil water retention curves and
predicted hydraulic conductivities on a small plot. Soil water retention curves were
measured on cores taken from five sites at six depths in a Bainsville clay loam (orthic
humic gleysol). Classical statistical measures were computed (mean, standard
deviation, coefficient of variation). Differences between predicted (estimated form
Millington and Quirk procedure) and measured conductivity functions were
pronounced, often showing a 100-fold difference at a given water content. Reasons
for these differences were examined.
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Campbell (1978) studied the variability of soil texture and pH of loess and
glacial-till-derived soils. The samples were collected on Ladysmith (developed from
glacial till) and Pawnee series (from fine-textured sediments) in Eastern Kansas.
Estimates were made of the rates of spatial variation of soil properties within each
of two sampled areas displaying contrasting patterns of variation. Basic statistical
measures (i.e. mean) were computed, and the spatial variation of sand and pH were
studied using semivariograms. The glacial soils were more variable and showed
smaller ranges of dependence for sand content than the loess. The determined ranges
for sand were 30 m for Ladysmith glacial soil, and 40 m for Pawnee loess. pH was
found to have random variation in both areas.
Carvallo et al. (1976) studied the spatial variability of in situ unsaturated
hydraulic conductivity. In situ measurements were made in five infiltration plots on
a Maddock sandy loam (Aerie Calciaquoll), a soil developed from lacustrine
materials in a glacial lake bed. The profile was wetted to a depth of 152 cm. Soil
water pressure was measured with tensiometers at depths 15, 30, 45, 61, 91, 122, and
152 cm. Characteristic curves were obtained on cores, and hydraulic conductivity as
a function of porosity was also computed by the Green and Corey method. Significant
spatial variability of hydraulic conductivity was found. A comparison of theoretical
hydraulic conductivity values (Green and Corey) with in situ hydraulic conductivity
values showed best agreement when the matching factor was selected at the lowest
water content for which in situ hydraulic conductivity was measured. The statistical
analysis used classical measures, like the mean and standard deviation.
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Cassel and Bauer (1975) measured soil bulk density and 15-atm percentage
below the depth of tillage for three soils: Maddock sandy loam, Bearden silty clay,
and Heimdal silt loam. Sampling points were at 30-cm spacing, at depths of 15 to 30
cm and 30 to 152 cm. Classical statistical techniques (mean, coefficient of variation)
were used to analyze the data and characterize the spatial variability. Bulk density
was found to have a coefficient of variation 6 to 9%. 15-atm percentage means were
4, 19, and 7% with coefficients of variation of 45, 14, and 19%.
Cipra et al. (1972) studied the fertility status of a Richfield silt loam (Aridic
Arguistoll) by measuring organic matter, P, K, Zn, and pH. Classical statistical
methods were used (i.e. mean, analysis of variance.) They concluded that adequate
fertility characterization requires more samples than are usually taken.
Clapp et al. (1983) estimated the spatial variability of soil moisture using a
wetting front model of soil moisture dynamics and scaling theory. They investigated
if soil moisture variability can be ascribed to heterogeneity of soil properties through
use of this simple model. The experiment was performed on two watersheds, R-5
(well-managed pasture) and R-7 (poorly managed pasture with sparse grass cover,
erosion, and runoff) at Chickasha, Oklahoma. They used classical statistics, executed
probabilistic simulations, and found that variability due to soil heterogeneity remains
relatively constant through time with only slight increases during redistribution
following infiltration.

Coelho (1974) studied the spatial variability of bulk density, porosity index,
15-bar moisture retention, texture, and saturated hydraulic conductivity. He found
some correlations between parameters for bulk density and percent sand and silt.
Cosby et al. (1984) examined the relationships between soil moisture and
selected physical properties of soils, and evaluated the usefulness of qualitative
descriptors as predictors of soil hydraulic behavior. The experiment included 35 sites
in 23 states in the U.S. A large, diverse set of soil samples was used (from Holtan
et al. 1968) including data on moisture retention, bulk density, and saturated
hydraulic condutivity. Classical statistical methods were used (i.e. analysis of variance,
multiple linear regression, discriminant analysis). Of all the physical soil descriptors
studied, variability in texture was most closely related to variability in soil moisture
parameters. They suggest that covariation of the hydraulic parameters can be used
to construct a classification scheme based on the hydraulic behavior of soils
analogous to textural classification.
Cressie and Horton (1987) used geostatistics to estimate spatial correlations
between soil water infiltration observations. Resistant data analytic approaches were
used to remove identified nonstationarity in data means and variances. After
removal, robust semivariogram estimators were used to examine the spatial
dependencies for various tillage treatments. The experiment was performed at the
Agricultural Engineering Research Center near Ames, Iowa on a Webster silty clay
loam (Typic Haplaquoll). Double-ring infiltrometers were used to ameasure ponded
infiltration volumes. Cressie and Horton suggested that infiltration characteristics
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inherit different types of spatial dependency, depending on the tillage treatment
applied. Tillage with higher disturbance levels may provide more spatial correlation
in the soil surface physical condition.
Davidoff et al. (1986) studied the spatial variability of soil temperature along
an 80-m transect on a bare field of Olivier silt loam soil. The spatial structure of
temperature data along the transect and with depth was examined by means of
autocorrelation and semivariogram analysis.
Davidoff and Selim (1988) studied the spatial variation between soil surface
moisture content and soil temperature along an 80-m transect on a bare soil.
Moisture content was determined gravimetrically, and surface temperature was
measured by thermocouple sensors and an infrared thermometer. The analysis
included classical statistical techniques (i.e. mean, CV), autocorrelation, and
semivariogram analysis. Both surface soil moisture and temperature exhibited
significant spatial structure with ranges from 11 to 14 m. More spatial structure was
found for temperature than moisture. Observed cyclic behavior was attributed to
possible differential soil compaction. After detrending (i.e removing the cyclic
behavior), no spatial structure was evident. Based on this finding, they advised
against transforming observations by removing cyclic patterns.
Di et al. (1989) studied the utility of applying geostatistics for designing
sampling schemes for soil morphological properties on an alluvial soil. They
determined the spatial variability of depth to mottles, depth to gravels, and thickness
of loamy sand and/or coarser-textured layers, which are considered definitive criteria
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for classification of soils derived from alluvium on the Canterbury Plains, near
Lincoln College in New Zealand. Semivariogram analysis showed the three properties
to vary anisotropically. From studying the anisotropic semivariogram parameters and
kriged standard errors, the most appropriate field configuration of a sampling scheme
(i.e. sample numbers, sampling intervals and direction) for future survey of similar
adjacent soils was determined. They concluded that this geostatistical approach for
designing sampling strategies is more efficient than conventional statistical methods
because less samples are needed for kriging than for the conventional method to
achieve the same level of precision.
Folorunso and Rolston (1984) studied the spatial variability of field-measured
denitrification gas fluxes. Autocorrelograms were used to examine the spatial
interdependency of N20 and N2 fluxes.
Gajem et al. (1981; also Gajem, 1980) examined the spatial structure of
physical soil properties on a Typic Torrifluvent. 900 samples were collected at a 50
cm depth from nine transects at 20, 200 and 2000 cm spacing. The studied properties
included 0.1 and 15 bar water content, available water, surface area, particle size
distribution, pH, EC, bulk density and moisture content in the field 7 days after
irrigation. The analysis included classical statistical measures, and construction of
autocorrelograms and semivariograms. The calculated zones of influence ranged from
a few cm up to several tens of meters for the various soil properties measured. Three
basic types of correlation were identified: typical, random or with a large zone of
influence. Although generalizations were difficult, they concluded that the calculated
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zone of influence was found to be strongly dependent on the distance between
samples, with larger intervals tending to give greater values. Based on their results,
they predicted future difficulties in assigning scale lengths by parameter or soil.
Greminger et al. (1985) studied the spatial dependence of the soil-water
characteristic related to particle size distribution, and examined the impact of the
separation distance between tensiometers and neutron probes. Measurements were
made on a bare Yolo loam (Typic Xerorthents) at the University of California,
Davis. The field was ponded, then allowed to drain. Soil water content was measured
using 100 neutron tubes placed 1-m apart along a 100-m transect, and soil water
pressure head was measured using tensiometers at depths of 0.3 and 0.6 m. The van
Genuchten model was used to describe the soil-water characteristic. Autocorrelograms and cross-correlations of water content, pressure head, and percent sand were
calculated. Greater precision of the measured soil-water characteristic was found for
separation distances less than 10 m.
Guma'a (1978) studied the spatial variability of in situ available water content,
bulk density, saturated hydraulic conductivity, particle size distribution, and soil water
characteristics over three 16-ha irrigated fields. Saturated hydraulic conductivity was
found to have the highest coefficient of variation and bulk density the least.
Hajrasuliha et al. (1980) examined the spatial structure of soil salinity
measurements taken from three fields in south Iran. Ranges of soil salinity were
determined from semivariogram analysis. Kriging was used for mapping isosalinity
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values and water table heights. They found that the soil salinity on two fields was
spatially dependent at distances less than 800 m.
Hammond et al. (1958) focused on soil sampling in relation to soil heteroge
neity and studied the spatial variability of soil pH, soil moisture, and other chemical
properties of soils. They concluded that a multi-stage sampling method could be
used in many physical or chemical surveys of fairly uniform fields or fields which
could be stratified into uniform sections.
Hendrickx et al. (1984) studied the variability of soil water tension and soil
water content in an irrigated Torrifluvent soil. They also aimed to assess the behavior
of soil moisture variability in its entire range in order to explain the contradictory
data from the literature about soil water content variance in a drying soil. Tension
and water content data were collected before and after flooding from a 91-meter
transect with 91 positions at 0.3 m depth. Classical statistical measures were
computed (i.e. variance, cv, range of values). They concluded that the variability of
soil water content and soil water tension depends on the mean soil moisture status.
Variability in soil water tension was found to increase for a drying soil up to 570
mbar. This confirmed some reported studies, such as Yeh's (1982) stochastic analysis.
In a dry soil, the sparse data suggested that the soil water tension variability remains
more or less constant at a relatively high level. Although variability may increase first
for some soils, the variance of soil water content will become very small when the
soil dries out sufficiently. More data is needed for very dry soils above 800 mbar. For
relatively moist soils with a linear characteristic curve, the relation between soil water
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content variance and soil tension variance can be quantified with the slope of the soil
water retention curve.
Hopmans et al. (1988) examined the stochastic nature of soil water pressure
head and vertical and horizontal flux density under two-dimensional steady-state
unsaturated flow conditions. Seven profiles were examined from a 650-ha watershed.
The data was presented in previous studies (Hopmans and Strieker, 1987; Woster et
al., 1985). Soil water pressure head and water content were measured during slow
evaporation of wet samples in the laboratory. The crust method was used for
determining hydraulic conductivity, and the van Genuchten model was used. Classical
statistical methods (like analysis of variance), Monte Carlo simulations, and
correlograms were used in the analysis. Variability in fluxes for the unsaturated
system decreased with an increase in the autocorrelation length, and the variation in
soil water pressure head for one- and two- dimensional systems tended to be equal
with increased autocorrelation lengths.
Jacob and Klute (1965) studied the variability of soil physical and chemical
properties from an organic matter experiment on sandy loam soil. They analyzed
components of variance and gave an example of determining a sample program.
Jury (1985) presented a critical review of spatial variability of soil physical
parameters in solute migration, and examined correlation scales estimated in
different soils.
Kablan et al. (1989) compared an in situ method with two other methods for
predicting unsaturated hydraulic conductivity in two fields of Candler sand. Using an
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instantaneous profile method, they collected field data volumetric water content and
water tension data during a cycle of soil-water redistribution. Values of hydraulic
conductivity were calculated for suctions of 0 to 80 cm of water. Field-determined
values for saturated hydraulic conductivity exceeded 100 cm 1/h for this very coarsetextured soil. Two other methods for determining conductivity utilized fielddetermined soil-water characteristic curves, experimentally dertermined values of
saturated hydraulic conductivity, and Poiseuille's equation for flow in cylindrical soil
pores. Predicted hydraulic conductivity values from the two methods matched well
with the in situ instantaneous profile method for water contents greater than 0.10
cm/cm and tensions less than 49 cm of water. For lower water contents, the two
methods overestimated values of hydraulic conductivity compared with the
instantaneous profile method.
Keisling et al. (1977; also Keisling 1974) examined how selected physical
characteristics of a single soil series vary with depth for small and large land areas
(7.3 km in radius), and estimated the number of samples required to achieve a given
precision for each soil parameter. The experiment was performed on eight field sites
of Teller soil (Udic Argiustolls) in Payne County, Oklahoma. Percent sand, silt, and
clay were determined, and tensiometers were used to estimate soil water tension.
Hydraulic conductivity as a function of soil-water content was calculated from field
drainage data. Classical statistical methods, like analysis of variance, were used. The
variability arising from location to location was found to be the major influence on
the variation of soil-water conductivity. Restricting sampling to a radius of 5.6 km or
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sampling within morphological horizons reduced the variance of the soil-water
conductivity.
Kies (1981) studied solute transport in the soil and in groundwater. He
applied semivariogram analysis for data on water table elevations measured with
piezometers for different sized areas. His results showed that the estimated range
tended to increase as the size of the sampled area increased.
Luxmoore et al. (1981) studied the spatial variability of infiltration into a
weathered shale subsoil. The site is proximal to a similar soil used for shallow land
burial of low-level radioactive waste at Oak Ridge National Laboratory. The soil,
which is a Typic Hapludults, was treated with different chemical solutions (NaOH,
KOH, etc.). Double ring infiltrometers were used to measure infiltration rates before
and after chemical treatment. Classical statistical measures were computed, and
semivariograms were made from the infiltration data. None of the chemical
treatments significantly altered the infiltration rate. The frequency distribution of
infiltration rate fitted a lognormal model with geometric mean of 2 cm per day and
coeffiecient of variation of 130%. Areal variation was random at the scale of a 2 by
2-m grid.
Mason et al. (1957) related hydraulic conductivity to percent large pores and
bulk density for 10,000 core samples collected from 900 sites in seven states. The
interrelationships and magnitude of the error components are presented.
McBratney and Webster (1981) performed a spatial analysis and classification
of soil along a transect at the University of Aberdeen farms in N.E. Scotland. The
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soil is shallow and underlain by frost-shattered rock (glaciated hard-rock terrain).
Semivariograms of subsoil properties were computed from sample data at 20-m
intervals. These showed spatial dependence extending to about 360 m for some
properties, in particular, color and pH. Little or no spatial dependence was found in
others, such as particle-size fractions and organic-matter content. They found
boundaries between distinct soil types. Principal component analysis was also done.
Mclntyre and Tanner (1959) studied the variability of physical properties of
soils. They concluded that the frequent occurrence of anormal distributions indicate
that nonparametric statistics will be useful in soil physical investigations.
Morkoc et al. (1987) examined the spatial structure of electrical conductivity
in a Panoche clay loam (Typic Torriorthents). The field was irrigated by two qualities
of irrigation water. Electrical conductivities of saturated paste extracts of 225 soil
samples were determined from 30 to 60 cm depths along five transects. Data were
analyzed kriging by the generalized covariances approach.
Nash (1984) studied the spatial variability of soil water tension, soil water
content and drainage rate in a Glendale clay loam during drainage after flood
irrigation. The plot is the same as the one used in this present study: a 91-m transect,
sampled at 1-m intervals and five depths on the Glendale clay loam at the Plant
Science Research Center of New Mexico State University. Tensiometers and a
neutron probe were used to collect the measurements. The analysis included use of
classical statistical measures (i.e. mean, coefficent of variation, frequency distribu
tion), scaling, autocorrelograms and semivariograms. Determined ranges of
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dependence were 8 to 22 m for water content, and 12 to 35 m for tension.
Coefficients of variation for water content were 4 to 12% at the surface and 40 to
50% for the subsoil. Coefficients of variation for tension were 17 to 72% at the
surface and 12 to 38% for the subsoil.
Nash et al. (1989) studied the spatial and temporal distribution of soil water
tension, soil water content, and percolation rates in a draining soil profile. The plot
is the same as the one used in this present study: a 91-m transect, sampled at 1-m
intervals on the Glendale clay loam at the Plant Science Research Center of New
Mexico State University. Classical statistical measures (i.e. mean, coefficent of
variation) and semivariograms were used. Extreme variability in drainage rates was
found. Ranges of dependence of 13 to 35 m were found for tension, and 8 to 22 m
for water content.
Nielsen et al. (1973) studied the spatial variability of field measured soil water
properties including hydraulic conductivity and water content. The experiment had
three objectives. First, to evaluate the type and magnitude of spatial variation found
over a field considered generally considered uniform. Second, to study the movement
of water under field conditions and evaluate the suitability of various soil-water
equations for predicting this movement. Third, to determine if any useful relationship
could be developed between laboratory measurements of particle-size analysis, bulk
density, and soil-water characteristic curves. The field site was on an alluvial fan of
Panoche soil series at the University of California Field Station 40 miles southwest
of Fresno. After ponding and the attainment of steady-state, tensiometers were used
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to measure soil water tension, and water content was determined in the laboratory;
soil-water characteristic curves and soil-bulk density values were calculated.
Conventional statistical methods were used. Variations in water content were found
to be normally distributed with depth and horizontal distance, and values of hydraulic
conductivity and soil-water diffusivity were found to be log-normally distributed. They
reported that seemingly uniform land areas manifest large variations in hydraulic
conductivity values, but variations in texture, bulk density, and water content were
much less. They concluded that simple available methods for predicting hydraulic
conductivity versus water content are adequate for predicting field flux values in light
of the extensive spatial variability of soil properties. Generally, methods for
measuring water content and hydraulic conductivity are overly accurate for
characterizing an entire field. The most important laboratoiy measurements for
predicting soil-water behavior are the soil-water characteristic curve and a steadystate hydraulic conductivity value.
Rao et al. (1977) presented a simple method (which uses a Taylor series
expansion) for estimating the spatial variability of the soil-water flux from known
variability of soil microhydrologic properties. Published data for means and variances
of soil microhydrologic properties (Nielsen 1973 data on Panoche clay loam) were
used to estimate the mean and variance of soil-water flux in a draining profile. These
values were compared with those estimated using a Monte Carlo simulation
procedure on the same data set. In addition to the simulation, classical statistical
measures were computed (i.e. mean, variance).

;l

:J

..

83

Reichardt et al. (1976) studied the spatial variability of physical properties of
a tropical soil. They concluded that in a 10-ha. field, the spatial variability of the
physical properties was lower than the observed hydraulic conductivity values. The
coefficients of variation of sand, silt, clay and bulk density were generally less than
10%. They concluded that the use of a mean value of hydraulic conductivity could
result in an error of _+ 100 orders of magnitude.
Rogowski (1972) developed soil variability criteria for input parameters to
moisture characteristic and hydraulic conductivity models. Data was used from many
past studies and soil types like Yolo loam, Miller silty clay, and others. Studied
parameters included water contents at air entry and 15 bars, and hydraulic
conductivity used in matching predicted values with experimental values at saturation.
Water contents (air entry, 15 bar) were found to have normal distributions. Hydraulic
conductivity was found to have a lognormal distribution. Classical statistics were used
(i.e. mean, variance, coefficient of variation, pdf). Rogowski suggests that a soil be
considered uniform with depth or over an area if the coefficient with respect to water
content does not exceed 15% at 15 bars and 10% at air entry, and the logarithmic
standard deviation for hydraulic conductivity used in matching (Green and Corey,
1971) is less than log 2.
Rogowski (1980) studied infiltration and water movement on a mine spoil.
They used semivariograms and kriging for mapping.
Russo and Bresler (1981 1 and 1982 2) analyzed the spatial variability of
certain soil hydraulic properties in the field, sorptivity and five parameters describing

hydraulic conductivity K(h) and soil water retentivity functions (saturated hydraulic
conductivity, water entry value, saturated water contents, residual water contents, and
a pore-size distribution of the soil). Measurements were taken from thirty locations
and four depths on a 0.8 ha plot of Hamra Red Mediterranean soil at Bet Dagan,
Israel. Analysis of the spatial structure included use of classical statistical measures
(i.e. pdf, cdf) and autocorrelation functions. Water content was found to be normally
distributed. Hydraulic conductivity was found to be log-normally distributed for
pressure head greater than 100-cm water. As the depth increased, there was a trend
toward increasing coefficients of variation and a decreasing integral scales.
Determined correlation scales were 21 m for saturated soil water content, 55 m for
saturated soil water content, 23 m for residual soil water content, and 35 m for
sorptivity. In part 2, errors of the estimates were evaluated.
Russo (1983 1, 1984 2) studied the spatial variability of two measured soil
hydraulic parameters: saturated hydraulic conductivity and alpha (= d[log K(h)] / dh
where h = soil water pressure head), and examined the relationship between physical
soil properties and crop yield. The experiment was performed on a 0.5-ha field with
25 sites in Zofar in Israel's Arava Valley. The soil was 7% clay, 3% silt, 46% sand
and 44% stones. Tensiometers and a neutron probe were used for data collection.
The Gardner (1958) exponential relationship was used to examined distributions of
saturated conductivity and alpha. Using a linearized solution to steady infiltration
from a circular shallow pond, the spatial distribution of the midway soil water
pressure head between emitters (for a given trickle discharge rate and spacing) was
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calculated using saturated conductivity and alpha. Theory was presented in part 1. In
part 2 of the article, the theoretical approach was assessed with a field test. Russo
used classical statistical methods, autocorrelograms, semivariograms, and kriging. Not
much improvement in crop yield resulted from use of the variable trickle irrigation
system. He found that, although, both saturated conductivity and alpha varied
considerably in the soil, the spatial variability of the bell pepper yield was relatively
small, which may reflect an advantage to using the trickle irrigation method.
Russo (1984 3) used geostatistics to investigate the spatial variability of
saturated hydraulic conductivity, alpha, dispersivity, and initial salinity during leaching
in a 187-ha plot at Zofar in Israel's Arava Valley. The examination of solute
transport was applied to salinity management.
Russo (1989 1,2) analyzed the effect of physicochemical interactions between
the soil solution and the soil matrix on the spatial variability of soil properties
pertinent to the transport of mixed Na/CaCl salts in the unsaturated zone. The same
soil data analyzed by Russo and Bresler (1981a) were used from a Hamra field at
Bet Dagan, Israel. Studied properties included soil hydraulic conductivity, soil water
retention functions, and the retardation and the elution factors which account for
Na/Ca exchange and chloride exclusion. On the local scale, effects of the soil
solution concentration and composition (in terms of chloride concentration and SAR)
were derived. Classical techniques (i.e. mean, CV) were used in the analysis. The
spatial distribution of transport properties were found to vary with both salinity and
water content of the field (for a considerable range of soil solution concentration and
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composition and degree of water saturation). This implies that, under field
conditions, where both solute concentrations and water contents are spatially
nonuniform, the spatial distribution of the underlying hydraulic properties cannot be
estimated. Only the combined effects of water content and salinity on the properties
will appear.
Saddiq et al. (1985; also Saddiq 1983) studied the spatial variability of soil
water tension in an irrigated soil planted with chile peppers using both trickle and
flood irrigation systems. The experiment was performed at the same site as this
present study on a Glendale clay loam (Typic Torrifluvent) at the Plant Science
Research Center near Las Cruces, New Mexico. Classical statistics (i.e. fractile
diagrams), autocorrelograms, and semivariograms were used in the analysis. There
was extensive variability, and spatial dependence was found to be a function of the
method of water application, time after water application and magnitude of soil
water tension. Greater variability was found for trickle line than for rain or flooding.
Tension after rain or flooding was found to have a normal distribution. Determined
ranges were always less than 6 cm.
Samra et al. (1988 1,2) used geostatistics to study the spatial variability in
sodic soils, sodium absorption ratio (SAR), pH of saturation paste, CaC03, and C03
and HC03 ions (in saturation extract) at four depths of a fine loamy Typic/Natric
Haplustalf. In part 1, classical (mean, var, CV) statistics and semivariograms, and
cross-variograms of pH among different depths of soil were used. In part 2, punctual
and block-kriged maps were made for SAR.
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Sisson and Wierenga (1981; also Sisson 1977) studied the spatial correlation
of steady-state infiltration rates on a Typic Torrifluvent soil (approximately 70 cm of
fine silty clay overlying fine-to-medium sands) at the Plant Science Research Center
in New Mexico, the same site as the present study. Infiltrometers were used for data
collection. Infiltration rate was found to have a lognormal distribution. Classical
statistics, autocorrelation functions and power spectra were used. The determined
variances of infiltration rates was found to decrease with increasing infiltrometer ring
diameter. A first-order autoregressive model successfully described the autocorrela
tion between infiltration rate measurements.
Smettem (1987) studied the spatial variability of infiltration parameters and
the influence of macroporosity. The experimental soil consisted of pedons, mostly
Calcic Rhodoxeralfs, in South Australia. Parameters characterizing water entiy into
the texturally contrasting soil were obtained from measurements along a transect.
Infiltration was measured with infiltrometers, and sorptivity and saturated hydraulic
conductivity were determined. Classical statistics (i.e. frequency distribution) and
geostatistics were applied.
Smith (1981) analyzed the spatial variability of four porous medium flow
parameters: porosity, hydraulic conductivity, compressibility, and various grain size
fractions for several sets of samples from a stratified, unconsolidated sand deposit
(the Quadra Sand, a well-sorted, medium grained, horizontally stratified sand with
relatively few silt or gravel interbeds) near Vancouver, Canada. Both random and
uniformly spaced sampling plans were used. A falling head permeameter was used
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for determining saturated hydraulic conductivity. Conventional statistical measures
(i.e. mean, standard deviation, frequency distribution), autocorrelograms and other
statistical methods (power spectra, nearest neighbor model = Monte Carlo) were
used to characterize heterogeneity of the flow parameters. Although the sand is
relatively uniform, it exhibited complex spatial structure and showed statistical
anisotropy.
Stockton and Warrick (1971) studied the spatial variability of unsaturated
hydraulic conductivity for 40-ha of a Pima clay loam (Cumulic Haplustoll) at the
University of Arizona experimental farm at Marana. Hydraulic conductivity values
were calculated from characteristic curve data (using the Millington-Quirk equation).
Using classical statistical methods, they found that the variability of unsaturated
hydraulic conductivity was 20 to 30% for a given water content. One standard
deviation to either side of the average moisture release curve resulted in 20 to 30%
variation in unsaturated hydraulic conductivity. They recommend the described
method for simply estimating the variability of unsaturated hydraulic conductivity
variation from pressure head versus moisture relations and their variances.
Tabor et al. (1984 1) characterized the spatial variability of nitrates in cotton
petioles on a furrow-irrigated, commercial cotton field near Phoenix, Arizona. The
soil is a Mohall clay loam (Typic Haplargids). Semivariogram analysis and kriging
were used. Spatial structure was evident, but for sampling areas less than 1 m across,
the spatial dependence was considered insignificant.
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Taylor (1955) was one of the first investigators who evaluated soil water
tension and soil water content measurements in the field and noted their variability.
He concluded that the large variability reported in field studies was a result of real
moisture variation in the field, not calibration or instrument errors.
Trangmar et al. (1986 1,2) studied the anisotropic spatial dependence of soil
properties. They specifically related the anisotropic spatial dependence of particle
size fractions, pH, and 25% HCl-extractable P to directional differences in the main
soil-forming factors in Sitiung, W. Sumatra, Indonesia. The soils of the peneplain are
mainly Paleudults and Haplorthox. Tropudults are found mainly on the higher
terraces, and Dystropepts on the lower ones. Paleudults and Tropdults occur in a
peneplain-terrace transition zone. Tropofluvents and Fluvaquents occur along the
floodplains of the major rivers. Clasical statistical methods (like mean and variance)
were used, and semivariograms were constructed to quantitatively analyze the spatial
dependence. They concluded that a geostatistical analysis can aid in interpretation
of soil genesis and in interpolation using kriging. In part 2 of the article, co-kriging
was used to interpolate values for mapping of topsoil 0.5 M NaHC03-extractable P
based on its spatial covariance with the more densely sampled 25% HCl-extractable
P. Ranges were found of 6.3 (NaHC03-P), 4.2 (HC1-P) and 10.4 km (crosssemivariogram). They concluded that even with the many problems and qualifying
conditions related to co-kriging, it is still a useful method.
Van de Pol et al. (1977) studied solute and water movement under steadystate flow conditions in a field soil at the Plant Science Research Center in New

Mexico. This is the same soil described in this present study. It was described by
Wierenga (1977) to be 70 cm clay to silty clay over a medium sand, 15 cm clay over
50 to 60 cm of silty clay over a variable amount of silty loam; the silty loam changed
rather abruptly to medium to fine sand. Chloride and tritium were used as tracers,
and tensiometers (soil suction probes) were used to measure the rate the solute was
displaced in the soil. Classical statistics were used in the analysis. The observations
of pore-water velocity and apparent diffusion coefficient were found to be
lognormally distributed.
Vauclin et al. (1982) studied the spatial variability of soil surface temperature
and soil surface water content along two transects of a 1-ha bare soil located at the
University of California at Davis. The field was sprinkler irrigated, then temperature
was measured every meter along two transects. Gravimetric water content was also
determined for some samples. Classical statistical measures were computed (i.e.
mean, variance coefficient of variation, skewness, kurtosis, frequency distribution).
All data were found to be normally distributed. Semivariograms and correlograms
were constructed, and correlation over space was found. A first-order autoregressive
process with white noise was found to describe the spatial structure of all the sets of
data. Autocorrelation up to 7 m was found for the e-w direction. In the n-s direction,
the spatial series was decomposed into deterministic and stochastic components. The
latter was structured up to 3 m.
Vauclin et al. (1983) studied the spatial variability of sand, silt, and clay
contents, available water content, and water stored at 1/3 bar measurements.
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Classical methods (mean, variance, correlation, regression) and geostatistical methods
(semivariograms, cross-variograms and kriging) were applied. Semivariograms were
made for all the variables and cross-variograms were made between available water
content and sand content. The variables were found to be normally distributed.
Ranges determined from semivariograms were 26 m for pH at 1/3 bar, up to 50 m
for silt, 43.5 m for available water content and 30 m for pH at 1/3 bar. Co-kriging
was found useful for estimating one undersampled variable by taking into account its
spatial correlation with another better-sampled variable.
Russo and Bresler (1981 1 and 1982 2) et al. (1984) used neutron probes to
measure volumeteric water content at 17 locations in a field, and performed variance
analysis for identifying different error components (instrument, location, and
calibration) involved in estimating the spatial mean water content values. They used
classical statistics (i.e. cumulative probability function) and semivariograms. All
estimates were found to be normally distributed. They concluded that, in heteroge
neous fields, location error is often more significant than instrument or calibration
error for soil water content measurements obtained with a neutron probe. For
homogeneous sites or for a large sample size, the calibration component is the
greatest contributor to the total variance.
Vieira et al. (1981; also Vieira 1980) studied the spatial variability of 1280
field-measured steady-state infiltration rates. The study area was on a 160-by 55-m
field a Yolo loam soil (Typic Xerorthents) at the University of California at Davis.
Classical statistics (i.e. fractile diagrams), autocorrelograms, semivariograms and

92

kriging were used in the analysis. Steady-state infiltration rate was found to have a
normal distribution with a range of 50 m. Kriging was used for mapping contours of
infiltration rate. Based on analysis of a variogram computed using all 1280
observations, they concluded that 128 observations would yield the same information
as the originally measured 1280 observations.
Wagenet et al. (1984) studied the influence of salinity and texture on the
spatial variability in hydraulic conductivity for a Kidman sandy loam (Calcic
Haploxeroll). Samples were analyzed for electrical conductivity (EC), sodium
absorption ratio, percent sand, silt and clay. Classical statistics (i.e. linear regression
and correlation analyses), and a simple exponential equation relating hydraulic
conductivity and water content (which includes two field-measured parameters) were
used. In general, the variables had minor influence on hydraulic conductivity. Of the
salinity and texture factors studied, EC and percent sand were found to be the
dominant ones.
Warrick et al. (1977) studied water content and flux distributions during
drainage on a Panoche clay loam near Fresno (same as Nielsen et al. 1973 site).
Classical statistics and Monte Carlo techniques were used in the analysis. Predictions
of the soil water flux were made taking into account the spatial variability of the soil
water parameters. An exponential function and simplified drainage equation was to
calculate hydraulic conductivity.
Webster and de la Cuanalo (1975) studied the spatial variability of morpholog
ical soil properties. The study area was the Lower Jurassic outcrop in N. Oxfordshire
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sediments: limestone, clay, sandstone and sandy limestone, silt stone, clay, ironstone
and clay. Time series analysis was used, and autocorrelograms were computed for
clay, silt, pH, CaC03, color value and stoniness in each horizon for the purpose of
soil boundary location. They found that there was less relation between sample points
as the distance increased from 10 m to 230 m. Outcrop lithology was considered the
main source of soil variation. Mappable soil boundaries were found approximately
every 230 m. When the effects of geology (lithology) were removed, little spatial
variation remained.
Webster (1977) studied spatial variation of soil chemical properties on a
transect in a gilgai soil in New South Wales. He showed how spectral analysis
performed on autocorrelation functions can be used to describe soil variation in the
field. Spectral analysis was found to be adequate for identifying regularity (and
spacing) in the gilgai pattern.
Wilson et al. (1987) analyzed soil water pressure potentials associated with
two designs of septic systems. Measurements were made using tensiometers on a
Captina silt loam (Typic Fragiudult). Semivariogram analysis showed anisotropic
spatial dependence. Kriging was used for mapping equal pressure contours. It was
concluded that the drift component could be ignored for this study.
Wilson et al. (1989) studied the spatial dependency of saturated hydraulic
conductivity in two potential shallow waste disposal sites in eastern Tennessee.
Steady-state flow rates of the subsoil of the two forested watersheds (Melton Branch
Watershed, and Walker Branch Watershed) were determined using a Guelph
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permeameter, and saturated hydraulic conductivities were determined. Extensive
heterogeneity of the forest soils was found. Hydraulic conductivity values were found
to be lognormally distributed and stationary. Semivariogram analysis was performed.
For less than a 30 m distance, an exponential model was fit to the Melton data.
Walker Branch Watershed was found to be more variable, and more suited for
shallow waste disposal. No spatial dependence was found greater than 4.2 m.
Wopereis et al. (1988) studied the spatial variability of heavy metals (Ni, Cu,
Zn, Cd, and Pb). The experimental site was a small 1-ha forested plot on slightly
leached acid brown earth soil (dystrochrepts) with granite underneath. Nested
sampling was used from 0 to 60 m, and semivariogram analysis was performed.
Yates (1985) compared ordinary kriging, cokriging, and disjunctive kriging for
estimating crop canopy temperature.
Yates and Warrick (1987) demonstrated the use of cokriging, and applied the
method to estimation of gravimetric water content based on bare soil surface
temperature and percent sand content data. Data was collected from the University
of Arizona Campus Agricultural Center in Tucson, Arizona on a 1-ha field of Gila
fine sandy loam (coarse loamy, mixed, thermic, Typic Torrifluvent). Semivariograms
and covariograms were constructed, sample correlations were computed, and the
quality of the estimates for kciging and cokriging were compared. They concluded
that the additional complexity of cokriging may be justified when the magnitude of
the sample correlation exceeded 0.5 and the auxiliary functions were over-sampled
with respect to the gravimetric water content.
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Yeh et al. (1985 1, 2, 3) did a stochastic analysis of the effects of field
heterogeneity on unsaturated flow. Part 1 dealt with statistically isotropic media, part
2 with anisotropic media, and observations and applications were presented in part
3. Significant spatial variation in soil-water pressure was found. The variation of soilwater pressure was spatially correlated and dependent on mean moisture content (i.e.
the drier the soil, the larger the variance of pressure head).
Yeh et al. (1986) studied the spatial variability of soil-water pressure in a field
soil. Measurements were collected with a tensiometer/pressure transducer system
along a 290-m transect in a Glendale clay loam (or Agua loam) soil near Socorro,
New Mexico. Classical statistics, autocorrelograms and semivariogram were used.
Extensive spatial variation in soil water pressure was found. The variation was found
to be spatially correlated and dependent on its mean value which supports Yeh's
(1985 1, 2, 3) stochastic analysis.
Yeh (1989) studied the effects of heterogeneity on one-dimensional, steadystate infiltration. They examined the spatial variability of parameters from an
exponential unsaturated hydraulic conductivity model related to soil-water pressure
profiles. Numerical simulations were used which assumed the parameters to be
spatial stochastic processes. The amount of variation in pressure heads was found to
vary with infiltration rates and mean pressure heads, while the cross-correlation
between parameters was shown to influence the head variance. An inverse procedure
was developed to determine the effective hydraulic conductivity parameters. The
effective parameter was found to vary with mean pressures. Effective hydraulic
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conductivities and pressure head variances estimated from the numerical simulations
were compared with those obtained from a spectral method by Yeh et al. (1985 1,
2, 3). A unit mean gradient approach was used to estimate the effective unsaturated
hydraulic conductivity. Yeh concluded that this approach is adequate for heteogeneous soils.
Yost et al. (1982 1,2) studied the spatial structure of soil chemical properties.
In part 1, the spatial dependence over relatively long distances was examined, and
semivariograms of soil chemical properties were analyzed. In part 2, sorption of soils
was estimated, and kriging and spline interpolation maps were compared. The
influence of nonstationarity on the kriged estimates was evaluated.
Zhai et al. (1990) examined the effect of tillage on the spatial and temporal
variability of soil water content of the surface layer under a corn crop. The soil water
content was measured in different plots (fall moldboard, one-year no tillage, and
longer term no tillage) near Guelph, On., Canada on a Typic Hapludalf (loam) soil.
Samples were taken in corn rows, between rows, and halfway between rows and
interrows. Conventional statistical methods were used (i.e. mean, variance) to analyze
the data. Systematic spatial differences in water content were observed throughout
the growing season. Tillage treatment was found to affect the spatial and temporal
variability of soil water content.
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CHAPTER 4
SOIL PHYSICS THEORY
In this chapter, fundamentals of soil physics related to this study will be
described. First, concepts and origins of spatial variability are introduced. Then,
principles which govern the retention and flow of water in the soil are reviewed.
Finally, pertinent equations are presented.

4.1 Spatial Variability
Some degree of spatial variability is inherent in all field soils (Wagenet et al.,
1984). This variability of natural soil properties complicates scientific understanding
and treatment of hydrologic problems. Hydraulic conductivity, for example, may vary
over orders of magnitude even in a small field (Wagenet et al., 1984; Russo and
Bresler, 1981). This variability hinders the effective prediction of soil water
movement, and affects many phases of resource management and protection.

4.1.1 Introductory Concepts
In order to evaluate and characterize a given soil, it is helpful to delineate
categories of soil variability. Fundamental terms like homogeneity/heterogeneity,
isotropy/anisotropy and the related concept of scale, which enable us to describe the
soil, are briefly discussed.
4.1.1.1 Homogeneity/Heterogeneity. Although a natural soil is rarely truly
uniform, if a soil property like hydraulic conductivity is considered uniform
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throughout the soil on the scale of observation, the soil is said to be homogeneous.
If it varies from point to point, it is heterogeneous.
Two distinct types of field heterogeneity are described by Philip (1980):
deterministic and stochastic. In a deterministic system, the form of variation is
predictable. In a stochastic system, spatial variation of soil properties is irregular and
random and may involve many scales so that it is not predictable. When the field is
considered stochastically heterogeneous, the use of simplifying assumptions are
required, such as the stationarity assumptions described in Section 5.3.1.3.
4.1.1.2 Isotropv/Anisotropv. If a soil property like conductivity is considered
to be the same in all directions, it is said to be isotropic. If the conductivity differs
for different directions, it is anisotropic (Hillel, 1980 2, p. 185).
4.1.1.3 Scale.

The concept of spatial variability is closely related to the

concept of scale. For example, a soil surface which appears highly irregular with a
high degree of spatial variability at an observation scale of one inch may be
considered relatively smooth and uniform at a scale of 10 feet, and may again be
highly variable at a scale of 50 feet.
A soil thus exhibits a spectrum of heterogeneities as one goes from the
microscopic to the increasingly macroscopic scale. Nevertheless, researchers have
developed rough categorizations which may provide insight into the nature of spatial
variability for some field studies.
One classification of the observation scale of soil variability was made by
James and Dow (1972). They described three general categories: 1. microvariation,
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the variation between observation points separated by a fraction of inches. 2.
mesovariation, the variation between points separated by a few inches to a few feet.
3. and macrovariation, the variation between points separated by a few or many
hundred feet. Whether or not a classification is helpful, a fundamental study of
spatial heterogeneity should systematically consider the effect of measurement scale
on the observable heterogeneity (Horowitz and Hillel, 1983).
In addition to the implicit relationship between scale of heterogeneity and the
physical environment, scale also manifests itself in heterogeneity explicitly through
the measuring instrument (Cushman, 1986). Delhomme (1979) recognized that in
nature, we cannot actually define punctual values; only average values over
elementary volumes can physically be defined. For example, when volumetric water
content is measured with a neutron probe, the measurement encompasses a volume
of soil. The magnitude of the measured volume determines how much of the smallscale heterogeneity is lumped into the measurement. In the heterogeneous case, one
must address the question of what is actually being measured by an instrument (i.e.
a "point" property, a weighted spatial average, a spatial or temporal average, etc).
Each measurement may produce different numerical values depending on the
fundamental spatial and temporal scales of heterogeneity (Cushman, 1986). The ideal
case as envisioned by Cushman (1986) is to first decide on the scale of interest, and
then design an instrument specifically to measure on that scale! As Werner
Heisenberg (1958), one of the founders of quantum physics, wrote: "What we observe
is not nature itself, but nature exposed to our method of questioning".

i!
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4.1.2 Origins of Spatial Variability
Soil variability originates due to many influencing factors including parent
materials, climate, topography, physical and chemical processes, vegetation, biological
processes, human activities and time. The effects of these interacting influences are
superimposed (Beckett and Webster, 1971; Yost et al., 1982 1) resulting in a complex
natural soil exhibiting variability in different directions and over all ranges of spatial
scales (Trangmar et al., 1986). The causes of spatial variability in the soil are further
described in Appendix 1.2.

4.2 Soil Water Retention
Two of the most important physical properties which influence water
movement are the capacity of soil to retain water and its ability to transmit water
(Cameron, 1978).
Understanding soil water retention processes is necessary for soil management
and prediction of water movement. Concepts related to soil water retention including
the energy state of soil water (i.e. potential, tension, tensiometer usage), water
content measurements and the soil water characteristic curve are described in the
following sections. Related topics which affect soil water movement (i.e. hydraulic
conductivity, infiltration, etc.) are discussed in subsequent sections.
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4.2.1 Energy State of Soil Water
In order to characterize the state of soil water and describe the retention, the
soil water potential may be estimated. The soil water potential describes the energy
state of the soil water. The matric potential specificaly describes how strongly water
is held by the soil grains, and is measured by means of tensiometers.
4.2.1.1 Soil Water Potential. By defining values of potential at points within
the soil, the energy state of the soil water is characterized. This concept is relevant
to hydrologists since soil water potential gradient in the soil is the moving force
which causes flow (Hillel, 1980 2, p.135), and similarly determines retention.
In the study of soil physics, the most elemental principle is that water moves
in the direction of decreasing potential energy. This principle is encompassed in
Hubbert's (1940) definition of potential: "a physical quantity, capable of measurement
at every point in a flow system, whose properties are such that flow always occurs
from regions in which the quantity has higher values to those in which it has lower,
regardless of the direction in space" (Hubbert, 1940, p. 794 in Freeze and Cherry,
1979, p.18). Fluid flow proceeds as soil water pursues a state of equilibrium,
definable as a condition of uniform potential energy throughout (Hillel, 1980 2,
p.134). For the International Soil Science Society definition of soil water potential,
please refer to Appendix 1.3.1.
Total soil water potential is expressed as the sum of various components which
cause its potential to differ from that of pure, free water:
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- <l>s + 4>p+ 4>„ +• • •
where <pt is the total potential, 0g is the gravitational potential, 0p is the pressure (or
matric) potential, and</>0 is the osmotic potential. The ellipses denote that additional
components are possible (Hillel, 1980 2, p. 137). The term hydraulic head or total
potential head is reserved for the sum of gravitational and pressure heads. Soil water
potential is commonly expressed as energy per unit mass of fluid, energy per unit
volume, or energy per unit weight (hydraulic head) (Hillel, 1980 2).
4.2.1.2. Soil Water Tension.

Of particular interest in this study is the

contribution of the pressure potential term. Water in an unsaturated soil is subject
to a subatmospheric pressure, or suction, which is equivalent to a negative pressure
potential. When the pressure potential is negative (as in an unsaturated soil), the
term matric potential, soil water tension or suction may be used. Other factors being
equal, water flows spontaneously towards higher matric suction.
The matric potential is a measure of how strongly water is held by the soil
grains. More precisely, it is the amount of tension which must be exerted to extract
water from the soil and is directly related to the work plants must do against surface
force action to extract water from the soil (Richards, 1949). A formal definition of
matric potential and brief discussion of how it arises (i.e. from adhesive plus cohesive
forces) may be found in Appendix 1.3.2 and 1.3.3.
4.2.1.3 Tensiometrv. In this study, the matric potential was measured with a
tensiometer. In essence, a tensiometer measures the suction force of the soil for
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water. Please refer to Appendix 1.3.4 for a description of tensiometry including a
brief history, tensiometer construction, procedure for usage, applicable tension range,
dependency on soil texture, and advantages and disadvantages of tensiometry.

4.2.2 Volumetric Water Content
In order to characterize the state of soil water and describe the retention,
water content may also be estimated.

Volumetric water content (also termed

volumetric wetness or volume fraction of soil water) is defined as the volume of soil
water relative to the volume of soil fraction:
V

0 - —— x 100
K

where Vw is the volume of water and V, is the total volume of the representative soil
body (Hillel, 1980 2, p. 13). Typical volumetric water content values at saturation
for sandy soils are 40-50%, about 50% for medium-textured soils, and can approach
60% for clayey soils (Hillel, 1980 2, p. 13).
4.2.2.1 Neutron Scattering Method. The method used in this study to estimate
soil water content is called the neutron scattering method. A discussion of this
method including its history, usage, calibration, and pros and cons may be found in
Appendix 1.4.

Li....
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4.2.3 Soil Water Characteristic Curve
Soil water content and soil water tension are inversely related in that the
wetter the soil is, the easier it is to extract water from it. Increasing suction
progressively decreases the soil water content in a soil, while easing of the suction
permits re-entry of water. The curve which illustrates the relationship between water
content and soil water tension is called the soil water characteristic curve (also called
moisture characteristic curve, sorption curve or retention curve) (Childs, 1967;
Richards, 1949). The method of calculating the characteristic curve was originated
by Moore in 1940.
The characteristic curve takes different forms depending on the past history
of wetting and drying of the sample, and exhibits hysteresis for sorption versus
desorption (Childs, 1967). The equilibrium soil wetness at a given suction is greater
in drying than in wetting (Hillel, 1980 2, p. 153). At a given water content on a
specified moisture characteristic the rate of change of wetness with decreasing suction
is called the specific water capacity (Childs, 1967).
As early as 1940, Childs observed that the main factors which govern the soil
water characteristic curve are the soil's physical properties (Ghosh, 1980). The slope
and shape of the curve is largely determined by soil texture. At a given water content,
a fine-textured soil typically has a higher suction than a coarse-textured soil (Hillel,
1980 2, p. 150). The smaller pores and greater surface area of the fine-textured soil
subject the water to much higher surface tension. The basic soil textural fractions are
described in Appendix 1.5.
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At a given suction, a clayey soil typically has a higher water content than a
sandy soil (Hillel, 1980 2, p.150). The clay has more adsorbed water and retains it
longer (Cameron, 1978). When suction is increased, the clay soil generally exhibits
a more gradual decrease in water content producing a less steep characteristic curve.
As suction is increased in a sandy soil, the large pores empty relatively quickly, and
a less gradual slope change is manifested in the characteristic curve. The effect of
texture on the soil water characteristic curve is illustrated in Figure 3.
In the low suction range (i.e. between 0 and 1000 cm water) of the
characteristic curve, the water retention is mainly dependent on the soil structure;
more specifically, on the the pore-size distribution and the capillary effect (Hillel,
1980 2, p. 150). However, water retention in the higher suction range is more related
to soil texture, since the adsorption effect and the specific surface of the soil material
are predominant influences (Hillel, 1980 2, p.150). When a high suction of 3000 to
5000 cm water is attained, not much available water remains even for finer-textured
soils (Richards, 1949).
Equations to describe the water content versus soil water tension relationship
have been developed by many researchers as described by Nakano (1980) and Hillel
(1980 2, p. 149). Numerous authors have also tried to relate the characteristic curve
to soil properties such as texture, pore-size distribution, and bulk density. Arya and
Paris (1981) note that failure to trace a realistic shape of the curve, particularly in
the wet range, remains a weakness inherent in these attempts.
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The effect of texture on the soil water characteristic curve (from Hillel,
1980)
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Figure 4.

Comparative plot of hydraulic conductivity versus suction for sand and
clay (from Hillel, 1980)
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4.3 Soil Water Movement
The capacity of the soil to retain water was discussed in the preceding
sections. The second fundamental, and clearly interrelated, soil process to be
described is the ability of the soil to transmit water. The following sections on this
topic cover both saturated and unsaturated hydraulic conductivity, the process of
infiltration, and the relationship between texture and layered profiles on water
movement.

4.3.1 Hydraulic Conductivity
"A measure of the rate that a particular soil will conduct water at a given
water content is known as its hydraulic conductivity" (Nielsen et al., 1973). The
hydraulic conductivity is related to both the ability of the soil to transmit fluid and
the fluid itself. In Darcy's flow equation, the hydraulic conductivity is a proportionali
ty factor. Please refer to Appendix 1.8.1 for a description of Darcy's Law applied to
unsaturated soils.
The important relationship between hydraulic conductivity and soil moisture
has long been recognized. Bear (1968) wrote: "In a given soil at a given temperature,
the hydraulic conductivity depends mainly on the volumetric water concentration".
Hydraulic conductivity, considered to be a nonhysteretic function of moisture content
(Cameron, 1978), exhibits high variation in response to even small changes in water
content (Nielsen et al., 1973).
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In a soil, hydraulic conductivity decreases as the water content decreases
(Klute, 1952). When a soil is saturated so that all of its available pore space is filled
with water to the exclusion of other liquids or gases, its hydraulic conductivity is
maximal. When water content decreases, air is present in the soil pores and the
volume available for fluid flow is decreased. Thus, the hydraulic conductivity must
decrease. (Interestingly, the definition of saturation is not directly related to the soil's
water content because a shrinking soil can remain saturated while water content
decreases (Childs, 1967)).
Soil attributes, fluid characteristics, and their interaction all play a role in
determining the hydraulic conductivity. These factors which affect hydraulic
conductivity are described in Appendix 1.6.
To distinguish between soil and fluid contributions to hydraulic conductivity
(but neglecting their interaction), the following formula related to Darcy's equation
for saturated flow has been used:
K - k (pg / u)

where K is the hydraulic conductivity (L/T), and k is the intrinsic permeability (L2)
which encompasses the effects of the soil characteristics. The terms in the second
group of parentheses are related to the fluidity of the liquid or gas (1/LT); p is fluid
density (M/L3); g is gravitational acceleration (L/T2); and u is viscosity (M/LT)
(Hillel, 1980 2, p.180). Intrinsic permeability is sometimes related to the average
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diameter of the soil grains, d, by the equation k = cd2 where c is a proportionality
constant.
Hydraulic conductivity values exhibit high variation in natural soils.
Commonly, unsaturated hydraulic conductivity values vary over orders of magnitude
for water contents found in the field (Nielsen et al., 1973). Saturated hydraulic
conductivity, which is an important input variable in many models, may similarly vary
over several orders of magnitude within a single soil or formation (Byers and
Stephens, 1983). Some have reported saturated hydraulic conductivity variations to
be correlated over horizontal distances of tens of meters (Russo and Bresler, 1981;
Vieira et al., 1981; Sisson and Wierenga, 1981).
Characteristically, hydraulic conductivity values in natural soils are anisotropic
to some degree. This is particularly true in soils of coarse- and fine-textured
stratifications or when compacted clay is present in the soil (Dabney and Selim,
1987).
Not only is hydraulic conductivity highly variable in the field, the measurement
process introduces additional variability and uncertainty. For example, Roulier et al.
(1972) and Nielsen et al. (1973) report that measured conductivities of fine-textured,
swelling soils under field and laboratory conditions may differ by more than one
order of magnitude. Measurements were found to be more consistent for soils with
a lower clay content.
Because in situ measurement of saturated hydraulic conductivity is expensive
and time consuming, researchers have attempted to estimate it from more easily
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obtainable soil properties. Equations have been formulated which relate saturated
hydraulic conductivity to soil characteristics including size and patterns of soil voids,
texture, origin of parent material and genetic horizon, structure, porosity, biopores,
consistence and density. These provide a simpler approach but yield less accurate
estimations of the conductivity (Puckett et al., 1985).

4.3.2 Infiltration
Infiltration is one of the most important processes controlling the fate of water
over large areas..." (Ben-Hur et al., 1987). It is defined by Philip (1969) as the
process of the entry into the soil of water made available, under appropriately
defined conditions, at its surface (Philip, 1969).
After the initial surface infiltration, water may then percolate through the soil
by either internal drainage or redistribution. Internal drainage refers to postinfiltration movement when the soil is initially saturated throughout and desorbs monotonically or the profile is in the presence of a high water table (Hillel, 1980 1, p. 50).
Redistribution describes the water movement when the profile is not initially
saturated and the water table is too deep to have an effect. The label of redistribu
tion is apt since the process redistributes soil water by "increasing the wetness of
successively deeper layers at the expense of the infiltration-wetted layers of the soil
profile". This process of redistribution is hysteretic (Hillel, 1980 1, p. 50).
The rate and progression of the infiltration/percolation process is dependent
upon many characteristics of the soil profile and related factors. These include soil
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type and texture (amount of clay, organic matter, etc.), porosity and pore-size
distribution, moisture content, antecedent moisture, depth of wetting, hydraulic
conductivity, impeding layers, evapotranspiration, proximity to water table, vegetative
cover, season, intensity and rate of irrigation, slope of land surface, surface changes
like compaction and crusting, and chemical composition of the soil (Covey, 1963;
Linsley et al., 1982, p. 238; Hillel, 1980 1).
Texture, for example, has an important effect on the infiltration process and
duration. Clay generally has higher water content than sand throughout the internal
drainage process, and retains water longer showing a more gradual decrease of water
content over time. Even the type of clay will affect the water content (Nettleton and
Brasher, 1983).
Sand has higher total drainage, lower water content at any given time, and the
water content decreases sharply at first and levels off sooner (Hillel, 1980 1, pp. 56,
57). Mbagwu et al. (1983) studied sandy loam soils and found that soil particle size
fractions and organic carbon contents accounted for more than 70% of the variability
in moisture retained at different suctions.
Drainage has been observed to persist for many days following irrigation
(Nielsen et al., 1973), particularly for clayey soils (Hillel, 1980 1, p. 56). Redistribu
tion may even continue for many weeks (Hillel, 1980 1, p. 50). Miller (1969) found
that a gravelly coarse sand ceased to conduct water once the potential fell to -30 to 40 centimeters (drainage was considered negligible when hydraulic conductivity fell
below 0.1 to 0.01 cm/day) (Clothier et al., 1977).
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Many investigators have observed that the infiltration rate decreases over time
after precipitation or irrigation. This phenomenon is described in Appendix 1.7.1.
Appendix 1.7.2 describes water content profile zones which have been observed
during infiltration.

4.3.3 Flow Through Layered Soils
In natural field soils, the soil profile frequently consists of horizontal horizons
or strata. This type of soil profile may develop by internal soil-forming processes or
may result from the pattern of deposition (Hillel, 1980 2, p. 15). For example, the
experimental plot examined in this study is an alluvial soil, which typically exhibits
distinct strata. For layered profiles, the complexity of analyzing flow in the
unsaturated zone is compounded.
The consequences of layered soil profiles on flow in the unsaturated zone has
been investigated by many researchers. Nielsen et al. (1973) suggested that, for a
naturally developed, stratified soil profile, there may be a specific layer which
predominantly governs soil-water movement and which is particularly important in
shaping the over-all hydraulic characteristics of the soil. Baver et al. (1972) maintain
that any layer encountered in the soil profile at depth, whether it is of a coarser or
finer texture than the surface layer, tends to reduce the flow rate. This is supported
by both experimental and physical theory (Philip, 1980).
For the particular case of a coarse layer underlying a finer layer, the flow
dynamics are affected in the following manner. For the saturated state, coarse-
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layered soils are free draining and have a higher hydraulic conductivity than finer
grained soils (Clothier et al., 1977). As the soil dries, hydraulic conductivity decreases
more rapidly for the sandy soil as the larger pores are emptied, and more gradually
for the clayey soil. This is exhibited in Figure 4, a comparative plot of hydraulic
conductivity versus suction for sand and clay (Hillel, 1980 2, p. 201). For drier soils
(i.e. at higher suctions), it is the clay which has the greater hydraulic conductivity.
When the wetting front reaches the sandy layer, flow is impeded. Soil water
tension may be too high to allow water entry into the relatively large pores of the
coarse layer. Only when the soil water tension in the finer-textured soil is close to
atmospheric pressure can water enter the large pores of the dry, coarse-textured layer
(Hillel, 1980 2, pp. 152, 198; Hillel, 1980 1, p. 26). The water confined in the clay
layer may disperse laterally (Yeh et al., 1985 3), which is further described in
Chapter 7, Discussion of Errors. Even when water does enter the larger pores, the
sand layer does not become saturated since the upper layer cannot furnish water fast
enough to attain the lower level's saturated hydraulic conductivity (Hillel, 1980 1, p.
26).

Because of these dynamics, soils underlain by a coarse layer retain more water

at field capacity than uniform soils, particularly near the boundary (Alway and
McDole, 1917; Miller and Bunger, 1963). In a layered soil with underlying sand,
Miller and Bunger (1963) found that the surface water content remains relatively
constant for the first few days following an irrigation. This retention of water is
particularly valuable for agriculture (Clothier et al., 1977). Factors which affect water
retention of the upper layer include characteristics of the overlying soil as evidenced
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in the shape of the water retention curve (Moore, 1940), soil depth to the coarse
layer and coarseness of the underlayer (Clothier et al., 1977). Takagi (1960) showed
that where "the upper layer is less pervious than the lower, suctions develop in the
lower layer, and these can remain constant throughout a considerable depth range"
(Hillel, 1980 1, p. 25).
In the converse case of a fine-textured layer at depth, infiltration is similarly
impeded at first. However, drainage of overlying layers may ultimately be promoted
(Hillel and Talpaz, 1977). The infiltration rate is originally dependent on the coarser
layer. When the wetting front reaches the finer layer, the infiltration rate decreases
to that of the finer soil alone. Eventually, a "perched" water table may form above
the interface. (Hillel, 1980 1, p. 25). For a brief discussion on how to determine if
different layers are present in the soil, please refer to Appendix 1.7.3.

4.4 Pertinent Equations
Equations and their applications which are relevant to this experimental study
and analysis will now be presented. Included in this section are descriptions of the
instantaneous profile method and related equations, and the exponential unsaturated
hydraulic conductivity model. For descriptions of basic hydrologic principles related
to this investigation: Darcy's law, the continuity equation, and the partial differential
equation for vertical soil water flow, please refer to Appendix 1.8.
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4.4.1 Instantaneous Profile Method
The instantaneous profile method (or transient internal drainage method) is
an in situ procedure for measuring unsaturated hydraulic conductivity. Using neutron
moisture meters and tensiometers simultaneously, both soil water content and soil
water tension are monitored within a soil profile undergoing drainage.
This approach was originally introduced by Richards and Weeks (1953) and
Ogata and Richards (1957). Further refinements and applications were made by Rose
et al. (1965), Watson (1966), Van Bavel et al. (1967), Davidson et al.(1969), Hillel
et al. (1972), Nielsen et al.(1973), Arya et al. (1975), Fluhler et al. (1976), Dane
(1980), Luxmoore et al. (1981), Talsma (1985), Kablan et al. (1989) and many others
(Field et al., 1984; Babalola, 1978; Hillel, 1980 2, p. 217).
To execute the procedure, tensiometers are installed near a neutron access
tube which is placed in the center of a particular sampling location, as described in
the Materials and Methods chapter. The tips of the tensiometers extend to different
desired soil depths.
The plot is irrigated so the profile is thoroughly wetted. (In the case of a
uniform profile, this will mean effective saturation.) When tensiometer readings
remain relatively constant over time, the desired steady-state infiltration conditions
have been attained. The soil surface is then covered with plastic to prevent
evaporation, thus maintaining a zero-flux upper boundary condition. Soil water
tension and water content measurements are collected at frequent intervals,
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particularly for early drainage times, as the internal drainage process proceeds (Hillel
et al.f 1972).
When all of the water content and tension data have been obtained, hydraulic
conductivity values are then calculated by integrating the transient flow equation for
one-dimensional vertical flow (Field et al., 1984). This is described in the following
section on the derivation of the instantaneous profile formula.
An advantage of the instantaneous profile method is that the structure of the
soil is relatively undisturbed since measurements are collected in situ (Ben Hur et
al., 1987). In addition, the unrealistic assumption of steady-state drainage is not
required in a transient-state process (Hillel et al., 1972). Pressure transducer/tensiometer systems have also made the measurement process more rapid and feasible.
However, there are limitations. Errors related to the instantaneous profile method
are examined in the Discussion of Errors chapter.
4.4.1.1 Derivation of Instantaneous Profile Formula. The instantaneous profile
equation is based on the partial differential equation for vertical soil water flow. To
obtain values of hydraulic conductivity at a particular soil depth L, this equation is
integrated with respect to depth z from the soil surface at z=0 to the desired soil
depth at z=-L:
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Because the plot is covered to prevent flux at the surface, the last term is zero.
Replace the hydraulic head (H) with the sum of pressure head (h) and gravitational
head (z), and we have:

f~L — dz - K
rtt
dt
dz

J' o
°

i—L

Practically, in a field experiment the integrals must be replaced with discrete
experimental values:

*/+i
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I dz

J<>

where the bar represents average values over the time period ti+1 -1;. Rearranging
terms, we obtain the instantaneous profile formula for determining unsaturated
hydraulic conductivity:
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where K is the depth-averaged unsaturated hydraulic conductivity between two
depths of measurement, 0 is the volumetric water content, e is the average water
content at the location over a time interval or:

6 - j [6<tl (-L) +

(-L)]
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The time period is symbolized, t, and the subscripts represent two different time
values. 3h/9z is the change in time-averaged pressure head with depth so that:
dh _ I dhM
dz
2
dz

+

dh,
dz

The gradient 9h/ 9z may be estimated with a cubic spline function which fits a smooth
curve (see Section 4.4.1.2 on cubic spline function) to the average of the five pressure
head values at time(i = l) and the five values at t(i) (Nielsen et al., 1973). The
integration is performed from the soil surface at z = 0 to the desired soil depth at
z = -L.
4.4.1.2 Cubic Spline Function. The pressure head gradient, 9h/3z, in the above
instantaneous profile formula was estimated in this study with a cubic spline function.
In common usage, a spline is a draftperson's tool (i.e. a long, thin, flexible strip of
wood or plastic) used for drawing smooth curves through a set of specified points.
The mathematical spline has a similar purpose, but the smooth curve is approximated
by a piecewise polynomial of degree m which has continuous derivatives at the
junction point where two polynomials join (Erh, 1972). For scientific studies, the
mathematical spline method has proved to be very practical due to its "capability of
transferring an empirical and phenomenological relationship into a definite
mathematical formula" (Erh, 1972).
Erh (1972) related that the cubic spline technique was first developed by
Schoenberg (1946) and was perfected by Walsh et al. (1962). A cubic spline function
consists of a number of segments of cubic polynomials joined together at special
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points called knots. In order to obtain a smooth curve with a smooth gradient, the
polynomials and their first and second derivatives must be continuous at the knots.
By this method, the curve is forced to pass through the data points without
statistically averaging or smoothing them (Kimball, 1976). For a detailed description
of the cubic spline function and derivation of equations for cubic spline smoothing,
please refer to Kimball (1976).
Kimball (1976) claimed that the cubic spline is preferred over parabolic spline
smoothing for many applications including water content data profiles. Erh (1972)
successfully applied the spline function method to soil water pressure and water
content profiles. The method is considered superior because the gradients derived
from cubic spline functions are smoothly joined parabolas, not abruptly joined
straightline segments characteristic of the parabolic approach. However, the cubic
spline is not a statistical method which bears statistical significance (Erh, 1972).

4.4.2 Exponential Unsaturated Hydraulic Conductivity Model
In this study, an exponential model proposed by Gardner (1958) was used to
describe the relationship between soil water tension and hydraulic conductivity. The
exponential approximation to the hydraulic conductivity function is:
K(ijj) -

Kt

exp ( - aij/)
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where Ks is the saturated hydraulic conductivity parameter and a is called the poresize distribution parameter. Both Ks and a are assumed to be constant characteristics
of the soil. When plotted on semi-log paper with K(ijr) on the logarithmic y-axis and
tension on the linear x-axis, Ks is the intercept and a is the slope.
4.4.2.1 Pore-size Distribution Parameter. What is the significance of the a in
the exponential equation? a is the slope of the log K(i]/) versus h plot:
d [log /ST(T|r)]
dty

Thus, a is a measure of the relative rate of decrease of hydraulic conductivity with
increasing soil water tension, a is dependent on tension and typically varies greatly
in the field soil (Yeh et al., 1985 1,2). However, for a moderate range of tension
when hysteresis is relatively small, it can be assumed to be constant for small
variations of tension around a particular value (Mantoglou and Gelhar, 1987 3).
Physically, alpha is related to the width of the soil pore-size distribution (Russo,
1988). Weir (1987) labels it an apparent quasi-linear inverse length parameter. Its
reciprocal, 1/a, can be interpreted as the air entry value of tension or as the length
of the capillary fringe (Russo, 1988). In a porous material, a also expresses the
relative importance of gravity versus capillarity. In fine-textured soils, capillarity tends
to be the dominant factor and a is small. In coarse-textured soils where gravity
predominates, a tends to be large (Philip, 1984).
The a parameter is recognized by soil scientists to be of prime importance.
Weir (1987), for example, stated that hydraulic conductivity and a are probably the
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two most important intrinsic soil parameters obtained from infiltrometer data, and
suggests classifying infiltration properties of soils by the two values of saturated
hydraulic conductivity and a. Note that in the simple exponential model, properties
of the soil are described by only the a parameter, while other models (like BrooksCorey and Van Genuchten's equations) often use two parameters (Russo, 1988).
The a parameter has dimensions l/[length]. Although reported a values vary
greatly, typical field as reported by Philip (1984) are in the range 0.001 to 0.05 l/cm.
Clothier and Scotter (1982) found an a value of 0.3052 l/cm for infiltration into a
repacked fine sandy loam. Scotter et al. (1982) found values of a for in situ
infiltration data of 0.5 and 0.92 l/cm for sandy loam, 0.04 and 0.13 l/cm for fine
sandy loam, and approximately 0.02 1/cm for silt loam to clay loam (Reynolds and
Elrick, 1985). For other published values of a, also refer to Talsma (1963), Scotter
et al. (1982), and Bresler (1978), who presented a values determined for 17 soils.
4.4.2.2 Model Usage. Many researchers have used the exponential relation
ship in studies of unsaturated flow (Yeh et al., 1985 2). Russo (1988) and Weir
(1987) explain that the exponential model is frequently used by soil physicists because
its simple form dramatically simplifies the water flow equation. Specifically, the
exponential model has been used to solve Richard's equation for the simplified
steady-state case when Richard's equation becomes linear and for which analytical
solutions exist. Solutions for transient and steady infiltration from point, line, strip,
and disk sources which can be applied to simulate trickle irrigation cases have
recently been published (Wooding, 1968; Philip, 1971; Raats, 1971, 1972; Zachmann
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and Thomas, 1973; Warrick, 1974; Lomen and Warrick, 1974 and 1978). The most
prominent study was done by Wooding (1968) using the method of linearization for
the case of steady infiltration from a shallow circular ponded area on the horizontal
surface of a semi-infinite soil (Bresler, 1978). Philip (1984) used the model for a
quasilinearized steady infiltration approach to study infiltration from circular
cylindrical cavities.
Talsma (1963) established that the hydraulic conductivity of some soils can be
represented by the exponential equation. Wind and Van Doorne (1975), Richter
(1980) and Kirby (1985) assumed an exponential model to derive a simple expression
for vertical, unsaturated fluid flow. Zaslavsky and Sinai (1981b) used the exponential
model to study layered profiles, characterizing each layer with a different alpha value
(Yeh et al., 1985 3). This model was also employed in stochastic analyses of steady
and transient unsaturated flows in heterogeneous soils (Yeh et al., 1985 1,2,3;
Mantoglou and Gelhar, 1987 2).
The primary justification for assuming an unsaturated exponential function in
a soil study is its simplicity. Clearly, any model is a simplification of the actual field
reality at a given scale of observation. The convenience and simplicity of the model
has to be considered in relation to the intended purpose and desired accuracy of the
study. Use of the unsaturated exponential hydraulic conductivity model may provide
satisfactory results for generalized problems or approximations over large areas, but
it has not been successfully used to predict particular hydraulic conductivity values
at specific points for most soil types. Nielsen et al. (1973) noted that for describing
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the extensive spatial variability of hydraulic conductivity in a field, exact conductivity
values are not necessary, and approximations are useful. Continuing research
addresses which hydraulic models, if any, are most appropriate for describing
different soil types.
Gardner (1958) claimed that, in many cases, the exponential model can be
empirically fitted to experimental capillary conductivity data for a limited range of
values of tension, but denied its applicability over a wide range of values (Gardner,
1958). Bear and Zaslavsky (1968) recognized that the exponential equation is
convenient for analytical purposes, but generally does not fit experimental data well.
More recently, Weir (1987), Russo (1988), and Vereecken et al. (1990) confirmed
that this model may provide an adequate approximation of the K(h) relationship for
some soils over a restricted range of tension values, but will be inadequate for many
others. Wind and Van Doorne (1975) applied the exponential model, but deemed it
to be valid only when soils are not too dry. Coarse-textured soils near saturation also
tend to pose difficulties (Yeh et al., 1985 2). Still, the exponential expression has
been successfully applied in some cases. For example, Weir (1987) reports that the
model does describe the hydraulic conductivity versus tension relationship of some
loam soils.
Even in cases when the exponential model can be reasonably assumed, errors
are generated when deriving saturated hydraulic conductivity by extrapolating
unsaturated hydraulic conductivity to zero tension (Yeh et al., 1985 3). Weir (1987)
also cautions that fitting a regression curve to the graph of natural log of hydraulic
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conductivity versus tension will often yield "an apparent saturated hydraulic
conductivity which is larger than the actual value, since the gradient of the natural
log of hydraulic conductivity versus tension graph often decreases with increasing
tension" (Weir, 1987). Thus, the intercept Ks may correspond to actual saturated
hydraulic conductivity value.: in some soil types. However, in other soil types, the
exponential model may not describe hydraulic conductivity near saturation, and Ks
values are much greater than actual saturated hydraulic conductivity values. These
and other errors are addressed in the Discussion of Errors chapter.
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CHAPTER 5
STATISTICAL THEORY
In order to make worthwhile observations and reasonable inferences when
analyzing a large data set, the use of statistical methods is required. As Krige (1978,
p. 1) stated: "Statistics is essentially a study of variability, the use of some suitable
mathematical model representative of such variability, and the application of this
inferred pattern of behavior to practical problems."
When the use of statistics is deemed necessary, the most appropriate statistical
method is chosen in accord with the intended purpose of the analysis and consistent
with the nature of the data set. Two distinct statistical approaches with differing
assumptions are the classical and spatial statistical approaches. The major difference
between the two is that spatial statistics (i.e. geostatistics) does recognize the spatial
relationship between adjoining samples and quantifies it (Knudsen and Kim, 1978,
p. 36), whereas classical statistics does not.

5.1 Classical Statistics Versus Spatial Statistics
Until the last decade, most studies examining variability have used classical
statistical methods. Examples of classical techniques include estimation of the mean,
coefficient of variation, probability distribution function, and analysis of variance. For
these techniques to be properly applied, the sample observations taken to infer the
unknown population must be random and independent of each other (Morkoc et al.,
1987, p. 1126; Knudsen and Kim, 1978, p. 36) so that all sample values have an equal
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probability of being selected (Rendu, 1978, p. 2). In addition, the sample number, n,
must be large so that the central limit theorem applies (Warrick and Nielsen, 1980,
p. 329). In statistical terminology, we consider the sample values to be realizations
of a random variable. In classical statistics, the sample's relative location, size,
orientation and shape are not considered (Olea, 1975).
In contrast, spatial statistical methods are based on the assumption that
samples are spatially correlated to each other, and this correlation is quantified as
a function of distance between samples (Knudsen and Kim, 1978, p. 36; Rendu, 1978,
p. 2). Sample values are assumed to be realizations of random functions. (See Section
5.3.1.2 on random functions). Geostatistics based on the theory of regionalized
variables is one example of a spatial statistical model.
Both classical and spatial statistical methods can be effectively applied to
specific practical problems. Which is the most appropriate approach? Due to their
differing assumptions, classical statistical techniques are adequate for describing
realizations of a random variable when samples are independent, as in a coin toss.
Spatial statistical techniques are preferable for describing any variable from a natural
phenomenon which has a spatial distribution, such as soil water content, ore grade
or rock porosity (Olea, 1975, p. 11).
The raw numerical data are processed so that spatial structures can be
recognized. This spatial statistical approach is particularly important for analyzing
the spatial variability of hydraulic properties of geologic formations. For example,
the spatial structure is related to the physical size of the clay lense or sand pocket
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which is the cause of the measured heterogeneity. Therefore, spatial structures play
an important role in the analysis of flow and solute transport in geologic media.

5.2 Classical Statistics
Classical statistical concepts used in this study are described in numerous
statistical textbooks and references such as Haan (1977), Davis (1973) and Rendu
(1978), to name just a few. Please refer to Appendix 2 for standard definitions
including mean, range, standard deviation, variance, coefficient of variation, central
limit theorem, histogram, normal and lognormal distributions, and correlation
diagrams. Some of these classical statistics were computed for a preliminaiy
inspection of the sample data before beginning a geostatistical analysis. Other
classical statistical measures are incorporated into the geostatistical approach, as in
the validation phase. (See Section 5.3.3 on cross-validation).

5.3 Geostatistics and the Theory of Regionalized Variables
Soil scientists and hydrologists often need to examine "phenomena which are
the results of the interaction of scores of variables, through relationships which are
in part unknown and in part very complex" (Olea, 1975), so complex they are unlikely
ever to be unravelled completely. The outcomes observed in the field do not follow
any simple deterministic function, yet the observations do exhibit continuity (Krige,
1978, p. 1). Because the samples cannot be regarded as purely random, classical
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methods are not appropriate (Olea, 1975). Geostatistical methods allow us to
reasonably represent this variability (Krige, 1978, p. 1).
George Matheron's definition of geostatistics is "the application of the
formalism of random functions to the reconnaisance and estimation of natural
phenomena" (Journel and Huijbregts, 1978, p. 1). Geostatistics, as used in this study,
refers to the set of spatial statistical methods based on Matheron's theory of
regionalized variables. Developed by Matheron in the 1960s for use in ore reserve
analysis, these techniques have been widely applied in French and South African
mining operations (Knudsen and Kim, 1978; David, 1977). For more on the history
of geostatistics, please refer to Appendix 3.1.
Because many natural phenomena can be appropriately described by the
theory of regionalized variables, geostatistical analysis has extended to other natural
sciences. Delhomme was one of the first to recognize that geostatistical techniques
are suited to hydroscience applications (Delhomme, 1978). For instance, geostatistical
methods may be used to map contaminant concentration within a groundwater
plume, draw groundwater contours or study soil water tension in an agricultural soil.
No matter what field geostatistical theory is being applied to, the most
common practical aims are to express the structural properties of natural phenomena
in a useful mathematical form when samples are dependent, to obtain unbiased
estimates of the variables in unmeasured locations with minimum estimation errors,
to calculate the variance of the estimation to define the accuracy of an estimated
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value and pinpoint errors, and to help optimize sampling plans (Morkoc et al., 1987,
p. 1126; David, 1977, p. 48; Delhomme, 1978).

5.3.1 Mathematical Theory of Regionalized Variables
The fundamental assumption of the theory of regionalized variables is that the
geologic process which formed the geologic medium is probabilistic rather than
deterministic (David, 1977). (See Appendix 3.2.1 for the difference between a
probabilistic and deterministic process.) Thus, field values of a regionalized variable,
such as a soil's clay content, are assumed to be the result of a random process in 3-D
space. Although this probabilistic approach is based on a conceptualization of reality,
it is helpful because we cannot "fully understand and unravel the deterministic
processes which generated the present state of the phenomenon...." (David, 1977).
The concepts regionalized variable and random function are essential for characteriz
ing the spatial structure using this probabilistic approach. These terms will be
described in the following sections.
5.3.1.1 Regionalized Variable. The term "regionalized" was introduced by
George Matheron to describe a variable which is distributed in space (and/or in
time) and which shows a structure which is too complex to be described by simple
analytical expressions (Journel and Huijbregts, 1978, p. 27).
A regionalized variable (which describes the "regionalization") is "any
numerical function with a spatial distribution which varies from one place to another
with apparent continuity, but the changes of which cannot be represented by any
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[ordinary] workable function" (Olea, 1975; Davis, 1973). The mathematical definition
of a regionalized variable is simply that of a random variable, a function Z(x) which
assigns a value to a point x in 1, 2 or 3-D space (David, 1977; Delhomme, 1978). For
notations Z(x), etc., and for more about random variables and the characteristics of
regionalized variables, please refer to Appendices 3.2.2, 3.2.3, and 3.2.4.
The regionalized variable consists of the infinite set of values actually existing
in the field at a specific time. This is just one possible set of outcomes which may
have resulted from geologic and soil orogenesis processes. In geostatistical
terminology, we say that the set of true sample values is one particular realization
of the random function (Journel and Huijbregts, 1978, p. 11; Knudsen and Kim,
1978). Any point in the soil is treated as one particular outcome of the random
process (Knudsen and Kim, 1978).
The variability of a regionalized variable is assumed to have a particular
structure. The sample values z(x) and z(x + h), separated by a lag distance h
expressing both modulus and direction, are auto-correlated. The auto-correlation
depends on the vector h and the nature of the variable.
5.3.1.2 Random Function. Although we cannot physically define the random
function concept, we can attempt to visualize it in this way. At any point x; in the
field or deposit, the true sample value z(xf) (i.e. value of soil moisture) is interpreted
as one particular outcome (or realization) of a random variable Z(x;) described by
a probability distribution (Journel and Huijbregts, 1978, p. 29). Because there are an
infinite number of points in a deposit, there are an infinite number of sample values
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which can theoretically be described using an infinite number of probability
distributions (Journel and Huijbregts, 1978, p. 11; Knudsen and Kim, 1978).
The random function describes the complete set of possibilities including
probability density function distributions which can be envisioned but never actually
transpired. Thus, a random function Z(x) consists of an infinite collection of density
functions in a probability space which consists of a collection of possible events
(Knudsen and Kim, 1978). For all points in the field, the random function is a set of
auto-correlated random variables Z(X;) defined at each point

X;

of the deposit D:

Z(x) = {Z(Xj) AXjeD} (Journel and Huijbregts, 1978, pp. 11, 29; Knudsen and Kim,
1978).
The random function expresses both randomness and structure. There is a
random aspect because Z(xJ is a random variable defined at a particular point xx,
and there may be highly irregular and unpredictable variations from observation to
observation. However, the regionalization has a structured aspect because for a pair
of points, the random variables Z(x!) and Z(xj + h) are correlated (Knudsen and Kim,
1978; Journel and Huijbregts, 1978, p. 29).
Ideally, we wish to determine the spatial law which completely defines the
random function. This entails specification of the joint probability density of the
property value throughout the field (Hoeksema and Kitanidis, 1985 1). Journel and
Huijbregts (1978, p. 31) define the spatial law of the random function Z(x) as
follows: "For every set of k points in R" (n-dimensional space), xlf x2....xk called
support points, there corresponds a k-component vectorial random variable {Z(xj),
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Z(x2)...Z(xk)}. This vectorial random variable is characterized by the k-variable
distribution function:
Fx

A'

• • xk (Zp

-

Prob

&C*i) < Zp • • •. Z(x k ) < zj

The set of all these distribution functions, for all positive integers k and for every
possible choice of support points in Rn, constitutes the spatial law of the random
function Z(x)" (Journel and Huijbregts, 1978, pp. 30-31). Because the notion of
randorr function is an abstraction, we will never be able to determine its spatial law,
but we assume that there is one (Olea, 1975, p. 14).
5.3.1.3 Stationaritv. Theoretically, we wish to infer the probability law which
completely defines the random function. Many realizations z^x), z2(x)...zk(x) of the
random function Z(x) are required to do this (Hoeksema and Kitanidis, 1985 1;
Journel and Huijbregts, 1978, p. 30; Olea, 1975, p. 14). Because all we have to work
with is a finite set of measured data values, we do not even have one complete
realization of the random function (Delhomme, 1978).
Although it is not possible to determine the entire spatial law of the random
function Z(x), we can study its characteristics and make statistical inferences about
the structure of the regionalized variable if we adopt hypotheses of stationarity which
limit the types of acceptable random functions to consider (Knudsen and Kim, 1978;
David, 1977).
For the hypotheses of stationarity to be applicable, the regionalized variable
must exhibit some degree of homogeneity over a certain zone, the regionalized
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variable "repeating itself in space" (Journel and Huijbregts, 1978, p. 30). The basis
for judging homogeneity is limited to the first two moments of the random function
(Journel and Huijbregts, 1978, p. 31) (Please refer to Appendix 3.2.5 for a definition
of moments).
This repetition of the regionalized variable acts as a substitute for the many
realizations of the random function Z(x) we lack. Two experimental values, z(Xg) and
z(x0 + h), at two different points separated by the distance h are considered as two
different realizations of the same random variable Z(x0) (Journel and Huijbregts,
1978, p. 30), drawn from populations having the same moments (Olea, 1975, p. 17).
For example, if a sample value at a given point can be described using a normal
density function, then another value at a different location must also be described
using a normal density function, but parameter values need not be the same
(Knudsen and Kim, 1978). The correlation between data values is assumed to depend
on the distance h between them, not on their locations (Journel and Huijbregts,
1978).
Four types of stationarity assumptions are most commonly used in spatial
statistical studies. Listed in order from the most restrictive case to the least restrictive
case, they are: strict stationarity, second-order stationarity, the intrinsic hypothesis
and quasi-stationarity. The intrinsic hypothesis, (or at least quasi-stationarity), is the
underlying assumption of semivariogram analysis, and will now be described. For
descriptions of strict and second-order stationarity, please refer to Appendix 3.3.
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The intrinsic hypothesis is slightly more general than the hypothesis of
second-order stationarity, because it only assumes second-order stationarity of the
variation of observations, the increments Z(x+h) - Z(x), instead of the actual
observations (Journel and Huijbregts, 1978, p. 12).
Specifically, it is assumed that: A. The increment Z(x+h) - Z(x) has zero
expectation so that E[Z(x+h) - Z(x)] = 0 (Delhomme, 1978).
B. The intrinsic hypothesis assumes that the variance of the increments is
finite and depends only on the separation distance between the two points and not
on their individual locations (Matheron, 1971) so that: Var [Z(x + h) - Z(x)] =
E{[Z(x + h) - Z(x)]2} = 2 y(h) (Journel and Huijbregts, 1978, p. 33). Stated another
way, E[{Z(x,n ) - m(h) } = 2 y(h) where y(h) is the semivariogram or intrinsic
function (Matheron, 1971).
C. A finite a priori variance, Var[ Z(x)], need not exist so that the variance
may be a strictly increasing function of the size of the area or volume considered
(Rendu, 1978, pp. 14). Unlike the covariance which relies on the stricter secondorder stationarity, the semivariogram is appropriate for the case of infinite variance.
This may be applicable to some regionalizations like gold values (Olea, 1975; David,
1977).
An assumption of quasi-stationarity is even more general than the intrinsic
hypothesis. Quasi-stationarity implies that the intrinsic hypothesis or second-order
stationarity only has to hold for a local neighborhood having sufficient data. Thus,
the semivariogram or covariance is used only for limited distances|h|_< b where b is
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the neighborhood of estimation or the extent of the homogeneous zone (Journel and
Huijbregts, 1978, p. 33). Inside this zone, the expectation and the covariance are
locally stationary. The semivariance or covariance does not depend on the locations
of two sample values, only on the separation distance h and on the defined
neighborhood (Journel and Huijbregts, 1978, p. 186).
If drift is present in the data, it is a manifestation of a nonstationary process.
Semivariogram analysis can take account of this drift by adopting a less restrictive
hypothesis (Davidoff, 1986 2), as described in the section on drift and universal
kriging.
There are some other less restrictive hypotheses which have more recently
been developed including the theories of generalized increments and generalized
random intrinsic functions of order k. These were not used in this study, and will not
be discussed.

5.3.2 The Semivariogram: The Essential Geostatistical Tool
Geostatistics provides a coherent set of probabilistic techniques (Journel and
Huijbregts, 1978). Basic tools used in geostatistics include the semivariogram, kriging
and the estimation variance (Knudsen and Kim, 1978). The semivariogram is used
to examine a variable in order to characterize its variability structure within the field.
Kriging is used for obtaining optimal local estimates, and both kriging and the
estimation variance are needed for validating fitted models to the semivariogram.
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The semivariogram will be described in the subsequent sections. Kriging and crossvalidation will be described in later sections.
5.3.2.1 The Semivariogram as Part of Structural Analysis. The semivariogram
is the fundamental geostatistical tool. It is a plot of lag distance between samples and
semivariance of sample values for the particular lag distance. Construction of the
semivariogram is the essential phase of the overall process called structural analysis,
the characterization of the regionalized variable's spatial distribution and structural
features. The semivariogram describes this structure by reproducing the data in a
simple and functional way (Journel and Huijbregts, 1978, pp. 12, 24, 196, 148, 227;
Journel and Froidevaux, 1982, p. 217).
Structural analysis is the "first and indispensable step of any geostatistical
study" (Journel and Huijbregts, 1978, p. 12). It involves two basic phases. The
preliminary phase consists of reviewing pertinent available data (related to the
regionalized variable's geology, sampling plan, etc), and assessing the validity of the
data and sources of error. The second phase is the variography phase which involves
construction, fitting and analysis of the semivariogram model (Journel and
Huijbregts, 1978, p. 196). It is the variography phase which is described in the
remainder of this chapter.
5.3.2.2 Definition of Semivariogram. The experimental semivariogram (or
"variogram") is used to quantify the variability of a regionalized variable by describing
the similarity or spatial correlation between sample values. It is equivalent to
computing the variance of the increments between observations measured a certain
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distance, h, apart within a deposit or soil. The regionalized variable must be
stationary so that the intrinsic hypothesis is satisfied, or at least be quasi-stationary
(Knudsen and Kim, 1978, p. 37; Journel and Huijbregts, 1978; Rendu, 1978).
The traditional nonparametric estimator of the semivariogram function
(termed the experimental semivariogram) is:
,
r

w

N(h)

• lim S ^

where N(h) is the number of experimental pairs [z^, z(x; + h)] of data separated by
the vector h (Journel and Huijbregts, 1978, p. 11).
The semivariogram can be thought of as an estimation variance, the variance
of the error committed when the grade at one point is estimated by the grade at
another point (David, 1977, 1988; Delhomme, 1978, p. 257; Journel and Huijbregts,
1978, p. 14). Additional notes about the semivariogram (why differences are squared,
when it is an optimal estimator, and practical guidelines for constructing semivariograms are included in Appendix 3.4.1, 3.4.2, and 3.4.3. Also refer to Appendix 3.4.4
for a discussion of three types of variograms and their relationship: the theoretical
variogram of the random function we ideally wish to obtain, the local variogram
associated with one complete realization of the random function but which is also
unobtainable, and the experimental variogram which we practically compute and
analyze.
5.3.2.3 Interpreting the Semivariogram Plot.

Analysis of semivariograms

enables us to infer structural information about a regionalized variable including the
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continuity of the variable through space, the zone of influence around a sample, and
the isotropic/anisotropic nature of the variable (Olea, 1975, p. 21; Knudsen and Kim,
1978, p. 37).
The shape of the semivariogram plot(s) is(are) inspected to discern this
information. Specifically, four characteristics of semivariogram(s) which are important
to examine are: 1. The behavior of the semivariogram near the origin and 2. the
behavior at infinity (i.e. for large lag distances) provide information about continuity
and regularity of the regionalized variable (Journel and Huijbregts, 1978, p. 38, p.
163). 3. The range value of the semivariogram, which is the lag at which the plot
levels off, relates information about the zone of influence around a sample, and 4.
the isotropy/anisotropy can be determined by inspecting semivariograms for different
directions. These four properties will now be discussed in more detail.
1. Behavior near the origin. The semivariance at the origin is called the nugget
value. Ideally, it should be zero because two samples taken from a lag distance of
zero (h = 0) are from the same point and should have the exact same value (Knudsen
and Kim, 1978, p. 41). Practically, the variogram value may not tend to zero close to
a lag of zero. This apparent discontinuity at the origin is called a nugget effect
(Journel and Huijbregts, 1978, p. 151).
The expression "nugget effect" originates from the study of gold grades of core
samples in the mining industry. Two core samples taken very close together have very
different grades when one contains a gold nugget and one does not (Journel and
Huijbregts, 1978, p. 151). "Nugget effect" is generalized to incorporate the residual
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influence of all variabilities which occur over distances much shorter than the
sampling interval (Journel and Huijbregts, 1978, p. 151; Burgess and Webster, 1980
1, p. 319).
What are the causes of a nugget effect? A positive nugget value can have real
physical meaning, such as the case of infiltration data collected over a fracture, which
has erratic variation over a small distance. The nugget effect may also be due to
errors in sampling or assaying (Knudsen and Kim, 1978, p. 41), such as poor
analytical precision or poor sample collection or preparation. (David, 1977, p. 100).
Whether a nugget is present also depends on the sample spacing and scale of
observation (Journel and Huijbregts, 1978, p. 152).
The constructed semivariogram plot may have no nugget, or may show a
random, nugget component plus a structured part (which is a nested model). The plot
may also consist of a pure nugget effect, representing a random component for all
lag distances. The semivariogram generally does show structure as the plot tends to
increase as the lag distance increases near the origin. The manner in which this
variogram increases for small values of |h| characterizes the degree of spatial
continuity of the regionalized variable (Journel and Huijbregts, 1978, p. 13).
Five basic kinds of behavior near the origin are recognized: A. parabolic
behavior which implies excellent continuity of the regionalized variable, B. linear
behavior implying moderate continuity, C. nugget effect or discontinuity at the origin
implying poor continuity, D. the pure nugget effect implying that samples are
independent at the scale of measurement, so classical statistics may be used, and E.
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the presence of a sill implying moderate continuity within reduced neighborhoods and
random behavior at long lags (Olea, 1975, p. 24; Delhomme, 1978, p. 254; Journel
and Huijbregts, 1978, p. 38). These types of behavior at the origin of an experimental
semivariogram are illustrated in Figure 5. At the origin, the nugget constant is often
estimated by "eyeballing". When a semivariogram which has a sill has a nugget plus
linear behavior at the origin, the nugget is obtained by "extrapolating the average
linear behavior of the first experimental points to the ordinate axis" (Journel and
Huijbregts, 1978, p. 232). It can be iteratively readjusted during the validation
phase.
2. Behavior for large lag distances. In many cases, the semivariogram curve
stops increasing beyond than a particular lag distance and levels off. The value of
semivariance which remains relatively stable from this particular lag to a lag
approaching infinity is called the "sill". The sill is the a priori variance of the random
function (Knudsen and Kim, 1978, p. 38).
A variogram model which has a sill (and range) is called a transition model.
The corresponding random function for a transition model must be second-order
stationary (not only intrinsic) (Journel and Huijbregts, 1978, pp. 37, 163).
Note that the existence of a sill is not a prerequisite for calculating the
experimental dispersion variance s2. The experimental variance can always be
calculated even when the random function has infinite variance so that there is no
sill, and only the more generalized intrinsic hypothesis holds (Journel and Huijbregts,
1978, p. 232). The experimental dispersion variance can sometimes be used in fitting
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PURELY RANDOM

NUGGET

Figure 5.

Types of behavior at the origin of an experimental semivariogram
(from Knudsen and Kim, 1978)
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the sill, provided that it is in fact a good estimator of the a priori variance (Journel
and Huijbregts, 1978, p. 231).
If the experimental variogram does not level off, but increases at least as
rapidly as does| h|2 for increasing lag distances to infinity, drift may be present in the
data (Journel and Huijbregts, 1978, p. 40), and the intrinsic hypothesis is not
applicable. For the required methods of analysis, please refer to Section 5.3.3.2 on
drift analysis and univeral kriging.
3. Range. The lag distance at which the variogram levels off to the sill is
called the range (Knudsen and Kim, 1978, p. 38; Russo and Jury, 1987 1, p. 1258).
Figure 6 shows an example of a transition semivariogram model which has a range,
a sill and a nugget. In practice, the range is considered to be the lag at which the
semivariogram approaches the variance asymptotically (Russo and Jury, 1987 1, p.
1258), so some small value e is defined denoting an acceptably close approximation.
The distance at which y + e = Var. defines the range (Davis, 1973, p. 383).
Beyond the range distance (|h| = a), the covariance between Z(x) and Z(x+h)
approaches zero so that the random variables are no longer correlated (Journel and
Huijbregts, 1978, pp. 36-37). The sample values are independent and the semivariance between two values z(x) and z(x + h) no longer depends on their separation
distance (Knudsen and Kim, 1978, p. 38; Davis, 1973, p. 383).
The range is analogous to the geological notion of the range of influence of
a sample value. The latter describes the sphere surrounding sample value x within
which sample values are correlated; as the distance between x and a increases, the
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Spherical model showing range, sill and nugget (from Barnes, 1980)
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Commonly used theoretical models (from Delhomme, 1978) (from
Delhomme, 1978)
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correlation decreases until they are independent beyond the radius of the sphere
(Knudsen and Kim, 1978, p. 38; Journel and Huijbregts, 1978, p. 37). The range is
also analagous to the term correlation scale, the average distance over which spatial
variations in the soil properties are correlated (Gelhar and Axness, 1983). Please
refer to Appendix 3.5 for more on related spatial correlation measures: zone of
influence, correlation and integral scale, integration under the autocorrelation
function and for factors which affect the range value and problems in estimating it.
The range is practically important to estimate. It delineates the range of
influence of a sample beyond which any prediction is precarious (David, 1977, p. 68).
The range value may be useful for designing sampling plans, because knowledge of
the distance of correlation may help reduce the number of required samples or
indicate optimal sample spacing (Nash, 1984, p. 15). Furthermore, the range defines
the maximum permissible sampling interval in kriging for interpolation of spatial
phenomena (Davis, 1973, p. 383; Russo and Jury, 1987 1, p. 1257; Olea, 1975, p. 112),
so that only those points closer than the range to the predicted point are used for
kriging estimation (Burgess and Webster, 1980 1, pp. 318-319). Additionally, different
range values determined for different semivariogram directions can detect
anisotropies as described in the following section.
4. Anisotropy. The structure of a natural property may vary for different
directions. For instance, the clay content of a soil may change more rapidly in the
vertical direction than it does horizontally (Knudsen and Kim, 1978, pp. 67-68).
When the semivariogram depends only on the magnitude! h! of the vector h and not

145

on the direction, the phenomenon is isotropic. When variability is different for
different directions, it is said to be anisotropic (Knudsen and Kim, 1978, pp. 67-68).
A more detailed description of anisotropy may be found in Journel and Huijbregts
(1978, pp. 37-38, 175-183).
In order to detect anisotropics, the semivariograms constructed for different
directions are compared (Olea, 1975, p. 21; Knudsen and Kim, 1978, p. 67; Journel
and Huijbregts, 1978, p. 37; David, 1977, p. 87). (Ordinarily, at least three variograms
are constructed, two at right angles to one another and a third at 45 degrees) (Davis,
1973, p. 385). If the variograms are essentially the same, isotropy is assumed; if the
variograms differ, anisotropy is assumed (Davis, 1973, p. 385). Differences in
semivariograms for different directions are seen mainly in the slope at the origin, in
the range, and in the sill (Olea, 1975, p. 21; Journel and Huijbregts, 1978, pp. 13, 3738). For example, semivariograms may show a lower sill and higher range in the
direction of the mineralized beds, and a higher sill and lower range in the direction
normal to beds (Rendu, 1978, p. 20). If differences are found, they are interpreted
as resulting from "geology of the phenomenon or as a structural artefact due to
measurement" (Journel and Huijbregts, 1978, pp. 227-8).
5.3.2.4 Model Selection. In order to make practical use of the experimental
variogram, it is necessary to fit a theoretical model to it. However, there is a great
deal of subjectivity involved in selecting the model, fitting the model and estimating
its parameters (David, 1977, pp. 120, 161-162; Journel and Huijbregts, 1978, p. 228,
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230; Kitanidis and Vomvoris, 1983; Vieira et al., 1983, p. 4; Davis, 1973, p. 384;
Knudsen and Kim, 1978, p. 174).
Suitable analytical functions must be found to represent semivariogram
models. In practice, the choices are restricted to certain classes of models which are
practical and versatile and have been successfully applied in the past (Russo and
Jury, 1987 1, p. 1259).
An appropriate model should satisfy these four conditions: 1. the model must
have estimable parameters to allow statistical inference; 2. it must be simple,
operational and adapted to the purpose of the study; 3. it must adequately represent
the sample data and be consistent with presumed experimental features (experimen
tal variograms, anisotropics, a priori geological knowledge, etc.), and 4. the model
must prove to make functional predictions based on validation and experience. The
simplest or lowest-order model meeting these conditions is selected (David, 1977, p.
114; Russo and Jury, 1987 1, p. 1259; David, 1977, pp. 161-162; Journel and
Huijbregts, 1978, p. 230).
What are the properties of admissible functions? Linear combinations of
known increment values (David, 1977, p. 112; Delhomme, 1978, p. 254) must be used,
and the variances calculated from these combinations must exist and must be positive
(David, 1977, p. 112). In geostatistical terminology, - y(h) must be conditionally
positive definite (and C(h) must be positive definite) (Journel and Huijbregts, 1978,
pp. 35-161). Please refer to Appendix 3.6 for mathematical definitions of these
conditions for admissiblity of models.
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Although many functions may be considered admissible, only a limited number
of theoretical models are practically used in geostatistical applications.
5.3.2.5. Theoretical Models. Journel and Huijbregts (1978, p. 163), Rendu
(1978, pp. 18-19) and others have classified the frequently used theoretical models
into those with a sill, those without a sill, and nested models. Commonly used
theoretical models are shown in Figure 7.
A. Models with a sill (transition models). When models have a sill, secondorder stationarity conditions are satisfied (Rendu, 1978, p. 18). Transition models
include the spherical model, exponential model, Gaussian model and hole effect
model. The pure nugget effect is also included in this category. Each of these
transition models is described in Appendix 3.7.1. Of all the transition models used
to fit semivariograms, the spherical model is most widely used (Knudsen and Kim,
1978, p. 64).
B. Models without a sill. For a model which does not reach a sill, the
assumption of second-order stationarity is not satisfied because an a priori variance
cannot be defined. Only the intrinsic hypothesis may be assumed (David, 1977, p.
120). According to David (1977, p. 120), the models most frequently used to fit
transition type semivariograms are the linear and DeWijsian models, depending on
whether the experimental curve plots as a straight line on a linear or log scale,
respectively (David, 1977, p. 120). Commonly used models which have no sill are
described in Appendix 3.7.2. These are the r® (includes linear) model, Dewijsian (or
logarithmic) model and the parabolic model.
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C. Nested models. Variability between two sample values is due to many
causes emerging simultaneously over a spectrum of different scales. (See Section 4.1.2
on origins of soil variability.) Through the concept of "nested structures", variography
may be able to quantify the respective part played by different variabilities (Journel
and Huijbregts, 1978, pp. 148-9, 228).
The semivariogram plot may exhibit the superimposition of these nested
structures associated with different separation distances (Delhomme, 1978, p. 254).
Some nested structures can be distinguished while others may be lumped together.
For example, measurement error and petrographical variability may be lumped
together in a nugget effect on a given semivariogram, but strata variability and
alternation of strata may be distinguished (example in Journel and Huijbregts, 1978,
p. 149).
Nested structures can be represented as the sum of a number of variograms,
each one characterizing the variability at a particular scale. A nested strucure can be
modelled with 1/2 E{[Z(x+h)-Z(x)] 2 = y(h) = y 0 (h) + Yi(h) + YjO 1 ) +•»+ Yi(h).}
(Journel and Huijbregts, 1978, p. 150). The parameters of the model are found by
trial and error (David, 1977, p. 122).
5.3.2.6 Model Fitting and Parameter Estimation. In order to model the
semivariogram, one of the commonly used theoretical models is generally chosen.
The choice should be based on a critical review of the data and practical experience
(Journel and Huijbregts, 1978, p. 232).
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"Since the modeling of a variogram is an art requiring a considerable amount
of subjective judgement, many trials are required prior to obtaining a satisfactory" fit
(Knudsen and Kim, 1978, p. 146). According to Hoeksema and Kitanidis (1985 1),
the process of selecting the most appropriate model should systematically follow the
iterative process of model selection, estimation, and diagnostic checking (Russo and
Jury, 1987 1, p. 1265; Hoeksema and Kitanidis, 1985 1, p. 565).
Once a theoretical model has been selected, the parameters of the model
must be estimated (i.e. nugget, range, sill, etc). Journel and Huijbregts (1978, p. 232)
caution that methods which automatically fit parameters to experimental variograms
should not be used. These methods, such as least squares, do not allow for the
flexibility of giving more weight to semivariogram values that result from more pairs
of experimental values (Vieira et al., 1983, p. 4). However, David (1977, p. 153)
claims that a visual fit or a least squares fit may be adequate (David, 1977, p. 153;
Knudsen and Kim, 1978, p. 168) because simplifications may be justified if "the most
sensible result at the smallest cost" is to be achieved (David, 1977, pp. 161-162).
It has been reported that the error measure may be relatively insensitive to
changes in the variogram parameters. For example, Knudsen and Kim (1978, pp. 175176) report that even large changes in values of the nugget, range and anisotropy
ratio produce only very small improvements in the error measure. Likewise, David
(1977, pp. 161-162) contends that most of the parameters of interest are little
affected by apparently drastic changes in the model (David, 1977, pp. 161-162).
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Some researchers use statistical parametric estimation methods. These include
maximum likelihood, restricted maximum likelihood, minimum variance unbiased
quadratic, and weighted least squares procedures (Russo and Juiy, 1987 1, p. 1259).
For more on these methods, please refer to Russo and Juiy (1987 1) and Hoeksema
and Kitanidis (1985 1, 2).
The ultimate choice of the theoretical variogram from a number of trials can
be based upon the results of a validation test of the kriging model as suggested by
Gambolati and Volpi (1979 1, 2).

5.3.3 Cross-Validation
Cross-validation tests are performed to test the validity of the chosen
variogram model and parameters by determining their ability to reasonably predict
the known experimental data. In the first step of cross-validation, the process called
hole-by-hole suppression (or back estimation or jacknifmg) is used (Russo and Jury,
1987 1, p. 1259). In this method, each known data point is estimated by kriging (see
Section 5.3.3.1 on kriging) the surrounding data points (i.e. suppressing only the
known datum of interest) using parameters from the assumed variogram model. By
providing an estimated data value (zf) at the same location of our known data value
(the measured value z;), we have a basis for evaluating how well the assumed
variogram model can predict data values for unknown locations (Gambolati and
Volpi, 1979 1, p. 282; Knudsen and Kim, 1978, p. 174).
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Validation tests, statistical measures calculated on the prediction error
(measured values z; minus kriged values z ') can then be evaluated. The structural
parameters of the variogram model are iteratively chosen and validated in order to
find the best fit model which reduces the prediction error. Validation tests on the
prediction error give an indication of whether the variogram model is appropriate for
the experimental data, but does not provide a unique answer (Yates, 1985, p. 57).
"Delfiner (1976) indicates that there are no valid significance tests to determine the
best model, so several tests must be used to reduce possible errors that might arise"
(Morkoc et al., 1987, p. 1129).
Many criteria have been used for evaluating the prediction error in order to
choose the optimal model. Some of these selection criteria will now be described. In
the following definitions, zi is the ith measured value, z' is the ith estimated or
kriged value, n is the total number of estimates, and z; - Zj* is the prediction error.
(1)

The mean, variance or standard deviation of the prediction
error may be examined:
(la)

Mean kriging error or kriged average error (KAE)
should be minimal (United States Geological Survey,
1984; Yates, 1985, p. 112; Knudsen and Kim, 1978, pp.
85-86; Gambolati and Volpi, 1979 1, p. 286; Delhomme,
1978, p. 258; David, 1988, p. 52; Vieira et al., 1983, p.
37; Russo and Jury, 1987 1, p. 1259; Journel and
Huijbregts, 1978, p. 49). Mathematically:
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KAE - E (z, - z!) - - £ (z,. - Z;>
n i.i
should be minimal (Journel and Huijbregts, 1978, p. 48). When the expected value
of the error is close to zero, the estimator predicts the correct value, on the average.
This criteria ensures that there is no systematic over- or under-estimation, implying
unbiasedness.
(lb)

The variance of the kriging error (also called mean
squared error, sum of squares, or kriging variance)
should be minimal (Hoeksema and Kitanidis, 1985 2, p.
831; David, 1988, p. 52; Delhomme, 1978, p. 258), and
should be less than or equal to the variance of the
measured values (Yates, 1985, p. 112).

The mean squared error is defined as:

KMSE - E (z,. - z'f - VAR fe. - z/) - £
i-l

(Z<

"

Z/)

n

(Yates, 1985, p. 112; Knudsen and Kim, 1978, pp. 85-86).
Some authors recognize the mean squared error (or (lc.) root mean square
error) to be an overall effective measure of the accuracy of the model (Gambolati
and Volpi, 1979 1, p. 282; Russo and Jury, 1987 1, p. 1259; Yates, 1985, p. 112)).

153

However, the MSE is not robust to outliers (Matheron and Armstrong, eds., 1987,
p. 110).
(lc)

Similarly, the standard deviation of the kriging errors (or
root mean square error) should be minimal relative to
the measurement units and lower than or equal to the
standard deviation of the regionalized variable (United
States Geological Survey, STATPAC, 1984).

The formula for root mean square error is:
It/2

KRMSE -

n

E

(Z '

"

(although Russo and Jury, 1987 1, p. 1259; Gambolati and Volpi, 1979 1, p. 287; and
Vieira et al., 1983, p. 24 refer to this formula as simply the mean square error).
(2)

Reduced or standardized forms of the prediction error may also
be calculated. Vieira et al. (1983, p. 24) maintained that it is
preferable to examine the reduced errors r(x;) rather than the
prediction error because the former are dimensionless and
independent of the units of measurement (Vieira et al., 1983,
p. 24). To calculate the reduced errors, the prediction error is
divided by the standard deviation of the prediction error: r(Xj)
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= [z; - z ' ]

/ ct[z;

- z;*)

(Gambolati and Volpi, 1979 1, p. 282;

Vieira et al., 1983, p. 24; Journel and Huijbregts, 1978, p. 60).

In the same way that statistical measures were calculated on the prediction
error in (1), the mean, standard deviation or variance may also be examined for the
reduced error:
(2a)

The mean reduced error (or kriged reduced mean error)
should approach zero.

It is expressed as:
n

KMRE - E ir (*,)} - - T
n m

(

*

Zi

- z,

fei -

zi'l

(Vauclin et al., 1983; Russo, 1984 2,3; Vieira et al., 1983, pp. 25,37).
It is desirable that the reduced errors be normally distributed with zero mean
and unit variance or standard deviation i.e. mean reduced error equal to zero,
variance of the reduced errors equal to one [see criteria (2b)], and standard deviation
of the reduced errors equal to one [see criteria (2c)] (Vieira et al., 1983, p. 25;
United States Geological Survey STATPAC, 1984; Delhomme, 1978, p. 258; Yates,
1985, p. 112; Vieira et al., 1983, p. 37). The histogram can be inspected for a
subjective judgement concerning normality (United States Geological Survey
STATPAC, 1984) or t-tests can be used to check for zero mean and unit variance
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(Vieira et al, 1983, p. 25). Deviation from normality would mean either systematic
underestimation or overestimation (Vieira et al., 1983, p. 25).
(2b)

The variance of the reduced error (kriged reduced mean
square error or standardized mean square error) should
be close to one (Vieira et al., 1983, pp. 25, 37) in the
interval:

1±2

(Delhomme, 1978). The formula is:

KRMSE - E[r (x,.)]2 - VAR [r (*,)] - - £
n i

Zj

Zi

° (z,- -

Z - )

should approach unity (Vauclin et al., 1983; Russo, 1984 2,3; David, 1988, p. 53;
Vieira et al., 1983, p. 25). This condition is true for a normal distribution and ensures
that the theoretical estimation variance s2(Xj) is an effective estimator of the true
estimation variance (Journel and Huijbregts, 1978, p. 60); that the kriging variance
is consistent with the corresponding error [i.e. are approximately equal] (Russo and
Jury, 1987 1, p. 1259).
(2c)

Similarly, the standard deviation of the reduced error (or
kriged reduced root mean square error) should approach
one in the interval:
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(United States Geological Survey STATPAC, 1984; Delhomme, 1978, p. 258;
Gambolati and Volpi, 1979 1, p. 286; Russo and Jury, 1987 1, p. 1259).
The formula is:
n

11/2

KRRMSE - a [r (*.)] - VAR [r (jc£)],/2 - J- £ ([fej - */) / °(z, " *iV] )j

should approach 1 (Gambolati and Volpi, 1979 1, p. 286).
Similar to (2b), this condition is required for normality and ensures that the
standard deviation of the reduced error is consistent with the corresponding
prediction error (Gambolati and Volpi, 1979 1, p. 286).
(3)

The standardized errors should be independent of the kriged
values (United States Geological Survey STATPAC, 1984) so
that the plot of [(zj-Z; )/a(z -zi')\ plotted against Z;* should show
no correlation.

(4)

The standardized errors should be independent of their location
as expressed by their x and y coordinates (United States
Geological Survey STATPAC, 1984).

(5)

The kriged values, z;* and the measured values zf at each
location should be positively correlated. The higher the
correlation of z versus z* the better, so long as the preceding
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criteria are met (United States Geological Survey STATPAC,
1984). The regression line fitted to the plot of z; versus Zj*
should ideally have a slope of one (Vieira et al., 1983, p. 25).

This is not considered a key indicator due to high conditional bias (David,
1988). Because kriging only requires minimal variance and that the estimated values
be equal to the measured values on average, point-to-point agreement is not
guaranteed (Vieira et al., 1983, p. 37).
(6)

Other criteria which have been used include:

Knudsen and Kim (1978, pp. 174-175) use another reduced form, a weighted
average:

n

WSE - Y,

where a? is the kriging variance for point i. Knudsen and Kim (1978) maintained
that this weighting by the inverse of the kriging variance gives more weight to those
points that should be closely estimated and vice versa.
Gambolati and Volpi (1979 1, pp. 282,286) related that the ultimate model
choice should not only ensure the smallest prediction error, but should also ensure
that the theoretical semivariogram has approximately the same initial slope as the
empirical semivariogram.

158

To consider the magnitude of the prediction error, David (1988, p. 53)
suggested computing a simple measure, the average relative error:
E(zt - z*) I E(z), expressed in %
Yates (1985, p. 56) suggested calculating the average of the kriging variances:

where a k2 = kriging variance. Kriging variance (and distribution of errors) should be
standard normal with 95% or more falling within _+ 2 standard deviations.
These are some of the most commonly used criteria. According to David
(1977, pp. 161-162), there is no unique model which is inherently correct to use. He
states that it is unlikely that even two professional geostaticians will select the same
final model. For the final determination of the best model, different combinations
of validation criteria may be used. For example, Morkoc et al. (1987) chose the
model giving the combination of lowest MSE and a value of jackknifing close to 1.0.
The method by Vauclin et al. (1983) and Russo (1984 2,3) uses a combination of
reduced mean error and reduced variance of errors. Russo and Jury (1987 1)
recommend that a systematic model discrimination procedure be used to select the
final model. Although they relied on minimizing the Akaike information criterion
[AIC]) [Hippel, 1981], they admitted that selecting the most appropriate model can
seldom be based on any single criterion such as the AIC. STATPAC suggests a

159

combination of eight criteria. All of the first five criteria (including a,b,c) were used
in this study.
5.3.3.1 Ordinary Kriging.

Kriging is used in the cross-validation process

described in the previous section. The term "kriging" refers to a geostatistical form
of weighted local averaging used to estimate unknown values of a regionalized
variable which takes account of spatial correlation. Although created and coined by
Matheron in the 1960s, it was named in honor of D.G. Krige, a noted South African
mining geologist and statistician who set the groundwork for this type of estimation
around 1951 (David, 1977, p. 237). Kriging was popularized by French geomathematicians and has widely been applied to problems of ore-grade estimation in the gold
mines of South Africa (Davis, 1973, p. 381).
The kriging process estimates a data value at an unknown point (or the grade
of a block) by weighting adjacent sample values (or of the available samples in or
near the block). Kriging takes into account both the structure of the spatial variability
of each deposit and the manner in which the deposit was surveyed (Journel and
Huijbregts, 1978, p. 4), because the weights are chosen based on the constructed
semivariogram model (Davis, 1973, p. 385; Burgess and Webster, 1980 1, pp. 315316), and on the layout of the sampling grid, i.e., the distances between the estimated
point and the data points plus the distances between data points (Delhomme, 1978,
pp. 256-257).
To estimate z0, consider a linear weighted average on the n available data:
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The optimal set of weights, A,; is chosen so that of all the linear combinations, the
estimation variance is minimized (Hemyari and Nofziger, 1987, p. 268). The non-bias
condition must also be met:

Kriging is an optimal interpolator in the sense that it interpolates without bias
and with minimum and known variance (Vieira et al., 1981, p. 1040; Burgess and
Webster, 1980 1, pp. 315-316). It is considered to be the best linear unbiased
estimator (BLUE) (Journel and Huijbregts, 1978, pp. 57,343; Delhomme, 1978, pp.
255-256) of a point and the best linear weighted moving average of a block (David,
1977, p. 237).
In addition to estimating values of a regionalized variable, kriging is also used
to assess the probable error associated with the estimates by providing an estimation
variance for the interpolated values (or kriged block) (Knudsen and Kim, 1978, p. 44;
Davis, 1973, p. 385; Vieira et al., 1981, p. 1040). This is considered a key advantage
for using kriging over other methods.
Please refer to Appendix 3.8.1 for a description of six characteristics of
kriging: conditional unbiasedness, smoothing, additivity, exact interpolator, screen
effect, and the geometry of kriging.
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Two basic categories of kriging which may be applied are ordinary and
universal kriging. Ordinary kriging is used if the random function Z(x) can be
assumed stationary or at least quasi-stationary over a given estimation neighborhood.
When the data exhibits drift, universal kriging may be used as described in the next
section.
The constant drift assumption in ordinary kriging is expressed as:
VAR[e (x + h) - e (x + h)] - VAR[z(x) - z(x + h)]
The variance of the differences between the actual values equals the variance of the
differences between the residuals from the mean (i.e. the residuals vary in the same
way as the pair of data values) and z(x) = uv + e (x) (Webster and Burgess, 1980 3,
pp. 505-506). z(x) is the value of the property at x within a neighborhood V. The
residual e (x) is a spatially dependent random component with zero mean. uv is the
mean value in the neighborhood. It is constant for the neighborhood and the
semivariogram is the same over the whole area (Burgess and Webster, 1980 1, pp.
319-320; Webster and Burgess, 1980 3, pp. 505-506).
Punctual kriging is the simplest form of kriging within this category, and is
used for making point estimates from equally spaced point data on a grid. Data must
be stationary and isotropic (Davis, 1973, p. 385).
The weights for kriging estimations are determined by solving a system of
linear equations. In general, the system of equations is solved numerically (Hemyari

162

and Nofziger, 1987, p. 268). For derivation of the kriging equations, please refer to
Appendix 3.8.2.
Because stationarity cannot generally be assumed over the whole field or
deposit (and the limit of reliability is only half the length of the field), a moving
neighborhood is usually used in ordinary kriging (see Appendix 3.8.32). This practice
also limits the number of data so that the kriging matrix is more manageable
(Journel and Huijbregts, 1978, p. 321).
Please refer to Appendix 3.8.3 for some practical points about kriging (i.e.,
punctual kriging, choosing neighborhood size, and problems with kriging related to
the nugget effect).
5.3.3.2 Drift Analysis and Universal Kriging. Universal kriging (also called
unbiased kriging of order k) is a general form of kriging in which values of blocks,
areas, or points may be estimated from irregularly distributed samples (Davis, 1973,
p. 385). It is used if a drift, a non-stationary expectation E{Z(x)} = m(x), is known
to exist within the field and there are too few data from these neighborhoods to
allow the assumption of quasi-stationarity (Journel and Huijbregts, 1978, p. 313).
Physically, the drift represents the trend of the function over the geometric
field (Olea, 1975, p. 8), a general increase or decrease in grade with distance. "Drift"
calculates the average difference between samples separated by a distance h (similar
to the semivariogram but not squared) (Knudsen and Kim, 1978, p. 8).
The drift, m(x), can be expressed as m(x) = Z(x) - Y(x). This denotes that
the nonstationary random function Z(x) is modelled as the sum of a deterministic
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drift term and a random term or residual, Y(x), which accounts for erratic
fluctuations around the drift (so that Z(x) = m(x) + Y(x)). By Matheron's definition,
the drift is the non-stationary expectation of this random function and equals the
expected value of z(x) at point x: m(x) = E[z(x)] or E[Z(x) - Z(x+h)] = m(x)m(x + h).
The drift, which expresses the regular and continuous variation of the random
function Z(X), is assumed to be locally represented by a linear combination of known
functions:
k

m(x) - Y , " i f i

i-1

00

where the {f,(x), 1 =1 to k} are independent functions and the al are unknown
coefficients (for no drift a = l) (Delfiner, 1976, p. 51; Journel and Huijbregts, 1978,
p. 243; Delhomme, 1978, p. 255).
The drift is not unique but depends on the observation scale (Olea, 1975, p.
102). For small neighborhoods, the f, are traditionally characterized by simple
polynomials no higher than the second degree [(m(x) = a0 + ape + a2x2) (Olea, 1975,
p. 92; Journel and Huijbregts, 1978, p. 314).
In order to detect drift and determine whether universal kriging needs to be
applied, the raw sample data plotted along the transect should be inspected.
Universal kriging is reserved for cases when not even local (quasi-) stationarity can
be assumed. Statistically significant trends must be removed to yield valid results
(Davidoff et al., 1986, p. 1122)
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The experimental semivariogram constructed on the raw data should also be
inspected for evidence of drift. If the plot does not level off to a sill, drift or nested
structures may be present (Vieira et al., 1983, p. 30). Please see Appendix 3.9.1 for
comments on recognizing the presence of drift.
When there is a simple large-scale drift, a semivariogram can be constructed
on the residuals, Y(x). The residuals may or may not be stationary but they have a
zero expectation E[Y(x)] = 0 so the intrinsic hypothesis is applicable (Journel and
Huijbregts, 1978, p. 314; Olea, 1975; Russo and Jury, 1987 2, p. 1269). It is known
that the experimental semivariogram of estimated residuals, y *(h), is a biased
estimator of the underlying semivariogram of true residuals, y (h), but this bias can
be neglected over small distances (Delhomme, 1978, p. 257; Olea, 1975, p. 93).
The semivariogram of residuals is related to the semivariogram of the random
function by:

Y 00 +

[m(x + h) - m(x)f - y z(x,h) -

E { [Z(x + h) - Z(x)]2 }

where y (h) is the semivariogram of residuals, the random zero-mean component of
Z(x). Yz(x»h) is the semivariogram of Z(x). The equation shows that y z(x,h) is a
function of both location x and lag distance h, implying that the stochastic function
Z(x) is neither intrinsic nor isotropic (Russo and Jury, 1987 2, p. 1269).
For derivation of the equations of universal kriging used to find the optimal
estimator, please refer to Appendix 3.9.2.
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To apply the universal kriging system and solve the equations, a dilemma
becomes apparent. The kriging of a non-stationary random function requires the
knowledge of both: 1. an analytical expression of the drift which best characterizes
the trend in a neighborhood and 2. an expression for semivariances of residuals from
that drift, the semivariogram of the residuals. However, it is not rigorously possible
to calculate both from a single realization z(x) of the random function Z(x), (Journel
and Huijbregts, 1978, pp. 313, 315-316), and one cannot be calculated without the
other because Y(x) = Z(x) - m(x) (Olea, 1975, pp. 33, 90; Agterberg, 1974; David,
1977, p. 272; Russo and Jury, 1987 2, p. 1269). It is only through the iterative process
of structural analysis combined with validation that both may be simultaneously
estimated (Webster and Burgess, 1980 3, pp. 505,507; Sabourin, 1976, pp. 102,104).
Please refer to Appendix 3.9.3 for methods used to identify and filter out the
drift, and to estimate the semivariogram of residuals.
The following iterative procedure is used in this study: 1. A least squares fit
to the drift is used to obtain a first approximation of the residuals. A theoretical or
experimental variogram of residuals, y *(h) can then be calculated, which is assumed
to represent the true semivariogram of residuals. 2. Parameters (nugget, sill, etc.) plus
a neighborhood size (within which a type of drift is assumed) are assumed for the
above model. 3. Universal kriging and drift estimation (i.e. evaluating the coeffi
cients) are simultaneously executed assuming the above parameters. 4. The output
from these operations is a new residuals file which is used to construct a new
semivariogram of residuals. 5. The theoretical variogram of residuals is computed
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with assumed drift and parameters. 6. Analyze. For an appropriate model, the
experimental semivariogram should (graphically) match the theoretical semivariogram. 7. Repeat until the fit is achieved redefining the expression for drift (i.e.
change drift power) neighborhood size and parameters (Webster and Burgess, 1980
3, pp. 507-509; David, 1977; Olea, 1975, p. 26).
Due to difficulties with applying the universal kriging technique, David (1988,
p. 112) writes: "The recent proliferation of different types of kriging still shows that
ordinary kriging, the way it was formulated in 1965...is still the tool to use in most
circumstances" (David, 1988, p. 112).
Please refer to Appendix 3.9.4 for practical notes on universal kriging related
to neighborhood size selection, estimation of the semivariogram of residuals, and
problems with universal kriging.
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CHAPTER 6
RESULTS AND DISCUSSION
The following results and discussion relate to the analysis of volumetric water
content, soil water tension, the derived saturated hydraulic conductivity and pore-size
distribution parameters, and texture data. The value and future direction of soil
spatial variability studies is also discussed. For summaries of these results, please
refer to Summary and Conclusions, Chapter 8.

6.1 Volumetric Water Content
As described in the Materials and Methods chapter, the water content data
set was collected with a neutron moisture meter and probe. Results of analysis on
this data set follow.

6.1.1 Water Content Raw Data Plots
6.1.1.1 Along the Transect and Over Time. Plots of water content data versus
sampling location for selected time periods (0.38, 2.25, 7.25 and 44.25 days) at each
of the five depths are shown in Figure 8. The water content data for depth 0.3 meters
(and to a lesser extent, depth 1.5 meters) appear relatively uniform along the transect
for any given time period. As presented in Table 3, depth 0.3 meters has the smallest
range of water content values. Due to one extremely high water content value at the
end of the transect, the range for the 1.5-meter depth is misleadingly high. The other
three depths exhibit more variability with peaks of higher water contents and dips of
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Table 3a.

Water content at each depth and time: minimum and maximum values

WATER CONTENT
TIME 0.3 METERS
0.6 METERS
0.90 METERS
1.2 METERS
1.5 METERS
M1N
MAX
M1N
MAX
M1N
MAX
M1N
MAX
M1N
MAX
0.38
0.332
0.409
0.217
0.446
0.151
0.445
0.105
0.378
0.102
0.402
1.17
0.321
0.399
0.214
0.127
0.434
0.387
0.100
0.399
0.444
0.100
1.42
0.321
0.402
0.209
0.121
0.429
0.095
0.393
0.102
0.395
0.443
0.399
2.25
0.316
0.206
0.377
0.097
0.392
0.443
0.113
0.430
0.088
0.308
0.397
0.197
0.376
0.092
0.389
3.25
0.443
0.104
0.432
0.079
0.307
0.089
0.381
4.25
0.401
0.198
0.440
0.098
0.434
0.077
0.383
7.25
0.286
0.437
0.370
0.079
0.376
0.395
0.185
0.093
0.428
0.074
0.374
11.25
0.281
0.394
0.180
0.084
0.065
0.370
0.075
0.435
0.425
18.25
0.281
0.391
0.173
0.069
0.370
0.434
0.078
0.428
0.059
0.368
0.265
0.387
0 ISO
0.060
44.25
0.435
0.058
0.422
0.052
0.352
0.363

Table 3b.

Water content at each depth and time: range of values

RANGES OF VALUES FOR WATER CONTENT
TIME 0.3 METERS 0.6 METERS 0.9 METERS
0.38
1.17
1.42
2.25
3.25
4.25
7.25
11.25
18.25
44.25

0.077
0.078
0.081
0.083
0.089
0.094
0.109
0.113
0.110
0.122

0.229
0.230
0.234
0.237
0.246
0.242
0.252
0.255
0.261
0.285

0.294
0.307
0.308
0.317
0.328
0.336
0.335
0.341
0.350
0.364

1.2 METERS 1.5 METERS
0.273
0.287
0.298
0.289
0.297
0.306
0.296
0.305
0.309
0.300

•

0.300
0.299
0.293
0.295
0.297
0.292
0.297
0.299
0.301
0.303

174

lower water contents. This may be due to greater variability of texture along the
transect at the middle depths. Inspection of the available data is consistent with this
notion. Texture data were available for the 0.3-meter depth (at all 91 locations), and
limited soil texture data were available for the 0.6-meter depth (at 13 sampling
locations across the transect). Depth 0.6 meters shows more texture variability across
the transect and has higher ranges of values for percent sand, silt and clay (refer to
Section 6.4.2 and Table 12). Past studies at the same plot have reported that depths
1.2 and 1.5 meters uniformly consist of medium to fine sands (Hendrickx et al., 1986;
A1 Khafaf, 1977; Nash, 1984), which may explain the relative uniformity of water
content values across the transect.
Although the water content versus location plot at the 0.3-meter depth is
relatively uniform across the transect at any given time, slightly higher water contents
(i.e. about 18% higher) are evident from location 27 to location 75 (This is also true
of depths 0.6 and 0.9 meters.) At the 0.3-meter depth, the mid-transect area is known
to have texture higher in sand content than the ends of the transect (see Figure 38).
If irrigation water had been applied uniformly over the entire transect, the
central sandy area would be expected to have lower tension (because the coarser
texture has larger pores and less surface area). Indeed, lower tension is found midtransect for all time periods (see Figure 18 and Section 6.2.1.1). The sandier area
would also be expected to have lower water content due to better drainage
characteristics of the sand. Instead, the sandier area exhibits slightly higher water
contents than the ends of the transect. The lowest water content points within the
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sandy zone (locations 30 to about 80 meters) do correspond to locations with highest
sand content.
Nash's (1984) flooded plot experiment at this same site also found lower
tensions mid-transect, but she found uniform water content across the transect one
day after flooding, and found lower water contents mid-transect for later times.
Because she found expected results for water content, these results of higher water
contents mid-transect in this study are probably not related to textural differences
across the transect.
Textural differences at lower depths also may have affected the drainage at
the 0.3-meter depth, because the sandier soils known to occur at depth may have
impeded unsaturated drainage for this section of the transect. However, this is also
inconsistent with Nash's result.
A possible cause of the higher water content values mid-transect may be that
irrigation and infiltration were not completely uniform across the transect at the soil
surface. Another factor might be that the mid-transect locations are least subject to
edge effects of the experimental plot, like lateral flow and evaporation. Texture is not
the only factor which affects water retention. Particularly for low suctions (i.e.
between 0 and 1000 cm water), the water retention is mainly dependent on the soil
structure, like pore-size distribution and the capillary effect (Hillel, 1980 2, p. 150).
At any given time, the plot for the 0.6-meter depth shows higher water content
values mid-transect, slightly lower values on the ends of the transect, and a "dip" of
much lower values between location 5 and location 27. The higher water content
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areas at this depth do correspond to areas with higher percentages of silt/clay. This
is expected because the silt/clay texture in the middle of the transect tends to retain
the water better. The dip of low water content values found at locations 5 to around
27 correspond to a higher percentage of sand.
Plots of water content versus time for selected location numbers 1, 30, 48, 60,
and 91 at the five depths are shown in Figure 9. Because water content values were
observed during drainage of the soil after ceasing of irrigation, a decrease in water
content values is expected at each depth over time. Water content values do decrease
over time for each depth at each of the selected sampling locations.
At each of the five depths, the shapes of the plots remain relatively constant
over time. This may be because drainage during this experiment is a continuation of
the drainage pattern established during the four-month irrigation period. There was
negligible evaporation from the plot due to the plastic cover, and drainage was likely
impeded due to the unsaturated sandy sublayer. These factors minimized water
movement at the upper depths, and likely minimized changes in water content. The
lower depths, believed to be uniformly sandy across the transect, also retain their
water content distributions. These depths serve mainly to transmit the water (when
the tension decreases enough above the interface to allow water to enter the
sand).
6.1.1.2 With Depth and Over Time. Water content plots versus location for
selected times (Figure 8), and versus time for selected locations (Figure 9) show that
water content values are higher at the upper depths and tend to be lower in the
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subsoil. For the two upper depths, water content ranges from 0.15 to 0.45 cm3/cm3
over the 44 days. For the lower two depths, water content ranges from 0.052 to 0.40
cm3/cm3. Minimum and maximum values of water content for each depth and time
are given in Table 3.
Water content decreasing with depth for any given time period is consistent
with the downward drainage process and with the textural analysis at the site. The
subsoil has a coarser texture which has a lower water holding capacity than the finertextured surface soil. Of the selected five locations for the water content versus time
plots, only location 91 shows unexpected plotted lines (i.e. water content values at all
depths are relatively constant with depth; the trends of higher water content values
at the upper depths seen at the other locations are not found; and the 0.6-meter
depth shows surprisingly rapid drying over time). This may be due to the sampling
location being situated at the end of the transect, so it may be unrepresentative of
water content in the irrigated field plot.
As seen in Figure 8, there is some similarity between the shapes of the water
content plots for the 0.6 and 0.9-meter depths. That is, lower water content values
are found up to approximately location 30, and higher values are found after location
30 with the exception of one dip. This is likely due to similar textural profiles
extending to adjacent depths.
Examination of the water content versus time plots at the selected locations
(Figure 9) shows that particular water content values (i.e. at a given location number
and depth) typically decrease 0.01 to 0.1 cm3/cm3 over the 44 day time period. The
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upper depths generally seem to have less steep slopes and level off more, implying
less change in water content over the 44 days. These upper depths retain water better
and show a more gradual decrease in water content over time. Water content values
for the upper two depths typically change 0.01 to 0.06 cm3/cm3 over the 44 days.
Water content values for the lower sandy depths show a faster rate of drying,
typically changing 0.02 to 0.1 cm3/cm3.
Plots of water content versus depth at selected sampling locations (30 and 60)
over the ten time periods are illustrated in Figure 10. (Note that the soil surface is
shown as having identical water content values as the 0.3-meter depth, which is an
assumption used in the derivation of unsaturated hydraulic conductivity values. This
is discussed in both the Material and Methods chapter and the Discussion of Errors
chapter). For these selected locations, water content values for the 0.3- and 0.6-meter
depths are both in the range 0.35 to 0.40 cm3/cm3, and change little with depth. The
lower depths have much lower water contents for all time periods. The drying trend
over time is also evident from these plots. The drying rate at the lower depths is
greater than at the upper depths (i.e. the plotted lines over time are farther apart at
the lower depths). Thus, the lower depths have lower water contents, but show a
faster rate of drying. The upper finer-textured depths tend to retain water longer, and
the lower depths transmit the water.
6.1.1.3 Contour Plots Over Time. Contour plots constructed for water content
for selected times (0.38 days, 11.25 days, and 44.25 days) are displayed in Figure 11.
These plots were made using the TOPO program in the PLOTCALL PACKAGE,
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Contour plots of water content for selected times (0.38 days, 11.25
days, and 44.25 days). Both depths and distances between sampling
points measured in meters
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which uses the inverse distance squared method to construct the contours. Note that
the contour program smooths contours and deletes extreme values.
Kriged maps were not made because there were not enough data points to
define an experimental semivariogram for the vertical direction, and because of the
disparity between observation intervals along the horizontal and vertical scales. The
plots show cross-sections, with the x-axis corresponding to transect locations, and the
y-axis corresponding to depth from 0.3 meters (top of plot) to 1.5 meters (bottom of
plot). Over the time periods, the water content value for any particular point on the
plot decreases. It is evident from the plots that the highest water contents are found
at the upper depths towards the center of the transect. The lowest water contents are
found at the lowermost depth, which has greater uniformity of water content values.
The most rapid changes in water content with depth (i.e. plotted lines are close
together) are found at the middle depths, particularly towards the center of the
transect. The change to a lower gradient at approximately 1.2 meters is interpreted
as a change in texture. Over time, the contour plots retain the same general shape.
Therefore, the distribution of water content remains similar over the measurement
times.

6.1.2 Mean Water Content
6.1.2.1 Over Time. Because the soil was observed during drying, a decrease
in water content is expected over time. Over the observed time periods, the mean
water content values do decrease for each depth as shown in each of the five
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columns in Table 4a, a table of basic statistics computed on the water content data.
These means range from 0.382 cm3/cm3 (at time 0.38 days) for depth 0.6 meters to
0.116 cm3/cm3 (at time 44.25 days) at the lowest depth. Over the 44 days, the change
in mean water content is: 0.069 cm3/cm3 (1.2-meter depth) > 0.060 (0.9-meter depth)
> 0.057 (1.5-meter depth) > 0.048 (0.6-meter depth) > 0.033 (0.3-meter depth).
Plots of the mean water content values over time for the five depths are shown in
Figure 12. It is evident that the decrease of water content over time is most rapid for
the earliest times after ceasing of irrigation. The plots then tend to level off (i.e.
slowing of the drying rate), particularly at the upper depths. This slowing of the
drying rate may result from the drop in unsaturated hydraulic conductivity as water
content decreases over time.
6.1.2.2 Over Depth. For any given time period, the highest mean water
contents are found at the two uppermost depths. Thereafter, water content decreases
with depth, as seen in any row of Table 4a. The mean water content values at each
depth (averaged over the ten times) follow this same trend of a lowering of water
content with depth: 0.363 cm3/cm3 (0.6-meter depth) > 0.355 (0.3-meter depth) >
0.284 (0.9-meter depth) > 0.170 (1.2-meter depth) > 0.153 (1.5-meter depth). From
inspection of Figure 12, plots of the mean water content values over time for the five
depths, we again see that the 0.3- and 0.6-meter depths have the highest mean water
contents but seem to level off slightly more than the lower depths over time. This
shows more constant water content values with a slower drying rate at later times.
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Table 4.

Basic statistics for water content: (a) mean, (b) variance, and (c)
coefficient of variation
a. Mean (cm3/cm3)
Time
Depth
(days)
0.3 m
0.38
1.17
1.42
2.25
3.25
4.25
7.25
11.25

0.368
0.362
0.363
0.361
0.358
0.357
0.350
0.349
0.344
0.335
0.355

Depth
0.6 m

Depth
0.9 m

Depth
1.2 m

Depth
1.5m

0.382

0.308
0.299
0.298
0.294
0.290
0.287
0.279
0.272

0.200
0.185
0.176
0.183
0.176
0.175

0.173
0.166
0.167
0.164

0.375
0.376
0.372
0.369
0.366

0.161
0.159
• 0.151
0.143

0.357
0.353
0.345
0.334
0.363

0.265
0.248
0.284

0.162
0.160
0.151
0.131
0.170

b. Variance (cm3/cm3/)2
Time
Depth
Depth
(days)
0.3 m
0.6 m

Depth
0.9 m

Depth
1.2 m

Depth
1.5m

4.65E-03
4.54E-03
4.72E-03
4.83E-03
4.93E-03
5.11E-03
5.45E-03
5.67E-03
6.05E-03
6.74E-03
5.27E-03

3.39E-03
3.90E-03
3.38E-03
4.04E-03
4.16E-03
4.18E-03
4.00E-03
4.14E-03
3.95E-03
3.49E-03
3.86E-03

2.06E-03
2.10E-03
2.13E-03
2.12E-03
2.13E-03

Depth
0.9 m

Depth
1.2 m

18.25
44.25

Mean:

0.38
1.17
1.42
2.25
3.25
4.25
7.25
11.25
18.25
44.25

Mean:

4.18E-04
4.93E-04
5.15E-04
5.18E-04
5.74E-04
6.24E-04
7.02E-04
7.92E-04
7.74E-04
8.31E-04
6.24E-04

3.12E-03
3.32E-03
3.45E-03
3.80E-03
4.06E-03
4.30E-03
4.97E-03
5.29E-03
5.84E-03
6.50E-03
4.47E-03

c. Coefficient of Variation (%)
Time
Depth
Depth
(days)
0.3 m
0.6 m
0.38
1.17
1.42
£25
3.25
4.25
7.25
11.25
18.25
44.25

Mean:

5.55
6.14
6.24
6.31
6.69
7.01
7.56
8.06
8.08
8.62
7.03

14.63
15.37
15.63
16.55
17.27
17.94
19.75
20.62
22.14
24.14
18.40

22.17
22.50
23.05
23.63
24.20
24.87
26.49
27.68
29.40
33.08
25.71

29.08
33.76
33.11
34.79
36.61
37.05
39.16
40.16
41.68
45.03
37.04

0.135
0.116
0.153

2.15E-03
2.09E-03
2.01E-03
1.93E-03
1.70E-03
2.04E-03

Depth
1.5 m
26.31
27.64
27.69
28.16
28.76
29.13
30.20
31.44
32.66
35.45
29.74
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Mean water content versus time for the five depths
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For the lower depths, there is greater change in water content over time, the drying
rate is more rapid, and the drying rate remains more constant over time.
These results of higher mean water contents at the upper depths and lower
mean water contents at the lower depths associated with more rapid drying are,
again, consistent with the soil texture data. The lower depths have coarser texture
associated with lower retention and more rapid transmission of water.

6.1.3 Variation of Water Content
The calculated variances and coefficients of variation of water content are
examined in the following section.
6.1.3.1 Variances Over Time. The variability of soil water tension and water
content has been studied in the literature with contradictory results. Most empirical
studies and a stochastic analysis of the effects of field heterogeneity on unsaturated
flow (Yeh et al., 19852,3) show greater variation of soil water tension and water
content as a soil dries.
As evident in each column of Table 4b, water content data in this study show
an increase of variance over time for each of the five depths, which is consistent with
Yeh's conclusions. The only inconsistency is for the lower two depths at later times
(after 4.25 days) which show a decrease of variance. The ambiguity may be explained
by the lower depths' proximity to the water table. At an average depth of 3 meters,
the water table may interfere with drying at these depths (i.e. because the lower
depths may be in the capillary zone of the water table). Variances of water content
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ranged from 0.00042 (at depth 0.3 meter and time 2) to 0.0067 (at depth 0.9 meter
and time 11). Plots of variance of water content over time for the five depths are
illustrated in Figure 13. Depths 0.6 and 0.9 meters show a clear increase of variance
over the drying period, depth 0.3 meters levels off after approximately 11 days, and
the lower two depths show a decrease of variance after 8 to 11 days.
6.1.3.2 Variances Over Depth. From examination of Table 4b and Figure 13,
the middle three depths have higher variance of water content values for any given
time period, and the uppermost and lowermost depths have lower variation. (For all
time periods, depth 0.9 meters has the highest variance, and depth 0.3 meters has the
lowest.) The depths which exhibit lower variances (i.e depths 0.3 and 1.5 meters, and
to a lesser extent, 1.2 meters) show the most uniform water content versus location
plots across the transect and over the time periods in Figure 8. Plots of the
coefficient of variation for water content over time and depth (discussed in 6.1.3.4
and 6.1.3.5) show clearer results.
6.1.3.3 Mean Water Content Versus Variance. A plot of the variance of water
content versus mean water content at each of the five depths is shown in Figure 14.
This graph shows, that, as mean water content increases, the variance of water
content clearly decreases for the 0.3-, 0.6-, and 0.9-meter depths. This is consistent
with Yeh's conclusion. The lower two depths are not consistent with his results. No
clear trend is evident for the 1.2-meter depth. For the 1.5-meter depth, there is an
apparent increase in variance as water content increases. The steepest slope (i.e. the
greatest change of variance with increased water content) is found for the 0.6 > 0.9

192

0.008

e«e® 0.3 METERS
sees 0.6 METERS
0.9 METERS
1.2 METERS
H+f 1.5 (METERS

0.000

20

30

40

TIME (Days)
Figure 13.

Variance of water content versus time for the five depths
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> 0.3-meter depth. As described in Section 6.1.3.6, the plot of mean volumetric water
content versus the coefficient of variation (as opposed to the variance) of water
content shows clearer results, because the data having different mean values are
standardized.
6.1.3.4 Coefficients of Variation Over Time. In order to standardize the
variances, coefficients of variation were computed (i.e. standard deviation divided by
the mean). Coefficients of variation are preferable for comparing distributions with
differing means. At all depths, the coefficients of variation for water content clearly
increase over the ten time periods as presented in the columns of Table 4c.
Variability of water content ranges from 6-9% in the uppermost depth to 26-45% in
the lower two depths. Plots of coefficients of variation for water content over time
for the five depths are shown in Figure 15. All of the plots show an increase of
coefficients of variation over time. This is consistent with the theory that variability
should increase as a soil dries. The slopes for the two uppermost depths are the least
steep and level off more, showing less variability at these depths, particularly for later
times. The 0.3-meter depth, which has a rather uniform water content distribution
along the transect shows low variability and little change over time.
6.1.3.5 Coefficients of Variation Over Depth. At any given time period, there
are higher coefficients of variation with increased depth (with the exception that
depth 1.2 meters had a higher value than depth 1.5 meters). This is evident in any
row of Table 4c or in Figure 15, the plot of coefficients of variation over time for the
five depths. The mean coefficient of variation averaged over the ten time periods
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Coefficients of variation for water content over time for the five depths
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similarly increases with depth ranging from 7% at the 0.3-meter depth to 37% at the
1.2-meter depth. The higher coefficients of variation of water content found at the
lower sandy depths may be related to textural or pore-size differences across the
transect. Note that the water content versus location plots (Figure 8) seem to show
less variability for these lower depths. However, because the mean water content
value is much lower for the lower depths, the coefficient of variation calculated
relative to the mean is high.
6.1.3.6 Mean Water Content Versus Coefficient of Variation. A plot of the
coefficient of variation for water content versus the mean water content is displayed
in Figure 16. The plotted points for each depth show clearly that the dry soil has
greater variation of water content. As mean water content decreases, the coefficient
of variation increases. The slopes for depths 0.6, 0.9, and 1.2 meters are apparently
similar. The 1.5-meter depth slope is somewhat less steep, and the 0.3-meter depth
has the least steep slope. Thus, as water content changes, the variation is least
affected for the upper and lower depth.

6.1.4 Water Content Frequency Distributions
Histograms were constructed on the raw data for the five depths at each time
to visually inspect the water content frequency distributions (using STATPAC
program BASTAT which relies on Sturge's rule to compute the histogram.) Various
degrees of normality are exhibited with left or right skewness evident in several
histograms. Histograms are approximately uniform for the 0.3-meter depth, tend to
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be skewed left for the 0.6-meter depth, tend to be bimodal for the 0.9-meter depth,
are skewed right for the 1.2-meter depth, and are approximately normal for the 1.5meter depth. Observation of the histograms is a preliminary way to become familiar
with the data. However, tests for normality were not performed, as determination of
frequency distribution is not required for geostatistical analysis.

6.1.5 Semivariograms of Water Content
Models were fitted to the 50 experimental semivariograms of water content
as described in Chapter 2, Materials and Methods. Examples of semivariograms of
water content at selected time periods (times 0.38, 2.25, 7.25, and 44.25 days) for the
five depths are shown in Figure 17. Semivariograms were constructed using varying
class intervals (to group the distances) for each time/depth data set in search of the
best-fit validated model. The plots shown in Figure 17 are made with an assumed
class interval of 2.0, which set the maximum computed lag distance on the
experimental semivariogram at 40 meters. Based on the experimental semivariogram
shapes and validation results, zero-order drift was assumed. Table 5 shows some
model fitting results for water content at the five depths including best-fit model type,
order of drift, parameters determined from the best-fit models (range, nugget, sill),
and selected validation criteria like the correlation between observed and kriged
values from hole-by-hole suppression (z vs. z).
The semivariograms for each depth generally retain the same shape over the
time periods. Spatial structure is obvious in most cases. A possible nugget effect is
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Table 5a-c.

Parameters determined from best-fit validated models for water content at depths: 0.3 meters, 0.6 meters, 0.9 meters

DEPTH 0.3 METERS
Nugget
Sill
Range z vs. z* KAE
Time
KRMSE
(m)
(days) (cmVcm3)2 (cm3 /cm3 f
0.000050 0.000374+ 10+
0.38
0.86
0.0000
0.1040
1.17
0.000040 0.000588
12
0.86
0.0000
0.0113
17
1.42
0.000066 0.000597
0.87
0.0000
0.0112
14
0.88
2.25
0.000035 0.000600
0.0000
0.0107
0.000050 0.000730
16
0.87
0.0001
0.0116
3.25
0.89
4.25
0.000090 0.000780
16
0.0001
0.0114
(J.oi 19
16
7.25
0.000040 0.000810
0.89
0.0001
0.90
11.25
0.000050 0.000952
18
0.0001
0.0125
18.25
0.000076 0.000955
22
0.88
0.0001
0.0130
0.90
44.25
0.000030 0.000982
18
0.0001
0.0125
+ = b nested spherical model was used. The second sill was 0.000508.
The second range was 24 m.
DEPTH 0.6 METERS
Sill
Time
Nugget
Range
(m)
(days) (cm3 /cm3)2 (cm3/cm3)2
1.9H-04 3.90E-03
29
0.38
29
1.17
2.2E-04 4.34E-03
29
1.42
2.3E-04 4.51E-03
28
2.25
3.0H-04 5.00E-03
2.5E-04 5.21E-03
28
3.25
28
4.25
2.5E-04 5.58E-03
27
7.25
3.5E-04 6.51E-03
3.0E-04 7.03E-03
26
11.25
26
18.25
3.0E-04 7.96E-03
26
44.25
5.0E-04 9.30E-03
DEPTH 0.9 METERS
Nugget
Sill
Time
(days) (cm3 /cm3 f (cm3 /cm3 f
0.00466+
0.38
0.0002
0.0001
0.00444
1.17
1.42
0.0001
0.00472
2.25
0.0001
0.00545
0.00615
3.25
0.0003
0.00640
4.25
0.0002
7.25
0.0003
0.00666
0.00694
11.25
0.0003
0.00733
18.25
0.0003
44.25
0.0001
0.00808

z vs. z*
0.95
0.95
0.95
0.95
0.96
0.96
0.96
0.95
0.96
0.96

Range z vs. z*
(m)
12+
0.96
16
0.96
0.96
20
32
0.96
20
0.96
20
0.95
16
0.96
16
0.96
0.96
16
0.96
25

KAE
0.0001
0.0001
0.0001
0.0001
0.0001
0.0001
0.0001
0.0001
0.0001
0.0001

KAE
0.0001
0.0001
0.0000
0.0001
0.0001
0.0001
0.0001
0.0001
0.0001
0.0002

+ m a nested spherical model was used. The second sill was 0.00621.
The second range was 25 m.
2 vs. 7* = correlation between observed and kriged values
KAE a kriged average error
KRMSE = kriged root mean square error
KRRMSE = kriged reduced root mean square error

KRMSE
0.0178
0.0173
0.0181
0.0186
0.0186
0.0192
0.0207
0.0219
0.0219
0.0238

KRMSE
0.0188
0.0179
0.0190
0.0187
0.0196
0.0213
0.0210
0.0211
0.0220
0.0227

KRRMSE Drift
0.9263
1.0007
0.9609
1.0133
0.9937
0.8326
1.0289
1.0168
1.0097
1.1157

0
0
0
0
0
0
0
0
0
0

KRRMSE Drift
0.9041
0.8250
0.8449
0.7784
0.8202
0.8348
0.7809
0.8436
0.8190
0.7426

0
0
0
0
0
0
0
0
0

KRRMSE Drift
0.6106
0.7512
0.8568
0.9410
0.6686
0.7774
0.6532
0.6492
0.6637
0.9020

0
0
0
0
0
0
0
0
0
0
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Table 5d-e.

Parameters determined from best-fit validated models for water con
tent at depths: 1.2 meters and 1.5 meters

DEPTH 1.2 METERS
Time 1 Nugget
Sill
idavsi • (cm 3 /cm 3 )? (cm 3 /cm 3 f
0.38 i
0.00005
0.00339
1.17 1
0.00040
0.00390
1.42 i
0.00010
0.00400
0.00480
2.25 !
0.00010
3.25 i
0.00010
0.00416
0.00452
4.25 i
0.00005
7.25 1
0.00005
0.00400
11.25 1
0.00000
0.00510
0.00490
18.25 !
0.00000
44.25 j
0.00010
0.00415

i Range

!
i

1

. m)
14
12
24
16
16
16
24
30
24

12

DEPTH 1.5 METERS
Nugget
Sill
; Range
Time
(days) (cm 3 /cm 3 )? (cm 3 /cm 3 / | (m)
0.00206
4
0.38
0.00050
3+
0.0017+
1.17 j
0.00100
3+
0.00166+
1.42 !
0.00080
4+
0.00163+
2.25 j
0.00090
3+
0.00167+
3.25 !
0,00080
3+
0.00164+
4.25 !
0.00105
3i0.00159t
7.25 !
0.00080
3+
0.00142+
11.25 !
0.00080
3+
0.00146+
18.25
0.00080
3+
44.25 !
0.00050
0.00118+

z vs. z*

KAE

0.92
0.90
0.86
0.92
0.95

0.0001
0.0003
0.0000
0.0001
0.0000

0.94

0.0000

0.96

0.0001

0.96
0.96
0.96

0.0000

z vs. z*
0.56
0.52
0.56

0.52
0.57

0.54
0.57
0.56
0.55
0.49

0.0000
0.0001

KAE
0.0009

0.0006
0.0006
0.0006
0.0006
0.0004
0.0006
0.0006
0.0007
0.0009

z vs. z" = correlation between observed and kriged values
KAE = kriged average error
KRMSE = kriged root mean square error
KRRMSE = kriged reduced root mean square error
+ = a nested spherical model was used. The second sill and range
values are: 0.0021,20(time 1.17), 0.00213,20 (time 1.42), 0.00212,32
(time 2.25). 0.00192.23 (time 3.25), 0.00215,27 (time 4.25), 0.00209.26
(time 7.25), 0.00178.25 (time 11.25). 0.00193,24 (time 18.25), 0.00170.24
(time 44.25)

KRMSE
0.0221
0.0274
0.0298
0.0241
0.0192
0.0227
0.0182
0.0176
0.0173
0.0167

KRMSE
0.0380
0.0391
0.0382
0.0393
0.0378
0.0391
0.0376
0.0371
0.0366
0.0364

KRRMSE Drift
i .0628
0.8620
0.6255
0.9942
0.8373
1.0200
1.0121
1.1035
" 0.9870
0.6516

0
0
0
0
0
u
0
0
0
o~

KRRMSE Drift
0.9782
0.9086
0.9206
0.9767
0.9186
0.9179
0.9247
0.9520
0.9247
1.0436

n
0
0
0
0
0
0
0
0
0

Table 5f.

Parameters determined from best-fit validated models for water con
tent: summary of all depths

a. Volumetric water content (cm /cm)
Depth (m)

Model type

Drift

Spherica[or
nested spherical

0

z VS. 2*
.86-.90

0.6

Exponential

0

.95-.96

26-29

0.9

Spherical or
Nested spherical

0

,95-.96

12-32

1.2

Spherical

0

1.5

Spherical or
nested spherical

0

8
1

OC
OC

0.3

Range (m)
10-22

12-30

I1

,49-.57

3-27

tsi

o
U1
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seen at depth 1.5 meters, but validation shows spherical or nested spherical model
fits to be more appropriate. Peaks and trough are also evident in many plots, but
these were not significant, and common models were fitted to the data (i.e. there was
no need for a hole effect to be accounted for as discussed in Section 6.4.5,
interpretation of texture semivariograms).
6.1.5.1 Ranges of Correlation. The determined ranges of correlation vary
from 3 meters (at the 1.5-meter depth) to 32 meters (at the 0.9-meter depth). As
stated earlier, an increase in water content variability is found as the soil dries. The
increasing trend of variability is consistent with a decreasing trend in the range of
influence. However, changes in the range values over time for water content show
no clear trends except for a decreasing trend at depth 0.6 meters (Table 5). Ranges
as low as 3 meters (modelled with nested spherical structures) are found at the 1.5meter depth. The soil at this depth is sandy and as discussed above, exhibits more
variability of water content.
6.1.5.2 Nugget Values. The nugget values for water content exhibit no clear
trends over time or depth.
6.1.5.3 Sill Values. The fitted semivariogram models show a clear increase of
the sill over time at the three uppermost depths, but no consistent trend is apparent
at the lower two depths. The observed increase of the sill value over time is
consistent with an increase of variability as the soil dries. The sill values show no
clear trends with depth.
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6.1.5.4 Success of Model Fitting.

In most cases, models are fitted with

relatively good success. As seen in Table 5, the 1.5-meter depth displays the poorest
fits, with z vs. z* values of only 0.49 to 0.57. For all depths, the assumption of zero
order drift for small neighborhoods of five kriging points gives better validation
results than assuming first- or second-order drift.

6.2 Soil Water Tension
As described in the Materials and Methods chapter, soil water tension data
were collected with a tensiometer/pressure transducer system. In general, water
content and tension data are negatively correlated for a given soil. Results of analysis
on the soil water tension data set follows.

6.2.1 Soil Water Tension Raw Data Plots
6.2.1.1 Along the Transect and Over Time. Plots of soil water tension versus
sampling location for selected times (0.38, 2.25, 7.25 and 44.25 days) at each of the
five depths are illustrated in Figure 18. At the scale shown, the tension data for
depths 1.2 and 1.5 meters appear relatively uniform along the transect for any given
time period. As seen in Table 6, these lower depths have a lower range of tension
values (i.e. maximum minus minimum value) than the upper three depths. The soil
texture at this depth is believed to be uniformly sandy along the transect. The upper
three depths exhibit more variability along the transect, and show a bimodal shape
(i.e. a double hump shape), with lowest tension values in the middle of the transect
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Soil water tension versus location for selected times (0.38, 2.25, 7.25
and 44.25 days) at each of the five depths
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Table 6.

Soil water tension at each depth and time: (a) minimum and maximum
values, and (b) range of values

TENSION
0.6 METERS
0.90 METERS
1.2 METERS
1.5 METERS
TIME 0.3 METERS
MIN
MAX
MIN
MAX
MIN
MAX
MIN
MAX
M1N
MAX
65.0
6.0
108.0
0.0
105.0
0.0
106.0
1.0
84.0
7.0
0.38
64.0
114.0
0.0
108.0
0.0
113.0
13.0
88.0
2.0
1.17
23.0
21.0
88.0
27.0
68.0
21.0
124.0
0.0
107.0
1.0
118.0
1.42
64.0
118.0
109.0
3.0
113.0
23.0
90.0
31.0
2.25
15.0
1.0
37.0
65.0
23.0
118.0
1.0
108.0
3.0
110.0
88.0
1.0
3.25
29.0
89.0
71.0
30.0
128.0
4.0
116.0
1.0
118.0
31.0
4.25
70.0
34.0
131.0
122.0
5.0
127.0
50.0
97.0
35.0
7.25
8.0
74.0
14.0
128.0
123.0
51.0
90.0
8.0
11.25
31.0
137.0
8.0
77.0
9.0
54.0
95.0
39.0
18.25
42.0
141.0
19.0
136.0
136.0
61.0
90.0
160.0
27.0
150.0
168.0
139.0
38.0
44.25
43.0
13.0

RANGES OF VALUES FOR TENSION
TIME 0.3 METERS 0.6 METERS 0.9 METERS
1.2 METERS 1.5 METERS
0.38
102
105
106
83
58
91
1.17
108
113
75
62
1.42
103
107
117
67
41
103
2.25
108
no
67
33
95
3.25
107
107
51
64
98
4.25
112
117
60
40
97
7.25
114
122
47
35
11.25
106
39
114
115
66
99
18.25
117
41
38
127
44.25
117
123
155
78
52
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(i.e generally in the range of locations from 25 to 75), and highest tension values
near the ends of the transect for all of the observed times. This is clearly seen in
Figure 19, a plot of soil water tension at the upper depth for 0.38 days. As discussed
in 6.1.1.1, the low tension values in the center of the 0.3-meter depth transect
correspond to higher sand content and lower percent silt and clay than the ends of
the transect. The coarser texture has larger pores and less surface area resulting in
lower tension (for a given water content or if the sandy area has higher water content
as seen in Figure 3).
At any given time, the plot for the 0.6-meter depth shows lower tension values
mid-transect, and higher values on the ends of the transect. The low values of tension
mid-transect correspond to areas with higher water content values and higher
percentages of silt/clay (but texture data at the 0.6-meter depth are limited). This is
reasonable as seen by inspection of Figure 3. If a soil with higher clay content is
known to have higher water content than a sandier soil, the clayey soil should
typically have lower tension. Possible explanations for the higher water contents were
discussed in 6.1.1.1.
Examination of Figure 18 for each of the five depths shows that the shapes
of the tension versus location plots remain relatively constant over time. Possible
explanations for this constancy over time were discussed in 6.1.1.1.
Plots of soil water tension versus time for selected location numbers (1, 30,
48, 60, and 91) at the five depths are illustrated in Figure 20. Because the sample
values were obtained during drainage of the soil, an increase is tension values is

Figure 19.

Soil water tension at the 0.3-meter depth and 0.38 days
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frfrW
1.2 METERS
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TIME (Days)
Figure 20.

Soil water tension versus time for selected locations (1, 30, 48, 60, and
91) at the five depths
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expected at each depth over time. Soil water tension values do generally increase
over time for each depth at each of the selected sampling locations.
6.2.1.2 With Depth and Over Time. Plots of soil water tension plots versus
location for selected times (Figure 18), and tension versus time for selected locations
(Figure 20) show that no one depth consistently has higher or lower tension values
at all of the selected locations. Whereas, plots of water content over time showed
higher water contents at the upper depths and lower water contents at the lower
depths, the plots of tension do not consistently show higher tension values at the
upper depths and lower tension values at the lower depths.
As seen in Figure 18, there is some similarity between the shapes of the
tension plots across the transect for the three upper depths. For instance, troughs for
these depths are found in the middle of the transect centered around location 50.
This is likely due to similar textural profiles at adjacent depths.
Plots of soil water tension versus time for selected locations (1, 30, 48, 60, 91)
tend to level off over time for the lower depths, particularly for depth 1.5 meters.
These lower sandy layers serve as a transmission zone, and do not retain the water.
The tension versus time plots for upper depths (particularly 0.3 and 0.6 meters) do
not tend to level off over the time periods, as water may still be retained at these
depths even after 44 days. Plots at locations 30 and 60 are similar; these locations are
known to have similar texture for the 0.3-meter depth. Location 48 is noticeably
different, and is located in a sandier area (for depth 0.3 meters) at the middle of the
transect. The tension values for the 1.5-meter depth, are similar from location to

221

location (in the range of 30-50 cm water at 0.38 days to 60-70 cm water at 44 days)
and vary less over time than the upper depths.
From simple examination of the tension versus time plots (Figure 20) at the
selected locations, particular tension values (i.e. at a given location number and
depth) typically change -47 to -85 cm water at the upper depth over the 44 day time
period. Values of tension at depths 0.6 and 0.9 meters change -22 to -82 cm water,
and the lower two depths typically change somewhere between -10 to -42 cm water
over the 44 days. Hence, the lower two depths show the least amount of change over
the 44 days. These sandy depths apparently do not retain the water, but serve as a
transmission zone, with little change in tension values over time.
Plots of soil water tension versus depth at selected sampling locations numbers
30 and 60 over the ten time periods are displayed in Figure 21. (Note that the soil
surface is shown as having identical tension values as the 0.3-meter depth, which is
an assumption used in the derivation of unsaturated hydraulic conductivity values.
This is discussed in both the Material and Methods chapter and the Discussion of
Errors chapter). As soil water tension values are examined at any given time for
progressively deeper depths starting at the 0.3-meter depth, tension tends to decrease
for depth 0.6 meters, then increases to a peak at the 0.9-meter depth (in the range
25 to 105 cm water), and then decreases again for the lower two depths. There is
little change in tension over depth for the lower two depths.
The drying trend over time is also evident from these plots. The rate of
increase in soil water tension is greatest over the last one or two time intervals, from
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0.38 DAYS
1.17 DAYS
1.42 DAYS

LOCATION 30

0.8
DEPTH (m)

0MO0 0.38 DAYS
Mm 1.17 DAYS
***** 1.42 DAYS
2.25 DAYS
***** 3.23 DAYS
fin 4.28 DAYS
•mmmmi 7.28 DAYS
•**** 11.28 DAYS,
***** 18.28 DAYS
44.28 Dft5

LOCATION 60

Figure 21.

Soil water tension versus depth at selected locations (30 and 60) over
the ten time periods
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11.25 to 18.25 days and 18.25 to 44.25 days (i.e. the plotted lines over time are
farther apart. Note that the time intervals are not equally spaced. The nine time
intervals are 0.79, 0.25, 0.83, 1, 1, 3, 4, 7, and 26 days). At location 60, tension
remains relatively constant over time for the lower two depths (in the range 48 to 65
cm water). For the selected locations, the largest change in tension over the ten time
periods occurs at depth 0.9 meters, (ranging from 43 to 104 cm water at location 30,
and 25 to 105 cm water at location 60), and at depth 0.3 meters, location 30 (ranging
from 16 to 95 cm water).
6.2.1.3 Contour Plots Over Time. Contour plots of tension for selected times
(0.38, 11.25 and 44.25 days) are shown in Figure 22. The plots show cross-sections,
with the x-axis corresponding to transect locations, and the y-axis corresponding to
depth from 0.3 meters (top of plot) to 1.5 meters (bottom of plot). Over the time
periods, the tension value for any particular point on the plot increases. The highest
tensions are found towards the ends of the transect. These high tensions are found
at the middle depths for time 0.38 days, and extend to the upper-middle depths for
the later times. The lowest tensions are found towards the middle of the transect, and
extend from the mid-lower depths at time 0.38 days to the upper-middle depths at
later times. Thus, the area of lowest tension found in the middle of the transect shifts
from the lower depths to the mid-upper depths over the 44 days. The most rapid
differences in tension values across the transect (i.e. plotted lines are close together)
are found approximately near locations 25 and 75. Over time, the graphs retain the
same general shape, but not as strongly as for water content.

L
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SOIL WATER TENSION AT TIME 0.38 DAYS

SOIL WATER TENSION AT TIME 11.25 DAYS
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SOIL WATER TENSION AT TIME 44.25 DAYS

Figure 22.

Contour plots of tension for selected times (0.38, 11.25, and 44.25 days)
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Contour plots of total hydraulic head for selected times (0.38 and 44.25 days)
are displayed in Figure 23. Total hydraulic head is the sum of elevation head and
pressure head. Assuming isotropic flow, lines drawn perpendicular to the equal head
contours show the direction of water flow. For any given point on the plot at 0.38
days, a lower head value (i.e. higher negative numbers) is found for 44.25 days. The
contour plot at 0.38 days shows less variability of head values across the transect for
middle to upper depths, whereas more pronounced differences in head values are
apparent across the transect at 44.25 days.
For the lowermost depth, there seems to be less variability across the transect
at 44.25 days. The lowest head values are found at the lower depths for 0.38 days,
and extend to the lower-middle depths at 44.25 days, consistent with downward
drainage. Flow is not exactly vertical, as assumed in the unsaturated hydraulic
conductivity model. Yet, the basic downward trend of flow is apparent. There may
be some lateral flow (i.e. leaving the plane of the grid), indicated by the intersection
of flow lines at time 0.38 days near locations 15 and 80. Highest head gradients are
found in the upper-middle depths where head lines are closest together, which may
correspond to lower hydraulic conductivity. The lower sandy depths have smaller
head gradients and higher hydraulic conductivity. The gradient at the upper-middle
depth is similar for the two plotted time periods. The highest gradients found are
0.75 cm/cm at time 0.38 days and 0.68 cm/cm at 44.25 days.
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TOTAL HYDRAULIC HEAD AT TIME 44.25 DAYS

TOTAL HYDRAULIC HEAD AT TIME 0.38 DAYS

Figure 23.

Contour plots of total hydraulic head for selected times (0.38 and 44.25
days)
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There is some similarity between water content and total head contour maps.
The wettest area is central and towards the upper soil depths, and head maps show
water flowing from that area.
In order to observe if lateral flow is significant, tension data were also
collected from sampling locations situated adjacent to the experimental plot but
outside the irrigation area (Sample locations A,B,C,D,E and F illustrated in Figure
1). Some of these tension data are presented in Table 7, which shows two columns
of tension data collected at these adjacent tensiometers. Data in the first column
were collected immediately after the irrigation was stopped, and data in the second
column were collected at time 1.17 days. The third column shows the increase in
tension between these times. There is an increase in tension in virtually all of the
tensiometers at all depths. An increase of tension values at these locations indicates
that there was a drying trend at these tensiometer locations outside of the plot
immediately after the cessation of irrigation. These locations were apparently
affected throughout the four month irrigation period (and by precipitation). Water
flow likely was not purely vertical within the plot, but extended horizontally at least
as far as these sampling locations. When irrigation stopped, they presumably began
to dry out.

6.2.2 Mean Tension
6.2.2.1 Over Time. In general, wetness and tension are negatively correlated.
Because the soil was observed during drying, an increase in suction would be

Table 7.

LOCATION
A

Tension data adjacent to the transect

DEPTH
30
60
90
120
150

B

30
60
90
120
150

C

30
60
90
120

D

E

195
192
189
187

7
-5
3
9
0

NR
182
192
185
192

NR
199

NR
17
9
3

183
190
191

202
195

210

191
184
204

30
60
90

159
156
154

174

120
150

184
205

203
203

30
60
90

194
157

213
162
159
195

162
192
203
193
155
158
194
208

NR = NOT RECORDED

TIME 0 = immediately after irrigation stopped
TIME 3 = 1.17 days

201
188
193

150

30
60
90
120
150

CHANGE IN
TENSION

202
187
192
196
210

181
203

120
150

F

TENSION TENSION
TIME 3
TIME0

161
164

212
212
157
170
205
208

1
19
5
0
3
1
15
5
10
19
-2
19
5
-3
3
9
19
2
12
11
0
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expected over time. For all depths, the expected increase of mean tension clearly did
occur over time as shown in any column of Table 8a (basic statistics computed on the
tension data). Mean tension values range from 35.14 cm water (at depth 0.6 meters
and time 0.38 days) to 99.41 cm water (at depth 0.3 meters and time 44.25 days).
Over the 44 days, the mean tension values increased the most at the upper depths
and the least at the lower depths. Specifically, the mean changes are 62.8 (0.3-meter
depth) > 53.1 (0.6-meter depth) > 38.6 (0.9-meter depth) > 30.8 (1.2-meter depth)
> 21.4 (1.5-meter depth). Plots of the mean tension versus time for the five depths
are illustrated in Figure 24. The plotted lines for the upper depths are steeper,
showing a more rapid increase of mean tension over time. The plotted lines for the
lower depths (particularly for depth 1.5 meters) are less steep, and level off over time
(i.e. little change in mean tension over time). Therefore, at the sandy lower depth,
tension rapidly increases after ceasing of irrigation, but later remains nearly constant
over time. Water passes through this coarse-textured layer, which has high hydraulic
conductivity and low retention of water. This same result was reported by Nash
(1984) on the same soil in a flooded plot experiment.
6.2.2.2 Over Depth. Mean tension trends with depth are not clear, but depend
on the given time period. This is found by inspection of the rows in Table 8a and the
plot of mean soil water tension versus time for the five depths, Figure 24. At early
times, the mid to lower depths tend to have the highest tensions. At later times, the
upper to mid depths have the highest tensions. The following trend is found for the
five mean tension values (averaged over the ten times): 66.01 cm (1.2-meter depth)
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Table 8.

Basic statistics for soil water tension: (a) mean, (b) variance, and (c)
coefficient of variation

a. Mean i cm)
Time
Depth
(days)
0.3 m

Depth
0.6 m

Depth
0.9 m

Depth
1.2m

Depth
1.5 m

35.14
44.11
45.56
46.81
48.15
55.16
59.57
64.75
72.26
88.20
55.97

50.70
57.27
58.89
58.36
60.16
66.38
68.82
71.59
77.97
89.32
65.95

53.40
58.45
60.19
59.32
60.38
66.92
69.88
71.66
75.64
84.23
66.01

43.13
46.89
48.24
47.99
49.07
54.03
54.91
56.38
58.41
64.51
52.36

Depth
0.3 m

Depth
0.6 m

Depth
0.9 m

Depth
1.2 m

Depth
1.5 m

358
343
402
418
448
570
648
.776
788
965
572

1190
1170
1270
1220
1330
1500
1630
1710
1760
1650
1443

1420
1250
1260
1200
1330
1220
1250
1190
1240
1260
1262

253
184
159
165
132
128
97
82
72
105
138

126
106
75
70
98
89
83
94
55
63
86

c. Coefficient of variation (%)
Time
Depth
Depth
(days)
0.3 m
0.6 m

Depth
0.9 m

Depth
1.2 m

Depth
1.5 m

74.33
61.73
60.28
59.36
60.62
52.62
51.37
48.19
45.16
39.74
55.34

29.79
23.21
20.95
21.65
19.03
16.91
14.12
12.61
11.19
12.17
18.16

26.03
21.96
17.99
17.42
20.17
17.43
16.60
17.21
12.74
12.27
17.98

0.38
1.17
1.42
2.25
3.25
4.25
7.25
11.25
18.25
44.25
Mean:

36.64
51.73
52.11
54.44
57.92
66.58
70.56
75.53
81.99
99.41
64.69

b. Variance (cm )*

Time
(days)
0.38
1.17
1.42
2.25
3.25
4.25
7.25
11.25
18.25
44.25
Mean:

0.38
1.17
1.42
2.25
3.25
4.25
7.25
11.25
18.25
44.25
Mean:

51.64
35.80
38.48
37.56
36.54
35.86
36.08
36.88
34.24
31.25
37.43

98.17
77.55
78.22
74.62
75.74
70.21
67.77
63.86
58.06
46.05
71.03

231

e® 0.3
0.6
om b-Q 0.9
m- 1.2
0 1.5
0&€

20

M
M
M
M
M

30

TIME (Days)

Figure 24.

Mean soil water tension versus time for the five depths
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> 65.95 (0.9-meter depth) > 64.69 (0.3-meter depth) > 55.97 (0.6-meter depth) >
52.36 (1.5-meter depth).

6.2.3 Variation of Tension
6.2.3.1 Variances Over Time. As described earlier, most researchers have
found greater variation of soil water tension and water content as a soil dries. As
seen in Table 8b, an increase of tension variance over time is demonstrated for
depths 0.3 and 0.6 m; the lower depths suggest a relatively constant or possibly
decreasing trend. These trends are clarified in the plots of variance of tension versus
time for the five depths, shown in Figure 25. As evident in the graphs, the lower
three depths exhibit little change in variance over time.
6.2.3.2 Variances Over Depth. As seen in the plots of variance of tension over
time at the five depths, Figure 25 (also see Table 8b), the highest variance for any
given time is found at depth 0.6 meters > 0.9 meters > 0.3 meters > 1.2 meters >
1.5 meters. Depths 1.2 and 1.5 meters, which are uniformly sandy, have the lowest
variances. As evident in this plot, variances at the lower three depths remain
relatively constant over time. For depths 0.3 and 0.6 meters, there is a greater change
in variance as the soil dries. These depths are believed to have higher percentages
of silt and clay than the lower depths.
6.2.3.3 Mean Tension Versus Variance. A plot of the variance of tension
versus mean soil water tension for each of the five depths is displayed in Figure 26.
As explained earlier, most empirical studies and a stochastic analysis of the effects
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Variance of tension versus time for the five depths
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Variance of tension versus mean soil water tension at each of the five
depths
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of field

heterogeneity on unsaturated flow (Yeh et al., 1985 2,3) show greater

variation of soil water tension and wetness as a soil dries. This graph shows, that, as
the mean soil water tension increases, the variance of soil water tension generally
increases at depths 0.3 and 0.6 meters. This is consistent with Yeh's conclusion.
These two upper depths exhibit the steepest slopes (i.e. the greatest change of
variance with increased water content). Variances at the lower three depths remain
approximately constant or show slight decreasing trends. This is inconsistent with
Yeh's results.
6.2.3.4 Coefficients of Variation Over Time. As evident in any column of
Table 8c or in Figure 27 (a plot of coefficients of variation for tension over time at
the five depths), a generally decreasing trend of the tension coefficients of variation
over time is observed at each of the five depths. Plotted lines for the lower two
depths decrease and then level off at approximately 18 days. Thereafter, the variation
remains constant for these depths. Depth 0.6 meter has the steepest slope, and shows
the decrease of variation continuing even at 44 days of draining.
6.2.3.5 Coefficients of Variation Over Depth. At any given time period, the
highest coefficients of variation for tension are found for the middle 0.6- and 0.9meter depths (ranging from 31 to 98%), and the lowest coefficients are found for the
lower 1.2-meter and 1.5-meter depths (ranging from 11 to 30%). This is evident from
inspection of the rows of Table 8c. The mean coefficent of variation averaged over
the ten time periods shows the same trend.
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Coefficients of variation for tension versus time at the five depths
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Plots of coefficients of variation of tension over time for the five depths are
shown in Figure 27. The decreasing trend of the coefficient of variation for each
depth over time is apparent. The high coefficients of variation observed at the
earliest time periods may be due to nonuniform infiltration of water into the soil. At
later times, the water has had more chance to redistribute resulting in less variability
(Nash, 1984). As evident in this plot, the highest coefficients of variation for any
given time are found at depth 0.6 meters > 0.9 meters > 0.3 meters > 1.5 meters
> 1.2 meters. Plots for the lower two depths level off the most showing the least
change in variation over time. Again, the soil at this depth is uniformly sandy.
For the upper depths, tension tends to have higher coefficients of variation
than water content. For the lower sandy depths, water content exhibits the highest
coefficients of variation and tension exhibits the lowest coefficients of variation. This
is consistent with Nash's result in a flooded plot experiment at the same site (1984,
pp. 126-127). The soil moisture characteristic curve for a coarse-textured soil may
help to explain this relationship. In a sandy soil, most of the pores are relatively
large. The pores drain readily with very little change in suction. Therefore, there can
be a large change in water content with large coefficients of variation for water
content, associated with a small change in tension and small coefficients of variation
for tension.
6.2.3.6 Mean Tension Versus Coefficient of Variation.

A plot of the

coefficient of variation for tension versus the mean soil water tension is displayed in
Figure 28. The plotted lines show clear relationships for each depth. As mean soil
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Coefficient of variation for tension versus mean soil water tension
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water tension increases, the coefficient of variation decreases (i.e. less variation in
a dry soil). One explanation for this is that tension differences become smaller over
time as water redistributes in the soil due to gradients. Furthermore, as the mean
tension increases, there is more of a tendency towards uniformity because a low
tension zone cannot be maintained given the high nearby tensions. It is possible that
the irrigation was not completely uniform across the transect, causing early high
coefficients of variation. Nonuniform infiltration is another explanation. The steepest
slopes are found at depths 0.6 and 0.9 meters. Depth 0.3 meter has the least steep
slope (i.e. as water content increases, the variation is least affected).

6.2.4 Tension Frequency Distributions
Shapes of histograms constructed on the raw data varied with time and depth.
Both right and left skewness was present. Histograms are skewed right for the 0.3meter and 0.6-meter depth, skewed left or possibly bimodal for the 0.9-meter depth,
approximately normal for the 1.2-meter depth, and skewed left for the 1.5-meter
depth.

6.2.5 Semivariograms of Tension
Models were fitted to the 50 experimental semivariograms of soil water
tension. Examples of soil water tension semivariograms for the five depths at selected
times (times 0.38, 2.25, 7.25, and 44.25 days) are illustrated in Figure 29. The
semivariograms which are shown are constructed with an assumed class interval of
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2.0. In most cases, semivariograms for each depth generally retain the same shape
over the time periods (exceptions include depth 0.3 meter for the early versus late
times and depth 1.5 meter for late times). Spatial structure is apparent in most cases.
A possible pure nugget effect is seen at depth 1.5 meter, but validation shows
spherical or exponential model fits to be more appropriate. Peaks and trough are
also evident in many plots, but these were not significant, and common models were
fitted to the data (i.e. there was no need for a hole effect to be accounted for as
discussed in Section 6.4.5, interpretation of texture semivariograms). Some plots show
evidence of drift, so semivariograms were constructed on the residuals after drift was
removed, and universal kriging was used for validation. Validation results determined
whether drift effects should be ignored. Table 9 provides validation information for
the five depths including type of model used, parameters determined from the best-fit
models, and selected validation criteria.
6.2.5.1 Ranges of Correlation. Ranges of dependence for tension vary from
6 meters (at the lower two depths) to 34 meters (at depth 0.6 meters). No definitive
trends are observed in the tension ranges of correlation over time for most depths.
A somewhat vague decrease of the range is found at depths 1.2 meters. Nash (1984,
p. 66) reported range values for tension at the same plot of 15 to 18 meters for one
day after flood irrigation, and 13 to 27 meters for 44 days. A comparison of ranges
for water content versus tension semivariograms do not show clear correlation
although some of the ranges are close.
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Table 9a-c.

Parameters determined from best-fit validated models for tension at
depths: 0.3 meters, 0.6 meters, and 0.9 meters

' DEPTH 0.3 METERS
Nugget
Sill
Range z vs. z* KAE
Time
KRMSE
(m)
(days) (cm water) (cm water)
0.79 -0.0243
358
11
0.38
30
11.4986
40
10
0.86 -0.0771
1.17
360
9.2553
40
il
0.88 -0.0315
402
9.5767
1.42
85
418
10
0.83 -0.0493
2.25
11.3387
0.86 -0.0722
80
448
12
10.8301
3.25
0.90
595
0.0718
4.25
40
15
10.2994
yo
16
0.90
7.25
648
0.0065
10.7748
776
20
0.93 -0.0353
11.25
50
10.0318
18.25
90
755
20
0.92
0.0162
11.1138
0.90 -0.0054
12.9351
44.25
150
1000
22
+ = a nested spherical model was used. The second sill was 0.000508.
The second range was 24 m.
DEPTH 0.6 METERS
Nugget
Time
Sill
(cm2)
(cm5)
(days)
0
1190
0.38
1770
1.17
0
1780
1.42
0
0
1880
2.25
1950
3.25
25
4.25
60
2300
50
2460
7.25
11.25
130
2540
50
2570
18.25
44.25
2410
130
iDEPTH 0.9 METERS
Nugget
Sill
Time
(cm2)
(days) (cm2)
0.38
100
975
1.17
150
2440
90
1.42
2500
2000
2.25
80
3.25
100
2000
75
4.25
2300
75
2300
7.25
11.25
50
2300
18.25
110
2400
44.25
100
2400

Range z vs. z* KAE
(m)
0.98 -0.0057
32
32
0.96 -0.1322
0.97 -0.0828
32
30
0.96 -0.0554
30
0.96 -0.0782
28
0.95 -0.2020
22
0.95 -0.1778
31
0.96 -0.0750
34
0.95 -0.0378
32
0.95 -0.0069

KRMSE

Range z vs. z*
(m)
16
0.96
•
24
0.95
28
0.95
25
0.94
0.95
24
24
0.95
0.95
27
0.95
28
27
0.95
0.91
27

KRMSE

KAE
0.0544
0.0692
0.0444
0.0252
0.0316
0.0231
0.0088
0.0226
0.0361
0.0275

+ «a nested sphericalmodel was used. The second sill was 0.00821.
The second range was 25 m.
7 vs. z" = correlation between observed and kriged values
KAE = krifled average error
KRMSE = kriged root mean square error
KRRMSE = kriged reduced root mean square error

7.3406
9.0385
8.9664
9.1714
10.5627
11.7956
11.9576
11.9736
12.4523
12.4491

10.1944
11.0306
10.6301
11.4925
10.9265
10.9023
10.7603
10.9617
11.4729
14.3311

KRRMSE Drift
1.2294
0.9039
0.9328
0.8846
0.8740
0.9732
0.8197
0.9006
0.8484
0.7917

0
0
0
0
0
0
0
0
1
1

KRRMSE Drift
0.9813
0.9709
0.9726
0.9418
0.9086
0.8002
0.7663
0.6971
1.0373
0.7963

0
0
0
0
0
0
0
0
0
0

KRRMSE Drift
0.6834
0.5899
0.6641
0.7620
0.6807
0.6942
0.7073
0.7894
0.6857
0.8767

2
0
0
0
0
0
0
0
0
0
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Table 9d-e.

Parameters determined from best-fit validated models for tension at
depths: 1.2 meters and 1.5 meters

DEPTH 1.2 METERS
Nugget
Range z vs. z*
Sill
Time
(ra)
(days) cm water cm water
65
0.78
0.38
308
21
72
170
14
0.73
1.17
65
138
15
0.71
1.42
65
80
6
0.71
2.25
53
15
0.73
3.25
112 j
67
4.25
125
15
0.62
30
79
12
7.25
0.82
0.79
26
61
7
11.25
22
59
12
0.78
18.25
44.25
62
117
6
0.45
DEPTH 1.5 METERS
z vs. z*
Time
Nugget
Sill
Range
(m)
(days)
(cm?)
(Clrf)
50
155
32
0.38
0.70
65
106
24
1.17
0.52
55
1.42
45
6
0.59
25
68
12
0.69
2.25
3.25
60
80
12
0.52
40
90
12
4.25
0.66
40
70
20
7.25
0.65
50
90
24
0.54
11.25
48
18.25
34
18
0.60
63
6
0.42
44.25
41
z vs. z* = correlation between observed and kriged values
KAE = kriged average error
KRMSE = kriged root mean square error
KRRMSE - kriged reduced root mean square error

KAE
0.0191
0.0368
0.0610
-0.0096n
-0.0217
-0.0611
-0.0342
0.0113
0.0265
-0.0113

KAE
-0.0108
0.0144
-0.0115
-0.0037
0.0082
-0.0089
-0.0214
0.0419
0.0063
0.0011

KRMSE
9.8243
9.2670
8.9202
9.0314
7.8559
8.8241
5.6342
5.5708
5.3251
9.2065

KRMSE
8.0220
8.7725
6.9918
6.0741
8.4314
7.0916
6.9324
8.2323
5.9708
7.2470

KRRMSE Drift
0.9856
0.9307
0.9521
1.0053
0.9392
0.9562
0.8500
0.8693
0.9371
0.9566

0
1
1
1
1
1
1
1
1

KRRMSE Drift
1.0009
1.0127
0.9410
1.0042
0.9974
0.9542
0.9874
1.0473
0.9453
0.9694

0
0
1
0
1
0
1
1
1
0

Table 9f.

Parameters determined from best-fit validated models for tension:
summary of all depths

b. Soil water tension (cm)
Depth (m)

Model type

Drift

0.3

Spherical

0or1

2 VS. Z*
.79-.93

0.6

Spherical or
exponential

0

.95-.98

22-34

0.9

Spherical

0

.91-.96

16-28

1.2

Spherical

Oor 1

.45-.62

6-21

1.5

Spherical or
exponential

Oor 1

.42-.70

6-32

Range(m)
10-22
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6.2.5.2 Nugget Values. The nugget values of the tension semivariograms
reveal no clear trends over time except a possible increase for depths 0.3 and 0.6
meters. Generally, trends with depth are not clear. However, nugget values do
decrease with depth, for example, at time 44.25 days, implying more variability at the
lower depths. Nuggets tend to be similar for the two lower depths.
6.2.5.3 Sill Values. There is a general increase of the sill over time at depths
0.3 and 0.6 meters. As with the tension variance values, higher sill values are found
for depths 0.6 and 0.9 meters, and lower sill values are found for depths 1.2 and 1.5
meters.
6.2.5.4 Success of Model Fitting. For most of the 50 tension semivariograms,
the spherical or exponential model gives adequate validation results. Selected
validation results for soil water tension may be found in Table 9. The least successful
model fits are at the lower two depths. Log transformation was attempted on selected
semivariogram data sets (for example, for the time 2 and depth 30 data) before
fitting of the theoretical model. However, no significant improvement in the
goodness-of-fit resulted.

6.2.6 Soil Water Characteristic Curves
Soil water characteristic curves for selected locations (1,30,48,60,91) are
presented in Figure 30. As expected, plotted points for the two upper depths tend to
be clustered together (with higher water contents), and plotted points for the two
lower depths tend to be clustered together (with lower water contents). The relative
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positions of the plotted lines are consistent with the known texture of the soil profile
which becomes coarser with depth. A typical characteristic curve for a sand versus
clay is illustrated in Figure 3. The plotted points for the upper depths tend to have
steeper slopes than the lower depths. The steeper lines found at the upper depths
mean that it takes a greater increase in suction to lower the water content, which is
true for a finer-textured

soil with small pores. A soil with higher clay content

generally has a more gradual decrease in water content as suction is increased
(because it has a more uniform pore-size distribution and has more water adsorbed
so the water is retained longer). The flatter lines at the lower depths mean that it
takes a smaller increase in suction to lower the water content. This is true for a
sandier soil emptying its larger pores of water (see the flat part of the sand curve in
Figure 3). After the sandier soil rapidly empties its large pores, it only has a small
amount of water remaining. Location 91 has consistently showed unexpected data
throughout the experiment. This is likely due to measurement error and edge effects,
(because it is the last sampling point on the transect). However, location 1 at the
other end of the transect, showed more expected results.

6.3 Hydraulic Conductivity Parameters: Saturated Hydraulic Conductivity
and Pore-Size Distribution Parameter
Results of analysis on the derived Ks* and a data sets will be described in this
section. As described in the Materials and Methods chapter, saturated hydraulic
conductivity (abbreviated Ks*) and pore-size distribution (termeda) parameters were
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derived from a regression of natural log of unsaturated hydraulic conductivity on
tension using the exponential unsaturated hydraulic conductivity model. Recall that
Ks* is the y-intercept in this model and, theoretically, represents actual saturated
hydraulic conductivity values in the field. Practically, derived Ks* values may
correspond to actual saturated hydraulic conductivity values in some soil types, a is
the proportionality constant, or slope term, and is affected by soil texture, packing,
compaction, etc; a large value of a generally corresponds to larger pore sizes. These
parameters are assumed to be characteristics of the soil which are constant over time.
For more background on the derivation of the Ks* and a values, and explanation of
the a parameter, please refer to Section 4.4.2.1. As described in the following
sections, the derived Ks* values were found to have excessively large means,
variances, and coefficients of variation at each depth. Therefore, determined results
may be invalid. However, trends which are found may still have some validity. This
depends on the types of errors which caused the unreasonable results, which is
addressed in Chapter 7, Discussion of Errors.

6.3.1 Data Plots Along the Transect and With Depth
Figure 31 shows plots of the derived natural log of saturated hydraulic
conductivity values along the transect for the five depths. Logs were plotted due to
the extreme variability of Ks* values. There are clearly some plotted data points
which are extreme outliers from the general set of In Ks* values, even though water
content and tension outliers had been adjusted in the original data sets. At the 0.3-
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Natural log of saturated hydraulic conductivity parameter versus
sampling location for the five depths
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meter depth, higher Ks* values are expected mid-transect where the sand content is
higher. This is not evident from Figure 31. At the 0.6-meter depth, lower Ks* values
are expected mid-transect where the sand content tends to be lower. This is, indeed,
found in the 0.6-meter plot in Figure 31. Specific texture data are not available for
the lower three depths. The plot for depth 0.9 meters is similar to the one at depth
0.6 meters, so it may also have higher sand mid-transect (these depths have similar
tension plots across the transect with lower tension values mid-transect). Depths 1.2
and 1.5 meters are believed to consist of medium to fine sands. The higher numbered
locations show greater derived Ks* values (At depth 1.2 meters, these locations are
associated with slightly lower water contents and higher tensions. At depth 1.5
meters, they are associated with slightly higher water contents and tensions). The
higher Ks* values may be related to coarser texture in that region.
Figure 32 shows plots of natural log of Ks* over depth for selected sampling
location numbers (30 and 50). Due to the extreme variability across the transect, no
location is truly representative of the changes with depth. However, the selected
locations do show higher Ks* values for the lower sandy depths. A contour plot of
natural log of saturated hydraulic conductivity is presented in Figure 33. The highest
Ks* values are found at the lower depths at the ends of the transect, particularly at
high-numbered locations. This may allow water to drain from these areas more
readily. The general increase of Ks* with depth is consistent with the change to
coarser texture with depth. In that this is a contour plot of natural logarithms, close
spacing of the contour lines does not necessarily indicate high gradient areas. Note
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that the contour program tends to smooth contours and delete extreme values.
These large changes in Ks* may correspond to a change in texture (i.e. from silty
loam to sand).
Figure 34 shows plots of the derived a values along the transect for the five
depths. A few extreme outliers are found at the lower two depths. At the 0.3- meter
depth, higher a values (theoretically associated with larger pores) are found for highnumbered locations, and correspond to higher Ks* values but not to higher sand
content. For the 0.6- and 0.9-meter depths, higher a values do not appear to be
related to higher Ks* values. For the lower two depths, a values tend to be higher
for high-numbered locations, as do the Ks* values.
Figure 35 displays plots of a over depth for selected location numbers (30 and
60). For these locations, the expected increase of a with depth (corresponding to
coarser texture with depth) is not evident.
A contour plot of a is illustrated in Figure 36. The highest a values are found
at the lower depths on the ends of the transect, particularly at high-numbered
locations. These are the same areas where the highest Ks* values are found. The
general increase of a with depth is consistent with the change to coarser texture with
depth.

6.3.2 Mean Values of Ks* and a With Depth
Please refer to Table 10 for a summary of basic statistics computed on Ks*,
a, and natural log of Ks*. The mean of the derived Ks* values for each depth range
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Table 10.

Basic statistics for saturated hydraulic conductivity and pore-size
distribution parameter derived using the final data set
KSAT

ALPHA

LNKSAT

DEPTH 0.3 METERS
MEAN
MINIMUM
MAXIMUM
ST. DEV.
VARIANCE
COEFF. VAR.

1.44E+05
1.40E-05
1.24E+07
1.29E+06
1.70E+12
8.98E+02

0.095
-0.200
0.397
0.068
0.005
71.8

2.29
-11.12
16.33
3.45
11.88
150.2

8.15E+04
7.63E-02
6.09E+06
6.46E+05
4.20E+11
7.93E+02

0.087
0.027
0.204
0.040
0.002
45.7

1.66
-2.57
15.62
3.58
12.84
215.8

7.80E+13
1.67E-01
7.10E+I5
7.40E+14
5.50E+29
9.49E+02

0.127
0.016
0.366
0.063
0.0M
49.5

5.87
-1.79
36.50
6.44
41.52
109.9

1.20E+17
1.49E+00
I.10E+19
1.10E+18
1.30E+36
9.49E+02

0.146
0.049
0.531
0.071
0.005
48.7

8.35
0.40
43.84
5.92
35.07
70.9

3.20E+I7
2.33E-04
2.90E+19
3.00E+18
9.00E+36
9.47E+02

0.195
0.022
0.758
0.133
0.018
68.5

9.1!
-8.36
44.81
8.20
67.29
90.0

DEPTH 0.6 METERS
MEAN
MINIMUM
MAXIMUM
ST. DEV.
VARIANCE
COEFF. VAR.

DEPTH 0.9 METERS
MEAN
MINIMUM
MAXIMUM
ST. DEV.
VARIANCE
COEFF. VAR.

DEPTH 1.2 METERS
MEAN
MINIMUM
MAXIMUM
ST. DEV.
VARIANCE
COEFF. VAR.

DEPTH 1.5 METERS
MEAN
MINIMUM
MAXIMUM
ST. DEV.
VARIANCE
COEFF. VAR.

KSAT = Saturated hydraulic conductivity parameter (cm/day)
ALPHA = Pore-size distribution parameter (1/cm)
LNKSAT = Natural log of KSAT
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from 8.15E+04 cm/day to 3.2E+17 cm/day. Of all the derived Ks* values, 32% are
greater than 1500 cm/day. Typical Ks* values are 0.1 cm/day for a clay, 10 cm/day
for a fine loam soil and 100 cm/day for a coarse sandy soil (Hillel, p. 179). Thus, the
derived Ks* values are extremely overestimated. Although local heterogeneities may
account for some large saturated hydraulic conductivities, the derived Ks* values are
clearly orders of magnitude larger than would be reasonable. If the Ks* values are
systematically overestimated, trends in the data over depth may still have some
meaning. As seen in Table 10, the highest mean Ks* value is found at depth 1.5
meters (3.2E+17 cm/day) > 1.2 meters (1.2E+17) > 0.9-meter depth (7.8E+13) >
0.3 meters (1.4E+05) > 0.6 meters (8.2E+04). Hence, higher Ks* values are found
for the lower sandy depths.
Mean a values range from 0.087 to 0.195 1/cm. As discussed in Section
4.4.2.1, these are reasonable values for a. By inspection of Table 10, the highest
mean a value is found at depth 1.5 meters (0.195 1/cm) > 1.2 meters (0.146) > 0.9
meters (0.127) > 0.3 meters (0.0951) > 0.6 meters (0.0871). Thus, mean a values
also tend to increase with depth. This is consistent with the expectation that higher
a values correspond to coarser texture.

6.3.3 Variation of Ks* and a With Depth
6.3.3.1 Ranpe of Values. Minimum and maximum values of Ks*, a, and
natural log of Ks* are presented in Table 10. The range of values for natural log of
Ks* at the five depths is highest at the 1.5-meter depth (53.17 cm/day) > 1.2-meter
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depth (43.44) > 0.9-meter depth (38.29) > 0.3-meter depth (27.45) > 0.6-meter
depth (18.19). Based on the ranges of values, the lower sandy depths show more
variability of saturated hydraulic conductivity.
The range of values for a is highest at the 1.5-meter depth (0.736 1/cm) >
0.3-meter depth (0.597) > 1.2-meter depth (0.482) > 0.9-meter depth (0.350) > 0.6meter depth (0.177). Therefore, the highest ranges of values are found at the
lowermost and uppermost depths. If not for the result at the 0.3-meter depth, the
range of values would increase with depth (i.e. more variability with depth).
6.3.3.2 Variances. As seen in Table 10, variances of Ks* range from 4.2E+11
to 9.0E+36 [cm/day]2. The highest variance for Ks* is at the 1.5-meter depth
(9.0E+36 [cm/day]2) > 1.2-meter depth (1.3E+36) > 0.9-meter depth (5.5E+29) >
0.3-meter depth (1.7E+12) > 0.6-meter depth (4.2E+11). Therefore, the lower sandy
depths have higher variances of Ks*.
Variances calculated on a values range from 0.0016 to 0.018 1/cm2. The
highest variance for a is found at the 1.5-meter depth (0.018 1/cm2) > 1.2-meter
depth (0.0050) > 0.3-meter depth (0.0047) > 0.9-meter depth (0.0040) > 0.6-meter
depth (0.0016). Hence, variances of a values are highest at the lowest two depths.
6.3.3.3 Coefficients of Variation. As seen in Table 10, all depths have
exceedingly large coefficients of variation for Ks* ranging from 793% to 949%. The
highest coefficient of variation for Ks* is found at the 0.9 and 1.2-meter depths
(949%) > 1.5-meter depth (947) > 0.3-meter depth (898%) > 0.6-meter depth
(793%). Although all coefficients of variation are extremely high, the values are
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somewhat lower at the two upper depths. Again, more variability is found at the
lower sandy depths.
Coefficients of variation for a range from 46% to 72%. The highest coefficient
of variation for a is found at the 0.3-meter depth (71.79%) > 1.5- meter depth
(68.49%) > 0.9-meter depth (49.48%) > 1.2-meter depth (48.70%) > 0.6-meter
depth (45.73%). The coefficients of variation for a do not show a clear trend with
depth.

6.3.4 Ks* and a Frequency Distributions
Histograms constructed on raw natural log of Ks* data showed right skewness
for all depths. Histograms constructed on raw a data showed normal or skewed right
distributions.

6.3.5 Semivariograms of Ks* and a
Although derived Ks* and a values are not considered realistic, semivario
grams were still constructed on Ks* and a. When there was evidence of drift in the
raw data, semivariograms were constructed on the residuals after removing drift, and
universal kriging was used for validation. Parameters determined from the best-fit
semivariogram models for the Ks* and a data sets are presented in Table 11.
6.3.5.1 Ranges of Correlation. As seen in Table 11, ranges of dependence
determined for natural log of Ks* at the five depths vary from 5 meters to 35 meters.
The range values are greatest at depth 0.9 meters > depth 0.6 meters > depth 1.2
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Table 11.

A

Parameters determined from best-fit semivariogram models for (a)
natural log of saturated hydraulic conductivity and (b) pore-size
distribution parameter

Parameters deteroained from best-fit spherical models for natural
log of saturated h ydraulic conductivity at the five depths
Depth
Model
Nugget
Sill
Range
z vs. z*
KAE
KRMSE KRRMSE Drift
(meters)
(cm/day)? (cm/day)?
(m)
0.3
S
8.8
0.34
0.0133
3.264
0.9412
12.8
5
1
0.6
S
3.0
13.0
0.85
0.0104
1.890
0.8649
16
1
0.9
S
19.5
65.0
0.72 -0.0102
4.498
0.8955
35
1
1.2
S
23.4
28.5
7
0.49
0.0024
5.216
0.9801
1
1.5
40.0
60.0
0.48
0.0421
7.276
0.9649
S
5
0

Parameters determined from best-fit spherical
or Gaussian models for alpha at the five depths
Depth
Model
(meters)
0.3
S
s
0.6
0.9
G
1.2
G
1.5
S

Nugget
(1/cm?
0.0031
0.0008
0.0025
0.0040
0.0100

Sill
O/cntf
0.00501
0.00171
0.00500
0.00520
0.02060

Range
(m)
6
10
8
11
5

z vs. z*
0.45
0.63
0.62
0.36
0.47

S = Spherical model fit best
G = Gaussian model fit best
z vs. z* = correlation between observed and kriged values
KAE = kriged average error
KRMSE = kriged root mean square error
KRRMSE = kriged reduced root mean square error

KAE
0.0001
0.0000
-0.0002
0.0000
0.0006

KRMSE KRRMSE Drift
0.0614
0.0310
0.0495
0.0674
0.1194

0.9341
0.9226
0.9232
1.0112
0.9322

1
1
1
1
0

264

meters > depth 1.5 meters = depth 0.3 meters. Thus, the uppermost and lowermost
depths have the smallest range of dependence (i.e. most variability), whereas the
middle depths have larger ranges. If not for the low range value at the 0.3-meter
depth, the greater variability found at the lower two depths would be consistent with
results using other measures of variation. As discussed in Section 6.3.3, examination
of range of values, variances, and coefficients of variation showed more variability
at the lower depths.
As seen in Table 11, ranges of dependence determined for a at the five depths
do not vary much, ranging from 5 meters to 11 meters. The values are greatest at
depth 1.2 meters > depth 0.6 meters > depth 0.9 meters > depth 0.3 meters >
depth 1.5 meters. Again, the lowest ranges of dependence (i.e. highest variability) are
found at the uppermost and lowermost depths. Examination of range of values,
variances and coefficients of variation discussed in Section 4.4.2.1 also showed the
uppermost and lowermost depths to be depths of high variability (and showed the
lower depths to be more variable than the upper depths.)
6.3.5.2 Nugget Values. As seen in Table 11, nugget values determined for
natural log of Ks* at the five depths vary from 3.0 to 40.0 [cm/day]2. The highest
values are found at depth 1.5 meters > depth 1.2 meters > depth 0.9 meters > depth
0.3 meters > depth 0.6 meters. The lower depths tend to have higher nuggets,
implying that there is more variance of Ks* values in the coarser soil at depth (i.e.
even close samples have relatively high semivariance).
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As seen in Table 11, nugget values determined for a at the five depths vary
from 0.0008 to 0.01 1/cm2. The highest values are found at: depth 1.5 meters >
depth 1.2 meters > depth 0.3 meters > 0.0025 depth 0.9 meters > depth 0.6 meters.
The lower depths tend to have the highest nugget values, implying that the coarser
texture at depth is related to more variability of a values. The nugget for the 0.3meter depth is also high, consistent with past results of high variability at this depth.
6.3.5.3 Sill Values. As seen in Table 11, sill values determined for natural log
of Ks* vary from 12.8 to 65.0 [cm/day]2. The highest sill values are found at: depth
0.9 meters > depth 1.5 meters > depth 1.2 meters > depth 0.6 meters > depth 0.3
meters. Therefore, the upper depths have the lowest sill values (i.e. less semivariance for large lag distances), and the lower depths have higher sill values.
As seen in Table 11, sill values determined for a vary from 0.0017 to 0.021
1/cm2. The highest sill values are found at: depth 1.5 meters > depth 1.2 meters >
depth 0.3 meters > depth 0.9 meters > depth 0.6 meters. Hence, the lower coarsetextured depths have the highest sill values (i.e. highest semivariance for large lag
distances).
6.3.5.4 Success of Model Fitting. Best-fit semivariogram models for natural
log of Ks* have rather poor cross-validation results. Table 11 includes results from
four of the validation criteria: z vs. z*, KAE, KRMSE, and KRRMSE (other criteria
were also used as described in Section 2.6.1 in the Materials and Methods Chapter).
The poor model fit is shown, for example, by relatively low values of z vs. z*, the
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correlation between actual versus kriged data (z vs. z*) from hole-by-hole suppres
sion.
Poor cross-validation results were also found for a semivariogram fits as given
in Table 11.

6.3.6 Natural Log of Ks* Versus a Relationship
Plots of natural log of Ks* versus a for the five depths are plotted in Figure
37. Clear linear relationships are evident between the pore-size distribution
parameter (a) and the natural log of saturated hydraulic conductivity. Interestingly,
the lower sandy depths, 1.2 and 1.5 meters, are found to have a clear single
relationship. The correlation coefficients for these lines are 0.97 for depth 1.2
meters, and 0.96 for depth 1.5 meters. Depths 0.6 and 0.9 meters (and to a lesser
degree, depth 0.3 meters) display two distinct plotted lines.
For these depths, it is interesting to determine which sampling locations are
associated with which of the two plotted lines. For example, data from depth 0.6
meter locations 27 to 74 (i.e. associated with higher water content and lower tension
values) fall on the upper line, and locations 1 to 26 and 75 to 81 fall on the lower
line. (The rest of the high-numbered locations fall in the area where the two lines
merge.) In general, the data points which fall on the upper (nearly vertical) line are
higher in silt and clay and lower in sand content and have lower Ks* values. The data
which fall on the lower line correspond to higher sand content. These locations with
higher sand content are generally seen to have higher saturated hydraulic conductivi-
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ties. Using the general range of locations associated with each line, the approximate
correlation coefficients are 0.72 for the upper line and 0.97 for the lower line. (These
values would be higher if the specific locations were chosen for each regression.)
At depth 0.3 meters, two lines are less distinct. If there are two distributions,
data which fall clearly on the upper line are from locations numbered in the 50s to
70s. These generally correspond to higher water contents, lower tension values and
higher silt content (relative to other locations on the transect). Approximate
correlation coefficients are 0.96 for the upper line, and 0.84 for the lower line.
At depth 0.9 meters, the data points which fall on the upper line are from
sampling locations which have higher water contents and lower tension values.
Conversely, those which fall on the lower line are associated with lower water
contents and higher tensions. Texture data were not available at this depth. Using the
approximate range of locations associated with each line, the correlation coefficient
for the upper line is 0.97, and 0.97 for the lower line.
From this experiment, a and natural log of saturated hydraulic conductivity
are found to be highly correlated. If it is found to be true in other soils, this highly
linear relationship between natural log of Ks* and a may have important applications
for unsaturated flow problems. It would allow a to be estimated based only on a
measurement of saturated hydraulic conductivity. Then, unsaturated hydraulic
conductivity could easily be estimated. However, Yeh (1982) found little correlation
between natural log of Ks* and a when he analyzed Mualem's (1976) data sets,
which were collected from diverse soils types.
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6.4 Soil Texture
This section describes analysis of the soil texture data. Percent sand, silt, and
clay measurements were available for the 0.3-meter depth at all 91 sampling
locations. Texture data were also available for the 0.6-meter depth at 13 sampling
locations.

6.4.1 Data Plots Along the Transect
Plots of percent sand, silt and clay along the 0.3-meter depth transect are
shown in Figure 38. Percent sand ranges from 22 to 69%, percent silt from 16 to
54%, and percent clay from 8 to 33%. At low-numbered locations 1 to about 30, silt
is dominant with lower percentages of sand and clay. At mid-transect locations,
percent sand generally makes the highest contribution to texture with moderate
percentages of silt and lower percentages of clay. At high-numbered transect
locations 53 to 80, sand and silt account for approximately the same magnitude of the
texture with a lower percentage of clay. For locations past 80, the soil predominately
consists of sand with lower silt and even lower clay percentages.
Plots of percent sand, silt, and clay for the 0.6-meter depth are illustrated in
Figure 39. There is a good deal of point-to-point variability, which may be partially
due to having only a limited number of samples. Even so, the range of values for
percent sand, silt, and clay is greater for the 0.6-meter depth than for the 0.3-meter
depth as seen in Table 12. The soil at this depth is sandier at low location numbers
through 27, and at high location numbers above 85 (there is also higher sand content
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Table 12.

Basic statistics for percent sand, silt, and clay at depths: (a) 0.3 and
(b) 0.6 meters

B

DEPTH 0.3 M
MEAN
M1N
MAX
RANGE
STD
VAR
CV

SAND
38.82
22.41
68.87
46.46
9.60
92.22
0.25

SILT
40.95
15.56
53.75
38.19
6.69
44.74
0.16

CLAY
20.24
8.26
32.98
24.72
5.66
32.03
0.28

DEPTH 0.6 M
MEAN
M1N
MAX
RANGE
STD
VAR
CV

SAND
35.83
0.35
79.23
78.88
27.92
779.25
0.78

SILT
44.71
16.10
80.53
64.43
18.68
349.12
0.42

CLAY
19.47
4.67
47.10
42.43
12.95
167.73
0.67
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at location 60). For the middle of the transect, percent silt tends to be the highest
contributor to texture. Along the whole transect, silt content is higher than clay
content.

6.4.2 Mean Values
Basic statistics computed on the texture data at the 0.3- and 0.6-meter depths
are presented in Table 12. At the 0.3-meter depth, the mean silt percentage is 41%.
Mean sand percentage is lower at 39% due to more variability along the transect,
and mean clay percentage is 20%.
At the 0.6-meter depth, mean sand percentage is 36%, mean silt percentage
is 45% and mean clay percentage is 19%. Actual texture data were not available for
lower depths at the experimental site, but past studies have reported the lower depths
to consist of medium to fine sands (Van de Pol et al., 1977; Hendrickx et al., 1986)
and texture analysis at a nearby site showed greater than 95% sand below depth 0.75
meter (Kies, 1981).

6.4.3 Variation
As seen in Table 12, variances and coefficients of variation calculated on the
texture data are much higher for the 0.6-meter depth (based on the limited data set)
than for the 0.3-meter depth.
At both the 0.3- and 0.6-meter depths, the highest range of values is found for
percent sand > percent silt > percent clay.
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For both of these depths, the highest variance is found for percent sand >
percent silt > percent clay. Based on these classical statistical measures, percent clay
exhibits the smallest variability.
At the 0.3-meter depth, the highest coefficient of variation is found for percent
clay > percent sand > percent silt. At the 0.6-meter depth, the highest coefficient
of variation is found for percent sand > percent clay > percent silt. Based on the
coefficient of variation, silt exhibits the smallest variability.

6.4.4 Texture Frequency Distributions
Histograms constructed on the raw texture data at the 0.3-meter depth showed
some right skewness for sand, left skewness for silt and no evident skewness for clay.

6.4.5 Texture Semivariograms
Semivariograms were made for the three soil components of texture at the 0.3meter depth. Semivariograms constructed on the raw data for percent sand, silt and
clay are illustrated in Figure 40. When there was evidence of drift in the raw data,
semivariograms were constructed on the residuals, and universal kriging was used for
validation. Based on validation tests (as described in Section 2.6.1), the best-fit
models for texture at the 0.3-meter depth are given in Table 13. The exponential
model provides the best fit for all three texture components (of the available model
choices in STATPAC: spherical, exponential, linear, Gaussian, or cubic models).
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Table 13.

Parameters determined from best-fit semivariogram models for texture
at the 0.3-meter depth

Texture (%)

Model type

Drift

z vs. z*

Range(m)

Sand

Exponential

1

0.77

20

Silt

Exponential

0 •

0.54

8

Clay

Exponential

1

0.58

24

Ill

Interestingly, the sand and silt variograms show negative correlation as the lag
distance increases from about 18 or 20 to 45 meters. These graphs resemble
uncommonly used "hole-effect" models with existence of pseudo-periodic behavior
(Journel and Huijbregts, 1978) (which is described in Section 3.7.1.5 of the
Geostatistics Appendix). In fact, some of the tension (and a few wetness) semivariograms exhibit this same shape. The negative correlations as seen in the plots are due
to the presence of "rich" zones surrounded by "poor" zones, or alternatively, may just
be mere sampling fluctuations (Delhomme, 1978). Because STATPAC does not
incorporate this hole-effect model, no validation tests were performed. However, if
a hole-effect model is assumed, the lag length corresponding to the peak of the
semivariogram represents the mean length of the sand or silt-rich layer (at) and the
lag corresponding to the trough is the mean distance between these rich layers fa)
(Journel and Huijbregts, 1978).
Because a visual inspection of the sand and silt semivariograms for the 0.3meter depth show the same approximate number of lag distances to the peak and
trough, the two ranges for both graphs are a1 = 23 meters and

= 45 meters. The

hole-effect in the clay semivariogram is less pronounced but does have similar peaks
and troughs; aj is found to be 33 meters and

is 47 meters. Using this hole-effect

model to determine the range values (from a visual inspection of the experimental
semivariogram with no validation) confirms what we know to be true from the
observed texture data at the 0.3-meter depth. The distance between silt-rich layers
of 45 meters and between clay-rich layers of 47 meters is consistent with the stretch
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of mid-range locations having lower percentages of clay and higher percentages of
sand (Figure 38) associated with higher water content values (Figure 8) and lower
tension values (Figure 18). The periodicity in the tension semivariograms may be due
to differences in texture along the transect (i.e. rich in sand mid-plot, rich in silt on
the ends, etc.).
The interpreted spatial structure of rich zones surrounded by poor zones, and
the variation from sand-rich lengths to silt-rich lengths is also consistent with the
Typic Torrifluvent soil classification. Because this is a fluvial deposit, lateral variation
between silt-rich and sand-rich layers would be common, as in the variation between
overbank deposits and point bars.
Shapes of the texture variograms and the poor validation results using the
common models available in STATPAC (i.e. the exponential model fit best) suggests
the need for more models, like the hole effect model, to be incorporated in
geostatistics software packages like STATPAC and BLUEPACK. Journel and
Froidevaux discuss that hole effect models tend to be ignored and a spherical [or
exponential] model is usually fit through the peaks and holes of the experimental
semivariogram. However, in some cases, the hole effect is the reflection of a clear
structural feature which must be accounted for if precise local estimation is required.
They state that it is of great importance to enrich the family of models used. (Journel
and Froidevaux, 1982).
6.4.5.1 Ranees of Correlation. Nuggets, and Sills. Based on the best-fit models
of the available choices in STATPAC, the highest range of dependence is found for
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percent clay (24 meters) > sand (20 meters) > silt (8 meters) as shown in Table 13.
Based on this measure, silt shows the most variability across the transect, and clay
shows the least. This is consistent with the result of clay showing the smallest
variability based on the classical statistical measures of variation. However, it is
inconsistent with the result of higher variance and coefficient of variation for percent
sand.
Using the alternate hole-effect model (without validation), the distance
between silt-rich layers is 45 meters and the distance between clay-rich layers is 47
meters.
Nugget and sill values determined from the best-fit models (of the available
choices in STATPAC) are also presented in Table 13. The nugget value is greatest
for sand (35 meters) > silt (25 meters) > clay (18 meters). Thus, sand has the most
variability between very close samples, and clay the least. The sill value is greatest
for sand (70 meters) > silt (45 meters) > clay (33 meters). Therefore, sand shows
the most variability for samples at large lag distances, and clay the least.

6.5 The Value and Future of Soil Spatial Variability Studies
It was stated in the Introduction that the combination of pre-existing studies
in the literature and ongoing research (including the present field study), may
contribute to general insights and applications related to soil behavior and
management. Based on these studies, what types of conclusions are drawn, and are
general insights applicable to evaluation of other field sites?
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As evident in the literature review section, there is an abundance of spatial
variability studies related to soil properties. The one basic conclusion arrived at in
virtually all of the studies is that there is extensive spatial variability of in situ soil
properties. Beyond that, the conclusions are generally site specific. For example,
useful results may be found to increase yield forecasting for agriculture or improve
irrigation scheduling for the studied site, or it may be possible to reduce sample size
for a given field

after analysis of variability and determination of ranges of

dependence. However, these results are rarely applicable to other sites, except to
adjacent sites of the same soil type. Ranges of dependence found in one field are not
typically applicable to ranges in a different field, even one of the same soil type.
Vauclin et al. (1982) lists some spatial variability studies and recognizes that no
general results dealing with the spatial structure can be drawn from these studies,
because the ranges vary too much.
Because of these site-specific results, variability studies barely incorporate
conclusions from past studies. Only generalized conclusions are typically quoted (i.e.
there is much spatial variability; soil properties tend to be spatially correlated; a dry
soil often shows more variability). In fact, it is common practice in soil spatial
variability studies to caution that conclusions may not be generalized. For example,
Gajem (1980) and Gajem et al. (1981) explained that generalizations were difficult
to make in their study, and they predicted future difficulties in assigning scale lengths
by parameter or soil. Russo (1984 3, p. 1269) made no attempt to claim for generality
of his results; only the methodology was considered applicable to other studies.
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Rutledge (in Guarascio et al., eds., 1976) optimistically suggested that we may
be able to make taxonomic classifications of variograms and build up a "library" of
variograms based on studies at numerous ore bodies. It was hoped that, based on
preliminary sampling, one could predict the form of variograms or at least make
effective decisions about future sampling by consulting the library. This idea is
probably not feasible for soil studies. It is unlikely that a sufficient number of studies
can be conducted to catalogue the wide range of soil types. It is also questionable
whether the catalogued values would be applicable to soil at any site other than the
one studied.
A chief problem with the above vision and with geostatistical analysis, in
general, is that choosing the best model and estimating its parameters is highly
subjective. Exact procedures for systematically performing structural analysis,
validating fitting models, and dealing with drift need to be developed. Geostatistics
is a relatively young field, and standard procedures for soil studies have not yet been
synthesized.
Given the present methods for applying geostatistics, parameters like the
range are not determined with enough exactness. This was one reason, for example,
that trends of the range with depth and over time were unclear in this study. Even
if the range value could be determined exactly, one range can rarely represent a
particular field.
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The use of geostatistics does provide insight into spatial variability in some
soil studies. However, it should be recognized that classical statistical measures can
provide much information, and results are easier to interpret.
It is interesting and instructive to observe the complexities of flow in a natural
soil. However, true field dynamics are generally too complicated to completely
understand. Thus, experiments in simple soils (i.e. uniform, not layered), modelling,
and controlled simulations can help clarify relationships.
A line transect (i.e. a 2-D grid) was used in this experiment, which was
standard procedure at the time the experiment was initiated. Line transects are useful
for obtaining preliminary information about the spatial variability in a field without
the time and expense of more elaborate sampling programs (Tabor et al., 1984 1).
The transect provides an indication of the local and general variation, but variability
in only one direction is characterized (McBratney and Webster, 1981). A main
advantage of geostatistics over classical statistical methods is that two- or threedimensional semivariograms can be constructed and analyzed. Hence, if geostatistical analysis is to be used, future experiments should be set up using a threedimensional as opposed to a two-dimensional grid.
Future analysis of this data set using other statistical methods and with
additional soil texture at other depths is suggested so that clearer physical
interpretations and relationships may be found. Future research is particularly
needed relating soil texture to soil hydrologic parameters.
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Future research is recommended in other soils or with different experimental
designs to gain a better understanding of soil behavior and unsaturated soil water
movement, to effectively manage environmental and agricultural problems, and to
design appropriate sampling schemes. These problems include irrigation scheduling,
crop productivity, land drainage, infiltration, erosion, water conservation, groundwater
recharge, nutrient and solute transport, waste disposal, flooding, runoff, and
groundwater contamination.
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CHAPTER 7
DISCUSSION OF ERRORS
It is difficult to differentiate between actual spatial variability of soil
hydrologic data (i.e. water content, tension, texture) from errors which are introduced
during various stages of the experiment. When data values are derived, as in the case
of hydraulic conductivity in this study, an "almost frightening magnitude of errors"
may accrue (Fluhler et al., 1976). Yet, error estimates do not necessarily doom a
method to failure, but help to appreciate its limitations (Fluhler et al., 1976).

7.1 Experimental Error
Experimental error in this study is related to the use of the neutron probe,
tensiometers and textural analysis. Experimental error may be introduced during all
phases of the experiment including sampling design, preparation of the soil,
installation of equipment, choice of sampling scheme, sample disturbance,
establishment of desired flow rate, instrument reading, mistakes in recording data
and data entry, calibration, and malfunction and limitations of the measuring
instruments. For example, error may be introduced during installation of neutron
probes and tensiometers. The effect of access hole diameter and addition of soil
slurry on soil water content measurements was examined by Amoozegar et al. (1989).
They found that increasing the access hole diameter can result in a general loss of
sensitivity. Errors may be introduced when installing tensiometers, although there
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tends to be relatively little disturbance to the soil. Tensiometers can also be broken
when installed (Schmugge et al., 1980).
Malfunction and inherent limitations of equipment add additional error. These
problems (particularly tensiometer leaks related to poor construction) were likely the
major causes of missing and suspect tension data. Air leaks must be avoided when
using tensiometers. (Traditional tensiometers must be filled with water and be
substantially air-free to avoid errors, but a volume of air must be left in the
transducer type tensiometer). A combination of two additional problems may cause
leakage of water into the soil. First, there may be a small amount of air entry upon
insertion of the needle. (Because the number of air molecules increases, the pressure
of air increases so water leaks into the soil). Use of sealant on the stoppers covering
the tensiometers mitigated this type of error (Marthaler et al., 1983). Second, it is
possible that the slight downward deflection of the septum during insertion of the
needle may cause a slight amount of leakage (because the volume of air decreases,
the pressure must increase, and water is pushed into the soil), but this type of error
is negligible.
Field installations using pressure transducers may also drift electronically
(Schmugge et al., 1980). Trotter (1984) presented an analysis of the pressuretransducer-related errors involved in reading the tensiometer. He found that the
output of a pressure transducer will show variations with time, temperature, and
excitation voltage in addition to applied pressure.
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Although the hand-held pressure transducer/tensiometer system and neutron
moisture meter systems have relatively rapid responses, no economically feasible
system can provide instantaneous and/or simultaneous readings for many sampling
locations. The practical assumption is made that water content and tension readings
are taken instantaneously and simultaneously so that readings are assumed to be
constant during the measurement period of one to one and a half hours for tension
and three hours for wetness.
Another limitation is that tensiometers and neutron probes are only effective
over specific ranges of influence. The tension range typically extends from 0 to 0.85
bars (Richards, 1949). This is further discussed in Appendix 1.3.4.
The sphere of influence for the neutron readings is related to the water
content of the soil. As described in Appendix 1.4, it varies from less than 10 cm in
a wet soil to greater than 25 cm in a dry soil (Hillel, 1980 2). The neutron moisture
probe has a low degree of spatial resolution which is variable due to changes in the
sphere of influence with changes in soil wetness (Hillel, 1980 2; Parkes and Waters,
1980). The method is unsuitable for measuring soil water content in the surface 10
to 20 cm of soil (Ben-Asher, 1979) as the counted neutrons may escape through the
soil surface. It is also unsuitable for the detection of wetting fronts or boundaries
between distinct layers in the soil (Hillel, 1980 2; Cannell and Asbell, 1974. An
additional disadvantage is that the count rate response/soil moisture relationship may
be nonlinear. The degree of non-linearity depends on physical and chemical
properties of the soil such as soil-water density, matrix density (Wilson and Ritchie,
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1986), texture and structure. Elements besides H (B, CI, Cd, etc.) may thermalize the
emitted neutrons and affect the water content measurement, but this is generally a
minor problem in agricultural soils which tend to have similar chemical composition
(Cotecchia et al., 1968).
There are practically assumed to be 455 distinct sampling points. In actuality,
there are twice as many sampling points or 910, because the neutron access tubes are
situated separately from the tensiometers resulting in ten distinct sampling points at
each location number instead of the assumed five. As illustrated in Figure 1,
tensiometers at the five depths are not aligned vertically below each other, but are
spread out across the width of the plot. This sampling design, based on the standard
procedure described by Hillel et al. (1972), is intended to prevent the tensiometers
from interfering with the neutron readings. Yet, the tensiometers are assumed to be
near enough to monitor the "same" soil mass (Hillel et al., 1972).
Calibration of readings introduces additional errors. In this study, one
calibration curve for neutron probe measurements was used for all locations and soil
depths. Separate calibration curves for each soil type may have improved the results.
The effects of soil-profile variations and related factors on neutron-moderation
measurements were examined by Cannell and Asbell (1974). They concluded that
large errors in measurements may result in nonhomogeneous soils when a neutron
curve is calibrated assuming uniform conditions. Where the neutron measurements
are taken in a layered profile where texture and soil moisture changes abruptly, the
smooth neutron curve may be in error by as much as 8% by volume when compared
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to the soil-sampling curve (Cannell and Asbell, 1974, p. 127). If a measurement in
the soil profile is required at a point source, the neutron calibration curve should be
obtained in situ (Cannell and Asbell, 1974, p. 127).
Vauclin et al. (1984 2) studied three components of error involved in
estimating mean water content with a neutron probe: instrument, location and
calibration components. In homogeneous sites, the calibration component was found
to be the greatest contributor to the total variance. For a heterogeneous site, the
location component was. Instrument and location components were reduced by
increasing the number of sampling points (Vauclin et al., 1984 2).
There may be other subtle sources of error. For example, temperature may
influence measurements of soil-moisture properties (Moore, 1940, p. 61). Gardner
(1955) found that tension decreased 0.0008 atm per degree rise in temperature in the
range 0 to 50 degrees C partially due to temperature gradients set up by water in
tensiometer cups and the soil.

7.2 Estimation of Outlying Points
Identifying and estimating missing and outlying data values is an additional
source of error. In this study, it was desirable to maintain the completeness of the
water content and tension data sets so that hydraulic conductivity and pore-size
distribution parameters could be derived, and to ensure meaningful semivariogram
analysis of water content and soil water tension. Therefore, missing, physically
impossible, and outlying data values were eliminated and replaced with "corrected"
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estimates. Some degree of error is introduced by the estimation process, but it can
be minimized if a cautious approach is taken so that overzealous data "correction"
do not change the true nature of the data set and obscure the natural variability. The
estimation process of both missing values and those identified as unreasonable is
described in the Data Preparation: Missing and Outlying Data section in the
Materials and Methods chapter. As described there, a final determination of whether
a value was unreasonable was based on a visual inspection of the moisture release
curves, the systematic cross-validation of the variogram model, and the level of
confidence in each of these. The number and percent of points deemed missing or
outlying which were estimated at each depth is shown in Table 1 in that section. The
effect of outlier estimation on the derivation of saturated hydraulic conductivity and
pore-size distribution parameters is discussed in Section 7.4.1.1.

7.3 Instantaneous Profile Method
Generally, there is more uncertainty in a derived data set than in a measured
data set. Errors may originate from application of the model and from errors accrued
in the data set.

To analyze the errors in determining unsaturated hydraulic

conductivity values using the instantaneous profile method, it is important to
scrutinize every operation carried out on the raw water content and soil water
tension data as well as the assumptions of the method.
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The method assumes one-dimensional vertical and homogeneous flow with no
flow across the soil surface. The soil surface was covered to prevent evaporation,
satisfying the latter requirement.
Steady-state flow was essentially attained in this experiment based on the
response of tensiometers. Then, the soil was allowed to drain. Hillel et al. (1972)
state that the instantaneous profile advantageously does not require the steady-state
assumption for describing the natural transient-state process (Hillel et al., 1972).
Kablan et al. (1989) explain that the instantaneous profile method does not require
uniformity of hydraulic properties in the soil profile, and boundary or initial
conditions need not be constant or known in great detail. However, the method does
require that the water table not be shallow enough to influence soil water flow in the
upper portion of the soil profile. At an average depth of 3 meters, the water table
in this study may affect observations from the lowermost depths.
Is the assumption of one-dimensional vertical flow reasonable? Hillel et al.
(1972) cautions that the internal drainage method should not be applied where
lateral movement of soil water is significant. In most unsaturated field situations, this
is not a major problem (Hillel at al., 1972), particularly in relatively uniform profiles.
However, lateral flow may be appreciable in "flooded-plot" experiments in layered
soils (Rose et al., 1965; Miller, 1963), or in the particular case that saturated
conditions exist above an impeding layer (Hillel et al., 1972).
For the case of a clay layer overlying a sand layer, lateral flow may be
significant (Yeh et al., 1985 3). This is because, during drying, there is a more rapid
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decline of unsaturated conductivity in coarser soils than in finer soils. When the
unsaturated conductivity of the sand becomes very low, the water confined to the clay
layer may disperse laterally in the clay due to capillarity (Yeh et al., 1985 3, p. 467;
Miller, 1963, pp. 716-717).
In this study, an examination of the response of tensiometers adjacent to the
experimental plot (as an indication of lateral flow) is discussed in 6.2.1.3. Some
lateral flow likely did occur, but may have been minimized due to the four-month
long irrigation period. Hillel (1980 1, p. 21) explains that the suction gradients are
generally small from the start and become negligible relatively soon for infiltration
into an initially wet soil (Hillel, 1980 1, p. 21). Lateral flow errors in an experiment
can also be minimized if large plots are used with sampling restricted to the center
(Miller, 1963, p. 717). Therefore, it would be advisable to ignore or give less weight
to results from locations at the ends of the transect.
Smoothing, interpolation, differentiation and integration approximations add
to the accrued errors. For example, the integral in the instantaneous formula is
replaced by ratios of differences. (Recall that the integral in the instantaneous
formula estimates the volume of water from the soil surface to a particular soil layer
over a given time interval.) Because measurements are not taken instantaneously,
the change in time interval term is not exact. The measurement period of approxi
mately 11/2 hours may be insignificant at a sampling time of 44 days after irrigation,
but may be significant at a sampling time of 0.38 days (9.12 hours). The approxima
tion by integration is especially questionable when the original wetness data do not
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show a clear drying trend. In that case, wetness lines plotted with depth and over
time may cross (see Figure 10), and the integration process is compromised. Error
is also introduced because data at the surface soil were not measured; the zero and
0.3-meter depth were assumed to have the same measured water content values in
the integration process.
Rose et al. (1965) caution that errors may be introduced if the time interval
between profile readings is too short or too long. As done in this study, the time
interval should be varied in accordance with the rate of change of water content, and
should be extended as the period from irrigation increases (Rose et al., 1965).
The approximation of the tension gradient by a cubic spline function similarly
adds smoothing and interpolation error. This process is also sensitive to questionable
trends in the tension data, such as when lines cross as displayed in Figure 21, plots
of soil water tension versus depth.
Fluhler et al. (1976) evaluated the reliability of the instantaneous profile
method for determining unsaturated hydraulic conductivity values. They show that
the likely range of error in the instantaneous profile determinations of conductivity
is J: 20-100%. Encouragingly, errors are 20-30% in the wet range of the conductivity
function where water flow is greater. In the range where conductivities are small, the
relative errors may be more than 100%. Errors stemming from tensiometer readings
are significant when the hydraulic gradient is less than 0.3 mbar/cm. During the early
stage of the experiment, these errors are dominant. When drainage is slowed due to
desaturation of the soil, the errors in the measured water content changes are
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dominant (Fluhler et al. (1976). Ragab et al. (1981) compared different methods to
determine unsaturated hydraulic conductivity (including the hot air method,
infiltration through a crust, unit gradient drainage and pressure plate outflow). They
found that the instantaneous profile technique gave the highest hydraulic conductivity
values of all the methods. They also found that the instantaneous values agreed with
hydraulic conductivity values calculated from Jackson's, Irmay's and Mualem's
models.
Even in light of the many sources of error involved in the transient drainage
method, Fluhler et al. (1976) maintain its usefulness because the errors are relatively
small in the wet range of water contents where water flow is greater. Also, any other
field method would most likely end up with similar uncertainties (Fluhler et al.,
1976).

7.4 Exponential Unsaturated Hydraulic Conductivity Model
Several sources of error must be recognized in the derivation of the saturated
hydraulic conductivity and pore-size distribution parameters using the exponential
unsaturated hydraulic conductivity model. These include errors described in previous
sections: experimental error related to the original water content and tension data
sets, errors in estimation of assumed outlying data points, errors in the derivation of
unsaturated hydraulic conductivity values with the instantaneous profile method, and
errors in use of the exponential model to fit unsaturated hydraulic conductivity versus
tension data. These errors become compounded and are difficult to sort out.
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The derivation of saturated hydraulic conductivity values using the exponential
model (to fit unsaturated hydraulic conductivity versus tension data) was largely
unsuccessful. Many of the derived values are grossly overestimated. Saturated
hydraulic conductivity values may overestimated when the exponential model
inadequately describes the data and when there is a lack of data in the low tension
(i.e. near zero) section of the plots to "moderate" the slopes in a reasonable way.
The exponential model has generally been chosen to describe hydraulic
conductivity-tension data because it is simple and convenient to use. According to
Verecken et al. (1990), Gardner (1958) proposed the exponential formula for
describing soils showing a rapid change in hydraulic conductivity near saturation.
Gardner (1958) states that the equation can be fitted empirically to much capillary
conductivity data, but it does not hold well over a wide range of values. Yeh et al.
(1985 2, p. 463) report that the exponential equation has been widely used in
practical studies, but it may not adequately describe the data well in coarse soils near
saturation.

7.4.1 Exponential Fit to the Data
Although the exponential unsaturated hydraulic conductivity model was
assumed for derivation of saturated hydraulic conductivity and pore-size distribution
values, does this model reasonably fit the derived unsaturated hydraulic conductivity
data? In reality, the model only provides a fair fit to the data.
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Table 14b presents basic statistics computed on the correlation coefficients of
natural log of saturated hydraulic conductivity versus tension (using the final
corrected water content and tension data sets which has missing and outlying data
points estimated). These correlation coefficients (r) express how well the exponential
model fits the data. Table 14b shows that the mean r ranges from 0.78 to 0.84, and
is 0.80 for all depths. The worst correlation coefficient of 0.13 is found at the 1.5meter depth. The maximum r of 0.98 is found at the 0.9-meter depth. The correlation
coefficients are variable at each depth, implying that no one depth consistently had
good or bad fits.
It should also be noted that even if the exponential model provides excellent
fits to the measured data, there is no assurance that the model is applicable at other
tension ranges or soil textures. In light of the large derived saturated hydraulic
conductivity values, the model may not be extrapolated to saturation conditions. In
reality, a unique curve may fit each set of hydraulic conductivity versus tension data,
but curves like the exponential model may be adequate for characterizing the general
hydraulic conductivity versus tension relationship for most locations over a large area.
7.4.1.1 Common Curves Fit to the Data. In order to see if other common
curves may better fit the hydraulic conductivity versus tension or versus water content
data, seven simple linear functions were fit to the data at locations 1, 30, 60, and 91
for each depth. The seven equations listed in Table 15 were fit to the hydraulic
conductivity versus tension data by least squares using the program CURVES in
STATPAC. Tables 15 a-c present correlation coefficients expressing how well the
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Table 14.

Statistics computed on correlation coefficients for natural log of
hydraulic conductivity versus tension

PARTIALLY CORRECTED DATA
DEPTH (m)
MEAN MINIMUM MAXIMUM
0.71
0.3
0.04
0.93
0.6
0.72
0.15
0.97
0.9
0.66
0.0025
0.96
1.2
0.61
0.0082
0.97
1.5
0.54
0.0026
0.94
ALL DEPTHS
0.65
0.0025
0.97

C.V.
25.7 •
27.5 ,
38.6 i
44.9 1
51.9 !
38.6 i

FINAL CORRECTED DATA
DEPTH (m)
MEAN MINIMUM MAXIMUM
0.3
0.78
0.35
0.94
0.6
0.78
0.45
0.96
0.9
0.82
0.56
0.98
0.84
0.42
1.2
0.97
0.78
1.5
0.13
0.95
ALL DEPTHS
0.80
0.13
0.98

C.V.
15.7
15.2
10.9
12.4
23.5
16.3

j
1
1
i
;

297

Table 15.

Best-fit common curves for hydraulic conductivity versus tension or
water content data

HYDRAULIC CONDUCTIVITY VS. TENSION RELATIONSHIP
DEPTH
LOCATION 1
LOCATION 30

A

LOCATION 60

DEPTH 0.3 M
#5 r = .70
#2T = .68
81 r = .53
#2r= .41
#4r= .90
#2 r = .20

LOCATION 91

#2 r = .94
#3 r = .91
#4 r = .90
#5 r = .67

DEPTH 0.6 M
#5 r = .85
82 r = .72
#6 r = .65
f2r = .58

DEPTH 0.9 M
#5 r = .96
#2 r = .79
#6 r = .63
#2 r = .60
#5 T = .54

DEPTH 1.2 M
#5 r= .87
#2 r = .72
fa r = .82

DEPTH 1.5 M
#5 r = .88
#2 r =.71
03 r =.95
fa r =.93
#5 r =.92

#3 r = .92
fat = .91
as r = .86

82r =.88
83 r =.88
#5 T =.84
86 t =.80
82 r =.91
#3 T =.91
85 r =.83

84 r = .92
#3 r = .92
8I r = .85

J f 2 r = .84

85 r = .93

#3 r = .93

#6 r =.85
#5 r = .91

#3 r = .93

#5 r = .93

#2 r = .80

#2r= .91

«T= .91

#4r= .91

#4 r = .91

#5r= .91
tn r = .80

#5 r = .58

LN HYDRAULIC CONDUCTIVITY VS. TENSION RELATIONSHIP
DEPTH 0.6 M DEPTH 0.9 M DEPTH 1.2 M
DEPTH 0.3 M
f f l x = .72
8 1 r = .68
#4 r = .72
84 r = .80

DEPTH
LOCATION 1

LOCATION 30
LOCATION 60

B
LOCATION 91

#5 r =.47
#1 r= .41
#6 r = .80
#5 r = .69
81 r = .20
81 r = .94
tn r = .92
#6T= .90
85 r = .89

#1 r=.7I
Mr = .60

#1 r =.79
#4 r = .64

#1 r =.58

#1 r =.60
81 T = .84

#6 r - .94
#1 r=.85
85 T =.71
#4 r= .94
#6 r =.92
#1 r =.91

#4 r =.94
#6 r =.92
ff\ =.91

#5 r =.82

#5 r =.82

r

01 r= .82
W r =.92
#1 r= .91
ffl

T

= .80

#4 r = .80

HYDRAULIC CONDUCTIVITY VS. WATER CONTENT RELATIONSHIP
DEPTH 0.3 M
DEPTH 0.6 M DEPTH 0.9 M DEPTH 1.2 M
DEPTH
#6 r =.93
#5 r = .72
tf6r= .89
#6 r = .94
LOCATION 1
#5 r = .89
#5 r = .91
ffS r = .92
82 r =.71
#2 r = .74
#5 r =.65
#6 r = .76
LOCATION 30
ffl r =.65
#5 r = .67
.78
fa r =.51
#6 r = .67

85 r =

C

LOCATION 60

LOCATION 91

#1 r = .82

#2T = .91
#3 c = .91
#6r= .85
#5 r =.84

CURVES
1. y = a + bx
2. y = a • c *• (bx)
3. y = a * x ** b
4. y = a + (b/x)

#2r= .90

#3 r = .86

86 r =.86

#3 r =.90

#3 r = .81

#5 r =.78

#51 =.79

Wr= .78
86 r = .97
#5 r = .96
#2 r =.90
#3 r =.89

#5 r =.96
r =.90
#3 r =.89

ffZ

#6 r =.90
#5 r =.89
fa =.89

r

#3 r =.89

5. y = 1 / (a + bx)
6. y = x / (ax + b)
7. y = a + bx + cx •* 2

86 r

=.81

DEPTH 1.5 M
81 r = .71
44 r = .95
#1 r = .93
81 r -=.88

#1 r= .91
#4 r = .91

DEPTH 1.5 M
86 r =.97
85 r =.96
86 =.93

r

85 r =.92

t

82 =.86
#3 r =.85
86 r =.94
#5 r =.91
#21 =.88
#3 r =.90
ta r =.90
86 r =.86
r =.85

85
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particular curve fits the (natural log of) hydraulic conductivity versus tension or
hydraulic conductivity versus water content data. Only the best-fit curves (up to three
or four curves with the highest correlation coefficients greater than 0.5) are included
in the table. Also included for comparison in parts a and b are the correlation
coefficients for the exponential curve fit. In part a, the exponential equation is curve
2. For the case of the log fit in part b, it is curve 1.
For the hydraulic conductivity versus tension relationship presented in part a,
curve number 5 gave the best fit in 35% of cases (in the total of 20 cases). The
exponential model (number 2) was best in 20% of cases.
For the natural log of hydraulic conductivity versus tension relationship
presented in part b, curve number 1 (which is linear implying an exponential
relationship between hydraulic conductivity and tension) and curve number 4 equally
fit the data best in 40% of cases.
For the hydraulic conductivity versus wetness relationship in part c, curve
number 6 gave the best fit in about 50% of cases.
In all of these relationships, no one curve consistently fit the data best.
However, the exponential model could be improved on in many cases.
7.4.1.2 Effect of Outlier Estimation on the Exponential Fit. How did the
identification of unreasonable and outlying data points affect the results of saturated
hydraulic conductivity and a? To investigate, a partially corrected data set is
compared with the completely corrected data. In the partially corrected data set
(PCD), only the missing data and positive pressures are estimated (the minimal
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requirement for deriving Ks* and a parameters) using soil moisture characteristic
curves. In the completely corrected or final data set (FD), all outliers are identified
and estimated using the more elaborate method combining characteristic curves and
variogram analysis.
Basic statistics for a, saturated hydraulic conductivity, and natural log of
saturated hydraulic conductivity for the partially corrected data set (PCD) are
presented in Table 16. Basic statistics for the final data set (FD) were presented in
Table 16. For each of the five depths, the mean saturated hydraulic conductivities
increase when the final data set is used as opposed to the partially corrected data set.
The minimum and maximum values of Ks* also increase for the FD set, as do the
variances, but the coefficients of variation remain approximately the same for the
PCD and FD sets.
As seen in Tables 10 and 16, the mean a values increase (sometimes only
slightly) for the FD set, as do the minimum a values. The maximum a values and
variance of a values remain approximately the same (slightly increase or decrease).
The coefficients of variation for a decrease when the FD set is used.
Table 17 a,b,c provides a comparison of the derived Ks* and a parameter
using the PCD versus FD sets. Table 17 a demonstrates that the problem of positive
a values (unreasonable positive slope for natural log of Ks* versus a) is virtually
eliminated by using the FD set. The only remaining positive slope is at location 48
at depth 0.3 meters. (At this location, no corrections had been deemed necessary in
the outlier search process, so the raw data set had been left intact.) Although the
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Table 16.

Basic statistics for saturated hydraulic conductivity and pore-size
distribution parameter derived using the partially corrected data set
KSAT

ALPHA

LNKSAT

DEPTH 0.3 METERS
MEAN
MINIMUM
MAXIMUM
ST.DEV.
VARIANCE
COEFF. VAR

1.9E+04
8.2E-06
1.2E+06
1.4E+05
1.8E+10
7.0E+02

0.07%
-0.2157
0.2904
0.0596
0.0036
74.884

1.71
-11.71
13.98
3.32
11.03
193.8

DEPTH 0.6 METERS
MEAN
MINIMUM
MAXIMUM
ST.DEV.
VARIANCE
COEFF. VAR

2.0E+03
9.1E-03
1.4E+05
1.5E+04
2.2E+08
7.3E+02

0.0848
-0.1024
0.3428
0.0596
0.0035
70.197

1.14
-4.70
11.82
3.23
10.42
282.0

DEPTH 0.9 METERS
MEAN
MINIMUM
MAXIMUM
ST.DEV.
VARIANCE
COEFF. VAR

6.4E+13
O.OE+OO
5.8E+1S
6.1E+14
3.7E+29
9.5E+02

0.0965
-0.2377
0.3644
0.0899
0.0081
93.192

3.26
-15.38
36.30
6.59
43.46
202.5

DEPTH 1.2 METERS
MEAN
MINIMUM
MAXIMUM
ST.DEV.
VARIANCE
COEFF. VAR

9.2E+12
2.4E-05
8.4E+14
8.8E+13
7.7E+27
9.5E+02

0.0969
-0.0858
0.4811
0.0926
0.0086
95.502

4.81
-10.64
34.37
6.91
47.73
143.8

DEPTH1.5 METERS
MEAN
MINIMUM
MAXIMUM
ST.DEV.
VARIANCE
COEFF. VAR

1.5E+11
2.6E-07
1.4E+13
1.5E+12
2.1E+24
9.5E+02

0.0929
-0.2306
0.5242
0.1200
0.0144
129.203

3.73
-15.16
30.27
6.85
46.97
183.6

KSAT = Saturated hydraulic conductivity parameter (cm/day)
ALPHA = Pore-size distribution parameter (1/cm)
LNKSAT = Natural log of KSAT
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Table 17.

A comparison of results derived from partially corrected and final data
sets: (a) percent of positive alphas, (b) percent of high saturated
hydraulic conductivity values, and (c) mean correlation coefficients for
natural log of hydraulic conductivity versus tension

DEPTH (m)

A

0.3
0.6
0.9
1.2
1.5
ALL DEPTHS

% OF POSITIVE ALPHAS
PARTIALLY
FINAL
CORRECTED
CORRECTED
DATA
% CHANGE
DATA
3/91 = 3.3%
1/91 = 1.1%
2.2
3/91 = 3.3%
0%
3.3
11/91 = 12.1%
0%
12.1
13/91 = 14.3%
0%
14.3
17/91 = 18.7%
18.7
0%
47/455 = 10.3% 1/455 = 0.22%
10.1

% OF KSATS > 1500 cm/day
PARTIALLY
CORRECTED
DATA

DEPTH (m)

B

0.3
0.6
0.9
1.2
1.5
ALL DEPTHS

C

6/91 = 6.6%
5/91 = 5.5%
23/91 =25.3%
30/91 = 33.0%
26/91 = 28.6%
90/455 = 19.8%

FINAL
CORRECTED
% CHANGE
DATA

8/91 = 8.8%
8/91 = 8.8%
39/91 = 42.9%
44/91 =48.4%
48/91 = 52.8%
147/455 = 32.35!

-2.2
-3.3
-17.6
-15.4
-24.2
-12.5

MEAN CORRELATION COEF. OF LN K VS. TENSION
PARTIALLY
FINAL
CORRECTED
CORRECTED
DEPTH (m)
% CHANGE
DATA
DATA
0.3
0.71
-9.9
0.78
0.6
0.72
-8.3
0.78
0.9
0.66
-24.2
0.82
1.2
-37.7
0.84
0.61
0.78
1.5
0.54
-44.4
ALL DEPTHS
0.65
-23.1
0.80
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positive a problem was solved by using the FD set, the derived saturated hydraulic
conductivity values are significantly higher. Table 17b shows that the percent of Ks*
values greater than 1500 cm/day increase (from 20% to 32% for all depths) when
the FD set is used.
Table 17c shows that the linear correlation coefficients of natural log of
hydraulic conductivity versus tension increase when the FD set is used in the
derivation, implying that the exponential fit to the data is improved.
Examples of hydraulic conductivity versus tension plots and natural log of
hydraulic conductivity versus tension plots used in the derivation of Ks* and a values
are illustrated in Figure 41. The PCD versus FD plots for location 60 at depth 1.5
meters illustrate how a positive a value is derived, and how the problem of positive
a is solved by using the FD set. Note the outlying data point in the PCD plot found
at an average tension of 29 cm water. A regression line forced through this point
causes an unreasonable positive a slope. Natural log of hydraulic conductivity versus
tension curves using the PCD set often show one or two outlying points (as a result
of outlying tension data points left uncorrected in the PCD set), which lead to the
derivation of one or two outlying unsaturated hydraulic conductivity values, which in
turn are used to derive unreasonable a values. Positive a values are mainly derived
when the outlying points have relatively low tension and low natural log of hydraulic
conductivity as a function of tension values. On the other hand, if the outlying point
has higher tension and natural log of hydraulic conductivity, then reasonable results
are typically derived.
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Specifically, for location 60 at depth 1.5 meter using the PCD, the derived
value of a is +0.040 1/cm, Ks* is 0.051 cm/day, natural log of Ks* is -2.97, and r is
0.23. Using the FD set, the derived value of a is -0.389 1/cm, Ks* is 6.7E+08
cm/day, natural log of Ks* is 20.32, and r is 0.88. Thus, the positive a problem is
solved and the correlation improves but the Ks* value becomes extremely large.
The plot for location 91 at depth 1.2 meters illustrates why Ks* values often
increase for the FD set. For the PCD set plot, a is -0.027 1/cm, Ks* is 1.30 cm/day,
natural log of Ks* is 0.261, and r is 0.46. For the FD set, a is -0.185 1/cm, Ks* is
2.60E+06 cm/day, natural log of Ks* is 14.77, and r is 0.80. Although r is better, Ks*
is significantly higher for the FD set. This is because the outlying point moderated
or "pulled down" some of the curves using the PCD set so that they had less steep
slopes and lower saturated hydraulic conductivities.
Other examples of the Ks* (or natural log of Ks*) versus tension plots are
provided in Figure 41 using the FD set. Shown are plots for location 60 at depths 0.3,
0.6, 0.9, and 1.2 meters.

7.5 Errors Related To Geostatistics
Additional sources of error are related to application of geostatistical
techniques for analyzing the data. Geostatistical methods must be able to prove their
appropriateness in practice (Krige, 1978. p. 1). The interpretation based on
regionalized variable theory is "justified ... if it results in coherent and acceptable
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solutions to the various problems encountered in practice" (Journel and Huijbregts,
1978).

7.5.1 Random Function Theory and Stationarity Assumptions
Validity of the results determined from geostatistical analysis depend on
whether the stationarity assumptions can realistically be met. To use the intrinsic
assumption, grade variations should be homogeneous for the direction the variogram
is computed for (David, 1977, p. 87), or methods to deal with nonstationarity should
be used.
David (1977, p. 92) maintains that the assumption of second-order stationarity
and/or the intrinsic hypothesis is seldom found in natural phenomena. However,
many experiments have shown that simple semivariograms are not affected much by
strong deviation from stationarity. Universal kriging has also relieved some of the
restrictions, and the assumption of quasi-stationarity can usually be assumed (David,
1977).
Because only one realization of the random function is available, the existence
of stationarity in a field experiment cannot be proved or disproved (Journel and
Huijbregts, 1978, p. 34; Russo and Bresler, 1983), and it depends on the scale of the
region and the sampling intervals (Gajem et al., 1981). Uncertainty may also result
from less than optimum selection of the number and location of the sampling points
(Russo and Jury, 1987 1). The assumption of stationarity is a robust one (i.e. the
concept of robustness addresses how wrong the method is when applied in non-
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stationary conditions), and departures from stationarity do not matter in practice,
provided certain smoothness assumptions hold (Guarascio et al., eds., 1976).
It must also be remembered that the whole conceptualization of random
function theory is, after all, a theory. This theoiy offers a means of study when
deterministic methods cannot be used. However, it is not possible to consider any
experiment which would conclude that a deposit is not a realization of a random
function (David, 1977).

7.5.2 The Semivariogram
Errors related to the semivariogram are described in this section, as follows.
7.5.2.1 Assumptions.

The traditional nonparametric estimator of the

semivariogram used to construct the experimental semivariogram is an unbiased
estimator of y(h) for each h, but it is not robust (Cressie and Hawkins, 1980;
Armstrong and Delfiner, 1980; Warrick and Myers, 1987 2, p. 496; David, 1977, p.
117). This sensitivity to outliers may have added error to semivariogram construction,
but outlier estimation mitigated this error.
It was reported in the seventies that one of the key advantages of geostatistical
analysis is that it can be applied to any type of distribution. Recently, David (1988)
clarified this assertion. "Geostatistics is distribution free if it is considered as a
probabilistic model, but problems show up as soon as one starts to discuss how to
estimate the parameters of the model. Then, all estimation methods are 'distribution
sensitive'" (David, 1988).
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Related to the random function conceptualization, each estimation point of
an experimental variogram is subject to an error of estimation and fluctuation.
Estimation error is the deviation between the experimental and local variograms.
Fluctuation error is the deviation between the local and theoretical variograms.
These sources of error vary according to the characteristics of the data set, the
variance of the samples, the sampling grid and separation distance, etc. (Journel and
Huijbregts, 1978, p. 232; Knudsen and Kim, 1978, p. 43). Even in the simplest case,
the experimental variogram can only represent the local variogram, which may differ
greatly from the "real" one (David, 1977, p. 117), the real one merely being an
abstraction.
7.5.2.2 Subjectivity of Model Fitting.

The process of construction of an

experimental semivariogram, the fitting of a theoretical model, and estimation of
semivariogram parameters is highly subjective.
Errors may be introduced when constructing the experimental semivariogram.
Specifications need to be made such as class distance, angle tolerance, and angle
classes. Sample size must be sufficient. For a constructed semivariogram to be valid,
the samples should be representative of the deposit or soil. The spacing of samples
must be sufficiently close to characterize variability. Ideally, each soil type should be
treated separately and all samples should be the same size (David, 1988). Please
refer to Appendix 3.4.3 for additional practical guidelines for constructing semivariograms.
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7.5.3 Errors Related to Kriging
As found in this study, universal kriging is often difficult to apply (David, 1977,
p. 266). Some of the encountered problems have been described by other research
ers. For example, there are no objective criteria for choosing the order of the
polynomial drift and the size of the neighborhood within which universal kriging is
valid. Such choices can only be justified a posteriori by cross-validation (Neuman and
Jacobson, 1984, p. 501).
Webster and Burgess (1980 3, p. 505) explain that it is difficult to apply
universal kriging to soil surveys because of considerable short range variation. When
there are large nugget variances, it is hard to distinguish constant or zero order drift
from changing drift (Webster and Burgess, 1980 3, p. 505). The residuals determined
from universal kriging will also have large variances, so that structural analysis
becomes too complicated and the drift coefficients cannot be estimated with
precision (Webster and Burgess, 1980 3, p. 523). When there are sharp changes in
soils, universal kriging is also not appropriate (Webster and Burgess, 1980 3, p. 522).
Another criticism of universal kriging is that the gain in terms of estimation
variance is negligible in practice compared to other methods (Journel and Huijbregts,
1978, pp. 343-344). David (1977) states that the more complex procedures like
universal kriging and generalized increments often show little or no advantage over
simple kriging. On the basis of their study, Yost et al. (1982 2, p. 1033) suggest that
ordinary kriging is best applied to soil analyses even when there is significant
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polynomial trend in the data, and that ordinary kriging seems quite robust to certain
degrees of nonstationarity (Yost et al., 1982 2, p. 1033).
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CHAPTER 8
CONCLUSIONS
In this chapter, key findings related to water content, soil water tension,
saturated hydraulic conductivity, pore-size distribution parameter, and texture are
summarized. Some of the most important findings and conclusions are presented in
Section 8.5.

8.1 Summary of Water Content Results
Some of the key findings related to analysis of the water content data are:
•

Water content plots for depths 0.3 and 1.5 meters appear relatively
uniform across the transect, while other depths appear more variable.

•

For any given time period, water content values tend to be higher at
the upper depths and lower in the subsoil. The mean water content
values also decrease with depth. This is consistent with the change to
coarser texture with depth.

•

The 0.3-meter depth has slightly higher water contents mid-transect
which unexpectedly correspond to a higher percentage of sand, and
lower tension.

•

The 0.6-meter depth has higher water content values mid-transect
associated with a higher percentages of silt and lower tension.

Water content decreases over the drainage period for each location
and depth. Mean water content values also decrease over time for each
depth.
Mean water content values range from 0.116 cm3/cm3 (at time 44.25
days for depth 1.5 meters) to 0.382 cm3/cm3 (at time 0.38 days for
depth 0.6 meters).
The decrease of water content is most rapid for the earliest of times
after ceasing of irrigation.
Water content values for the lower sandy depths have a higher rate of
water content decrease (i.e. faster drying rate) over the 44-day
drainage period than the for the upper depths. The decrease in mean
water content over time is also highest at the lower depths, and lowest
at the upper depths. At later times, however, the drying rate at the
upper depths slows more.
Over the 44 days, the change in mean water content varies from 0.033
cm3/cm3 (at the 0.3-meter depth) to 0.069 cm3/cm3 (at the 1.2-meter
depth)
The most rapid changes in water content with depth are found at the
middle depths towards the center of the transect. The change to a
lower gradient near the 1.2-meter depth may be related to a change in
texture.

The uppermost and lowermost depths have lower variances of water
content, whereas the middle three depths have higher variances of
water content.
Water content data generally show an increase of variance over time
for each of the five depths (with the exception of the lower depths at
later times).
As mean water content decreases, the variance of water content clearly
increases for the upper three depths.
At each depth, coefficients of variation for water content clearly
increase over the 44 day drainage period.
Coefficients of variation for water content range from 6-9% in the
uppermost depth to 26-45% in the lower two depths.
For any given time period, coefficients of variation for water content
are generally higher with increased depth.
The mean coefficient of variation similarly increases with depth
(ranging from 7% at depth 0.3 meters to 37% at depth 1.2 meters).
As mean water content decreases, the coefficient of variation clearly
increases at each depth.
The shapes of the water content versus location plots and water
content contour plots remain relatively constant over time.
Semivariograms of water content at each depth generally retain the
same shape over time.
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•'

There is some similarity between shapes of the water content versus
location plots for adjacent depths of measurement.

•

The best-fit models to the water content data are spherical models
(generally at depth 0.3-, 0.9-, and 1.2-meter depths) nested spherical (at
depth 1.5 meters and for time 0.38 days at depth 0.3 and 0.9 meters)
and exponential models (at depth 0.6 meters). The assumption of zeroorder drift gave best validation results.

•

Ranges of correlation for water content vaiy from 3 meters (at depth
1.5 meters) to 32 meters (at depth 0.9 meters). The lower sandy depths
tend to have smaller ranges, implying greater variability.

8.2 Summary of Soil Water Tension Results
Some of the key findings related to analysis of the soil water tension data are:
•

Plots of tension versus location for the two lower depths appear
relatively uniform along the transect for any given time period,
whereas the upper three depths exhibit more variability and have a
higher range of tension values.

•

For any given time, tension values are not consistently higher or lower
at a particular depth (as opposed to water content which decreases
with depth at any given time). However, there is little change in
tension over depth for depths 1.2 and 1.5 meters. Mean tension trends
with depth are also not clear.

At early times, the highest tension values are found at the mid to lower
depths at the ends of the transect. At later times, the mid to upper
depths tend to have the highest tensions.
The 0.3-meter depth has lower tension values mid-transect associated
with a higher percentage of sand (and higher water contents).
The 0.6-meter depth has lower tension values mid-transect associated
with higher percentages of silt and clay (and higher water contents).
Tension values generally increase over the drainage period for each
location and depth. Mean tension values also increase over time for
each depth.
Mean tension values range from 35.14 cm water (at time 0.38 days for
the 1.5- meter depth) to 99.41 cm water (at time 44.25 days for the 1.2meter depth).
The two sandy lower depths typically show the least amount of tension
change over the 44 days. Over the 44 days, the mean tension values
also increase the most at the upper depths and the least at the lower
depths.
Tension versus time plots tend to level off for the lower depths; at the
upper depths, tension continues to increase even after 44 days.
Mean increases in tension over the 44 days range from 21.4 cm water
(at the 1.5-meter depth) to 62.8 cm water (at the 0.3-meter depth).

Based on a contour map of total hydraulic head and tensiometers
adjacent to the experimental plot, some degree of lateral flow likely
occurred.
Tension data generally show an increase of variance over time for
depths 0.3 and 0.6 meters; variances at the lower sandy depths remain
approximately constant or show slight decreasing trends.
As mean tension increases, the variance of tension increases for the
two upper depths.
The two lower depths have the lowest variances at any given time.
At each depth, coefficients of variation for tension generally decrease
over the 44 day drainage period, (but remain approximately the same
at the lower two depths after 18 days.)
As mean tension increases, the coefficient of variation decreases for
tension at each depth.
For any given time period, coefficients of variation for tension are
highest at depths 0.6 and 0.9 meters, and are lowest at the lower two
depths.
Coefficients of variation for tension range from 11% (at depth 1.2
meters) to 98% (at 0.6 meters). The mean coefficients of variation for
tension range from 18% at the lower two depths to 71% at the 0.6meter depth.

For the upper depths, tension tends to have higher coefficients of
variation than water content. For the lower depths, water content tends
to have higher coefficients of variation. This is consistent with Nash's
result in a flooded plot experiment at the same plot (1984, pp. 126127).
The shapes of the tension versus location graphs remain relatively
constant over time. The tension contour plots also remain relatively
constant over time, but not as strongly as for water content.
Semivariograms of tension generally retain the same shape over time.
There is some similarity between shapes of the tension versus location
plots for adjacent depths of measurement.
The best-fit semivariogram models to the tension data are spherical
models (at depths 0.3, 0.9, and 1.2 meters and at 0.6 and 1.5 meters for
some time periods), and exponential models (for depths 0.6 and 1.5
meters at some time periods). Depending on the time and depth, the
assumption of zero-order or first-order drift gave best validation
results.
Ranges of correlation for tension vary from 6 meters (at the lower two
depths) to 34 meters (at depth 0.6 meters), implying that the lower
depths are more variable.
On selected characteristic curves, plotted points for the upper depths
tend to have steeper slopes than the lower depths. For the upper finer-

textured depths, it takes a greater increase in suction to lower the
water content than for the lower depths (based on the measured
portion of the characteristic curve).

8.3 Summary of Hydraulic Conductivity Parameter Results
The derived Ks* values are greatly overestimated and cannot reason
ably represent actual saturated hydraulic conductivity values in the soil.
Of all the derived Ks* values, 32% are greater than 1500 cm/day.
Ks* values are primarily overestimated due to the inadequacy of the
exponential model to describe the data at the low tension section (near
saturation) of the curve or when there is a lack of data needed for the
regression in this portion.
The exponential model may still be useful for describing the hydraulic
conductivity/tension relationship at higher tension ranges. Mean
correlation coefficients found at each depth for the regression of
natural log of saturated hydraulic conductivity versus tension vary from
0.78 to 0.84.
The derivation of Ks* and a values using the exponential model is very
sensitive to outliers. Unreasonable positive a values are primarily
derived when there are outliers in the raw water content and tension
data sets (leading to outliers with relatively low tension and low

natural log of Ks*). These outliers also tend to decrease the derived
Ks* values.
At the 0.3-meter depth, the higher derived Ks* values correspond to
higher a values, but are not associated with higher sand content. At
the 0.6- meter depth, high Ks* values are associated with higher sand
content, but are not associated with higher a values.
Ks* and a values generally increase with depth, consistent with the
change to coarser texture with depth. The highest Ks* and a values are
found at the lower sandy depths at the ends of the transect, particularly
at high-numbered locations.
Mean Ks* values range from 8.15E+04 (at depth 0.6 meters) to
3.2E+17 cm/day (at depth 1.5 meters), and mean a values range from
0.087 (at depth 0.6 meters) to 0.195 1/cm (at depth 1.5 meters).
Mean Ks* and a values tend to increase with depth. This is consistent
with the change to coarser textured soil at depth.
The lower sandy depths show more variability of Ks* values based on
the range of values and calculated variances. The same is true for a
values except for a high range of values at depth 0.3 meters.
All depths have exceedingly large coefficients of variation for Ks*
ranging from 793 to 949%. Based on the coefficients of variation, the
lower sandy depths also show more variability of Ks* than the upper
depths, but the highest coefficent is found at depth 0.9 meters.

Coefficients of variation for a range from 46% to 72%, but do not
show a clear trend with depth.
The best-fit semivariogram model to the natural log of Ks* data is the
spherical models for all depths. The assumption of first-order drift
gives best validation results (except for the 1.5-meter depth which has
zero-order drift).
The best-fit semivariogram model to the a data is the spherical model
(at depths 0.3, 0.6 and 1.5-meter depths), and the Gaussian model (at
depths 0.9 and 1.2 meters). The assumption of first-order drift gives
best validation results (except for the 1.5-meter depth which has zeroorder drift).
Ranges of dependence for natural log of Ks* vary from 5 meters (at
depth 1.5 meters) to 35 meters (at depth 0.9 meters). The upper depth
and lower two depths have the smallest ranges, implying more
variability.
Ranges of dependence for a vary from 5 meters (at depth 1.5 meters)
to 11 meters (at depth 1.2 meters). The uppermost and lowermost
depths have the smallest ranges, implying more variability.
The lower depths tend to have higher nugget and sill values for Ks*
and a, implying that there is more close-range and long-range variation
in the coarser soil at depth.

•

Plots of alpha versus natural log of Ks* for the five depths generally
show clear linear relationships. The lower two sandy depths show a
single plotted line. Depths 0.6 and 0.9 meters (and to a lesser degree,
depth 0.3 meters) display two distinct plotted lines. For the two upper
depths which have texture data available, locations associated with the
steeper line (i.e. nearly vertical) tend to have higher silt/clay content,
lower sand content, higher water contents and lower tensions than
locations associated with the flatter line.

8.4 Summary of Texture Results
•

At the 0.3-meter depth, percent sand ranges from 22 to 69% (the mean
is 41%), percent silt from 16 to 54% (the mean is 36%), and percent
clay from 8 to 33% (the mean is 20%). The textural classification is
loam.

•

At the 0.3-meter depth, percent silt tends to be the dominant texture
component at low-numbered locations (to location 30), percent sand
tends to be dominant at mid-transect locations, a sand/silt combination
is dominant at higher numbered locations (locations 53 to 80), and
sand is dominant for the high end of the transect (greater than 80).

•

For limited texture data at the 0.6-meter depth, mean sand percentage
is 36%, mean silt percentage is 45%, and mean clay percentage is 19%.
The textural classification is loam.

Limited texture data at the 0.6-meter depths show much point-to-point
variability. Sand content tends to be the dominant texture component
for low-numbered locations (through location 27), silt tends to be
dominant for the middle to upper numbered locations, and sand is
dominant for the high end of the transect (greater than location 85).
The lower depths are believed to consist of medium to fine sands.
Based on the range of values and calculated variances at depths 0.3
and 0.6 meters, percent sand is most variable and percent clay is least
variable. This is also true for the 0.6-meter depth based on the
coefficients of variation. Based on coefficients of variation at the 0.3meter depth, clay (and sand) are most variable and silt is least
variable.
Of commonly used models, the exponential model best fits the percent
sand, silt and clay data at the 0.3-meter depth. The best validation
results are found assuming first-order drift for percent sand and clay,
and zero-order drift for percent silt.
Determined ranges of dependence are: 24 meters for clay, 20 meters
for sand, and 8 meters for silt. Percent silt shows the most variability,
and clay the least. Nugget and sill values are highest for sand and
lowest for clay. For close-range and long-range samples, sand is most
variable and clay is least variable.

Using an alternate hole-effect model (without validation), the distance
between silt-rich layers is 45 meters, and the distance between clay-rich
layers is 47 meters.

8.5 Conclusions
Key conclusions are:
All of the studied soil parameters including volumetric water content,
soil water tension, saturated hydraulic conductivity and pore-size
distribution parameters, and percent sand, silt and clay exhibit
variability across the transect, with depth, and over time.
Ranges of dependence determined from semivariogram analysis are 332 meters for water content, 6-34 meters for soil water tension (both
over the 44 day drainage period at the five depths), 5-35 meters for
natural log of saturated hydraulic conductivity parameter, 5-11 meters
for pore-size distribution parameter (both at the five depths), and are
8, 20, and 24 meters for percent sand, silt and clay at the 0.3-meter
depth.
Coefficients of variation range from 6-45% for water content, 11-98%
for tension, 793 to 949% for saturated hydraulic conductivity parame
ter, 46-72% for a, and from 16-25% for percent sand, silt, or clay.
As mean water content decreases, the variance of water content is
found to clearly increases for the upper three depths.

As mean water content decreases, the coefficient of variation is found
to clearly increase for each depth.
The exponential model used to fit the hydraulic conductivity-tension
curves inadequately describe this data set in the tension range near
saturation, because excessively large Ks* values are derived.
Plots of natural log of Ks* versus a for the five depths generally show
clear linear relationships. The lower two sandy depths show a single
plotted line. Depths 0.6 and 0.9 meters (and to a lesser degree, depth
0.3 meters) display two distinct plotted lines. If a valid relationship
between a and natural log of Ks* is found to be true in other soils, it
may simplify unsaturated flow problems.
Less commonly used semivariogram models, like the hole-effect model,
should be incorporated into geostatistics software packages to more
adequately represent diverse field soils.
A chief problem with geostatistical analysis is that choosing the best
model and estimating its parameters is highly subjective. Exact
procedures for systematically performing structural analysis need to be
developed.
Future analysis of this data set using other statistical methods and with
additional soil texture at other depths is suggested so that clearer
physical interpretations and relationships may be found.

•

If geostatistical methods are to be used, future experiments should be
set up using a three-dimensional as opposed to two-dimensional grid.

•

Future research is recommended in other soils or with different
experimental designs to gain a better understanding of soil behavior
and unsaturated soil water movement, to effectively manage environ
mental and agricultural problems, and to design appropriate sampling
schemes.
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APPENDIX 1
SUPPLEMENTARY SOIL THEORY
Presented in this appendix are additional topics related to soil physics theory.
Included are sections on the soil description at the experimental plot, origins of
spatial variability in the soil, soil water potential, the neutron scattering method, soil
textural fractions, hydraulic conductivity, infiltration, and pertinent equations.

1.1 Soil Description at the Experimental Plot
The soil type at the experimental plot is classified as follows. The order is
Entisols which consists of mineral soils which have no natural genetic horizons or
only the beginning of such horizons (Brady, 1974, p. 323). The suborder of Fluvents
typically have an organic-carbon content which decreases irregularly with depth, and
are not permanently saturated with water. The Great Group of Torrifluvents are the
Fluvents of arid climates that are not flooded frequently or for long periods. They
have a torric moisture regime and are alkaline or calcareous and are somewhat salty
in places. The Typic subgroup encompasses the drier part of the range of
Torrifluvents. Typic Torrifluvents are made up of fluvial sediments with roughly
equal parts of sand, silt and clay with a very minor amount of organic carbon. Many
are irrigated. Others furnish a small amount of grazing (Soil Survey Staff, 1975). The
family is mixed calcareous thermic (of Typic Torrifluvent). Glendale clay loam is the
series.
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1.2 Origins of Spatial Variability in the Soil
In any given soil, there will be a unique blend of soil formation factors with
varying degrees of influence. Parent material, for example, may significantly affect
soil variability. Beckett and Webster (1971) note that soils formed on transported
materials tend to be more variable than those weathered from bedrock in situ. Some
geomorphic processes give rise to recurrent patterns of soil material, as in the case
of alluvial deposition on river plains (Beckett and Webster, 1971).
Yost et al. (1982 1) note that each causation factor may have a unique zone
of influence. Some factors, such as burrowing worms, affect small volumes of soil and
introduce differences over short distances. Other factors, such as regional gradients
in climate, introduce long-range soil gradations (Beckett and Webster, 1971).
Spatial variability of a particular soil or hydrologic property may be mainly
attributed to particular influencing factors. For example, spatial variation of hydraulic
conductivity and related soil water properties may be attributed to differences in soil
texture, mineral type, indigenous soil salts and quantity and quality of applied water
and fertilizer (Bresler et al., 1984). The soluble salts (indigenous and applied) exert
chemical-physical effects on the soil matrix which modify the soil's ability to conduct
water. The reduction in the effective path available for water flow is determined by
the concentration and composition of the soil solution and the nature and geometry
of the porous material and soil clay minerals (Bresler et al., 1984).
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In recognition of these multiple factors which affect the spatial structure, soil
variability is viewed as the product of soil-forming processes operating and interacting
over a continuum of spatial and temporal scales (Trangmar et al., 1986 1).

1.3 Soil Water Potential
The following sections relate to soil water potential including the definitions
of soil water potential and matric potential, causes of matric potential, and
tensiometry.

1.3.1 Definition of Soil Water Potential
Soil water potential is formally defined by the International Soil Science
Society as "the amount of work that must be done per unit quantity of pure water in
order to transport reversibly and isothermally an infinitesimal quantity of water from
a pool of pure water at a specified elevation at atmospheric pressure to the soil water
(at the point under consideration)" (Hillel, 1980 2, p. 137).

1.3.2 Definition of Matric Potential
In a formal definition by Schmugge et al. (1980), matric suction is the pressure
difference across a boundary permeable only to water and solutes, which separates
bulk water and soil water in hydraulic, chemical, and thermal equilibrium (Schmugge
et al., 1980).
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1.3.3 Causes of Matric Potential
Matric potential results from the affinity of water molecules to the soil matrix
(adhesion), and the affinity of water to itself (cohesion). In an unsaturated soil, these
tendencies are exhibited in the dual processes of capillary action and adsorption. The
process of capillary action describes the affinity of water to the particle surfaces
making up the soil pore and is due to adhesive plus cohesive forces. Adsorption
represents the affinity of water molecules to the particle surfaces. Hydration
envelopes are formed over the particle surfaces (Hillel, 1980 2, p. 143) due to
adhesive London-van der Waals forces (Koorevaar et al., 1983, p. 63). The relative
importance of each of these processes may vary in relation to soil type. In a sand, for
example, capillarity may dominate. However, in a clay soil, adsorption may be equally
important. (Hillel, 1980 2, p. 143).

1.3.4 Tensiometry
Tensiometers were used to measure soil water tension in unsaturated soils as
early as 1922 (Gardner et al., 1922). The term "tensiometer" was introduced by
Richards and Gardner in 1936 as a reference to the porous cup and vacuum gage
combination for measuring capillary tension.
A tensiometer commonly consists of a water- or liquid-filled porous ceramic
cup connected by a continuous liquid column to a gage (which is traditionally a
mercury manometer or vacuum gage), and a means for water filling and air removal
(Richards, 1949; Hillel 1980 2, p. 156). As an alternative to the traditional gages,
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Marthaler et al. (1983) devised a tensiometer system whereby the measuring gage is
a pressure transducer with digital output. This system is described in the Materials
and Methods chapter.
Schmugge et al. (1980) report that this method has proved to be a successful
alternative by providing a fast response, low-volume displacement tensiometer system
suitable for monitoring moisture gradients that occur in the field (Schmugge et al.,
1980). Yeh et al. (1986) and other researchers have also found the system to be
expedient.
The proper procedure for using tensiometers in the field includes de-airing
the water or solution in the tensiometer, placing the tensiometers in the soil, and
allowing them to equilibrate with the soil water (see Chapter 2 describing Materials
and Methods). The ceramic cup is porous to water and solute but not to air, so that
water can flow in response to the soil water suction in the soil and the drop in
hydrostatic pressure can be determined. In the pressure transducer system used in
this study, a volume of air is left in the tensiometer below the septum stopper. The
pressure in the air, in equilibrium with the water pressure, is measured (i.e. as water
is drawn into the soil, the volume of water in the tensiometer decreases, the air
volume increases and the air pressure decreases and is measured). Richards (1949)
advised that the walls of the porous cup should be as permeable as possible and still
have an air entry value greater than 1 bar.
The tension range covered by tensiometers extends from 0 to about 0.85 bars
(Richards, 1949). The highest tension reading that can theoretically be obtained with
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a tensiometer is about 1 bar. Practically, data cannot be obtained beyond 0.8 to 0.9
bar because the air entry value of the ceramic cup is exceeded (Schmugge et al.,
1980). Although the range for reliably using tensiometers is limited, it generally
encompasses the greater part of the soil wetness range (Hillel, 1980 2, p. 157).
How adequately a tensiometer covers the range of tensions found in the field
is dependent on soil texture. Clay soils are particularly problematic. For example, in
soils containing over 42% montmorillonite clay, the tension can change from 200 to
800 cm water with a 1% change in volumetric water content (Abele et al., 1979). In
fine-textured soils, the tension range of 0 to 0.85 bars only covers about half of the
moisture content range between field capacity and the wilting percentage. For coarse
soils, the tensiometer's capability may cover more than 90% of the available moisture
content range.
Advantages of using tensiometers are that they are relatively inexpensive, the
time response when using a transducer is rapid, and they can usually be placed in the
soil easily and with minimal disturbance (Schmugge et al., 1980).
As with all field apparatus, there are some disadvantages to consider when
using tensiometers. Errors related to tensiometers are discussed in the chapter on
errors.
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1.4 Neutron Scattering Method
The neutron scattering method was introduced in the 1950s (i.e. Belcher et al.,
1950; Gardner and Kirkham, 1952; Holmes, 1956), and has been widely used in field
studies since the early 1960s (Van Bavel, 1963; Ben-Asher, 1979).
This field technique uses a neutron access tube and neutron moisture meter
which consists of a probe and a scaler. The access tube is installed vertically into the
soil. To take water content readings, the neutron probe is lowered into the access
tube; the radioactive source in the probe emits high energy neutrons into the soil.
Although the neutrons are primarily slowed down and scattered by elastic collisions
with the nuclei of low atomic weight atoms, this method presumes that hydrogen
(from H20) is the sole element in the soil which thermalizes the fast emitted
neutrons (Cotecchia et al., 1968).
The thermalized neutrons are counted by means of a detector in the probe
(which is filled with BF3 gas so that

10 B

nuclei absorb the slowed neutrons and emit

alpha particles) and a scaler (which counts the electrical impulses corresponding to
the emitted alpha particles). The counted neutrons which have returned to the scaler
per unit time are considered to be a function of the water content in the soil
(whether in the liquid, solid, or vapor state) (Hillel, 1980 2, p. 130).
Each water content measurement is calculated from the number of counted
slowed neutrons plus a previously determined calibration curve of counts versus water
content (Schmugge et al., 1980). For best results, each probe should be calibrated
separately for each soil type where it will be used (Van Bavel, 1963; Schmugge et al.,
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1980; Cotecchia et al., 1968; Hillel 1980 2, p. 131). The calibration depends upon the
strength of the source, the nature of the detector, the geometry of the source and
detector in the probe (McCauley and Stone, 1972), the materials used to construct
the probe, the size and composition of the access tube, and the physical and chemical
properties of the soil (Schmugge et al., 1980).
To perform the calibration, the relationship between neutron count rate and
volumetric water content is evaluated. The latter is usually determined by taking soil
samples close to the neutron access tube and applying one of the other methods for
determining water content such as the gravimetric method (Lascano et al., 1986). In
most soils, a nearly linear relation is found (Hillel, 1980 2, p. 131).
The sphere of influence of the neutron probe measurement is the effective
volume over which the average water content is calculated. Van Bavel (1963) defined
the sphere of influence as that volume which contains 95% of all the thermalized
neutrons. The volume of the sphere of influence is dependent on the amount of
moisture in the soil. The radius of the sphere is reported to vary from less than 10
cm in a wet soil to greater than 25 cm in a dry soil (Hillel, 1980 2). However, the
radius of the sphere of influence cannot easily be related to depth resolution when
there is heterogeneity with soil depth (Schmugge et al., 1980).
The major advantages of the neutron probe method are that it is nondestruc
tive (except for installation of the access tube) and that field measurements may be
carried out quickly, easily, and reasonably accurately (Wilson and Ritchie, 1986).
Furthermore, measurements can be made repeatedly at the same site and the method
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is suited for observing water content changes with depth and over time (Schmugge
et al., 1980).
Disadvantages of the method include the high cost of the equipment and the
health risk associated with the radioactive source. However, the main problems with
the neutron scattering method for research studies are related to errors with the
water content results. These errors are discussed in the chapter on error analysis.

1.5 Soil Textural Fractions
A soil's physical makeup is often described by its texture, which is a
characterization of the relative size of soil particles and their distribution. In common
usage, texture refers to the coarseness or fineness of the soil. Particle sizes are
classified into three main textural fractions: sand, silt and clay. Different classification
schemes have been devised for assessing soil texture. Hillel (1980 2, p. 57) compares
some of these schemes including those recognized by the U.S. Department of
Agriculture and the International Soil Science Society. Not only are the textural
fractions composed of different sized particles, they also have different qualities and
exhibit different behavior in soils.
A sandy soil feels gritty and is non-coherent (Briggs, 1977). It generally
consists of grains of relatively uniform dimensions, and tends to be well drained and
well aerated. Because of the relatively large size of grains and small exposed surface
area, the sand fraction does not play a major role in the physicochemical activities
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in a soil, but mainly serves as a foundation for the other fractions (Foth and Turk,
1958).
Clay is sticky, tenacious and plastic when wet (Briggs, 1977). The clay fraction
is the colloidal fraction and has the most influence on soil behavior because of its
greater surface area per unit mass. Clay adsorbs water, hydrates, swells on wetting,
shrinks on drying, carries negative charge, has an electrostatic double layer with
exchangeable ions, and exhibits heat of wetting (Hillel, 1980 2, pp. 58-59).
Silt feels silky and smooth. A silty soil has qualities which are similar to both
sand and clay. "Mineralogically and physically, silt particles generally resemble sand
particles, but because they are smaller and have a greater surface area per unit mass
and are often coated with strongly coherent clay, they may exhibit, to a limited
degree, some of the physicochemical attributes of clay" (Hillel, 1980 2, p. 58).
Whereas individual soil grains may be classified as sand, silt or clay, a volume
of soil is likely to be a blend of these fractions. Textural analysis therefore consists
of measuring the proportion of the three fractions in the soil volume. Then, by means
of a textural triangle (refer to Hillel, 1980 2, p. 60), each soil can be assigned a
textural class i.e. silty clay loam, sandy clay, etc.
Although there have been many attempts to develop predictive equations
relating texture to soil hydrologic properties (i.e. hydraulic conductivity, water
content), no equations have been determined applicable to all soil types.
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1.6 Hydraulic Conductivity
There are many factors which affect hydraulic conductivity. Properties of the
soil like soil texture and structure clearly influence a soil's flow regime.
Texture greatly affects a soil's ability to conduct water. A saturated sandy soil
is known to conduct water more rapidly than a clayey soil. However, Hillel (1980 2,
p. 198) explains that this is not the case when the soil is unsaturated. In a sand, the
large pores empty quickly and early. A clay retains water better and may conduct
water even at an appreciable suction. So, flow can be greater and persist longer in
clayey than in sandy soils (Hillel, 1980 2, p. 198).
Soil structure which is highly porous, fractured, or aggregated will have a
higher hydraulic conductivity than a compacted, dense soil (Hillel, 1980 2, p. 179).
The total porosity or total amount of water in a soil does influence the hydraulic
conductivity, but the crucial factor is pore distribution and pore geometiy, i.e. the size
of conducting pores, their interconnectedness and tortuosity. For example, clay has
a higher porosity than sand yet the clay's pores are small and are not interconnected
so it does not conduct water as well (Hillel, 1980 2, p. 179).
A well-sorted sand will have a higher hydraulic conductivity which remains
relatively stable over time as compared with a poorly sorted sand (Davis and
DeWiest, 1966, p.34). Bouma et al. (1977) assert that the coupled effects of bulk
density and structure play an important role in pore size, shape, and orientation and
as a result, are prime factors influencing hydraulic conductivity.
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Christensen (1943) attributed the decrease of saturated hydraulic conductivity
with time to these possible causes: a. air may come out of solution and fill soil pores;
b. Clay particles may migrate and clog pores; c. material may be deposited from the
solution and cement the openings; d. the soil may be compacted during flow; e. the
aggregates which determine the soil structure may be changed; f. bacterial action may
change the soil and pore space (Christensen, 1943). Saturated hydraulic conductivity
may also fluctuate due to changes in the composition and concentration of solutes
in the solution which flows through the soil. If electrolytic solutes decrease,
conductivity is generally lowered.
Changes in unsaturated hydraulic conductivity may be due to the "actual
change in the permeability of the medium" or to a change in water content due to
drying or wetting of the soil, (because the size and thickness of the moisture
conducting films decrease with drying and increase when wetted) (Christensen, 1943).
Jaynes and Tyler (1984) developed an equation relating hydraulic conductivity
to texture. Their conclusions supported Bouma (1975) that for coarse-textured soils,
texture alone may serve as an adequate indicator of a soil's conductivity characteris
tics. Mbagwu et al. (1983) found saturated hydraulic conductivity to be positively
correlated with percent sand and organic carbon, and to be negatively correlated with
percent clay.
Fluid density and viscosity influence hydraulic conductivity because they affect
the friction between water molecules. Although density may vary with temperature
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and solute concentration (Hillel, 1980 2, p. 180), and viscosity may vary with
temperature, these factors are usually neglected (Koorevaar et al., 1983).

1.7 Infiltration
The following sections pertain to the process of infiltration including the
observed decrease of infiltration rate over time, zones of infiltration and a discussion
on detection of layers.

1.7.1 Decrease of Infiltration Rate over Time
The decrease of the infiltration rate with time after precipitation or irrigation
is mainly due a decrease in moisture potential gradient (within the transmission zone
of the soil) as the infiltration process proceeds (Bodman and Colman, 1943). The
driving force for water movement into the soil is the sum of the pressure head
gradient between the wetting front and the soil surface, and gravity head. In the early
stages of infiltration, the matric potential component is generally more important
than the gravity component for inducing water movement (in one-dimensional
infiltration into homogeneous soil of uniform initial wetness and horizontal systems
and fine-textured systems) (Philip, 1969). Later, as the wetting front advances, the
difference in pressure head between the saturated soil surface and the unwetted soil
inside the profile decreases. This is because the change in pressure head is divided
over an ever-increasing distance. The matric potential gradient, therefore, tends to
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zero, leaving only the gravitational gradient responsible for downward water
movement (Koorevaar et al., 1983, p. 153; Hillel, 1980 1, p. 20).
As the infiltration rate decreases with time, many researchers report that a
constant nonzero value is asymptotically approached, the steady-state infiltration.
When infiltration proceeds until only the gravitational component is operating (for
a homogeneous and structurally stable profile), the steady-state infiltration rate tends
to approximate the saturated hydraulic conductivity of the soil (Hillel, 1980 1, p. 8)
Some investigators, however, have discounted that a final asymptotic infiltration rate
is actually attained. Roy and Ghosh (1982), for example, found that the infiltration
rate continued to fluctuate even at late times. Bond and Collis-George (1981 1) also
reported that, in some soil systems, steady-state infiltration is not reached.
Typical reported final infiltration rates are: less than 2.4 cm/day for sodic
clayey soils, 2.4 to 12 for clayey soils, 12 to 24 for loams, 24 to 48 for sandy and silty
soils, and greater than 48 cm/day for sands (Hillel 1980 1, p. 24).
Physically, the decline of the infiltration rate may be due to the soil pores
filling with water, especially in fine-textured soils (Freeze and Cherry, 1979, p. 211).
It may also be caused by a gradually decreasing hydraulic conductivity of the soil
from compaction of the surface layer, inwashing and accumulation of colloids,
breakdown of structure or to entrapped air ahead of the wetting front (Hillel, 1971).
The raindrop impact effect (or "puddling") can cause small particles to wash into
open cracks and holes, and the exposed surface soil may disperse and seal, thus
reducing infiltrability (Hillel, 1980 2, p. 215; Davis and DeWiest, 1966, p. 35).
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1.7.2 Zones of Infiltration
Four water content profile zones were originally observed by Bodman and
Colman (1943) during ponded infiltration. Since then, other researchers have
observed similar zones and have expounded on the theory. After water application
at the soil surface, the following five zones may be discerned: 1. a saturated surface
zone to a depth of about 1 cm. On the basis of experiments by Bond and CollisGeorge (1981 1), this zone is initially very thin and grows with time to about 5 cm
deep. 2. a transition zone (observed by some experimenters) approximately 5 to 10
cm deep, of decreasing water content with depth from 100 to 90% of saturation; the
zone moves deeper into the profile with time but its length remains approximately
constant (Bodman and Colman, 1943; Bond and Collis-George, 1981 1). The two
upper zones are caused by structural changes at the soil surface and by the increase
with depth of entrapped air (Bond and Collis-George, 1981 1; Koorevaar et al.,
1983). 3. a transmission zone, which is the conveyance zone for the infiltrating water
(Koorevaar et al., 1983). Water content stays approximately constant and close to
saturation or changes quite slowly with both depth and time; this zone elongates as
infiltration proceeds. The total potential gradient approaches unity in this zone.
(Bond and Collis-George, 1981 1); 4. a thin wetting zone with a relatively rapid
change of water content with both depth and time (Philip, 1969); water content
changes from its initial value to the value of the transmission zone, 5. and the wetting
front zone which is the visible limit of water penetration and where the pressure
head gradient is large (Philip, 1969).
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Although these zones may be helpful for understanding the process of
infiltration, they are not applicable in all cases. For example, there may be unstable
flow. In this case, water does not "advance as a smooth front"; instead, "fingers" may
be formed. Unstable flow, particularly "wetting-front instability" sometimes develops
when water infiltrates from a fine-textured to a coarse-textured layer (as found in the
experimental plot in this study). (Hillel, 1980 1, p. 32).

1.7.3 Detecting Layers
It is important to ascertain if different layers are present in the soil in order
to interpret soil water tension, hydraulic head, soil water content or hydraulic
conductivity data. For any layered, conducting soil, the matric suction and hydraulic
head are continuous with depth. However, "abrupt discontinuities at interlayer
boundaries may occur for wetness and conductivity data". (Hillel, 1980 1, p. 25).
In order to detect boundaries, Parkes and Waters (1980) examined total
hydraulic head profiles. They found that changes between layers of coarse or finestructured materials could be identified by the positions of unit hydraulic gradient.
They concluded that "identification of boundaries between soil layers with
homogeneous water retention data depends on the interpretation of total hydraulic
head profiles at low moisture tensions. These boundaries reflect differences of
structure rather than texture" (Parkes and Waters, 1980).
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1.8 Pertinent Equations
The following basic equations are relevant to this study.

1.8.1 Darcy's Law
Darcy's law was originally developed in 1856 to describe the flow of water in
saturated media (Darcy, 1856; Hubbert, 1956). It was formulated by Henry Darcy,
a French engineer studying seepage rates through sand filters in the city of Dijon
(Hillel, 1980 2, p. 170).
Experiments have confirmed that Darcy's law can also be applied to the flow
of water in unsaturated media in a modified form in which the hydraulic conductivity
is a function of water content or soil tension (Philip, 1969). The Darcy equation for
unsaturated flow is:

Q

- -Kflr)

A

V

H

where Q is the discharge rate (L3/time), K, the hydraulic conductivity (L/T), is a
function of suction head,

i)j(

L), A is the cross-sectional area perpendicular to flow

(L2), and VH is the gradient of the hydraulic head in three-dimensional space.
How legitimate is the application of Darcy's law to the unsaturated zone?
Philip (1969) asserts that the theoretical validity of this concept depends on the
assumption ...that the drag at the air-water interfaces in the soil is negligibly small",
which is generally reasonable to assume (Philip, 1969). Researchers have determined
(eg. Watson, 1966; Vachaud, 1967) that Darcy's law may be successfully applied in
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porous media at any point in time and space during transient unsaturated flow (Bond
and Collis-George, 1981 1).
Although Darcy's law has become the fundamental basis for hydrologic
analyses of both saturated and unsaturated water flow, it is not applicable under all
conditions. The flux versus hydraulic gradient relationship ceases to be linear at high
velocities when flow is nonlaminar (i.e. turbulent) so that inertial forces become
more important relative to viscous forces. It is the Reynold's number which expresses
this ratio of inertial to viscous forces. For steady flows in porous media, Darcy's law
holds if the Reynold's number is smaller than unity (Hillel, 1980 2, p. 182), but fails
when flow is nonlaminar so that the Reynold's number exceeds the 1 to 10 range
(Philip, 1969).
Experimental evidence by Philip (1969) suggest that deviations from Darcy's
law due to inertia are generally not significant for either saturated or unsaturated
transient flow (Philip, 1969). Klute (1965 1) affirmed that flow is typically laminar in
natural silts and finer materials (Hillel, 1980 2, p. 181). However, nonlaminar flow
conditions may be found in coarse sandy and gravelly soils (Hillel, 1980 2, p. 181).
Darcy's law is also based on the assumption that the soil water is a
Newtonian fluid (i.e. like bulk water, in which stresses are proportional to the rates
of strain.) This assumption may be invalid for low flow rates (which are less than
proportional to the gradient) and in small pores, particularly in clayey soils of high
colloid content and large specific surface (Philip, 1969; Hillel, 1980 2, p. 182).
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Other phenomena which may cause deviations from Darcy's law include:
colloid swelling and electrolyte concentration, entrapped air, thermal effects and
capillary hysteresis (Philip, 1969).

1.8.2 Continuity Equation
In addition to obeying the Darcy law of motion, fluid flow must also obey the
principle of conservation of matter. It states that matter can neither be created nor
destroyed but can only change from one state or location to another. "Since no
significant amounts of water are normally decomposed or composed in the soil, the
water content of a soil profile of finite volume cannot increase without addition from
the outside (i.e. infiltration, capillary rise), nor can it diminish unless transported to
the atmosphere by evapotranspiration or to deeper zones by drainage" (Hillel, 1980
1, p. 197). Continuity (or the water mass balance) requires that if the velocity of flow
increases along the flow path, then the soil must itself contribute to the increased
flow, thereby decreasing steadily in water content (Childs, 1967).
The water balance is formally expressed for free space as:" the net excess of
mass flux per unit time into or out of any infinitesimal volume element in the fluid
is equal to the time rate of change of the fluid density in the volume element
multiplied by the free volume of the element" (Klute, 1952). Hence:

ia - -w
dt
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where p is the fluid density, t is time, and V is the mass of fluid flowing through a
cross-sectional area per unit time. The equation is modified for porous media
because not all the space per unit volume is available for fluid flow:
dp 0
—
dt

VV

where ps is bulk density and e is the water content by weight (Klute, 1952).
In the vertical direction:
30 _ -dq
dt
dz
where q is the velocity of flow, 0 is the volumetric water content, t is time and z is
depth.

1.8.3 Partial Differential Equation for Vertical Soil Water Flow
In order to derive the partial differential equation for vertical soil water flow,
the continuity equation and Darcy's law for unsaturated flow
Beginning with continuity for the vertical direction:
50 _ -dq
dt
dz
and substituting Darcy's law in for q:
q - -K(6) V H

are combined.
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the partial differential equation (PDE) for vertical flow in the soil (also called
Richard's equation) is obtained:

30
dt

K(Q) —
dz
dz

where e is volumetric water content, t is time, z is vertical depth coordinate taken
positive downward, K is hydraulic conductivity, and H is hydraulic head (sum of
gravitational and matric suction heiads) (Nielsen et al., 1973).
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APPENDIX 2
CLASSICAL STATISTICS
Classical statistical concepts and techniques are described in numerous
textbooks and references. Selected terms used in this study will now be defined. Note
that in describing units, (L) represents the units of the original random variable or
sample.
A commonly used measure of central tendency is the arithmetic mean, median
and mode:
Mean: The arithmetic mean (or average) is defined as the sum of all
observations divided by the number of observations. Algebraically, the sample mean
is estimated by:

where the x; are n independent measurements. The sample mean is an unbiased
estimator of the population mean (Rendu, 1978, p. 3):
- x
The true population mean/z and the sample meanx are related by n = E(x) E(x). E(x) is the expectation defined by:
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E(x) - r°° X f(x) dx
J-oo

(Knudsen and Kim, 1978, pp. 4-5).
Units for the mean: (L).
Four common measures of dispersion are the range, variance, standard
deviation, and coefficient of variation:
Range: The range of a sample is the difference between the largest and
smallest sample values. Units for the range: (L).
Variance: The variance describes the "spread" or variability of the data, and
is useful for assessing errors in predictions. Mathematically, the variance of the
random variable X is the second moment about the mean. The population variance
is defined by (Knudsen and Kim, 1978, p. 7):

a 2 - E (x - u) 1 - J°° (x - u) 2 /(x) dx

In most cases, the sample variance is estimated by (Rendu, 1978, p. 3):

s2 - —L
C*i " *)2
n-1 i.i
With n-1 in the denominator rather than n, the sample variance is an unbiased
estimator of the population variance (Knudsen and Kim, 1978, p. 6). Units for the
variance: (L2).
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Standard Deviation: The standard deviation is the square root of the variance.
For the population (Knudsen and Kim, 1978, p. 7; Rendu, 1978, p. 3):

and for the samples (Knudsen and Kim, 1978, p. 7; Rendu, 1978, p. 3):

Note that while s2 and (CV)2 (attributable to different sources of variation) are
additive, standard deviations are not (Beckett and Webster, 1971, p. 2). The units for
standard deviation: (L).
Coefficient of Variation: The coefficient of variation is defined as the standard
deviation divided by the mean:

CV - 1
x
It is a dimensionless measure of dispersion.
Other standard definitions and methods applicable to this study are:
Central Limit Theorem-. According to the central limit theorem, no matter what
distribution a group of independent random variables are from, the sample mean of
these variables is approximately normally distributed for a large sample size
(Knudsen and Kim, 1978, p. 17). Specifically, it states: If Sn is the sum of n
independently and identically distributed random variables X; each having a mean
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u and variance a2, then in the limit as n approaches infinity, the distribution of Sn
approaches a normal distribution with mean nu and variance na2 (Haan, 1977.. p. 89).
Confidence Limits: One expresses his confidence in an estimate by error
bounds which are called confidence limits. Using the central limit theorem,
confidence limits can be calculated for the sample mean. The most common limit is
95%. The upper and lower 95% confidence interval of the mean is:
2s
x+ —
Tn
so that 95 out of 100 times the procedure is applied, the true population mean is
within the specified limits.
Correlation Diagrams: Correlation diagrams are constructed by plotting one set
of sample data versus another set to determine the degree of linear correlation. They
are useful for inspecting homogeneity of a spatial coregionalization (Journel and
Huijbregts, 1978, p. 205).
Frequency Distribution: A frequency distribution describes how the units of a
population are distributed over the range of their possible values. Two types of
frequency distributions are probability density functions and cumulative probability
distributions. The discrete pdf assigns a probability to each event. The continuous pdf
is used to determine the probability that an event falls within a certain range. The
cumulative probability distribution describes the proportion of the population that
is smaller than a given value (Knudsen and Kim, 1978, p. 4).
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A frequency distribution can be exhibited in a fractile diagram which is based
on the cumulative frequency distribution function for a normal population. A fractile
diagram does not quantify the spatial variability of soil water properties, but merely
considers the values in terms of their relative magnitudes independent of their
coordinate position (Vieira et al., 1981, p. 1046). Vieira et al. (1981) state that it is
futile to look for a more exact frequency distribution, because a set of observations
is seldom ideally distributed, and the underlying principles of kriging do not depend
upon a knowledge of such a distribution (Vieira et al., 1981, p. 1044).
Histogram: The histogram is a convenient way to display sampling data. It is
an experimental curve of the frequency of occurrence of the different values of the
random variable (Journel and Huijbregts, 1978, p. 204) In order to make a histogram,
sample values are grouped into classes and the number of samples falling into each
class are plotted. The choice of class limits and scale affects the shape of the
histogram (Rendu, 1978, p. 3). Histograms are particularly useful for detecting
extreme or suspect data, and for examining homogeneity of the spatial distribution
i.e. skewness and bimodal distributions (which may have to be treated separately)
(Knudsen and Kim, 1978, p. 9; Rendu, 1978, p. 3).
Normal and Lognormal Distributions: The probability distribution which
exhibits the well known bell-shaped curve is called the normal distribution. The mean
and variance completely define the normal distribution according to its p.d.f. formula:
Note that 68% of the values lie within 1 standard deviation of the mean, and 95%
lie within 2 standard deviations of the mean (Knudsen and Kim, 1978, p. 12).
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f(x) - — \J2T1 exp —^
a
2a 2

for -<*> <_ x <: <x>

Skewed distributions can often be described by a lognormal distribution, in
which the logarithms of the values are normally distributed. The probability density
function is defined by (Knudsen and Kim, 1978, p. 14):

/(*)-

1

exp

— ln(jc) -a2
—

There are two common ways for determining whether the normal or
lognormal distribution is applicable. First, the histogram of the sample values is
visually inspected for the bell shape or skewness. Second, the measured values may
be plotted on probability paper (fractile diagram). Although they are simple to use,
these methods do not give an objective assessment of the goodness-of-fit of the
theoretical distribution to the measured data (Rao et al., 1979, p. 274).
Parametric Tests: When parametric tests are used, assumptions are made about
the population, i.e., normal. When nonparametric tests are used, no assumptions are
made about the nature of the population from which observations are drawn (Davis,
1973).
Regression Analysis: The regression line is the straight line which best fits the
data (i.e. minimizing the squared deviations around it) plotted in a correlation
diagram. Regression analysis is useful for examining trends in the data, and
estimating characteristics by interpolating between data points and extrapolating
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beyond the data points (Davis, 1973, p. 192, 206). Please refer to Davis (1973) or any
standard statistics textbook for more detail.
Root-Mean-Square: To calculate rms, first square the list of values, take an
average, and finally compute the square root.
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APPENDIX 3
SUPPLEMENTARY GEOSTATISTICAL THEORY
This appendix contains additional information related to geostatistics including
history, some notes on the mathematical theory of regionalized variables, stationarity
assumptions, notes on the semivariogram, the range and related spatial correlation
measures, admissibility of models, theoretical models, ordinary and universal kriging.

3.1 History of Geostatistics
In the early 1960s, George Matheron developed an entire theory of
regionalized variables. Matheron, a French engineer of the Corps des Mines,
expanded on earlier research which had sought to solve problems of estimation in the
mining industry. Particularly, Matheron's theory was largely based on the work of
D.G. Krige, a noted South African mining geologist. Krige aimed to "systematically
and accurately estimate the gold content of mined blocks" related to the geometric
configuration of the samples (Olea, 1975). His work included a study on the zone of
influence of gold ore samples (Krige, 1966; Krige in Guarascio et al., eds., 1976), and
development of a weighting system which was essentially a simplified version of
Matheron's system (Guarascio, 1976). Matheron modified and refined Krige's ideas
into a generalized theory of regionalized variables which could be applied to many
spatially distributed phenomena (Olea, 1975). To honor the contribution of Krige,
the estimation technique developed by Matheron was named "kriging".
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For a detailed historical review of the development of geostatistics, the reader
is referred to an article written by Krige (in Guarascio et al., eds., 1976). Delhomme
(1978) also gives credit to researchers in the Soviet Union beginning in the 1940s
which concurrently recognized the need for a unified theory like the one developed
in South Africa and France. It is interesting to note that when Matheron was asked
in the early 1970s to delineate the history of geostatistics, he objected that the
discipline was still too "y°ung" t° be treated from a historical point of view
(Matheron in Guarascio et al., eds., 1976).

3.2 Notes on the Mathematical Theory of Regionalized Variables
This section includes information describing a probabilistic model, notations
used in the text, definition of a random variable, characteristics of regionalized
variables, and the definition of moments.

3.2.1 Probabilistic vs. Deterministic Model
In a deterministic (or nonstochastic) model, a single number describes each
independent variable, and a formula or model predicts a specific value for the
dependent variable. An example is the motion of a ball dropping as described by
Newton's laws (Zukav, 1979, p. 34; McCammon, 1975, p. 90).
In many cases, individual events cannot be predicted. Only the likelihood or
probability of an individual event or group behavior can be estimated. This is called
a probabilistic or stochastic approach (Zukav, 1979, p. 34). Probabilistic models are
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appropriate when values of the independent variables are uncertain, so that the
dependent variable is also uncertain. This uncertainty may be due to natural variation
or incomplete knowledge or understanding (McCammon, 1975, p. 90). An example
is the process of radioactive decay. The number of atoms which decay in a certain
time can be predicted, but which atoms will or will not decay cannot be predicted.
Both classical and spatial statistical approaches incorporate some deterministic
and probabilistic aspects. For example, the theory of regionalized variables is based
on a probabilistic interpretation of random functions. However, the drift term in
geostatistics consists of both a supposed deterministic term and a random term.

3.2.2 Notations
z(x) refers to the value of the regionalized variable or to the measured value
at point x; Z(x) refers to the random variable or random function; z"(x) refers to an
estimated regionalized value; Z*(x) denotes the interpretation of an estimated value
as a random variable or random function (Journel and Huijbregts, 1978, p. 5).

3.2.3 Random Variable
A random variable Z(x) is a numerical quantity which can take one of several
possible values. Mathematically, it is a single-valued, real-valued function defined on
a sample space.
A random variable is a stochastic variable arising from probabilistic
mechanisms, just as nonstochastic variables are associated with deterministic
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mechanisms. As in the case of a coin toss, a random variable can be defined in terms
of the outcome of an experiment (Knudsen and Kim, 1978). The observed values are
outcomes following some probability density function (Olea, 1975; Journel and
Huijbregts, 1978, p. 29; Knudsen and Kim, 1978).

3.2.4 Characteristics of Regionalized Variables
The value of a regionalized variable is a function of its geometric support.
This term encompasses the sample's localization: sample size, shape, orientation, and
geometric field (Rendu, 1978). The support not only describes the volume on which
the variable is defined, but also incorporates the method used to obtain the samples
(Journel and Huijbregts, 1978, p. 199). The value of a regionalized variable is also
a function of its significance and its field of extension, the domain on which the
spatial distribution of the variable is to be studied (Journel and Huijbregts, 1978, p.
199). Regionalized variables also exhibit degrees of continuity and anisotropy (Olea,
1975).

3.2.5 Definition of Moments
For a random variable Z(x) at point x, the distribution function of Z(x) is
assumed to have an expectation which is a function of x. The expectation or first
order moment of Z(x) is: E{Z(x)} = m(x). The three second-order moments
considered in geostatistics are the 1. a priori variance of Z(x) with Var {Z(x)} = E
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{Z(x) - m(x)]2 where m(x) is the expectation of the random variable Z(x); 2. the
covariance for two random variables at two locations x2 and x2:

C(x v x 2 ) - VAR {Z(xj - Z(x2)} - CQi) - E[Z(x h) • Z(x)]
- m 2 - E {[Z(x) - m] [Z(x + h) where h is a vector with coordinates in three-dimensional space (Journel and
Huijbregts, 1978, p. 31, 32; David, 1977, p. 93); and the 3. variogram as described in
the text (Journel and Huigbregts, 1978, p. 31).

3.3 Stationaritv Assumptions
Besides the intrinsic hypothesis, two other forms of stationarity are commonly
used in spatial statistical studies. These are strict stationarity and second-order
stationarity.

3.3.1-Strict Stationarity
The most restrictive type of stationarity is strict (or strong) stationarity. A
random function is strictly stationary when its joint pdf of k arbitrary points (its
spatial law as defined in the previous section) is invariant under simultaneous
translation of all these points for any order k, whatever the translation vector h
(Journel and Huijbregts, 1978, p. 32; Delhomme, 1978, p. 252). The requirements for
strict stationarity are:
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E[Z(x)\ - m

VAR[Z(x)\ - a 2
and
E[Z(x + h) - Z(x)]2 - 2y(h)
where m, a2, and 2y (h) are all finite and independent of x. This strict condition is
not required in linear geostatistics.

3.3.2 Second-Order Stationarity
The above assumptions can be weakened for second-order stationarity (or
weak stationarity) when k=2. Only the first two moments are required to remain
constant under translation (Olea, 1975, p. 16). Under this hypothesis: A. the mean,
E[Z(x)] = m(x) = m is finite and is assumed to be constant over the field of interest,
independent of location x (David, 1977,- p. 93; Rendu, 1978, p. 14, 15; Journel and
Huijbregts, 1978, p. 32). This implies that there be no significant drift in sample
values although there may be high and low-grade areas (Rendu, 1978, p. 14, 15). B.
The covariance between each pair of random variables,
C(h) - E[Z(x + h) . Z(x) - m 2 ]
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is finite and depends only on the separation distance h and not on location x
(Knudsen and Kim, 1978, p. 49). C. The variance of the random function must be
finite so that the covariance may be defined (David, 1977, p. 93; Gajem et al., 1981,
p. 713). The variance is stationary (Journel and Huijbregts, 1978, p. 32) and indepen
dent of x so that (Delhomme, 1978):
VAR [Z(*)] - E[(Z(x) - m)1] - C(O)
D. The variogram is also stationary so that (Journel and Huijbregts, 1978, p. 32):

y(h) - 1 Ei[Z(x + h) - Z(x)fl - C(O) - C(h)
2
Under second-order stationarity requirements, either the semivariogram or
covariogram may be used (Journel and Huijbregts, 1978, p. 33).

3.4 Notes on the Semivariogram
Some additional notes related to the semivariogram follow related to squared
differences in the formula, what is an optimal estimator, three types of semivariograms, and practical guidelines for constructing semivariograms.

3.4.1 Squared Differences
A more viable function can be obtained by squaring the increments in the
semivariogram formula because the average distance between two samples is often
close to zero (Knudsen and Kim, 1978, p. 46).
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3.4.2 Optimal Estimator
The y *(h) is an unbiased estimator of y (h) for each h, but it is not robust, i.e.,
it is too sensitive to outliers (Cressie and Hawkins, 1980; Armstrong and Delfiner,
1980; Warrick and Myers, 1987 2, p. 496; David, 1977, p. 117).
The semivariogram is an optimal estimator when [z(x;), z(x, + h)] is binormally
distributed and the observations [z(X;), z(Xj), (i = l,n; j = l,n; i not =j) are all
uncorrelated. This ideal case is rarely found. Other formulas to estimate the
semivariogram have been suggested with varying assumptions (Russo and Jury, 1987
1). For example, Cressie and Hawkins (1980) introduced a robust method of
estimating the variogram for nonnormal data (Russo, 1984 4, p. 709). Alternate
formulas are described by Cressie and Hawkins (1980), Armstrong and Delfiner
(1980), and Omre (1984).

3.4.3 Practical Guidelines for Constructing Semivariograms
When calculating an experimental semivariogram, the sample size must be
sufficient. Journel and Huijbregts (1978, p. 194) and Bresler and Green (1982)
recommend greater than 30 (to 50) data pairs.
An experimental semivariogram should not be evaluated for lag distances
which are greater than half the length of the field (L) under study, which is the
"distance of reliability" (Journel and Huijbregts, 1978, pp. 194,212). Greater than this
distance, there is almost no relationship between the local and theoretical
semivariograms (David, 1977, p. 116).
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Please refer to Journel and Huijbregts (1978, pp. 210-212) for practical rules
to follow for irregularly spaced and non-aligned data. Guidelines for choosing class
distance, angle tolerance, and angle classes are also discussed in Journel and
Huijbregts (1978, pp. 210-212) and in Knudsen and Kim (1978, pp. 134-135).
For a constructed semivariogram to be valid, the samples should be
representative of the deposit or soil. The spacing of samples must be sufficiently
close to characterize variability. For example, Davis (1973, p. 384) cautions that if the
distance between sample points exceeds twice the range, there will be a region in the
middle of the interval which is completely independent of the two bounding sample
points and which cannot be estimated.
The intrinsic assumption must be met so that the grade variations are
homogeneous in the direction the variogram is computed for (David, 1977, p. 87) or
methods to deal with nonstationarity must be used. Ideally, each soil type should be
treated separately and all samples should be the same size (David, 1988, p. 137).
Journel and Huijbregts (1978, p. 227) stress that geological information should guide
the analysis, because "the variography completes and enriches the geological
knowledge of the phenomenon ..." (Journel and Huijbregts, 1978, p. 227).

3.4.4 Three Types of Semivariograms
(1) The theoretical variogram is the variogram of the random function Z(x),
the true underlying variogram of the deposit. It is described by:
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y(Ji)

- i

2

E[Z(x) - Z(x + h)f

-- f
2J

[Z(x) Z(x + h)]2 dx

Note that the integration is performed over an infinite number of pairs in an infinite
field, which can never be obtained (David, 1977, p. 115). Although it is an abstraction
based on a probabilistic model, we use the sample data to infer it (Knudsen and
Kim, 1978, p. 63).
(2) The local variogram is related to just one realization of the random
function. If the actual values of the realization z(x) in the finite field were perfectly
known (David, 1977, p. 115) for every possible location x in the domain, the local
variogram could be calculated by:

where V' represents the intersection of domain V and its translation by vector h
(Journel and Huijbregts, 1978, p. 192). Because it involves an infinite number of
pairs, we can never obtain it (David, 1977, p. 115).
(3) Although we cannot obtain either the theoretical or local variograms, we
can compute the experimental variogram (David, 1977, p. 115). Even in the simplest
case, the experimental variogram can only represent the local variogram, which may
differ greatly from the real one (David, 1977, p. 117). For a stationary random
function defined on a limited domain which has experimental data {z(Xj)} available,
the experimental variogram can be calculated by the formula in the text.
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It has been shown that the expected value of the experimental variogram is
the local variogram and the expected value of the local variogram is the underlying
theoretical [true] variogram (Knudsen and Kim, 1978, p. 63). Fluctuation error is the
difference between the local and theoretical variograms; estimation error is the
difference between the local and experimental variograms (David, 1977, p. 116).

3.5 The Range and Related Spatial Correlation Measures
Besides the range, two other spatial correlation measure which researchers
refer to in geostatistical analyses are the zone of influence and the integral scale.
These are discussed in the following sections along with problems associated with
estimation of the range.

3.5.1 Zone of Influence
Conceptually, the zone of influence can be visualized as a sphere around a
sampled point. The value of any point within the sphere is influenced by the central
point. Mathematically, the zone of influence is the n-dimensional sphere whose radius
is the smallest distance L such that:
cov(O) - y (L) _< e
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where e is any small number. Lis called the range of the semivariogram. All samples
outside the neighborhood defined by L are considered independent (Olea, 1975, p.

21).

3.5.2 Integral Scale
The integral scale is closely related to the concept of the range. For a secondorder stationary random function, integral scales (correlation length scales) can be
defined:

j, - j; P (h) dh

and
l
y2 - [2 J" p (h) hdh ~2
where p is the autocorrelation coefficient, and h is the lag between two data points,
Xj and x2. Jj is the integral scale of a one-dimensional, second-order stationary
process (Lumley and Panofsky, 1964) and is just the integration under the autocorre
lation function. J2 is the integral scale of a 2-D, isotropic, second-order stationary
process (Russo and Bresler, 1981 1; Bresler et al., 1981, p. 601; Baker, 1978; Yates
and Warrick, 1987). The integral scale represents the approximate or average
distance for which there is correlation between z(Xj) and z(x2) (Bresler et al., 1981,
p. 601; Russo and Bresler, 1981 1, p. 683).
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3.5.3 Problems with Estimation of the Range
Russo and Jury (1987 1, p. 1257) note that while "published works...[stress] the
importance of the correlation scale, [they] usually underplay the problems in
estimating it".
There is the problem of scale, because the range has been found to depend
on the size of area sampled (Burgess and Webster, 1980 1, pp. 318-319).
Russo and Jury (1987 1, p. 1257) studied the uncertainty of the estimation of
the correlation scales of stationary fields by conducting simulations (generating
realizations of a set of 2-D isotropic second-order stationary functions with given
correlation scales) (Russo and Jury, 1987 1, p. 1257). They found that for a larger
sample size, the range estimates tend to be less variable (i.e. have decreased
variance). There is also less variance when the size of the range of the underlying
process relative to the field area decreases. Biasedness tends to decrease as sample
size increases and and the underlying range increases. Accuracy of estimates of the
range and fitted variogram model consistency increases as both sample size and
range of the underlying process increases (Russo and Jury, 1987 1, p. 1257).
The estimated correlation scale is also found to be dependent on the length
of or density of points in the sampled transect (Russo and Jury, 1987 1, p. 1257) and
the distance between samples (Gajem et al., 1981, p. 709). Russo and Jury (1987 1,
p. 1257) report that reasonable estimates of the range can be obtained when the
distance between sampling points is smaller than half the range of the underlying
process. Estimates of ranges based on data along transects may underestimate the
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range of the underlying process by a factor of 2 or greater (Russo and Jury, 1987 1,
p. 1257). In addition, the location of samples may generate irregular experimental
semivariogram creating uncertainty in estimation of range (Russo and Jury, 1987 1,
p. 1257). Gajem et al. (1981, p. 709) found that larger sample intervals tend to give
greater range values. They predicted difficulty in assigning scale lengths by parameter
or soil (Gajem et al., 1981, p. 709).
Hoeksema and Kitanidis (1985, p. 568) also performed simulations and found
that minimum or maximum allowable values of the range were often outputted (54%
of runs yielded the minimum and 12% gave the maximum out of 41 runs). They
conclude that it is often difficult to obtain precise estimates of the integral scale.
They attribute the lack of correlation to measurement error or scarcity of data. In
their study, Hoeksema and Kitanidis opted to use the median value for the range
(Hoeksema and Kitanidis, 1985 1, p. 571).

3.6 Admissibility of Models
What are the properties of admissible functions which may be fit to the
experimental semivariogram? Linear combinations of known increment values must
be used (David, 1977, p. 112; Delhomme, 1978, p. 254), and the variances calculated
from these combinations must exist and must be positive (David, 1977, p. 112). In
geostatistical terminology, - y (h) must be conditionally positive definite (and C(h)
must be positive definite) (Journel and Huijbregts, 1978, p. 35).
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The condition that - y must be conditionally positive definite can be stated as:
For any set of n points x,- and set of arbitrary coefficients or weights a; which verify:

E «i-o
i-1

the following must be true (David, 1977, p. 112; Delhomme, 1978, p. 254):

VAR £ a{ Z(x.) - jr
i-1

a; Oj y (at; - x.) >0

i-1

j-1

A detailed, mathematical article on judging the permissibility of candidate
variogram models is presented by Christakos (1984, p. 264).

3.7 Commonly Used theoretical Models
The described theoretical models are divided into two groups: those with a sill
and those without a sill.

3.7.1 Models With a Sill
3.7.1.1 Spherical Model. David (1977, p. 102) contends that the spherical
model (also called Matheron model) is the most widely used model in ore reserve
analyses. The equation is:
/
y(/0-

\
3h

(

\
h3

i 2a3J

for h < a
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With a nugget, the equation may be stated as:

YtfO " C

3h

h3

2a

2a 3

+ C 0 for h < a

and
y (h) - C + C 0 for h > a

and
Y0 -

0

where h is the lag distance, a is the range, h is the lag distance, C0 is the nugget
value, and C + C0 is the total sill (David, 1977, pp. 102,122; (Journel and Huijbregts,
1978, pp. 83,164).]
The spherical model effectively asymptotically approaches its sill value for a
finite lag distance, the range h = a (Journel and Huijbregts, 1978, pp. 83,164). The
nugget value can be estimated by extrapolating the average linear behavior of the
first experimental points to the ordinate axis (Journel and Huijbregts, 1978, p. 232).
A tangent at the origin intersects the sill at a distance equal to 2a / 3 (;the slope of
the tangent at the origin is 3C/2a) (Rendu, 1978, p. 18). According to David (1977,
p. 122), the effects of misinterpreting the range and sill (C) values are not so critical,
but it is more important to make a proper estimate of the nugget value (David, 1977,
p. 122). The spherical model describes transition phenomena like those which occur
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when one has a series of strata independent of each other, but within each, the
grades are highly correlated (David, 1977, p. 103; Knudsen and Kim, 1978, p. 64).
3.7.1.2 Exponential Model. The exponential model has not been as commonly
used in mining applications because its range is too continuous and infinite (David,
1977, p. 108).
The formula for the exponential model (Journel and Huijbregts, 1978, pp. 83,
164) is:

y ( h ) - 1 - exp

h

With a nugget, its formula may be expressed as: (David, 1977, p. 108):

y ( h ) - C0 + C [1 - exp (1 - exp (—)]

a
The exponential model reaches its sill only asymptotically. The practical range
a' = 3a (so h = a = a'/3) is used for which (Journel and Huijbregts, 1978, pp. 83, 164):
y (a') - 0.95 - sill

The two parameters which characterize the exponential model are a and C.
C is the asymptote of the exponential curve and can be equated to the sill, and a is
the distance at which the tangent at the origin reaches the value C:
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/

\

y(/i) - 1 - exp —
a).
Note that the slope of the tangent at the origin is C/a (Rendu, 1978, p. 18).
3.7.1.3 Gaussian Model. The Gaussian model with very regular parabolic
behavior at the origin is infrequently used in mining. In absence of the nugget effect,
it corresponds to a random function Z(x) which is mean-square differentiate, and
thus to a regionalized variable z(x) which is very continuous in its spatial variability
(Journel and Huijbregts, 1978, p. 165).
The formula for the Gaussian model is (Rendu, 1978, p. 19):
/

\

Y ( h ) - C 1 - exp ——
a2 J.
v **
It is characterized by two parameters C and a, where C is the sill. The sill is reached
asymptotically and has a practical range of:

(Journel and Huijbregts, 1978, p. 165). The curve is parabolic near the origin and the
tangent at the origin is horizontal, which indicates low variability for short distances
as is found in some regularized semivariograms (Rendu, 1978, p. 19).
3.7.1.4 Pure Nugget Effect (Random ModeO. A pure nugget effect appears
on the semivariogram plot as a single nugget effect or discontinuity at the origin
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(which is relatively flat with random fluctuations) (Journel and Huijbregts, 1978, p.
152).
The pure nugget model is given by (Journel and Huijbregts, 1978, p. 152;
Rendu, 1978, p. 18):
y 0ih) - 0 for h - 0

and

Yo(A) - c 0

The pure nugget effect corresponds to a total absence of spatial correlation
between two variables Z(x) and Z(x+h) at the scale of observation (|h| >e) (Journel
and Huijbregts, 1978, p. 152). Values of the regionalized variable are spatially
independent or randomly distributed so that the covariance between values is zero
for all distances h (Rendu, 1978, p. 18). Classical statistics may be used, and the best
estimator at any point is the classical mean (Journel and Huijbregts, 1978, p. 152).
The interpretation of spatial independence may be related to the scale of
observation. For example, if samples are farther apart than the range, the small-scale
variability is missed and a pure nugget effect is exhibited in the semivariogram plot.
An apparent nugget effect may also be due to inadequate or insufficient data, or a
smoothing effect in calculation of variograms (Journel and Huijbregts, 1978, p. 229,
230). In practice, an actual pure nugget effect at all scales is rare (Journel and
Huijbregts, 1978, pp. 152, 230).
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3.7.1.5 Hole Effect. A semivariogram is said to display a hole effect when its
growth is not monotonic but presents peaks and valleys (holes) (Journel and
Froidevaux, 1982, pp. 217-218). It can appear on models with or without sills (Journel
and Huijbregts, 1978, pp. 168-170).
The hole effect model is given by:
t \ - 1
1 -

Y (r)

s'n r

r
and
r,, >.
sin r
C(r) r
with r in radians. This model has a sill and parabolic behavior at the origin. The
relative amplitude of the hole effect is jmin C(h)|/C0 (Journel and Huijbregts, 1978,
pp. 168-170). The tangent at the origin is horizontal (David, 1977, p. 110).
For a one-dimensional hole effect, the model used is:
y(/t) - 1 - cos h
In this case, the amplitude is equal to one. This one-dimensional model is periodic
without any dampening of the oscillations (Journel and Huijbregts, 1978, pp. 168170).
Knudsen and Kim (1978, p. 67) provide alternate formulas for the hole effect
model:
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Y (h) - C[1 - {sin(a/i)/a/i}]
or
Y (h) - C[1 - (sin(ah + p)/ah + p}]
where C is the sill value, a is a constant related to the wavelength, and h is distance.
The second formula includes a constant p which allows the model to be shifted left
or right along the x-axis, allowing for greater flexibility in fitting the model to real
data (Knudsen and Kim, 1978, p. 67).
The hole effect model can be used to represent fairly continuous processes.
It shows periodic behavior (alternation of negative and positive correlation) which
is often associated with a succession of rich and poor zones (David, 1977, p. 110;
Knudsen and Kim, 1978, p. 67; Delhomme, 1978, p. 254).
The usual response to observing periodic fluctuations on a semivariogram is
to ignore them, and to fit a spherical model through the peaks and holes of the plot
(Journel and Froidevaux, 1982. pp. 217-218). This approach is often justified if the
hole effect is not significant or its interpretation is doubtful (Journel and Huijbregts,
1978, p. 170). The periodic behavior may be due to mere sampling fluctuations with
values of the experimental semivariogram calculated from too few data points
(Delhomme, 1978, p. 254). In practice, such a pseudo-periodic structure is generally
manifested as part of a nested model causing a dampening of the observed hole
effect (Journel and Huijbregts, 1978, pp. 168-170). If an experimental hole effect has
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an amplitude greater than 0.212, it is considered to be insignificant or the hole effect
may be directional (Journel and Huijbregts, 1978, pp. 168-170).
In many cases, the periodicities are associated with anisotropics due to welldefined geological features (Journel and Froidevaux, 1982, pp. 217-218) such as the
alternance of sedimentary units (Journel and Huijbregts, 1978, p. 248). When the
hole effect is the reflection of a clear structural feature, it must be accounted for if
precise local estimations of reserves are required (Journel and Froidevaux, 1982, pp.
217-218). If a hole effect model is assumed, the lag length corresponding to the peak
of the semivariogram (a^ is interpreted as the mean thickness of rich seams, and the
lag length corresponding to the trough (aij) is the mean distance between these rich
seams. For example, a! may be the mean length of sand-rich layers, and a2 may be
the mean distance between two such sand-rich layers (Journel and Huijbregts, 1978,
p. 248).

3.7.2 Models Without a Sill
3.7.2.1 re Models. The general formula for models in r® is (Journel and
Huijbregts, 1978, p. 165):
yW - i*
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Of this model type, only the linear model is practically used (Journel and
Huijbregts, 1978, p. 165). With a nugget, the linear model is described by:
Y ( h ) - C 0 + r(h)

with r = | h|, the slope of the variogram (Journel and Huijbregts, 1978, p. 80;
Knudsen and Kim, 1978, p. 65; David, 1977, pp. 108,120).
Journel and Huijbregts (1978, p. 165) note that for small distances (h->0), the
linear model can be fitted to any model that has a linear behavior at the origin.
3.7.2.2 Dewijsian (Logarithmic ModelV This variogram is linear when ln(h)
is plotted rather than h (Knudsen and Kim, 1978, p. 65).
The model is defined as:
Y(/i) - A ln(/t) +B

where B is a constant and A is referred to as the coefficient of dispersion (Knudsen
and Kim, 1978, p. 65; David, 1977, pp. 106,120; Journel and Huijbregts. 1978, p. 82).
The model can only be used for samples with support of finite dimensions and
is not applicable for distances smaller than h = 1 (Rendu, 1978, p. 19), thus, it can not
be used for point samples (Journel and Huijbregts, 1978, p. 82).
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3.7.2.3 Parabolic Model. The parabolic model is given by:

Y(h) - — a2 h2
2
where a2 is a constant (Rendu, 1978, p. 19).

3.8 Ordinary Kriging
In the following sections, characteristics of kriging are described, and
derivation of the punctual kriging equations are presented.

3.8.1 Characteristics of Kriging
Characteristics of kriging include: 1. conditional unbiasedness E(Z/Z ) = Z0.
On average, all blocks estimated to have a grade equal to Z0 will have that grade.
This is exactly true when the values are normally distributed (the Z's being normal,
the Z s are also normal and the regression line is a straight line) and when the
average of the deposit is known. For the non-normal case, kriging is the best
approximation to the conditional expectation (David, 1977, pp. 254-255).
(2)

Smoothing. Due to the smoothing effect of kriging, the estimat
ed values are less variable than the actual data values. Kriging
tends to get rid of extreme values as high values tend to be
underestimated, and low values tend to be overestimated
(David, 1977, p. 256).

Additivity. Kriging gives the same results when a block is
estimated as a unit or point by point. So, small blocks can be
combined into larger units (David, 1977, p. 257).
Exact Interpolator. The kriged surface passes through the
measured data points. At known points, z gives the known
value and estimation variance of zero (Journel and Huijbregts,
1978, p. 308; Delhomme, 1978, pp. 256-257; Burgess and
Webster, 1980 1, p. 322) i.e. if a known point is estimated using
the kriging system, the weights obtained will be one for the
known data point and zero for all others (David, 1977, p. 257).
Screen Effect. Except in the case of the pure nugget effect,
kriging provides a screening effect. Near points carry more
weight in the estimation than distant points, points that occur
in clusters carry less weight than lone points, and points lying
between the point to be interpolated and more distant points
screen the contribution of the distant points (Burgess and
Webster, 1980 1, pp. 319-320; David, 1977, p. 258)). In this way,
kriging weights are tailored to the variability of the phenome
non. For a regular variable with high continuity, higher weights
are given to close variables. (Because only the nearest few
points are likely to be used for kriging, the semivariogram
needs only to be accurate over the first few lags) (Burgess and
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Webster, 1980 1, p. 322). For irregular variables, close weights
are dampenened (Delhomme, 1978, pp. 256-257). For a pure
nugget effect, all data having the same support have the same
weight (Journel and Huijbregts, 1978, p. 312).
(6)

Geometry of Kriging. Given a set S of values {Z(x), xe D} in
deposit D with subspace H of linear combinations with summa
tion of weights equal to one, the best estimate of Z(x) in
subspace H is simply the projection of Z(x) on H. This projec
tion is Z*(X) (David, 1977, p. 259).

3.8.2 Derivation of Punctual Kriging Equations
The equations for a simple case of punctual kriging are derived as follows.
Assuming we have n data values where each is specified by a pair of (x,y) coordi
nates, we label each one as z(XJ), z(x2)...,z(xn). We wish to estimate the "best" (i.e.
linear unbiased minimum variance) estimator value z"(x0) at an unknown point x0. To
do this, we construct a linear weighted average of the measured data values so that:
n

z'(x 0 )

-

Z(AT,) +

a 2 z(x 2 ) + • . • + a n z(x RN) - £ ^ z(*;)
i-l
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The a; are the weights or coefficients associated with each data point (Burgess and
Webster, 1980 1, p. 320).
Kriging weights are based on the spatial structure as described by the
semivariogram and the geometric configuration of the data points, and are chosen
to minimize the estimation variance.
The estimate must be unbiased (i.e. we want z*0 to be the same as E{z(x0)};
the computed values should be equal to the real values, on average, not systematical
ly higher or lower) so the weights must sum to unity:
n

E
i-1

a

i -

1

The estimation variance can be expanded subject to this non-bias constraint.
Assuming the soil property varies isotropically (Burgess and Webster, 1980 1, p. 320):

a 2 - E[{z(x 0 ) - z ' ( x j 2 ] -

£ (I
i-1

j- i

( * . - A f j ) + 2 £ a s y (x a - x.)
j-1

In order to minimize the error variance subject to the non-bias constraint, the
Lagrangian principle is used, F= Q + 2 u C where Q is the function to minimize,
u is the Lagrangian lag multiplier, an unknown parameter, and C is the constraint.
After plugging in the estimation variance formula for Q and the non-bias condition
for C, the partial derivatives are then taken with respect to the unknowns (the a/s
and u) and set equal to zero, i.e.:
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df
da.

- 0

etc. This results in a linear system of n+1 equations with n+1 unknowns (David,
1977, p. 238).
The minimum variance is obtained when (Burges and Webster, 1980 1, p.
320):

Y, *jY(*i'
j-i

+

^ " Y (*i> *o)

for 1 " !.2' •••>"-

In matrix notation, the coefficients y; are given by (Burgess and Webster, 1980
1, p. 320; Davis, 1973, p. 387):

A-'b
where:

Y(*"i> *i)

YC*^ *i) * * * Y (•*"„. ^)

y(x v x 2 )

y(x 2 , x 2 ) . . . y(j£- n , x 2 ) 1

Y (•*•]. *n)

y(x2, Xn)

1

. . . Y (•*•„, A f n )

1

Y C*n» *0)
1

1

10

Y(*J. *0)

y(x 2 , x 0 )

1

and

386

Solution of the matrix system yields n weighting coefficients ai, and one extra
coefficient u. Note that almost all of the matrix entries are either one or zero (i.e.
along the principal diagonal, the lag is zero so semivariance is zero) or are
semivariances which can be read directly off the curve fit to the semivariogram
(Davis, 1973, p. 387).
Once all of the weights have been calculated, the value of zO^) and values
at other unknown grid points can be determined. The extra Lagrangian coefficient
u is used for calculating the variance of the kriged estimate:
n
al(z)

- 0 + IT

a,

YC*j " z )

j-i

where a is the weighting coefficient, y is the semivariance, and x; - z is the distance
between x( and the point to be kriged (Davis, 1973, p. 388).
For more on kriging, please refer to any of numerous descriptions including
those by Vieira et al., 1981, pp. 1041-1043; Gambolati and Volpi, 1979 1, pp. 282-283;
David, 1977, pp. 237-242; Davis, 1973, pp. 386-388; Guarascio, 1976, pp. 32-33;
Delhomme, 1978, p. 256; Journel and Huijbregts, 1978, p. 304; Webster and Burgess,
1980 3, pp. 509-511; Knudsen and Kim, 1978, pp. 88-94, 203-208; Burgess and
Webster, 1980 1, p. 321.
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3.8.3 Practical Kriging
3.8.3.1 Punctual Kriging. Hemyari and Nofziger's (1987, pp. 268-269) study
provides insight into the behavior of the punctual kriging process in one-dimension.
They explain that kriging in 1-D using a linear semivariogram is identical to linear
interpolation between the two closest neighbors. Because kriging in this situation
results in simple linear interpolation, the predicted value at a point of interest
depends upon the values and positions of the two bordering points. For other models
like the spherical and exponential, they expect the kriged values to essentially follow
the same principle (i.e. if the semivariogram is linear over the neighborhood).
3.8.3.2 Estimation Neighborhood.

An estimation neighborhood (moving

neighborhood) is generally selected so that only the observations located inside a
circle or sphere of a given radius are considered for each kriging estimation (Vieira
et al., 1981 pp. 1043-1045). The estimation neighborhood is used when only quasistationarity can be assumed for a given neighborhood, or when there are too many
available samples for reasonable matrix manipulation i.e. relative to the computer
facilities, or if the variogram is only known for a small neighborhood.
Vieira et al. (1983) state that there is no definite rule for selecting the
neighborhood of estimation; "common sense added to a great deal of arbitrariness
is usually involved" (Vieira et al., 1983). Delhomme (1978, p. 256) recommends using
10 or 20 data points situated in the immediate neighborhood of the point to be
estimated (Delhomme, 1978, p. 256). Burgess and Webster (1980 1, p. 321) note that
for data on a square grid, the nearest 16 or 25 points are usually sufficient to give an
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accurate estimate (Burgess and Webster, 1980 1, p. 321). In one study, Webster and
Burgess (1980 3, p. 512) used a neighborhood of 3 to 13 points. Journel and
Huijbregts (1978, p. 346) advise that the neighborhood of estimation should be
chosen so that it avoids bias in the estimation. Please refer to their text for further
discussion on choosing the estimation neighborhood and reducing kriging costs.
As with other parameters like the nugget and sill, the neighborhood size is
iteratively changed and validated with the goal of finding the optimal model.
3.8.3.3 Nugget Effect. In kriging, point estimates are strongly affected when
there is a large nugget effect (Burgess and Webster, 1980 1, p. 330) so that the smallscale random component cannot be predicted. Kriging is an exact interpolator at the
experimental points, but at the points to be estimated (i.e. at grid nodes), the random
component is filtered out (Delhomme, 1978, p. 257). This may result in a discontinu
ity in a kriged line or surface in 2-D at each observation point. The discontinuity may
be avoided by computing kriged averages of the soil property over small areas
(Burgess and Webster, 1980 1, p. 323).

3.9 Drift Estimation and Universal Kriging
The following sections relate to the application of universal kriging including
recognizing the presence of drift, methods to identify and filter out drift, derivation
of universal kriging equations, and some practical notes on universal kriging.
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3.9.1 Recognizing the Presence of Drift
In order to obtain the residuals and construct the semivariogram of residuals,
the drift term must be identified and subtracted from Z(x). When linear drift is
present (David, 1977, p. 267), it shows up in the raw experimental variogram as a
gentle concave upwards parabolic increase near the origin. The increase is due to the
drift term 1/2 [m(x+h) - m(x)]2 (Journel and Huijbregts, 1978, p. 243; Webster and
Burgess, 1980 3, p. 523):

y raw{h) - y realih) + — [E{Z(x+h) - Z(x)}2]

2
(Delhomme, 1978, p. 257).
This parabolic drift effect is distinguishable from the parabolic behavior at
the origin of a Gaussian model because the former does not level off to a sill for
large distances. For small distances (r < 2a/3), Journel and Huijbregts (1978, pp.
165, 242) contend that a very regular local variation can be interpreted either as a
drift effect or as a stationary Gaussian structure. Stationary models in r® are often
indistinguishable from a parabolic drift effect (Journel and Huijbregts, 1978, p. 165).

3.9.2 Derivation of Universal Kriging Equations
The universal kriging equations are derived here for the punctual case (point
observations and estimation at a point) assuming a known semivariogram of
residuals. The kriging equations may also be derived for the nonpunctual case and
for a known covariance model.

Let Z(x) be a non-stationary regionalized variable the residuals of which
satisfy the intrinsic hypothesis. We need to calculate the weights in order to estimate
z" by the weighted average:

Z*(x0) - £ k.} Z(*j)
j-i

The estimate will be optimal it is unbiased and has minimal variance so that:
E [z (XQ)

-Z(X0)]

= 0 and VAR [z'(x0) -z(xo)] is a minimun of

(Olea, 1975, p. 68).

Let the analytical expression for the drift at x0 be:
n

'»(*o) - «0

+

E

bi

fi (*o)

i-0

This implies an alternate expression for the drift:
k
E M Oj) j-i

fa0)

for i-1,2,. . . n

and
k

E V i
H
We can find the optimal weights to estimate the drift, X-}, using Lagrange's
method of multipliers. The auxiliary function can be written as:
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k

k

k

" - 2 £ *i Y (*j - *0) - E E
j-1
j-1 jj-1

- 2

Mo £ V
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where the u's are Lagrange multipliers. Minimizing all the partial derivatives with
respect to all the Xj gives:
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The k derivatives plus the n +1 restrictions provide a system of equations to compute
the kA.j's, them's andn0. In matrix form, these equations are:
CV = F, where:
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(Olea, 1975, pp. 41, 73).
Given these equations, universal kriging is performed by: 1. Obtaining the
terms for matrix C from the semivariogram model. 2. Calculating the terms for
matrix F. 3. Solving the linear system of equations C V = F. 4. Using the calculated
weights, the kriged estimate of z*(xo) is computed by the weighted average (Olea,
1975, p. 73).
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For more on derivation of the universal kriging equations, please refer to
Olea, 1975, pp. 56-74; Journel and Huijbregts, 1978, pp. 316-320; David, 1977, p. 269;
and Rendu, 1978, p. 5J.
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3.9.3 Methods to Identify and Filter Drift
For the case of linear drift, many authors recommend using ordinary least
squares techniques to identify and filter out the drift. Least squares is not designed
to solve problems of local prediction (i.e. it is intended for regression or estimation
of the expected value at a point and is meant for independent not correlated
variables; it is not an exact interpolator at known data points) (Delfiner, 1976, pp.
49-51).
However, Morkoc et al. (1987) state that ordinary least squares is useful for
analyzing nonstationary data and estimation of the variables at unmeasured locations
(Morkoc et al., 1987).

Agterberg (1974, p. 272) asserts that a valid unbiased

estimator can be derived using least-squares (Agterberg, 1974).
Gambolati and Volpi (1979 1, pp. 281-282, 285) maintain that the drift term
"should actually represent the trend of z as it may be recognized from both the
behavior of the measured records and the knowledge of the physical hydrogeologic
context". To simplify the process, some a priori unknown coefficients ak can be
introduced and assessed by the least squares approach. They maintain that the drift
function need not be linear in the parameters ak (Gambolati and Volpi, 1979 1, pp.
281-282, 285).
Neuman and Jacobson (1984) and Hoeksema and Kitanidis (1985 1)
recommend that parameters of the drift be estimated by a weighted least squares
procedure in which the weighting matrix is the inverse of the covariance function of
residuals (an iterative generalized least-squares procedure) coupled with cross-
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validation. Generalized least squares allows for correlations between errors but relies
on an assumption of stationarity and a formulation in terms of random functions
(Delfiner, 1976, pp. 49-51).
Neuman and Jacobson's (1984, p. 500) method uses stepwise iterative
regression to simultaneously estimate the global drift and residual semivariogram
without the use of universal kriging, just simple kriging. Delfiner (1976, pp. 49-51)
prefers universal kriging which "synthesizes the analytic and statistical approaches".

3.9.4 Practical Universal Kriging
Some practical notes on universal kriging follow including neighborhood size,
estimation of the semivariogram of residuals, and difficulties with universal kriging.
3.9.4.1 Neighborhood Size. For drift estimation and universal kriging, only
samples within a limited circular neighborhood are considered. The combination of
this neighborhood size and drift power are adjusted to obtain the best results. The
neighborhood size is not arbitrary, but is determined by a statistical analysis of the
continuity of the data. The neighborhood size may be regarded as a type of filter
which keeps the size of local structures within certain limits (Olea, 1975, p. 8).
Due to universal kriging's screen effect, there is generally not a significant
difference between considering all available information or just the close neighbor
hood samples. Tests indicate that 9 to 16 samples are adequate (Olea, 1975, pp. 99100).
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3.9.4.2 Estimation of the Semivariogram of Residuals. In many cases, it is
possible to use one of the following approximations for the semivariogram of
residuals: 1. the behavior at the origin of the neighboring quasi-stationary variogram
(i.e. linear) or 2. the quasi-stationary semivariogram calculated on neighboring zones
with a possible correction for a proportional effect. If the structural function is
uncertain, universal kriging will not provide an estimate with minimum estimation
variance. However, it is more important to avoid any risk of bias due to the drift than
minimizing the estimation variance (Journel and Huijbregts, 1978, p. 316).
3.9.4.3 Problems with Universal Kriging and Drift Estimation. The drift
estimation and universal kriging process is difficult and subjective. Gambolati and
Volpi (1979 1, p. 282) maintain that the computational burden makes this method
impractical for most applications. They report that constructing the semivariogram
of residuals may lead to estimated variograms which do not conform easily with any
of the available theoretical models (Gambolati and Volpi, 1979 1, p. 283) and that
the experimental semivariogram of the estimated residuals often provides little
indication as to the behavior of the actual semivariogram. Final selection must rely
upon the results of the validation test (Gambolati and Volpi, 1979 1, p. 282).
In 1976, Delfiner (1976, pp. 53-54) called universal kriging methods obsolete.
He saw promise in using the generalized covariance method, which relies on an
intrinsic random function of order k and assumes stationarity of the kth order
increments. It involves using second, third, or higher order differences which have the
power to filter out polynomials of degrees 1, 2, etc. (Delhomme, 1978, p. 258).
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Delhomme (1978, p. 258) also advises use of the generalized covariance method for
complex cases.
Other alternatives for dealing with drift/nonstationary data include the
iterative generalized least squares method, ordinary kriging modified to account for
a prior estimate of the drift, and the restricted maximum likelihood estimation
procedure (Russo and Jury, 1987 2, p. 1270; Neuman and Jacobson, 1984, p. 500).
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