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ABSTRACT 

This dissertation uses a finite element technique to explore the role of viscoelastic 

behavior in a wide range of plate tectonic processes. We consider problems associated 

with spreading centers, earthquake triggering, and subduction zone dynamics. 

We simulated the evolution of a slow-spreading center upon cessation of active 

spreading in order to predict long-term changes in the axial valley morphology. Results 

suggest that the axial valley created at a slow-spreading center persists because the crust is 

too strong to deform ductily and because no effective mechanism exists to reverse the 

topography created by rift-bounding normal faults. These results suggest that the 

persistence of axial valleys at extinct spreading centers is consistent with a lithospheric 

stretching model based on dynamic forces for active slow-spreading ridges. 

In our study of earthquake triggering, results suggest that if a ductile lower crust or 

upper mantle flows viscously following a thrust event, relaxation may cause a transfer of 

stress to the upper cmst. Under certain conditions this may lead to further increases and a 

lateral expansion of high Coulomb stresses along the base of the upper crust. Analysis of 

experimentally determined non-Newtonian flow laws suggests diat wet granitic, quartz, 

and feldspar aggregates may yield a viscosity on the order of 1019 Pa-s. The calculated 

rate of stress transfer from a viscous lower crust or upper mantle to the upper crust 

becomes faster with increasing values of the power law exponent and the presence of a 

regional compressive strain rate. 

In our study of subduction zone dynamics, we model the density and strength 

structures that drive the Nazca and South American plates. Results suggest that chemical 

buoyancy and phase changes associated with a cool subducting slab strongly influence the 

magnitude of driving forces, and the downgoing slab behaves weaker than the strength 

that would be expected based solely on temperature. Additionally, results suggest that 
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large stresses are produced on the western margin of South American due to forces 

associated with asthenospheric comerflow. These forces may be responsible for the high 

topography of the South American Cordilleran. 
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CHAPTER 1 VISCOELASTICITY AND FINITE ELEMENT 
ANALYSIS 

1.1 Introduction 

By observing the viscoelastic response of the surface of the Earth to glacial 

unloading, Haskell [1935, 1936] provided the first evidence that the assumption of elastic 

behavior of the crust was not completely valid. Haskell [1935, 1936] applied a simple 

viscous half-space model to explain the observed postglacial rebound in the region of the 

Angerman River in Sweden, near the center of the former Fennoscandian ice sheet. 

Haskell used his formulation to estimate that a mantle viscosity on the order of 10^' Pa-s 

could explain the observed surface response to the removal of the ice load. This work 

spawned a new path for geophysicists seeking to understand the processes that govern the 

dynamics of plate tectonics - viscoelastic relaxation of ductile rocks in response to changes 

in stress. Although the process of viscous relaxation is now considered to influence 

almost every facet of plate tectonics, the difficulty of conducting detailed viscoelastic 

analysis has greatly slowed progress towards a more comprehensive understanding of this 

influence. 

Despite more than half a century since Haskell's pioneering work, many tectonic 

processes are currently being analyzed either by detailed elastic computations that ignore 

viscous influences, or simplistic analytical solutions to viscoelastic problems that allow 

limited insight into the influences of the relaxation process. In some cases, more detailed 

viscoelastic calculations have been conducted, but the scope of such analysis has been 

limited to a general tectonic process and details necessary for more comprehensive 

understanding of the processes as it applies to specific tectonic domains are lacking. In the 

present thesis, we seek to extend the use of detailed viscoelastic computations of several 

tectonic processes in order to gain a more comprehensive understanding of the influence of 

ductile relaxation. We use time-dependent, viscoelastic finite element models associated 
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with extinct spreading centers, earthquake triggering, and subduction zone dynamics. By 

choosing to work with seemingly unrelated tectonic processes, we seek to confirm that the 

relaxation process is a dominant factor in tectonic problems that vary in geophysical size 

and time by several orders of magnitude. 

In this introductory chapter we set the context of the time-dependent analysis to 

follow by reviewing previous computational work and showing how a detailed 

viscoelastic analysis is the next logical step, review the primary mechanisms of viscous 

deformation being simulated in the studies, and review the incorporation of viscoelastic 

processes into finite element models. Chapter 2 follows with an analysis that seeks to 

understand the persistence of axial valleys at extinct spreading centers, the solution of 

which confirms the viscoelastic nature of active spreading centers. Chapter 3 explores the 

role of ductile relaxation of the lower cmst to cause postseismic changes in failure stresses 

in the upper crust following thrust earthquakes. Chapter 4 analyzes the viscoelastic 

coupling between surface plates and the mantle in a subduction zone environment in order 

to further our understanding of the forces that drive plate tectonics. Finally, Chapter 5 

provides some concluding remarks regarding the dominance of viscoelastic relaxation in 

tectonic environments that span many orders of magnitude in space and time. 

1.2 Previous Computational and Analytical Studies 

1.2.1 Mid-Ocean Ridge Morpiiology and Extinct Spreading Centers 

Slow-spreading mid-ocean ridges (10-50 mm/yr) such as the Mid-Adantic Ridge are 

characterized by a prominent axial valley 10-40 km wide and 1-3 km deep (e.g., 

Macdonald, 1982). Tapponnier and Francheteau [1978] used a thin elastic plate model to 

suggest valley creation by the upwarping of a thinned lithosphere. Phipps Morgan et al. 

[ 1987] used a thermal model to predict plate thickness as a function of distance from the 

ridge axis, then an elastic stretching model to produce an axial valley. The same elastic 

approach to modeling mid-ocean ridge morphology was taken by several other authors 
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[e.g. Lin and Parmentier, 1989; Neumann and Forsyth, 1993], in which analyses vary by 

the thickness of crust predicted by thermal and melt segregation models. Chen and 

Morgan [1990] and Phipps Morgan and Chen [1993] were the first to incorporate 

viscoelastic formulations into finite element models of mid-ocean ridge morphology and 

demonstrated the viability of lithospheric stretching as the source of mid-ocean ridge 

morphology. 

The idea of a dynamically maintained axial valley at slow spreading centers, however, 

has been challenged by the persistence of valley morphology at extinct centers where 

dynamic forces have long since been removed [Jonas et al., 1991]. Several researchers 

have suggested that axial valley morphology does not result from dynamic forces, instead 

forming by isostatic compensation due to a gabbroic root [Elthon et al., 1982; Casey et al., 

1983]. In Chapter 2 we seek to address the issue of the validity of dynamic support for 

valley morphology by using a viscoelastic finite element model that simulates the 

termination of an active spreading center. This work, which can be viewed as an 

extension of the viscoelastic modeling conducted by Chen and Morgan [ 1990] and Phipps 

Morgan and Chen [1993], seeks to ascertain whether valley topography can survive 

extinction. If cooling associated with an abandoned spreading center can lock in valley 

morphology despite the removal of dynamic forces, it will validate the dynamic 

mechanism and show how viscoelastic considerations influence tectonic problems that 

span tens of millions of years. 

1.2.2 Postseismic Deformation and Earthquake Triggering 

Two independent lines of earthquake research have been ongoing: the first considers 

the influence of a viscous lower crust or asthenosphere on postseismic deformations 

following a quake, the second considers how a quake changes the distribution of failure 

stresses in the region thus advancing or retarding the subsequent failure of neighboring 

faults. The former line of research is based on simple analytical models of viscoelastic 
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relaxation, while the latter considers more complex elastic calculations of fault rupture. In 

Chapter 3 we bring these two lines of research together by conducting a comprehensive 

time-dependent calculation of the influence of relaxation processes on postseismic changes 

in failure stresses following thrust faults. The following paragraphs provide some 

background on these two lines of research being merged. 

Elsasser [1967] treated the lithosphere as an elastic plate overlying a viscous 

asthenosphere, thus strongly coupling deformations and stresses within the plates to creep 

rates in the as±enosphere. Elsasser [1967] suggested that this leads to a diffusion 

equation controlling the way in which strain pulses propagate, causing them to slowly 

spread throughout the plate. Nur and Mavko [1974] followed on this idea and applied a 

simple analytical viscoelastic model to explain observed postseismic surface deformations 

following a large 1946 thrust event in Nankaido, Japan. They found that immediately 

following the Nankaido quake, the predicted deformations resembled those of an elastic 

half-space model. However, as time progressed, observed surface deformations agreed 

well with a model of an elastic plate overlying a linear viscoelastic half-space. 

Rimdle aiui Jackson [1977] proposed that aseismic ground displacement in the San 

Andreas fault zone is a sum of viscoelastic relaxation following large earthquakes, 

transient fault slip, steady fault slip, and a large-scale relative plate motion. They 

suggested that viscoelastic relaxation can contribute a significant fraction of the 

displacement if the elastic plate thickness is 50 km or less. This idea was extended to 

include earthquake cycles (preearthquake strain accumulation, coseismic strain release, and 

postseismic readjustment) by Savage and Prescott [1978] and Spence and Turcotte [1979]. 

These results suggest that in a periodic sequence of earthquakes, viscoelastic relaxation in 

the asthenosphere tends to concentrate strain accumulation and relaxation even closer to the 

fault than in the elastic half-space model. Building on this foundation, Thatcher and 

Rundle [1984] were able to use an analytical model of an elastic plate over a viscoelastic 



15 

halfspace to calculate surface deformations that closely matched observed postseismic 

deformations following repeated earthquakes at subduction zones in southwest Japan. 

On a separate track from analytical viscoelastic models of postseismic deformation, 

elastic models of fault slip were being developed that showed a correlation between 

calculated coseismic changes in failure stresses and the location of aftershocks [Stein and 

Lisowski, 1983, Oppenheimer et al., 1988; Reasenberg and Simpson, 1992; Harris and 

Simpson, 1992; Jaume and Sykes, 1992], An explanation for this result may lie in ideas 

of self-organized criticality [e.g. Bak and Tang, 1989; Cowie et al., 1993] in which all 

parts of the brittle crust are near the point of failure and, therefore, earthquakes can be 

triggered by a nearby or distant event. Earthquake triggering analysis soon was extended 

to show correlations between quakes and subsequent major events (i.e. non-aftershocks) 

in the region [King et al., 1992; Stein et al., 1992, 1994; Nostra et al., 1997]. 

All of the earthquake triggering analyses considered elastic models and ignored the 

role of viscous relaxation. None of the time-dependent analytical models were 

sophisticated enough to calculate failure stresses associated with earthquakes. The 

objective of the work described in Chapter 3, therefore, was to develop insight into how 

relaxation processes following thrust earthquakes change the distribution of failure 

stresses. This work suggests the relaxation of a lower crust may have a significant 

influence on earthquake triggering phenomena, and demonstrates that viscoelastic 

processes can be influential on very short time scales (decades). 

1.2.3 Subduction Zone Processes and Plate Stresses 

Chapter 4 also seeks to combine separate lines of research, this time concerning the 

dynamics of the subduction zone process and induced plate stresses. One line of research 

has sought to determine the state of stress in the South American plate. This work 

considered map-view elastic plate models in which stresses were estimated based on 

topography and/or driving forces applied at the boundaries [Richardson et al., 1979; 
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Stefanick and Jurdy, 1992; Meijer and Wortel, 1992; Richardson and Coblentz, 1994; 

Coblentz and Richardson, 1996]. The advantage of this approach is that models can 

predict stresses from a variety of assumed driving forces, then infer which set of applied 

forces best matches the observed stress field. The drawback of such an approach is that 

the coupling between continental lithosphere and underlying viscous asthenosphere is 

difficult to simulate in an elastic model. Therefore, forces that arise from processes such 

as comer flow above the subducting slab cannot be quantitatively analyzed. 

A separate line of analysis has considered viscoelastic influences on subduction zone 

dynamics. However, such studies have either concerned themselves with interplate 

processes or trench and arc formations [Melosh and Raefsky, 1980; Zhong and Gumis, 

1992; Wang etal., 1994; Gumis et aL, 1996; Huang et al., 1997], or the process of slab 

penetration into the lower mantle [Gumis and Hager, 1988; Gaherty and Hager, 1994; 

Christensen, 1996, 1997]. Near trench studies resort to the application of velocity 

boundary conditions that predetermine stress states and only deal with a small portion of 

the plates. Slab penetration studies are general in nature (not applied to a specific 

subduction zone) and not detailed enough to provide plate stresses. 

In Chapter 4 we merge these two lines of research by using a 2-D viscoelastic model 

that spans the entire Nazca and South American plates allowing a non-kinematic simulation 

of subduction zone dynamics and divergent plate margins. In this analysis all driving 

forces result from gravity acting on density contrasts. This approach enables a more 

comprehensive understanding of the source and importance of the various plate driving 

forces and has sufficient detail to estimate stresses in the plates. 

1.3 Mechanisms of Viscoelastic Deformation 

There are three principal flow regimes recognized for crystalline solids which are 

primarily dependent on temperature, the magnitude of applied differential stress, and 

grain-size: diffusion (Newtonian) creep, dislocation (powerlaw) creep, and dislocation 



17 

glide (exponential creep) [Sherby and Burke, 1968; Ashby and Verrall, 1977; Karato, 

1989, 1997]. Each of the viscoelastic analyses presented in this thesis deal with one or 

more of these flow regimes. Here we provide some of the mechanical background 

regarding these deformation mechanisms and under what conditions they are likely to be 

dominant. 

1.3.1 Diffusion Creep 

Under moderate to high temperatures, relatively low stresses and fine grain-size, 

plastic deformation may occur through diffusive mass transport of atoms from one grain-

boundary to the another. Known as diffusion creep, the rate of this process is dependent 

upon the concentration and mobility of point defects or ion vacancies at grain boundaries. 

Vacancies are created at a boundary under stress and flow either through the lattice [so-

called Nabarro-Herring creep; Nabarro, 1948; Herring, 1950] or along the grain 

boundaries [Coble creep; Coble, 1963]. Diffusion creep processes depend on the 

presence of grain boundaries, are functions of grain size, and are more important when 

grain sizes are small [Cannon and Langdon, 1983]. Since the concentration of point 

defects is nearly independent of stress, the rate of deformation is linearly proportional to 

the magnitude of applied stress (Newtonian). In a compound which is composed of 

several minerals, the rate-controlling diffusion mineral is usually the slowest [Karato, 

1989]. 

1.3.2 Dislocation Creep 

Under moderate to high temperatures, moderate stresses and relatively coarse grain-

size, plastic deformation occurs due to imperfections or dislocations in the crystalline 

lattice structure. Dislocation creep is sensitive to the density and mobility of imperfections 

which leads to a power law dependence of creep rate on stress [Frost and Ashby, 1982; 

Kirby, 1983; Poirer, 1985]. Thus, dislocation creep is also referred to as power law 

creep. For mande materials this power law is usually of order 3 or 4 [Kirby, 1983; Kirby 
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and Kronenberg, 1987]. Creep by dislocation motion is dependent on specific slip 

systems. Therefore, creep in a single crystal is anisotropic. The creep strength of a 

polycrystalline aggregate is some average of the creep strength of various slip systems. 

When several slip systems are activated, the average creep strength is usually determined 

largely by that of the strongest slip system [Huchinson, 1976; Frost and Ashby, 1982]. 

Polycrystalline materials deformed by power law creep show lattice preferred 

orientation, the nature of which is related the geometry of slip systems [e.g.. Lister et al., 

1978; Wenk, 1985]. Thus, materials deformed by power law creep show significant 

seismic anisotropy, if constituent crystals have elastic anisotropy. Lattice preferred 

orientations also causes plastic anisotropy [e.g. Takeshita, 1989]. However, littie is know 

about plastic anisotropy in manUe minerals and thus cannot be considered in the present 

analysis. 

1.3.3 Dislocation Glide 

Under relatively low temperatures and/or high stresses, plastic deformation occurs by 

stress-assisted dislocation glide. The resistance to deformation in this regime is controlled 

mainly by the resistance to dislocation glide over the Peierls potential or Peierls stress, 

which in turn is highly sensitive to the nature of chemical bonding and the periodicity of 

lattice structure [Frost and Ashby, 1982; Karato, 1997]. Tsenn and Carter [1987] 

considered dislocation glide as a breakdown of powerlaw creep at high stresses. 

Mechanisms that cause this breakdown have not been clearly established. Ideas range 

from excess generation of point defects and/or increased distribution of pipe diffusion 

[Sherby and Burke, 1968; Sherby and Young, 1975] to a transition from diffusion-

assisted dislocation motion to thermally-activated obstacle-limited dislocation glide [Ashby 

and Frost, 1976]. In dislocation glide, the stress-dependence of creep rate is greater than 

that predicted by the power law, and it has been found that an exponential dependence of 

strain rate upon stress best describes experimental data [Sherby et al., 1954; Ibanez and 
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Kronenberg, 1994], As with dislocation creep, materials deformed by dislocation glide 

show lattice preferred orientation and hence are eiastically anisotropic, if constituent 

crystals are anisotropic [Karato, 1997]. 

1.4 Viscoelasticity and Finite Element Modeling 

Zienkiewicz [1979] has elegantly described the basis for finite elements calculations: 

"The limitations of the human mind are such that it cannot grasp the behavior of its 

complex surroundings and creations in one operation. Thus the process of subdividing all 

systems into their individual components or 'elements', whose behavior is readily 

understood, and then rebuilding the original system from such components to study its 

behavior is a natural way in which the engineer or scientist proceeds." In geophysical 

problems the "system" is the continuous earth, the "elements" are blocks of earth small 

enough such that properties (e.g. density and strength) are fairly uniform throughout their 

volume, and "readily understood" is a relative term. In geophysical problems, the 

properties of the individual elements are often poorly constrained and the finite element 

method serves as much to help constrain these properties as it does to provide insight into 

how the system (i.e. the Earth) works. 

The finite element method, as applied to continuum problems in geophysics, can be 

described qualitatively as follows. Imaginary lines are used to divide the continuum into 

the separate "finite elements". Since material properties will be assumed homogeneous 

throughout individual elements, it is best to use rheological discontinuities as element 

boundaries. In addition, elements should be small enough such diat material properties 

that are depth or temperature dependent do not vary significantly through the area 

encompassed by an individual element. Accuracy of a solution improves with a finer 

mesh. However, finer meshes lead to increased run times and storage requirements. 

Thus, a modeler must balance required accuracy with computer resources. 
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The elements are assumed to be interconnected at a discrete number of nodal points 

situated on their boundaries. The displacement of these nodal points will become the basic 

unknown parameter of the problem. A set of functions is then chosen to define uniquely 

the state of displacement within each finite element in terms of the nodal displacements. 

The displacement functions now define uniquely the state of strain within an element in 

terms of the nodal displacements. These strains, together with any initial strains and the 

constitutive properties of the material will define the state of stress throughout die element 

and, hence, also on its boundaries. A system of forces concentrated at the nodes and in 

equilibrium with the boundary stresses and any distributed loads, is determined, resulting 

in an elemental stiffness relationship of the form, 

{q} = [K]{a} +{fp} + {f,}  (1.1) 

where {q} represents the forces acting on the nodes, [K] is the elemental stiffness matrix, 

{a} are the nodal displacements, {fp} represents the nodal forces required to balance any 

distributed loads acting on the element, and {fg} are die nodal forces required to balance 

any initial strains. The quantity [K]{a} represents the forces induced by displacement at 

the nodes. 

An elemental stiffness relationship is created for each element in the model. These 

equations are then assembled into an overall stiffness matrix and load vector resulting in a 

set of linear equations that can be solved simultaneously for the displacements at the 

boundaries of each element, {a}. From the displacements or strains, the consdtutive 

equations lead to the calculation of stress within each element. 

In a viscoelasdc problem, the set of linear equations is expanded into a set of non

linear equations linking the final condition with time. The non-linearity primarily concerns 

the material behavior. For non-Newtonian, plane strain, viscoelastic behavior, the 

constitutive equations are: 



21 

e =(11^ 
frt-I 

yy [(I - V)<j„ - vd-„]+ ̂ [ff„-CT„] 
(1.2) 

-n-l  (l + v) . <j" 
^ 0-.y + 277 

and 

CT = *^xx *^yy + cr. *y 

where e is strain rate ($•'), <7 is stress (Pa), r\ is viscosity (Pa-s), v is Poisson's ratio, and 

E is Young's modulus (Pa). The analysis presented in the subsequent chapters of this 

thesis uses the finite element code TECTON developed by Melosh and Raefsky [1980]. 

TECTON is based on explicit [Cormeau, 1975] or implicit [Hughes and Taylor, 1978] 

formulations of these constitutive equations (see appendix of Melosh and Raefsky [1980] 

for a description of the algorithms). 

A major advantages of the formulations used in TECTON is that the pressure field is 

never decoupled from the rest of the stress tensor, therefore, no problems arise in trying to 

maintain incompressibility. This was not the case in earlier attempts at modeling 

viscoelastic behavior [e.g. Dietrerich and Onat, 1969; Voight and Samuelson, 1969; 

Stephansson and Bemer, 1970; Hudleston and Stephansson, 1973; Neugebauer and 

Breitmayer, 1975]. In addition, these applications considered only simple linear problems 

of constant viscosity. TECTON can consider complex viscosity stmctures and non-

Newtonian behavior. TECTON has also been further developed to include the explicit 

modeling of faults [Melosh and Raefsky, 1981, Melosh and Williams, 1989] and implicit 
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modeling of distributed faulting or plastic flow [Owen and Hinton, 1980]. These features 

are essential to the types of problems explored in this thesis. 

As previously mentioned, model size is an important factor influencing the accuracy 

of a finite element solution. Having relatively slow computers with minimum storage 

capacities, early finite element studies were limited to solving only a few hundred 

simultaneous equations (degrees of freedom - DOF), and could only iterate a few hundred 

time steps [e.g. Dietrerich and Onat, 1969; Voight and Samuelson, 1969; Stephansson and 

Bemer, 1970]. More modem computers have enabled models to consider tens of 

thousands of DOF and time steps, enabling analyses of more detail and/or scope [e.g. 

Zhong and Gumis, 1992, 1995]. The present studies, especially of subduction zone 

dynamics in Chapter 4, require a very fine mesh in order to smoothly model large 

continuous changes in density and viscosity structure across the region. 

1.5 Summary 

Viscoelastic processes strongly influence a wide range of tectonic problems, but numerical 

solutions to such problems have been hampered by the lack of availability of realistic finite 

element formulations and computer resources. In the present thesis we take advantage of 

developments in modeling techniques and larger and faster computers to gain further 

insight into the role of viscoelasticity in several tectonic problems. In our study of axial 

valleys at extinct spreading centers (Chapter 2), we seek to confirm the role of viscous 

flow in determining the morphology of active centers. In our study of earthquake 

triggering (Chapter 3), we bring together two independent lines of research: static (elastic) 

analysis of coseismic failure stresses and simple analytical smdies of postseismic 

deformation due to creep processes. In our study of subduction zone dynamics and the 

state of stress in the Nazca and South American plates (Chapter 4), we bring together a 

line of research that uses elastic models to infer states of stress with a line of research that 

considers viscoelastic models of generic subduction zones. The breadth of these studies 
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serves to underline the paradigm that viscoelastic processes are important to tectonic 

problems that span a wide range of geological time and space. 



24 

CHAPTER 2 LONG-TERM SURVIVAL OF THE AXLVL 
VALLEY MORPHOLOGY AT ABANDONED SLOW-

SPREADING CENTERS 

2.1 Introduction 

Slow-spreading mid-ocean ridges (10-50 mm/yr) such as the Mid-Atlantic Ridge 

(Figure 2.1a) are characterized by a prominent axial valley 10-40 km wide and 1-3 km 

deep (e.g., Macdonald, 1982). Evidence from gravity {Collete et al., 1980; Parmentier 

and Forsyth, 1985; Lin et al., 1990; Blackman and Forsyth, 1991) and seismic {Purdy 

and Detrick, 1986; Louden et al., 1986) studies at active ridges indicate a uniform cross-

axis crustal thickness, suggesting that this valley is not supported by Airy isostasy. These 

observations are consistent with the idea of lithospheric stretching as the cause of an axial 

valley (e.g., Tapponier and Francheteau, 1978). The lithospheric stretching mechanism 

could be formulated as a bending moment produced by horizontal extension in a plastic 

plate that thickens with distance from a ridge axis (Phipps Morgan et al., 1987; Lin and 

Parmentier, 1989; Chen and Morgan, \990', Neumann and Forsyth, 1993; Phipps Morgan 

and Chen, 1993). Alternatively, the stretching could be accomplished by formation of 

successive rift-bounding normal faults that are rotated by isostatic plate flexure as they 

move away from the ridge-axis {Shaw and Lin, 1993, 1996). 

It is not clear, however, how the dynamic mechanism of lithospheric stretching can 

quantitatively explain the perseverance of prominent axial valleys at extinct spreading 

centers, where extension has long ceased. In other words, when the regional strain rate 

vanishes, would the lithosphere relax enough to allow isostatic forces to remove a 

significant portion of the axial valley? Abandoned centers can be found in many locations 

including the Labrador {Osier and Louden, 1995), Coral, and Scotia Seas {Jonas et al., 

1991), the Pacific Ocean {Batim and Chase, 1981), the Indian Ocean {Small and 

Sandwell, 1994), and on the African plate east of the Mid-Atlantic Ridge near lat. 40°-50°S 

(Figure 2.1b). Here we present a quantitative analysis of the evolution of an abandoned 
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spreading center to examine whether the creation of an axial valley by lithospheric 

stretching is a reversible or irreversible process. 

2.2 Model 

We study the interplay between lithospheric stretching accommodated by discrete 

faults and asthenospheric stress relaxation using a time-dependent, viscoelastic, finite-

element model {Melosh and Raefsky, 1980). The two-dimensional, finite-element model 

spans a sufficiently long distance (300 km) from the spreading axis and great depth (150 

km) beneath the sea-floor to minimize the influence of far field conditions on ridge-axis 

processes. Assumed symmetry about the ridge-axis (x = 0) allows us to model only one 

side of die ridge (Figure 2.2). Our rheology is based on an across-axis temperature 

profile mid-way between the center and distal end of a 50 km long segment at a slow-

spreading ridge with a half-rate of 12 mm/yr (from a three-dimensional thermal model of 

Shaw and Lin, 1995). The model has a 5 km thick crust (Young's modulus Ec = 8 x 10'° 

N/m^, poisons ratio Vc = 0.25, density pc = 2900 kg/m^) over a mande half-space (Em = 

11 X 10'°N/m-, Vni = 0 .25, Pm = 3300 kg/m^). Viscosities are based on experimentally 

determined flow laws, e = A exp(-Q/RT), where e is the strain rate, A the flow law 

constant, a the differential stress, n the power law, Q the activation energy, R die gas 

constant, and T the absolute temperature. Crustal viscosities are based on Ac = 10" 

(MPa)" s"', nc = 3.4, and Qc = 260 kJ/mol, and mantie viscosities on Am = 10^ (MPa)" s" 

nm = 3.0, and Qm = 450 kJ/mol. These values are from Kirby (1983) except for Qm, 

for which a smaller value was chosen to allow the base of the mechanical lithosphere to 

coincide with the 750 °C isotherm. 

Seismic moment studies of Solomon et al. (1988) show that 10-20% of sea-floor 

spreading at a slow-spreading ridge is accommodated by extensional faulting and the rest 

by magmatic emplacement. In this study we assume a lithospheric stretching rate, Vext. 

that equals 20% of the half-spreading rate, Vq. We adopt the cyclic faulting model of 
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Shaw and Lin (1995), in which only the inner most rift-bounding fault is active and 

extends from the sea-floor to the base of the lithosphere (Figure 2.2). This model is self-

consistent in the calculated thermo-mechanical structure and fault kinematics. Assuming 

that active faulting occurs on a plane that minimizes the resistance due to cohesive, 

frictional, and plate flexural forces, Shaw and Lin (1995) has obtained a steady-state 

solution of cyclic faulting. For the rheological structure of Figure 2.2, the solution 

requires that each active fault initiates at distance Xj = 8 km from the ridge axis at the 

beginning of a faulting cycle (tj = 0) and increases slip to Smax = 1 km by the end of cycle 

(tf = 0.4 m.y.) when the fault has traversed Ax = 5 km to a location Xf = Xj + Ax = 13 km 

from the ridge axis. Outboard of the active fault, dormant faults are predicted at Ax = 5 

km intervals with successive block rotation of up to A0 = 9° (Shaw and Lin, 1993, 1995) 

(Figure 2.2). This cyclic faulting model is consistent with seisnaic data at the Mid-Atlantic 

Ridge, which indicate diat active faulting is contained primarily within the flanking highs 

that bound the axial valley (Toomey et al., 1988; Lin and Bergman, 1990). 

We modeled the active fault by utilizing slippery nodes that allow frictionless sliding 

between adjacent elements along a predetermined fault plane (Melosh and Williams, 

1989). The spreading axis (x = 0) is fixed horizontally but free to displace vertically. 

Appropriate horizontal stretching rates are applied to the lithosphere on the right hand side 

of the model (x = 300 km) to simulate active and extinct centers, respectively (see 

discussion in next section). To conserve mass within the model box, a parabolic 

counterflow is applied to the asthenosphere along the right boundary. This counterflow is 

equivalent to the return flow described by kinematic models of upper mantie circulation 

{Chase, 1979; Parmentier and Oliver, 1979). The bottom of the model (at a depth of 150 

km) is fixed vertically. The model also takes into account pressure from a 3 km water 

column, gravity body force, and assumes an initial lithostatic state of stress. 
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2.3 Results 

For the cyclic faulting model associated with the configuration of Figure 2.2, we have 

calculated the corresponding stress distribution in the crust and mantle. Figure 2.3a 

shows the axial valley topography and the associated horizontal deviatoric stress. <7x " P' 

where F = (<Jx + CTy + at the end of a faulting cycle of a steady-state active spreading 

center. The stress field is controlled primarily by plate bending associated with isostasy 

and regional extension associated with stretching. Since these quantities do not vary 

significantly during a faulting cycle, the solution shown in Figure 2.3a can be considered 

as a first-order approximation of steady-state stresses. The main features in the stress 

field are: (1) Deviatoric stresses below the 750 °C isotherm are insignificant except directly 

beneath the active fault where local strain rates are high. This demonstrates that the base 

of the mechanical lithosphere coincides with the 750 °C isotherm in our model. (2) 

Bending stresses associated with regional isostasy dominate the stress field. This is 

denoted by extensional stresses (red) overlying compression (blue) in the region of the 

inner valley (x < 15 km) and compression overlying extension in the region of the 

flanking mountains (x > 20 km). Such bending results from isostatic plate flexure in 

compensation of the axial valley (Lin and Parmentier, 1990; Thatcher and Hill, 1995). (3) 

A nominal amount of horizontal extensional stress exists because stretching of the 

lithosphere was not perfectly accommodated by normal faulting. This is evident by a shift 

of stresses toward extension (red) in the region. (4) The active normal fault induces a 

nominal amount of local stresses near its base (yellow/red region beneath the 750 XI 

contour). 

When an active center becomes extinct, the sea-floor spreading ceases and so does the 

steady-state lithospheric stretching rate, Vgxt- With no steady-state stretching, would the 

lithosphere relax enough to remove a significant portion of the axial valley? We have 

developed a model for an extinct center that incorporates the following features: (1) The 

steady-state topography and stresses of an active center (i.e.. Figure 2.3a) are used as 
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initial conditions for the extinct center model. (2) No strain rate is applied to Lhe 

lithosphere on the right hand side of the model. (3) The inner most rift-bounding fault 

remains a frictionless sliding plane. (4) Crustal and mantle temperatures are allowed to 

cool down according to models of conductive heat transfer, leading to gradual increases in 

the viscosities of the crust and mantle. (5) Residual topography and stresses are allowed 

to relax with time in accordance with local viscosities. 

We have calculated the changes in sea-floor topography and crustal and mantie 

stresses at various time steps following the extinction. Figure 2.3b shows the topography 

and horizontal deviatoric stress, - P, at 40 m.y. after extinction. Comparisons of the 

results of the active (Figure 2.3a) and extinct (Figure 2.3b) centers reveal that, to a first 

order, the relaxation process has insignificant influences on the overall axial valley 

topography and the stress field. Slight differences, however, do exist between the active 

and extinct centers. In Figure 2.3b, deviatoric stresses have diminished in die manUe, 

particularly at the base of the inner most normal fault. These changes are accompanied by 

a small (-50 m) normal faulting slip on the frictionless fault (Figure 2.4b) and a reduction 

in overall horizontal extensional stresses (lesser red color in Figure 2.3b) from the active 

center. Isostatic restoring forces have slightiy raised both the axial valley and flanking 

mountains by a small amount (-100 m) relative to the sea-floor far from the extinct center 

(Figs. 4a, 4b). This isostatic response, however, occurs over too broad a region to 

significandy influence axial valley topography. 

2.4 Discussion 

The axial valley associated with an active spreading center could potentially be 

removed by either of two specific mechanisms: (1) ductile relaxation of the lithosphere 

itself; or (2) reversal of motion on rift-bounding faults. The results of our models, 

however, suggest that the oceanic lithosphere near a slow-spreading center is too strong to 

allow significant ductile flow within the crust in tens of millions of years. On such a time 
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scale, most of the deviatoric stresses within the crust and lithospheric mantle are predicted 

to be preserved. The temperature distribution that would be required to allow significant 

ductile flow of the crust may only be found near a fast-spreading center, where low 

viscosities prevent the formation of an axial valley (Chen and Morgan, 1990) 

Our model also suggests that no obvious mechanism exists in which the rift-bounding 

normal faults can be reversed. In fact, extinction of a spreading center could lead to 

additional normal faulting either during the relaxation process (e.g. small normal faulting 

in Figure 2.4b) or due to an increase in regional extensional strain rate if the extinction 

process is gradual (a reduction in the supply of magma could require a larger percentage of 

the half-spreading rate to be accommodated by normal faulting). The only way that faults 

could be reversed would be to introduce a compressional strain rate to the region 

immediately upon cessation of active spreading. Such a mechanism does not seem likely. 

Because conductive cooling increases lithospheric strength with time after extinction, 

should a compressional event occur long after extinction, a high level of compressional 

stress would be required to reverse existing normal faults or to create new thrust faults. 

The conclusion that axial valley topography is not significantly influenced by the 

relaxation process following extinction does not appear to be sensitive to model 

parameters. We adopted the cyclic faulting model of Shaw and Lin (1995) as a base 

model for active spreading because it is self-consistent in the calculations of thermo-

mechanical structure and fault kinematics. However, to minimize our reliance on any 

particular model, we have conducted extensive studies of other models with alternative 

choices of model parameters and starting topography. Examples of other modeling 

studies have considered effects of: (1) more than one rift-bounding normal faults active 

simultaneously; (2) variations in the locations and depths of both active and dormant 

faults; (3) different temperature cross sections; (4) altemative choices of rheological 

parameters; and (5) different applied strain rates. Though the details of the predicted 

topography and stresses vary between models, all of the studies support the main 
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conclusion that iithosphere at a slow-spreading center has too high a viscosity to allow 

significant relaxation and no mechanisms exist to reverse rift-bounding normal faults. 

2.5 Conciusions 

We have simulated the evolution of a slow-spreading center upon cessation of active 

spreading in order to predict long-term changes in ±e axial valley. Results suggest that 

the axial valley created at a slow-spreading center persists because the crust is too strong 

to deform ductily and because no effective mechanism exists to reverse the topography 

created by rift-bounding normal faults. These conclusions do not appear to be sensitive to 

specific model parameters such as starting valley topography, rheology, or number of 

active faults. These results suggest that the persistence of axial valleys at extinct spreading 

centers is consistent with a lithospheric stretching model for active slow-spreading ridges. 
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Figure 2.1. Marine free-air gravity of southern Atlantic as viewed from combined 
GEOSAT and other satellite data (Sandwell and Smith, 1992). Free-air gravity reflects 
primarily topographic effects. Illumination is from east, a: Active segment of slow-
spreading Mid-Adantic Ridge (half-spreading rate = -17 mm/yr). Spreading axis is 
denoted by valley topography typical of active slow-spreading centers, b: Extinct 
spreading center trends north-south at long 15°E. This abandoned spreading center is due 
east of Mid-Atlantic Ridge and has negative free-air gravity similar to that of active center. 
Inset: Comparison of gravity profiles across active (solid line) and extinct (dotted line) 
axial valleys. 
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Figure 2.2. Upper left hand part of the finite-element model used to study processes 
that lead to axial valley at active slow-spreading center. Moho shows previously broken 

and rotated crust. Inner most fault is free to slip. Viscosities used in model are 

temperature dependent and based on experimental flow laws (see text). Effective 
viscosities (for display purposes only) assume a strain rate of 10"'^ s'^. Base of 
mechanical lithosphere is denoted by 750 °C isotherm. Full model is 300 km wide and 

150 km deep. 
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Figure 2.3. a: Predicted deformation and horizontal deviatoric stress field, - P, 
where P = (Gx + Cy + for active slow-spreading center. Note the effect of plate 
bending as revealed by extensional stresses (red) overlying compressional stresses (blue) 
in the region of the inner valley (x < 15 km) and compression overlying extension in the 
region of the flanking mountains (x > 20 km), b: Predicted deformation and horizontal 
deviatoric stress field for a 40 m.y. old abandoned slow-spreading center. Note that 
overall morphology and state of stress of the extinct spreading center is little changed from 
the active center. 
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Figure 2.4. a: Comparison of predicted sea-floor topography of active and 40 m.y. old 
extinct centers (vertical exaggeration is 5:1). b: Elevation change from active to extinct 
center from (a). Note that the inner most fault experiences a small amount of normal 

faulting slip during relaxation process. 
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CHAPTER 3 TIME-DEPENDENT CHANGES IN FAILURE 
STRESS FOLLOWING THRUST EARTHQUAKES 

3.1 Introduction 

Thrust faulting earthquakes pose substantial seismic hazard in many parts of the 

world including southem California. For example, the 1971 Mw=6.7 San Fernando 

quake occurred on surface cutting faults beneath the San Gabriel Mountains north of the 

Los Angeles Basin (Figure 3.1). Only 23 years later, the 1994 Mw=6.7 Northridge quake 

occurred on a blind thrust fault beneath the San Fernando Valley about 30 km to the 

southwest. Both of these events may have resulted from convergence between the "big 

bend" of the San Andreas fault north of the San Gabriel Mountains and motion of the 

Pacific plate [Wentworth and Yerkes, 1971]. While both quakes are likely a response to a 

common cause of high stress state of the region, the observed overlap between their 

aftershock zones (Figure 3.1) and the relative short time interval between them lead to the 

hypothesis that two quakes might be linked through stress interaction [Stein et ai, 1994] 

(Figure 3.2). This points to an interesting possibility that stress changes caused by a 

moderate event on a thrust fault may advance (or delay) the occurrence of future quakes on 

adjacent thrust faults. 

Most current studies of earthquake stress interactions have focused on coseismic 

stress changes immediately following an earthquake. However, observational evidence 

suggests that strain rate in southem California may change significantly on time scales of 

years to decades following a quake. For example, recent geodetic studies of Shen et al. 

[1996a] have revealed that strain rates in southem Califomia appear to mimic the pattem of 

historic seismicity, suggesting that either earthquakes occur at regions of high strain rates, 

or post-seismic deformations are significant and long-lasting, or both. In addition, well-

monitored postseismic deformation following the 1983 Mw=6.5 Coalinga [Stein and 

Ekstrom, 1992], the 1992 Mw=7.3 Landers [Shen et al., 1994; Wyatt et al., 1994; Bodin 
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and Gomberg, 1994] and the 1994 Northridge [Donnellan and Lyzenga, 1996], California 

quakes suggests that creep mechanisms in the crust respond rapidly (months) to stress 

changes imposed by earthquakes. Generally two mechanisms are considered in 

explaining observed postseismic surface deformation: further slip on the fault plane [Tse 

and Rice, 1986; Thatcher and Rundle, 1984], and viscoelastic relaxation of the lower crust 

and/or upper mantle [Nur and Mavko, 1974; Li and Rice, 1987; Thatcher and Rundle, 

1984], If postseismic surface deformation is caused by further slip of the fault, the 

corresponding postseismic Coulomb stress changes should have a similar distribution as 

that suggested by the coseismic calculation, while magnitude will increase proportional to 

the increase in slip. However, if postseismic surface deformation is caused by relaxation 

of a ductile lower crust or upper mantle, postseismic Coulomb stress changes may vary in 

distribution and increase significantly as more coseismic load is transferred to the brittle 

upper crust with time. 

In this study we investigate the 2-D characteristics of postseismic stress changes 

following thrust earthquakes with particular focus on their dependence on such important 

parameters as fault geometry, crustal rock rheology, and whether the faults are surface 

cutting or deeply buried (blind). Because the along-strike length of many interplate faults 

tend to be of similar magnitude to their down-dip length, earthquake stress changes tend to 

vary in three dimensions. In such cases, the 2-D assumption is most reasonable along the 

perpendicular bisector of a short fault. We illustrate results of 2-D modeling calculations 

on two distinct examples of thrust faults: a steep, surface cutting thrust fault with a long 

down-dip length, which is typified by the 1971 San Fernando earthquake, and a shallow 

dipping, blind thrust fault with relatively short down-dip length, which represents the 

1983 Coalinga, Califomia, quake. Results of 2-D analyses suggest a potentially important 

role of viscous flow in lower crust and upper mantle in controlling time-dependent 

postseismic stress changes. 
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3.2 Modeling Approach 

Analyses were conducted using TECTON 2-D plane-strain, finite element models 

[Melosh and Raefsky, 1980]. Comparisons between 2-D and 3-D elastic results suggest 

that the 2-D assumption is reasonable along the perpendicular bisector of a short fault as 

illustrated later in the Discussion section. Earthquakes are simulated by applying a 

seismically inferred slip distribution to a predetermined fault plane using split nodes 

[Melosh and Williams, 1989]. Coseismic stresses are calculated based on deformations in 

the crust caused by this slip. Postseismic stresses are then calculated by allowing ductile 

regions of the crust to relax with time. We utilize both Newtonian and non-Newtonian 

flow laws to describe the viscous relaxation. Descriptions of the flow laws considered are 

discussed in detail in subsequent sections. 

One of the more widely used criteria to characterize the conditions under which rock 

failure occurs is Coulomb failure \Jaeger and Cook, 1979]. The calculation is based on 

the geometry and slip of the earthquake, the sense of orientation of faults in the 

surrounding crust, and the apparent coefficient of friction [e.g., King et al., 1994], The 

usefulness of Coulomb stress calculations to predict regions of subsequent failure has 

been supported by reasonable agreement between regions of predicted coseismic Coulomb 

stress increases and the locations of aftershocks, and has become a common approach to 

earthquake triggering analyses [e.g., Oppenheimer et al., 1988; Reasenberg and Simpson, 

1992; Stein et al., 1992; Harris and Simpson, 1992; Jaume and Sykes, 1992; King et al., 

1994; Stein et al., 1994; Simpson and Reasenberg, 1994]. 

Coulomb stress changes are calculated based on the Coulomb failure criterion where 

failure occurs on a plane when the Coulomb stress exceeds a specific value, 

Oc = X - an (3.1) 
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where T is the shear stress on the failure plane, CTn is the total confining pressure resulting 

from the difference between the normal stress and the pore fluid pressure, and |x' is the 

apparent coefficient of friction. We use the term "apparent" to describe the coefficient of 

friction because the level of pore pressure, which has a significant influence on the 

confining pressure, is poorly known in the southern California crust. 

The Coulomb stress calculation used in the present analysis considers the component 

of earthquake-induced stresses in the direction of optimally oriented secondary fault 

planes, 0, given by 

0 = 0 + P (3.2) 

where 0 is a function of the stress field (regional and coseismic), 

(j) =0.5 tan-i[2axy/(ax-ay)] (3.3) 

where a^y is the absolute shear stress, and Cx and Oy are the absolute normal stresses; and 

P is a function of the coefficient of friction, p., 

|3 = 0.5tan-l(l/|i) (3.4) 

If the orientation of a specific secondary fault is known, that orientation can be used. In 

most cases, however, the location and geometry of secondary faults are not known and 

thus must be assumed. Since regional normal stresses are generally considered to be 

much larger than coseismic stresses, {}) tends to be controlled by the regional stress field. 

In a 2-D analysis, the regional stress field is assumed to be oriented in line with the plane 

modeled. We assumed a regional lateral compressional stress of 100 MPa. The finite 

element method for calculating Coulomb stress changes was tested by comparing results 

to identical dip-slip boundary element models. Results showed that the two methods 

produced identical 2-D elastic results. 
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3.3 Results 

3.3.1 Blind Thrust Fault: The 1983 Coalinga Quake 

Model Assumptions. The May 2, 1983 Mw=6.5 Coalinga, California earthquake 

occurred 35 km northeast of the San Andreas fault and 16 km north of the town of 

Coalinga (Figure 3.3). The rupture occurred along a blind thrust beneath the Coalinga 

anticline, which is the northwest segment of a 110-km-long zone of anticlines near the 

boundary between the San Joaquin Valley and the southeastem Diablo Range of the 

central California Coast Ranges [Stein and Ekstrom, 1992]. The Coast Ranges are a 

product of the oblique convergence of the North American and Pacific plates. The 2-D 

model of the Coalinga region considers a southwest-northeast cross-section perpendicular 

to the San Andreas fault as shown by the white dashed line in Figure 3.3. The inner 

portion of the finite element mesh is shown in Figure 3.4a. The mesh is 150 km long 

normal to the fault and extends to a depth of 60 km. The bottom boundary is fixed in both 

vertical and horizontal directions and the side boundaries are fixed in the horizontal 

direction. Our analysis has determined that specific choices for these boundary conditions 

do not significantly influence model results. The Coalinga slip plane (Figure 3.4a) is 

modeled after Stein and Ekstrom [1992], who suggested that the seismicity and geodetic 

data of Coalinga can best be explained by a shallow (15°) southwest dipping thrust fault. 

The fault has an approximate down-dip length of 4 km and an along-strike length of 20 

km [Stein and Ekstrom, 1992]. 

The stratigraphy of the Coalinga area consists of a thick sequence of Cretaceous 

through Quatemary strata of the Great Valley Sequence and the Franciscan Assemblage 

[Page, 1981]. Beneath the Franciscan Assemblage, at a depth of about 15 km, the 

basement beneath Coalinga has been inferred to be a slab of ophiolite that was obducted 

onto the continental margin during Jurassic time [Hopson et al., 1981; Griscom, 1982]. 

The Moho discontinuity beneath the westem San Joaquin Valley is estimated to be at a 
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depth of about 25 km [Fm/j and Mooney, 1990]. Stratigraphic layers, differentiated by 

changes in shading in Figure 3.4a, are modeled as units of constant elastic properties. 

Density values were based on seismic reflection experiments and gravity modeling 

[Griscom and Jachens, 1990]. Young's modulus is based on P-wave velocities from the 

three-dimensional inversion study of Eberhart-Phillips [1990] and the relationship, 

E = (2/3)(l-i-v)p Vp2 (3.5) 

where E is Young's modulus, v Poisson's ratio, p density, and Vp the P-wave velocity. 

Table 1 lists the elastic properties used in the modeling of the Coalinga earthquake. 

Coseismic Changes. We modeled the slip distribution on the Coalinga fault plane as 

parabolic, with a maximum displacement of 4.7 m in the middle of the fault plane that 

tapers to zero at the fault ends [Stein and Ekstrom, 1992]. This model reproduces 

reasonably well the observed coseismic surface elevation changes (Figure 3.4b). The 

measured elevation changes are based on data from a leveling survey (see line A-B in 

Figure 3.3) that has been projected onto the cross-section of the model. The 

measurements have been corrected for leveling errors and non-tectonic subsidence [Stein 

and Ekstrom, 1992]. 

Coseismic Coulomb stress changes caused by the Coalinga earthquake, calculated 

based on assumed coefficient's of friction of |1=0.0 and |i=0.6, are shown in Figures 3.5a 

and 3.5b, respectively. The main feature of the stress distribution is four lobes of high 

Coulomb stress increase (white regions). Two of these lobes are located at the ends of the 

fault plane and are caused by the high shear stresses associated with slip termination. The 

other two lobes are oriented antithetic to the fault plane and are caused by bending of the 

crust associated with fault slip. The higher coefficient of friction (Figure 3.5b) increases 

stress magnitudes in the lower crust, but has only a minor influence on the magnitude of 

stresses in the upper crust. The higher friction coefficient also leads to shallower dips of 
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the calculated optimally oriented slip planes as shown in the bottom right hand comer of 

Figures 3.5a and 3.5b. 

Coalinga aftershocks [Ekstrom etai, 1992] that occurred within 5 km of the modeled 

cross-section are plotted in Figure 3.5a. Aftershocks occur in all four lobes of calculated 

Coulomb stress increase; but aftershocks also occur in two of the four regions in which 

Coulomb stresses are calculated to decrease. This may be indicative of a fault plane more 

complicated than that modeled. The existence of antithetic lobes of Coulomb stress 

increase, as evidenced by aftershocks in regions normal to the slip plane, appear to be a 

natural consequence of dip-slip earthquakes. High shear stresses in an antithetic region 

were also found by Melosh and Williams [1989] who suggested that the antithetic region 

associated with a normal fault is the cause of graben morphology. 

Postseismic Changes Caused by Aseismic Slips on Fault Planes. Postseismic 

deformations following a thrust earthquake may be caused by a number of tectonic 

processes including aseismic slip on the original fault, aseismic slip on down-dip and up-

dip extension of the original fault, ductile deformation of the viscous lower crust, or 

relaxation of the upper mantle. We attempt to distinguish these mechanisms by comparing 

calculated surface deformations from each model to geodetic measurements following the 

1983 Coalinga quake. Geodetic measurements were made along a leveling line (A-B in 

Figure 3.3) in June of 1983 (one month after the quake) and in July, 1987 [Stein and 

Ekstrom, 1992]. Elevation changes during this period were corrected for non-tectonic 

subsidence from water and oil extraction [Stein and Ekstrom, 1992]. 

Figure 3.6a shows the observed postseismic surface elevation changes and the 

predicted changes by three models that consider aseismic slip on the fault following the 

1983 quake. The up-dip and down-dip models correspond to slip on 2 km extensions of 

the original fault (thin black lines that extend from the denoted fault in Figure 3.4a). The 

amount of slip in each of these models was adjusted such that the amplitudes of the 
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calculated surface elevation changes were approximately the same as those observed. 

Figure 3.6a shows that the model with -0.75 m of postseismic slip on the original fault 

matches most closely the observed surface elevation changes in the four years following 

the Coalinga quake. These calculations also suggest that models with only up-dip or 

down-dip postseismic slip do not fit well with the observed postseismic elevation 

changes. The inference that postseismic deformations in the first few years following the 

Coalinga quake were caused by creep on the fault was first suggested by Stein and 

Ekstrom [1992]. Creep on the fault plane has also been inferred to be responsible for 

early postseismic deformations following the 1989 Loma Prieta earthquake [Burgmann et 

al., 1997] and the 1994 Northridge quake [Donnellan and Lyzenga, 1996]. 

Postseismic Changes Caused by Ductile Flows in Lower Crust. We next considered 

models in which the crust or upper mande deform due to a ductile process such as 

dislocation creep. Aftershock activity following the 1983 Coalinga quake (Figure 3.5a) 

ceases at a depth of about 15 km despite the predicted high calculated Coulomb stress 

changes below this depth. This could reflect a ductile lower crust that extends down to the 

Moho (-25 km). Ductile relaxation within the lower cmst would lead to a dissipation of 

lower crustal stiffness with time after the quake. This would have the effect of forcing the 

upper crust to carry more of the coseismic load, which in turn would cause upper crustal 

deformation to increase beyond that induced by the original fault slip. By assuming a 

lower crustal viscosity, the finite element model calculates this transient process and 

predicts changes in deformation and stresses as a function of time after the earthquake. 

The amplitude of observed postseismic surface deformation in the four years 

following the Coalinga quake can be approximated by a lower cmst with a viscosity on the 

order of 1x1018 Pa-s (solid line in Figure 3.6b). The wavelength of the calculated surface 

deformation, however, is slightly broader than that observed, i.e., this model does not 

provide as good a fit to the observed data as the model that considers further slip on the 

fault (solid line in Figure 3.6a). Furthermore, 1x1018 Pa-s is a relatively low viscosity 
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and it would lead to surface deformations much larger than those observed in the 4-8 year 

period following Coalinga (discussed subsequently). Thus, lower crustal flow is 

probably not the primary mechanism responsible for surface deformations observed in the 

first four years following the Coalinga quake. This conclusion constrains the viscosity of 

the lower crust to be higher than 1x1018 Pa-s. 

Postseismic Changes Caused by Ductile Flows in Upper Mantle. We also considered 

the possibility diat ductile flow takes place in the uppermost mantle. The moho is inferred 

to be at a depth of approximately 25 km below the Coalinga region [Fuis and Mooney, 

1990]. We calculated the changes in surface elevation based on a model with a mantle 

viscosity of 1x1018 Pa-s (all other regions are modeled elastically) and compare 

deformations to those observed in Figure 3.6b (dashed line). This figure suggests that 

flow in the mantle following the quake would result in a deformation of the surface much 

broader than that measured, making it an unlikely candidate to explain the observed 

surface deformation in the first four years of the quake. 

Postseismic Changes Caused by Ductile Flows in the Base of the Upper Crust. 

Finally, although there is no evidence to suggest ±at the lower-most portion of the upper 

crust (layer 5 in Figure 3.4a) is ductile, we nevertheless calculated the surface 

deformations that would result from ductile flow in this region based on a viscosity of 

1x1018 Pa-s. Figure 3.6b (dotted line) shows that flow in the lower-most upper crust 

would lead to surface elevation changes much different to those observed. Therefore, it is 

also an unlikely candidate to explain the observed postseismic deformation. 

The above comparisons between the calculated and observed surface elevation 

changes in die first four years following the Coalinga quake suggest that deformations 

were most likely caused by further slip on the original fault plane. However, this does not 

rule out the possibility of a more moderate rate of flow in the lower crust that may be 

significant enough to be observable in later years. Another leveling survey was taken in 
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1991 to measure surface changes in the 4-8 year postseismic period and the leveling line 

was extended from A-B to A-B-C in Figure 3.3 [Stein and Ekstrom, 1992]. The 

observed surface deformation between 1987 and 1991 is shown in Figure 3.6c (note 

difference in vertical scale from Figures 3.6a and 3.6b). Data regarding non-tectonic 

subsidence (water and oil level changes) is not available for this time period. We therefore 

made the assumption that the rate of non-tectonic subsidence was the same in the period 

from 1987-1991 as that used by Stein and Ekstrom [ 1992] for the period 1983-1987. The 

error bars in Figure 3.6c are representative of 50% of this subsidence correction. These 

error bars do not include potential errors in the geodetic measurements, which are 

probably on the order of 15 mm based on previous error estimates. 

The subsidence corrections are large compared to the average magnitude of the 

elevation changes observed in the period from 1987-1991. This makes it difficult to 

distinguish between a model that only considers further slip on the fault (dotted line in 

Figure 3.6c) and one that considers lower crustal flow with a viscosity of 3,xlOl8 Pa-s 

(solid line). The lower crustal flow model also considered slip on the fault (-0.5 m) to 

have occurred in the first four years after the quake to satisfy the constraints for that 

period. The geodetic data shown in Figure 3.6c is too noisy to conclude which of these 

models better fits the data. Equally important is that neither model can be discounted. 

More accurate geodetic measurements, such as those being made of the San Fernando 

Valley following the 1994 Northridge quake [e.g., Donnellan and Lyzenga, 1996], have 

the potential to distinguish these the subtle differences between these mechanisms, 

provided that the accuracy of non-tectonic subsidence estimates improves significantly. 

Although currently unverifiable, it remains a possibility that lower crustal flow has an 

influence on stresses in die upper crust many years after the Coalinga earthquake. We 

therefore explore how the relaxation process may influence failure stresses as a function of 

time after the quake by allowing the relaxation process to transfer the coseismic load to the 

upper crust. The model uses a lower crustal viscosity of 3x1018 Pa-s and ~0.5 m of 
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postseismic slip on the fault completed in the first four years after the quake. Figure 3.7a 

shows the calculated coseismic Coulomb failure stresses and Figures 3.7b and 3.7c show 

the calculated Coulomb stress at 10 and 100 years after the quake. The corresponding 

displacement and velocity profiles for these time frames are shown on the right hand side 

of Figure 3.7. Note the decreasing scale of maximum velocity shown in the bottom right 

hand comer of Figures 3.7d and 3.7f. Coseismic displacement (Figure 3.7b) is predicted 

to concentrate around the original fault, while the early postseismic deformation (Figure 

3.7d) is predicted to concentrate in the region where Coulomb stress changes in the ductile 

lower crust are highest. As the lower crust relaxes, the wavelength of the deformation 

pattern broadens (Figure 3.7f). 

The overall pattern of calculated Coulomb stresses in the upper crust does not appear 

to be influenced by relaxation of the lower crust. The assumed friction coefficient does 

not significantly alter this result. The Coalinga case study provides an important 

comparison to the San Fernando case smdy, in which lower crustal relaxation does have a 

pronounced influence on calculated stresses in the upper crust. 

3.3.2 Surface Cutting Fault: The 1971 San Fernando Quake 

Model Assumptions. The 1971 Mw=6.7 San Fernando earthquake occurred in the 

southwestern San Gabriel Mountains, in the central Transverse Ranges of southern 

California (Figure 3.1). The east-trend of the Transverse Range results from north-south 

compression, attributed to convergence between the "big bend" of the San Andreas fault 

north of the San Gabriel Mountains and motion of the Pacific plate [Wentworth and 

Yerkes, 1971]. Stein et al. [1994] used a principal compressional axis for the region of 

N16°E in their calculations. This represents an average value based on small earthquake 

focal mechanisms [Gephart and Forsyth, 1984; Jones, 1988; Hauksson, 1988; Hauksson 

and Jones, 1991] and borehole breakouts [Mount and Suppe, 1992]. We follow this 

assumption and use a two-dimensional cross-section that passes through the epicenter of 
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the San Fernando main shock at this orientation as shown by the dashed line in Figure 

3.2. The central portion of the mesh of the finite element model is shown in Figure 3.8a. 

The full model is 300 km long and extends to a depdi of 60 km. The bottom boundary is 

fixed vertically and horizontally and, unless otherwise stated, the side boundaries are fixed 

horizontally. Analysis has determined that these boundary conditions do not influence 

model results. Slip associated with the San Fernando earthquake is inferred to have 

occurred on two thrust faults inclined to the north (Figure 3.2) [Heaton, 1982]. 

Elastic properties of the San Femando model are based on the P-wave velocity 

structure model of Kanatnori and Hadley [1975], which contain no lateral variations 

across the San Femando Basin. Although more recent velocity inversions show 6% 

lateral variations to exist [e.g., Vidale and Helmberger, 1988; Zhao and Kanatnori, 1995], 

such variations were not considered in the finite element model because lateral density 

variations along the cross-section of the model are not yet well constrained, and because 

variations of this magnimde do not significantiy influence the results of the present 

analysis. Density variations with depth are based on well log data in the region [Duke et 

al., 1971]. Velocity and density variations with depth, along with the corresponding 

elastic modulus (equation 3) are listed in Table 2. The finite element model for the San 

Femando earthquake has a ductile lower crust sandwiched between an elastic upper crust 

and an elastic upper mantie (Figure 3.8a). The brittle/ductile transition is based on the 

maximum depth of aftershocks following the San Femando and Northridge quakes 

(Figure 3.1b). This places the brittle/ductile transition at a depth of ~18.5 km below 

Northridge and at a depth of ~15.5 km below the San Femando faults. 

Coseismic Changes. The observed coseismic changes in elevation associated with the 

San Fernando quake are shown in Figure 3.8b. The coseismic profile was not based on a 

particular leveling line, but rather was extracted from a contour map of elevation change 

assembled by Castle et al. [1975] based on an array of bench marks [Morrison, 1973; 

Savage et al., 1974]. The composite profile is co-planar with our model cross-section. 
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Similarly, the Heaton [1982] results shown in Figure 3.8b are taken from a cross-section 

of a contour map of elevation changes calculated by Heaton [1982] based on a two fault 

plane model. Our finite element model is based on the same slip distribution and fault 

geometry used by Heaton [1982] and thus leads to very similar results for calculated 

coseismic elevation changes (Figure 3.8b). Both the finite element model and Heaton's 

[1982] calculated displacements decay with distance from the fault less quickly than the 

observed measurements, and the maximum displacement of the calculations is smaller than 

that observed. Heaton [1982] suggests that these problems could be solved by 

concentrating more of the slip at shallow depth on the upper fault. Heaton [1982], 

however, concluded that the slip distribution used in his calculation provides the best 

overall solution for the combined observations of strong ground motions, long-period 

teleseismic body waves, and surface deformations. 

Coseismic Coulomb stress changes associated with the San Fernando earthquake are 

best understood by considering the contribution of each fault plane first separately 

(Figures 3.9a and 3.9b) and then together (Figure 3.9c). These figures represent end-

member models of no apparent friction. The first four months of aftershocks that 

occurred within 2 km of the modeled cross-section are overlaid on the calculated stress 

changes caused by the earthquake (Figure 3.9c). Such a narrow swath of aftershocks is 

chosen to avoid aftershocks that occur as a result of end effects. Slip on the lower fault 

acts to diminish the large stress drop of the upper fault. The result is a more moderate 

increase in Coulomb stress in the vicinity of the projected Northridge fault plane. This 

may help explain why we observe few aftershocks on the antithetic plane of San Fernando 

compared to that of Coalinga. The paucity of aftershocks might also be attributed to a 

poor catalog of Mw<2 aftershocks available for 1971 seismicity. 

Figure 3.9d shows the calculated coseismic (slip on both faults) Coulomb stress 

change based on a model with a high apparent coefficient of friction of |i'=0.8. The 

higher friction leads to higher calculated coseismic Coulomb stresses in the antithetic 
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region. Because of uncertainties in Heaton's [1982] two fault plane solution, we also 

calculated coseismic Coulomb stress changes associated with a continuous fault plane bent 

at its center [Langston, 1978; Heaton and Helmberger, 1979]. This change in fault 

configuration caused moderate differences in the calculated coseismic and postseismic 

stress results, but did not qualitatively influence conclusions. For brevity, we constrain 

our discussion of results to the two fault plane configuration of Heaton [1982], 

Postseismic Changes Caused by Ductile Flows in Lower Crust. We considered 

several mechanisms as potential causes of postseismic changes in Coulomb stress in the 

years after the 1971 San Fernando earthquake: flow within a ductile lower crust, flow 

within a ductile upper mantle, further slip on the original fault planes, and slip down-dip 

of the original fault planes. If postseismic deformation occurs because of creep on the 

original fault planes, the postseismic change in stress would have a similar pattern to that 

calculated for coseismic changes (Figures 3.9c and 3.9d). The magnitude of stress 

change would be proportional to the amount of aseismic creep. However, other 

mechanisms of postseismic deformation would cause postseismic Coulomb stress changes 

that differ from the coseismic pattern. The following paragraphs discuss these results. 

Figure 3.10 shows the calculated changes in Coulomb stress caused by the San 

Fernando quake and corresponding displacement and velocity profiles at four subsequent 

time steps based on a model with a ductile lower crust. The timing of the calculated 

relaxation process is based on a lower crustal viscosity of 1019 Pa-s, representing a 

reasonable estimate for a lower crustal viscosity based on experimental flow laws [e.g., 

Kirby and Kronenberg, 1987; Wilks and Carter, 1987]. The relationship between 

assumed viscosity and the rate of relaxation is linear for Newtonian viscosities. 

Therefore, the timing of the postseismic stress and velocity patterns shown in Figure 3.10 

can be easily adjusted for alternate assumptions of viscosity. For example, the stress 

pattern after 23 years of relaxation (Figure 3.10c) would occur after 230 years if the lower 

crustal viscosity were 1020 Pa-s instead of the presently assumed 10^9 Pa-s. 
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An increase in Coulomb stress is predicted in the antithetic region of San Fernando, 

toward the projected fault plane and hypocenter of the 1994 Northridge quake (dark 

dashed line and star in Figure 3.10). This increase in stress reaches a maximum after 

several hundred years of relaxation (Figure 3.10e), and then slowly diminishes as steady-

state is approached (Figure 3.10i). The build-up in Coulomb stress in the San Fernando 

antithetic region is a direct result of stress being transferred from the lower to the upper 

crust. This is reflected in the corresponding stress increase as a function of time at the 

projected Northridge hypocenter (Figure 3.11a) and stress decrease at a location just 

beneath, in the ductile lower crust. 

The influence of varying viscosity on the timing of stress change at the projected 

Northridge hypocenter (^.-0) is shown in Figure 3.11b. We used die projected 

Northridge hypocenter for convenience in our discussion of results. Clearly, a three-

dimensional analysis is required to determine stress changes at the actual hypocenter. If 

the lower viscosity were as low as 1018 Pa-s, Coulomb stresses are predicted to be triple 

at the projected Northridge hypocenter in only 15 years after the San Fernando quake, 

although the Coalinga results did not support such a low viscosity. If the lower crustal 

viscosity is on the order of 1020 Pa-s, ductile relaxation would occur too slowly to be an 

important factor in postseismic stress changes. 

The magnitude of calculated Coulomb stress increase in the antithetic region of San 

Fernando is strongly influenced by the apparent coefficient of friction assumed (Figure 

3.11c). A low apparent friction value leads to a relatively low calculated coseismic (t=0) 

Coulomb stress change, but with a high rate of postseismic increase. In the end-member 

model of no apparent friction, the calculated Coulomb stress at the projected Northridge 

hypocenter almost doubles (from 0.23 MPa to 0.42 MPa) in the 23 years between the San 

Fernando and Northridge. In contrast, the models of high apparent friction lead to 

relatively high coseismic Coulomb stress changes (Figure 3.9d) and low rate of 

postseismic increases. Model results suggests that if enough time passes (about 50 years 
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based on an assumed viscosity of 1019 Pa-s), this high stress will actually diminish in the 

presence of a ductile lower crust. The true level of friction in the crust is not well 

constrained and may be highly variable in a nonhomogeneous crust and change with time 

as pore pressures vary. 

Postseismic Changes Caused by Ductile Flows in Upper Mantle. Zandt and Carrigan 

[1993] suggest that a small-scale convective instability beneath Califomia may have 

produced a low viscosity upper mantle on the order of 1x1018 to 5x1019 Pa-s. For 

comparison to the ductile lower crust model, we develop a model with an upper mantle 

viscosity of 10^9 Pa-s (lower crust kept elastic). Figure 3.12a shows the calculated 

Coulomb stress change after 23 years of upper mande relaxation following the San 

Fernando quake. As with a ductile lower crust (Figure 3.10c), a ductile upper mande 

leads to an increase in Coulomb stress in the antithetic region (Figure 3.12a). The stress 

increase due to upper mantle flow is predicted to concentrate above the step in the brittle-

ductile transition, not quite as far toward the projected Northridge hypocenter as the 

ductile lower crust model. A model that considered both a ductile lower crust and upper 

mande did not produce higher stress increases at the projected Northridge hypocenter 

when compared to the model with only a ductile lower crust. 

Postseismic Changes Caused by Aseismic Slips on Fault Planes. In a study of 

subduction zone earthquakes, Thatcher and Rundle [1984] suggest the existence of a 

transition zone between lithosphere and asthenosphere whose behavior is brittle elastic in 

the short term and ductile for longer-term deformation. The crustal analogy would be for 

a fault in the upper crust to extend down-dip into the ductile lower crust, with slip on the 

down-dip section occurring aseismically within a few years of the coseismic event. We 

explored the consequences of down-dip slip following the San Fernando earthquake by 

applying the average coseismic slip distribution of the lower fault to a down-dip 

extension. This extension of the lower fault can be seen in the finite element mesh in 

Figure 3.8a. In the antithetic region of San Fernando, it had been previously noted that 



51 

the lower fault negated much of the coseismic Coulomb stress increase caused by the 

upper fault. Figure 3.12b suggests that extending slip down-dip of the lower fault in the 

years following the San Fernando quake, would have the effect of more completely 

neutralizing this stress increase. This is completely opposite to the effect of ductile flow in 

the lower crust or upper mantle, which serve to enhance Coulomb stress increases in the 

region of the projected Northridge hypocenter. 

The wavelength of the predicted postseismic surface deformation caused by the 

various models is strongly influenced by the depth of each corresponding mechanism 

(Figure 3.13). Aseismic slip on the original fault planes following the quake should 

produce a sharp postseismic displacement at the surface since the upper fault is very 

shallow. Models with slip on a down-dip extension of the lower fault and lower crustal 

flow both predict longer wavelength surface deformations as both mechanisms take place 

in the lower crust. A ductile upper mande would lead to the broadest surface 

deformations. The differences between surface deformadons caused by further slip on the 

fault as compared to a ductile lower crust (or down-dip slip) is larger than that observed in 

the Coalinga case, in which the Coalinga fault did not come close to the surface. As a 

result, postseismic geodetic data of the San Fernando quake may be used to more readily 

to distinguish between the models. The critical locadon to make a meaningful postseismic 

geodetic measurement would be at about 7 km north of the San Fernando epicenter 

(distance of +20 km in Figure 3.13), well within the San Gabriel mountains (See Figure 

3.1). There is no published data regarding postseismic changes in surface elevation 

following the San Fernando quake. Some geodedc surveys have been conducted in the 

San Fernando valley the 1980s, but none come close enough to the modeled 2-D cross-

section to be useful in this study. However, existing data and more accurate 

measurements in the future should be useful to constrain 3-D models. 
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3.3.3 Significance of Fault Dip and Depth of the Brittle/Ductile Transition 

The antithetic region of high Coulomb stress in the upper crust is calculated to expand 

laterally due to lower crustal flow following the San Fernando (Figures 3.10 and 3.12a), 

but not the Coalinga quake (Figure 3.7). The primary factor responsible for this result is 

the difference in the respective fault dips and therefore the orientation of the antithetic 

region. Results in Figure 3.14 show that shallow dipping faults, such as Coalinga, lead 

to a steeply dipping coseismic antithetic lobe (Figure 3.14a) that does not expand laterally 

upon postseismic deformation (Figure 3.14b). Moderately dipping thmst faults such as 

San Fernando, however, lead to an antithetic region of increased coseismic Coulomb 

stress (Figure 3.14c) which grows and expands laterally upon relaxation of the lower 

crust (Figure 3.14d). Finally, a steeply dipping thrust fault does not lead to an increase of 

laterally expanding region of stress increase (Figures 3.l4e and 3.14f), suggesting that 

moderate dipping faults (-45 degrees) represent the ideal configuration for postseismic 

lateral expansion of an antithetic lobe of Coulomb stress increase along the base of the 

upper crust. 

In addition to tiie dip angle, the placement of a thrust fault relative to the brittle/ductile 

transition is also an important factor in determining the influence of lower ductile 

relaxation on stress changes. The deep thrust fault of Figure 3.14g leads to a region of 

coseismic Coulomb stress increase that mostiy lies beneath the brittle/ductile transition. 

As a result, relaxation of the lower crust dissipates most of this antithetic region of high 

stress and, despite the moderate dip angle, does not lead to a significant lateral expansion 

at the base of the upper crust (Figure 3.14h). Therefore, lateral expansion of high 

Coulomb stress changes require that the bottom of the thrust fault not be too close to the 

brittle/ductile transition such that there exists a corridor for expansion. 

The step down of the brittie/ductile transition inferred to exist beneath Northridge 

(Figure 3.1b), therefore, enhances the lateral expansion of postseismic San Fernando 
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Coulomb stress increases toward the projected Northridge hypocenter. It is not the step 

itself, however, just the presence of the deeper brittle/ductile transition beneath Northridge 

that is important. Therefore, it is the combination of the moderate dip angle of the San 

Femando faults and the deepening of the brittle/ductile transition beneath Northridge that 

combine to create an environment favoring postseismic lateral expansion of high Coulomb 

stress toward the vicinity of the projected Northridge hypocenter. 

3.3.4 Non-Newtonian Experimental Flow Laws 

Assuming a Newtonian viscosity for the lower crust that does not vary with depth is 

likely an oversimplification of the true flow characteristics of crustal rocks. More realistic 

flow characteristics are usually determined by triaxial compression tests that measure the 

relationship between an applied differential stress, ad, and a resulting flow (strain) rate, 

as a function of petrology, temperature, pressure, and water fugacity. The flow stress 

data is often fit with a power law of the form, 

A exp(Q/RT) (3.6) 

where A is the pre-exponential constant, n the power law, Q the activation energy, R the 

universal gas constant, and T the Kelvin temperamre [e.g., Kirby, 1983; Kirby and 

Kronenberg, 1987; Carter and Tsenn, 1987]. 

Because the rheology of the lower crust beneath the San Femando Valley is not well 

known, we explored a variety of flow laws in an effort to deduce what rheologic 

parameters may support a timely postseismic transfer of stress. Rock types considered 

include the following: (1) Dry quartz aggregates. Quartz is of special importance to crustal 

flow characteristics because of its abundance in the middle crust where it frequently 

comprises the load-supporting framework of grains in the rock and many microstructural 

studies of naturally deformed rocks show quartz grains to be the most deformed [Rutter 

and Brodie, 1992]; (2) Wet quartz aggregates. Laboratory experiments show that most 
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rocks experience significant hydraulic weakening when exposed to water. There is ample 

evidence to suggest that crustal theologies in seismogenic zones are wet [e.g., Brace, 

1972; Nekut etal., 1977; Brace, 1980]; (3) Dry feldspar aggregates. Feldspar rheology 

is likely to be of significant importance in the lower continental crust because of its 

volumetric importance in metabasic and dioritic rocks in which quartz does not form the 

principal load bearing framework [Rutter and Brodie, 1992], As with quartz, feldspar 

aggregates are significantly affected by hydraulic weakening [Tullis and Yund, 1980; 

1985], but the data had too much scatter from which to determine a flow law; and (4) Dry 

and wet granite. We consider granitic flow laws because of the unconstrained nature of 

the crustal rheology and for general comparison purposes. The steady-state experimental 

flow laws considered in this analysis are summarized in Table 3. 

No heat flow measurements were taken in the San Fernando valley, but the 

surrounding region suggests a regional heat flow of approximately 70 +/- 10 mW/m2 

[Lachenbruch and Sass, 1980]. Temperature is assumed constant in time and varies with 

depth according to, 

T = Ts + qm (z/k) + (q^ - q^,) (h/k) [1 - exp (-z/hr)] (3.7) 

where T^ is surface temperature, qj surface heat flux, q^, the mande heat flux, h^ the 

characteristic length scale for the decrease of crustal radiogenic element concentration with 

depth, k die thermal conductivity, and z the depth [Turcotte and Schubert, 1982], We 

used Ts = 10 °C, Qm = 58 mW/m^ [Lachenbruch and Sass, 1980], k = 2.5 W/m K 

[iMchenbruch and Sass, 1980], and hj. = 10 km [Turcotte and Schubert, 1982]. 

For purposes of comparison, we calculated the effective viscosity for each flow law 

as a function of depth (temperature dependent) by assuming a uniform strain rate. The 

compressive strain rate across the San Fernando valley is estimated to be approximately 

7.0x10-15 s-l (.22 |istrain/yr) [Shen etal., 1996b] and approximately 4.7x10-15 s-' (.15 

jistrain/yr) across die Central Transverse Ranges [Lisowski et al., 1991]. We used a 
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median value of 6 . 0 x 1 0 - 1 5  s-l (.19 (xstrain/yr) in our calculations. The effective 

viscosities for dry and wet flow laws are shown in Figures 3.15a and 3.15b, respectively. 

The wide scatter of viscosities reflects both large variations in crustal rock types as well as 

variations in experimental procedures and test conditions. The scatter seen in the wet 

rheologies is larger than that seen with the dry rheologies because of the strong sensitivity 

of rock strength to the presence of water. The gray region in Figures 3.15a and 3.15b 

denotes the approximate viscosity range (<1019 Pa-s) required for a timely transfer of 

stress to the projected Northridge hypocenter based on the Newtonian study. None of the 

dry rheologies appear to satisfy this constraint, while several of the wet rheologies appear 

to be weak enough to allow timely transfer of stress. While this favors a wet rheology of 

the lower crust, we should not necessarily preclude dry crustal rocks as too strong 

because: (1) there are many uncertainties associated with laboratory derived flow laws that 

can lead to an over-estimation of crustal strength [e.g., Tullis and Yund, 1985; Gleason 

and Tullis, 1995]; and (2) even if the overall crustal matrix is strong, ductile deformation 

may be controlled by weak inclusions [Ivins, 1996]. 

3.3.5 Influence of a Regional Compressive Strain Rate 

There are two steps in the calculation of Coulomb stresses. The first is to use the 

finite element model to calculate the stress tenser created by a quake. The second step is to 

calculate the Coulomb stress change of the quake stress tensor resolved on optimally 

oriented planes for secondary slips [King et ai, 1994]. The orientation of the optimum 

slip angle is based on the apparent coefficient of friction and the assumed regional 

compressive stress. We assumed a regional compressional stress of 100 MPa. As long 

as the assumed regional stress is significantly larger than the quake-induced coseismic 

stresses, which are on the order of 1 MPa, the actual magnitude of regional stress is 

unimportant. With this procedure, the regional compressional stress influences only the 

optimum slip angle of the secondary faults and does not effect the process of ductile 

relaxation calculated by the finite element model. 
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There is reason to believe, however, that consideration a regional compressive stress 

in the calculation of the stress tensor could influence the rate of ductile relaxation. It can 

be shown diat viscosity is related to differential stress in the following manner, 

^ (3.8) 

where ri is viscosity, Cr is regional differential stress, Geo is coseismic differential stress, 

and n is the power law exponent from equation (4). Equation (3.8) suggests that the 

presence of a regional stress field can decrease the viscosity if die flow law is non-

Newtonian (n>l). We calculated this effect using the finite element model by applying an 

appropriate velocity to the side of the model. A velocity boundary condidon creates a 

regional compressive strain rate, which in turn causes a regional compressive stress. The 

problem with this approach is that a regional strain rate continuously deforms elasdc 

regions of the model, thus masking stress changes caused solely by ductile flow. To avert 

this situation we model elastic regions with an exponential flow law [e.g. Kronenberg et 

al., 1990; Shea and Kronenberg, 1992; Ibanez and Kronenberg, 1993] that allows us to 

define a limiting strength (in this case 100 MPa) such diat further compressive strains do 

not result in higher compressive stresses. 

Shen et al. [1996b] used geodetic measurements to estimate a N-S compressional 

strain rate of approximately 7x10-15 s-l (0.22 |istrain/yr) across the Los Angeles basin and 

the San Fernando valley. We applied this strain rate using an appropriate velocity 

boundary condition and calculated its influence on the rate of stress transfer between a 

ductile lower crust and the strong upper crust. Figures 3.16a and 3.16b show the 

influence of the regional compressional strain rate on the change in Coulomb stress at the 

projected Northridge hypocenter in the 30 years following the San Fernando quake. 

Three flow law models were considered: a Newtonian (n=I) model assuming a lower 

crustal viscosity of 1019 Pa-s; two non-Newtonian models (n=2 and n=4) that, in the 
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absence of a regional compressive strain rate, lead to the same amount of stress transfer in 

30 years as the Newtonian model (Figure 3.16a). As seen in Figure 3.16a, the power law 

exponent influences the rate of viscous relaxation. Higher powerlaw exponents tend to be 

weaker initially (higher rate of relaxation), then stronger with time as the level of 

differential stress diminishes. This quality is amplified in the presence of a regional strain 

rate as shown in Figure 3.16b. In the presence of a regional strain rate, the Newtonian 

(n=l) model results are unchanged compared to the model without a regional strain rate 

present. The non-Newtonian models both have increased rates of stress transfer in the 

presence of a regional strain rate. This is potentially an important result in that laboratory 

measurements suggest that crustal rocks behave in accordance with non-Newtonian power 

law exponents (Table 3). 

3.4 Discussion 

Robustness of Solution and Significance of Parameters. A significant region of 

model space was explored in an effort to understand which variables strongly influence 

the calculations. Model results suggest the following general conclusions: (1) The shear 

stress drop on the fault (ratio of slip to fault length) is the most important factor controlling 

the level of induced stresses. The larger the stress drop, the larger the coseismic and 

postseismic increases in Coulomb stress on the antithetic lobes. (2) The fault geometry 

dictates the location and inclination of the antithetic lobes. Results were sensitive to a kink 

in the San Fernando fault plane, as opposed to a straight plane. (3) The depth of the 

brittle/ductile transition and Moho determines the extent of residual stress that can be 

translated to the upper crust. The depth of the brittle/ductile transition is more important to 

the results than the depth of the moho because coseismic stresses tend to be higher in the 

middle crust as compared to the lower crust. This effect can be somewhat offset if the 

lower crust relaxes much faster than the middle crust, which may occur with temperature 

dependent viscosities. (4) The elastic parameters are least influential on the results 

because a reduction in stiffness is approximately offset by an increase in deformation. 
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resulting in similar predicted stress magnitudes. And (5) The apparent coefficient of 

friction had a significant influence on stress results, i.e., the higher the assumed friction, 

the higher the coseismic Coulomb stresses, but the lower the postseismic change in stress. 

2-D Limitations. Modeling fault rupture in two dimensions is accurate in the case of 

very long faults, such as those found at subduction zones. End effects associated with 

shorter faults may significantly influence the coseismic stress field (note the butterfly 

stress pattern in the 3-D calculation shown in Figure 3.2). To examine the accuracy of the 

2-D assumption in modeling faults whose along-strike length is not appreciably longer 

than its down-dip width, we employed a 3-D boundary element code that allows 

comparison of stress results of faults with varying widths. The elastic halfspace, 3-D 

boundary element code [King et al, 1994] was used to model a generic blind thrust fault 

with a uniform slip of Im. We considered several models of varying along-strike fault 

length. Figure 3.17a shows the calculated coseismic stress changes associated with a fault 

with 15 km of along-strike length, comparable to the length of the San Fernando fault. 

The stresses in this figure are calculated along a plane perpendicular to strike and bisecting 

the fault, i.e., the cross-section that would be assumed by a 2-D model. Figure 3.17b 

shows the results of the same fault but with an along-strike length of 1000 km. A 

comparison of these results suggests that modeling a fault with 15 km along-strike length 

as a 1000-km-long fault tends to moderately overestimate the magnitude of stresses, but 

does not significantly influence the stress pattern along the centerline cross-section. Such 

an approximation has less error for the Coalinga fault with its 25 km along-strike length. 

Figure 3.17c shows that the 2-D finite element calculation of the same fault results in 

stresses nearly identical to the 3-D boundary element model of a 1000-km-long fault. 

The above calculations suggest that the 2-D assumption for faults such as San 

Fernando and Coalinga is probably reasonable along the centerline cross-section. 

Differences between 2-D and 3-D results will increase dramatically with distance away 

from this centerline. Additionally, there is potentially a time-dependent problem 
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associated with the fact that a plane strain model does not allow viscous flow 

perpendicular to the modeled cross-section. For this reason we have described San 

Fernando results in terms of the projected Northridge hypocenter. The actual Northridge 

hypocenter is about 15 km off-axis of the modeled centerline cross-section of the San 

Fernando quake. Thus time dependent changes of stress at the actual Northridge 

hypocenter following the San Fernando quake will be better addressed with a 3-D time-

dependent analysis. Nevertheless, we see the 2-D modeling approach as an important first 

step in understanding some of the fundamental properties regarding the influence of lower 

crustal relaxation on stress distribution following thrust earthquakes. 

Comparison to Thin-Plate Solutions. In order to calculate the postseismic state of 

stress upon the completion of lower crustal relaxation, several previous studies have 

attempted to short-cut the tedium of conducting a time-dependent, viscoelastic analysis by 

conducting an elastic analysis in which the lower crust is modeled as an inviscid fluid 

beneath a thin-plate upper crust [e.g.. Stein et al., 1992; King et al., 1994; Stein et al., 

1994]. Thin-plate elastic solutions calculate the long term steady-state solution in which 

the lower crust has completely relaxed. As a result, the thin-plate solution is nearly 

identical to the steady-state solution shown in Figure 3.10i. Unfortunately, the transient 

process of lower crustal relaxation is not uniform with time (Figure 3.10). Instead, 

velocity stmctures broaden in a non-uniform manner such that interim states of stress in 

certain regions of the crust, such as along the antithetic region of San Fernando, have a 

higher stress level early in the relaxation process compared to the long-term steady-state 

solution. Furthermore, if the repeat time of a thrust fault is on the order of hundreds or 

even thousands of years, then the steady-state solution, which occurs on the order of 

millions of years, is never achieved. The path dependence of the viscoelastic solution for 

dip-slip earthquakes is probably also true for strike-slip quakes. Thus, caution should be 

exercised in the usage of thin-plate approximations to predict long-term stress changes. 
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3.5 Conclusions 

Two-dimensional calculations using viscoelastic finite element models suggest that 

thrust earthquakes cause a coseismic increase in Coulomb stress along antithetic lobes 

normal to the slip plane. Calculations suggest that if a ductile lower crust or upper mande 

flows viscously following a thrust event, relaxation may cause a transfer of stress to the 

upper crust. Under certain conditions this may lead to further increases and a lateral 

expansion of high Coulomb stresses along the base of the upper crust. The conditions 

under which an antithetic lobe of high Coulomb stress are favored to expand 

postseismically within a few decades include: the lower crust or upper mande has an 

effective viscosity not greater than 1019 Pa-s; the thrust fault has a moderate dip angle (40-

50 degrees); the brittle/ductile transition is deep enough to provide a corridor for 

expansion; and the crust has a low apparent coefficient of friction (< 0.2). Postseismic 

increases in Coulomb stress within the upper crust may also be caused by aseismic creep 

on the original fault. Stress changes due to this mechanism are maximized with a high 

apparent coefficient of friction. Analysis of experimentally determined non-Newtonian 

flow laws suggests that wet granitic, quartz, and feldspar aggregates may yield a viscosity 

on the order of 1019 Pa-s. The calculated rate of stress transfer from a viscous lower crust 

or upper mantle to the upper crust becomes faster witii increasing values of the power law 

exponent and the presence of a regional compressive strain rate. Results of this 2-D 

analysis suggest a potentially important role of viscous flow in controlling time-dependent 

postseismic stress changes that warrant further investigation using 3-D viscoelastic 

analysis. 



Layer* Vp (km/s) p (kg/m3) E (MPa) V 

I 3.0 2250 1.6 X 104 0.25 

2 4.0 2400 3.2 X 104 0.25 
3 5.0 2600 5.4 X 104 0.25 

4 5.7 2700 7.4 X 104 0.25 

5 6.3 2900 9.5 X 104 0.25 
6 (15-25 km) 6.5 3000 1.0 X 105 0.25 
7 (25-50 km) 8.0 3250 1.7 X 105 0.25 

*Layer numbers correspond to numbers shown in Figure 3.4a 

Table 3.1. Elastic properties for the Coalinga finite element model 

Depth (km) Vp (km/s) p (kg/m^) E(MPa) V 

0-4 5.5 2250 5.6 X 104 0.25 
4-10 6.3 2500 8.2 X 104 0.25 
10-15 6.3 2750 9.0 X 104 0.25 
15-20 6.5 2800 9.8 X 104 0.25 
20-25 6.5 3000 

O
 X
 0.25 

25-50 8.0 3250 1.7 X 105 0.25 

Table 3.2. Elastic properties for the San Fernando finite element model 
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No.* Material A(MPa""s"') n Q (kJ/mole) Ref.** 

1 Black Hills quartzite (dry) 1.10x10-4 4.0 223 1 

2 Simpson quartzite (dry) 1.16x10-7 2.7 134 2 

3 Heavitree quartzite (dry) 5.00x10-6 3.2 220 3 

4 Heavitree quartzite (dry) S.lOxIO-'^ 2.3 171 4 

5 Heavitree quartzite (dry) 9.90x10-6 2.4 163 4 

6 Simpson quartzite (wet) 5.05x10-6 2.6 145 2 

7 Heavitree quartzite (wet) 2.18x10-6 2.7 120 3 

8 Heavitree quartzite (wet) 5.26x10-3 1.4 146 4 

9 Heavitree quartzite (wet) 2.91x10-3 1.8 151 4 

10 Heavitree quartzite (wet) 4.00x10-10 4.0 135 5 

11 Hale albite (dry) 2.34x10-6 3.9 234 6 

12 Enfield aplite (dry) 2.34x10-6 3.9 234 6 

13 Westerly granite (dry) 2.00x10-6 3.3 186 7 

14 Westerly granite (wet) 2.00x10-4 1.9 140 7 

*No. corresponding to curves in Figure 3.16. **References: 1. Gleason and Tullis 
[1995], 2. Koch et al. [1989], 3. Kronenberg and Tullis [1984], 4. Jaoul et al [1984], 5. 
Paterson and Luan [1990], 6. Shelton and Tullis (1981), 7. Hansen and Carter [1983]. 

Table 3.3. Steady-state flow parameters forcrustal rocks 
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Pacific 

241° 30' 242° 00' 

Distance (km) 

Figure 3.1. Focal mechanisms and aftershocks [Mori et al., 1995] associated with the 
1971 San Fernando and 1994 Northridge, Califomia, earthquakes: (a) map view, (b) 
depth cross-section. The box in the map view encloses the events plotted in the cross-
section. 
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Figure 3.2. Map view of coseismic Coulomb stress changes caused by the 1971 San 

Fernando earthquake as calculated by Stein et al. [1994] based on a 3-D elastic boundary 
element model. A regional stress direction of N16°E and a friction coefficient of |i'=0.4 
were assumed. The most positive stress change at a depth of 3 to 10 km is shown. Thick 

dashed line shows the two-dimensional cross-section considered in the finite element 

analysis. Stress is contoured at intervals of 0.05 MPa. 
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Figure 3.3. Focal mechanism and aftershocks associated with the 1983 Coalinga, 
California, earthquake at the edge of the Diablo Range and San Joaquin Valley: (a) map 
view, (b) depth cross-section [Ekstrom et ai, 1992]. The box in the map view encloses 

the events plotted in the cross-section. Dashed white line shows the two-dimensional 
cross-section (N50°E) considered in the finite element analysis. Solid white line (A-B-C) 
shows the routes of the leveling surveys used in coseismic and postseismic surface 
deformation measurements. Dotted line shows the San Andreas fault (SAF). 
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Figure 3.4. (a) Central portion of the 2-D finite element model used to study the 1983 
Coalinga earthquake. The full model is 150 km wide and 60 km deep. This cross-section 
is shown in Figure 3.3 as a dashed white line. Layer numbers correspond to material 

properties listed in Table 1. The fault length is 4 km (white line with arrows) and the slip 
distribution is assumed to be parabolic with no slip at the ends and 4.7 m of slip in the 

middle [Stein and Ekstrom, 1992]. Thin lines that extend the fault plane show the 
modified fault lengths (2 km to either the up-dip or down-dip directions), (b) Comparison 
of observed (circles) [Stein and Ekstrom, 1992] and calculated (line) coseismic surface 

elevation changes caused by die 1983 Coalinga earthquake. Observed data has been 
corrected for leveling errors and non-tectonic subsidence [Stein and Ekstrom, 1992]. 



67 

b/d trans 

moho / 

bid tranŝ  
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Figure 3.5. Calculated Coulomb stress changes due to the 1983 Coalinga earthquake for 
an apparent coefficient of friction of (a) ^.'=0.0 and (b) p.'=0.6. White regions are areas 

of calculated high Coulomb stress increases, where subsequent faulting of the 
surrounding rock is predicted to be more likely to occur. Optimal slip planes are shown in 
the boxes at the lower right comer of each panel. Gray circles are the aftershocks from 

Figure 3.3b. Thick contour line is 0.4 MPa. Thin contour line is 0 MPa. b/d trans -
brittle/ductile transition, moho - Moho discontinuity. 
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Figure 3.6. (a) Observed and calculated surface elevation changes from 1983 (after 
Coalinga quake) to 1987. Calculated results consider models of postseismic aseismic slip 
on the fault plane (see text), (b) Same observed data as (a) but calculated results 
correspond to models of ductile flow (see text). Geodetic data and error estimates in (a) 
and (b) are from Stein and Ekstrom [1992]. (c) Observed and calculated surface elevation 
changes from 1987 to 1991. Geodetic data in (c) are previously unpublished data from R. 
Stein. Error bars in (c) represent 50% of the non-tectonic subsidence corrections used. 

Survey errors for (c) are not available. 
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Figure 3.7. Calculated changes in Coulomb stress (^i-O) and displacement and velocity 
vectors following the 1983 Coalinga earthquake. Relaxation times are based on an 
assumed lower crustal viscosity of 3x1018 Pa-s. Times are also given in terms of the 
Maxwell time, x = rj/G, where r| is the viscosity (Pa-s) and G is the shear modulus (Pa). 
In our model, with an assumed viscosity of 3x10'^ Pa-s, one Maxwell time equals about 

2.5 years, b/d trans - brittle/ductile transition, moho - Moho discontinuity. Thick 
contour line is 0.4 MPa in stress plots. Thin contour line is 0 MPa. 
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Figure 3.8. (a) Central portion of the 2-D finite element model used to study the 1971 San 
Fernando earthquake. The 2-D cross-section is shown in map view as the dashed white 

line in Figure 3.2. The fiill model is 300 km long and 60 km deep. The earthquake 
occurred on two fault planes as shown [Heaton, 1982]. The model shown considers a 
ductile lower crust sandwiched between much stronger upper crust and upper mantle. The 
geometry of the brittle/ductile transition (b/d) is estimated based on the maximum depth of 

aftershocks [Mori et al., 1995] of the San Femando and Northridge quakes, (b) Observed 
[Morrison, 1973; Savage etal., 1974; Castle etal, 1975] and calculated surface elevation 
changes based on Heaton [1982] and this study (FEM) for the 1971 San Femando 

earthquake. 
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Figure 3.9. Predicted coseismic Coulomb stress changes due to the 1971 San Fernando 
earthquake based on slip on (a) only the upper fault, (b) only the lower fault, and (c) both 
faults based on an apparent coefficient of friction of ji'=0. (d) same as (c) but for an 
apparent coefficient of friction of |i'=0.8. The projected Northridge hypocenter, from a 2-
D perspective, is shown as a star (shown for reference only). Only slip on the San 
Fernando faults was included in calculations. The first four months of aftershocks within 
2 km of the modeled cross-section are shown in (c). Thick contour line is 0.4 MPa. Thin 
contour line is 0 MPa. b/d trans - brittle/ductile transition, moho - Moho discontinuity. 
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Figure 3.10. Left hand side - Calculated change in Coulomb stress associated with the 
1971 San Fernando earthquake (n'=0) based on the relaxation of a ductile lower crust. 
Right hand side - corresponding displacement and velocity vectors (note that velocity 

scales decreases with time). Relaxation times are based on a lower crustal viscosity of 
10^^ Pa-s. Corresponding Maxwell times are also shown. The star is the projected 
Northridge hypocenter. Only slip on the San Fernando faults was included in the 
calculation. Thick contour line is 0.4 MPa. Thin contour line is 0 MPa. b/d trans -
brittle/ductile transition, moho - Moho discontinuity. 



74 

E 

a. Coseismic 

c. 23 yr (3 x) 

e. 230 yr (30 x) 

J. ••fflaSSiSaeSKSasifiac^^^^ 

g. 2300 yr (300 x) 

L8my(l(/^x)mm 

-30 -20 -10 

b. Coseismic 1.5 m 

rrrrr!™//. \ Z» j^'Jr5 ^ ^  ̂  ̂  ,  

—• 7.5 mm/yr 2 3 y r ( 3 x )  

' V-VTVVV« 

230 yr (30 x) ' * H ~- mm/yr 

""• M V r '  ̂Vi • •':, / 
' » ^  u  I  . \ v  ̂ 1 '  /  

h. 2300yr (300 T) ' ]——' 0.3 mm/yr 
1 1 H—'—\ 1 

V  t  W  M  U  t  t  t V *  i  t  i  M  W  M  t  
t I 4 t ( t t ( I t i I I I I i i f t 
• » •  i  M  t  w  I » J  I v i . <  J  I  W  •  •  *  
I t ( ( « I t i i w (1 rN I 1 ( t w I 
I  «  »  (  (  (  (  (  I  i  t  ( ( (  i  
t W « i I I I ( « i i 1 M i 
<•»•»<»< J i.<rrrrf 

.4-4.t.U.4.4-4.4-<N 

.( It ( i I » 
i ( I ( ( t 
rrrr-i'y 

j. 8 my (10^ X) 
T 

10 20 30-30 -20 -10 

—'10^ mm/yr 

10 20 30 
Distance (km) 

less likely to fail more likely to fail 

-0.4 -0.2 0.0 0.2 0.4 
Coulomb stress change (MPa) 

Distance (km) 



75 

? projected Northridge 
nypocenter (\l'=0.0) 

a. Location"" 

beneath brittle-
ductile transition 

(0 

$ n 

en 

^0.6 -

•a 0) 
E o) 
•S £ 
3 5 
Oo 

^0.4 

0.2 -

0.0 

;r\=IO^'' 

b. Viscosity 

0.6 -

0.4 -

— \i'=0.2 
\l'=0.4 

— |i'=0.6 

c. Friction — - li'=0.8 

0 25 50 

J I Time (yr) 
SF N 

100 

Figure 3.11. Calculated Coulomb stress change as a function of (a) location (brittle vs 
ductile), (b) lower crustal viscosity, and (c) apparent coefficient of friction. Gray region 
represents the 23 year interval between the 1971 San Fernando (SF) quake and the 1994 
Northridge (N) quake. In (a) and (b) the apparent coefficient of friction is 0. In (a) and 
(c) the lower crustal viscosity is 1019 Pa-s. In (b) and (c) the location is the projected 
Northridge hypocenter. 
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Figure 3.12. (a) Calculated postseismic change in Coulomb stress (^,'=0.0) 23 years after 

the San Fernando earthquake based on a model with (a) a ductile upper mantle (10'^ Pa-s) 
and (b) aseismic slip on a down-dip section of the lower fault (light dashed line). Tne star 

is the projected Northridge hypocenter. Only slip on the San Fernando faults was 
included in the calculation. Thick contour line is 0.4 MPa. Thin contour line is 0 MPa. 
b/d trans - brittle/ductile transition, moho - Moho discontinuity. 
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Figure 3.13. Calculated changes in surface elevation for various postseismic mechanisms 
following the San Fernando earthquake. The model that considers further slip on the fault 
uses an addition 15% of the coseisnnlc slip. The down-dip slip model uses the average 

coseismic slip of the lower fault. The ductile models consider relaxation 23 years after die 
San Fernando quake based on viscosities of 10'^ Pa-s. 
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Figure 3.14. Calculated changes in coseismic (left hand side) and postseismic (right hand 
side) Coulomb stress changes (|i'=0.0) associated with generic thrust faults with dip 

angles of (a,b) 15°, (c,d) 45°, (e,f) 75°, and (g,h) 45°. Postseismic stresses are based on 

the relaxation of a viscous lower crust after 30 Maxwell times (about 240 years if viscosity 
is 1019 pa-s). All faults have identical length and slip distributions. The fault in (g,h) has 
the same dip as that in (c,d) but is located 5 km deeper. Thick contour Une is 0.4 MPa. 
Thin contour line is 0 MPa. Dashed line shows the modeled brittle/ductile transition. 
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experimental flow laws of rocks under (a) dry and (b) wet conditions. Curve numbers 
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Figure 3.16. Calculated change in Coulomb stress at the projected Northridge hypocenter 
following the San Fernando quake resulting from a ductile lower crust, (a) Without the 
presence of a regional strain rate, and (b) With a regional compressive strain rate of 7x10-

'5 s'^ (.22 |istrain/yr) across the San Fernando valley [Shen et al, 1996b]. The 
Newtonian model (n=l) used a viscosity of 10^^ Pa-s. The non-Newtonian model (n=2) 
is based on the power law constants A=10"'^ Pa-n s*' and Q=132 kJ/mol (equation 4). 

The non-Newtonian model (n=4) is based on the power law constants A=10"'^ Pa-n s*' 
and 0=110 kJ/mol (equation 4). 



81 

0 

1 -10 

& -20 
Q 

-30 
0 

E 

Q. 
V 
Q 

h.-'-S:''c• 

a. BEM 3-D ISkmfauU^ 
1 1 1 1 1 

I .̂ r 

b. BEM 3-D 1000 km fault 
I - 1 1 1 —1 

E 

Q. 
0> 
Q 

c. FEM2-D fault 
1 1 

-30 -20 -10 0 10 20 30 

Distance (km) 
less likely to fail more likely to fail 

T 
-0.4 -0.2 0.0 0.2 0.4 

Coulomb stress change (MPa) 
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CHAPTER 4 CONTROLS ON THE VELOCITY AND STATE 
OF STRESS IN THE NAZCA AND SOUTH AMERICAN 

PLATES 

4.1 Introduction 

The velocity and state of stress of tectonic plates are governed by a balance between 

driving and resistive forces. Driving forces result from gravity acting on lateral density 

contrasts in the Earth's crust and mantle. Resistive forces arise from the elastic and brittle 

strengdi of rock near the surface, and viscoelastic strength below. A numerical model that 

incorporates accurate density and strength structures should, under the force of gravity, 

accurately predict deformation, velocity, and the state of stress observed in the plates. The 

only major obstacles to overcome in such an analysis are the boundary conditions. An 

application of kinematic boundary conditions, such as velocity, compromises the model's 

ability to independently determine plate velocities and stresses that result solely from 

forces associated with density contrasts. However, these obstacles can be overcome if the 

boundaries of the plates modeled are mid-ocean ridges that offer litde resistance to 

spreading and insignificant driving forces at the ridge crest. We have used a two 

dimensional, time-dependent, elasto-visco-plastic finite element technique to created such a 

model of the Nazca and South American plates, including the subducting Nazca slab, by 

modeling a 9700 km long cross-section from the East Pacific Rise (EPR) to the Mid-

Atlantic Ridge (MAR) (Figure 4.1) to a depth of 1000 km. This modeling approach 

allows us to achieve two primary objectives: (1) determine what combinations of density 

and viscosity structure lead to model results consistent with observations of plate 

deformations, velocity, and stress orientations, and (2) determine the relative significance 

of plate driving forces, such as ridge push, slab pull, and comer flow, on the velocity and 

state of stress in the Nazca and South American plates. 

Seeking a detailed numerical simulation of an individual subduction zone was termed 

by Vassiliou and Hager [1988] to be a "futile task given the complexity and many 
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unknowns involved". However, advances in mineral physics, geophysics, and 

computational capabilities in the past decade have made this task approachable. This study 

utilizes a level of detail in modeling the density and viscosity structure in a subduction 

zone that has not previously been explored. We simultaneously consider the following 

factors: density contrasts that arise from chemical buoyancy associated with the subduction 

of mid-ocean ridge basalts (MORB) and depleted mande; density contrasts associated with 

olivine-spinel, spinel-perovskite, and eclogite-gametite phase transitions; raised and 

lowered phase transition depths associated with the subduction of a cool slab; density 

contrasts associated widi chemical and thermal variations between continental and oceanic 

lithosphere; variations of viscosity associated with temperature and pressure in the upper 

mantle (above 400 km depth); viscosity structure of the transition zone (400-660 km) and 

lower mantle (below 660 km depth) based on inversions of glacial rebound and geoid data 

sets; fiictionally dependent strength of a localized fault zone between the subducting and 

overriding plates; plastic deformation associated with distributed brittle faulting in the 

bending Nazca plate as it subducts; and non-kinematic boundary conditions. Most 

significantly, density and viscosity are calculated as a function of temperature, pressure, 

and mineralogy for each of the 27,400 finite elements in the model so as to create a 

continuous and self-consistent density and viscosity structure. 

Previous studies of stress in the South American plate have resorted to the application 

of assumed driving and resistive forces in an elastic analysis that predetermine the state of 

stress [Richardson et al., 1979; Stefanick and Jurdy, 1992; Meijer and Wortel, 1992; 

Richardson and Coblentz, 1994; Coblentz and Richardson, 1996]. These studies were 

useful for associating driving and resistive forces to observed states of stress on a map 

view of the entire South American plate. Our study only considers an average cross-

section and forces aligned with the E-W direction, though observed stress orientations 

indicate this is a reasonable assumption [Assumpgao, 1992]. However, the magnitude 

and distribution of most of the driving and resistive forces in the previous analyses were 
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not very well constrained. In addition, by ignoring viscoelastic effects, none of these 

previous efforts could explore the interaction between the overriding South American 

continent and comer flow of underlying asthenosphere pulled by the downgoing Nazca 

slab. This force will be shown to be very important in the present study. Still, Stefanick 

and Jurdy [1992], making an approximation of such a force, suggested that comer flow 

(they refer to this force as trench suction) best explains the isolated high topography on the 

westem margin of South America. Meijer and Wortel [1992] suggested that such a force 

could not be ruled out. This driving force was not considered in the other studies. 

Previous modeling studies of large scale subduction zone dynamics, i.e. full plate 

models as opposed to near trench studies, that considered viscoelastic processes were 

general in nature and were not applied to a specific subduction zone. As such, surface 

plate velocities were not used to constrain density and viscosity models, and results were 

not used to infer the state of stress or the relative importance of driving forces. One 

exception is Vassiliou and Hager [1988], who calculated the state of stress in generic 

subducting slabs using a viscoelastic formulation, but assumed very simple density and 

viscosity stmctures, used applied velocity boundary conditions in some of their 

calculations, and did not model an interplate fault. Modeling only a subset of the detail 

considered in the present analysis characterizes all of the previous studies of subduction 

zone dynamics. For example, Christensen [1996, 1997] considered many of the aspects 

of density contrasts due to chemical, thermal, and phase change effects, but applied 

kinematic velocity boundary conditions. Gumisetal. [1996] considered buoyancy driven 

plates and an interplate fault, but considered only a simplified constant density contrast 

between the slab and surrounding mantle, ignored ridge push forces, and predicted plate 

velocities over an order of magnitude below observed values. Zhong and Gumis [1995b] 

have conducted one of the more realistic simulations of subduction zone dynamics by 

considering a faulted plate margin, self-driven plates, a reasonable viscosity stmcture, and 
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the spinel-perovskite phase transition at 660 km depth. However, they ignored olivine-

spinei phase transitions and the influence of subducted oceanic crust and depleted mantle. 

A major reason why previous studies simplified many aspects of subduction zone 

rheology can be attributed to differences in objectives. Most previous studies have been 

primarily concerned either with the fate of subducting slabs [e.g., Gumis and Hager, 

1988; Gaherty and Hager, 1994; Christensen, 1996, 1997] or the details of outer 

arc/trench construction [e.g., Melosh and Raefsfcy, 1980; Zhong and Gumis, 1992; Wang 

etal, 1994; Gumis et al., 1996, Huang et al., 1997]. Rheological simplifications and/or 

the application of kinematic boundary conditions were appropriate for these studies, but 

our study requires detailed understanding of all of the factors influencing subduction zone 

dynamics, if for no other reason than to show that a particular parameter is not important. 

Differences in objectives also affect the time-duration of our analysis compared to 

previous studies. Since our objective is to determine the density and viscosity structure 

that leads to the velocities presentiy observed in the Nazca and South American plates, we 

do not consider the evolution of subduction zone dynamics over a long period of time. 

Instead, since the plates have negligible momentum, we assume the present day motions 

and stresses can be attributed to present day density and viscosity structure. In this 

respect, several previous smdies may be more useful in understanding long-term 

subduction zone processes, especially the study of the eventual fate of subducting slabs 

[e.g. Gumis and Hager, 1988; Gaherty and Hager, 1994; Zhong and Gumis, 1995a, 

1995b; Christensen, 1996, 1997]. 

Our analysis begins with a description of how workable models are developed 

through a series of calculations. Initially, we use this process to build a reference model, 

based on a wide variety of assumed parameters, that lead to calculated results in reasonable 

agreement with observed plate deformations, velocities, and stress orientations. We then 

explore how the various model parameters influence these results and explore the 
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nonuniqueness of the system. Finally, we explore the individual significance of the 

various driving forces by removing them from the model and observing how results are 

influenced. 

4.2 Modeling Approach 

Tne process of developing self-consistent and verifiable density and viscosity models 

takes a number of steps as illustrated in Figure 4.2. This section describes the details of 

each of these steps and the development of our reference model. This section concludes 

with a discussion of model limitations. 

4.2.1 Thermal Structure 

The thermal structure used in this study is a composite of separate calculations for 

oceanic and continental geotherms and the downgoing slab. The complete thermal model, 

extending from the East Pacific Rise (EPR), through South America, to the Mid Atlantic 

Ridge (MAR), and extending down to a depth of 1000 km, is shown in Figure 4.3a. 

Figure 4.3b shows a more detailed view of the thermal structure in the vicinity of the 

subducting slab. This model shows temperatures associated with a slab penetrating into 

the lower mantle. Many of the models used in our analysis consider the slab to extend to 

the spinel-perovskite transition, which is located about 730 km deep in the cool Nazca 

slab. The oceanic crust and mantle temperature gradients beneath both the Pacific and 

Atlantic oceans were calculated based on the GDHl thermal plate model [Stein and Stein, 

1992, 1996], In plate models [McKenzie, 1967; Parsons and Sclater, 1977], the 

temperature is given by. 

T(x,z) = T z/a + ̂  c„ exp(-/3„x/a) sin(n;rz/a) 
n~I (4.1) 

c„=2/(n;r), =(R'+ nV)"'-R, R = wa/{2K), K = k/(p„C^) 
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where x is distance from the ridge axis, z is depth below the sea floor, a is the asymptotic 

thermal plate thickness, is basal temperature, R is the Pectlet number relating advective 

and conductive heat transfer, v is half-spreading rate, K is thermal diffusivity, k is thermal 

conductivity, is mantle density, and Cp is specific heat. Table 4.1 summarizes the 

GDHl model parameters used in this study. 

The plate model reaches a steady state temperature at an age of about 70 Myr and thus 

thermal structure does not vary gready with age within older oceanic lithosphere. With an 

adiabatic gradient of 0.27 °C/km, temperatures reach 1532 °C at 400 km depth and 1600 

°C at 655 km depth, in close agreement of the temperature profile for normal mantle 

suggested by Ito and Katsura [1989]. 

For comparison purposes, we also calculated oceanic thermal gradients based a 

cooling halfspace model in which temperature is given by, 

T(t,z) = T,erf(z(4Kt)-"'-) (4.2) 

where t is age. Isostatic calculations (discussed below) indicate that the halfspace model 

leads to an over-estimation of seafloor depths in older oceanic lithosphere, consistent with 

the conclusion of Stein and Stein [1992]. We used the GDHl model in all of our density 

and viscosity calculations. 

The thermal code used to calculate temperatures in and around the downgoing slab 

was originally developed by N. H. Sleep and modified by Stein and Stein [1992]. This 

code is widely used in slab thermal studies [e.g. Sleep, 1973; Hsui and Toksoz, 1979; 

Helffrich et al., 1989; Stein and Stein, 1992; Kirby et al., 1996]. In the calculation, 

isotherms within die slab are advected downward, reaching a maximum depth proportional 

to the product of the vertical descent rate (trench-normal convergence rate times the sine of 

the dip) and the square of plate thickness. As the model only allows slab heating by 

conduction from the surrounding mantle and does not include shear or radiogenic heating. 
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the calculated temperatures are probably lower bounds. Kirby et al. [1996] considers this 

approach to modeling slab temperatures as sensible approximations to real slabs, but does 

not regard the predicted temperatures from these (or any other) models as accurate to better 

than about 200 °C. In our model, the temperature structure of the Nazca lithosphere at the 

onset of subduction is based on an age of 45 Ma (at 20° S) [Herron, 1972; 

Handschumacher, 1974] and the GDHl thermal plate model [Stein and Stein, 1992]. The 

thermal calculation for the slab considers the same adiabatic gradient as the ocean mande 

calculation (0.27 °C/km). 

The slab thermal code allows for a prescribed stable continental geotherm under 

regions of the continent not thermally influenced by the subduction zone (i.e. away from 

the western margin) We assume a stable continental geotherm based on an average 

heatflow of 40 mW/m- at the surface [Chapman, 1986; Morgan and Gosnold, 1989]. 

This geotherm transitions smoothly into the near-slab thermal structure as shown in Figure 

4.3b. This transition considers the presence of a subducting slab induced comer flow that 

elevates temperatures beneath the western side of the continent (present day Andes 

Mountains). The thickness of the lithosphere under the western margin of South America 

is influenced by how far into the comer warm temperatures extend. As the depth of comer 

flow is not well constrained, we consider alternate models in our studies. At the eastern 

continental shelf (distance = 7000 km in Figure 4.2a), discontinuities between the 

continental geotherm and that of the Atlantic mantle were smoothed by linear interpolation 

over a 200 km wide region. 

Figure 4.3c shows a comparison of oceanic and continental geotherms and the 

temperature in the coolest region of the descending slab. The temperature difference 

between the slab interior and normal mantie at the 660 discontinuity is calculated to be on 

the order of 750 °C. The persistence of a relatively cool slab down to a depth of 1000 km 

demonstrates that the time needed for a slab to equilibrate with the surrounding mantle is 
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much longer than the approximate 18 Myr required for it to reach such depths [Helffrich et 

al., 1989; Stein and Stein, 1996; Kirby etal., 1996]. 

4.2.2 Petrological Model 

Density calculations require an understanding of the average relative volume percent 

of minerals within each finite element. To accomplish this task we first divide the model 

into rheologic zones such as mid-ocean ridge basalts (MORB), depleted mantle, 

continental crust and mantle, and normal mantle. We then determine mineralogy based on 

temperature, pressure, and phase diagrams in accordance with experimental data. This 

section describes the process of developing the mineralogic model used in the subsequent 

density calculations. 

Stratified Mineralogv 

Oceanic lithosphere. Formation of new lithosphere at spreading centers is assumed to 

occur by the partial melting and differentiation of rising pyrolite. This results in the 

formation of MORB overlying a residual peridotitic lithosphere which is chemically and 

petrologically zoned [Gast, 1968; Ringwood, 1975]. The uppermost layer of mantle, 

which experiences the highest degree of partial meking, is assumed to consist of a 

significantly depleted harzburgite [Green et al., 1979]. Pyrolite upwelling in regions 

adjacent to the axis that do not rise very high before moving away laterally, experience a 

lesser degree of decompression and consequent partial melting. Such conditions are 

considered to create a layer of Iherzolite beneath the harzburgite [Oxburgh and Turcotte, 

1968; Gast, 1968; Ringwood, 1975]. The pyrolite immediately underlying the Iherzolite 

layer is assumed to have been subjected to a small degree of partial melting, leaving a 

partially depleted residual pyrolite [Ringwood, 1982]. This column of crust and depleted 

mantle comprises a chemical oceanic lithosphere that extends to a depth of 80 km (prior to 

subduction) as shown in Figure 4.4a. Beneath the chemical lithosphere lies host 
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(undepleted) pyrolite, which is an inferred (i.e. not actually observed), undifferentiated, 

parent mantle rock [Ringwood, 1975; Green etal., 1979]. 

The thickness of each layer of the stratified oceanic lithosphere is based on the work 

of Ringwood [1982]. The MORB, harzburgite, Iherzolite, and depleted pyrolite layers are 

modeled as being 7, 24, 10, and 40 km thick, respectively. Unlike the thermal and 

mechanical lithosphere which increases in thickness with distance from the mid-ocean 

ridges, the chemically stratified oceanic lithosphere is assumed to maintain a constant 

thickness from the mid-ocean ridge to the continent interface. The Nazca plate and the 

oceanic portion of the South American plate are considered to have similar chemical 

lithospheres despite variations in spreading rates. The chemical lithosphere is also 

considered to be constant for the subducting Nazca slab. 

Continental lithosphere. We have chosen to model the continent as it might have 

existed at the onset of subduction ~ shield like continental structure from coast to coast 

without the high elevation of the South American Cordillera. This is because in the 

present study we are more interested in the stresses that develop due to subduction zone 

dynamics, as opposed to present day influence of high topography on plate stresses. In 

this approach we make the assumption that the high Cordillera is a by-product of plate 

convergence, and not an influential driving or resistive force. We discuss how this 

assumption influences calculations of stress magnitudes in a later section. We follow 

Christensen and Mooney [1995] (see also Mooney et al., 1998), who suggest that the 

global average continental crust is about 40 km thick (Figure 4.4a). The depth of 

lithospheric mantle is based on seismic tomography which shows high velocity mande to 

extend to a depth of about 200 km beneath South American cratons [Zhang and Tanimoto, 

1993; Grand, 1994; Polet and Anderson, 1995]. At 200 km depth, the continental 

geotherm is at approximately 1300 °C (Figure 4.3). This temperature should be warm 

enough to correspond with the transition into a low viscosity asthenosphere [e.g., Tsenn 

and Carter, 1987; Kohlstedt et al., 1995] that can flow by means of mantle convection or 
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the comer flow associated with subduction. Low viscosity mantle below 200 km was 

suggested by Anderson [1990] to refute the idea that a strong continental root could exist 

below 200 km. Our reference model considers a continental lithosphere to extend to a 

depth of 200 km beneath South America based on these arguments, but we explore 

altemate choices for continental lithospheric thickness in our parameter studies. 

Mineral Composition 

Pyrolite. Mineral assemblages of pyrolite as a function of depth along the normal 

mantle geotherm are shown in Figure 4.5a based on Irifune and Ringwood [1987a] and 

temperature and pressure sensitive phase relations. Pyrolite in the uppermost mantle is 

modeled as 62% olivine, 14% orthopyroxene, 8% clinopyroxene, and 16% garnet. As 

olivine makes up the bulk of pyrolite in the upper mantle, phase relationships in the 

Mg2Si04-Fe2Si04 (olivine-spinel) system play a key role in determining mantle structure 

around depths of 400 and 520 km. The depths of phase transitions in this system are 

based on the Clapeyron slopes of Katsura and Ito [1989] (see also Akaogi et al., 1989). 

Olivine-spinel transitions are also shown in Figure 4.4a (dashed lines). In the cold 

subducting slab, positive Clapeyron slopes lead to an elevation in olivine-spinel phase 

transitions. We find that the olivine-beta spinel transition is elevated about 90 km in the 

slab, in agreement with calculations by Heljfrich et al. [1989], Ringwood [1972], and 

Schubert et al. [1975], and as supported by the seismic observations of Solomon and U 

[1975]. This upward deflection of the olivine-spinel transitions leads to significant density 

contrasts between the slab and surrounding mande and a larger slab pull force. 

Pyroxenes and garnet constitute the second most abundant class of minerals in the 

upper mantle. At a depth of about 300 km, appreciable amounts of pyroxenes begin to 

dissolve into high pressure garnets, also called majorite. For the pyrolite composition, 

complete conversion of the pyroxene component to gamet is achieved at a depth of 460 

km, assuming a temperature of about 1500 °C [Irifune, 1987; Irifune and Ringwood, 
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1987b]. The slope of this transition is relatively insensitive to temperature, with dP/dT 

-1.5 MPa/°C. 

The negative dP/dT slope associated with the spinel-perovskite+magnesiowustite 

transformation was first demonstrated by I to and Yamada [1982] and further refined by Ito 

and Takahashi [1989] and Ito et al. [1990]. We model the spinel-perovskite transition 

after/ro et al. [1990] who suggest a negative pressure-temperature slope of -4 GPa/K. 

This leads to the phase transition at 660 km depth in normal mande and a deeper transition 

for the colder slab as shown in Figure 4.4a. We will show that retardation of the spinel-

perovskite+magnesiowustite transition in the cold slab decreases slab pull forces and has 

significant implications for the penetration of slabs into the lower mantle. 

Majorite gamet is the second most abundant mineral occurring in the transition zone 

(assuming a pyrolite bulk composition). Irifune and Ringwood [1987b] showed that 

majorite is stable from 16 to 20 GPa. Above 20 GPa, a gamet transforms into separate 

Mg and Ca perovskite phases (Figure 4.5a). 

Harzburgite. Mineral assemblages of harzburgite as a function of depth along the 

normal mantle geotherm (not die cold slab) are shown in Figure 4.5b based on Green et al. 

[1979] and Irifune and Ringwood [1987b]. Non-subducted harzburgite is modeled as 

81% olivine and 19% orthopyroxene. Phase relationships for the olivine-spinel-

perovskite transitions are the same as used in pyrolite calculations, though adjusted for the 

slab geotherm. However, the presence of a small amount of AI2O3 and Cr203 in 

harzburgite alters the pyroxene-garaet-perovskite transition [Ringwood 1967; Irifune and 

Ringwood, 1987b]. 

MORB. Mineral assemblages of MORB as a function of depth along the normal 

mantie geotherm are shown in Figure 4.5c [Irifune and Ringwood, 1987a]. Unsubducted 

MOEIB is modeled as 60% plagioclase and 40% clinopyroxene. MOEIB phase changes are 

based on Irifune et al. [1986] and Irifune and Ringwood [1990]. These experiments 
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suggest that MORB composition crystallizes to an eclogite assemblage (garnet + 

clinopyroxene) at pressures between 4 and 10 GPa, with little change in the relative 

proportions of these minerals. At higher pressures, clinopyroxene progressively dissolves 

in the garnet structure, forming a garaetite assemblage (majorite garnet + stishovite) by 14-

15 GPa. Gametite progressively transforms into perovskite and stishovite at pressures 

above 20 GPa, but remains a major phase even at 28 GPa, the limit of experimental data. 

Lherzolite and partially depleted pyrolite. Mineral composition for partially depleted 

Iherzolites vary significantly according to kimberlite studies [Maaloe and Aoki, 1977]. 

Below it will be shown that harzburgite is about 2% less dense than pyrolite in the upper 

mantle for similar P-T conditions. Assuming the partially depleted Iherzolite should have a 

density somewhere between harzburgite and pyrolite, we chose a mineralogy for the 

Iherzolite layer that leads to a density that is 1% less than pyrolite. The upper mande 

composition of this Iherzolite is 70% olivine, 14% orthopyroxene, 8% clinopyroxene, and 

8% garnet. Mineral phase transformations follow those used for pyrolite. Similarly, we 

define the partially depleted pyrolite layer to have a density 0.5% less than undepleted 

pyrolite by using a mineralogy of 65% olivine, 14% orthopyroxene, 8% clinopyroxene, 

and 13% garnet. 

Continental crust. The mineral composition of continental crust is highly variable. 

However, since the continental crust does not play an important role in subduction 

dynamics, we choose to avoid the difficult task of defining mineral composition by instead 

directly defining crustal density structure in accordance with global averages. We follow 

the depth-density relationship suggested by Christensen and Mooney [1995] of 2600 

kg/m^ at the surface and 3100 kg/m^ at 40 km depth. 

Continental lithospheric mantle. The continental lithospheric mantle is perhaps the 

least understood component of the petrology model. It is assumed to be comprised of 

partially depleted mantle, but may be very heterogeneous in nature arising from a complex 
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history {Ringwood, 1975; Jordan, 1975; Maaloe and Aoki, 1977]. We therefore 

determine the petrology of the continental lithospheric mantle by a different method than 

considered in the other regions of the model. For the continental lithospheric mantle we 

use a petrology that leads to a density structure such that continental topography is 

maintained at its elevation with respect to the ocean basins by means of isostatic forces. 

We accomplish this task by trial and error using the density and isostatic calculations that 

are described in the sections to follow. This process leads to a mineral composition for 

lithospheric continental mantle very close to that of the partially depleted Iherzolite layer in 

the oceanic lithosphere. This result is similar to the composition deduced from kimberlite 

sXMdxQS [Q.g. Boyd and McCallister, \916-, Maaloe and Aoki, \911; Jordan, 1979]. 

The petrology of continental lithospheric mantle found to work in the model is directly 

related to the assumed continental geotherm, the depth of compensation, and assumed 

homogeneity. There is non-uniqueness in our solution and we do not use the present 

analysis to defend the petrology deduced. In our study the only important factor is that 

isostatic forces support continental topography. As such, we freely adjust this petrology 

to compensate for changes in the assumed geotherm and depth of compensation 

considered in parameter studies. In making such adjustments, however, we always find 

the continental petrology of the lithospheric mantle to be chemically buoyant compared to 

normal mantle, but not as buoyant as depleted harzburgite. 

4.2.3 Density Calculation 

The model requires the average density to be known for each finite element. This can 

be accomplished by using temperature and pressure dependent themiodynamic data 

[Saxena et al., 1993] to solve for the density of each mineral present at each element 

centroid. Then the density of each element is calculated based on a volume weighted 

average. The following section describes the various assumptions inherent to this 

process, and the resulting density structure of the reference model. 
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Saxena et al. [1993] have compiled a thermodynamic data set of oxides and silicates 

based on calorimetric measurements, phase equilibrium data, measured thermophysical 

properties of a phase, and heat capacities and entropies estimated from lattice vibrational 

models. For each mineral present in each element, we use this data set to calculate density 

as follows: 

d(p,t) = 
w 

V(p,t) 
(4.3) 

where V(p, t) = V( I bar, t) exp 
y 1 

- tdp  
, K ,  

(4.4) 

I 

V( 1 bar, t) = V° exp ja dt = V exp 
298 
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(4.5) 
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P 

1 bar 
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K( 1 bar, t) = 1 

bg + b,t + b2t" + b3t 
(4.7) 

where d is density (kg/m^), t is temperature (K), p is pressure (Pa), V is volume (cc/mol), 

aj are thermal expansion coefficients, bj are isotropic compressibility coefficients, is 

the pressure derivative, K is bulk modulus (Pa), and w is molecular weight (gm). 

We calculate the density of the finite element as the volumetric weighted average 

(Figure 4.5) of the mineral densities. In these calculations, pressure, which is due to 

overburden, is a function of density. We therefore initially assume a pressure gradient, 

solve for density, recompute the pressure gradient based on the density, then repeat the 

density calculation. This process quickly converges in a couple of iterations. 
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The density structure for the reference model in the region of the subducting Nazca 

slab is shown in Figure 4.4b. Jagged density contour lines within the subducting slab 

reflect the change in mineralogy of the stratified oceanic. In reality, the transition between 

these layers may be much smoother. The relative influence of chemical and thermal 

buoyancy in the subducting slab can be understood by calculating the density of depleted 

mantle and MORB for a thermally equilibrated slab (i.e. same temperature as the mantie 

geotherm). This is done for MORB and harzburgite in Figure 4.6a, which also shows the 

density of normal pyrolite. The percent difference in density of MORB and harzburgite 

relative to pyrolite for the thermally equilibrated slab is shown in Figure 4.6d. This figure 

shows that harzburgite is chemically -2% less dense than pyrolite in the upper mantle, in 

approximate agreement with Ringwood [1990]. MORB, on the other hand, is chemically 

more dense than pyrolite and the difference grows steadily in the upper mande owing to 

the transition of eclogite to gametite. It is interesting to note that MORB is calculated to be 

positively buoyant compared to pyrolite just under the 660 discontinuity as the density of 

pyrolite grows significantly in the transition to perovskite. 

The density of harzburgite and MORB in the cool slab is compared to normal 

geotherm pyrolite densities in Figure 4.6b, with the percentage difference shown in Figure 

4.6e. Cool temperatures in the slab cause subducting lithosphere to become more dense 

than the thermally equilibrated lithosphere. For harzburgite, thermal effects almost exacdy 

cancel chemical buoyancy in the upper 300 km of the slab. However, elevation of the 

olivine-spinel transitions to a relatively shallow depdi of 300 km causes a relatively large 

increase in harzburgite densities. The elevation of the olivine-spinel transitions appear to 

be the main source of lateral density variations associated with the harzburgite portion of 

the slab. The density difference between subducting MORB and normal mantle 

diminishes when this transition occurs in the normal mantle. Depression of the spinel-

perovskite transition in the cool slab leads to a strong positive buoyancy of spinel type slab 

below the 660 km discontinuity. The transition to perovskite below the 660 km 
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discontinuity in normal mantle also serves to make the subducted MORB relatively 

buoyant. This buoyancy diminishes as gametite slowly transforms into perovskite in the 

subducted crust. 

Figure 4.6c shows the weighted (by volume) average density of the entire slab cross-

section (i.e. including partially depleted Iherzolite and pyrolite layers) compared to normal 

mantle pyrolite. Corresponding percent differences are shown in Figure 4.6f. For 

reference, these figures also show the average density and percent differences of just the 

MORB and harzburgite layers weighted by volume. However, it is the density contrasts 

associated with the full slab cross-section that dictates slab pull forces. It is clear that the 

elevated olivine-spinel transition in the cool slab constitutes a major portion of the density 

contrasts. A calculation of the percent difference in density suggests that a cool slab has 

an average density 1.2 percent greater than normal mantle down to a depth of 550 km. 

Without the contribution of the olivine-spinel phase transitions, the slab has an average 

density only 0.6 percent greater than normal mantle. This suggests that the olivine-spinel 

phase transitions represent about 50 percent of the net slab pull force. This is much higher 

than the 25 percent contribution suggested by other studies that did not consider the 

influence of subducting chemically buoyant mantle [Turcotte and Schubert, 1971, 1982]. 

4.2.4 Viscosity Structure 

Deformation in the Earth's upper mantle (>400 km) is thought to be controlled by 

dislocation creep where strain-rate is proportional to stress raised to some power (usually 

3-4) [Kirbyand Kronenberg, 1987]. Deformation in die transition zone and lower mantle 

is thought to be controlled by diffusion creep, where strain-rate is linearly proportional to 

stress (Newtonian). This rheological structure was proposed by Karato and Wu [1993] 

and inferred from numerical studies of mantle convection [van den Berg and Yuen, 1993, 

1996]. Deformation of a cool and highly stressed subducting slab may change from 

dislocation creep to dislocation glide when a threshold level of stress is achieved [Karato, 
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1997]. In the dislocation glide regime, strain rate is exponentially proportional to stress 

[e.g., Tsenn and Carter, 1987]. 

We have two choices with regard to simulating these mechanisms: we can use a 

variety of Newtonian, non-Newtonian, and exponential flow laws applied in the 

appropriate regions of the model, or we can use effective Newtonian viscosities that 

simulate strain rates in the mantle but underestimate the state of stress. The problem with 

the former is that despite laboratory studies, non-Newtonian flow laws of the actual mande 

are poorly constrained. Difficulties in extrapolating experimental flows laws to the mantle 

result because strain rates in the mande are too slow to be simulated experimentally, 

experimental specimens are extremely small which can result in non-uniform stress and/or 

temperature distributions within the specimen, and factors such as water fiigacity which 

greatly influence viscoelastic strength are not well constrained in the mantle. Furthermore, 

die dominance of a particular deformation mechanism is more complex than a simple 

division between lower and upper mantle, as demonstrated by deformation mechanism 

maps [Frost and Ashby, 1982; Karatoetal. ,1986; Karato, 1997]. 

By assuming Newtonian behavior in the model, we are able to take advantage of 

geoid and postglacial rebound inversions and mantle convection models which generally 

report results in terms of effective Newtonian viscosities. As previously stated, the 

assumption of Newtonian behavior will underestimate stress levels where power-law or 

exponendal creep actually dominate. However, the surface plates behave primarily as 

elastic structures and stress levels in mande asthenosphere, which will generally be fairly 

low, are of litde interest to our results. The only major region of concern regarding stress 

calculadons is die subducting slab. It is likely that the subducting slab supports a high 

level of deviatoric stress, but acts weak because a threshold level of stress has been 

exceeded causing an exponential creep law to dominate deformation. If such is the case, 

stresses calculated in the subducting slab are likely to be a lower bound. One other 

concern regarding differences between Newtonian and non-Newtonian behavior lies in the 
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potential of non-Newtonian creep to localize shear deformations. The potential 

consequences of this effect are examined later in the Discussion section. 

The viscosity structure of the model is guided by several factors, which are 

summarized in Figure 4.7: (1) Oceanic asthenosphere is weak, probably on the order of 

10'8 to 10Pa-s, due to the presence of water in olivine [Hirth and Kohlstedt, 1996]. 

(2) Tomography smdies suggest that high velocity continental roots extend to a depth of 

about 200 km below South American cratons [Zhang and Tanimoto, 1993; Grand, 1994]. 

If we associate high velocity with mechanical strength, we may assume that the mechanical 

continental lithosphere reaches a depth of about 200 km. Model results suggest that 

lithospheric structure moves as a cohesive plate (i.e. first order rigid body) to a depth that 

coincides with a viscosity on the order of 10^2 Pa-s. At lower viscosities, stresses drop 

off dramatically, representative of asthenosphere. This observation is similar to other 

modeling studies [Melosh and Raefsky, 1980; Wang et al., 1994; Gumis et al., 1996]. 

(3) Joint inversions of geoid and post-glacial rebound data [Forte and Mitrovica, 1996], 

suggest a viscosity at the base of the upper mantle (250-400 km) on the order of lO^' Pa-

s, a weaker transition zone (400-660 km) of 2x10^° Pa-s, and a lower mantie (660-1000 

km) viscosity on the order of 2xI02i Pa-s. This viscosity structure applies to continental 

structure (presumably shield) where ice sheets have recentiy retreated. Since mantle 

conditions below 400 km are likely similar under continents and oceans, we assume that 

this inferred viscosity structure applies for the transition zone and lower mantle 

everywhere in the model. And (4) we assume that creep strength is highly temperature 

and pressure dependent in the upper mantie [e.g. Kirby and Kronenberg, 1987]. 

Following on point (4) above, we solve for temperature and pressure dependent 

viscosity by using a relation of the following form. 

T] = C exp[(Q+Pv*)/RT] (4.8) 
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where t) is effective viscosity (Pa-s), C is a constant (chosen as 500 Pa-s), Q is activation 

energy (KJ/mol), P is pressure (GPa), v* is activation volume (cc/mol), R is the universal 

gas constant (J/mol K), and T is temperature K. For the upper maintle, we find that we 

can simultaneously match the low viscosity of oceanic asthenosphere and high topography 

of deep continental roots by using values for Q of 445 KJ/mol and varying v* with depth 

from 22 cc/mol above 100 km to 13.5 cc/moI at 400 km. For the transition zone we use 

Q=568 KJ/mol and v*=2.4 cc/mol. For the lower mantie we use Q=614 KJ/mol and 

v*=2.2 cc/mol. 

If intemal slab temperatures are on the order of 800-900 °C at 600 km depth (Figure 

4.3), simple temperamre dependent rheology [e.g. Kirby and Kohlstedt, 1987] would 

predict a slab viscosity in excess of 10^5 Pa-s [Riedel and Karato, 1997]. Such a high 

viscosity would not allow for any significant deformation in subducting slabs. However, 

several observations and analyses suggest that the subducted slabs are rather weak and 

highly deformable, especially in the transition zone. For example, the results of high 

resolution seismic tomography indicate highly deformed slabs in the transition zone of the 

western Pacific [van der Hilst et ai, 1991, 1993; van der Hilst and Seno, 1993; Fukao et 

al., 1992], Tao and O'Connell [1993] showed that a model of slab deformation assuming 

a weak rheology is consistent with the observed depth variation of seismicity. Zhong and 

Gumis [1995b] showed that slab morphology inferred from seismic tomography can be 

reproduced by assuming a weak slab. Modeling of geoid anomalies suggests that not 

much stress is transmitted from the deep transition zone to the surface indicating a low slab 

strength [Davies, 1995; Moresi and Gumis, 1996]. Hager [1984] showed that long 

wavelength geoid highs over subducted slabs can be reproduced with dynamic flow 

calculations with an increase (10-100) in viscosity from the upper to lower mantle, but 

assume lateral homogeneity (i.e. subducted slabs are no stronger than the surrounding 

mantle). Bevis [1988] used calculated average strain rates in slabs to suggest that slabs do 

not act as coherent stress guides from the deep mantle all the way to die surface. 



101 

Based on these inferences of a weak slab, we have opted to use a slab that weakens 

with depth, with the base of the slab having a viscosity similar to the transition zone. The 

viscosity structure of the reference model, based on all of the factors discussed, is shown 

in Figure 4.8. Mid-ocean ridges are likely weak plate boundaries as demonstrated by 

extensive normal faulting and high heat flow. We simulate a mechanically weak ridge by 

modifying any strong (>5x10^8 Pa-s) elements near the boundary to be viscoelastically 

weak (=5x10^8 Pa-s). This influences near-boundary elements within 20 km of the 

surface. The low viscosity region above the shallow slab (Figure 4.8c) results from 

higher temperatures due to comer flow. Note that the crustal side of the slab has a higher 

viscosity than the bottom boundary because of cooler temperatures, and this strength 

extends into non-slab mantle which has been cooled by contact. 

4.2.5 Brittle Strength 

Subduction zone dynamics cannot be simulated without modeling the interplate fault 

that separates the subducting and overriding plates [Wang etai, 1994; Zhong and Gumis, 

1995a, 1995b; Gumis, 1996]. To model brittle failure we developed a plastic element 

[Freed and Melosh, manuscript in prep.] for the finite element code Tecton [Melosh and 

Rafesky, 1980, 1981] that simulates distributed brittle failure within each element. This 

formulation enables a specification of a strength envelope in accordance with a failure 

criterion such as von-Mises or Drucker-Prager. Stresses that exceed the failure envelope 

are relieved by additional strains according to an associative flow law. By applying a low 

strength failure criterion within a single row of elements at the interface between the Nazca 

and South American plates, we can simulate an explicit interplate fault. If we choose to 

model no strength (i.e. no resolved shear stress) along this row of elements, model results 

are similar to models that incorporate slippery nodes [Melosh and Williams, 1989]. Many 

previous models of subduction zones that have considered an interplate fault have done so 

with the assumption of no resolved shear stress along this margin [e.g., Wang et al.. 
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1996; Zhong and Gumis, 1995a]. The present formulation gives us the ability to explore 

the role of various levels of fault strength on subduction zone dynamics. 

Zhong and Gumis [1992] reproduced trench depth and width with models having a 

low shear strength, 5 MPa, suggesting that convergent plate boundaries are probably 

weak. This agrees with other inferences of weak plate bounding faults as supported by 

studies of large earthquakes [Kanamori, 1980], heat flow [Lachenbruch and Sass, 1980] 

and in situ stress measurements [Zoback et al., 1987; Mount and Suppe, 1992; Zoback 

and Healy, 1992]. Only laboratory studies of rock deformation suggest that faults may be 

strong [Byerlee, 1978]. We follow the lead of Zhong and Gumis [1992] and use a shear 

strength of 5 MPa, uniform with depth, for the interplate fault in the reference model. 

We also consider that subducting lithosphere is probably weakened due to brittle 

behavior as it bends in the initial stages of subduction. This is based on the observation of 

heightened seismicity in the upper ~ 150 km of the Benioff zone [Isacks and Molnar, 1971; 

Fujita and Kanamori, 1981]. It is also likely that regions of the bending slab that are too 

warm to fail by brittle behavior, but too cool to flow by diffusion creep, probably deform 

by stress dependent rheology and are therefore weakened by high stresses [Christensen, 

1984]. We can simulate the effects of weakening due to both mechanisms by using the 

plastic element formulation. Here, we apply a depth dependent failure law in the slab with 

a shear strength of approximately 20 MPa at the surface that varies linearly with depth to a 

value of about 150 MPa at 200 km. Elements that exceed diis envelope fail, forcing 

neighboring elements to pick up the load, resulting in a general weakening of the region. 

Calculations suggest that this failure envelope reduces the overall strength (stress level) of 

the slab in the Benioff zone by about 25 percent compared to elastic runs. 

4.2.6 Finite Element Model 

The center portion of the finite element mesh used in this study is shown in Figure 

4.9. The full mesh contains 27,400 elements and extends 9700 km from the East Pacific 



103 

Jlise to the Mid-Atlantic Ridge. The mesh has sufficient detail to smoothly incorporate 

variations in density and viscosity structure as determined in the previous sections. The 

side boundary conditions are fixed horizontally and free in the vertical direction. Recall 

from the viscosity structure that low viscosity elements along the sides of the model cause 

these boundaries to provide no horizontal resistance. The bottom boundary is fixed in 

both the horizontal and vertical directions. Because the slab is modeled to extend only to 

the spinel-perovskite phase transition (about 730 km deep), and the lower mantle density 

and viscosity is uniform beneath this depth, constraints at 1000 km depth have little 

influence on the calculations. This has been confirmed by varying the bottom boundary 

conditions. 

Elastic (Young's) modulus as a function of depth is taken from the PREM model 

[Dziewonski and Anderson, 1981]. This modulus varies from 100 GPa at the surface to 

468 GPa at 1000 km depth, with discontinuities at 400 and 660 km depth. A uniform 

value of Poisson's ratio of 0.27 is assumed based on an average from the PREM model. 

We model the initial state of stress as hydrostatic by first calculating the overburden 

stress at each element, dien applying that pressure in all three directions as a prestress. 

This prevents deformations due to self-compression and allows us to use the full density 

structure, as opposed to only modeling density contrasts [e.g., Gumis et al., 1996], 

increasing the accuracy of restoring forces. Pressures associated with the water and 

sediment above ocean basins are simulated by applying pressure to the top row of 

elements in accordance with the height of the local water column and the thickness of the 

sediment layer. 

We run the model by allowing forces to develop due to gravity acting on lateral 

density contrasts. These forces are resisted by the elastic, viscous, and brittle structure. 

Eventually a balance is reached between driving and resisting forces and a steady state 



104 

solution is achieved. Steady state is defined by a velocity structure that does not change 

with time. This usually takes about a million years of model run time. 

4.2.7 Isostatic Solution 

On a scale of 1000s of kilometers, we consider it a reasonable assumption that the 

Earth remains close to Airy isostacy. The ocean basins are deep, and the continents 

elevated, primarily due to density contrasts between these two provinces. A check on the 

realistic nature of the reference model's density structure can therefore be made by solving 

for surface displacements associated with isostacy. Such a solution can be achieved by 

assigning each element in the model a viscosity on the order of 10'® Pa-s. This effectively 

removes most of the shear strength such that topography is primarily supported by 

isostatic forces. Density contrasts that drive plate motions are still present, but the free 

boundary condition at the Earth's surface (top of the model) allows isostatic topography to 

form well before deformations due to lateral plate motions. We refer to the resulting 

surface deformations as the isostatic surface. 

Figure 4.10 shows the isostatic surface that results from the density structure of the 

reference model. This surface is compared to a cross-section of the actual topography of 

South America at 22° S latitude. The isostatic surface does a very good job of matching 

seafloor topography and the elevation of the mid continent, thus verifying the 

reasonableness of our density structure. Areas of disagreement include the Andes 

Mountains in western South America and the highlands on the eastern edge. Both of these 

regions no doubt represent density stmcture not considered in the model, however, we 

assume that neither of these ranges significantly effect overall plate dynamics. However, 

we are aware that the presence of these ranges influences the state of sUress in the continent 

[Richardson and Coblentz, 1994], as discussed subsequendy. The calculated isostatic 

surface also shows some differences in the ocean basins on either side of the continent. In 

the Pacific, differences between the model and observation are due to a combination of 



105 

sediment and the presence of an extinct spreading center and a ridge. In the Atlantic 

differences are due to up to a kilometer of sediment [Mooney et al., 1998] and a more 

complex continental shelf than considered in the model. We take into account the load of 

all this excess topography by applying appropriate pressures to the surface elements in 

these regions, but we ignore any associated strength. Some of the differences between the 

isostatic model and observed topography in the region of the trench and outer arc may also 

be due to the inference that these stmctures are partially supported by dynamic forces 

[Melosh and Raefsky, 1980; Wang et al., 1994; Gumis etal., 1996]. 

4.2.8 Model Limitations 

Two dimensional modeling ignores the observation that the width of the Nazca and 

South American plates is not uniform with latitude, nor is the geometry of the slab. 

Observed plate velocities probably result firom an average of driving and resistive forces 

that vary with latitude. However, stress magnimdes and orientations in the South 

American continent appears to be fairly uniform from north to south [Assumpgao, 1992], 

suggesting that driving and resistive forces do not vary significantiy with latitude. 

Probably one of the larger influences on subduction zone dynamics is the shape of the 

subducted slab, especially whether or not the slab flattens out initially before descending 

into the mantie [Jarrard, 1986]. In the present analysis we are limited to modeling a 

straight descending slab by limitations of the thermal code. For most of our analysis, we 

considered a 45° dip as a general average for the dip of the Nazca slab, including the fate 

of flat regions once they descend into the mantle [Cahill and I sacks, 1992]. But most 

slabs have a more complicated geometry, usually involving a shallower dip angle at the 

onset of subduction and a deeper angle later on. Such effects, especially if there exists a 

broad region of flattening, would likely influence the state of stress on the westem margin 

of South America [James and Sacks, 1996]. However, such considerations are beyond 

the scope of the current work. 
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The assumption of plane-strain prevents flow of mantle in the out-of-plane direction. 

Thus, the model cannot simulate trench parallel flow such as that suggested by Russo and 

Silver [1994], Trench parallel flow could be an important factor in the resistance offered 

by the Nazca plate to the western migration of South America. Calculations suggest that a 

high pressure develops in the mantle under the trench resulting from the downward push 

of the falling slab. This pressure may provide resistance to slab rollback. If trench 

parallel flow serves to reduce such pressures, the Nazca slab may rollback more easily and 

provide a reduced level of resistance to the western margin of South America. 

Conversely, long continuous slabs in the western Pacific may make trench parallel flow 

impractical, yet some of these trenches experience significant rollback. The influence of 

trench parallel flow on the subduction zone dynamics will have to be addressed in future 

3-D studies. 

Rectangular grids have been used in many previous studies of subduction zone 

dynamics [e.g. Gumis and Hager, 1988; Zhong and Gumis, 1992; Gumis and Zhong, 

1996], but it is uncertain how a rectangular grid, as opposed to a curved surface, 

influences analysis results. One way in which cylindrical or spherical modeling would 

likely improve the accuracy of the calculation is by improving the simulation of how 

subducting slabs are squeezed as they descend into a mantle in which the radius decreases 

with depth. 

The reference model also assumes that the EPR and the MAR are stationary with 

respect to each other. However, the EPR is moving westward at a velocity of about 15 

mm/yr with respect to the MAR [Demets, 1990]. In addition, the model prevents flow 

from entering or leaving the side boundaries. However, it is possible that asthenosphere 

flows under the ridges [e.g. Chase, 1979; Silver et al., 1998]. Modeling these effects 

requires knowledge of global mantle flow patterns that are beyond the scope of the present 

work. We do, however, attempt to understand the potential influences of westward 
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asthenospheric flow under the EPR using kinematic constraints. The implications of such 

flow is discussed in the Results section. 

4.3 Reference Model Results 

4.3.1 Velocity 

The calculated velocity field for the center portion of the reference model is shown in 

Figure 4.11. The calculated eastward velocity of the Nazca plate (upper left in Figure 

4.11) is equal to die 75 mm/yr observed half-spreading rate of the East Pacific Rise at 20° 

S latitude [Demets et al., 1990]. The calculated westward migration of the South 

American plate (upper right in Figure 4.11) is 15 mm/yr, just under the 17.5 mm/yr half-

spreading rate of the Mid-Adantic ridge at this latitude [Demets et al., 1990]. Consistent 

with the basic tenets of plate tectonics, to first order both plates move as rigid bodies. 

Recent observations of plate motions from GPS data suggest that the interior of the South 

American continent is moving faster to the west than the western margin [Norabuena et 

al., 1998]. This is a consequence of the accommodation (shortening) of the continent in 

response to compressional forces. We do not consider such accommodation as it would 

add an additional factor to the modeling that is poorly constrained. Our assumption of an 

elastic (i.e. very strong) South American continent may partially explain why the model 

underpredicts the western velocity of the plate. 

Asthenosphere below the Nazca plate experiences a counterflow that takes material 

back to the East Pacific Rise. This return flow has been inferred from several analytical 

studies [Harper, 1978, 1986; Chase, 1979; Hager and O'Connell, 1979, Parmentier and 

Oliver, 1979]. The reference model suggests a more limited counterflow beneatii South 

America consistent witii a few of the analytical studies [Hager and O'Connell, 1979; 

Parmentier and Oliver, 1979]. The fact that the return flow occurs in the upper mantle and 

transition zone (i.e. layered mantle convection) is as important as the existence of a return 

flow in the model. Our definition of layered mantie convection refers to the planform 
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separation of flow between the transition zone and lower mantle, but allows slabs and 

hotspots to cross the 660 km discontinuity. This definition of layered mande convection is 

supported by a variety of mantle convection models [Silver et al., 1988; Liu et al., 1991; 

Zhao et al., 1992; Weinstein, 1992; Machetel and Weber, 1991; Peltier and Solheim, 

1992; Tackley et al., 1993, 1994; Bunge etal., 1996], and by the inferred source of mid-

ocean ridge basalts based on geochemical composition [Hubbard, 1969; Schilling, 1971; 

Kay et al., 1972]. 

Asthenosphere below the continental lithosphere is dragged counter-clockwise and 

downward by the sinking slab. This causes a comer flow similar to that suggested by 

several other modeling studies [Elsasser, 1971; Chappie and Tullis, 1977; Chase, 1978; 

Hsui and Toksoz, 1979; Harper, 1990]. The westward velocities of this comer flow are 

larger than the overriding plate velocity and therefore represent an active force on the plate. 

Continental material to tiie east of this force (>4800 km in Figure 4.10) will be pulled, 

while material to the west (<4500 km) will be pushed. This force significantiy influences 

stresses in the South American plate, as discussed in the next section. 

In the reference model results, the subducting slab does not penetrate the 660 km 

discontinuity. Instead the bottom portion of the slab is squeezed and spreads as it is 

caught between the descending slab above and strong resistance at the 660 km boundary. 

Recall that the slab extends to the base of the depressed spinel-perovskite transition, a 

depth of about 730 km. Spinel below 660 km is buoyant, and downward forces from 

above are not sufficient to keep this material from rising. If the reference model 

assumptions are reasonable, this would suggest that subducting slabs would not directly 

penetrate much beyond 660 km. This is not, however, an argument against slab 

penetration. Many studies regarding the fate of subducting slabs that consider a negative 

spinel-perovskite Clapeyron slope suggest that once a sufficient volume of subducted 

material gathers at the base of the transition zone, negative buoyancy forces associated 

with this cool mass can overcome the positive buoyancy of the depressed spinel, allowing 
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for a cascade of material into the lower mantle [e.g. Ringwood, 1982, 1990, 1991; 

Christensen and Yuen, 1985; Solheim and Peltier, 1994; Zhong and Gumis, 1995b]. 

Observational evidence for the presence of a large volume of deformed slab material may 

exist in the broad (1200 km) depression (20-30 km) of the 660 discontinuity behind 

Western Pacific trenches [Shearer and Masters, 1992]. The present study cannot address 

these long-term dynamics. 

4.3.2 Stress 

Calculated steady-state deviatoric stresses in the plates are shown in Figure 4.12. The 

three sections shown in this figure can be attached end-to-end to form the entire span of 

the model, from the East Pacific Rise (EPR) to the Mid Atlantic Ridge (MAR). Deviatoric 

stresses are defined as (a, - P) where Gj is a normal component (direction) of the stress 

tensor and P is pressure. A negative deviatoric stress represents compression. In Figure 

4.12, we show the component of deviatoric stress in the direction of plate motion, 

horizontal for surface plates, and -45° for the subducting slab. Results suggest that 

compressional forces develop and grow with age in both the Nazca surface plate and the 

Adantic portion of the South American plate. This is in agreement with oceanic focal 

mechanisms which, though limited in number, suggest that oceanic lithosphere older than 

20 million years is almost entirely found to be in compression [Mendiguren, 1971; 

Forsyth, \9iy, Sykes and Sbar, 1974; Weins and Stein, 1985]. Westem South America 

is seen to have a region of very large calculated compressional stresses that coincide with 

the approximate width of the Andes Mountains. Calculated central and eastern South 

American stresses suggest slight compression, in agreement with the observation of a 

limited number of thrust faults in these regions [Assumpgao, 1992]. The reference model 

does not take into account the influence of the Andes Mountains on the South American 

stress field, which will be considered subsequently. 
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Subducting slab stresses are dominated by bending forces resulting from the slab 

being overrun by the continent and buckling due to the slab's inability to penetrate the 660 

discontinuity. Seismicity in the subducting Nazca plate suggests that downdip extension 

dominates in the slab above 350 km while downdip compression dominates at greater 

depths [Cahill and Isacks, 1992]. The calculated stress of the slab in the reference model 

predicts extension above 200 km. Between 200 and 350 km, the slab experiences 

bending, with high extensional stresses dominating in the upper, more brittle portion of 

the cross-section. This may be consistent with extensional faulting observed in this depth 

range. Between 350 and 500 km depth, calculated slab stresses also suggest bending, but 

here compression dominates the brittle upper portion. Again, this may be consistent with 

observed compressional seismicity in this depth range. Below 500 km calculated slab 

stresses are in pure compression. The switch from an extensional to a compressional 

stress environment within the slab is due to the elevated olivine-spinel transition that places 

a concentrated load at an intermediate depth within the slab. This effect is explored in 

more detail in the subsequent parameter studies. The reference model calculation suggests 

that extensional deviatoric stresses reach a maximum of about 70 MPa in the upper portion 

of the slab and compressional stresses reach a maximum of 60 MPa in the lower portion of 

the slab. As suggested in the previous discussion on the use of Newtonian flow laws, 

these stresses probably represent a lower bound. This is especially true in the lower 

portion of the slab where relatively low effective viscosities are modeled. 

To get a clearer picture of the driving forces residing in the surface plates, we have 

removed stresses associated with bending and plotted the resulting horizontal normal 

stresses as a function of distance from the East Pacific Rise (Figure 4.13). The stresses 

represent the average stress across the thickness of the mechanical lithosphere. 

Compressional stresses in the Nazca plate (item 1 in Figure 4.13) grow with distance from 

the East Pacific Elise as a result of, and proportional to, the thickening of the thermal 

lithosphere. The overall stress regime in the Nazca surface plate is a combination of the 
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Nazca ridge push force and slab pull. The oceanic asthenosphere is too weak to 

significantly influence plate stresses. Estimates of the individual contributions of ridge 

push and slab pull forces are discussed below based on models in which these forces are 

isolated. 

Compared to the Nazca plate, compressive forces in the Atlantic plate (item 6) grow 

faster with distance from the ridge due to a combination of a slower spreading rate and the 

lack of a slab pull force which serves to diminish compressional stresses. Compression 

stresses in the Atiantic level off (item 5) as the thermal temperatures in the plate model 

reach equilibrium at -70 m.y. old lithosphere. At this point the ridge push forces remains 

constant. We can estimate the Atlantic ridge push force by multiplying the -16 MPa stress 

observed in the older oceanic lithosphere by the approximate 80 km thickness of the 

mechanical lithosphere, for a total force of 1.3x10^2 n m-'. This level of force is slightly 

smaller, but similar to other modeling studies [Meijer and Wortel, 1992; Coblentz cmd 

Richardson, 1996], 

Calculated stresses in the continental part of the South American plate can be 

understood as resulting from the Atlantic ridge push force and comer flow, with resistance 

coming from contact with the Nazca plate at the trench. The drop in compressional 

stresses that occurs at the continental shelf (item 4 in Figure 4.13) results from the ridge 

push force gradually being distributed over a thicker continental lithosphere. Further 

decrease of compressional stresses in the center of the continent (item 3) and the very large 

compressional stresses at the western edge (item 2) both result from the interplay of the 

Atlantic ridge push force and comer flow. As was described in the discussion on the 

velocity structure, the comer flow is centered at about x=4500 km. Whether the shear 

force caused by this flow pushes or drags the South American continent depends on 

whether a region is westward or eastward of this location. Westward of 4500 km, shear 

forces associated with comer flow push on the plate causing forces that add to those due to 

Atlantic ridge push forces. The result is a narrow region of relatively high compressional 
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stresses on the order of -30 MPa coincident with the location of the Andes Mountains. 

The compressional stresses in this region may also have been elevated by a thinner 

lithosphere in this region due to comer flow. A thinner lithosphere is one of the causes of 

uplift of the Cordilleras suggested by Isacks [1988]. To die east of x=4500 in Figure 

4.13, comer flow pulls on the South American plate thus reducing compressional forces in 

the mid-continent. 

It is difficult to direcdy compare the absolute stress levels in die region of the Andes 

Mountains between this analysis and previous studies since the reference model does not 

consider the influence of the high topography of the Andes on the stress regime, and many 

of the previous analyses did not consider comerflow. The Andes Mountains would tend 

to increase compressional stresses in the mid-continent, while comerflow would tend to 

decrease these values. In addition, we consider a thicker continental lithosphere than 

previous studies which also tends to decrease stresses by distributing them over a wider 

cross-section. 

4.4 Parameter Studies — Strength Model 

The reference model was developed based on a variety of assumptions. In this 

section, we seek to explore the role of various aspects of the assumed strength stmcture on 

the calculated velocity stmcture of the mande and stresses in the plates. We also seek 

alternate working models which consider trade-offs between parameters. As with the 

reference model, alternate working models do not violate the following constraints: the 

Nazca plate moves easterly at a rate of -75 mm/yr, the South American plate moves 

westward at a slower rate -17.5 mm/yr (only 15 nrun/yr in the reference model), a well 

defined interplate fault exists between the two plates, stresses in the surface plates are 

predominately compressive, stresses in the subducting slab are extensional in shallow 

regions and compressive at depth, and asthenospheric retum flow occurs in the upper 

mantle and/or transition zone (i.e. layered mande convection). The following exploration 
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of model space also seeks to identify potential trade-offs between parameters that lead to 

non-uniqueness in identifying a plausible viscosity structure. 

4.4.1 Slab Strength 

The subducting slab was modeled as being weak in the reference model, seemingly 

contradicting thermal considerations. However, models that consider the slab to be strong 

all the way down to the base of the spinel structure (-720 km deep), predict a Nazca plate 

surface velocity of only 25 mm/yr. This significant reduction from 75 mm/yr is caused by 

resistance to slab penetration at the 660 discontinuity being transmitted to the surface. 

Without viscoelastic or plastic (brittle) weakening, only elastic deformation of the slab 

serves to decouple the surface plates from this resistance, and this is not sufficient. If we 

keep the slab strong and remove the delayed transition of spinel in the slab below 660 km, 

the surface velocity of the Nazca plate becomes 55 mm/yr, resistance primarily being due 

to the viscosity jump at 660 km depth. If we now also remove this viscosity jump, the 

slab velocity rises back to about 80 mm/yr, close to the reference model velocity. 

These results suggests a potential trade-off between slab strength and resistance at the 

660 km discontinuity. However, in a model with a strong slab and a weak lower mantle 

(and no spinel below 660 km), asthenospheric return flow takes place primarily in the 

lower mantle, which is contrary to the assumption that counterflow occurs in the upper 

mantle. A considerable amount of mixing also takes place across the 660 discontinuity, in 

violation of the layered mantle constraint. We therefore conclude that a strong slab is not 

likely. Rather, it behaves as a weak structure in agreement with previously discussed 

inferences from other studies. 

4.4.2 Lower Mantle Viscosity 

The relative viscosity of the lower mantie with respect to the transition zone is the 

subject of strong debate within the geophysics community. The geoid and post-glacial 
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rebound inversions of Forte and Mitrovica [1996], used as constraints for the reference 

model, suggest a sharp rise in viscosity across the 660 discontinuity of about an order of 

magnitude. This is also supported by several odier inversion studies {Cizkova et al., 

1996; Lambeck et al., 1996; Peltier and Jiang, 1996], long-wavelength geoid analysis 

studies [Hager, 1984; Hager and Richards, 1989; Forte and Peltier, 1991; Bunge and 

Richards, 1996], and several modeling and geodynamical studies [Gumis and Hager, 

19SS; Pari and Peltier, 1995]. Other inversion studies suggest a gradual rise in viscosity 

from the transition zone to the lower mantle [Peltier, 1996; Mitrovica, 1996]. Based on 

mineral physics studies of the rheology of perovskite, Karato and Li [1992] suggest that 

the topmost lower mande might have a relatively low viscosity [see also Karato et al., 

1995]. Meade and Jeanloz [1990] determined that the strength of silicate spinel is greater 

than perovskite at higher pressures, but these experiments were conducted at room 

temperature. 

We studied the influence on subduction zone dynamics of varying the viscosity of the 

lower mande by three orders of magnitude, from weaker than the reference model 

transition zone (2x10'^ Pa-s), to much stronger (2x10^2 Pa-s), and also considered a 

gradual increase with depth. If the slab is modeled as weak, the variations have only a 

minor effect on the velocity of the Nazca plate at the surface. This is because buoyant 

spinel below the 660 km discontinuity blocks penetration into the lower mande regardless 

of its viscosity. With removal of the negative Clapeyron slope at the spinel-perovskite 

transition, higher viscosities of the lower mande slowed down the surface velocity of die 

Nazca plate, but only slightly (20 nmi/yr across the 3 orders of magnitude of viscosity), 

and had a negligible influence on surface stresses and the velocity of the South American 

plate. This suggests a loosely coupled interaction between the surface plates and the lower 

mantle, which is in agreement with other modeling studies (Zhong and Gumis, 1995b; 

Moresi and Gumis, 1996]. This would help explain why the velocity and stress in the 
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surface plates do not vary greatly with latitude along the Peru-Chile trench despite inferred 

variations in slab/lower mantle interactions [Engdahl etal., 1997]. 

Asthenospheric counterflow and layered mantle convection are the factors that are 

significantly influenced by the viscosity of the lower mantle. A lower mantle viscosity 

close to or less than the transition zone viscosity leads to significant return flow in the 

lower mantle and a breakdown of layered mantle convection. Constraints on these factors 

are not exceeded if the lower mantle viscosity is at least an order of magnitude higher than 

the viscosity of the transition zone. This is in agreement with most of the observations 

and analyses mentioned above. 

4.4.3 Viscosity of the Transition Zone and Base of the Upper Mantle 

Inferences of mantle viscosity structure from glacial rebound studies are 

representative of viscosities beneath continents (probably shield), as diese are the regions 

in which recent glaciers have retreated. The base of the upper mantle (200-400 km) is 

inferred to have as low a viscosity as 5x10^0 Pa-s [Lambeck et al., 1996] and as high a 

viscosity as SxlO^i Pa-s [Forte and Mitrovica, 1996]. The transition zone (400-660 km) 

viscosity is inferred to be from as low as lO^o Pa-s [Forte and Mitrovica, 1996] to as high 

as 2x10-' Pa-s [Lambeck et al., 1996]. Note that Lambeck et al. [1996] suggest that the 

transition zone is the stronger of these two regions, while Forte and Mitrovica [1996] 

suggest that the base of the upper mantle is stronger. Other studies suggest no appreciable 

difference in strength across the 400 km discontinuity [Peltier and Jiang, 1996; Peltier, 

1996], and some are equivocal [CiTkova etal., 1996]. Based on a reduction in grain size, 

Karato [1989] suggests that the transition from olivine to spinel may cause a decrease in 

strength initially (because of increased void space), but crystal growth eventually causes 

the spinel structure to become stronger than olivine. Experimental results also suggest that 

certain spinel phases are stronger than their olivine counterparts [Dupas et al., 1994; 

Boland and Lieberman, 1983]. 
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We calculated the velocity structure and stresses within the plates based on several 

combinations of transition zone and upper mande viscosity. Results suggest that a trade

off exists between the viscosides of these two structures such that a reasonable (70-80 

mm/yr) Nazca plate velocity will be achieved if the average viscosity across this region is 

on the order of 5x10^0 Pa-s. This is an interesting result in light of the very first 

postglacial rebound study conducted by [1935], who suggested an average mande 

viscosity on the order of lO^^ Pa-s. Mitrovica [1996] has shown that Haskel's value 

samples to a depth of approximately 1400 km, meaning it is an average value across this 

depth of mande. In our modeling we find that the viscosity across the 660 km 

discontinuity must jump about an order of magnitude, in this case to 5x10^1 Pa-s, in order 

to preserve layered convection. This produces an average model viscosity for the mande 

(from 200-1(X)0 km) of -lO^i Pa-s, in agreement with Haskel's conclusion. 

4.4.4 Oceanic Asthenospheric Viscosity 

The oceanic asthenospheric viscosity of 5x10'® Pa-s in the reference model was based 

on the wet olivine experiments of Hirth and Kohlstedt [1996]. To test the influence of this 

parameter on subduction zone dynamics, we varied the asthenospheric viscosity from 10 

to 10^0 Pa-s. As viscosity increased, plate velocity slowed down, and compressional 

stresses in the eastern Nazca plate diminished. At a viscosity of 5x10'^ Pa-s, for example, 

the Nazca velocity slowed down to 40 mm/yr and the calculated stress in the surface plate 

was neutral. The velocity of the Nazca plate could easily be brought back up to the 

observed speed of 70-80 mm/yr by decreasing the viscosity of the slab, the lower portion 

of the upper mantle, or the transition zone. But all of these models lead to large (>I0 

MPa) extensional stresses at the surface of the Nazca plate (Figure 4.14a), which violates 

the constraint of older oceanic lithosphere being in compression. The process of setting an 

asthenospheric viscosity, then compensating for low velocities by decreasing viscosities 

elsewhere, determined that the maximum workable oceanic asthenospheric viscosity is 

-10'^ Pa-s. Minimum values of asthenospheric viscosity are more difficult to constrain 
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because once the viscosity drops below 5x10^® Pa-s, resistance is negligible. Our results, 

therefore, agree with the conclusions of Hirth and Kohlstedt [1996] of oceanic 

asthenospheric viscosity being on the order of lO'^-lO'^ Pa-s. 

4.4.5 Continental Asthenospheric Viscosity 

The viscosity directly below continental lithosphere is an important parameter 

influencing the leveling of coupling between the overriding plate and drag of the 

asthenosphere. This is especially true in light of the suggested importance of comer flow 

on the state of stress of the western margin of South America. The reference model 

assumed a viscosity structure of lO^i Pa-s directly below the continent, with a lower 10^0 

Pa-s value in the comer above the slab (Figure 4.8). If we lower these viscosities by an 

order of magnitude, we find that the influence of comer flow on the westem margin of 

South America has been reduced by about half (Figure 4.14b). If we further consider that 

the entire continent is underlain by a viscosity on the order of 10'^ Pa-s, we find that the 

effects of comerflow has been almost completely decoupled from the overriding plate. In 

this case, ridge push forces dominate the stress state of the entire plate. 

Currently, seismic studies do not suggest a low viscosity zone representative of an 

elevated comerflow under the westem margin of South America [Myers et ai, 1998]. 

These studies suggest that the low viscosity zone modeled above the slab in the reference 

model may underestimate the viscosity in this region. The thermal model allows us to 

dictate the degree to which continental lithosphere above the slab has been thermally 

eroded by comer flow. If we assume that comer flow only occurs along the base of a 

uniformly thick overriding continent (i.e. remove the low viscosity zone above the slab), 

we find the coupling of comer flow to be even stronger than the reference model, with 

stresses on the continental margin increasing more than 20% to values in excess of -37 

MPa. 
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4.4.6 Thickness of the Continental Lithosphere 

Jordan [1975, 1979, 1988] suggests that continental roots may extend to a depth of 

400 km, the base of the upper mantle. Several experimental studies suggest that high 

viscosity (>10-2 Pa-s) olivine aggregates could not exist to such depths because of warm 

temperatures, regardless of whether or not volatiles are depleted [Tullis et al., 1991; 

Kohlstedt and Zimmerman, 1996]. However, it is possible the deep continental 

lithosphere could be very dry, thus preserving high viscosities despite high temperatures. 

We can vary the modeled thickness of the continental lithosphere by modifying the 

continental geotherm, which also affects the density structure, or we can simply vary the 

viscosity under the continent independently of temperature. In the former approach, the 

petrology of the continental mantle was adjusted to maintain isostatic forces. Our results 

suggest that a deeper or shallower continental lithosphere does not have a major impact on 

the velocity of the South American plate (as the main source of resistance remains the 

contact with the Nazca plate). This is true if the base of a 400 km deep continental root is 

underlain by the weak transition zone viscosity as suggested by Forte and Mitrovica 

[1996]. One the other hand, if a deep continental root is underlain by a strong transition 

zone [Lambeck et al., 1996], then the westward migration of South America would be 

reduced by half the presently calculated velocity. Since the viscosity of the transition zone 

is currently a point of contention, it would be premature to use the present modeling to 

conclude that deep continental roots cannot exist. 

4.4.7 Interplate Fault Strength 

The strength of the Nazca/South America interplate interface, while influential on plate 

velocities, is only one factor in resisting the westward migration of South America. Even 

with a weak (< 5 MPa) fault, the westward migration of South America is impeded. In 

order for South America to move west, the Nazca plate must move out of the way by 

rolling back, or else South America must move on top of the Nazca plate, which takes 



119 

work. Roll back is resisted by the strength of the oceanic lithosphere and perhaps other 

factors such as high pressure beneath the trench. All other factors being the same, a 

stronger interplate fault increases the level of resistance at this interface, thus slowing 

down the motion of both plates. A slower Nazca plate can be compensated for by a 

reduction in the calculated strength within the slab or other regions, and a slower South 

American plate can be sped up by decreasing the viscosity of continental asthenosphere. 

However, if the speeds of these plates are slowed too much by interplate strength, 

parameter changes in other regions of the model cannot be made to compensate without 

violating certain constraints. For example, an interplate strength on the order of 30 MPa 

slows the South American plate to a mere 3.0 mm/yr. Such a slow velocity cannot be 

compensated for by realistic changes to other model properties. Based on a range of 

assumed fault strengths and the resulting calculated plate velocities, we find that the 

interplate strength must be on the order of 15 MPa or less. We favor a value of 5 MPa or 

less, in agreement with Zhong and Gumis [1992], as larger values of strength lead to 

borderline conflicts with constraints. 

4.4.8 Strength of Mid-Ocean Ridges 

In the reference model we have assumed that mid-ocean ridges offer no significant 

resistance to plates moving away from the margin. We tested this hypothesis by modeling 

lithosphere strength at the margin in accordance with the thermal characteristics. This 

results in a strong crust at the EPR and a strong crust underlain by about 10 km of cool 

mantle below the MAR. Results of these models suggest that very large extensional 

stresses would develop at the margins, over 50 MPa at the MAR. In addition, a strong 

MAR prevents the western migration of the South American plate. The Nazca plate is also 

slowed, but to a lesser extent as the strong portion of the lithosphere is very thin here. 

These results suggest that extensional faulting at ridges is caused by the pull of the 

diverging plates, as opposed to local tectonics, and point out the need for mechanically 

weak ridges in order to simulate Nazca and South American plate dynamics. 
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4.4.9 Influence of Flow Under the East Pacific Rise 

It has previously been noted that high pressure in the mantle under the trench may 

offer resistance to slab rollback, and that this pressure may or may not be relieved by 

trench parallel flow. There is another means in which pressures beneath the Nazca trench 

may be reduced. Calculations of asthenospheric counter flow suggest that material may be 

moving to the west beneath the EPR [Chase, 1979]. Such flow could provide an outlet 

for high pressure beneath the ridge. To study this possibility we constructed a model in 

which the asthenosphere under the EPR is pulled to the west by a 20 mm/yr applied 

velocity. This boundary condition did not significantly reduce the pressure under the 

ridge, but it did pull it and the entire slab to the west, thus increasing slab rollback. 

Stresses in the South American plate were not significantly influenced by this change as 

the South American velocity picked up speed to match the western movement. The 

increased return flow does not affect the velocity of the Nazca plate because the underlying 

asthenosphere is very weak. Therefore asthenospheric flow beneath the EPR could, if 

driven from forces out in the Pacific, pull the Nazca slab and South American plate to the 

west without reducing the spreading rate of the EPR. A more complete model that 

includes the entire Pacific plate would probably be required to explore the plausibility of 

such an idea since we have to appeal to a kinematic boundary condition to test this 

hypothesis here. 

4.5 Parameter Studies — Density Model 

4.5.1 Chemical Buoyancy 

The reference model assumed an oceanic lithosphere consisting of a layer of MORB, 

underlain by successive layers of depleted harzburgite, partially depleted Iherzolite, and 

partially depleted pyrolite. This lithosphere is chemically buoyant compared to normal 

mantle (undepleted pyrolite). To estimate the influence of chemical buoyancy on the slab 

pull force, we calculated subduction velocities with a model that assumed no chemical 
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differences between oceanic lithosphere and deeper mantle. This model, which still 

considers thermal and phase change effects, predicts a Nazca plate velocity of about 115 

mm/yr, about 50 percent greater than observed. This suggests that chemical buoyancy 

could play a significant role in reducing the magnitude of the slab pull force. If we 

consider a model that contains subducting MORB, but chemically homogenous mantle, the 

velocity is even greater at 125 mm/yr, owing to the inclusion of relatively dense eclogite 

and gametite. Models that ignore chemical effects, or assume that chemical effects of 

harzburgite and MORB negate each other [Christensen, 1997], may overestimate the slab 

full force by as much as 50 percent. 

4.5.2 Olivine-Spinel Phase Transitions 

The olivine-beta spinel and beta-gamma spinel phase transitions, because they occur 

at a shallower depth in a cool subducting slab, were shown to have a significant influence 

on the negative buoyancy of the slab (Figures 4.6c and 4.6f). A model that ignores 

elevated olivine-spinel phase transitions in a cool slab predicts a velocity of the Nazca plate 

of only 37 mm/yr, compared to the reference model velocity of 75 mm/yr. This suggests 

that the elevated olivine-spinel transitions account for about 50 percent of the forces 

driving the Nazca plate. Models that only consider slab pull forces (discussed 

subsequently) suggest that the elevated olivine-spinel transitions accounts for about 55 

percent of the slab pull force. This is much higher than the 25 percent contribution 

suggested by other studies that did not consider the influence of subducting chemically 

buoyant mantle [Turcotte and Schubert, 1971, 1982]. 

The elevation of the olivine-spinel phase transitions also has a profound influence on 

the calculated state of stress in the subducting slab. Without elevated phase changes 

calculated stresses in the slab are compressive from top to bottom. With elevated phase 

changes, calculated stresses in the cooler portion of the descending slab, trend from being 

extensional above 350 km to compressive below. If this cooler region coincides with the 
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seismogenic portion of the slab, than the results are in agreement with observed seismicity 

[Cahill and Isacks, 1992]. This difference in stress regime can be explained by the 

addition of the negative buoyancy associated with the elevated olivine-spinel transitions 

being added to the slab in the depth range of 350-500 km. This extra mass pulls on the 

slab overhead, causing extensional loads above, and pushes on material below, adding to 

compressive forces in the lower portion of the slab. We will consider the application of 

this idea to other subduction zones in the Discussion section. 

4.5.3 Spinel-Perovskite Phase Transition 

The reference model assumed a negative Clapeyron curve of -4 GPa/K at the spinel-

perovskite transition [Ito et ai, 1990]. This placed spinel within the cool slab to a depth 

of -70 km below the 660 discontinuity, which resulted in expulsion of this buoyant 

material and denial of direct slab penetration. If we ignore temperature effects and assume 

a pressure driven spinel-perovskite transition that occurs at 660 km depth, we calculate 

that the subducting slab would still meet great resistance to penetration into the lower 

mantle due to the viscosity jump. In such a model, the slab deforms greatly within the 

transition zone, though a small quantity pushes through to the lower mantle. The amount 

of material passing into the lower mantle, however, is insufficient to be classified as direct 

slab penetration. Direct slab penetration only occurs in a model that ignores both 

temperature effects on the spinel-perovskite transition and assumes no large jump in 

viscosity at the 660 boundary. Such a model, however, violates the constraint of layered 

convection. 

4.5.4 Metastable Wedge 

Rubie and Ross [1994] used experimental kinetic data to suggest that metastable 

olivine can survive to a depth greater than would normally be expected in a cold 

subducting slab based on olivine-spinel phase experiments [Ito and Yamada, 1982; Ito and 

Takahashi, 1989; Ito et al., 1990]. Rubie and Ross [1994] suggest that the onset of 
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transformation depends only on growth kinetics and coincides with the 550+/-50 °C 

isotherm. Based on this isotherm, our thermal model of Nazca subduction suggests that a 

metastable wedge could not exist beneath South America, as the 600 °C isotherm does not 

reach a depth of 300 km. In the event that our thermal model is inaccurate or that a 

metastable wedge could persist to a higher isotherm than that suggested by /iubie and 

Ross [1994], we modeled a metastable wedge to coincide with the 800 °C isotherm. This 

places the extent of a metastable olivine wedge to a depth of 520 km, still far short of 

being deep enough to support phase transitions as the cause of deep (600-700 km) focus 

earthquakes under South America [Green, 1994; Kirby et al., 1996]. A metastable 

wedge, if it exists, would have a significant impact on the slab pull force because it not 

only places less dense olivine into the transition zone slab, but also removes spinel from 

the upper mantle slab. The net effect is to reduce the calculated velocity of the Nazca plate 

to 45 mm/yr. Comparison to a velocity of 63 mm/yr calculated from slab pull forces only, 

suggests that a metastable wedge that extends to a depth of 520 km reduces the slab pull 

force by almost 30 percent. A model that considers a metastable wedge to exist to a depth 

of 660 km (900 °C isodierm) leads to a calculated velocity of the Nazca plate of only 20 

mm/yr. This means that positive density anomalies associated with a metastable wedge 

that extends to this depth negates about 80 percent of the slab pull force. 

4.6 Significance of Driving Forces 

We can modify the reference model to isolate or remove various driving forces such 

as ridge push, slab pull, and comer flow. These models are not meant to be alternative 

working models (i.e. subject to observational constraints). Rather, they are merely a 

means of understanding the individual contribution of these forces. The following 

sections describe modified model configurations and their results. 
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4.6.1 Nazca Ridge Push 

We explore the influence of the Nazca ridge push force by removing it from the 

system and comparing the results to the reference model. The Nazca ridge push force 

arises from the cooling of oceanic lithosphere. To remove it we developed a model in 

which the vertical thermal gradient remains uniform with distance from the East Pacific 

Rise to just before the trench. We set the thermal gradient for this entire span equal to the 

gradient that exists at a distance of 1700 km from the ridge in the reference model. This 

produces a lithospheric thickness equal to the average thickness of the Nazca surface plate. 

Thus, we retain the same lithospheric mass as the reference model to ensure a fair 

comparison. The removal of the Nazca ridge push force leads to a calculated velocity of 

the Nazca plate of 63 mm/yr. This represents a 16 percent drop in velocity from the 

reference model. Thus, the model suggests that the Nazca ridge push force represents 

16% of the forces driving the Nazca plate. The velocity of the South American plate is not 

significantly influenced by this slight reduction in the velocity of the Nazca plate. 

Removal of the Nazca ridge push force has a very significant influence on the state of 

stress in the Nazca plate. Figure 4.15a shows a comparison of horizontal normal stresses 

of the reference model and the model in which Nazca ridge push forces have been 

removed. In the absence of a Nazca ridge push force, calculated stresses in the Nazca 

plate are extensional owing to the pull of the subducting slab. The relative magnitudes 

calculated by the two models suggests that the Nazca ridge push force has about twice the 

influence on calculated stresses within the Nazca surface plate as the slab pull force. We 

can calculate the magnitude of the Nazca ridge push force by subtracting the stress due to 

slab pull (11 MPa at the trench) from that of the reference model (-9 MPa), for a total 

stress of -20 MPa. If we multiply this stress by the thickness of the ocean mechanical 

lithosphere (50 km), we calculate a Nazca ridge push force of l.OxlO'^ N m-'. This is 

about 25 percent smaller than the calculated Adantic ridge push force, which is consistent 

with the relative age of the older portions of the two oceanic lithospheres. This Nazca 
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ridge push force is, however, about half that predicted by analytical estiniates [Richardson 

and Cox, 1984]. This discrepancy may result from a combination of differences in model 

assumptions. The analytical smdy probably over-estimates the density contrast between 

water and the oceanic lithosphere by ignoring the influence of less dense oceanic basalt 

and chemically depleted lithospheric mantle, and by using a half-space cooling model for 

seafloor depth as opposed to a plate model. 

4.6.2 Atlantic Ridge Push Force 

Coney and Evenchick [1994] suggest that the absolute motion of the South American 

plate is the dominant factor in Cordilleran tectonic evolution in western South America. In 

their scenario, significant building of the Andes Mountains did not begin until the South 

American plate began to move westward in response to the opening of the Southern 

Atlantic. If Coney and Evenchick [1994] are correct, and if our modeling approach is 

reasonable, we would expect the high calculated stresses on the westem margin of South 

America in the reference model to significantly diminish if we remove forces and motions 

associated with the opening of the Atlantic. 

We simulate the removal of Adantic ridge push force in the same manner as we did 

the Nazca ridge push force, by removing the age dependence of temperature in the 

Atlantic. We find that setting the age of all Atlantic lithosphere equal to that at 8800 km in 

the reference model provides a lithospheric thickness such that the total volume of oceanic 

lithosphere equals that of the reference model. Calculated horizontal stresses of this model 

(dashed line) are compared to the reference model in Figure 4.15b. Without Adantic 

Ridge push forces, stresses in the South American plate vanish except for a continued high 

level of compressional stress on the westem margin. In addition, the removal of Atlantic 

Ridge push forces diminishes the westward velocity of the South American plate by only 

about 25%. In this model the plate can be viewed as being dragged westward by 

asthenospheric comerflow. 
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We can further simulate the configuration of the South American plate prior to the 

opening of the Atlantic by modeling the continental geotherm to exist all the way to the 

Mid-Atlantic ridge. This simulates a continuous continent about twice as long as the South 

American continent, with the eastern half representative of the Afirican continent prior to 

the opening of the Atlantic. Stress results of this model are similar to those shown in 

Figure 4.15b, with slighdy greater extensional stresses occurring in the plate. The high 

compressive stresses on the western margin remain. The velocity in this model, however, 

is much smaller at ~2 mm/yr. The velocity is non-zero despite a fixed right hand boundary 

as the South American plate is elastically stretched by the forces associated with the comer 

flow. This perseverance of high compressive stresses on the western margin of South 

America, despite the removal of all push forces and the existence of a supercontinent, 

suggests that the opening of the Adantic did not direcdy lead to the uplift of the South 

American Cordilleran. This is not to suggest that the opening of the Adantic and the 

raising of the Cordilleran are not linked, the may be indirecdy related through changes in 

the orientation and spreading rates in the mid-Pacific as discussed in the next section. 

4.6.3 The Rate of Subduction and Uplift of the Andean Cordilleran 

The non-significance of ridge push forces in the modeling results suggests that comer 

flow is the dominant mechanism in which large stresses develop under western South 

America. The velocity of comer flow is controlled by the velocity of subduction. This 

suggests that die rate of subduction, as opposed to the convergence rate or die absolute 

velocity of the overriding plate, is the dominant parameter that influences the stress regime 

in western South America. As die present analysis is two-dimensional, it may be die 

normal component of subduction velocity which is dominant in the case of oblique 

subduction. To further understand the influence of die subduction rate on stresses at the 

continental margin, we ran several models in which we altered the subduction velocity by 

varying the strength of the slab in the transition zone and the amount of resistance met at 

the 660 km discontinuity. In this manner we altered the rate of subduction with the least 
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impact to other parameters in the upper mantle. Calculations suggest a strong relationship 

between subduction velocity and stress on the continental margin. If we reduce the 

subduction velocity by 50%, stress on the continental margin decreases by about 10 MPa, 

as shown in Figure 4.15c (dashed line). Note that calculated compressive stresses in die 

Nazca plate have increased in this model, as we have reduced the slab pull force. We 

stopped subduction completely by setting the Nazca lithosphere and all mande beneath the 

Nazca plate to a very high viscosity and modeling a very high interplate fault strength. 

The result was the elimination of comer flow and a reduction of stresses on the continental 

margin to about 8 MPa (dotted line in Figure 4.15c). This stress, which is uniform across 

the continent, is controlled by ridge push forces. 

If ridge push forces place the entire continent into compression, the question remains; 

why removal of these forces did not influence stresses on the western margin in Figure 

4.14b? As a drag force, the magnitude of the comer flow force is direcdy related to the 

relative velocity of the flow with respect to the overriding plate. If for example the 

overriding plate is moving at the same velocity as the comer flow, no drag forces will be 

transmitted across the base of the continental lithosphere. Removing ridge push forces 

caused the South American plate to stop, without having an effect on the rate of 

subduction. Therefore, the relative velocity of comer flow increases with respect to the 

overriding plate. The effect is a larger drag force that offsets the loss of compressional 

stresses due to the removal of ridge push forces. 

Pardo-Casas and Molnar [1987] suggest the pulses of uplift of the Cordillera are 

associated with changes in the convergence rate between die Nazca (or Farallon) plate and 

South America. The present study suggests that the rate of normal (perpendicular) 

subduction is more important than the convergence rate. However, since the major 

portion of the convergence rate comes from the Nazca side, it may be difficult to 

distinguish between these ideas from the geological record. Coney and Evenchick [1994] 

suggest that high topography in the Andean Cordillera was initiated by the opening of the 
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Atlantic ocean and the subsequent western niigration of South America. Although the 

present analysis suggests that the absolute motion of South America is not directly related 

to the development of stresses on the western margin, this is not to say that the opening of 

the Atlantic could not have affected such stresses by indirect means. The opening of the 

Atlantic probably had a profound impact on the organization of plates world-wide. In the 

Pacific, the EPR spread in a somewhat N-S direction in Jurassic times [Coney and 

Evenchick, 1994]. Upon the opening of the Atiantic the ridge began to rotate toward the 

present day E-W spreading orientation. This rotation would have a significant impact on 

the rate of subduction under South America, and thus be the underlying cause of the uplift 

of the high topography of the Andean Cordilleran. 

4.7 Discussion 

4.7.1 Corner Flow and Extensional Margins 

If comer flow is the dominant mechanism leading to non-volcanic high topography on 

the western Margin of South America, it is a namral question to ask why high topography 

is not seen in all convergent margins. In particular it is clear that high topography does not 

occur on the margins of oceanic lithospheres that act as the overriding plates in subduction 

zones found in the western Pacific. In fact, these margins are often the site of extensional 

back arc basins. The current modeling suggests that the controlling factor in determining 

the strain regime of the margin of the overriding plate is the asthenospheric viscosity. In 

the continental setting, the underlying asthenosphere has a relatively high viscosity, 

perhaps on the order of lO^' Pa-s. This enables a reasonably strong coupling between 

comer flow and the overriding plate. In the oceanic setting the underlying asthenosphere 

is very weak, only on the order of 10'®-10'^ Pa-s [Hirth and Kohlstedt, 1996]. With a 

low viscosity asthenosphere the comer flow cannot couple with the overriding plate. This 

result is demonstrated using the present model by lowering the viscosity of the continental 

asthenosphere. Figure 4.14b shows that a lowering of the viscosity of continental 
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asthenosphere to a value of lO^o Pa-s reduces the influence of comer flow by about half 

(dashed line). Further reduction of the continental viscosity to a value of 10'^ Pa-s, the 

order of oceanic asdienosphere, completely decouples the comer flow leaving ridge push 

forces as the dominant mechanism. Thus, for very low asthenospheric viscosities, the 

strain regime at die margin is driven primarily by the absolute motion of the overriding 

plate. 

In the case of ocean/ocean subduction, as in the western Pacific, the direction of 

motion of the overriding plate is away from the trench and the stress state of the margin of 

the overriding plate is extensional [Chase, 1978; Uyeda and Kanamori, 1979]. Our 

modeling suggests that this correlation is influenced by a weak oceanic asthenosphere that 

prevents strong coupling between the overriding plate and comer flow of the 

asthenosphere. Thus, overriding plate modon becomes the dominant factor in the state of 

stress in the overriding plate. In these settings, however, comer flow is still required to 

keep the outboard part of the arc attached to the trench, pulling it away from the backarc. 

4.7.2 The Oiivine-Spinel Transition and Global Slab Seismicity 

Isacks and Molnar [ 1971 ] suggest that the stress conditions observed in subducted 

slabs are controlled by the magnitude of resistance encountered by the base of the slab. A 

continuous slab that encounters a strong lower mantie will be in a state of compression 

throughout its entire depth. A broken slab or one that has not yet made contact with the 

660 discontinuity would be in a state of extension in the upper portion the slab. Recent 

tomographic evidence of the geometry of the Nazca slab subducting under South America 

would suggest that the slab is continuous and penetrates into the lower mande [Engdahl et 

ai, 1997]. Yet, the upper 300 km of the Nazca slab is in a state of extension [Cahill and 

Isacks, 1992] suggesting that the Isacks and Molnar [1971] model may not hold. Here we 

present an alternate explanation for the state of stress in subducting slabs that considers the 
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age of the slab and the elevated olivine-spinel transitions to be the dominant factors in 

determining stress states. 

As discussed in the Results section, seismicity suggests a predominance of 

extensional focal mechanisms in the upper portions of the Nazca slab and the 

predominance of compression focal mechanisms in the lower portions. The present model 

suggests that this observation can be explained by the presence of an elevated olivine-

spinel transition. Density contrasts associated with the transition are concentrated at 

intermediate depths. Therefore, this force pulls on the upper slab, putting it into 

extension, and pushes on the lower half, increasing the level of compression. Recall that 

removal of the elevated transition results in the entire slab being in compression. We can 

group the world's subduction zones into two categories: slabs that are older than 100 m.y. 

of age upon subduction, such as Tonga, Marianas, North Honshu, Kuriles, and Izu-

Bonin; and subducting slabs that are under 100 m.y. years, such as Chile, Philippines, 

Sundra, and New Hebrides. As a general trend, seismicity suggests that older slabs tend 

to be dominated by compressional events from top to bottom, while the younger slabs are 

extensional in the upper portions [Isacks and Molnar, 1971]. This trend may be explained 

by the older slabs being cooler and therefore more negatively buoyant due to an increased 

thermal contrast between the slab and surrounding mantle. As a result, the distributed slab 

pull force is much larger and the relative influence of the elevated olivine-spinel transition 

is diminished. In the Nazca slab, the elevated olivine-spinel transition is calculated to 

contribute to about 50% of the overall slab pull force. It is conceivable that this proportion 

could drop dramatically in a much cooler slab. In such a case, the concentrated load due to 

the olivine-spinel transition might not be large enough to pull the upper portion of the slab 

into extension. As a result, the entire slab remains in a state of compression, as generally 

observed in the seismicity of the older slab grouping. 

The implications of the olivine-spinel transition for slab seismicity can also be 

extended to slabs that might not currently extend continuously past a depth of 300 km. 
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There is currently no recorded seismicity in the Ryukyus or Aleutian slabs below 300 km 

depth, and the seismicity of the observable portion of these slabs suggests compression. 

These slabs are young, thus it would appear that they do not follow the trend of young 

slabs being in extension above 300 km. However, if for any reason these slabs do not 

continue past a depth of 300 km, then the upper portion will not feel the pull of the 

elevated olivine-spinel transition, and these short slabs might remain in compression. If 

the Aleutian slab is continuous (though aseismic) to a depth well below 300 km [Engdahl, 

1986], then the compressive state of the upper portion of the slab must be due to other 

factors. 

4.7.3 Slab Dip 

As part of our studies, we considered some models with a slab that dipped at a 

shallow angle of 20°. Recalling that our thermal modeling limited us to straight slabs, this 

slab extended quite a long distance before reaching the lower mantle. We deemed this an 

unrealistic scenario not supported by geophysical observation and dropped the model from 

our parameter studies. However, we did notice that the primary influence of shallower 

subduction was to broaden the region of comer flow. This caused the width of the region 

of high stresses along the continental margin to spread east. Though this was not a 

simulation of flat subduction, this does suggested that there may be a relationship between 

the angle of subduction and the width of the South American Cordilleran. Future studies 

that incorporate more complex slab geometries are needed to pursue this idea further. 

4.7.4 Non-Newtonian Deformation 

In the upper mantle (above 400 km), dislocation creep is thought to be the dominant 

deformation mechanism [Frost and Ashby, 1982, van den Berg and Yuen, 1996; Karato, 

1997], This mechanism is also known as power-law creep as the strain rate, e, is 

dependent on some power of applied differential stress, a. 
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e = A an exp[-(Q+Pv*)/RT)] (4.9) 

where A is the pre-exponential constant (MPa"" s"'). n the power law, Q the activation 

energy (kJ/mol), P is pressure (GPa), v* is activation volume (cc/mol), R is the universal 

gas constant (J/mol K), andT the absolute temperature (K) [e.g., Kirby and Kronenberg, 

1987]. 

We modified the reference model to consider an upper mantie (including slab) that 

behaves in accordance with a non-Newtonian flow law. By trial and error we found that 

we could reasonably match the observed velocities of the surface plates by using a flow 

law defined by A=4.89xl0® (MPa*" S'O, n=3.5, Q=525 (kJ/mol), and v* varying from 

-ISxlO"® cc/mol at low pressures (< 1 GPa) to ~7.5xlO'^ cc/mol at 8 GPa. The 

parameters that describe this flow law are very close to those suggested by Hirth and 

Kohlstedt [1996] for wet olivine, with the exception that Hirth and Kohlstedt [1996] 

suggest an activation energy of 515 kJ/mol. 

We found that the Hirth and Kohlstedt [1996] parameters led to viscosities in the 

lower portions of the upper mantle that were too low due to the increase in temperature 

with depth. These low viscosities could have been countered by increasing the magnitude 

of the activation volume. As suggested by equation (9), their is a trade-off between the 

acdvation energy and activation volume. It is also possible that deeper portions of the 

upper mantle are relatively stronger than shallow asthenosphere [i.e. differences in 

temperature and pressure taken into account], due to a difference in water fugacity [Chopra 

and Paterson, 1984; Kirby and Kronenberg, 1987; Hirth and Kohlstedt, 1996]. 

However, it is clear from our analysis that flow laws for dry olivine [e.g. Chopra and 

Paterson, 1984] are too strong to account for a very weak upper oceanic asthenosphere. It 

is also unlikely that changes in strength with depth in the upper mantie are associated with 

variations in the relative amounts of olivine, pyroxenes, and garnet. Numerical studies 

suggest that an aggregate comprised of 60% olivine and 40% orthopyroxene would only 
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be about 7.5% stronger than pure dunite for deformation in the dislocation creep regime 

[Tullis et al., 1991]. Similar results have been found in deformation experiments 

comparing the strength of peridotite to dunite [Kohlstedt and Zimmerman, 1996]. 

Stresses in the overriding plates were not significantly influenced by a changeover 

form Newtonian to non-Newtonian viscosities. This is because the plates primarily 

behave elastically. However, stresses in the upper portion of the subducting slab (the only 

portion of the slab modeled with a non-Newtonian power law) reached levels of about 

twice the magnimde (135 MPa) as observed in the Newtonian runs. Care must be taken in 

drawing conclusions regarding this change in stress. The viscosity of the slab in the 

Newtonian model was numerically reduced with respect to thermal considerations to 

weaken the slab. In the model that considered non-Newtonian viscosities to extend to a 

depth of 400 km, the viscosity of the non-Newtonian portion of the slab was not reduced, 

thus forcing more of the slab deformation to occur in the lower portions of the slab. 

Inferring a relationship between slab stresses and deformation mechanism is beyond the 

scope of our study. 

4.8 Summary 

Time-dependent, two dimensional, elasto-visco-plastic finite element models have 

been developed to further our understanding of the density and strength structures that 

drive the Nazca and South American plates. Models span a 97(X) km long cross-section of 

the two plates, from the East Pacific Rise to the Mid-Adantic Ridge, and to a depth of 

1000 km so as to include the subducting Nazca slab. Density models are based on 

temperature, pressure, petrology, and phase transformations, and are permissible on the 

basis by isostatic calculations that predict long wavelength deformations in agreement with 

observed topography. Viscosity models are based on temperature and pressure dependent 

Newtonian flow laws and inferred mande viscosity from geoid and postglacial rebound 

inversions. An interplate fault and distributed brittie behavior in subducting oceanic 
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lithosphere are modeled using plastic elements which incorporate ultimate strength 

envelopes. Boundary conditions at the mid-ocean ridges are modeled as passive and non-

resistant to spreading, thereby allowing all driving forces within the models to develop 

solely by gravity acting on lateral density contrasts. 

Workable combinations of density and strength strucmre are found by constraining 

model results to match the observed velocities of the plates and inferred orientations of the 

stress field. By extensively exploring parameter space, results suggest the following 

general conclusions regarding strength structure of workable models: (1) Despite its 

relatively cool temperature, the subducting slab is relatively weak. (2) Oceanic lithosphere 

is underlain by asthenosphere with a viscosity on the order of SxIO'^ Pa-s. (3) The 

average viscosity across the transition zone and the lower portion of the upper mande is on 

the order of 5x10^0 Pa-s. (4) A jump in viscosity takes place across the 660 km 

discontinuity of at least an order of magnitude. (5) The viscosity of asthenosphere just 

under continental lithosphere is difficult to constrain. However, if this viscosity is on the 

order of l0-°-10-' Pa-s, then comer flow associated with the downgoing slab may 

explain the existence of the Andean Cordilleran. (6) Deep continental roots that extend to 

400 km depth beneath South America cannot be ruled out unless the viscosity of die 

transition zone can be determined to be on the order of 10^' Pa-s or greater. (7) The 

interplate fault between the Nazca and South American plates is weak, probably on the 

order of 5 MPa. (8) Mid-ocean ridges offer insignificant resistance to plate divergence. 

(9) Westward flow of asthenosphere under the EPR, if pulled by forces in the western 

Pacific, would have a significant influence on Nazca subducdon zone dynamics. (10) 

Results were not significantly influenced by the choice of deformation mechanism in the 

model (powerlaw), as long as flow laws were adjusted such that model results matched 

observed plate velocities. 

Results suggest the following general conclusions regarding density stmcture of 

workable models: (1) Chemical buoyancy of depleted oceanic lithosphere accounts for 



135 

about a one third reduction of Nazca slab pull forces compared to models that consider 

only thermal and elevated phase change effects. (2) Negative buoyancy of subducting 

MORB (eclogite and gametite phases) accounts for about 10% of the Nazca slab pull 

force. (3) Elevation of olivine-spinel transitions in the cool slab account for about 50% of 

the Nazca slab pull force and may explain why the upper portion of the subducting Nazca 

slab is in extension, while the lower portion is in compression. (4) Delayed transition of 

spinel to perovskite in the cool Nazca slab prevents direct penetration of the slab into the 

lower mantle. This does not rule out avalanche scenarios of slab penetration. (5) 

Temperatures do not remain cool enough to allow a metastable olivine wedge to exist in 

the downgoing Nazca slab. (6) If a metastable wedge did exist in the Nazca slab, and 

extended to a depth of 660 km, the slab pull force would be reduced by 80% and it would 

be difficult to find a model in which the Nazca plate would subduct at the observed rate. 

By making modifications to the model that isolate the individual effects of the various 

driving forces, results suggest that: (1) Nazca ridge push forces account for about 15% of 

the observed velocity of the Nazca plate and slab pull forces account for the remaining 

85%. (2) Nazca ridge push forces have double the influence of slab pull forces in 

determining the state of stress in the Nazca surface plate. (3) Atlantic ridge push forces 

account for the compressive stress nature of the South American plate, but are not the 

dominant mechanism for high compressive stresses on the western margin of South 

America. (4) Coraerflow associated with the downgoing slab is the dominant mechanism 

driving high stresses on the western margin of South America and, therefore, may be 

responsible for the uplift of the Andean Cordilleran. (5) The magnitude of stresses that 

result from comerflow is dependent on the rate of subduction and the asthenospheric 

viscosity under the continental lithosphere. As such, the timing of Cordilleran uplift be 

related to the rotation of the EPR from N-S spreading during Jurassic times, to E-W 

spreading since late Cretaceous times, and fluctuations in spreading rate. (6) The width of 
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the zone of high stress on the continental margin due to comerflow is dependent on the 

angle of subduction, with smaller angles leading to broader regions of high stress. 

Results of this study of Nazca subduction suggest broader implications: (1) 

Extensional regimes on the margins of oceanic plates being subducted by other oceanic 

plates may result from a combination of low oceanic asthenospheric viscosity that 

decouples the effects of comer flow, and the relative motion of the overriding plate away 

from the trench. (2) The observation that old (>100 ma) subducting slabs tend to be in 

compression along their entire length, while younger slabs exhibit extension in the upper 

portion of the slab, may be explained by the relative effects of the uplifted olivine-spinel 

transition with respect to distributed thermal effects. 



Parameter 

Basal temperature, 
Plate thickness, a 
Half-spreading rate (Pacific) 
Half-spreading rate (Adantic) 
Thermal conductivity, k 
Mantle density, 

Value 

1450 °C 

95 km 
75 mm/yr (Pacific) 
17.5 mm/yr (Adantic) 
3.138 W/(m K) 
3330 kg/m^ 

Table 4.1. Parameters used in thermal calculations, after model GHDl 

[Stein and Stein, 1992] 
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Figure 4.1. Boundaries of Nazca and South American plates and the 9700 km long cross-
section considered in the present analysis. EPR - East Pacific Rise; MAR - Mid-Adantic 
Ridge. 
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Figure 4.2. Flowchart of the steps necessary to create self-consistent and verifiable 
density and viscosity structures that lead to workable models. Workable models are 

defined as models widi calculated results that agree with observed plate deformations, 
velocities, and stress orientations. 
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Figure 4.3. (a) Calculated thermal structure of the full finite element model. EPR - East 
Pacific Rise. MAR - Mid-Atlantic Ridge, (b) Calculated thermal structure in the region of 
die subducting Nazca plate. Temperature contours are shown as solid lines. Upper and 
lower boundaries of the subducting plate are shown as dashed lines, (c) Calculated 
geotherms for oceanic mande (at distance 3800 km), stable continental mantle (at 6000 

km), and coolest part of subducting slab. 
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Figure 4.4. (a) Petrology and phase boundaries for olivine, spinel, and perovskite 
structure in the center portion of the finite element model. Non-lithospheric mantle is 
considered pyrolite. Olivine-spinel transitions are elevated in the cool slab, while the 
spinel-perovskite transition is depressed. See Figure 4.4 for details of mineralogy of 
pyrolite, harzburgite, and MORB (mid-ocean ridge basalt). Slab is only modeled to the 
depth in which spinel changes to perovskite. (b) Calculated density structure based on 
temperature, pressure, and mineralogy. Jaggedness of density structure within slab is due 
to changes in petrology. See Figure 4.5 for details regarding density differences between 

slab and surrounding mantle. 



142 

continental crust 

depleted 
pyrolite 

a (olivine) 

P (spinel) 

•r+Y 

Y (spinel) 

perovskite 

a. Petrology 

MORB 
• harzburgite 

• Iherzolite 

depleted continental 
lithospheric mantle 

eclogite 

garnetite 

100 -

200 -

300 -

400 -

4000 4000 
700 -

b. Denstty 4400 4400 

3800 4000 4200 4400 4600 
Distance (km) 

3000 3200 3400 3600 3800 
Density (kg/m^) 

4800 5000 

4000 4200 



143 

-200 

-300 H 

-400 -

£ -500 
a « 
Q -600 H 

-700 H 

-800 

a. Pyrolite 

Olivine 

Beta-Spinel 

Spinel 

I I  

M 

Garnet 

Perovskite 

-I—I—I—I—I—I—I-
0.0 0.2 0.4 0.6 0.8 1.0 

Volume Fraction 

b. Harzburgite 

Olivine 

Beta-Spinel 

Spinel 

Mag-
Wus Perovskite 

1 ' 1 ' 

0.2 0.4 0.6 0.8 
Volume Fraction 

C. MOR 

Garnet 

Perov /Al 
-1—--n—'—I—^—r 
0.2 0.4 0.6 0.8 
Volume Fraction 

Figure 4.5. Volume fractions of (a) pyrolite, (b) harzburgite, and (c) MORB (mid-ocean 

ridge basalt) used in density calculations [Green et al., 1979; Irifune and Ringwood, 

1987a, 1987b]. Volume fractions shown are based on normal mantle geotherms. Density 
calculations within the cool slab considers temperature effects on phase changes. 
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Figure 4.6. (a) Calculated density of normal mantie (pyrolite), harzburgite, and MORB 
(mid-ocean ridge basalt) as a function of depth assuming a normal mantle geotherm (i.e. 
temperature effects of a cool slab not considered). See Figure 4.5 for mineralogy as a 
function of depth, (b) Calculated density of MORB and harzburgite in a cool slab 
compared to normal mantle. Note changes in depth of phase changes in harzburgite in the 
cool slab compared to normal mantle, (c) Calculated average density of combined MORB 
and harzburgite structure and that of the full slab (also including partially depleted 
Iherzolite and pyrolite layers) based on a thickness weighted average (MORB=7 km, 

harzburgite=23 km, lherzolite=10 km, and partially depleted pyrolite=40 km). (d,e,f) 
Percent difference in slab structures shown in (a,b,c), respectively, compared to normal 
mande (pyrolite). Note that the only major density contrasts between a cool slab and 

normal mantle (c,f) are due to elevation differences in olivine-spinel and spinel-perovskite 

phase changes. 
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Figure 4.7. Viscosity structure of the reference model under the oceanic Nazca plate just 
before the trench (solid line) and under the mid-point of the South American continent 
(dashed line). Constraints used to guide to the development of the viscoelastic reference 
model include: the weakness of wet olivine [Hirth and Kohlstedt, 1996]; the seismically 

inferred thickness of the continental lithosphere [Zhang and Tanimoto, 1993; Grand, 

1994]; and the viscosity structure inferred from geoid and postglacial rebound inversions 
[Forte and Mitrovica, 1996]. 
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Figure 4.8. Viscosity structure of the reference model in the region of the (a) Nazca plate, 
(b) eastern South American plate, and (c) Nazca subduction zone. Contours show the 
logio Newtonian viscosity. See Figure 4.7 for depth dependence of viscosity at 
oceanic and continental cross-sections. Dashed line shows the boundaries of the 
subducted Nazca plate. 
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Figure 4.10. Observed topography at 22°S, from the East Pacific Rise (EPR) to the Mid-
Atlantic Ridge (MAR), and the surface topography calculated by the finite element model 
based on Airy isostacy. See text for a discussion of differences. 
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Figure 4.11. Calculated steady-state velocity vectors based on the reference model. 
Westward moving Nazca plate is in the upper left. Eastward moving South American 

plate is in the upper right. 
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Figure 4.13. Calculated horizontal deviatoric stress (cJx-P) in the Nazca surface plate and 
the South American plate from the East Pacific Rise (EPR) to the Mid-Adantic Ridge 
(MAR). These stresses represent the horizontal stress component after stresses associated 
with bending have been removed. These stresses are from the reference model. Negative 

values denote compression. Boxed numbers are referred to by discussions in the text. 
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stresses represent the horizontal stress component after stresses associated with bending 
have been removed. Negative values denote compression. 
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Figure 4.15. Calculated horizontal deviatoric stress in the surface plates comparing the 
reference model to (a) a model with no Nazca ridge push forces, (b) a model with no 

Atlantic ridge push forces, and (c) models with reduced subduction velocities. These 
stresses represent the horizontal stress component after stresses associated with bending 
have been removed. Negative values denote compression. 
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CHAPTER 5 SUMMARY 

Viscoelastic processes strongly influence a wide range of tectonic problems. The 

non-linear nature of viscoelastic behavior requires analyses to be conducted using 

numerical techniques, such as finite element methods. However, progress with numerical 

analysis has been hampered by the lack of realistic finite element formulations, computer 

resources, and uncertainties in how Earth materials actually behave. In the present thesis 

we took advantage of developments in modeling techniques, larger and faster computers, 

and advances in laboratory experiments and geophysical observations to gain further 

insight into the role of viscoelasticity in several tectonic problems that sample a wide range 

of geological time and space. 

In Chapter 2 we simulated the evolution of a slow-spreading center upon cessation of 

active spreading in order to predict long-term changes in the axial valley morphology. 

Results suggest that the axial valley created at a slow-spreading center persists because the 

crust is too strong to deform ductily and because no effective mechanism exists to reverse 

the topography created by rift-bounding normal faults. These conclusions do not appear 

to be sensitive to specific model parameters such as starting valley topography, rheology, 

or number of active faults. These results suggest that the persistence of axial valleys at 

extinct spreading centers is consistent with a lithospheric stretching model based on 

dynamic forces for active slow-spreading ridges. 

In our study of earthquake triggering (Chapter 3), we brought togedier two 

independent lines of research: static (elastic) analysis of coseismic failure stresses and 

simple analytical studies of postseismic deformation due to creep processes. Viscoelastic 

finite element results suggest that thrust earthquakes cause a coseismic increase in 

Coulomb stress along antithetic lobes normal to the slip plane. If a ductile lower crust or 

upper mantle flows viscously following a thrust event, relaxation may cause a transfer of 

stress to the upper crust. Under certain conditions this may lead to further increases and a 
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lateral expansion of high Coulomb stresses along the base of the upper crust. The 

conditions under which an antithetic lobe of high Coulomb stress are favored to expand 

postseismically within a few decades include: the lower crust or upper mande has an 

effective viscosity not greater than 10^^ Pa-s; the thrust fault has a moderate dip angle (40-

50 degrees); the brittle/ductile transition is deep enough to provide a corridor for 

expansion; and the crust has a low apparent coefficient of friction (< 0.2). Postseismic 

increases in Coulomb stress within the upper crust may also be caused by aseismic creep 

on die original fault. Stress changes due to aseismic creep are maximized with a high 

apparent coefficient of friction. Analysis of experimentally determined non-Newtonian 

flow laws suggests that wet granitic, quartz, and feldspar aggregates may yield a viscosity 

on the order of 10^^ Pa-s. The calculated rate of stress transfer from a viscous lower crust 

or upper mantle to the upper crust becomes faster with increasing values of the power law 

exponent and the presence of a regional compressive strain rate. 

In our study of subduction zone dynamics and the state of stress in the Nazca and 

South American plates (Chapter 4), we brought together a line of research that used elastic 

models to infer states of stress with a line of research that considered viscoelastic models 

of generic subduction zones. Time-dependent, two dimensional, elasto-visco-plastic finite 

element models were developed to further our understanding of the density and strength 

structures that drive the Nazca and South American plates. Models span a 9700 km long 

cross-section of the two plates, from the East Pacific Elise to the Mid-Atlantic Ridge, and 

to a depth of 1000 km that include the subducting Nazca slab. Density models are based 

on temperature, pressure, petrology, and phase transformations, and are permissible on 

the basis of isostadc calculations that predict long wavelength deformations in agreement 

with observed topography. Viscosity models are based on temperature and pressure 

dependent Newtonian flow laws and inferred mantle viscosity from geoid and postglacial 

rebound inversions. 
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Workable combinations of density and strength stmcture were found by constraining 

model results to match the observed velocities of the plates and inferred stress state in the 

plates. By extensively exploring parameter space, results suggest the following general 

conclusions regarding viscosity structure of workable models: (1) Despite its relatively 

cool temperature, the subducting slab is relatively weak. (2) Oceanic lithosphere is 

underlain by asthenosphere with a viscosity on the order of 5x10'^ Pa-s. (3) The average 

viscosity across the transition zone and the lower portion of the upper mande is on the 

order of 5x10-° Pa-s. (4) A jump in viscosity takes place across the 660 km discontinuity 

of at least an order of magnitude. (5) The viscosity of asthenosphere just under 

continental lithosphere is difficult to constrain. However, if this viscosity is on the order 

of lO^O-lO^i Pa-s, then comer flow associated with the downgoing slab may explain the 

existence of the Andean Cordilleran. (6) Deep continental roots that extend to 400 km 

depth beneadi South America cannot be mled out unless the viscosity of the transition zone 

can be determined to be on the order of lO^i Pa-s or greater. One of the more important 

aspects of the viscosity stmcture is the interaction of the South American plate with the 

viscous underlying asthenosphere that is dragged downward by the subducting slab. 

These forces could dominate the stress regime in the western margin of South America and 

therefore may be responsible for die high topography of the Cordilleran. 

The breadth of these smdies serves to underline the paradigm that viscoelastic 

processes are important to a wide range of tectonic problems. These studies have utilized 

two-dimensional models that incorporate viscoelastic process. The limitations of these 

models point to the direction in which finite element methods need to be further developed 

in order to gain more insight into viscoelastic processes: (1) Three-dimensional modelling. 

Most earth processes are influenced by density and viscosity structures that vary in three-

dimensions. For example, subduction zone dynamics and resultant stresses may be 

strongly influenced by the observed transition of flat to steep subduction of the Nazca 

slab. Or, consider the interaction between two faults such as the San Fernando and 
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Northridge faults in California. These faults do not lie along the same plane and thus 

require a 3-D model in which to explore their interaction. (2) Large, continuous 

displacement. In dynamic process, such as subduction zones, material is constantly 

moving through the system. Analysis becomes limited to the duration in which element 

deformations remain relatively small or else accuracy and stability degrades. A remeshing 

algorithm would allow elements to be redrawn in order to maintain nearly square cross-

sections while continuing to track displacement and stresses in a continuous fashion. 

Implementation of these and other improvements to the finite element method, along with 

continued advancement in our understanding of the behavior of Earth materials, will bring 

further insights into the role of viscoelasticity in tectonic processes. 
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