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ABSTRACT 

A two-dimensional mesoscale model is developed for study of the 

diurnal wind field in the vicinity of the Martian polar caps. During 

Martian spring and summer the bare ground adjacent to the polar ice caps 

shows marked diurnal variations in surface temperature, while the ice 

cap remains near the CC^ sublimation temperature. This creates an in

tense, diurnally varying baroclinic zone. A similar situation is re

sponsible for terrestrial sea-land breezes, and as an initial test of 

this model a sea breeze was simulated. 

The model utilizes the primitive equations in sigma coordinates 

and contains grid points lying in a vertical plane normal to the polar 

cap edge. Initially it is assumed that the atmosphere is at rest and 

that surface temperatures and pressures are uniform. Subsequently, the 

bare ground begins to warm and the overlying atmospheric columns are 

heated by turbulent heat transfer through the surface boundary layer 

(SBL). The governing equations are numerically integrated by a time 

marching process, yielding new values of the temperature field, wind 

field, pressure field, and geopotentials of the sigma surfaces. The 

short radiative response time of the Martian atmosphere required that 

the effects of radiative energy transfer upon the fluid motion also be 

examined. 

The Martian circulation is deeper and stronger than its terres

trial counterpart, with maximum horizontal winds being typically~20m s 



In the sea breeze experiment, a three-hour lag exists between time of 

maximum surface temperature gradient and the time of maximum wind speeds, 

while in the Martian experiments this lag time is much reduced. This 

difference is attributed to larger Martian eddy viscosities and dif-

fusivities. 

A theoretical analysis estimates the Martian SBL depth to be 

two to four times greater than that of earth. In order to test model 

sensitivity to SBL depth, three cases are run having SBL depths of 

60,125 and 250 m. It is found that the circulation strength is not 

particularly sensitive to SBL depth, however the degree of equator-

ward penetration by the circulation over bare ground is quite sensitive 

to this parameter. In another experiment, when an initial, strong low 

level inversion is present over both the ice cap and bare ground, the 

upward flux of sensible heat is inhibited, resulting in generation of a 

weak baroclinic zone and, therefore, a weak circulation. 

By running cases with and without the radiative heating terms 

included, it was possible to directly observe the effects of radiative 

transfer upon the flow. In every experiment it was found that radiative 

heating within the atmosphere had a negligible effect upon the circula

tion. Eddy heat transfer is by far the dominant diabatic term in the 

thermodynamic equation, and is responsible for the generation of the 

intense, baroclinic zone. 

Bagnold's theory of sand dune movement, as modified by Sagan and 

Pollack to Martian conditions, is utilized for estimating the dust liftr 

ing potential of the winds developed in the model. It appears that 



these winds alone are incapable of dust lifting. However, synoptic 

scale and orographic winds have not been included in the model. 



CHAPTER 1 

INTRODUCTION 

This chapter begins with a brief review of previous studies of 

Martian atmospheric dynamics and related experimental developments. Then 

we outline the nature and methodology of the research which is presented 

in this dissertation. 

Historical Review 

One of the earliest attempts to understand the general nature of 

Martian meteorology was undertaken by Hess (1950). Using the radiometric 

measurements of surface temperature by Coblentz and Lampland (1927) in 

conjunction with cloud drift observations, he broadly outlined the 

planetary circulation pattern during Northern Hemisphere winter. Mintz 

(1961) utilized baroclinic instability theory in order to make some 

general estimates concerning the dynamic stability properties of the 

Martian atmosphere. He found that the equator to pole temperature 

gradient of the winter hemisphere on Mars was probably sufficient for the 

circulation to be baroclinically unstable, the result being the appear

ance of large scale eddies in the general circulation of that hemisphere. 

In the summer hemisphere Mintz concluded that the circulation would 

resemble that of a Hadley cell. 

However, these early efforts towards understanding Martian 

meteorology were severely hampered by the lack of an adequate volume of 

1 
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reliable experimental data. Infrared and microwave radiometry proved a 

quite accurate and straightforward method of obtaining Martian surface 

temperatures. But when attempting to derive values of atmospheric com

position and surface pressure, the interpretation of photometric, polari-

metric and spectroscopic measurements proved far more difficult. In a 

critical review, Chamberlain and Hunten (1965) concluded that the photo

metric technique for determining surface pressure was highly unreliable 

since no adequate method of correcting for non-Rayleigh scattering by 

atmospheric particulates existed. They also found the polarimetric 

technique to be unreliable when used to estimate surface pressure because 

unjustifiable assumptions regarding the polarization of the surface were 

necessary. Spectroscopic measurements were shown to be capable of 

yielding both atmospheric pressure and composition accurately, but 

Chamberlain and Hunten pointed out that spectroscopic observations prior 

to 1965 needed refinement before precise information could be extracted. 

Subsequently, Gray (1966) re-analyzed infrared spectra taken by Kuiper 

(1964), and Belton and Hunten (1966) examined the weak 1.05 ̂ m band of 

C02» with both reaching the same conclusion; namely, that the Martian 

surface pressure fell within the range 5 to 13 hPa. 

On 15 July 1965 the Mariner 4 spacecraft approached to within 

9844 kilometers of the Martian surface on a trajectory which resulted in 

the occultation of the spacecraft by Mars as viewed from Earth. The 

phase, frequency and amplitude of the S-band radio signal were measured 

during entry and exit from occultation. These measurements allowed the 

spatial distribution of the refractivity and the atmospheric scale 
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height to be calculated by integral inversion techniques. In order to 

arrive at unique values of surface density and pressure, a specific 

atmospheric composition has to be assumed since the refractivity-density 

relationship depends on the molecules comprising the atmosphere. The 

Mariner 4 results indicated that for a pure C0£ atmosphere the surface 

temperature at entry was 180 + 20 K and the surface pressure in the range 

4.1 to 5.7 hPa (Kliore et al. 1965). In mid-summer 1969, Mariners 6 and 

7 passed by the planet providing 201 complete television frames of the 

surface and additional S-band radio occultation measurements. Also, 

infrared radiometer and ultraviolet spectrometer experiments were per

formed. The infrared radiometers measured energy emitted from Mars in 

two broad wavelength bands (8.1 to 12.5 Hm and 17.9 to 25.1 |im) , from 

which information on surface temperature and the thermophysical proper

ties of the soil were inferred (Neugebauer et al. 1971). Upper limits 

on the abundance of trace constituents and upper atmospheric photochemi

cal data were obtained from the ultraviolet spectrometer scans (Barth 

c 1. 1969). 

Theoretical studies of the structure and dynamics of the Martian 

atmosphere advanced concurrently with the experimental results. Radia

tive transfer calculations indicated radiative relaxation times^" for 

Mars would be much shorter than for earth (Goody and Belton 1967). The 

high concentration of thermally active CO2 molecules and the thinness of 

the atmosphere are responsible for this short relaxation time. The 

1. The radiative relaxation time is defined by Goody (1964) to 
be the decay time of a small harmonic thermal perturbation in an infi
nite homogeneous medium. 
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atmosphere of Mars, therefore, should respond more readily to diurnal 

temperature variations, and diabatic radiative heating terms in the 

thermodynamic equation will be significant on a shorter time scale than 

earth. Gierasch and Goody (1968) found that the short radiative response 

time resulted, to a first approximation, in the temperature field being 

decoupled from the wind field. That is, for large-scale motion the 

temperature field adjusts so rapidly to radiative equilibrium that 

thermal advection by the wind is of minor importance. 

The first numerical simulation of the general circulation of Mars 

was conducted by Leovy and Mintz (1969). Numerical integration of the 

2 
primitive equations was accomplished by means of the Mintz-Arakawa 

general circulation model originally developed for studies of the earth's 

atmosphere. Two numerical experiments were performed, one simulating the 

orbital conditions at southern autumnal equinox on Mars and the other the 

conditions at the southern summer solstice. A summary, as given by Leovy 

and Mintz (1969, p. 1167) follows. 

The results of the solstice experiment show strong zonal mean 
west winds in the middle and high latitudes of the winter hemis
phere produced by the net eastward coriolis torque that accompanies 
the poleward mass transfer toward the condensing CC>2 polar ice cap, 
wave cyclones in the winter hemisphere, a strong thermally-direct 
mean meridional circulation across the equator, with a strong 
east wind maximum near the equator, and weak east winds over most 
of the summer hemisphere. 

The results of the equinox experiment are more like condi
tions in the earth's atmosphere. In both hemispheres there are 
zonal mean west winds in the middle latitudes with wave cyclones 
in the middle and higher latitudes and east winds in the tropics. 

In both experiments there are large diurnal tidal components 
of the circulation. 

2. The primitive equations consist of the two horizontal equa
tions of motion, the hydrostatic equation, the thermodynamic equation, 
the continuity equation, and the equation of state. 
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On 14 November 1971 Mariner 9 went into orbit around Mars. The 

instruments on board the spacecraft were designed for experiments of the 

following nature: (1) photographic, (2) infrared radiometric, (3) infra

red spectroscopic, (4) ultraviolet spectroscopic, and (5) celestial 

mechanical. Mariner 9 operated fully until 27 October 1972, and yielded 

such a vast amount of complex information that the data analysis continues 

as of this writing. A planetwide dust storm of such intensity as to 

obscure almost the entire surface of Mars was in progress when Mariner 9 

first went into orbit. While this dust storm proved to be a temporary 

nuisance to some of the planned experiments, it prompted exciting new 

questions and yielded fascinating data concerning this transitory facet 

of the Martian atmosphere. For example, unexpected information was 

gathered on the dust composition and on the general circulation associ

ated with the storm. 

There is a long and well-documented history concerning observa

tions of occasional yellow clouds appearing in the Martian atmosphere 

(de Vaucouleurs 1954, Slipher 1962). These clouds are found to occur 

primarily when Mars is near perihelion (which closely coincides with 

summer solstice in the Southern Hemisphere). Most yellow clouds are of 

a local nature, but occasional planetwide obscuration was known to occur 

long before the Mariner 9 mission. These yellow clouds were generally 

thought to be dust clouds and this was further indicated by photometric 

and polarimetric studies (de Vaucouleurs 1954, Dollfus 1961). Ryan 

(1964) utilized the work of Bagnold (1941) on desert sand dunes to calcu

late the wind speed necessary to initiate grain movement on the Martian 
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surface, and investigated the bouyant maintenance of dust in the 

atmosphere. 

Since the successful voyage of Mariner 9, the atmospheric dy

namics associated with Martian great dust storms have come under increased 

scrutiny. Golitsyn (1973) and Hess (1973) independently proposed a feed

back mechanism whereby absorption of solar radiation in a localized dust 

cloud creates a thermal gradient at the edge of the dust cloud which, 

in turn, can induce winds strong enough to raise more dust. This process 

would be peculiar to Mars since, in contrast to earth, the short radia

tive response time would allow such a thermal perturbation to develop 

quickly before the dust cloud dissipated. The presence of dust would 

increase the static stability of the atmosphere. This factor, along with 

gravitational settling and turbulent diffusion of the dust, would act to 

damp out the storm. The fact that most dust storms are observed to 

occur near southern summer solstice when the annual solar insolation is 

a maximum adds further credence to this mechanism. However, no method 

has been proposed for selecting which storms will grow to global scale and 

which will not. 

Gierasch and Goody (1973) used a hurricane model to simulate the 

great dust storms. Whereas in terrestrial hurricanes the principle 

energy source is the latent heat of evaporated sea water, in the Gierasch 

and Goody model the energy derives from direct absorption of solar radia

tion in the dust-filled core of the storm. Leovy, Zurek and Pollack 

(1973) suggest a more general method for initiation of global dust storms. 

First, they use an energy balance argument together with temperature 



7 

distributions derived from Mariner 9 infrared spectroscopy data to esti

mate the wind system that existed during the dust storm itself. The 

dominant wind system is calculated to be an axially symmetric circulation. 

This conclusion is borne out by Mariner 9 photographs showing the pattern 

3 
of streaks extending from craters in the tropics to be indicative of an 

axially symmetric surface flow. They find that the critical factors de

termining the strength of the circulation are strong insolation, low 

static stability, and high atmospheric absorptivity. A plausible 

scenario for the generation of such global dust storms is then presented. 

During spring in the Southern Hemisphere when insolation reaches its 

maximum, local dust storms increase the atmospheric dust content in the 

southern, middle and subtropical latitudes. The presence of dust can 

strongly heat the atmosphere as shown by Mariner 9 results (Hanel et al. 

1972, Kliore et al. 1972). The north polar region at this time is 

shrouded with clouds which are very efficient radiators and which must 

be supplied with heat by the large-scale circulation. The energy balance 

requirements of the heat sink in the northern polar region coupled with 

the strong heat source in the Southern Hemisphere are then postulated to 

be responsible for the intensity of the circulation. 

To repeat, a low level of dustiness in the Southern Hemisphere 

when Mars is near perihelion is one of the conditions felt to be neces

sary by Leovy et al. (1973) for the onset of a global dust storm. They 

proposed several interesting mechanisms by which local dust storms might 

3. Mariner 9 photographs showed many instances of streaks and 
splotches associated with craters which are believed to result from 
windblown dust. 
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be generated in the Southern Hemisphere spring. First, the strong, di-

urnally varying surface temperature gradient at the edge of the re

treating south polar cap should produce a strong circulation. Secondly, 

the mass outflow due to subliming CC^ should also contribute to polar 

winds which might generate local dust storms. It is the first of these 

mechanisms to which this paper critically addresses itself. 

Aspects of Martian Atmospheric Dynamics 
Investigated in This Dissertation 

Large diurnal variations in surface temperature are known to 

occur on Mars. Kieffer et al. (1973) reported measurements of surface 

temperature made by Mariner 9 both during and after the planet wide dust 

storm. (Actually the quantity measured by the Mariner 9 instruments was 

the 10 [xm and 20 ̂ m brightness temperatures, and surface temperatures 

are inferred by fitting the data with calculations from a theoretical 

thermophysical model of the surface.) After the atmosphere had been 

cleared of dust and when the subsolar point was at 6S, the results show 

equatorial diurnal temperature variations on the order of 90 K, while 

the range at 60S is ~ 40 K. Mariner 7 showed the temperature of the 

southern polar cap was ~ 150 K which is near the sublimation temperature 

of CO^ at Martian atmospheric pressure, while only several degrees in 

latitude northward over bare ground the surface temperature was ~230 K 

(Neugebauer et al. 1971). Thus, the large diurnal variation in surface 

temperature of the bare ground adjacent to the polar cap (while the 

polar cap itself remains near the CO2 sublimation temperature) should 

generate a strongly baroclinic zone and one anticipates that an intense 
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circulation may result. The thermal drive in this case is similar to 

that responsible for the familiar sea breeze on earth. With this sea 

breeze analogy in mind, the construction of a numerical model designed 

to study the diurnal wind field in the vicinity of the Martian polar 

caps was undertaken. A first test of the model was to simulate a sea 

breeze on earth. The results of this test case were encouragingly 

similar to the results of other numerical sea breeze models (Estoque 

1961, McPherson 1970). With this test case completed, the model was 

adapted to Martian atmospheric conditions and a series of cases having 

various boundary and initial conditions were run. 

The model is two-dimensional, having grid points lying in a 

vertical plane perpendicular to the polar cap edge. The primitive equa

tions are utilized and formulated in the sigma coordinate system as 

originally developed by Phillips (1957). Initially it is assumed that 

the atmosphere is at rest and that the surface temperatures and pressures 

are uniform (with the surface assumed flat). This is taken to be repre

sentative of conditions near sunrise. Subsequently, the bare ground 

begins to warm and the overlying atmospheric columns are heated by heat 

transfer through the surface boundary layer. By a time-marching process, 

new values of the temperature field, wind field, pressure field, and 

geopotentials of the sigma surfaces are calculated. 

The short radiative response time of the Martian atmosphere re

quired that the effect of radiative heating terms in the thermodynamic 

equation be examined. Also, tests were conducted varying quantities such 

as surface boundary layer depth in order to ascertain model sensitivity 
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to these parameters. The question of whether dust may be raised into 

the atmosphere by the polar winds generated in the model is examined 

with, the use of Bagnold's (1941) theory of sand dune movement. 

The model is constructed in a sufficiently general manner that 

it is potentially adaptable to numerous other significant problems in the 

atmospheric sciences. Sea breeze and urban heat island problems are 

obvious candidates. Studies of orographic flows on the mesoscale should 

also be accessible to attack since the sigma coordinate system is de

signed to minimize lower boundary troubles. 



CHAPTER 2 

MATHEMATICAL FORMULATION 

The Primitive Equations in General Form 

The hydrodynamic equations used in this study are formulated in 

the sigma coordinate system. In this system, a dimensionless vertical 

coordinate, <j> is introduced, 

_ P " PT 
= (2-1) 

where p is the pressure, p^ the (constant) pressure at the top of the 

grid, and p the (variable) pressure at the surface. Thus, the values 
s 

of a range from zero at the top of the grid to one at the surface. The 

fact that the planetary surface, even when sloping, is also a coordinate 

surface is one c\ jn>st desirable features of this coordinate system; 

and, indeed, this w«i "he motivation behind its formulation (Phillips 

1957). 

The horizontal equations of motion in sigma coordinates may be 

written as 

11 
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iY= _u(f +utaS?2) . CTaM+F (2-3) 
dt a by by y ' 

where several terras of small magnitude have been neglected. The origin 

of these terms and the reason for their being neglected is discussed in 

Appendix A. In the relationships above, u and v are the horizontal wind 

components, positive toward the east and north, respectively, and 

1 b 
bx acoscp > 

= I 
by a bcp ' 

where and X are the latitude and longitude, and a is the mean radius 

of the planet. The remaining symbols represent (6, geopotential; f, the 

Coriolis parameter (equal to twice the planet's angular velocity times 

the sine of the latitude); a, specific volume; II , surface pressure minus 

pressure at the top of the grid (i.e., n = P - PT); an(* F and F , the 
s J. x y 

force components due to subgrid scale eddy momentum transports. Unless 

otherwise stated, all spatial derivatives (including those above) are 

understood to be taken from projections from a sigma surface. Local time 

derivatives refer to a fixed point on a sigma surface. For a general 

discussion of the use of such special surfaces, the reader may wish to 

refer to any of a number of elementary meteorology texts which cover this 

topic (Haltiner and Martin 1957, Holton 1972). 
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The total derivative is defined by 

where 5" (= 4£) ' is t;he ,'vertical velocity' in sigma coordinates. 
dt 

The hydrostatic equation in the a system is 

M a  -n» 
do 

(2-4) 

The above relationship is strictly valid only for an ideal gas, which 

we shall assume throughout. The equation of state for an ideal gas is 

pa = RT 

where R is the gas constant, and T is absolute temperature. 

The thermodynamic equation may be written as 

to planetary radiation, solar radiation, and eddy heat transport, 

respectively, having dimensions of W kg 

dt ~ c T^Qp + Qs + FT^ 
P 

(2-5) 

where 0 is potential temperature; c^, specific heat at constant 

pressure; and Q , Qg and F^ are the heating rates per unit mass due 

P R/c 
1. 0 = T(—) ^ where Pq is the reference pressure taken as 

5 hPa for Mars. 
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Next, the continuity equation takes the form 

M + ilUHl + h£M. + him . nv ta 0 (2_6) 
bt bx by ba a 

with the final terra entering due to the curvilinearity of the coordi

nates. Again, a term of small magnitude has been neglected and the 

reader should refer to Appendix A for details. Two auxiliary relation

ships may be formed from the continuity equation. First, by integrat

ing (2-6) from a = 0 to a = 1 (and using the boundary condition cr = 0 

at cj = 0 and a = 1, which will be discussed in the next section), a 

pressure tendency equation results 

9? - - l! ̂ (nu) + ̂  Jo *do • <2"7> 

A second relationship which may be obtained from the continuity 

equation is an expression for the quantity, <j . Integrating (2-6) from 

0 to a and utilizing (2-7) yields 

b " $ Jo + w(nv)]dc' " n Jo [fe<nu> + bP(Itv)]d'' 

+ vdo _ aJo vd(j] ^ <2-8) 

The Model 

The atmospheric circulation near the Martian polar cap will be 

investigated with a two-dimensional model having grid points lying in 



the meridional plane (Fig. 1).. It is assumed that the ice cap edge' 

lies along a latitude circle and that there is no variation in the 

circulation with longitude (i.e., derivatives with respect to x may be 

neglected). The finite difference grid used for the Mars cases con

tains 40 grid points in the horizontal with the cap edge at the mid

point, and 21 grid points in the vertical. In most of the cases the 

grid spacing is Ay = 15 km and ACT = .0490, and the pressure at the top 

of the grid is 1 hPa. The sigma values at each level and their cor

responding (approximate) pressures and heights are given in Table 1. 

For convenience of reference, and since x-derivatives are to be ne

glected by the previously mentioned assumption, we now write the full 

2 
set of prognostic and diagnostic equations utilized in the model: 

M + v(f + utan$) + F 
6t hy bcs a x 

(2-9) 

^ = - v^ - + —[Q + Q + F I 
bt oy cpTL p ^s 't-1 ' 

(2-11) 

f1 ̂ -(Hv)dc + r1 
Jo &y a Jo (2-12) 

2. These equations are not, strictly speaking, the primitive 
equations since they contain auxiliary relations formed from the con
tinuity equation. We shall refer to them as the 'model equations.1 
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Figure 1. Schematic diagram of the grid. 

on 
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Table 1. Sigma values at each level in the vertical and their cor
responding pressures and heights for typical Mars case. 

CT p(hPa) z(kra) 

0 1.00 12.80 

,0490 1.20 11.30 

0980 1.39 10.00 

1470 1.59 8.98 

1960 1.78 8.05 

2450 1.98 7.23 

2940 2.18 6.48 

3430 2.37 5.80 

3920 2.57 5.17 

4410 2.76 4.59 

4900 2.96 4.05 

5390 3.16 3.57 

5880 3.35 3.10 

6370 3.55 2.65 

6860 3.74 2.23 

7350 3.94 1.84 

7840 4.14 1.46 

8330 4.33 1.10 

8820 4.53 0.763 

9310 4.72 0.437 

9800 4.92 0.125 
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& = - m , (2-13) 
ba 

4 = Mo - Jl ̂ ^v)da] 

1 

+^ Jo vd° - °L ^ • <2- i4)  

The quantity a appearing in (2-10) and (2-13) can be written, with the 

aid of the ideal gas law, in terms of the dependent variables 0 and II . 

Thus, if the eddy terms F , F , F » and the radiative terms, Q and Q , 
> x y T P s 

can be expressed in terms of the dependent variables u, v, 0, n, and 

a, then equations (2-9) - (2-14) form a closed set of six equations in 

these six unknowns. 

Initial and Boundary Conditions 

The values of the dependent variables u, v, a, 0, H , and <4 

must be specified initially and then subsequently the model equations 

are numerically integrated forward in time yielding new values for 

these variables. We wish to isolate that part of the circulation 

which is thermally driven by the oscillating surface temperature 

gradient at the cap edge, although in reality this local circulation 

will be embedded in the larger-scale circulation, of course. To 

accomplish this we begin with the atmosphere at rest and integrate 

forward in time with the temperature gradient across the cap edge 

being the only mechanism forcing the circulation, thus, 
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u, v, 6 = 0 at t = 0 , 

The surface temperature in the Mars cases is assumed uniform initially 

at 150 K, approximately the sublimation temperature of solid CO^ at the 

Martian surface pressure (a pure COatmosphere being assumed through

out). Several different initial atmospheric lapse rates are assumed 

in the various cases and they will be stated explicitly when each 

case is reviewed in Chapter 3. 

In all of the Mars cases the surface pressure is specified to 

have the uniform value of 5 hPa at t = 0. The initial values of the 

geopotentials of the sigma surfaces are then determined hydrostati-

cally from the surface temperature and pressure, and the temperature 

distribution with altitude. 

The lower boundary condition on the wind field is 

u, v, a = 0 at a = 1. 

This is a 'no-slip' boundary condition at the surface, but a = 0 would 

obtain even without this assumption since the <y ~ 1 surface coincides 

with the physical surface. The assumption is made that is 

equal to zero at the top boundary where cr = 0. It is apparent through 

the relationship 

(l) = Jlcr + fia , (2-15) 

derived from (2-1), that this boundary condition means that 

cr = 0 at <j = 0. 
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The prognostic equations for u, v, and 9 are not used at the top row 

of grid points because the finite difference forms of these expres

sions involve grid points above and below the point at which the equa

tions are being evaluated. Thus, we choose the following upper 

boundary conditions 

= iff = n 
b<? ba ' 

9 is constant, 

at o = 0 

which are not restrictive since the upper boundary is selected to be 

at a high enough altitude that the circulation has little effect 

there. 

At the lateral boundaries the condition of horizontal uni

formity is imposed, i.e., 

^ (u, v, II, 9, = 0 at y = + L 

where L, which appears in Figure 1, is equal to 300 km. 

The surface temperature distribution (in degrees Kelvin) re

sulting from differential heating is prescribed in the following manner: 

T = 
s 

150 + 40 sin 
2irt 

150 

%(T + T ) 
ice ground 

bare ground 

ice cap 

cap edge (2-16) 
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where t is the length of the mean Martian solar day. At t = 0 the 

surface temperature is uniform, and this is taken to correspond to the 

condition near sunrise. The above relationship is not realistic be

yond t > r/2. If the surface temperature drops to the sublimation 

temperature of CC>2 (~ 150 K at 5 hPa), deposition of CC^ on the surface 

would occur accompanied by release of latent heat of sublimation. A 

detailed surface energy balance method of computing nighttime surface 

temperatures would be desirable. However, assuming that the surface 

temperature remains fixed at the CC^ sublimation temperature once 

deposition has occurred, as done by Leovy and Mintz (1969) in their 

general circulation model, offers an attractive alternative. To date 

the Mariner 9 data has not revealed any region of the planet where 

the surface temperature is appreciably below the CO^ sublimation 

temperature at the local Martian surface pressure, and this includes 

the nighttime polar caps (Kliore et al. 1973). 

Eddy and Radiative Terms 

The exact manner in which the eddy momentum and heat transfer 

terms (F , F , and Fm) and the radiative heating terms (Q , Q ) are to \ x> y> rj,' o ^s p 

be formulated has not yet been specified. To this end, we begin by 

considering the terms involving eddy transport of momentum. 

Eddy Transport of Momentum 

In conventional cartesian coordinates (x, y, z), we adopt the 

following for the eddy momentum transport terms in (2-9) and (2-10): 
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(2-17) 

F = - £-(PK^) 
y p bz p oz 

I irbY' (2-18) 

where z is height, p is the density, and K is the eddy viscosity. 

The transformation from the x, y, z system to the x, y, a 

system is made by use of the chain rule, 

= ha M £l_ 
bz bp bz bcr 

which, utilizing (2-1) and the hydrostatic equation, becomes 

bz n be 

Therefore, we arrive at the following expressions for the eddy momentum 

transport terms in sigma coordinates: 

(2-19) 

(2-20) 

Eddy Transport of Heat 

For the eddy transport of heat, the following formulation in 

x, y, z coordinates is adopted: 
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F = - j-(pc K̂ ) . T « tw.r n X?/ T p 5zN|J p £>z 
(2-21) 

The transformation to sigma coordinates gives 

(2-22) 

Note that the eddy diffusivity for heat has been selected to be equal 

to the eddy viscosity. Of course, in actuality, buoyancy forces act 

in such a manner as to selectively transfer heat upward more readily 

than momentum. While a recent sea breeze model has attempted to 

account for this effect (Pielke 1974), assuming equality for these 

eddy coefficients appears reasonable when applied to the Martian atmos

phere whose turbulent structure is, to a large degree, unknown. 

Planetary Radiation 

As stated in the Introduction, the short radiative response 

time in the Martian atmosphere requires that the importance of radia

tive hesting terms in the thermodynamic equation be assessed even for 

time intervals as short as a day. In some instances, the model equa

tions were integrated with and without the radiative terms so that 

their effect upon the flow could be directly observed. 

We assume that the atmosphere is 100 percent C^. The funda

mental vibrational bands of the linear C0^ molecule are the bands 

at 15 |j,m and the bands at 4.3 |j,m. At the low Martian temperatures 

the 4.3 |j,m band remains virtually unexcited (the relative population 

of the vibrational levels being primarily determined by the Boltzmann 
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factor), and its effect is neglected when calculating heating due to 

planetary radiation. Gierasch and Goody (1967) developed an approxi

mate method for calculating radiative heating in the 15 p,m CC^ band. 

They found this approximation to give excellent results when compared 

to a more exact, but time-consuming method. Further, they found that 

when computations were made with water vapor concentrations as much 

as ten times larger than observations indicate, the effects of the 

water vapor were still negligible compared to CO^. 

We use the CC^ 15 |j,m band model developed by Goody and Belton 

(1967) in conjunction with the approximate method of calculating heat

ing rates mentioned above. Blumsack, Gierasch and Wessel (1973) used 

a similar expression in their study of the Martian planetary boundary 

layer. A complete derivation of this expression for heating rate due 

to planetary radiation is presented in Appendix B, but here we only 

state the result; 

EC Prp _ 
jr1 [B(T ) - B(I4>] 

W + D W* B 

2pc nCT Pf 
+ —^ r—i [B(T ) - B(T) ] 
kx* + D x 

2 eC ncr + P™ 
r [B(T) - B(T ) ] 

+ D Y T 

gC ng + PT 

Z 
k k v T 
+ D Z T 

B(T ) , (2-23) 
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where 

w = n2(l - a2) + 2npT(l - a) , 

X = n2 + 4jipt(1 - a) + 2n2a(l - 3/2ct) , 

Y = 3n2A2 + 4NAPT » 

z = iî ct2 + 2iictpt . 

The two radiation parameters in (2-23) come from the Goody and Belton 

(1967) CC>2 band model and have the values, 

C = 5.5 x 103 m"1, 

D = 34.7 Pa . 

The Planck function at the center of the 15 p,m band is given by 

B(T) = [W m~2(m"1) _1] . (2-24) 
exp(—) - 1 

B(T ) is the Planck function at the ground temperature; B(T^) and 
S 

B(T,p are the values at the lowest grid point above the surface and 

at the top of the grid, respectively. 
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Solar Radiation 

Direct absorption of solar radiation by CC^ in the Martian 

atmosphere can also lead to heating- The absorption bands of im

portance in this case are in the infrared region. We use the expres

sions developed by Houghton (1963) for calculating solar heating in 

the earth's stratosphere. When converted to the conditions in the 

model the result is 

«s " 

R 
m 

[5.1 x 10~3fi + 3.2 C/p] , (2-25) 

where R is the mean orbital radius of the planet, R the instantaneous 
m 

radius value, p the pressure in pascals, and £ the cosine of the zenith 

angle which varies with time, of course. The dimensions of Q are 
s 

W kg The derivation of (2-25) is detailed in Appendix C. 

Atmospheric Structure of the Model 

In a manner similar to the sea breeze model developed by 

Estoque (1961) , the vertical plane containing the grid points is 

divided into two regions. One consists of a thin layer near the sur

face in which eddy fluxes of heat and momentum are postulated to be 

constant with height. This constant flux region lies between the 

surface and the lowest row of grid points at a = an so that numerical 

integration with the model equations is not carried out there. Above 

this constant flux layer (or surface boundary layer) is a second 

region (running from CT = to a = 0) in which the numerical integra

tion with the full set of model equations is performed. Thus, the 



internal boundary at a = a serves as the lower boundary for the 
n 

region of integration, and the values of wind and temperature are re

quired as boundary conditions there. 

Constant Flux Layer 

The equations describing the constancy of the momentum and 

heat flux with height are 

" 0  •  

(2-26) 

- o .  (2-27) 

2 2 % 
where U is the magnitude of the wind speed, i.e., U = (u + v ) . 

The following expressions, written in x, y, z notation, are 

used for the eddy coefficient in the constant flux layer. 

K = 

\z fe i as i) 
1  & Z  

Ri < - 0.03 

[k(z + z )(1 + pRi)]2 , - 0.03 < Ri < — 
&z 

Ko > 
TFf-

< Ri 

(2-28) 

(2-29) 

(2-30) 

where Ri denotes the Richardson number, 

Ri = & &9/&Z e 

0 (bU/bz)2 
(2-31) 



The other symbols are k, the von Karman constant [ = 0.35, Businger 

et al.(1971)1; z , roughness length (taken equal to 1 cm); 0, mean 
o 

2 
value of potential temperature in the layer; Kq, a constant (= 0.10 m 

s *); and X and |3 are empirical constants. The value of X was set at 

0.9 based on the work of Priestley (1959), while for (3 we use the 

value of - 0.03 given by McPherson (1970). As discussed by Monin and 

Yaglom (1971), the value of |3 is poorly known experimentally. There 

are numerous experimental results, however, showing that the wind 

profile becomes linear (and, therefore, K = constant) within the 

constant flux layer at large positive values of the Richardson number. 

Recently, Neumann and Mahrer (1974) found that they were unable to 

adequately reproduce the land breeze in their numerical model when they 

set p = - 0.3, but with p = - 0.03 their results appeared realistic. 

The critical Richardson number, Ri£ = - 0.03, is an empirical 

value marking the transition from forced to free convection. Free 

convection (Ri < - 0.03) occurs when the turbulent motion is pre

dominantly determined by buoyancy forces; whereas, forced convection 

(Ri > - 0.03) occurs when the motion is determined mechanically by 

inertial forces. Equation (2-28) is the expression derived by 

Priestley (1959) for the eddy diffusivity under conditions of free 

convection. The relationship for eddy diffusivity in forced convec

tion, (2-29), was developed by Estoque (1959) and is very similar to 

expressions used by Monin and Obukhov (1954) and by Pandolfo, Cooley 

and Newburg (1963). 
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If {2-«29)r, were used for all Ri > - 0.03, then one would have the 

bizarre situation wherein the eddy coefficient decreases with increasing 

Richardson number until Ri = (Ri - 33), and then increases monotoni-

cally beyond this point. In order to avoid this situation, the eddy 

2 -1 
coefficient is specified to have the small, constant value of 0.10 m s 

for Ri "2 33. Such large values of the Richardson number only appear in 

the model near t = 0, for then the circulation has not yet developed and, 

consequently, the wind shear in (2-31) is still small. Further, if the 

value of K as calculated by (2-29) is smaller than Kq, it is automatically 

set equal to Kq in order that the eddy coefficient be a continuous func

tion of the Richardson number. 

With the aid of (2-28) - (2-30) we could now integrate (2-26) and 

(2-27) in order to obtain U and 0 at the internal boundary at an- How

ever, this procedure introduces several unknown constants of integration. 

For example when Ri = 0, integration of (2-26) using (2-29) yields the 

logarithmic wind profile: 

uA z + z 
U(z) = in ( 2 °) , (2-32) 

o 

where uA is introduced as a constant of integration and is termed the 

friction velocity. Thus, if the value of the friction velocity is known, 

we can calculate the magnitude of the wind at the top of the surface 

boundary layer which is needed as a boundary value for the integration 

over the grid above. But the friction velocity is related to the surface 

stress, t , in the following manner: 
s 
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2 
TS = ' 

and, of course, the surface stress is determined by the wind profile, 

which is the quantity we are seeking. In order to circumvent this im

passe, Estoque (1959, 1961) developed a method of linking the surface 

boundary layer with the layer above, in which the wind speed is calcu

lated by the equations of motion. In the above-mentioned example of 

neutral stability, this linkage has the effect of making u.v a function 

of the wind speed at the second row of grid points which is located a 

distance h + Az above the surface. To clarify the nature of this linkage 

we now write out in detail the manner in which U(h) is calculated for the 

special case in which the boundary layer is neutral. From (2-32) we 

find that 

U(h) = — zn( z °) , 

o 

u. h + z 
* 

(2-33) 

and 

(2-34) 
o 

Now we approximate the value of the above derivative by 

i U(h + Az) - U(h) 

Az 
(2-35) 

It is this approximation which allows us to link the surface boundary 

layer with the overlying region in which the equations of motion are 
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utilized. Note that the more accurate centered difference approximation 

to the derivative in (2-35) would not give the desired linkage between 

quantities at h and h + Az. Rewriting (2-35) and using (2-34) gives 

u* 1 
U(h) = U(h + Az) - (— h * z )Az . (2-36) 

o 

Substituting (2-33) into the left hand side of (2-36) and solving for 

u^ yields 

u* = "<h + + 
k(h

A' z >]"x • (2"37) 

o o 

From (2-37) we see that the linkage has resulted in u^ being determined 

by U(h + Az). Substitution of (2-37) into (2-33) gives 

U(h) = U(h + Az)[b I cAz] , (2-38) 

h + z 
where b = — £n( ) , 

cc z 
o 

_ 1 
c k(h + z ) ' 

o 

Thus, equation (2-33) describes a family of curves having different 

values of u^, and equation (2-35) allows us to select a particular curve 

from that family depending upon the value of U(h + Az). 

For a more general derivation of this method of linking the sur

face boundary layer with the region above, under conditions other than 
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neutral stability, the reader is referred to Estoque (1959, 1961) and 

McPherson (1968, 1970). Here we state the results in a form similar to 

that presented by McPherson: 

U(h) = AjU(h + Az) + A2US 

0(h) = A10(h + Az) + 
Vs 

(2-39) 

(2-40) 

where the coefficients and are functions of the thermal stability 

and physical dimensions of the surface boundary layer. By previous 

assumption, the magnitude of the surface wind, U , is taken to be zero 
s 

and the surface potential temperature, 9 , determined by (2-16). The 
s 

coefficients A^ and A^ take the following forms depending upon the con

vection regime: 

A = 1 + 3( :>[<; 
h + Az h + Az 

1/3 

A„ = 1 - A, 

" 1] > 

' Ri < - 0.03 

A, = 

A„ = 

b + Az(b - ch)BRi 
b + cAz 

cAz + Az(b - ch)gRi 

b + cAz 

- 0.03 < Ri < 

131 
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1 h + Az * 

Az 
2 h + Az 'J 

lei 
< R. 
— x 

b = r Jin k C44. 
c = [k(h + zq)] 

-1 

The components of the wind at the internal boundary are determined 

by the approximate relationships, 

u(h) • «h+hL)u(h + iz) • 

v(h) = o(hT^)v(h + '«>• 

which neglect the turning of the wind in the layer between h and h + Az. 

Upper Layer 

The parameterization of the surface boundary layer described in 

the preceding section was very similar to that presented by Estoque 

(1961) in his sea breeze model- However, the procedure used here to 

integrate the model equations over the grid differs markedly from 

Estoque's model. 



The sea breeze model developed by Estoque utilized x, y, z 

coordinates and had the pressure constant at the top of the grid. 

Further, his model had w = 0 at both the upper and lower boundary. 

The atmosphere was assumed to be incompressible, i.e., 

+ iff = o (2-41) 
by bz 

and the w-field was calculated from this form of the continuity equation. 

But the above first-order differential equation could not be integrated 

subject to the two boundary conditions on w since this is a mathematical 

overspecification. Therefore, Estoque took a vertical derivative of 

(2-41) and numerically solved the resulting second-order differential 

equation subject to the two boundary conditions. This same procedure 

was later followed by McPherson (1970) in his sea breeze model. 

Peterson (1971) has shown, however, that this method does not necessarily 

conserve mass. This is because the derivative of the continuity equa

tion, when integrated, does not yield the continuity equation exactly, 

but rather gives 

g = -$ + £ )  + f<x-y)  • 

and there was no requirement in the Estoque or McPherson models that 

f(x,y) be zero. 

Such mass conservation problems could also have been anticipated 

from a physical rather than a mathematical standpoint. The heating of 



an atmospheric column having a rigid top, in a hydrostatic model, results 

in loss of mass in the column. Specifically, Estoque calculated the 

pressure field by integrating the hydrostatic equation downward from the 

rigid lid where pressure was held fixed. Initially the temperature 

distribution over the land is the same as that over the water. Thus, at 

t = 0 no horizontal pressure gradients result upon downward integration 

of the hydrostatic equation in the various atmospheric columns making 

up the grid. But, when at low levels over land the atmosphere first 

begins to warm, the surface pressure there necessarily decreases when 

calculated in this manner. Hence, there is a mass loss in the column 

before any motion occurs, and the mass of the system as a whole de

creases. The pressure gradient resulting from this mass loss then 

initiates the motion. 

In the model developed here, the upper boundary is a free rather 

than a rigid surface. The incompressible assumption is not made and 

the hydrostatic equation is integrated from the surface upwards. When 

the atmosphere over bare ground first begins to warm in this model, 

the geopotential heights of the sigma surfaces over the bare ground are 

raised slightly relative to those over the ice. This geopotential gradi

ent, through the equation of motion (2-10), is then responsible for the 

initiation of motion, with the initial motion at all levels being from 

land toward the sea. Subsequently, a surface pressure gradient develops 

due to this mass redistribution, and the low level flow reverses direc

tion, thereby completing the thermally-direct cell. 
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The form of the eddy coefficient in the surface boundary layer 

has been specified by (2-28) (2-30). In the upper layer we assume a 

linear decrease in the value of K from its value at the internal 

boundary to zero at the top of the grid. With this method of formula

tion, there is a discontinuity in the slope of the IC profile at the 

internal boundary. By means of a polynomial fitting technique, O'Brien 

(1970) devised a method of eliminating this type of discontinuity which 

also appeared in the Estoque (1961) and McPherson (1970) models. However, 

this discontinuity in the slope of K at the internal boundary plays no 

role in the computations since the model equations are not integrated 

at the lowest row of grid points. Furthermore, a finite difference 

scheme cannot detect a true mathematical discontinuity in slope at some 

point since that requires evaluating the derivative on infinitesmal 

distance on either side of the point. Hence, the O'Brien technique of 

fitting a smooth polynomial to the K profile appears to supply elegance 

where it is unwarranted and, for this reason, it was not utilized. 

Finite Differencing Scheme 

In order to describe the finite differencing scheme used in this 

model, we let the subscript j label grid points in the horizontal, sub

script k label points in the vertical, and we let the superscript n be the 

time index. Thus, if F is one of the dependent variables, then F? , 
J »*• 

represents its value at the point y = jAy, a = kAa, at the time t = nAt. 

In the model, local time derivatives are approximated by forward differ

ences, advective terms by up-stream differences, and other spatial 
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derivatives by centered differences. Thus, for example, an equation 

such as 

M • vg = KJ , (2-42) 

would be written in finite difference form as 

F?*".1 - F? -FN + F 
n 

- 2F? 
iik j,k An = r i ,k+l j,k-l j^k"! 

At j,k 1 (Aa)2 
(2-43) 

where the advective term with upstream differencing is 

. n 

- Fn 
n r ,k i-1,^ n ^ 
v. , I—"— 1—*-J if v. , > 0 , 
J »k\ Ay / J,k 

n ( 
vj,k\ 

F1?, i . - F" 
-1+!^ 

Ay 
-) if v? . < 0 . 
/ J ,k — 

(2-44) 

Jones (1973) has examined the linear computational stability of 

this method of finite differencing the primitive equations. He found 

that in order to maintain computational stability, the equation of motion 

must be evaluated first, then the continuity equation, followed by the 

thermodynamic equation and the hydrostatic equation. In each case, re

sults from an integration are used in solving succeeding equations. 

Specifically, at time t = nAt, (2-10), is solved for v and this value 

n+1 
is inserted into (2-9) to solve for u . Next (2-14) and then (2-12) 

nJ.1 nil w| 1 
are solved using v to give a and n • Finally, (2-11) and (2-13) 
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are solved with the aid of the results of the prior integrations. The 

time step necessary to insure computational stability is 

(2-45) 

where c is the speed of the fastest wave permitted by the model equa

tions. The fastest waves which the model equations can support are Lamb 

waves, although external gravity waves are not appreciably slower. Lamb 

waves are a special type of horizontally propagating acoustic wave, and 

hence their speed of propagation is given by the familiar relation 

where y is the ratio of specific heat at constant pressure to the specific 

heat at constant volume. An upper limit of 200 K on the temperature is 

appropriate for the Martian conditions in this study. Thus, we find c 

is ~ 230 m s \ and using Ay = 15 km in (2-45) gives 

At < 130 s . 

When numerically integrating the non-linear hydrodynamic equations, it is 

found best to select a At value well below the limiting value indicated, 

by linear computational stability analysis. For this reason a At of 30 

seconds was selected in this study. 

% 
c = (yRT) , (2-46) 



CHAPTER 3 

MODEL RESULTS 

In this chapter we discuss the results of the model cases which 

were tested. When constructing this numerical model, it was deemed 

necessary to examine initially its ability to simulate a mesoscale con

vection problem for which solutions are reasonably well known. The 

obvious choice for such a test of the model was the simulation of a sea 

breeze. 

Sea Breeze Test Case 

In order to compare the results of this test case with the re

sults of other existing sea breeze models, initial and boundary condi

tions similar to those in the Estoque (1961) and McPherson (1968) models 

were selected. The initial and boundary conditions used in the Mars 

cases have previously been stated in Chapter 2, so that here we will 

state only those factors which differ for the earth sea breeze case. 

_ 2  
The acceleration due to gravity, g, is set at 980 cm s , while 

the atmosphere is assumed dry so that the gas constant, R, and specific 

heat at constant pressure, c^, take on the values of 287 and 1003, 

respectively, where the units are J kg ^ K \ Initially the surface 

temperature and pressure have the uniform values of 283 K and 1000 hPa, 

respectively, and the lapse rate is 8 K km \ The sea temperature is 
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held fixed, while the land temperature is specified to have a sinusoidal 

variation as in Equation (2-16), but with an amplitude of 10 K. The 

pressure at the top of the grid is set at the constant value of 700 hPa 

which corresponds to an altitude of approximately 2.8 km. A 40 x 13 grid 

is used with grid increments of Ay = 15 km and Ac = .0825. The sigma 

values of each row of grid points and the corresponding (approximate) 

pressure and height are given in Table 2. The depth of the constant flux 

layer is approximately 25 m. This test case was run at a latitude of 

30N, with the Coriolis parameter, f, taking on the constant value of 

7.29 x 10 ̂  s The terms appearing in Equations (2-9), (2-10), (2-12), 

and (2-14) as a result of the curvature of the coordinate system were 

not retained in this test case due to the lower latitude and larger 

planetary radius than in the Mars cases. Finally, the radiative heat

ing terms, Q and Q , in Equation (2-11) were not retained. 
P s 

In Figures 2, 3, and 4 a cross-sectional view of the wind field 

in a vertical plane perpendicular to the coastline is presented at 

various times after t = 0.*" Note that the scale of the vertical motion 

in these figures has been expanded relative to the scale in the hori

zontal in order that the nature of the circulation may be readily de

tected. Although the winds are extremely light after only two hours, 

the characteristic thermally direct circulation has been established. 

At high levels there is indication of a second reversal of wind direction, 

however this feature disappears at later times. The winds achieve a 

1. The reader is cautioned that these and many of the following 
figures display only a limited portion of the grid. In all cases the 
lateral boundaries actually are located 300 km away from the polar cap 
edge. 
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Table 2. Sigma values at each level in the vertical and their correspond
ing pressures and heights for the sea breeze experiment. 

a p(hPa) z(m) 

t.O 700 2815 

.0825 725 2560 

.1650 750 2300 

.2475 774 2050 

.3300 799 1800 

.4125 824 1560 

.4950 849 1330 

.5775 873 1100 

.6600 898 875 

.7425 923 660 

.8250 948 445 

.9075 972 230 

.9900 997 25 
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Figure 2. Flow pattern in the vertical plane after two hours. -- Here, as in all cases, 

the entire grid extends 300 km either side of the coast. For convenience, 
only a limited region is depicted. 
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a maximum v-component of about 7ms near an altitude of 230 m after 

nine hours. The presence of a low level convergence zone (sea breeze 

front) is quite evident at this time in the region 30 to 45 km inland. 

Also after nine hours the vertical velocity, w, achieves a maximum 

value of 40 cm s * at an altitude of 1330 m within the sea breeze front. 

After 12 hours the strength of the circulation has diminished, the flow 

becomes more horizontal, and the sea breeze front is located 45 to 60 km 

inland. 

The results of the Estoque (1961) and McPherson (1968) models 

show a considerable degree of agreement with the results presented in 

Figures 2 through 4, although each differs from the other in detail. 

Table 3 compares the maximum values of the wind speed components normal 

to the shore and in the vertical which are attained in the Estoque (E), 

McPherson (M), and present model (B). The time and altitude of the 

maxima in each case are noted, and also the inland position of w 
max 

(measured in kilometers from the shore) is noted under 

That these models give results having considerable agreement is 

not surprising since the parameterization of the surface boundary layer 

is nearly identical in all three. However, as noted in Chapter 2, the 

model presented here differs considerably in its assumptions concerning, 

and methods of integrating, the primitive equations over the grid. Thus, 

the relatively high degree of agreement between the three indicates that 

the mass conservation problems of the Estoque and McPherson models dis

cussed in Chapter 2 do not appear to affect noticeably the wind field 

in the first 12 hours of integration. 
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Table 3. Comparison of results from three separate sea breeze models. 

v (m s *") z (m) 
m m m 

w (cm s ) 
m 

z (m) x (km) 
m m 

t
m(h> m 

E 10 250 8 15 800 18-32 8 

M 6 250 10 70 1250 45 10 

B 7 230 9 40 1330 30-45 9 

In Figure 5 the change of wind direction with time due to the 

Coriolis force at a point 230 m above the coast is depicted. The veer

ing of the wind as predicted by an analytic, linearized theory of sea 

breezes (Haurwitz 1947) is clearly shown, but the variation is more ir

regular than linear theory predicts. The sea breeze hodographs in the 

Haurwitz theory are found to be ellipses. Although there are a great 

I 
many differences between the model presented here and the Haurwitz model, 

perhaps the most important difference in so far as the shape of the 

hodograph is concerned is the treatment of friction. In order to obtain 

an analytic solution, Haurwitz made the crude assumption that the fric-

tional force is opposite to, and proportional to, the wind velocity. In 

the numerical model presented here the eddy friction terms have a rather 

sensitive dependence upon the stability of the constant flux layer. 

That such a dependence on stability can lead to irregularities in the 

turning of the wind with time is best seen between hours 10 and 12. 
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Figure 5. Turning of wind with time in sea breeze experiment. 
-- Wind vectors are labeled by time in hours and are 
for a point ~ 230 m above the coast. 



As the surface temperature of the land decreases from its peak at the 

sixth hour, a point is reached between the 10th and 12th hour of inte

gration when the mode of convection over land switches from free to 

forced convection. Accordingly, the eddy exchange coefficient decreases 

markedly and the veering of the wind is more pronounced in this period 

due to the decrease of eddy friction. Variations in the horizontal 

pressure gradient with time may also play a role. Observational data 

show that such irregularities in the veering of the wind are a prevalent 

feature of sea breeze studies. However, factors such as an irregular 

coastline, orographic influences, release of latent heat during cloud 

formation, and the variability of the large scale motion make it ex

tremely difficult to analyze the underlying influences which determine 

the shape of a hodograph (Staley 1957, Hsu 1969). 

Although interesting and instructive, we will not pursue the 

analysis of this sea breeze test case further. The goal of this test 

case has been fulfilled in that the model has yielded results which are 
e 

in substantial agreement with those of existing sea breeze simulations. 

We are now able to approach the Mars problem, the solution of which is 

anything but well-known, with a high degree of confidence that the model 

results will have physical significance. 

Mars: Cases with an Isothermal Atmosphere 
Initially and No Radiative Heating 

We turn now to the investigation of the diurnal wind field in 

the vicinity of the Martian polar caps. Despite the vast amount of data 

dealing with the Martian surface and atmosphere which has been gathered 



in the last decade, our knowledge of the detailed atmospheric processes 

is still too meager to allow one to simply test one, definitive case. 

Instead, we must test numerous cases in which parameterized processes 

are varied within constraints that appear reasonable, and examine the 

resultant effects upon the circulation. To make this statement more 

concrete, consider the situation regarding the depth of the Martian 

surface boundary layer. No experimental data exist to allow us to choose 

a depth for the surface boundary layer. A theoretical analysis by 

Golitsyn (1971) using similarity theory of atmospheric boundary layers 

estimates the depth of the Martian surface boundary layer to be two to 

four times greater than that found on earth (which normally is stated 

to have a depth of 25-50 m). Thus, in this situation it would seem 

reasonable to run several model cases in which the only factor varied is 

the depth of the surface boundary layer and thereby observe the sensi

tivity of the flow to this parameter. We first examine a case in which 

the surface boundary layer has a depth of approximately 125 m. Then we 

examine cases in which the depth is selected to be double and half of 

this value. 

Case 1-a 

In this case the atmosphere is initially isothermal at 150 K, 

which is also the surface temperature at t = 0. The pressure at the top 

of the grid is set at the constant value of 1 hPa, while the surface 

pressure, as in all cases, takes on the uniform value of 5 hPa initially. 



The depth of the surface boundary layer, as stated above, was ~ 125 m. 

The radiative heating terms, Q and Q , which appear in Equation (2-11) 
s p 

were neglected in the cases to be discussed in this section. 

Figures 6 and 7 show the wind fields developed two hours and six 

hours after t = 0. Beyond six hours the circulation weakens and becomes 

more horizontal as in the earth sea breeze experiment. While the circula

tion depicted in these figures has obvious similarities with the earth 

sea breeze of the previous section, perhaps the most striking difference 

is the strength and depth of the circulation. Only two hours after 

starting from rest, wind speeds on the order of 5 m s-"'" have developed. 

Not only is the circulation deeper than in the sea breeze case, it also 

encompasses a broader horizontal area. The position of the maximum upward 

velocity, w, has moved about 90 km inland approximately six hours after 

t = 0. Also, at about six hours the v- component reaches its maximum 

of 25 m s ̂  thirty kilometers inland at an altitude near 760 m. Since 

the surface temperature gradient across the cap edge reaches its maxi

mum approximately six hours after t = 0, it is apparent that the Martian 

atmosphere responds more quickly to the thermal forcing than the earth's 

atmosphere where maximum wind speed lagged the maximum surface tempera

ture gradient by three hours. 

In order to obtain an understanding of the difference between 

the earth and Mars experiments with respect to lag time of maximum wind 

speed relative to time of maximum surface temperature gradient, we may 

2. By "inland" in connection with the Martian experiments we 
shall mean over the bare ground, as opposed to over the polar ice cap. 
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Figure 6. Flow pattern in case 1-a after two hours. 
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use the simple sea breeze theory developed by Haurwitz (1947). Haurwitz 

used the circulation theorem to solve for the mean value of velocity, 

V, along a closed path of integration of length L (Figure 8). He assumed 

a frictional force opposite to, and proportional to, the wind velocity. 

As shown in Figure 8, the path of integration is chosen to consist of 

an over-water (or ice) vertical with mean temperature T, , an isobar p , 
b 1 

a vertical over bare ground with mean temperature T , and a near surface 

isobar pQ. The temperature difference, - T^, is specified to vary 

sinusoidally in time with a period equal to that of the earth's rotation. 

His results show that the time lag between the occurrence of maximum 

temperature difference and maximum sea breeze intensity depends on the 

magnitude of the coefficient of friction. If the friction coefficient 

is set equal to zero, V attains its maximum six hours after Tg -

reaches its maximum. With increasing friction, the time lag between 

maximum of sea breeze intensity and the maximum of T - T, decreases. 
a b 

The equations with which Haurwitz deals are greatly simplified 

from those with which we deal in this numerical model. The numerical 

model contains an internal, eddy type frictional force rather than a 

frictional force directly proportional to wind velocity, but both fric

tional forces have the same over-all effect upon the flow, namely, the 

dissipation of kinetic energy. Therefore, we anticipate that increases 

in the magnitude of the eddy viscosity should affect the phase lag be

tween maximum wind speed and maximum temperature difference in the same 

manner as increases of the coefficient of friction, k, have in the 

Haurwitz model. 
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Figure 8. Path of integration used by Haurwitz (1947). 
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In the numerical model it is the surface temperature which is 

specified rather than - T^. Thus, in the model the time at which 

T - T. reaches a maximum depends on the rapidity with which the surface 
a b 

temperature wave is transmitted to the atmosphere and upon the flow 

itself, as well. Calculations dealing with the propagation of the 

surface temperature wave into the atmosphere have a long history. If one 

neglects the advection of the flow, the solution for the diurnal varia

tion of temperature near the ground depends upon the vertical profile of 

eddy diffusivity. The general trend is such that greater coefficients 

of eddy diffusivity lead to a shorter lag between time of surface tempera

ture maximum and time of temperature maximum at some level z. With this 

in mind, we can now begin to tie the threads of our reasoning together. 

The eddy coefficient tends to be one to two orders of magnitude larger 

in the Martian cases over bare ground during midday as compared to the 

earth case over land at midday. Thus, we expect the following conditions 

to hold: 

1. There should be less lag between the time T_ - T reaches its 
a b 

maximum and the time of maximum wind speed in the Mars cases 

compared to the earth case due to the larger Martian eddy 

viscosity. 

2. There should be less lag between the time at which the surface 

temperature gradient reaches a maximum and the time at which 

Tfl - T^ is a maximum in the Mars cases as compared to earth 

because of the larger Martian eddy diffusivity. 

/ 
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Thus, the larger momentum damping and the quicker propagation of the 

surface temperature wave both act to move the time of maximum wind speed 

on Mars closer to the time of maximum surface temperature gradient. With 

this understanding, we now return to case 1-a. 

In Figure 9 the turning of the wind with time is shown for a 

3 
point 435 m above the cap edge. The wind backs rather than veers in 

this case, of course, because the Mars cases are for the Southern 

Hemisphere (65S) so that the Coriolis force acts to deflect the flow to 

the left of the direction of motion. The turning of the wind here is 

obviously more regular than in the earth case presented in Figure 5. At 

the coast, the convective mode in the sea breeze model switched from 

free to forced between the 10th and 12th hour, while in the Mars case 

this transition occurred between the 8th and 10th hour at the cap edge. 

Table 4 shows the values of the Richardson number and the eddy coeffi

cient during these periods of convective mode changes. The values of 

the eddy coefficient in this table are given at the lowest grid point 

above the interface (either water-land or ice-land) and the Richardson 

number given applies to the surface boundary layer. 

From Table 4 it is apparent that during the period when the con

vective mode switches from free to forced, the stability increase (and 

corresponding percentage decrease in the eddy coefficient) is considerab

ly greater in the earth case. As stated in the previous section, it is 

this large percentage decrease in the eddy coefficient which accounts 

for the large veering between the 10th and 12th hour in Figure 5. 

3. Here we adopt the internationally accepted usage that defines 
backing as a counterclockwise turning of the wind, and veering as a clock
wise turning of the wind in either hemisphere (Huschke 1959). 



Figure 9. Turning of the wind with time at a point ~ 435 m 
above the cap edge. -- Wind vectors are labeled by 
time in hours (h ~ 125 in) . 
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Table 4. Richardson numbers and eddy coefficients during periods of 
convective mode change for sea breeze and Mars experiments. 

Earth Mars 

hr Ri K(m^ s hr Ri 
2 -1 

K(m s X) 

10 

12 

-0,28 25 

+0.39 7.3 

8 

10 

-0.18 

+ .02 

550 

280 

Cases 1-b and 1-c 

We now investigate experiments in which the only change in ini

tial conditions from case 1-a is the depth of the surface boundary layer. 

Figure 10 shows the wind field at the time of its maximum development, 

(six hours after t = 0) with a surface boundary layer of depth ~ 250 m, 

which is double that of case 1-a. While the circulation in this experi

ment (case 1-b) has a qualitative similarity to that in case 1-a, there 

are interesting and significant differences. First, the maximum v-

component of the wind is ~ 19 m s * near a height of 890 m at a grid 

point 15 km inland. This is only about 80 percent of the maximum wind 

speed reached in case 1-a. But more importantly, the equatorward pene

tration of the circulation is markedly less in case 1-b as compared to 

case 1-a. The circulation in Figure 10 achieves its maximum vertical 

velocity in the region 45-60 km inland, and rapidly diminishes in 

strength further inland. If this pattern is to hold, we would expect 
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that when the depth of the surface boundary layer is decreased from that 

in case 1-a the circulation will penetrate further inland after six hours 

than in Figure 7. This is shown to be true in Figure 11 where the wind 

field after six hours is shown for case 1-c in which the depth of the 

surface boundary layer is only ~ 60 m. The strength of the flow is not 

markedly different from the two previous cases. Primarily it is the 

dependence of the degree of inland penetration by the circulation upon 

the surface boundary layer depth which requires explanation. 

In order to gain some understanding for the reason behind this 

type of dependence upon the surface boundary depth, we first must examine 

which parameters in the model depend directly upon the depth of the 

surface boundary layer. Perhaps the most importantly affected parameter 

is the eddy exchange coefficient. The eddy exchange coefficient, 

described by Equations (2-28) to (2-30), increase with height within 

the surface boundary layer. Thus, the magnitudes of the turbu

lent momentum and heat transfer terms are affected by the variation of 

surface boundary layer depth. In Table 5 the magnitude of the eddy co

efficient at the top of the surface boundary layer is shown for a point 

15 km inland after six hours for cases 1-a, 1-b, and 1-c. 

As is evident from Table 5, the turbulence developed in case 1-b 

is more capable of dissipating momentum than that developed in case 1-c. 

However, the fact that the wind speeds developed in these two cases are 

not markedly different indicates that turbulent transfer of momentum is 

not the major mechanism responsible for the differences in inland pene

tration of the circulation. The variation in magnitude of the eddy 
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Figure 11. Flow pattern in case 1-c after six hours. 
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Table 5. Values of the eddy coefficient at the top of the surface 
boundary layer. 

K(m^ s *) 

Case 1-a (h ~ 125 m) 940 

Case 1-b (h ~ 250 m) 1800 

Case 1-c (h ~ 60 m) 430 

coefficient with surface boundary layer depth also varies the magnitude 

of the turbulent transfer of heat. In varying the magnitude of the 

turbulent heat transfer term, in the thermodynamic equation, one is 

varying the relative importance of advection to sub-grid scale turbulence 

in determining the local temperature. The importance of turbulent heat 

transfer as compared to advection should be relatively greater when 

h ~ 250 m (case 1-b) compared to when h ~ 60 m (case 1-c). Thus, low 

level cold air advection off the polar cap should have less effect upon 

the temperature structure over the adjacent bare ground in case 1-b than 

in case 1-c. This situation offers promise of explaining why the degree 

of inland penetration by the circulation depends on boundary layer depth 

and we will now pursue this line of thought further. 

Figures 12-14 show the amount of change in potential temperature 

which has occurred approximately six hours after t = 0 for cases 1-a, 

1-b, and 1-c. The atmosphere was isothermal initially in each of these 
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Figure 12. Potential temperature change six hours after t = 0 in 
case 1-a. 
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cases and the initial potential temperature distribution is shown 

towards the left hand side of each figure. Recall that the surface 

temperature of the bare ground has increased by 40 K six hours after its 

initial value of 150 K. Note that in Figure 12 the potential temperature 

at the top of the surface boundary layer (h ~ 125 m) has increased by 

35 K after six hours at a point 30-45 Ion inland. The warming at points 

closer to the cap edge has not been so marked due to low level advection 

of cold air off the polar cap. Figure 13 supplies the equivalent in

formation for case 1-b in which h ~ 250 m. Note that the potential 

temperature at the top of the surface boundary in this case has increased 

by 35 K after six hours at a point only 15 km away from the cap edge. 

Thus, the turbulent heat transfer from the surface in this case is very 

strong, with cold air advection having a negligible influence on the 

potential temperature distribution beyond about 60 km inland. Finally, 

in Figure 14 the potential temperature change field for case 1-c is 

depicted. A potential temperature increase of 35 K at the top of the 

boundary layer does not occur over the bare ground in this case until 

one is 75 km away from the cap edge. Here cold air advection at low 

levels is playing a very significant role in determining the potential 

temperature distribution inland from the cap edge a distance of 100 km 

or more. 

We now have very convincing evidence for our earlier speculation 

that variations in the relative importance of the turbulent heat transfer 

to advective terms in the thermodynamic equation account for the varia

tions of inland penetration by the circulation. In case 1-b the 



turbulent transfer of heat from the surface is strong and the horizontal 

atmospheric temperature gradient remains greatest near the cap edge in 

spite of the advection of cold air. In case 1-c turbulent heat transfer 

is relatively weaker and the position of the maximum atmospheric tempera

ture gradient moves inland with time. Since it is the horizontal 

temperature gradient which drives the circulation under study, we now 

have reached a good understanding of why the circulation advances further 

inland in case 1-c than in case 1-b. 

Beyond helping to explain the varying degrees of inland penetra

tion by the circulation in these experiments, Figures 12-14 contain a 

considerably number of other interesting points. In each case the atmos

pheric lapse rate over bare ground is superadiabatic within the surface 

boundary layer, and has an overlying nearly adiabatic region extending 

to a considerable height before the lapse rate becomes increasingly more 

stable. Also, in each experiment a region appears at high altitudes over 

the bare ground in which the potential temperature has decreased by at 

least 5 K over its initial value. This decrease in potential temperature 

has its origin in the vertical advection of potential temperature term, 

-a i which appears on the right hand side of the thermodynamic equa

tion (Equation 2-11). At low levels over the bare ground the atmosphere 

has a nearly adiabatic lapse rate, so this term is small in comparison 

to the turbulent heat flux term which is strong at low levels. At high 

levels over land the atmosphere becomes stable and the rising motion 

advects air of relatively low potential temperature upward, thereby 

leading to a local decrease in potential temperature. Another point of 
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interest is the extension, or bulging, over the polar cap of the 5 K and 

10 K lines in Figures 12-14. This indicates the development of a tempera

ture inversion over the ice cap six hours after t = 0. This temperature 

inversion originates from the subsidence which is occurring over the ice 

cap. 

Mars Experiments with Radiative 
Transfer Included 

We now investigate numerical experiments in which the radiative 

heating term, Q , due to planetary radiation and the term, Q , due to 
P s 

direct absorption of solar radiation are retained in the thermodynamic 

equation. We are primarily concerned with learning whether these radia

tive terms are capable of altering the thermal field significantly 

enough to change the nature of the flow from that which occurs when they 

are neglected. 

The first case to be examined is identical to case 1-a of the 

previous section except for the inclusion here of the radiative terms. 

Thus, an initial isothermal atmosphere is assumed with a constant pres

sure of 1 hPa at the top of the grid and a surface boundary layer depth 

of ~ 125 m. The result of integrating this model forward 12 hours and 

comparing the wind field at various times with those in case 1-a showed 

that the inclusion of the radiative heating terms in the thermodynamic 

equation had a negligible effect upon the flow in this case. Since the 

short radiative response time of the Martian atmosphere is a much dis

cussed. topic in the literature, this result is somewhat surprising and 

requires thorough examination. 
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Figure 15 shows the heating rate due to planetary radiation 

versus height at t ~ 6 hours above points 15 km either side of the cap 

edge, and also shows the vertical heating rate distribution due to ab

sorption of direct solar radiation. The distribution of heating rate due 

to planetary radiation above a point 15 km inland shows strong radiative 

warming at low levels and radiative cooling aloft. By monitoring each of 

the four terms which make up Equation (2-23), it is possible to see which 

term(s) are dominant in determining the magnitude of Q^. If we label the 

four terms on the right hand side of Equation (2-23) as Q^, Qg> and 

Q. then we may write (2-23) as 
4 

Q
p » Qi + Q2 + Q3 + q4 > (3-1) 

where 

on Ilo Pq< 
Qx =-^ [B(T ) - B(T*)] , (3-2) 

Qo [B(T.) - B(T) ] (3-3) 

\ % W + D vr 

2gC na + PT 

%X^ + D x% 

-2gC 
+ pT 

+ D % 
Y2 

-RC lb + PT . 

Q o  = —  Z [B(T) - B(T„)] , (3-4) 

Q, = — B(T ) . (3-5) 
Z + D Z T 

The parameters W, X, Y, and Z have previously been defined following 

Equation (2-23). In Figure 16 the distribution of Q^, C^, Qg and 
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above a point 15 km inland after six hours is shown. The strong radia

tive heating rate at low levels above this point that appears in Figure 

15 is seen in Figure 16 to be primarily due to the term Q^. The strong 

superadiabatic lapse rate within the surface boundary layer over bare 

ground and the advection of cold air off of the polar cap result in B(T^) 

being significantly smaller than B(T ) in term Q . At this point the 
O . X 

reader may wish to refer forward to Figure 20a which shows the tempera

ture profiles above points 15 km either side of the cap edge after six 

hours. The bare ground temperature at this time is 190 K. In Appendix 

B we made note that B(T^) is evaluated by use of the temperature at the 

lowest row of grid points above the surface, while B(T ) is evaluated 
S 

using the surface temperature. In Appendix D we will examine the degree 

of validity of this and other approximations made in developing our 

method of calculating heating rates due to planetary radiation. 

The radiative cooling present in Figure 15 at high elevation 

above a point 15 km inland is seen in Figure 16 to be due primarily to 

the term Q^. The absolute magnitude of this term increases with height 

because the optical depth of intervening gas preventing direct emission 

to space decreases with height. Figure 15 also shows that radiative 

cooling is occurring at all heights above a point 15 km away from the 

polar cap edge over the ice. In Figure 17 the distribution of Q^, Q^, 

Q3> and above this point is plotted. Again, near the surface is 

the dominant term while at high altitudes the dominant term is Q^. 

3. What actually is plotted is Q^, C^, Q^, and divided by 
c and multiplied by the length of a day in seconds, thereby giving 
heating rate in degrees per day. 
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However, there is a temperature inversion over the polar cap at this 

time (again, refer forward to Figure 20a and recall that the ice cap is 

fixed at 150 K), so that B(T.V) > B(T ) in term Q , which explains why 

radiative cooling is occurring at low levels over the polar cap while 

radiative heating is occurring at low levels over the bare ground. 

Finally, Figure 15 displays the heating rate versus height due 

to direct absorption of solar radiation. The latitudinal dependence of 

this term was neglected since the full horizontal extent of the grid 

covers only about ten degrees of latitude. Thus, Q , as given by 

Equation (2-25), is time dependent since the cosine of the zenith angle 

varies throughout the day, but the same Qg distribution is assumed over 

the polar cap as over bare ground at any given time of day. 

We now have a reasonably good understanding of the factors de

termining the shapes of the heating rate curves in Figure 15, but we 

still have not addressed ourselves to the question of why the radiative 

transfer terms had a negligible effect upon the flow in the case under 

consideration. The radiative heating rates shown in Figure 15 are im

pressively large by terrestrial standards. But insofar as the flow is 

concerned, it is the relative magnitude of these terms (Q and Qg) 

compared with the other terms on the right hand side of the thermodynamic 

equation (2-11) which is of utmost importance. For case 1-a of the 

previous section it was shown in Figure 12 that far inland over the bare 

ground after six hours the atmosphere at low levels had wanned ~ 35 K 

over its initial value. This warming results from turbulent heat trans

fer from the surface. Thus, an estimate of the average heating rate at low 
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levels over bare ground during this period due to turbulent heat transfer is 

A0 35 K ,, ̂ „ , -1 
— ~ 140 K day 
At — 6 hr — J 

It is now apparent that radiative transfer is capable of affect

ing only very minor changes in the temperature field at low levels over 

the bare ground. That is, radiative transfer is able to modify the 

strong baroclinic zone created by differential heating near the cap edge 

by only an insignificant amount during the period of integration. At 

lower Martian latitudes, where the mean surface temperature is greater 

and the amplitude of the diurnal surface temperature wave larger, the 

relative importance of radiative to turbulent transfer in determining 

the propagation of the atmospheric temperature wave may very well be 

different from what is found here. 

Mars: Cases with Low Level 
Inversions Initially 

In the previous Mars experiments which we have discussed the 

atmosphere in each case was assumed to be isothermal initially. Now two 

experiments in which low level inversions of differing strengths were 

assumed initially will be discussed. Above the peak of each inversion 

the temperature was assumed to decrease linearly with cr at the same rate. 

Just above the peak of the inversion the lapse rate is ~ 3.75 K km \ 

while near the top of the grid in these cases the initial lapse rate is 

~ 1.0 K km \ Above the inversion layer in these cases the initial 

static stability is less than that in the cases with an initial isothermal 
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atmosphere. This decrease in the static stability at upper levels in 

itself should tend to allow the development of stronger circulations. 

However, the presence of a low level inversion inhibits the turbulent 

heat transfer from the surface to the atmosphere, and hence, inhibits 

the development of the baroclinic zone responsible for the circulation. 

Figure 18 shows the wind field at t ~ 6 hours for a case in 

which a relatively weak low level inversion was assumed initially. The 

assumed initial temperature profile is shown on the right hand side of 

this figure. The strong surface heating of the bare ground causes the 

temperature inversion over land to be eliminated quickly. The result

ing circulation is very similar to those developed in the cases with an 

initial isothermal atmosphere. 

In Figure 19 the flow pattern at t ~ 6 hours is depicted for a 

case in which a strong low level inversion was specified initially. The 

circulation is much weaker in this case as compared to the previous one 

(note that the scale in Figure 19 differs from that in Figure 18). 

Again, the initial temperature profile used in the experiment is shown 

on the right hand side of the figure. In this case, a considerable 

amount of surface heating must occur before the strong temperature in

version over bare ground can be broken down. The vertical flux of 

sensible heat due to turbulent transfer may be written as 

H = - pc K(-^— +r ) , 
H P &z ' 

(3-6) 
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where r is the adiabatic lapse rate. The sensible heat flux is not 

directed upward from the surface until a superadiabatic lapse rate has 

developed within the surface boundary layer. Thus, the upward transport 

of heat from the surface is limited to a shorter time period in this ex

periment than in the previous ones due to the stronger low level inver

sion. 

But, even more directly to the point as to why the circulation is 

weaker in this case is the fact that the horizontal atmospheric tempera

ture gradients which develop are much weaker than those of previous 

cases. This traces back to the fact that the atmosphere above the polar 

cap is considerably warmer in this case than in the previous ones, so 

that the atmospheric warming over the bare ground is unable to generate 

the strong horizontal temperature gradient present in previous cases. 

This situation is clearly evident in Figure 20a and Figure 20b. 

Figure 20a shows the vertical profiles of absolute temperature after six 

hours above points 15 km either side of the cap edge. These profiles 

were taken from case 1-a of the previous section. Figure 20b shows the 

same quantities for the case of a strong low level inversion that we are 

examining. It is apparent that a much stronger baroclinic zone exists 

near the polar cap edge in the experiment having an isothermal atmosphere 

initially (case 1-a) as compared to the case with the strong inversion. 

Putting this in terms of the linear theory developed by Haurwitz, 

T - T. is considerably larger for the case depicted in Figure 20a, so 
a b 

that a stronger circulation should result. 
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In these experiments which have low level inversions it was found 

that radiative transfer played a minor although detectable role in modi

fying the circulation. The maximum wind speed achieved in the case with 

a strong inversion was 5.1 m s * without radiation, and 6.4 m s ^ with 

the radiative transfer terms included. Figure 21 shows the heating rate 

profiles for this strong inversion experiment. Infrared transfer within 

the 15 (im CO^ band is giving rise to radiative cooling at low levels over 

the polar cap six hours after t = 0. The primary factor contributing 

to this cooling is radiative exchange between the cold surface and the 

overlying warmer air (see Figure 20b). At low levels over bare ground, 

radiative heating is small since the surface temperature is not far 

different from that of the nearby atmospheric layers. Direct emission 

to space again leads to cooling aloft. 
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CHAPTER 4 

DUST LIFTING CAPABILITY OF THE 
MARTIAN POLAR WINDS 

As mentioned in the Introduction, there exists considerable 

interest in determining whether the polar winds on Mars are capable of 

generating local dust storms or not. In order to answer this question 

one needs to know the magnitude of the stress induced upon the surface by 

the wind and knowledge of the surface properties is also required. 

Bagnold (1941) conducted extensive theoretical and experimental 

studies on the movement of desert sand by the wind. He found that a 

threshold value of friction velocity, must be achieved before sand 

grains of a diameter d can begin to move along the surface (the surface 

2 
stress, t , is related to the friction velocity by t = pû ). Bagnold 

s s 

gives the expression 

grain, p is the atmospheric density, and A is a dimensionless parameter, 

the value of which is primarily a function of the Reynolds number, Re. 

The Reynolds number for flow past the grain is 

u*t " A[^gd]% , (4-1) 

for this threshold friction velocity. Here p is the density of the sand 

* 
Re = , 

v 
(4-2) 
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where v is the kinematic viscosity. Experimental measurements show that 

the quantity A in (4-1) is nearly a constant for Re > 3.5, so that 

increases as the square root of the grain diameter. However, when 

Re < 3.5 the parameter A increases markedly with decreasing Reynolds 

number. This dependence upon Reynolds number can be explained in terms 

of classical fluid dynamics (Goldstein 1938, pp. 311, 376). When 

Re > 3.5 the grains are able to shed the tiny eddies which develop on • 

their lee faces. But when Re < 3.5 the grains are no longer capable of 

shedding these eddies and a semi-viscous non-turbulent fluid layer clings 

to them. Consequently, a relatively greater shear stress is needed to 

initiate grain motion when Re < 3.5. 

Ryan (1964) and Sagan and Pollack (1969) utilized the work of 

Bagnold for extrapolation to Martian conditions. Some of the details 

of Ryan's article are no longer entirely applicable since at the time of 

its publication the Martian surface pressure was believed to be near 

80 hPa. Here we reproduce in Figure 22 the curve taken from Sagan and 

Pollack (1969) for u^ as a function of grain particle radius. The ex

pected characteristics appear in this diagram, namely, beyond a certain 

critical particle size uA increases roughly as the square root of the 

radius, while below this critical particle size increases with de

creasing particle radius. From Figure 22 it is apparent that as one 

increases uA from zero, the first grains to begin moving on the surface 

will be those having a radius of about 300 (j,m. If particles of this size 

are absent, the friction velocity will have to be increased in order to 

initiate motion. Once grains first begin to move they tend to be lifted 
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a short distance above the surface and follow ballistic trajectories 

causing them to impact with other grains on the surface. The momentum 

exchanged during such impacts can cause particles of very small radii to 

be lifted from the surface even if the friction velocity present is in

capable of moving these particles directly. These small particles have 

then broken the "aerodynamic surface tension barrier" discussed above, 

and may be carried to considerable heights by the wind. 

The values of the parameter A in (4-1) were measured experi

mentally by Bagnold and others using carefully sorted sand grains. As 

noted by Bagnold (1941, p. 90), accurate measurements for the very small 

particles for which Re < 3.5 are difficult. First, it is difficult to 

obtain a sufficient quantity of these small particles of a uniform size 

and, secondly, these small particles strongly adsorb moisture and a co

hesive film results which tends to mask the aerodynamic results being 

sought. In converting Bagnold's data to Martian conditions, Ryan (1964) 

and Sagan and Pollack (1969) assumed that for a given Reynolds number 

A , = A . The validity of this assumption depends, of course, on 
earth mars J 

how applicable the terrestrial experimental measurements are to Martian 

surface conditions. Observational results to date show the Martian 

surface to strongly resemble our terrestrial deserts, so that on this 

score one might expect the Bagnold data to be directly applicable. But 

the possibility exists that terrestrial measurements of A for small 

particles have been significantly affected by the cohesive effects of 

adsorbed moisture. Adsorption effects would be greatly reduced on Mars 

since its atmosphere is practically devoid of water vapor. In a recent 
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review article Gierasch (1974) has noted several other effects which 

might make the Martian dust lifting criteria differ from that on earth 

and he emphasizes the need for new experimental data. 

With these reservations clearly stated, we now proceed to 

utilize the existing theory for Martian dust mobility in order to esti

mate whether the polar winds generated in the various model cases pre

sented here are potentially capable of lifting dust from the Martian 

surface. If we know u.t (or the surface stress) we can use Figure 22 to 

see which particles, if any, may be moved by this stress. However, 

friction velocity is not one of the quantities which is directly calcu

lated in the model. We do have the wind velocity at the top of the sur

face boundary layer and the Richardson number within the surface boundary 

layer. With this information, and selection of a functional form for the 

wind profile within the surface boundary layer, we can calculate the 

friction velocity. As a first approximation, let us assume that the 

logarithmic profile holds within the surface boundary layer at the time 

of wind speed maximum. This is only strictly true for neutral conditions 

(i.e., Ri = 0). In most of the model cases, except the one with an 

initial strong low level inversion, the wind speed at the top of the 

surface boundary layer reached a maximum of about 20 m s \ The logarith

mic wind profile is 

* / 
U(z) = An z/zQ, (4-3) 
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2 2 
where U(z) is the magnitude of the wind (= /~u + v ) at a height z above 

the surface. In order to be consistent with the numerical model, z is 
o 

set equal to 1 cm. By setting z equal to the depth of the surface 

boundary layer, h, and letting U(h) = 20 m s \ we can solve (4-3) for 

the friction velocity. Table 6 shows the results of such a calculation 

for cases in which the surface boundary layer depth is 60, 125, and 250 m, 

which are the values selected for cases 1-a/l-c of the previous chapter. 

Also shown in Table 6 are the values of Uc(h) which are the critical wind 

speeds necessary at the top of the boundary layer to just initiate move

ment of sand grains having a radius of ~ 300 (j,m. 

Table 6. Friction velocities, given 20 m s wind at height h, and 
critical wind speeds required to move dust. 

Mm) u*(m s 1) 
Uc(m S_1) 

60 0.80 93 

125 0.74 101 

250 0.69 108 

As is apparent from Table 6, 20 m s winds at the top of the surface 

boundary layer are incapable of initiating grain movement in any of the 

cases considered. These calculations may be made more realistic by 

taking into account the fact that at the time at which the wind speed 



reaches a maximum the surface boundary layer normally has an unstable 

stratification. In fact, model results show that the Richardson number 

typically has a magnitude of ~ - 0.25 within the surface boundary layer 

at the time and location of maximum wind speed. The so-called 'KEYPS' 

profile is a theoretical relationship describing the wind profile within 

the surface boundary layer during unstable, as well as neutral, 

stratification. The 'KEYPS' profile may be written as (Sellers 1965, 

pp. 153-154) 

(1 - b Rlf* . (4-4) ' 
ft 2/z^ 

Here AU represents the difference in wind speed between points at height 

and height z^ [i.e., AU = U(z£) - u(z^)] and b represents an empiri

cal constant taken equal to 18. If we let equal the height of the 

surface boundary layer and z^ equal the roughness length (the wind speed 

is assumed to go to zero at z = Zq), then (4-4) may be written as 

u* h -%• 
U(h) = [— An -g-] (1 - b Ri) * . (4-5) 

o 

When Ri = 0, (4-5) reduces to the logarithmic wind profile. Thus, the 

KEYPS profile represents modification of the logarithmic wind profile 

by the factor (1 - b Ri) Taking Ri = - 0.25 has the effect of multi

plying each of the U£ values in Table 6 by a factor of 0.65, resulting 

in Uc having magnitudes between 60 and 70 m s \ Thus, winds of 20 m s"^ 

at the top of the surface boundary layer come somewhat closer to being 
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able to initiate dust movement when the KEYPS profile is used, but they 

still are far too weak. 

Therefore, unless the curve presented in Figure 22 grossly mis

represents actual Martian conditions, we can be confident that the polar 

winds generated by the numerical model are incapable of lifting dust. 

Of course, that is not to say that these winds will play no role whatso

ever in the dust lifting process. Several factors have been omitted in 

the numerical model which may be of great importance insofar as dust 

lifting is concerned. First of all, recall that the atmosphere was 

assumed to be at rest initially. This neglect of the synoptic scale 

proved useful in that it allowed us to isolate the effects of the di-

urnally varying surface temperature gradient. However, when calculating 

the possibility of dust lifting one would certainly wish to retain the 

synoptic scale winds. Orographic effects may also have profound influ

ence on the wind field and, therefore, on the question of dust mobility. 

Thus, more realistic calculations of Martian dust lifting must await 

future research. The calculations presented in this chapter were only 

intended to ascertain whether the polar winds under study were, in and 

of themselves, strong enough to lift dust. 



CHAPTER 5 

SUMMARY 

In this dissertation a numerical model has been developed and 

utilized for investigating the nature of Martian atmospheric dynamics in 

the vicinity of the polar ice caps. Only our recently acquired wealth 

of information about Mars, derived primarily from the Mariner missions, 

has warranted such a detailed study of a feature of Martian mesoscale 

dynamics. Of course it must be emphasized that this research represents 

a diagnostic study of certain physical processes which are of potential 

importance in the vicinity of the Martian polar caps, rather than an 

attempt to precisely forecast local Martian weather. 

Each of the preceding chapters is to a large extent self-

contained so that the need for a detailed summary is minimal. Here we 

restrict ourselves to briefly summarizing only those items believed to 

constitute the major results of this research. The final portion of this 

chapter is devoted to suggestions for future work. 

Results 

The diurnal circulation in the vicinity of the Martian polar 

ice caps was found to be deeper and stronger than its terrestrial counter

part, the sea breeze. This is primarily due to the fact that the thermal 

driving force arising from the diurnally varying surface temperature 
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gradient is considerably larger in the Mars case. In those experiments 

in which the early morning temperature profile was either isothermal or 

contained only a weak inversion, there was development by mid-afternoon 

of a deep, nearly adiabatic layer over the bare ground and a subsidence 

inversion over the polar ice. Over bare ground the stratification within 

the surface boundary layer quickly becomes unstable after sunrise (t = 0) 

and remains so until about three hours after the time of surface tempera

ture maximum. The eddy coefficients developed in the Mars experiments 

were typically one to two orders of magnitude greater than those appear

ing in the earth sea breeze test case. 

In the sea breeze experiment, which was run as a test of the 

model, the maximum wind speed occurred approximately three hours after 

the time of maximum surface temperature gradient. This agrees favorably 

with sea breeze observations which frequently show a late afternoon wind 

speed maximum. In the Martian numerical experiments, however, there was 

much less lag between the time of surface temperature gradient maximum 

and wind speed maximum. This can be attributed to the larger Martian 

eddy viscosities and diffusivities (the eddy coefficients for heat and 

momentum were taken to be equal). First, with the aid of Haurwitz1 

(1947) sea breeze theory we noted that increasing the eddy viscosity 

should have the effect of moving the time of wind speed maximum closer 

to the time at which the horizontal atmospheric temperature gradient is 

a maximum (e.g., time at which T - T. is a maximum in the Haurwitz 
a b 

model). Secondly, increasing the eddy diffusivity should have the effect 

of moving the time at which the average atmospheric temperature gradient 



in the horizontal is a maximum closer to the time of surface tempera

ture gradient maximum. These two effects therefore result in reducing 

the amount of lag time between surface temperature gradient maximum and 

wind speed maximum. 

One experiment was conducted in which a very strong low level 

inversion was assumed to be present initially over both the bare ground 

and the ice cap. Just above the top of the inversion the lapse rate 

was ~ 3.75 K km \ while near the top of the grid it was ~ 1 K km \ It 

was found that this inversion had the effect of greatly diminishing the 

strength of the circulation. Throughout most of the morning the over

lying inversion prevented upward transfer of heat from the bare ground 

to the atmosphere, and thereby inhibited the development of a strong 

baroclinic zone. 

The depth of the surface boundary layer in this model must be 

specified rather than determined by the dynamics. This may very well 

represent a weakness of the model, but it is a weakness which is only 

now beginning to be partially understood and remedied in studies of the 

terrestrial atmosphere. By means of similarity theory arguments, 

Golitsyn (1971) estimates the depth of the Martian surface boundary layer 

to be two to four times greater than that of the earth. In view of 

this uncertainty as to surface boundary layer depth, it was deemed 

appropriate to run sensitivity studies in which the only parameter varied 

was the boundary layer depth. Therefore, experiments were run in which 

the surface boundary layer depth was chosen at approximately 60, 125, 

and 250 m. Although there was some dependence of circulation strength 



upon surface boundary layer depth, it was found to be of minor signifi

cance. The most striking effect varying the boundary layer depth had 

was upon the degree of inland penetration by the circulation. (By 

'inland® in this context we mean over the bare ground, as opposed to 

over the ice cap.) The least inland penetration of the circulation 

occurred in the case with h ~ 250 m, while the case with h - 60 m had 

the furthest degree of inland penetration. Further, a front analogous 

to the familiar terrestrial sea breeze front was most clearly discern

ible in the case with h ~ 60 m. This type of behavior can be traced to 

variation in the relative importance of advection to eddy heat transfer. 

The eddy coefficient increases in magnitude and the eddy heat transfer 

term in the thermodynamic equation becomes relatively more important 

as the depth of the surface boundary layer increases. Thus, in the case 

with h - 250 m, cold air advection off the ice cap is of importance 

only very near the cap edge. Strong mixing of the warmer air over the 

bare ground is the primary factor controlling the temperature profile. 

Thus, in this case the location of maximum atmospheric temperature gradi

ent in the horizontal remains near the cap edge, and therefore the 

circulation does not penetrate inland significantly. When h - 6© in 

cold air advection off the ice cap plays a relatively greater role in 

determining the temperature profile over the bare ground adjacent to the 

cap edge. The location of the maximum horizontal atmospheric tempera

ture gradient is advected inland with time. As a result the entire 

thermal cell comprising the flow moves inland as the day progresses, 

being led by a narrow frontal zone. 
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The low atmospheric density and high concentration of infrared 

active COg results in a short radiative response time for the Martian 

atmosphere. In order to see if radiative heating was capable of affect

ing the atmospheric dynamics under study, experiments were performed in 

which the radiative heating terms were included in the thermodynamic 

equation. Then additional experiments were performed in which the only 

change made was the neglect of the radiative terms. At Martian atmos

pheric temperatures the 15 jj,m band of CC^ is by far the dominant absorp

tion band insofar as infrared transfer of planetary radiation is con

cerned. When calculating radiative heating due to direct absorption of 

solar radiation the three principal bands of CC^ (15, 4.3, and 2.7 (j,m) 

and three weak bands (2.0, 1.6, and 1.4 |im) were taken into account. 

Direct absorption of solar radiation produced only weak heating rates 

on the order of a few degrees per day. On the other hand, radiative 

transfer of planetary radiation was found to be capable of yielding 

strong heating rates. For example, in one experi^.ant a heating rate of 

« - 20 K day ^ occurred near a strong low level inversion over the polar 

cap (negative numbers indicating cooling), while in another experiment 

low level radiative heating at a rate of ~ 15 K day * occurred when cold 

air was advected over warm soil. But in spite of these occurrences of 

rather impressive radiative heating rates, it was found that atmospheric 

radiative transfer had an insignificant effect upon the dynamics. The 

dynamics are controlled by the intense baroclinic zone which is generated 

in the vicinity of the polar cap edge. The temperature of the bare 

ground increases from 150 K at t = 0 to 190 K after approximately six 
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hours, resulting in vigorous eddy heat transfer which is by far dominant 

over radiative transfer in the thermodynamic equation. 

Finally, calculations were made to determine if the polar winds 

investigated with this numerical model were capable by themselves of 

lifting dust. Bagnold's (1941) theory of sand dune movement, as adapted 

by Sagan and Pollack (1969) to Martian surface conditions, was used for 

these calculations. Although there is need for further experimental 

measurements of dust mobility under Martian atmospheric conditions, it 

appears that unless the current semi-empirical theory is grossly in error, 

the winds generated in this model are incapable of lifting dust from the 

Martian surface. This should not, however, be misconstrued as a failure 

of the numerical model. The model has not included the effects of to

pography or synoptic scale motion which certainly would be expected to 

play a role in the dust lifting process. 

Suggestions for Future Research 

This dissertation represents a first step towards understanding 

certain facets of the mesoscale dynamics in the vicinity of the Martian 

polar caps. Here we have concentrated on finding those physical processes 

which are of utmost importance in controlling the mesoscale dynamics and 

discovering their sensitivity to various parameters and initial or 

boundary conditions. It would now seem possible to take steps towards 

making the model more realistic by incorporating other physical processes 

felt to be of importance to the atmospheric dynamics. However, there is 

a real danger here of developing a numerical model having a degree of 



sophistication which greatly exceeds our knowledge of the Martian surface 

and atmosphere. For example, uncertainty as to the appropriate depth 

to select for the surface boundary layer is likely to place restrictions 

on the degree of confidence one can have in the results even with more 

sophisticated models than that presented here. And yet the pace at 

which our knowledge of Mars has grown makes one suspect, especially in 

light of the anticipated Viking lander, that these may represent only 

temporary restrictions. If this is indeed the case, it would seem wise 

at this point to indicate some areas wherein this research might profit

ably be extended. 

First of all, the inclusion of an assumed distribution for the 

synoptic scale wind should pose no major difficulty. One could specify 

an initial pressure distribution and require geostrophic balance above 

the planetary boundary layer, with a balance between pressure gradient 

force, Coriolis force, and eddy frictional force within the planetary 

boundary layer. This distribution of the synoptic scale wind would be 

held fixed with time, while the diurnal wind on the mesoscale would be 

treated as a perturbation. Experiments similar to those performed by 

Estoque (1962) in his studies of the sea breeze could be undertaken to 

determine the effects of the strength and direction of the synoptic 

scale wind upon the smaller scale flow under study. Secondly, the in

clusion of topography within this model might yield very interesting 

results. Mars is known to be a planet having continent-sized elevations 

and depressions on the order of a scale height or greater. Such oro

graphic features are believed to play a very significant role not only 
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on the mesoscale, but in the general circulation as well. Under certain 

conditions the combination of slope winds, the synoptic wind field, and 

the winds driven by the temperature gradient at the cap edge might 

interact so as to yield a considerably stronger wind field than we found 

here- Another interesting area of investigation would be to examine 

if a Martian equivalent to the low-level nocturnal jet in the Great 

Plains exists. Certainly the conditions would appear favorable for the 

existence of such a jet since there are numerous extensive sloping 

regions on the planet and the large diurnal variation in atmospheric 

stability should lend itself to large inertial oscillations. 

Finally, it might well be worth noting that this research has 

provided implications for need of future research in one aspect of 

terrestrial mesoscale studies. The fact that the degree of inland pene

tration of the Martian circulation depended sensitively upon ttie assumed 

surface boundary layer depth may well carry over to the terrestrial sea 

breeze. Previous sea breeze models have fixed this boundary layer depth 

(usually at ~ 50 m) . If this boundary layer depth plays a significant 

role in determining the degree of inland penetration of the sea breeze 

front, then attempts such as that by Pielke (1974) to associate cumulus 

cloudiness with the location of this front would appear premature. 

Indeed a more complete theory of the boundary layer may well be needed 

for a wide range of mesoscale phenomena (e.g., severe storm environment, 

lake effect snow storms, urban heat island). 



APPENDIX A 

TERMS NEGLECTED IN THE HORIZONTAL EQUATIONS OF 
MOTION AND THE CONTINUITY EQUATION 

The equation of motion of an air parcel may be written in vector 

form as 

^ = z F. (A-l) 
dt i i 

where the right hand side of (A-l) represents the sum of the forces 

(per unit mass) acting on the parcel, and 

A A A  

V = iu + jv + kw . (A-2) 

A A A 

Here i, j, and k are unit vectors directed eastward, northward, and up-
A A 

ward, respectively. If we now write the i and j components of (A-l) in 

spherical coordinates, we have 

 ̂. uv|sa + a. , (A.3) 

1 

£ + Affl + ™ „ F 
dt a a ^ yi v / 
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where cp is the longitude, a the mean radius of the planet, and F , 
A A 

p ̂  are the force components directed along i and j, respectively. The 

second and third terms on the left hand side of (A-3) and (A-4) enter 

due to curvilinearity of the coordinate system. Here the reader may wish 

to refer to a standard meteorology text such as Holton (1972) or Haltiner 

and Martin (1957) for details. 

For atmospheric motions on the scale in which we are interested, 

w is ordinarily several orders of magnitude smaller than u or v, so that 

uw uvtanco , vw _ 2^ 
— « — and — « u tancp 
a a a x 

The force components F , F appearing in (A-3) and (A-4) are comprised 
x y 

of the pressure gradient force, Coriolis force, and the forces due to 

eddy momentum transports. The Coriolis force, T , expanded into its 

vector components is 

F =* (fv - 2Qwcoscp)i - fuj + 2f2ucoscpk , (A-5) 

where f = 2£2sincp. Again, due to the relative magnitudes of w and v, we 

neglect the term - 2Qwcoscp in f since 2fiwcoscp « fv. Thus, when these 

terms are neglected, and (A-3) and (A-4) are transformed to sigma coordi

nates, we have 

iH . uvtajH fv _ M _ .ji 
dt a fcx &x x ' 
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AanS = . fu . ̂ . acM + F , (A-7) 
dt a by by y 

where the derivatives are now understood to be taken with respect to 

the x, y, a system. These then are equations (2-2) and (2-3) of 

Chapter 2. 

The equation of continuity in spherical coordinates is 

7 + + + (A-8) 
bt H MVbx Jjy bz a a v 

The term may be neglected since 

2pW <<; pvtantp 
a a 

The transformation of (A-8) to sigma coordinates (with this term neglec

ted) is lengthy and not particularly enlightening, with the result being 

+ MM + &MI . iv t = o (A_9) 
bt b* by bcr a ^ 

which is Equation (2-6). 



APPENDIX B 

DERIVATION OF THE HEATING RATE 
DUE TO PLANETARY RADIATION 

The equation of radiative transfer is 

dl 
= k (J - I ) , (B-l) 

ds v v v 

-2 -1 -1 -1 
where I is the monochromatic radiance [W m (m ) sr 1; J , the source 

v v 

function; k , the volume extinction coefficient (m *); v, wave number 
v 

(m *); and s, slant path length, increasing upward. Assuming horizontal 

homogeneity and steady state conditions gives 

&I . 
—^ ¥ = k (J - I ) . (B-2) 
&z ds v v v 

Utilizing the definition of optical depth, 

\<z) • L k v >  < B " 3 )  

we can rewrite (B-2) as 

dl 

^d7" = " Jv ' (B-4) 
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where |j, h cosG and 9 denotes the inclination to the positive z axis. 

Here p, is positive for upward beams and negative for downward beams. 

For notational convenience we now drop the subscript v, with the under

standing that these quantities are monochromatic unless otherwise speci

fied. Using the integration factor, e (B-4) can be integrated for 

downward beams from t2 to some reference level having optical depth 

t1(t2 < Tl}' 

(t2 " Tj) T (T - 1^) dT 

I^pM^cp) = I(T2,(J-»cp)e p, J^1 e ^ 

(B-5) 

where cp is the azimuthal angle. We now replace jj, with - |j, in (B-5) so 

that 0 < (j, < 1 for downward beams. Thus, (B-5) becomes 

_ <T1 '  t2 )  

I(t1, - |0,,cp) = (J.»cp)e " (j, 

T1 (T, - T) 

r1 - — 
+  J  e  V- J(T » > c p ) —  (B-6) 

t2 ^ 

For upward beams, following a similar procedure, we integrate (B-4) 

k^T 

from T;l to t3(t1 < t3 ) ,  

(t3 " Tl) 

I(t1, + |J.,cp) = I(t3, + |J.,cp)e (j, 

+ f3 e " U |>- ^ • (B-7) 

T1 
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Extending the integration to the surface and denoting the optical depth 

at the surface by T gives 
s 

_ (Ts - Tl> 

1(1̂ ,4̂ ,9) = I(TS,-Hi,cp)e (j, 

(T - T-i ) J 

+ J s e " — - (B-8) 

T1 

-2 -1 -1 
The upward monochromatic irradiance [W m (m ) ] is given by 

F+ = J J In d^ dcp . (B-9) 
o o 

Since we are interested in the infrared region near 15 p,m, Rayleigh 

scattering is negligible and we can set the source function, J, equal 

to the Planck function. Thus, substituting (B-8) into (B-9), 

+ P 2IR F 1 ~NL'TS " TI) D 
F *T1* = J J >cp)e (" ~ftf)d<P 

O oo 

+ 2ttJTS B*(t){/^ e" (t " Tl}(- 7^)}dt, (B-10) 

where B1 is the (isotropic) Planck function in radiance units and we 

have set n = l/|j,. We now utilize the following properties of the ex

ponential integral: 

v-j; •-«?». (B-U) 



S [VX>] = " En-l(x) ' 
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(B-12) 

and (B-10) becomes, 

F+(TL) = 2IT B'(T )E3(TS - TX) - 2TT J S 
B'Ĉ EGCT-T̂ dr , 

T1 

(B-13) 

where we have set I (T ,+p,,cp) - B'(T ) in the first term of (B-13) since 
V S G 

this terra represents direct transmission from the surface (B'(T ) being 
S 

the Planck function at the ground temperature). Since the Planck func

tion is isotropic, from (B-9) we see that its value in radiance units, 

B', is related to its value in irradiance units, B, by 

B = irB' . (B-14) 

Using the definition of the monochromatic irradiance transmissivity 

(Elsasser 1942, p. 18), 

P(Ta " Tb} S 2E3(Ta " V' (B"15) 

we may write (B-13) as 

. P T DP(T - T,) 
F (tj) = B(T )P(Tg - Tx) - J ® B(T) dT • (B~16) 

g Ti 
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Upon integration by parts, (B-16) becomes 

F+(Tl) = B(T )P(ts - tx) + B(Tl)p(0) - B(Tg)P(Ts - Tl) 

b(t ) 
s J P(t - t̂ )dB(r) . (B-17) 

B(TI) 

The first term on the right hand side of (B-17) derives from the direct 

surface transmission while the third term comes from the atmospheric 

source term. Thus, B(t ) is the Planck function evaluated at the base 
s 

of the atmosphere while B(T ) is the Planck function evaluated at the 
S 

surface. The temperature at the base of the atmosphere which determines 

B(t ) is equal to the ground temperature since thermal equilibrium 
s 

exists between the surface and the atmospheric layer immediately adjacent 

to the surface. However, we will not cancel these terms at this point 

for reasons to be explained later in this Appendix. The terms in question 

will continue to be written simply as B(T ) and B(r ). 
S s 

Now we wish to integrate (B-17) over a spectral interval, Av^, 

which is narrow enough that the Planck function may be regarded as con

stant, and yet broad enough to contain numerous absorption lines (e.g., 

Av^ may encompass the 15 (j,m CO^ band), 

(V, F+(r,)dv = B(T ) f p(t - t,)dv + B(t,) f d\> 
i 1 8 Av S 1 1 Av. 

i x 

" J P(fs-T1)dv + 
b.<O ; 

- 6 (t - t ) dB dv 
J Vv. B (t^) 

(B-18) 
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where we have used the fact that $(0) = 1. Here B represents the average 

value of the Planck function within the spectral interval Av^. Between 

any pair of pressure levels, p and p, , we define an irradiance trans-
d D 

mission function for the region i (width Av^) as 

V V V  =  IAv.P^a"Tb)dv * (B_19) 

With this definition, and setting the left hand side of (B-18) equal to 

F^(p^), we can write (B-18) as 

F+(P]) = B(Tg)Ti(ps,p1) + B(p1)Avi - B(ps)T.(ps,Pl) 

pB(p ) 
j_ T.(p,Pl)dB , (B-20) + 
lB(p,) 

where B(p ) is the Planck function evaluated at the base of the 
s 

atmosphere. 

A similar analysis for the downward irradiance in the spectral 

interval, Av^, evaluated at the pressure level, p^, yields 

B(pJ 
Fi<pl) = Ti(p1,pT)B(pT) - B(Pl)Av,. - |_ T.(p,,p)dB , 

P 
'l^ij- VPl' 

JB(Pl) 1 1 

(B-21) 

where p^ is the pressure at the top of the grid. We have neglected 

any possible source of downward flux from above the level where p = pT. 



108 

The net flux, F^, within the spectral interval may be found by 

adding (B-20) and (B-21): 

b(pt) 

Fl(pl) = Ti(Ps>Pi)[B(T )"B(ps)] - J_ T.(prp)dB 
b(ps) 

+ Ti(p1,PT)B(pT) . (B-22) 

A quantity proportional to the heating rate (Qp) may formed by taking 

a derivative of (B-22) with respect to Pp 

dT,<P„>Pi) . . (.B(PT) dT.(p.,p) _ 

W * 1 dp,1 c°(Vl(p3)]" 
dpl b<ps) 

1 1  d B  

dT (p.,p ) 
+ dpt b(pt) • (b-23) 

dF±(Pi) 
where ^ - We now use the approximation developed by 

Gierasch and Goody (1967) for calculating heating rates in the Martian 

atmosphere. The integral in (B-23) is crudely approximated by two terms. 

The first term involves the layer between the surface and the reference 

level, while the second concerns the upper layer extending from the 

reference level to the top of the grid. Thus, (B-23) becomes, 
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d T i ( p
s » p l >  _  

—^ —— [B(T )-B(p )] 
dp1 s S 

P +PL 
dypi.-Yi) 

W, Cb(pi)-B<Ps)] 

P1+PT 
dTi(pl' 2~> 

dTj ( Pi » Prri) 

+ —J5̂  B<"i' • 

(B-24) 

If we now take B(P ) equal to B(T ), Equation (B-24) becomes 
s g 

Ps+Pl 
dT (p ,-^2^) 

W = dPl [B(Tg)-B(Pl)] 

P1+PT, 
dT.(p-, 2 ) 
3^— [B(Pt)-B(PI)] 

dT.(p,,PT) _ 
+ dp B(pT) . (B-25) 

Now we carefully examine the term in (B-25) which represents the inte

gration from the surface to the reference level; namely, the first term 

on the right hand side of this equation. Over a dry surface during the 

daytime the lapse rate very near the surface may be large as shown 

schematically by the solid line in Figure 23, while at higher altitudes 

the lapse rate is much less steep. By taking advantage of these two 

distinct regimes in the temperature profile, we may improve upon our 

estimate of the value of the integral within the layer between the 



110 

surface and the reference level. In the extreme case in which we let 

the depth of the thin, warm layer adjacent to the surface shrink to 

zero, we have a temperature discontinuity at the surface as shown 

schematically by the dashed line in Figure 23. In this situation, 

B(p ) is no longer equal to B(T ) but rather is given by B(T). Thus, 
s g 

returning to (B-24) with B(Pg) now set equal to B(T.p yields 

dTi(ps'pl) -
W = dp CB(Tg)-B(TA)] 

Ps+Pl 
dTi(pl'~T~^) -

+  ~ d i  [ B ( T  ) - B ( T  ) ]  

P1+PT 
dT (p-,-^9 r. 

CB(Tt) - Bdj)] 

dt (p,,pt) 
+ dp B(Tt) , (B-26) 

where and T,j, are the temperatures at the reference level and top of 

the grid, respectively. Note that the first term on the right hand side 

of (B-26), which may be considered to represent the contribution to the 

heating rate by an infinitesimally thin layer in which the temperature 

varies from T to T,., has (for a fixed reference level, p.) the slope of 
8 

transmission function dependent solely upon the surface pressure. The 

second term in (B-26), representing the contribution to the heating rate 

by the layer in which the temperature profile is not extremely steep, 
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Figure 23. Schematic diagram of temperature profiles in the surface 
boundary layer. 
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has the slope of the transmission function evaluated at an average 

pressure within the layer. This represents a reasonable weighting for 

the slope of the transmission function in the two distinct temperature 

profile regimes. In Equation (B-25), the slope of the transmission 

function was simply evaluated at the mid-pressure level with no account

ing for the presence of these two regimes. Thus, in our model we use 

(B-26) rather than (B-25), with T.v being set equal to the temperature 

at the top of the surface boundary layer (i.e., T^ = ex~ 

amine this and other approximations used in this method of calculating 

heating rates in greater detail in Appendix D. It should be recognized 

that the problems with which we have dealt in this paragraph have re

sulted primarily from our desire to use a crude finite difference 

approximation to the integral in (B-23). 

Goody and Belton (1967), we now must transform (B-26) somewhat. First, 

the monochromatic absorptivity, a, is related to the monochromatic 

transmissivity, 3, by 

In order to incorporate the 15 p,m CC>2 band model developed by 

of = 1 - 3 . (B-27) 

Thus, from (B-19) we find 

(B-28) 
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We may define an irradiance absorption function (also called absorption 

band area) in a manner similar to (B-19) by 

i(pa'pb)=l *<Pa'pb)dv ' (B"29) Ai -a--D' 
Avi 

and hence, 

Ti(pa'pb) = Avi • Ai(pa'pb) ' (B"30) 

Substitution of (B-30) into (B-26) gives 

^i^s'Pp -
Hi(pi> d?— CB<V-B(Tg)] 

Ps+Pl 

+ C^V-bc vJ 

PL+PT 

+ [B(TT)-B(Tl)] 

dAiCpl'PT^ -B<V • (B-31) 

For the 15 |j,m band of CC^, Goody and Belton suggest the following 

empirical formula, 

A15 p. " 0 ""t1 + ' <B"32> 
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where A1 is the absorption due to non-overlapping lines and C is an 

3 -1 
empirical constant equal to 5.5 x 10 m 

Gierasch and Goody found that the effects of Lorentz line broaden

ing were dominant when compared to Doppler broadening for altitudes 

below 35 km in the Martian atmosphere. For Lorentz broadening, the 

absorption due to non-overlapping lines is given by (Goody 1964, p. 133) 

A, = 2™L^+^Tl • <B"33> 
s w 

where 

CT a' 
_ s,w u = t— — 

b,W 2rra?L 

a' = amount of CO^ in atm-m, 

<yT = Lorentz half-width [m 
Li 

ng = number of strong lines 

n = number of weak lines 
w 

o - average intensity of strong or weak lines [(atm-m) m "]. 
s,w 

Gierasch and Goody have shown further that, as a good approxima

tion, unity can be neglected in comparison to 2u in the two denominators 

of (B-33). Let us convert the amount of CC>2 in atm-m, a', to the amount 

in kg m a, by 

a = poa' , 
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where p Is the density of CO^ at standard temperature and pressure. 

Then (B-33) becomes 

tto? a 
A .  » / —  [ n +  n / a w ]  .  ( B - 3 4 )  

Ho 

The Lorentz half-width of a pressure broadened line can be written as 

T h 

<*t = > <b"35> ° p T 

where the subscript o refers to STP conditions. Since the temperature 

dependence in (B-35) is weak, we select an average Martian atmospheric 

temperature in the model, T, to be equal to 175°K. Substitution of 

(B-35) into (B-34) gives 

A' = Vap , (B-36) 

where 

tt<* % T k , , 

b = (7T> <f-' [Vs + 
kO o T 

For the 15 p,m CO^ band, the following values apply: 

n = 108, n = 372, 
s w 

a - 2.0 x 10^ m ^ (atm-m) \ 
s 

2 -1 -1 
aw = 7.1 x 10 m (atm m) , 

a = 9.0 m * . 
o 
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Thus, we have 

b = 335 (kg Pa)"^ (B-38) 

- 2  
and the units in (B-36) are a(kg m ) and p(Pa). Due to the inhomogene-

ity of the atmosphere, we take an average value for the pressure along 

the path in (B-36). Further, the diffuse nature of the radiation arriv

ing at the reference level is taken into account by multiplying the 

abundance of CC^ in a vertical column by the diffusivity factor, r, which 

is equal to 1.66 (Goody 1964, p. 244). Thus, (B-36) becomes 

A\pt-p\ (Pi+P) 
^(PrP) = b / 2— • 

Substitution of (B-39) into (B-32) gives 

(B-39) 

A15(P1,P) = C ta t1 + C /lpl2"P2! 1 » (B-40) 

so that, 

dA15(pl''>> C ± "l 

where the plus sign in (B-41) refers to cases where p^ > p and the minus 

sign to cases where p^ < p. Also, we set 
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D by r ' 

and D has a value of 34.7 Pa. Substitution of (B-41) into (B-31) gives, 

H (p) = C 2 [I(T )-B(T )] 
i 9 9^ 9 9^ S * 

(ps -p ) + D (Ps -P ) 

P + P  2 2 J- Ps+P 2 2 J-
[(-§->- P ]2 + D [<-f—> - P2]2 

[B(T.)-B(T)] 

*2 IH-P 2 CB(T)-B(V^ 
_ 2 P̂ PT .1: O P+Prn "  X, O I" I'm 

[p-(-r1) r + D[P-C-T^) r 

5 £ B(Tt) , (B-42) 
2 2^ 22 

(P -PT ) + D (P "PT ) 

where the subscript 1 has now been dropped. The heating rate, Q^, 

is related to the flux divergence by 

1 dFi 

V - J d T '  ( B " 4 3 )  

or, with use of the hydrostatic equation, 

Qp - 8 , (B-44) 



dFi where H_, = -r-=- , as defined previously, 
i dp 
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To convert (B-42) to sigma coordinates, we begin by noting that 

P = Ila + Pt , 

and 

ps - n + pj • 

Substitution of these relationships into (B-42) and utilizing (B-44) 

gives, 

„c no+pT Q
P  

=  i—r~ ̂B(T )-b<V] 
p W+D w* 5 

no+PT _ 

where 

%X^+D X% 

2gC 
no+pT 1 

%Y^+D h Y 

KC 
no+pT 
— i R 

% S 
Z+D Z' 

W = n2(l-a2) + 2n pT(l-a) , 

X = n2 + *n pTa-a> + 2n 2a(i-3/2a) , 

Y = 3n 2a2 + 4n 0PT , 

2 2 
Z = n a + 2H apT . 

(B-45) 
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If p^, is set equal to zero, (B-45) reduces to the formulation utilized 

by Blumsack et al. (1973) in which they used an alternate definition of 

the vertical coordinate; namely, they set a = p/p . 
s 

Planck's black body function may be written as 

. 2nhcV (B_46) 
v .hcvx , 

kT~ 

where 

-34 
h = Planck's constant = 6.624 x 10 J s , 

8  -1  
c = velocity of light in vacuo = 2.998 x 10 m s , 

-23 -1 
k = Boltzmann constant = 1.380 x 10 J K 

Thus, at a wavelength of 15 (j,m (v = ̂ ), (B-46) becomes 

0.111 rr, -2, -lx-li 
15 „» T60T7 [W n (m > <B"47) 

p exp(—)~1 



APPENDIX C 

DERIVATION OF DIRECT SOLAR HEATING TERM 

The heating due to direct absorption of solar radiation by CX^ 

in the infrared is calculated following the method presented by Houghton 

(1963). Two empirical expressions for the absorption band area*, A, are 

given by 

The first expression applies to weak bands in which the lines are far 

enough apart that the effects of overlap can be neglected. The second 

expression is for strong lines in which overlapping of the lines is 

important. The constants a, b, c, and x are determined empirically and 

vary from band to band. Here p is the mean pressure, which for atmos

pheric paths is equal to 1/2 p, and m is the absorber concentration, 

that is, 

A = a(pm) pm < x (C-l) 

A = b+c log1Q(pm) pm > x . (C-2) 

o z 
(C-3) 

1 ' * * J 

A = a^dv, where «v is the monochromatic absorptivity and 

is the width of the band in wavenumbers. 
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where pQ is the STP density of CC^ (assuming a pure CO2 atmosphere), and 

C is the cosine of the zenith angle. With use of the hydrostatic re

lationship we find 

m - -E-7 . (C-4) 
ep„s 

Thus, with the aid of (C-4), Equations (C-l) and (C-2) become 

A = ap(2gpoO"^ pm < x , (C-5) 

A = trt-2c log1()p-c log10(2gpoC) pm > x . (C-6) 

The heating rate (W kg *) due to absorption of solar radiation by a 

particular band is given by 

«s - t - (c"7) 

where B is the monochromatic solar irradiance incident upon a unit area 
v 

-2 -1 -1 
whose normal points towards the sun and has dimensions of W m (m ) 

Thus, substitution of (C-5) and (C-6) into (C-7) yields 

- <2̂ )% Bv aC% < <2ePo*>% • (C"8) 

Qs 
15 2g(log1Qe)Bv cCp"1 ^ > (2gpQx)^ . (C-9) 
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And, the heating rate for all of the bands of importance may be written 

as 

(C-10) 

where the subscript j labels those bands for which p/£% < (2gp x)2 

and the subscript k denotes those for which p/ft > (2gpoK)=. In Table 7 

the values of the constants appearing in (C-10) and the values of the 

solar irradiances at the mean Martian distance from the sun are given 

for the CC>2 bands considered. The final three bands in Table 7 are very 

weak bands and follow (C-8) in all circumstances in the model. 

For the three strong bands (15, 4.3, and 2.7 p,m), the critical 

pressure which determines whether (C-8) or (C-9) will be used is 

Substituting in values appropriate for Mars and the x values taken from 

Table 7, we find for these three strong bands the following: 

P. 
% (2gp0x)2 . (C-ll) 

C 

X|>m] (2gpQx)^ [Pa] 

15 59.0 

4.3 15.0 

2.7 115.0 
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Table 7. Solar irradiance and band constants. 

B 
Region v a c x 

urn -2 -1.-1 , -1 -1 -2 
^ W m (m ) kg m s m kg s 

15 4.7 x 10"6 242 4.3 x 103 240 

4.3 5.6 x 10"5 840 3.7 x 103 15.4 

2.7 1.18 x 10~4 187 6.5 x 103 910 

2.0 1.84 x 10"4 23 

1.6 2.50 x 10"4 2.0 

1.4 2.72 x 10~4 2.0 

2 
In the model, the pressure is always greater than 10 Pa, and since 

0 < Q < 1 we see that the 15 p,m and the 4.3 (j,m bands always follow ex

pression (C-9). Actually, at solar noon in the model, Q reaches its 

maximum value of 0.71 and from (C-ll) we see that the 2.7 p,m band must 

also always follow expression (C-9). Thus, from (C-10) we find 

Q = 5.1 x 10~3 + 3.2 C/P . (C-12) 
s 

If this expression is to be evaluated at a distance other than the mean 

Martian orbital radius, then it must be multiplied by the factor 

Rm 2 
(•r-) , where R is the mean radius and R is its instantaneous value. 
R m 



APPENDIX D 

ACCURACY OF THE RADIATIVE 
TRANSFER CALCULATION 

In Appendix B we derived the approximate method of calculating 

the heating rate due to planetary radiation within the Martian atmosphere 

which was utilized in the model. This method was based on the work of 

Gierasch and Goody (1967), and that of Goody and Belton (1967). We now 

wish to examine the accuracy of this approximate method for a few select 

cases by comparing its results with those obtained from a more detailed 

method. Specifically, we shall be examining the approximations made in 

the derivation of Equations (B-23) and (B-24). Here we list the approxi

mations which are under scrutiny. 

1. The Planck function at the base of the atmosphere, B(pg), was 

evaluated by use of the temperature at the top of the surface 

boundary layer, T^. That is, in terms of Figure 23, we used 

T. = T for evaluating B(p ). 
* n S 

2. In writing (B-24), the integral in (B-23) was crudely approximated 

by two terms. 

3. In the derivation of (B-23), the assumption has been made that 

there is no downward flux of radiation from points above the top 

of the grid. 
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The more detailed technique with which we shall check the 

accuracy of the method used in the model has the following character 

istics. 

1. When the temperature at the top of the surface boundary layer 

is less than the ground temperature (i.e., T, < T ) , the tempera-
g 

ture used for evaluating the Planck function at the base of the 

atmosphere, T , is found by adiabatic extrapolation downward 

from the value (i.e., + P h) . If an inversion is 

present so that > T , then we use Tt = in evaluating the 

Planck function at the base of the atmosphere. 

2. The integral in (B-23) is approximated by a summation over all 

of the grid levels in the vertical rather than just two inter

vals. Interpreting the integral graphically, this should give 

a more accurate approximation to the area under the curve than 

the two interval approximation. 

3. In order to take the possibility of downward flux of radiation 

from above the top of the grid into account, we assume that 

the atmosphere above the top of the grid is isothermal at the 

temperature of the top of the grid. Furthermore, it is assumed 

that expressions (B-32) and (B-36) for the absorption band area 

are still valid at this altitude. This method in itself is a 

crude approximation, but it should represent an improvement over 

entirely neglecting the downward flux from above the top of the 

grid. 
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The first situation which we examine is a case in which the 

atmosphere is isothermal at the ground temperature of 150 K. This is 

the situation initially in cases 1-a/l-c of Chapter 3. Under these con

ditions the computations of by the model show radiative cooling to be 

occurring at all altitudes. Near the surface the heating rate is 

~ -0.9 K d \ while near the top of the grid a heating rate of ~ -11 K d ^ 

is found. This distribution of the heating rate appears physically 

realistic since in an isothermal atmosphere direct emission to space 

will be the only term contributing to Q , and this direct emission should 

become more effective with increasing altitude. When the more detailed 

technique of calculating is utilized, we find that there is very 

little change in the results at low levels compared to the technique 

used in the model. However, near the top of the grid the more detailed 

technique (henceforth simply called 'detailed method') yields heating 

rates of only ~ -3 K d \ This decrease in the amount of cooling at high 

altitudes in the detailed method traces back to the fact that downward 

flux of radiation from above the top of the grid is included in this 

method. This downward flux decreases the net emission directly to space, 

especially for layers near the top of the grid, and thereby decreases 

the amount of radiative cooling experienced by these layers. 

The next situation in which we shall compare the results of the 

detailed method with the approximate method of calculating is a case 

in which an intensely superadiabatic lapse rate exists within the surface 

boundary layer. For this purpose we select case 1-a of Chapter 3, in 

which an isothermal atmosphere was assumed to be present initially. 
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Approximately six hours after t = 0 the temperature of the bare ground 

has reached its maximum of 190 K, and the distribution of above a 

point 15 km inland from the cap edge as calculated by the approximate 

technique is shown in Figure 15. Using the temperature profile which 

existed above this point 15 km inland at-£ ~ 6 h, we recalculated the 

Q distribution using the detailed method and the results are shown in 
p 

Figure 24. The temperature profile is shown on the right hand side of 

the figure, and for convenience of comparison the distribution from 

Figure 15 is also included. Again, at high levels the heating rate is 

more positive in the detailed method than in the approximate method due 

to the contribution of the downward flux from above the top of the grid. 

Near the surface, the radiative heating is smaller with the detailed 

rather than the approximate method partly because the detailed method 

uses a somewhat larger value of T . Thus, the radiative exchange between 

the surface and the adjacent atmospheric layers is smaller in the de

tailed method for this situation. Finally, the curve in Figure 24 for 

the Q distribution found by the detailed method shows considerable 
p 

irregularity. This is because the integral in (B-23) was approximated 

by a summation over all of the levels in the vertical. This procedure 

reduces the large averaging which is necessitated in the approximate 

method when the integral in (B-23) is approximated by only two terms. 

Thus, the detailed method is much more sensitive to local curvatures in 

the temperature profile. 

As a final comparison of the approximate with the detailed method 

we consider a situation in which there is a strong low level inversion 
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Figure 24. Heating rates for case 1-a calculated by approximate and 
detailed methods. 
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present. The dynamics of such a case were thoroughly discussed in 

Chapter 3. Here we use the temperature profile which was present six 

hours after t = 0 at a point 15 km away from the cap edge over the ice. 

The 0 profile for this case was shown previously in Figure 21. In 
P 

Figure 25 we show the temperature profile and the corresponding pro

file as calculated by the detailed (solid line) and approximate (dashed 

line) methods. This figure shows many of the same features as the 

previous example. Again the detailed method has a more positive heating 

rate at high altitudes and a somewhat stronger dependence on the curva

ture of the temperature profile. 

In conclusion, it may be stated that the approximate method gives 

results which follow the general trend of the more detailed method. 

Perhaps its most serious weakness is its consistent overestimation of the 

amount of cooling at high levels as a result of the neglect of downward 

flux from above the top of the grid. However, in Chapter 3, we con

cluded that radiative transfer has a negligible effect upon the diurnal 

circulation under study. The primary purpose of this Appendix has been 

to examine the validity of this conclusion more carefully. In particu

lar, if we had found that the approximate method of calculating heating 

rates used in the model was highly inaccurate, then we could not have 

confidently concluded that radiative transfer plays a negligible role in 

the dynamics. But, the results presented here indicate that even had 

the more computationally detailed method of calculating been utilized, 

the conclusions concerning the effects of radiative transfer upon the 

dynamics would have been unaltered. 



130 

ao ~ r "i i ™t—i r " i iv 1 I I I  1  1  

.0490 ) 1 / \ 

.0980 \ 
\ \ 
\ \ 

.1470 \ 

t \ 
.I960 

i 
i 
i \ 

.2450 
i 

i 
\ 

.2940 i 
i \ 

.3430 
i 

\ 
.3920 

• 
\ 

.4410 i 
i \ 

.4900 
i 

t \ 
.5390 

1 

» / 
\ " 

.5880 
1 \ " 

.6370 j l  \ " 

.6860 '/ \ " i l  1 

.7350 1 \ ~ 
i l  I 

.7840 '/ 1 ~ 1 

.8330 / 1 " 
£820 1' 

-— 1 
•93IO J -

3800 I l l  1 1 1 1 1" 

13.90 

12.35 

11.10 

10.00 

9.04 

8.16 

7.35 

6.61 

5.95 

5.31 

4.72 

4.16 

3.63 

3.12 

2.63 

2.18 

1.74 

1.3! 

.906 

.515 

.139 

E J£ 

I-
X 
o 
UJ 
X 

UJ 
5 
5 
X o 
IE 
CL 
CL 
< 

-32 -28 -24 -20 -16 -12 -8 -4 0 4 

HEATING RATE (DEGREES PER DAY) 

150 160 170 180 

TEMPERATURE(K) 

Figure 25. Heating rates for case with strong inversion initially as 
calculated by approximate and detailed methods. --
Approximate method (dashed); detailed method (solid); 
temperature profile on the right. 



REFERENCES 

Bagnold, R. A. 1941. The Physics of Blown Sand and Desert Dunes. 
London: Methuen, 265 pp. 

Barth, C. A. W. G. Fastie, C. W. Hord, J. B. Pearce, K. K. Kelly, A. I. 
Stewart, G. E. Thomas, G. P. Anderson and 0. F. Raper. 1969. 
Mariner 6: Ultraviolet spectrum of Mars upper atmosphere. 
Science, 165:1004-1005. 

Belton, M. J. S. and D. M. Hunten. 1966. The abundance and temperature 
of CO2 in the Martian atmosphere. Astrophys. J., 145:454-467. 

Blumsack, S. L. , P. J. Gierasch and W. R. Wessel. 1973. An analytical 
and numerical study of the Martian planetary boundary layer over 
slopes. J. Atmos. Sci., 30:66-82. 

Businger, J. A., J. C. Wyngaard, Y. Izumi and E. F. Bradley. 1971. 
Flux profile relationships in the atmospheric surface layer. 
J. Atmos. Sci., 28:181-189. 

Chamberlain, J. W. and D. M. Hunten. 1965. Pressure and CO2 content of 
the Martian atmosphere: A critical discussion. Rev. Geophys., 
3:299-317. 

Coblentz, W. W. and C. 0. Lampland. 1927. Further radiometric measure
ments and temperature estimates of the planet Mars. 1926. 
Sci. Papers, Bur. Standards, 22:237-276. 

de Vaucouleurs, G. 1954. Physics of the Planet Mars. London: Faber 
and Faber, 365 pp. 

Dollfus A. 1961. Visual and photographic studies of the planets at 
Pic du Midi. Planets and Satellites, University of Chicago 
Press, 534-571. 

Elsasser, W. M. 1942. Heat Transfer by Infrared Radiation in the 
Atmosphere. Harvard Meteor. Studies, No. 6, Cambridge, MA, 
Harvard University Printing Office, 107 pp. 

Estoque, M. A. 1959. A preliminary report on a boundary-layer experi
ment. Geophysics Research Directorate, Res. Notes, 20, AFCRC, 
Bedford, MA. 

131 



132 

Estoque, M. A. 1961. A theoretical investigation of the sea freeze. 
Quart. J. R. Meteor. Soc., 87:136-146. 

Estoque, M. A. 1962. The sea breeze as a function of the prevailing 
synoptic situation. J. Atmos, Sci., 19:244-250. 

Gierasch, P. J. 1974. Martian dust storms. Rev. Geophys., 12: 
730-734. 

Gierasch, P. J. and R. M. Goody. 1967. An approximate calculation of 
radiative heating and radiative equilibrium in the Martian 
atmosphere. Planet. Space Sci., 15:1465-1477. 

Gierasch, P. J. and R. M. Goody. 1968. A study of the thermal and 
dynamical structure of the Martian lower atmosphere. Planet. 
Space Sci., 16:615-646. 

Gierasch, P. J. and R. M. Goody. 1973. A model of a Martian great dust 
storm. J. Atmos. Sci., 30:169-179. 

Goldstein, S. (ed.). 1938. Modern Developments in Fluid Dynamics. 
Vol.. I and II. Oxford University Press, 702 pp. 

Golitsyn, G. S. 1971. Estimates of boundary layer parameters in 
atmospheres of terrestrial planets. In C. Sagan, T. C. Owen and 
H. J. Smith (eds.) Planetary Atmospheres. Dordrecht, Holland: 
D. Reidel, pp. 297-303. 

Golitsyn, G. S. 1973. On the Martian dust storms. Icarus, 18:113-119. 

Goody, R. M. 1964. Atmospheric Radiation. London: Oxford University 
Press, 436 pp. 

Goody, R. M. and M. J. S. Belton. 1967. Radiative relaxation times 
for Mars: A discussion of Martian atmospheric dynamics. Planet. 
Space Sci., 15:247-256. 

Gray, L. D. 1966. Transmission of the atmosphere of Mars in the region 
of 2^. Icarus, 5:390-398. 

Haltiner. G. J. and F. L. Martin. 1957. Dynamical and Physical 
Meteorology. New York: McGraw-Hill, 470 pp. 

Hanel, R., B. Conrath, W. Hovis, V. Kunde, P. Lowman, W. Maguire, J. 
Pearl, J. Pirraglia, C. Prabhakara, B. Schlachman, G. Levin, 
P. Straat and T. Burke. 1972. Investigation of the Martian 
environment by infrared spectroscopy on Mariner 9. Icarus, 
17:423-442. 



133 

Haurwitz, B. 1947. Comments on the sea breeze circulation. J. Meteor., 
4:1-8. 

Hess, S. L. 1950. Some aspects of the meteorology of Mars. J. Meteor., 

7:1-13. 

Hess, S. L. 1973. Martian winds and dust clouds. Planet. Space Sci., 
21:1549-1557. 

Holton, J. R. 1972. An Introduction to Dynamic Meteorology. New York: 
Academic Press, 319 pp. 

Houghton, J. T. 1963. The absorption of solar infra-red radiation by 
the lower stratosphere. Quart. J. Roy. Meteor. Soc., 89:319-331. 

Hsu, S. 1969. Mesoscale structure of the Texas coast sea breeze. 
Report No. 16, Atmospheric Science Group, University of Texas 
at Austin, 237 pp. 

Huschke, R. E. (ed.). 1959. Glossary of Meteorology. Boston: American 
Meteorological Society, 638 pp. 

Jones, R. W. 1973. A numerical experiment on the prediction of the 
northeast (winter) monsoon in Southeast Asia. NOAA Tech. Rept. 
ERL 272-WMPO 3, 56 pp. 

Kieffer, H. H., S. C. Chase, E. Miner, G. Munch and G. Neugebauer. 1973. 
Preliminary report on infrared radiometric measurements from the 
Mariner 9 spacecraft. J. Geophys. Res., 78:4291-4312. 

A., D. L. Cain, G. S. Levy, V. R. Eshleman, G. F. Fjeldbo and 
F. D. Drake. 1965. Occultation experiment: Results of the first 
direct measurement of Mar's atmosphere and ionosphere. Science, 
149:1243-1248. 

A., D. L. Cain, G. F. Fjeldbo and B. L. Seidel. 1972. The 
atmosphere of Mars from Mariner 9 radio occultation experiments. 
Icarus, 17:484-516. 

A., G. Fjeldbo, B. L. Seidel, M. J. Sykes and P. M. Woiceshyn. 
1973. S band radio occultation measurements of the atmosphere 
and topography of Mars with Mariner 9. J. Geophys. Res., 78: 
4331-4351. 

G. P. 1964. Infrared spectra of stars and planets. IV. The 
spectrum of Mars, 1-2.5 microns, and the structure of its 
atmosphere. Comm. Lunar and Planetary Lab., 2(31):79-112. 

Kliore, 

Kliore, 

Kliore, 

Kuiper, 



134 

Leovy, C. B. and Y. Mintz. 1969. A numerical simulation of the general 
circulation and climate on Mars. J. Atmos. Sci., 26:1167-1190. 

Leovy, C. B., R. W. Zurek and J. B. Pollack. 1973. Mechanisms for Mars 
dust storms. J. Atmos. Sci., 30:749-762. 

McPherson, R. D. 1968. A three-dimensional numerical study of the 
Texas coast sea breeze. Report No. 15, Atmospheric Science 
Group, University of Texas at Austin, NSF Grant GA-367X, 252 pp. 

McPherson, R. D. 1970. A numerical study of the effect of a coastal 
irregularity on the sea breeze. J. Appl. Meteor., 9:767-777. 

Mintz, Y. 1961. The general circulation of planetary atmospheres. 
In W. W. Kellogg and C. Sagan (eds.) The Atmospheres of Mars 
and Venus. NAS-NRC Publ. 944. Washington, D.C.; U.S. Govern
ment Printing Office, pp. 107-146. 

Monin, A. S. and A. M. Obukhov. 1954. Dimensionless characteristics 
of turbulence in the surface layer. Akad. Nauk SSSR Geofis. 
Inst. Trudy, 151:163-187. 

Monin, A. S. and A. M. Yaglom. 1971. Statistical Fluid Mechanics: 
Mechanics of Turbulence. Cambridge: The MIT Press, 769 pp. 

Neugebauer, G., G. Munch, H. Kieffer, S. C. Chase and E. Miner. 1971. 
Mariner 1969 infrared radiometer results: Temperatures and 
thermal properties of the Martian surface. Astron. J., 76: 
719-728. 

Neumann, J. and Y. Mahrer. 1974. A theoretical study of the sea and 
land breezes of circular islands. J. Atmos. Sci., 31:2027-2039. 

o'Brien, J. J. 1970. A note on the vertical structure of the eddy 
exchange coefficient in the planetary boundary layer. J. Atmos. 
Sci., 27:1213-1215. 

Pandolfo J. P., D. S. Cooley and E. A. Newburg. 1963. Preliminary 
investigations of numerical models for the short-period pre
diction of wind, temperature and moisture in the atmospheric 
boundary layer. Final Report 7047. U. S. Weather Bureau Con
tract CWB-10368, Travelers Research Center, Hartford, CT, 88 pp. 

Peterson, E. W. 1971. Comments on "A numerical study of the effect 
of a coastal irregularity on the sea breeze." J.. Appl. Meteor., 
10:599-600. 

Phillips, N. A. 1957. A coordinate system having some special advantages 
for numerical forecasting. J. Meteor., 14:184-185. 



135 

Pielke, R. A. 1974. A three-dimensional numerical model of the sea 
breeze over South Florida. Mon. Wea. Rev., 102:115-139. 

Priestley, C. H. B. 1959. Turbulent Transfer in the Lower Atmosphere. 
Illinois: The University of Chicago Press, 130 pp. 

Ryan, J. A. 1964. Notes on the Martian yellow clouds. J. Geophys. 

Res., 69:3759-3770. 

Sagan, C. and J. B. Pollack. 1969. Windblown dust on Mars. Nature, 
223:791-794. 

Sellers, W. D. 1965. Physical Climatology. Chicago and London: The 
University of Chicago Press, 272 pp. 

Slipher, E. C. 1962. The Photographic Story of Mars. Cambridge: 
Sky Publishing Corp., 168 pp. 

Staley, D. 0. 1957. The low-level sea breeze of northwest Washington. 

J. Meteor., 14:458-470. 


