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ABSTRACT 

The critical zone is the interface between abiotic and biotic constituents that spans 

from the vegetation canopy through the groundwater and represents an open system 

shaped by the climate, topography, and vegetation communities of a given environment. 

Four studies were completed to examine soil development, specifically mineral 

weathering and soil carbon storage, across semiarid sites spanning the Santa Catalina 

Mountain Critical Zone Observatory (SCM-CZO). The Santa Catalina Mountain Critical 

Zone Observatory is located along an environmental gradient in southern Arizona where 

co-varying climate and vegetation community properties have generated distinct changes 

in soil development across a relatively short distance (<20 miles). Soil, saprock, and 

parent rock were sampled on north-facing slopes from five climate-vegetation zones 

spanning desert scrub to mixed conifer forest. Within each climate-vegetation zone, 

samples were collected from two divergent summit and two convergent footslope 

landscape positions to account for topographic controls on mineral transformation.  

In the first study, the soil morphologic, physical, and chemical properties 

collected for all samples were combined with profile development indices to quantify soil 

variation with landscape position across the SCM-CZO. The results of this research 

demonstrated that climate and landscape position exert significant control on soil 

development in semiarid ecosystems, and that the profile development index is an 

effective tool for detecting these regional to hillslope scale variations in soil properties.   

The second study consisted of a cross-scale analysis of feldspar mineral 

transformation across the selected research sites to connect measures of pedon-scale soil 
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development, depletions of feldspar and sodium in bulk soil, and elemental losses across 

feldspar grains at the microscale. Results indicated that greater soil development in the 

mixed conifer pedons corresponded to increased total feldspar and sodium losses. Desert 

scrub soils presented less evidence for feldspar transformation including lower profile 

development indices, gains in total feldspar percentages attributed to dust deposition, and 

less Na chemical depletion at the microscale. Greater soil development in convergent 

positions relative to adjacent divergent sites was consistent across all sites, with the 

highest degree of total feldspar depletion occurring in the conifer convergent locations.  

The third study focused on the physical distribution and mean residence time of 

soil organic carbon (SOC) in the SCM-CZO soils described for the first two studies. 

Surface (0-10 cm) and subsurface (30-40 cm) samples were collected from the 

aforementioned granitic regolith profiles. The soils were characterized using total C and 

N, δ
13

C, Δ
14

C, and radiocarbon derived mean residence time (MRT) estimates of bulk 

soil and physically separated C fractions to quantify SOC change with climate, 

vegetation, and landscape position. The results document a shift in SOC stabilization 

mechanisms across bioclimatically distinct ecosystems from mineral-associated SOC in 

the desert scrub soils to a mixture of mineral and occluded SOC in the conifer soils. Soils 

in the convergent landscapes concentrated the most SOC and typically exhibited the 

longest residence times across all locations.  

The fourth study examined the geochemical and mineralogical properties of the 

SCM-CZO soils across regional and hillslope scales of study to quantify soil 

development in semiarid environments. X-ray fluorescence and x-ray diffraction were 
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used to characterize the elemental and mineralogical properties of the soils and parent 

material. Desert scrub dust samples were analyzed using x-ray fluorescence. The results 

indicate that mineral and base cation depletion were greatest in the convergent landscape 

positions at both sites and increased from the hot, moisture-limited desert scrub sites to 

the wetter, more productive conifer ecosystems. Enrichments in mica and select elements 

(i.e., Fe, Mg) suggested that dust deposition was a significant contributor to soil 

development across all sites. Geochemical estimates of dust fraction inputs confirmed 

this finding with dust composing up to 35% of the regolith material in the mixed conifer 

convergent soils. Clay mineral assemblage was dominated by halloysite and smectite 

minerals in the desert scrub site, reflecting complex climatic and mineral microtextural 

interactions in the dry, silica-rich desert environment. Clay minerals at the mixed conifer 

site exhibited the greatest degree of mineral transformation in the SCM, consisting of 

vermiculite, illite, kaolinite, and minor amounts of smectite and gibbsite.  

These findings confirm the interactive role of climate, vegetation, and landscape 

position in shaping the critical zone, where greater moisture availability and biological 

production are likely driving increased soil organic carbon storage and mineral 

weathering across various scales of study.   
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INTRODUCTION 

Intellectual merit and research context 

Drylands, which comprise arid, semiarid, and subhumid environments, encompass 

more than 40% of Earth’s terrestrial land mass and are occupied by approximately one 

third of the world’s population (Safriel et al., 2006). Drylands are especially susceptible 

to environmental change given the water-limited nature of the systems where evaporation 

often exceeds precipitation for much of the year (Newman et al., 2006). Water-limited 

environments have been the focus of much interdisciplinary study, with particular 

emphasis on coupled interactions among climate, vegetation, topography, and soils 

(Rodriguez-Iturbe et al., 1999; Dirnbock et al., 2002; Ben Wu and Archer, 2005; Ivanov 

et al., 2008).  

Soils are the dynamic, open-system interface separating the atmosphere from the 

Earth’s crust that human beings depend on for agriculture, drinkable water, and clean air. 

Interactive soil, vegetation, and groundwater systems, known collectively as the “critical 

zone,” act as a natural filter controlling short- and long-term carbon cycling, mineral 

transformation, and landscape evolution processes (Chorover et al., 2007). The critical 

zone framework presents a powerful approach for examining ecosystem response to 

climate and environmental change, specifically in the semiarid southwest where some of 

the greatest extremes in temperatures, precipitation variability, and aridity are predicted 

to occur (Seager et al., 2007; IPCC, 2013). Soil development, in the form of mineral 

weathering and soil carbon storage, plays a central role in critical zone evolution, and 

requires additional research across regional and local scales of study. 
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  Environmental gradients, which span large precipitation and temperature 

differences over short distances (Dahlgren et al., 1997), are ideal research tools for 

assessing regional scale effects of climate on soil, carbon, and vegetation (Koch et al., 

1995). In the western US, environmental gradients extending over dryland systems with 

>1500 m of elevation gain often capture the transition from water-limited to nutrient-

limited environments, and represent significant variation in primary production and 

evaporative demands (Budyko, 1974). Soil development along these bioclimatic 

gradients has been documented through studies of mineral transformation (Bockheim et 

al., 2000; Graham and O’Geen, 2010; Rasmussen et al., 2010) and soil organic carbon 

storage (Landi et al., 2003; Dai and Huang, 2006; Homann e al., 2007; Meier and 

Leuschner, 2010).  

Topographic variables, such as landscape position, exhibit significant local scale 

control on the redistribution of water and the subsequent degree of soil development in 

moisture-limited ecosystems (Muhs, 1982). On a hillslope, divergent summit landscape 

positions do not accumulate soil and water constituents (Birkeland, 1999): clays, 

minerals, and soluble carbon move from divergent, water-shedding landscapes to 

adjacent, water-receiving, or convergent landscapes (Jenny, 1941; Tardy et al., 1973; 

Weitkamp et al., 1996). Soils accumulate in convergent positions, resulting in distinct 

patterns of soil mineral assemblage and soil carbon stocks at the hillslope scale. Studies 

of physically diverse and dynamic landscapes, with respect to landscape position, 

vegetation, and climate, are needed to understand the importance of soil development on 

landscape evolution and soil carbon storage from local to regional scales. 
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This research integrates bioclimatic (desert → conifer forest) and topographic 

(summit → drainage) factors into a cross-scale examination of mineral weathering and 

soil carbon storage in water-limited environments, an imperative task for advancing 

global carbon and nutrient cycling models. 

 

Literature review 

1. Soil and the global carbon cycle 

The interplay of global climate change and increasing concentrations of 

atmospheric CO2 directly influence the productivity and sustainability of ecosystems 

worldwide (IPCC, 2013), such that understanding factors shaping the global carbon cycle 

are critical for informing both climate change models and mitigation strategies 

(Woodwell et al., 1998). Soil organic carbon (SOC), the largest and most dynamic carbon 

pool at Earth’s terrestrial surface (2344 Pg C; Jobbágy and Jackson, 2000; Lal, 2004), is 

readily metabolized and respired to the atmosphere as CO2 and represents a dynamic, 

integral part of the global carbon cycle (Trumbore et al., 1996). Mineral weathering 

serves a fundamental role in earth system processes by replenishing plants’ essential 

nutrients in soils and shaping long-term climate change feedbacks with the global carbon 

cycle (Berner et al., 1983; White and Brantley, 1995). Mineral weathering across climatic 

and topographic ranges must also be quantified to understand the silicate weathering 

mechanisms that control global climate over geologic time (West et al., 2005).  
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2. Soil development  

2.1 Climate and vegetation controls on soil development 

Environmental gradients compress large precipitation and temperature 

fluctuations over short distances and can encompass a wide range of ecosystems 

(Dahlgren et al., 1997), making these systems ideal for examining the effects of climate 

on soils, carbon, and vegetation (Koch et al., 1995). Western US elevation gradients 

extending >1,500 m of elevation gain exhibit substantial increases in water availability 

with elevation. The increased water availability results from greater precipitation, 

decreased temperature, and decreased evapotranspirative demands at higher elevations. In 

many cases, such gradients span the transition from water limited to energy limited 

ecosystems, where water and energy limitations are defined by the ratio of mean annual 

precipitation to potential evapotranspiration, or 1 < MAP/PET > 1, respectively (Budyko, 

1974).  This transition can manifest as significant variation in primary production and soil 

development with strong climate related gradients in soil organic carbon stocks (Landi et 

al., 2003; Dai and Huang, 2006; Homann et al., 2007; Meier and Leuschner, 2010) and 

degree of soil development (Whittaker et al., 1968; Dahlgren et al., 1997; Bockheim et 

al., 2000; Egli et al., 2003; Rasmussen et al., 2007; Graham and O’Geen, 2010; 

Rasmussen et al., 2010).   

Soil organic carbon stocks vary with climate and vegetation composition, as 

researchers have demonstrated along elevation gradients that encompass significant range 

in temperature and precipitation (Landi et al., 2003; Dai and Huang, 2006; Homann et al., 

2007; Djukic et al., 2010; Meier and Leuschner, 2010). A climosequence study in the 
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Austrian Alps revealed that soil carbon stocks increased linearly with altitude to a 

maximum of 38 kg m
2
 at ~1500 m and then decreased to 13 kg m

2
 at ~1900 m (Djukic et 

al., 2010). Similar increases in soil organic carbon have been recognized for high 

elevation, mountainous ecosystems where researchers have noted the combined 

importance of vegetation composition, precipitation, and temperature on SOC stocks 

(Dahlgren et al., 1997; Alvarez and Lavado, 1998; Ganuza and Almendros, 2003; Dai 

and Huang, 2006). Interestingly, steep increases in SOC accumulation were recognized in 

the transition from oak woodland to mixed conifer forest along a Sierra Nevada elevation 

gradient (Dahlgren et al., 1997), an observation likely resulting from increased moisture 

availability and net primary production as seen in the Santa Catalina Mountains of 

Arizona (Whittaker et al., 1975). Soil organic carbon stocks were 25% lower when 

precipitation decreased from >900 mm yr
-1

 to <600 mm yr
-1

 along a German precipitation 

gradient, a threshold shift that was tied to increased fine root turnover under drier 

conditions (Meier and Leuschner, 2010). Others have also documented that higher 

temperatures increase soil carbon decomposition rates and the amount of potentially 

mineralizable SOC (Zogg et al., 1997; Dalias et al., 2001; Rustad et al., 2001; Waldrop 

and Firestone, 2004; Knorr et al., 2005; Rasmussen et al., 2006), lending support to the 

complex interactions among temperature, moisture availability, and SOC storage. 

 

 

 

 



19 

 

2.2 Eolian dust in soils  

Eolian dust deposition is a fundamental geomorphic process that contributes to 

soil formation and its associated geochemistry in landscapes spanning arid (Wells et al., 

1985; Reheis, 1995; Reheis, 2006; Reynolds et al., 2006; Crouvi et al., 2013; Sandler, 

2013) to alpine ecosystems (Litaor, 1987; Bockheim and Koerner, 1997; Muhs and 

Benedict, 2006). Fine-grained eolian inputs provide a critical medium for plant growth, in 

the form of nutrients and increased water holding capacities, in otherwise inhospitable or 

nutrient-limited terrain (Muhs et al., 2008). Silt-enriched soil mantles observed across 

desert and high-elevation environments are attributed to dust accretion over modern 

and/or geologic time (Wells et al., 1985; Dahms 1993; Bockheim and Koerner; Muhs and 

Benedict, 2006). Estimates of dust fraction inputs in the regolith range from 10-40% in 

the San Juan Mountains, Colorado (Lawrence et al., 2011), up to 90% in surface A 

horizons of the Cima volcanic fields (McFadden, 2013), and 50-100% in the Mojave 

Desert, California (Crouvi et al., 2013). Furthermore, dust fraction estimates were up to 

four times greater at hillslope bases compared to ridge top summits in Mojave Desert 

soils (Crouvi et al., 2013), indicating an important geomorphic consideration on dust 

fraction estimates. Dust composition, transport distance, and origin, including playas, 

alluvial deposits, and sites of anthropogenic disturbance, vary by location (Muhs and 

Benedict, 2006; Bullard et al., 2011; Hirmas and Graham, 2012), and thereby require 

careful consideration when examining fine-grained soil materials at a given site 

(McTainsh and Strong, 2007). 
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2.3 Applications in water-limited environments 

Climate model projections have predicted an imminent drying trend in the 

semiarid southwest, where extremes in temperatures and aridity are predicted to occur 

(Seager et al., 2007; IPCC, 2013). The southwest U.S. is especially vulnerable due to its 

topographical complexity, diverse climates, and high degree of biotic richness and 

endemism. Groundwater supply and sustainability in this region depend on hydrologic 

and carbon dynamics across an array of water-limited ecosystems. Understanding SOC is 

essential to predicting the impact of climate change on arid to semi-arid environments. 

In the southwest US, the Sky Island region is composed of climatically diverse 

environmental gradients that link large expanses of desert to forested ecosystems across 

approximately 112,000 square kilometers (Coronado Planning Partnership, 2008). When 

examined in terms of biotic variation, the communities spanning the Santa Catalina 

Mountains  (SCM), AZ are comparable to a latitudinal transect ranging from southern 

Arizona to southern Canada (Crimmins et al., 2010). The SCM serve as one of the 

largest, most accessible, and commercially valued sky island ecosystems in the southwest 

US, making the system ideal for examining climatic and biotic effects on soil 

development and critical zone evolution processes.  

The SCM encompass significant range in temperature (24-10ºC) and precipitation 

(25-85 cm) with well-documented plant communities and vegetation cover (Whittaker 

and Niering, 1964; Whittaker et al., 1968; Whittaker and Niering 1975). Extensive 

ecological studies of this area have identified over ten vegetation communities ranging 

from desert scrub (ca. 1100 meters above sea level) characterized by saguaro (Carnegeia 
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gigantea), ocotillo (Fouquieria splendens), Acacia spp., Arizona barrel cactus 

(Ferocactus wislizeni), agave (Agave schotti, A. palmeri) and buckhorn cholla (Opuntia 

acanthocarpa); mid-elevation pine forest (ca. 2200 m.a.s.l.) dominated by ponderosa pine 

(Pinus ponderosa) with sparse Douglas fir (Pseudotsuga menziesii); and high-elevation, 

mixed conifer forest (ca. 2400 m.a.s.l.) characterized by Douglas fir, ponderosa pine, and 

white fir (Abies concolor).  

2.4 Landscape position: a hillslope scale control on soil development 

Landscape position regulates the local redistribution of water, clays, ions, and 

minerals across a range of bioclimatic environments (Jenny, 1941; Tardy et al., 1973; 

Schimel et al., 1985; Pennock and Jong, 1990; Weitkamp et al., 1996; Applegarth and 

Dahms, 2001). Divergent, erosional landscape positions shed soil, carbon, and water 

constituents to adjacent, water receiving, or convergent portions of the landscape 

(Nicolau et al., 1996; Birkeland, 1999; Ritchie et al., 2007). Soils that accumulate in 

depositional convergent positions contain distinct patterns of soil mineral assemblage 

(Berry, 1987; Hattar et al.,  2010; Khomo et al., 2011; Owliaie, 2014), vegetation 

composition and biomass (Gessler et al., 1995), and carbon sequestration (Rosenbloom et 

al., 2006; Hancock et al., 2010). Knowledge of this local scale variation, in addition to 

climate controlled water availability, is critical to estimating ecosystem level carbon 

storage (Webster et al., 2011) and for assessing the coupling among soil, landscape 

position, and vegetation (Yoo et al., 2006; Ziadat et al., 2010).  

Landscape position also contributes to variability in soil carbon distribution and 

vegetation dynamics at the hillslope scale (Schimel et al., 1985; Hook et al., 2000; 
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Rosenbloom et al., 2006; Berhe et al., 2008; Torn et al., 2009; Hancock et al., 2010), a 

phenomenon observed through varied applications of the catena model (Milne, 1936; 

Ruhe and Walker, 1968; Sommer and Schlichting, 1997). Soil carbon concentrations are 

generally ~2-3 times higher in convergent, depositional footslope landscape positions 

compared to adjacent midslope and divergent summit landscapes (Schimel et al., 1985; 

Yoo et al., 2006; Berhe et al., 2008; Hancock et al., 2010). Soil organic carbon variability 

is attributed to the re-distribution of water, clay, dissolved organic carbon, and nutrients 

downslope (Birkeland, 1999), thereby contributing to landscape position differences in 

vegetation composition, biomass accretion, and carbon inputs to the soil (Gessler et al., 

1995; Nicolau et al., 1996). Researchers have also observed bimodal soil carbon 

distributions across hillslopes where large (>50%) percentages of soil carbon were 

preserved in deep soils (>20 cm) (Rosenbloom et al., 2006). These findings highlight the 

need to better examine soil carbon preservation mechanisms and turnover times in three-

dimensional space across topographically complex environments.  

 

3. Soil organic carbon stabilization  

Soil organic carbon is the largest carbon pool at the Earth’s terrestrial surface 

(2344 Pg C) (Jobaggy and Jackson, 2000), retaining more carbon on a global scale than 

the atmosphere or vegetation combined (Schlesinger, 1997). The SOC pool serves as both 

a sink and  a source of carbon dioxide to the atmosphere through soil organic matter 

decomposition (Trumbore et al., 1996), making SOC an integral part of the global carbon 

cycle and climate change considerations (Woodwell et al., 1998). The amount and type of 
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soil organic carbon stored in an ecosystem is a function of multiple factors, including 

climate (Trumbore et al., 1996; Kane et al., 2005), landscape position (Webster et al., 

2008), and land cover type (Trumbore et al., 1995; Jobbágy and Jackson, 2000; Djukic et 

al., 2010; Rasmussen and White, 2010). The controls on soil carbon stabilization must be 

identified to better constrain the timing and extent of soil organic carbon response to 

climate variability in contrasting environments (Jobbágy and Jackson, 2000).  

As summarized by Lützow et al. (2008), the three SOM stabilization mechanisms 

are selective preservation (chemical recalcitrance), spatial accessibility (occlusion), and 

interactions with [mineral and other OM] surfaces (organo-mineral interactions) and 

metal ions (organo-metal complexes). Selective preservation encompasses primary and 

secondary recalcitrance processes where primary recalcitrance is the preservation of 

organic matter based on inherent biochemical structural components (e.g. lignin, humic 

substances, and/or black carbon) that are less susceptible in the initial stages of 

decomposition. Secondary recalcitrance can involve the preservation of carbon through 

charcoal production, or the recalcitrance of microbial products and/or humic polymers. 

Organic matter is occluded or made spatially inaccessible to microbes and enzymes 

through aggregation, intercalation within phyllosilicate minerals, hydrophobicity, and/or 

incorporation within organic macromolecule structures (Lützow et al., 2008). Occluded 

organic matter is inaccessible to microbial degradation. Organo-mineral interactions or 

organo-metal complexes are a common form of SOM stabilization. SOM and mineral 

interactions can occur numerous ways including through cation exchange (e.g. R-NH2, 

ring NH, hetero-N), anion exchange (e.g. R-COO
-
, phen-O

-
), water bridging (e.g. R-NH2, 
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R-COO
-
, R-C=O, R-OH), cation bridging (e.g. R-COO

-
, R-OH, R-NH2, phen-O

-
), ligand 

exchange (e.g. R-COO
-
, phen-O

-
), H bonding (e.g. R-NH2, R-C=O, R-COOH, phen-OH), 

and Van der Waals Interactions (e.g. uncharged moieties) where the example reference 

functional groups represent those commonly involved in these interactions. While a 

single organo-mineral interaction may be weak (e.g. H-bonding), these weak interactions 

are addititive across large organic molecules, resulting in strong sorption associations. 

Chemical and physical mechanisms regulate organic carbon stabilization and 

turnover time in soils, including plant litter composition, spatial accessibility, organo-

mineral, and organo-metal interactions (Swanston et al., 2005; Lützow et al., 2008; Torn 

et al., 2009; Wagai et al., 2009). Density fractionation is a technique used to physically 

separate SOC into fractions exhibiting distinct differences in organic carbon 

concentration, chemical properties, isotopic composition, and residence times (Golchin et 

al. 1994; Sohi et al. 2001; Swanston et al. 2002; Schrumpf et al. 2013). The “free” or 

“light” fraction is the unprotected, inter-aggregate carbon that is more plant-like in 

nature, and generally exhibits the shortest mean residence times in soils (Golchin et al. 

1994; Swanston et al. 2005; Torn et al. 2009). The “occluded” SOC pool is composed of 

the “light” fraction that has been physically occluded or made spatially inaccessible to 

microbes and enzymes through aggregation or other mechanisms (Lützow et al., 2008). 

The “heavy” fraction is composed of mineral-associated carbon that can vary in age and 

stability (Swanston et al. 2005). 

The residence times of the soil carbon fractions can vary significantly by 

ecosystem type, particularly when comparing fire-prone, western US forests to wetter 



25 

 

and/or tropical ecosystems (Marin-Spiotta et al., 2008; McFarlane et al., 2012; Heckman 

et al., 2014). Fire has been recognized as a critical control of occluded carbon formation 

and storage in fire-prone forests. In a lithosequence study under ponderosa pine, charcoal 

abundance was highly correlated to the residence time of soil carbon preserved in the 

occluded fraction (Heckman et al., 2014), which suggests that fire regime has significant 

impact on the physical partitioning of soil carbon into the occluded fractions of forested 

soils. In fire-prone western forests, the occluded fraction can be older than the free light 

fraction due to its spatial inaccessibility and has exhibited longer mean residence times 

than the heavy mineral fraction (Rasmussen et al., 2005; Lybrand et al., 2013; Heckman 

et al., 2014). The “heavy” fraction is composed of mineral-associated carbon that varies 

in age and stability (Swanston et al. 2005), and can comprise the longest mean residence 

times in the soil carbon pool depending on the given environment (Schrumpf et al. 2013). 

In contrast, the soil carbon fractions of wetter and/or tropical environments that are not 

prone to fire often exhibit similar mean residence times to one another where occluded 

fraction mean residence times are most similar to those of bulk soil carbon (Marin-

Spiotta et al., 2008; McFarlane et al., 2012).    

Fire has been a dominant ecosystem-altering process on Earth for millions of 

years (Knicker, 2011) and has recently been noted as an important mechanism for soil 

carbon stabilization. An episodic fire event results in the charring of organic matter which 

creates complex, condensed aromatic compounds ranging from partly charred organic 

materials to graphite, ash, and/or soot (Lützow et al, 2008; Knicker, 2011). Recent studies 

have suggested that the longevity of recalcitrant charred carbon materials depend on fire 
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intensity and organic matter composition from specified environments (Czimczik and 

Masiello, 2007).  Charred organic materials are most susceptible to microbial oxidation in 

aerobic environments. The rapid burial of charred surface materials in convergent 

landscape positions via post-fire erosional events may serve as a form of carbon 

stabilization through preservation in a relatively stable, low-oxygen environment. The 

charred organics buried in depositional landscapes are capable of protecting the 

recalcitrant charred organic material longer than the aerobic surface soils where microbes 

may readily oxidize the structural components of the fresh charred products (Sanborn et 

al., 2006; Knicker, 2011).   

Dissolved organic carbon (DOC) has also been identified as a significant soil 

organic carbon pool that must be considered, particularly in subsurface soils. For 

example, stabilized DOC composed 10-40% of the SOC measured in the subsurface soil 

(>50 cm) from three grassland sites (Baisden and Parfitt 2007). Further research has 

demonstrated that DOC can be retained in subsurface soils on decadal time scales with 

MRTs of 90 to 150 years (Sanderman and Amundson 2008). Soil carbon stabilization 

mechanisms must be explored in more detail with pedon depth and across broader 

climate, topographic, and biotic regimes for an improved understanding of soil carbon 

storage in different environments (Rosenbloom et al., 2006; Berhe et al., 2008; 

Sanderman and Amundson, 2008; Schrumpf et al., 2013).    
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4. Silicate mineral weathering 

Mineral weathering serves a fundamental role in the critical zone by transforming 

bedrock to a mantle of weathered rock and soil that supports terrestrial ecosystems, stores 

and partitions water, and shapes long-term climate change feedbacks with the global 

carbon cycle (Berner et al., 1983; White and Brantley, 1995; Dixon et al., 2009).  Broad 

linkages between chemical weathering, erosion, climate, tectonics, biology and global 

carbon cycling have been formulated yet the coupled feedback mechanisms controlling 

atmospheric CO2 concentrations over geologic time are still under investigation (Goudie 

and Viles, 2012).  

The dominant controls on silicate weathering and the nature of the subsurface 

weathering front include water availability and temperature (White and Brantley, 1995; 

White et al., 1996; Dahlgren et al., 1997; White et al., 2001; Rasmussen et al., 2007, 

2010), physical erosion (Riebe et al., 2001, 2004), and the interactions among climate and 

erosion (Jacobson et al., 2003; West et al., 2005; Rasmussen et al., 2011). Additional 

factors reported to control extent and rates of silicate weathering include deep regolith 

and saprolite weathering (Dixon et al., 2009), vascular plants and primary production 

(Moulton et al., 2000), and topographic controls on soil production rates, mineral 

residence time, soil and solute transport distances, and soil depth (Heimsath, 1997; Green 

et al., 2006; Yoo et al., 2007; Yoo and Mudd, 2008). Nearly all of these factors co-vary 

and interact, and thus present a challenge to understanding chemical weathering and 

critical zone evolution (Chorover et al., 2011). 
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4.1 Primary mineral transformations   

Granite covers approximately 15% of the Earth’s terrestrial surface (Twidale, 

1993), making the soils formed on granite parent material an important subject of study 

(Rossi and Graham, 2010). The geochemistry and mineral weathering properties of 

granitic soils spanning varying climates and landscapes have been investigated (Watson, 

1964; Nettleton, 1968; Frazier and Graham, 2000; Dixon et al., 2012; Khomo et al., 2013; 

Senol et al., 2014). Primary mineral transformations in granitic soils involve alterations 

of biotite, plagioclase, potassium feldspars, and to a lesser extent, quartz (Kato, 1964; 

Nettleton, 1970), where the degree of transformation generally increases in wetter 

climates (Whittaker et al., 1968; Dahlgren et al., 1997; Bockheim et al., 2000; Egli et al., 

2003) and in water-gathering landscape positions (Nettleton et al., 1968; Hattar et al., 

2010; Khomo et al., 2011). Elemental depletions of Na, Si, and other base cations 

increase with greater moisture availability,  as seen in a study of granitic catena soils 

spanning arid (470 mm yr
-1

) to subhumid (730 mm yr
-1

) environments (Khomo et al., 

2013). Clay minerals are common products of chemical weathering (Jackson, 1964), 

which also vary in composition and abundance with moisture availability and landscape 

position (Berry et al., 1987; Khomo et al., 2011).   

Clay minerals are useful geochemical markers that document climatic and spatial 

variability across landscapes (Turpault et al., 2008). Clays may undergo multiple stages 

of evolution in the soil, originating from primary mineral transformation, neoformation, 

or inheritance from parent rock (Allen and Hajek, 1989; Graham and O’Geen, 2010). 

When clay distribution is examined in terms of climate, smectite dominates the secondary 
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mineral fraction in hot, water-limited desert environments where kaolinite and 

vermiculite also occur (Nettleton et al., 1968; Graham and O’Geen, 2010; Khomo et al., 

2011. In contrast, kaolinite, hydroxyl-interlayered minerals, gibbsite, and short range-

ordered minerals often comprise the clay fractions of wetter, cooler environments. 

Kaolinite is ubiquitous across climatic regimes while halloysite, an intermediate 

weathering product in the transformation of plagioclase to kaolinite (Joussein et al., 

2005), generally predominates in volcanically derived soils (Parfitt et al., 1983; Southard 

and Southard, 1987) or soils formed in humid, wet climates  (Jeong, 2000). A 

climosequence study spanning arid to sub-humid granitic catenas in South Africa 

revealed a coupling among clay distribution, climate, and landscape position. For 

example, the toeslope soils of the arid catena were dominated by smectite compared to 

kaolinite in adjacent crest and near-crest landscapes (Khomo et al., 2011). The proportion 

of kaolinite to smectite increased in higher rainfall regions. In fact, the sub-humid catena 

contained more kaolinite in both landscape positions that corresponded to a simultaneous 

decline in smectite with increased precipitation. Identifying clay mineral composition and 

distribution across landscapes provides information on localized hydrological conditions 

in the soil environment and advances understanding of critical zone evolution (Sandler, 

2013). Furthermore, fine-grained soil particles are incorporated into soils from in-situ 

production and external sources, such as dust inputs, both of which must be addressed 

when examining soil development. 
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4.2 Feldspar transformations 

Of the silicate minerals, feldspars are the most abundant mineral in the Earth’s 

crust (Kauffman and Van Dyk, 1994), and have been extensively studied in mineral 

weathering experiments (Blum and Stillings, 1995). Feldspar dissolution rates are 

consistently two to five orders of magnitude higher in laboratory settings compared to 

field studies (Blum and Stillings, 1995; White et al., 1996; White et al., 2001; White and 

Brantley, 2003; Zhu et al., 2006), At the mineral scale, White and Brantley (2003) 

suggest that silicate weathering reaction rates are a product of both extrinsic properties, 

such as solute composition, climate, and/or biologic interactions, and intrinsic properties 

including increases in grain surface roughness and concurrent increases in mineral 

surface area or decreases in reactive surface area due to physical impediment by 

secondary weathering products or leached layers.   

4.3 Microscale feldspar weathering patterns 

The microscopic study of weathered mineral surfaces in the critical zone may be 

used to constrain the formation and distribution of secondary altered products, an aspect 

not readily addressed in laboratory investigations of feldspar weathering (Hochella and 

Banfield, 1995). Additionally, microscale investigations of feldspar weathering may be 

useful to examine the discrepancy between field and laboratory-derived feldspar 

dissolution rates, an observation commonly attributed to differences in the mineral 

surface characteristics of freshly ground and naturally weathered feldspars.  

High-resolution imaging and accompanying chemical analyses present a powerful 

tool for investigating silicate weathering processes in critical zone systems, particularly in 
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regard to the composition and mineral transformations that occur at reactive feldspar 

surfaces. Zhu et al. (2006) illustrated the ambiguous definitions associated with the 

feldspar surface-water interface that include but are not limited to: reactivity dominated 

by surface reactions between unaltered feldspar and the aqueous solution (Lagache, 

1961); the occurrence of a cation deficient leached layer separating the reactive feldspar 

surface from aqueous solution (Paces, 1973); mineral dissolution controlled by non-

diffusive, chemical reactions at the feldspar surface-water interface (Berner and Holdren, 

1977; Berner and Holdren, 1979); the existence of a sharp feldspar-amorphous silica 

chemical gradient created by interfacial dissolution-reprecipitation processes (Hellmann 

et al., 2003; Hellmann et al., 2012); or a complex surface where crystalline feldspar is 

separated from the aqueous solution by a thin (< 10 nm) amorphous layer covered by 

discontinuous kaolinite and an outer layer of precipitated smectite. Similar to White and 

Brantley (2003), Zhu et al. (2006) related differences in feldspar reactivity of laboratory 

and field samples to intrinsic mineral properties including amorphous layer development 

and secondary mineral coatings on feldspars.  

Heterogeneous microtexture and grain dislocations are commonly linked to 

feldspar dissolution mechanisms, particularly in microscopy investigations where 

researchers observed areas of intense weathering adjacent to un-weathered, clean feldspar 

surfaces (Wilson, 1975; Berner and Holdren, 1977; Wilson, 2004). A lack of uniformity 

across the feldspar surface has also been emphasized (Holdren and Berner, 1979), a 

property commonly overlooked in other proposed feldspar dissolution mechanisms which 

assume uniform surface characteristics. In contrast, others have noted weak to no 
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correlation between mineral dissolution and etch pit and/or dislocation densities in 

experimental studies causing the actual importance of etching in mineral weathering to be 

questioned for both plagioclase feldspars (Holdren et al., 1988) and other minerals 

(Schott et al., 1989, Blum et al., 1990). Using SEM and AFM to analyze weathered alkali 

feldspar grain surfaces, others concluded that microtexture did indeed control feldspar 

weathering dissolution in natural environments and that the lack of correlation presented 

previously was a reflection of differences in soil solution saturation states between 

laboratory-based studies and those of naturally weathered feldspars (Lee et al. 1998).  

The relative degree of microtexture control on feldspar dissolution in field 

settings may be contingent on soil solution saturation state conditions (Lee et al., 1998). 

Three mineral dissolution mechanisms related to near-equilibrium, intermediate, and far-

from equilibrium saturation states of the soil solution have been determined for calcite 

dissolution (Teng, 2004). The same mechanisms may also be applied to feldspars with 

the dominant feldspar dissolution mechanism depending on soil saturation state (Wilson, 

2004). In general, near-equilibrium conditions yield minimal to no etch pit formation 

whereas far-from equilibrium conditions lead to an increase in “uncontrolled” etch pit 

formation at both grain dislocation zones and in defect-free zones (Teng, 2004). At 

intermediate saturation conditions, mineral dissolution occurs step-wise at 

microstructural grain defects and dislocation zones, placing importance on mineral 

surface texture in controlling spatial patterns of mineral dissolution. 

Microscale studies of the feldspar-secondary mineral interface are an important 

step in the cross-scale investigation of the feldspar weathering sequence involving 
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transformation of primary to secondary minerals.  Natural feldspar weathering patterns 

are still poorly constrained (Wilson, 2004) and  important questions remain regarding the 

mechanisms and microscale transformations that occur during chemical weathering in the 

critical zone.  

 

5. Applications of the profile development index 

The Profile Development Index (PDI; Harden, 1982) is an empirical tool 

developed to quantify soil development based on soil morphologic properties. The 

Harden PDI was adapted from Bilzi and Ciolkosz (1977) and assigns point scores to soil 

horizons based on properties that differ from those of the parent material. The PDI has 

been demonstrated to effectively capture soil development variation with climate, relief, 

and time (Swanson and Paul, 1985; Birkeland and Burke, 1988; Birkeland and Gerson, 

1991; Miller and Birkeland, 1992; Birkeland, 1994; Vidic and Lobnik, 1997; Applegarth 

and Dahms, 2001; Munroe and Bockheim, 2001; Badía et al., 2009; Sauer, 2010; Calero 

et al., 2013). Significant correlations between PDI and time are well established in the 

literature across a range of climatically distinct study sites. For example, PDI increased 

systematically with age across semiarid Mediterranean sites in Spain where carbonate 

accumulation was the dominant mechanism driving soil development and the increases in 

PDI (Badía et al., 2009). Similarly, PDI values increased significantly with age along a 

1.6 million-year-old xeric-thermic chronosequence in the Sacramento Valley, California, 

where clay accumulation and reddening were the dominant changes driving PDI 

increases (Busacca, 1987). Climate was identified as the primary factor driving PDI 
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variation among terrace deposits in the temperate-humid climate of Ljubljana Basin, 

Slovenia (Vidic and Lobnik, 1997), and topography was a controlling factor on PDI 

variation in comparing soils from bar and swale sites (Harrison et al., 1990).   

A number of studies have specifically focused on comparing PDI values among 

different topographic positions. Generally, PDI values indicate that soil development is 

greater in convergent footslope positions compared to adjacent divergent summit 

positions. For example, PDI values were greatest in the footslope positions of two 

granitic catenas formed on moraines in southern Idaho that varied in age from ~20 to 140 

kyr (Swanson and Paul, 1985; Berry, 1987; Applegarth and Dahms, 2001). Interestingly, 

PDIs for the corresponding summit positions were comparable and did not increase with 

time, suggesting that in this system, topographic controls on soil development were more 

important than landscape age. Research across catenas spanning a precipitation gradient 

in Peru indicated that PDI values for soils in drier, footslope positions were two times 

lower than for footslopes in wetter climates compared to the respective summit positions 

where only minor differences in PDI were documented (Miller and Birkeland, 1992). The 

profile development index is an effective tool for quantifying variation in soils across 

contrasting climates and landscape positions, both of which must be considered when 

examining soil morphology and soil carbon storage in semiarid ecosystems.     
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Dissertation format and collaborative contributions 

The research accomplished for this dissertation is presented in five appendices (A, 

B, C, D, and E) and summarized as a general overview in the “Present study” chapter. All 

appended manuscripts were collaborative in nature. Contributing co-authors are listed 

below and on the respective title page for each appendix. All major research endeavors 

including field sampling, laboratory sample processing, data analysis, and writing were 

performed by the author (Rebecca Lybrand). Significant contributions were made by Dr. 

Craig Rasmussen through guidance on experimental design, interpretation of results, 

statistical analyses, and text edits.  Additional collaborations include:   

For Appendix C: Dr. Katherine Heckman provided assistance with sample 

graphitization described in the methods and performed all radiocarbon analyses presented 

in the results section 3.2. Dr. Heckman also assisted with data interpretation, text edits, 

and contributions to the methods.  
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PRESENT STUDY 

 The manuscripts appended to this dissertation contain detailed methods, results, 

and conclusions for all research performed for the project. An overview of the most 

central and significant research findings is presented here. 

The critical zone evolves from coupled biological, physical, and geochemical 

processes that were quantified here across varying climatic and topographic conditions. 

The overarching objective of this work was to examine how climate, landscape position, 

and vegetation drive mineral weathering and soil carbon storage across the Santa Catalina 

Mountain Critical Zone Observatory (SCM-CZO). The first study addressed the 

challenge of quantifying soil development across contrasting landscape positions 

spanning the SCM environmental gradient by combining soil morphologic properties and 

the profile development index. The second study examined cross-scale feldspar 

weathering patterns that linked measures of pedon-scale soil development to feldspar 

depletion in bulk soil and microscale transformations across feldspar grains.  The third 

study explored climate and topographic controls on the physical partitioning and 

residence time of soil organic carbon across the SCM-CZO environmental gradient. The 

fourth study examined the geochemical and mineralogical properties of the granitic soils 

encompassed by the SCM-CZO.   

The first study (Appendix A) focused on quantifying soil morphologic 

development across contrasting climate-vegetation zones and landscape positions. Five 

ecosystems were sampled along the Santa Catalina Mountain environmental gradient, 

which exhibits significant variation in precipitation (25 to 85 cm yr
-1

), temperature (24 to 
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10°C), and vegetation (desert scrub → mixed conifer). Granitic soil, saprock, and parent 

rock were described and sampled from two divergent summit and two convergent 

footslope landscape positions within each climate-vegetation zone. Laser particle size 

analysis was combined with elemental analysis to determine particle size distribution and 

total carbon percentage for all soils. Harden’s profile development index was applied to 

explore changes in soil development as a function of climate and landscape position. Soil 

organic carbon concentrations increased significantly from 0.37 to 1.1 kg m
-3

 in the 

transition from desert scrub to mixed conifer convergent soils. Profile development 

indices more than doubled from the desert scrub to mixed conifer sites. When comparing 

profile development indices at the hillslope scale, there was little difference in soil 

development between desert scrub divergent and convergent landscape positions. 

However, the profile development indices in the mixed conifer convergent positions were 

two-fold higher than those of adjacent divergent sites, suggesting a topographic control 

on water availability and soil development in these forests. The results demonstrate 

important connections between water availability and soil organic carbon accumulation, 

both regionally across different climate-vegetation zones and locally, at the hillslope 

scale of study. 

The second study (Appendices B, C) investigated how climate, vegetation, and 

landscape position control bulk soil to microscale feldspar transformations across the 

SCM-CZO. Soil, saprock, and representative parent rock samples were collected from the 

desert scrub and mixed conifer sites, which represented the relative climatic end members 

of the environmental gradient. Quantitative x-ray diffraction, x-ray fluorescence, and 



38 

 

electron microprobe analyses were employed to quantify elemental changes in bulk soils 

and across plagioclase grains. The chemical depletion of Na in bulk soils ranged from 

5.4–15% in the desert scrub sites relative to 16–33% in the mixed conifer sites. A method 

for assessing plagioclase grain alteration was also developed where grains were classified 

into unaltered, edge, and altered sections to compare microscale weathering and 

elemental variation. The Na/Al and Si/Al ratios decreased from unaltered, to edge, to 

altered grain sections in the mixed conifer sites, whereas the element ratios of the desert 

scrub system were similar between unaltered and edge grain sections, and only exhibited 

significant decreases in Na/Al and Si/Al ratios between edge and altered materials. The 

microscale depletion of Na and Si suggested increased silicate weathering in the cooler, 

wetter, and more biologically productive mixed conifer system compared to the hot, dry 

desert scrub system. The results also demonstrated a topographic control on mineral 

transformation where increased plagioclase weathering occurred in convergent footslope 

landscapes with little change in elemental depletion of soils in divergent summit sites. 

The third study (Appendix D) identified the climatic, biotic, and topographic 

factors that interactively control soil carbon storage across the SCM environmental 

gradient. Pedons from two divergent and convergent catena scale end members were 

sampled within desert scrub, pine, and mixed conifer ecosystems to examine the effects 

of landscape position on soil carbon storage.  Physical SOC distribution in the regolith 

was quantified using a density and sonication technique to obtain the “free” (non-mineral 

associated), “occluded” (SOC putatively located within aggregates and/or coated with 

minerals), and “mineral” (SOC associated directly with mineral surfaces) C pools. We 
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measured total C and N, δ
13

C signature, and radiocarbon derived mean residence time 

(MRT) estimates of bulk soil and the physically separated C fractions to quantify SOC 

change with climate, vegetation, and landscape position.  The results of this study 

document a transition in SOC stabilization mechanisms from mineral association and 

burial in the desert scrub system to a mix of mineral and occlusion stabilization in high 

elevation conifer forest. The convergent sites exhibited the highest degree of SOC 

accumulation and the longest SOC residence times across all locations, suggesting the 

downslope transport and burial of SOC in convergent soils as an important topographic 

control on SOC storage. The pine site was an exception to this trend where recent fire in 

the past decade appears to have left significant impact on the radiocarbon signatures of 

the SOC fractions and bulk samples. The combined data sets provide the basis for 

understanding ecosystem and landscape position level variation in SOC stabilization and 

for constraining how shifts in climate may affect SOC storage across this range of 

semiarid environments. 

 The fourth study (Appendix E) explored the bioclimatic and topographic factors 

controlling the geochemistry, primary mineral composition and abundance, and 

secondary mineral assemblage of the granitic SCM-CZO soils. The desert scrub and 

mixed conifer field sites represent significant climatic end members across the SCM 

environmental gradient and were selected for comparison in this work. Additionally, two 

catena end member pairs were selected within each site to represent variation in local 

topography which included divergent, water-shedding summits and convergent, water-

gathering footslopes. Soils and parent rock were characterized using x-ray diffraction and 
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x-ray fluorescence. Dust samples were collected from ridge top dust traps at the desert 

scrub site and were examined using x-ray fluorescence. The desert scrub soils were 

enriched in biotite, oligoclase, orthoclase, and total feldspar. Conversely, the mixed 

conifer soils were depleted in feldspars relative to the parent rock with only slight 

mineralogical enrichment in the surface soils. Elemental losses of Na, Si, and K+Ca were 

documented in all of the desert scrub soils, where the greatest degree of chemical loss 

occurred in the surface soils from both landscape positions. Elemental losses in the mixed 

conifer soils were greatest in the surface soils and trended towards the parent rock with 

depth. The desert scrub and mixed conifer sites were substantially enriched in Fe+Mg, 

particularly in the mixed conifer convergent pedons where gains were more than twice 

those for the divergent sites. The enrichment of biotite, Fe+Mg, and total feldspars in the 

surface soils of both sites led to an examination of dust in the regolith profile. Dust 

fraction estimates ranged from 1 to 21% in desert scrub soils and from 1 to 35% in the 

mixed conifer soils. Greater mineral and elemental losses in the mixed conifer sites 

suggest that climate and vegetation are key controls in mineral transformation across 

these sites. The increased degree of mineral and elemental loss in the convergent sites 

indicates that landscape position is a critical local scale control on mineral weathering. 

These findings also emphasize that eolian deposition may have significant impact on soil 

development across the SCM and requires further study. 
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Abstract 

 

Soils require study across semiarid ecosystems to better understand soil organic 

carbon storage and landscape evolution in water limited environments. The main 

objective of this research was to quantify soil morphologic development across 

contrasting climate-vegetation zones and landscape positions. Five ecosystems were 

sampled along the Santa Catalina Mountain environmental gradient, which exhibits 

significant variation in precipitation (25 to 85 cm yr
-1

), temperature (24 to 10°C), and 

vegetation (desert scrub → mixed conifer). Granitic soil, saprock, and parent rock were 

described and sampled from divergent summit and convergent footslope landscape 

positions within each climate-vegetation zone. Laser particle size analysis was combined 

with elemental analysis to determine particle size distribution and total carbon percentage 

for all soils. Harden’s profile development index was applied to explore changes in soil 

development as a function of climate and landscape position. Soil organic carbon 

concentrations increased significantly from 0.37 to 1.1 kg m
-3

 in the transition from 

desert scrub to mixed conifer convergent soils. Silt concentrations also increased 

significantly between the two field sites, with values increasing from 4.6 to 23 kg m
-3

 in 

convergent soils. Profile development indices more than doubled from the desert scrub to 

mixed conifer sites. When comparing profile development indices at the hillslope scale, 

there was little difference in soil development between desert scrub divergent and 

convergent landscape positions. However, the profile development indices in the mixed 

conifer convergent positions were two-fold higher than those of adjacent divergent sites, 

suggesting a topographic control on water availability and soil development in these 
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forests. The results demonstrate important links between water availability and soil 

organic carbon accumulation, both regionally across different climate-vegetation zones 

and locally, at the hillslope scale of study.  
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1. Introduction 

In the hot, dry ecosystems of the southwestern United States, water availability 

and topography are central to understanding soil and landscape evolution. Water 

availability is the dominant driver of soil formation in water limited climates where 

precipitation regulates soil production and erosion, vegetation distribution and primary 

production, soil organic carbon storage, and the degree of primary mineral alteration to 

secondary products. Topography and landscape position are particularly important in 

water limited systems through their control on the redistribution of limited water 

resources that can lead to significant variation in hillslope scale soil development and 

physiochemical properties (Muhs, 1982). It is necessary to understand the coupling of 

soil, climate, and landscape position in the desert Southwest where predicted changes in 

temperature extremes and precipitation variability may drive significant shifts in water 

availability and biological production (Seager et al., 2007; IPCC, 2013). In this study, we 

assess soil development across an array of semiarid ecosystems and examine climate-

landscape position controls on soil properties.  

Elevation gradients compress large precipitation and temperature fluctuations 

over short distances and can encompass a wide range of ecosystems (Dahlgren et al., 

1997), making these systems ideal for examining the effects of climate on soils, carbon, 

and vegetation (Koch et al., 1995).  In general, western US elevation gradients extending 

>1,500 m of elevation gain exhibit substantial increase in water availability with 

elevation resulting from greater precipitation, decreased temperature, and decreased 

evapotranspirative demands at higher elevations. In many cases, such gradients span the 
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transition from water limited to energy limited ecosystems, where water and energy 

limitations are defined by the ratio of mean annual precipitation to potential 

evapotranspiration, or 1 < MAP/PET > 1, respectively (Budyko, 1974).  This transition 

can manifest as significant variation in primary production and soil development with 

strong climate related gradients in soil organic carbon stocks (Landi et al., 2003; Dai and 

Huang, 2006; Homann et al., 2007; Meier and Leuschner, 2010) and degree of soil 

development (Whittaker et al., 1968; Dahlgren et al., 1997; Bockheim et al, 2000; Egli et 

al., 2003; Rasmussen et al., 2007; Graham and O’Geen, 2010; Rasmussen et al., 2010).   

Previous work across arid and semiarid climate gradients indicates several distinct 

trends among climate, landscape position, vegetation, and soil development. The 

importance of moisture availability and primary productivity for soil organic carbon 

(SOC) storage was demonstrated along an arid to humid West African precipitation 

gradient where soil organic carbon stocks increased from 20 Mg C ha
-1

 to >120 Mg C ha
-

1 
when precipitation increased from 400 mm yr

-1
 to >1200 mm yr

-1
 (Saiz et al., 2012). 

The authors identified sand content and available water content as the strongest combined 

predictors of soil organic carbon, explaining 85% of soil organic carbon variability across 

sites. Soil CO2 levels increased along an arid to sub-humid eastern Mojave Desert climate 

gradient in relation to increased moisture availability and primary productivity with 

increasing elevation (Amundson et al., 1989a). Elevated soil CO2 concentrations can 

increase carbonic acid weathering and transformation of primary minerals with strong 

seasonal variation in soil CO2 related to limited moisture availability in summer months 

(Amundson et al., 1989b).  
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Landscape position regulates the local redistribution of water, clays, ions, and 

minerals (Jenny, 1941; Tardy et al., 1973; Schimel et al., 1985; Pennock and Jong, 1990; 

Weitkamp et al., 1996; Applegarth and Dahms, 2001). Divergent, erosional landscape 

positions shed soil, carbon, and water constituents to adjacent, water receiving, or 

convergent portions of the landscape (Nicolau et al., 1996; Birkeland, 1999; Ritchie et al., 

2007). Soils that accumulate in depositional convergent positions contain distinct patterns 

of soil mineral assemblage (Berry, 1987; Hattar et al., 2010; Khomo et al., 2011; Owliaie, 

2014), vegetation composition and biomass (Gessler et al., 1995), and carbon 

sequestration (Rosenbloom et al., 2006; Hancock et al., 2010). Knowledge of this local 

scale variation, in addition to climate controlled water availability, is critical to estimating 

ecosystem level carbon storage (Webster et al., 2011) and for assessing the coupling 

among soil, landscape position, and vegetation (Yoo et al., 2006; Ziadat et al., 2010). 

Here, we use soil morphologic, physical, and chemical data, and profile development 

indices to quantify soil variation with landscape position across a gradient of water 

availability.   

The Profile Development Index (PDI; (Harden, 1982) is an empirical tool 

developed to quantify soil development based on soil morphologic properties. The 

Harden PDI was adapted from Bilzi and Ciolkosz (1977) and assigns point scores to soil 

horizons based on properties that differ from those of the parent material. The PDI has 

been demonstrated to effectively capture soil development variation with climate, relief, 

and time (Swanson and Paul, 1985; Birkeland and Burke, 1988; Birkeland and Gerson, 

1991; Miller and Birkeland, 1992; Birkeland, 1994; Vidic and Lobnik, 1997; Applegarth 
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and Dahms, 2001; Munroe and Bockheim, 2001; Badía et al., 2009; Sauer, 2010; Calero 

et al., 2013). Significant correlations between PDI and time are well established in the 

literature across a range of climatically distinct study sites. For example, PDI increased 

systematically with age across semiarid Mediterranean sites in Spain where carbonate 

accumulation was the dominant mechanism driving soil development and the increases in 

PDI (Badía et al., 2009). Similarly, PDI values increased significantly with age along a 

1.6 million-year-old xeric-thermic chronosequence in the Sacramento Valley, California, 

where clay accumulation and reddening were the dominant changes driving PDI 

increases (Busacca, 1987). Climate was identified as the primary factor driving PDI 

variation among terrace deposits in the temperate-humid climate of Ljubljana Basin, 

Slovenia (Vidic and Lobnik, 1997), and topography was a controlling factor on PDI 

variation in comparing soils from bar and swale sites (Harrison et al., 1990).   

A number of studies have specifically focused on comparing PDI values among 

different topographic positions. Generally, PDI values indicate that soil development is 

greater in convergent footslope positions compared to adjacent divergent summit 

positions. For example, PDI values were greatest in the footslope positions of two 

granitic catenas formed on moraines in southern Idaho that varied in age from ~20 to 140 

kyr (Swanson and Paul, 1985; Berry, 1987; Applegarth and Dahms, 2001). Interestingly, 

PDIs for the corresponding summit positions were comparable and did not increase with 

time, suggesting that in this system, topographic controls on soil development were more 

important than landscape age. Research across catenas spanning a precipitation gradient 

in Peru indicated that PDI values for soils in drier, footslope positions were two times 
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lower than for footslopes in wetter climates compared to the respective summit positions 

where only minor differences in PDI were documented (Miller and Birkeland, 1992).  

The objective of this study was to examine how both water availability and 

landscape position control soil development across a semiarid environmental gradient. 

Profile development indices were combined with soil taxonomic classification, soil 

texture, and soil organic carbon to characterize profile development.   

2. Methods 

2.1 Experimental design  

The experimental design for this study included sampling soils from two 

landscape positions, a convergent footslope, and a divergent summit, in each of five 

separate ecosystems that span the range of climate and vegetation variation encompassed 

by the Santa Catalina Mountain (SCM) environmental gradient in southeastern Arizona 

(Fig. 1a,b). Mean annual temperature decreases from 18°C to 9°C and mean annual 

precipition increases from 450 mm yr
-1

 at low elevations of 800 m above sea level (a.s.l.) 

to 950 mm yr
-1

 at high elevations of 2,500 m a.s.l. (PRISM Climate Group, 2008). 

Moisture class was defined as the ratio of mean annual precipitation (MAP) to potential 

evapotranspiration (PET), and the sites grouped as water limited (MAP/PET <1) and 

energy limited locations (MAP/PET >1). The MAP/PET ratios increased from 0.53 at the 

desert scrub sites to 1.47 in the mixed conifer sites where PET is based on the 

Thornthwaite-Mather approximation (Thornthwaite and Mather, 1957).    
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Vegetative communities change concurrent with climate variation across the 

gradient ranging from desert scrub to mixed conifer, and are well characterized in terms 

of aspect, climate, and net primary productivity (Whittaker and Niering, 1965; Whittaker 

et al., 1968). Aboveground biomass and net aboveground primary productivity range 

from 0.26 to 79 kg m
-2

 and 0.092 to 1.05 kg m
-2

·yr
-1

, respectively (Whittaker and Niering, 

1975). The sampled climate-vegetation zones include desert scrub (1,092 m a.s.l., Fig. 

2a), desert grassland/oak woodland (1,436 m a.s.l., Fig. 2b),  low ponderosa pine (2,111 

m a.s.l., Fig. 2c), mid ponderosa pine (2,230 m a.s.l., Fig. 2d), and mixed conifer (2,408 

m a.s.l., Fig. 2e). The low ponderosa pine ecosystem was located at the ecotone between 

the mixed oak–pine woodland ecosystem and the higher elevation mixed conifer 

ecosystem, which captured the transition from water limited to energy limited 

ecosystems.  

Soil moisture regimes varied from aridic in the desert scrub sites, to aridic 

bordering on ustic in the grasslands/oak woodlands sites, to ustic in the pine and mixed 

conifer sites. The soil temperature regimes were classified as thermic in the desert scrub 

and grasslands/oak woodland sites and transitioned to mesic starting in the low ponderosa 

pine sites.  

The landscape positions were selected to represent catena end members of the 

local topography that included soils sampled from two water shedding summits, referred 

to as divergent positions, and two adjacent water gathering footslope sites, referred to as 

convergent positions (Birkeland, 1999). The soils were collected from north facing 
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transects that ran perpendicular to the slope to minimize colluvial layer differences 

among sites (Fig. 3a,b). Four pedons, two convergent and two divergent, were sampled in 

each of the field areas with the exception of the grasslands/oak woodlands site where 

only one suitable convergent soil pedon was studied.  

The SCM geology spans Precambrian to Tertiary aged intrusive parent rock as 

characterized based on a 1:125,000 spatial database (Dickinson, 1991, 2002). All 

sampled soils formed on granitic materials that have a relatively narrow range in mineral 

composition and grain size. Desert scrub soils were sampled on the Catalina granitic 

pluton (Oligocene-Miocene), the grasslands/oak woodlands on the Oracle Ruin granite 

suite (Middle Proterozoic), the low and mid ponderosa pine sites on Leatherwood quartz 

diorite (Upper Cretaceous to Paleocene), and the mixed conifer on Two-mica granite on 

the Wilderness granite suite (Eocene) (Fig. 1b). 

2.2 Soil and saprock collection and characterization  

Soil and saprock materials were sampled by genetic horizon and morphology 

described following standard methods (Schoeneberger et al., 2002), with data collected 

for structure, consistence, horizonation, percent rock fragment, roots, and Munsell color. 

Saprock, defined as material that is similar to parent rock structure, breakable with bare 

hands, and composed of primary minerals not extensively transformed by chemical 

alteration (Graham et al., 2010), was collected at the depth of refusal for parent material 

characterization. Base saturation percent was estimated based on its correlation with pH 
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(Whittaker et al., 1968) to distinguish between umbric and mollic epipedons in the 

conifer ecosystems for soil taxonomic classification (Soil Survey Staff, 2010).     

Collected soils and saprock were air-dried, sieved to isolate the fine-earth fraction 

(< 2 mm), and prepared for physical, mineralogical, and organic carbon laboratory 

analyses (Soil Survey Staff, 2004).  Samples were pretreated to remove organic matter 

using NaOCl adjusted to pH 9.5 with hydrochloric acid (Soil Survey Staff, 2009), prior to 

laser particle size analysis and secondary mineral characterization (Soil Survey Staff, 

2009). Particle size distribution was determined on pretreated samples using a LS 13 320 

Laser Diffraction Particle Size Analyzer (Beckman Coulter, Brea, CA, USA) following 

dispersion with 5% sodium hexametaphosphate, and mixing for 48 hours on a rotary 

shaker.   

Total carbon and nitrogen measurements were made on all samples at the 

University of Arizona’s Environmental Isotope Laboratory.  Each sample was prepared 

by ball-milling ~3.5 grams of material in a stainless steel canister with 3 tungsten carbide 

ball bearings for 10 minutes. The ground samples were analyzed on a Finnigan Delta Plus 

XL (Thermo Fisher Scientific, Bremen, Germany) coupled to an elemental analyzer 

(Costech Analytical Technologies Inc., Valencia, CA, USA). Samples did not exhibit any 

evidence of carbonates so total C and N were assumed to equal organic C and N. Organic 

C and N weight percentages were reported on an oven-dry basis.  
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Soil C stocks were calculated on a kg m
-2

 basis:  
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where ρs is the soil bulk density, zi is horizon thickness, Vr is volumetric rock fragment, 

and C% is percent carbon as determined by laboratory analyses described above. The Ci 

values were reported for each horizon and then summed to report as C per pedon. Bulk 

density was estimated following Rawls (1983). The Vr was based on the >2 mm fraction 

sieved from field samples and converted from a weight percent to a volume percent 

following Torri et al. (1994).   

The concentration of soil C with units of kg m
-3

 was calculated as:  
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where Ci is the total horizon C (kg m
-2

) determined in Eq. 1 and zi is total horizon 

thickness. The Ci (kg m
-3

) values were reported on a horizon and pedon basis.  

The soil texture components (sand, silt, and clay) and soil organic carbon were 

reported on an oven-dry weight percent basis, on a mass per area basis [Eq. 1], and on a 

concentration basis [Eq. 2] to explore patterns across field sites, with pedon depth, and 

for statistical testing.   
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2.4 Calculation of Profile Development Index 

Profile Development Index (PDI) values were calculated for all soil profiles. The 

index was based on assigning points for increases in soil property development compared 

to parent material at a given site (Harden, 1982; Harden and Taylor, 1983). Site-specific 

saprock was used as the parent material for each field area to account for differences in 

parent rock composition. Seven field properties were input into the corresponding PDI 

equations, quantified for each genetic horizon, and normalized according to steps 

outlined by Harden and Taylor (1983).  Dry and moist Munsell color data were used to 

calculate rubification, color paling, melanization, and color lightening. Soil structure, dry 

consistence, and texture were also integrated into the index.  

Profile development indices were also calculated from soil field descriptions for 

an additional 24 summit and backslope pedons in the SCM and Rincon Mountain ranges 

to expand the sample set for comparison to other soil development studies across the 

southwest US. Twelve of the soil field descriptions originated from an environmental 

gradient study in the Rincon Mountains that are adjacent to the SCM, with sites spanning 

desert scrub, oak woodland, and pine (Rasmussen, 2008) and another four from a granitic 

soils study in the SCM pine forest (Heckman and Rasmussen, 2011). Nine additional 

SCM sites ranging from desert scrub to mixed conifer described as part of graduate and 

undergraduate class field trips were also included (Rasmussen, unpublished data). The 

PDIs calculated for each representative field area were averaged and presented as a site 

average for reporting purposes.  
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2.5 Statistical analyses 

One-way ANOVAs and post-hoc Student’s t-tests were used to evaluate 

differences among soil properties with ecosystem, landscape position, and moisture class 

as the main effects.  We could not directly test for ecosystem by landscape position 

interaction effects due to the limited number of pedons sampled at each field site.  The 

tests were performed using JMP software (Version 11.0, SAS Institute Inc., Cary, NC) on 

natural log transformed soil properties including percentages (g 100 g
-1

), mass per area 

(kg m
-2

), and concentrations (kg m
-3

), and on natural log-transformed PDI values. 

 

3. Results and Discussion 

3.1 General soil properties 

3.1.1 Soil taxonomic classification 

 Soil taxonomic classification varied with ecosystem type and landscape position. 

Observed soil profiles were generally < 50 cm to the saprock contact, contained > 35% 

rock fragment by volume, and exhibited no subsurface diagnostic horizon development 

(Table 1). Soils were predominantly classified as Entisols or Mollisols with 

classifications of Typic Torriorthents in the desert scrub convergent and divergent sites, 

Aridic Haplustolls in the grasslands/oak woodlands convergent and divergent sites, and 

Typic Ustorthents in the low ponderosa pine convergent and divergent sites (Table 1). 

Little taxonomic variation was observed across the drier, low elevation sites. The 

exception was the desert grasslands/oak woodlands soils which were classified as 

Mollisols, a result of increased belowground carbon accumulation in the grass-dominated 
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ecosystem. The taxonomic classification for the mid ponderosa pine and mixed conifer 

soils differed by landscape position, where the divergent sites were classified as Entisols 

and the convergent sites as Mollisols. For example, the mixed conifer divergent soils 

were both Typic Ustorthents compared to the convergent soils which were Typic 

Haplustolls. The conifer locations classified as Entisols typically exhibited ochric 

epipedons and were too shallow and/or too high in soil color value to be classified as 

mollic epipedons. In contrast, the darker, deeper, carbon-rich soils in the convergent 

landscapes classified as Mollisols, indicating an accumulation of both carbon and 

exchangeable cations in the convergent positions. Distinct taxonomic differences by 

landscape position occurred in the systems where MAP/PET >1, suggesting greater 

topographic effects on taxonomy in wetter climates.   

3.1.2 Soil carbon profiles 

Soil organic carbon weight percentages increased across the gradient, with a 

marked transition from the water limited to energy limited systems (Table 2). The mixed 

conifer soils contained significantly more soil organic carbon on a weight percent basis 

when compared to the desert scrub (p<0.0005), low ponderosa pine (p<0.005), and mid 

ponderosa pine soils (p<0.02) (Table 2, Table A1). These data demonstrate an increased 

accumulation of soil organic carbon in the mineral matrix across ecosystems with greater 

moisture availability and higher rates of primary production, a trend widely recognized in 

other mountainous environments (Whittaker et al., 1968; Galioto, 1985; Jobbágy and 

Jackson, 2000; Homann et al., 2007; Meier and Leuschner, 2010).  
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Similarly, soil organic carbon concentrations increased with elevation (Fig. 4). 

The desert scrub, grass-oak woodland, and ponderosa pine locations all exhibited greater 

concentrations of carbon in convergent surface horizons, suggesting a lateral transport 

and accumulation of organic materials from adjacent landscape positions. In contrast, the 

mixed conifer locations did not vary substantially in surface carbon concentrations, with 

a divergent site average of 0.41± 0.03 kg m
-3

 relative to a convergent site average of 

0.45± 0.10 kg m
-3

 (Fig. 4c). Organic carbon concentrations generally decreased with 

depth across all ecosystems and landscape positions; however, convergent locations 

tended to show higher carbon concentrations with depth relative to divergent locations. 

The desert scrub divergent soils exhibited the most uniform carbon concentrations with 

depth, where surface values averaged 0.09 ± 0.01 kg m
-3

 compared to an average 

concentration of 0.03 ± 0.01 kg m
-3

 in saprock horizons. The lack of variation with depth 

is a function of the overall low primary productivity in desert scrub locations (Whittaker 

and Niering, 1975) (Fig. 4a). 

The stock (kg m
-2

) of soil organic carbon increased significantly with elevation 

(Table 3). Soil organic carbon stocks increased nearly eight-fold in the divergent 

positions from 1.2 ± 0.10 kg C m
-2

 in the desert scrub soils to 8.7 ± 0.02 kg C m
-2

 in the 

mixed conifer divergent soils. In comparison, the soil organic carbon stocks in the 

convergent landscapes increased more than four-fold from 3.7 ± 2.3 kg m
-2

 in the desert 

scrub soils to 16.7 ± 0.07 kg m
-2

 in the mixed conifer soils. Convergent locations 

generally exhibited carbon stocks twice that of adjacent divergent landscape positions, 

supporting the concept of soil organic carbon accumulation in the foot- and toe-slope 
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positions (Schimel et al., 1985; Miller and Birkeland, 1992; Hancock et al., 2010), 

although the relative increase from desert scrub to mixed conifer systems was half that of 

the divergent positions. The mixed conifer carbon stocks were similar to mixed conifer 

carbon stocks of 10-15 kg C m
-2

 observed in the Sierra Nevada of California (Dahlgren et 

al., 1997) and stocks of 5-7 kg C m
-2

 in Rocky Mountain mixed pine and spruce-fir 

forests (Kueppers and Harte, 2005). The data indicate that soil organic carbon varies 

significantly by ecosystem type and landscape position, suggesting both must be 

accounted for when quantifying soil organic carbon stocks in the topographically 

complex regions of the desert southwest (Hanawalt and Whittaker, 1976). 

3.1.3 Particle size profiles 

Sand sized particles dominated the fine-earth fractions across all sites, with a 

general decrease in percent sand with increasing elevation (Table 2). The desert scrub 

soils contained significantly greater sand weight percentages relative to mid ponderosa 

pine (p<0.001) and mixed conifer soils (p<0.03), and sand weight percentages in the 

mixed conifer soils were significantly lower than the low ponderosa pine sites (p<0.003, 

Table A1). The desert scrub silt weight percentages were significantly lower than the low 

ponderosa pine (p<0.002), mid ponderosa pine (p<0.001), and mixed conifer soils 

(p<0.0001, Table 3). Clay weight percentages tended to increase from the desert scrub to 

mixed conifer field sites (Table 2), but the differences were not significant (Table 3). The 

high sand weight percentages observed across all field sites reflects a strong parent 

material control on soil texture, particularly in the water limited, low elevation systems. 

However, a general fining of particle size distribution with increasing elevation was 
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observed that may be related to greater water availability and primary production 

facilitating greater physical and chemical weathering. Sand, silt, and clay concentrations 

were uniform with depth and exhibited minimal variation across all observed pedons 

(Fig. 5), with the greatest differences observed between landscape positions in the mid 

ponderosa pine and mixed conifer field sites (Fig. 5b,f,i).  

Changes in particle size distribution across landscape positions were generally 

minimal and varied by <15% in most cases (Table 2, Table 4). These data contrast a 

toposequence study of granitic soils in southern California with xeric and thermic soil 

moisture and temperature regimes. The authors found that summit and shoulder 

landscape positions contained maximum sand and clay percentages of 83% and 12%, 

relative to 68% and 39% in footslope positions (Nettleton et al., 1968; Graham and 

O’Geen, 2010). The contrast in particle size distribution with landscape position between 

the SCM sites and the southern California soils likely reflects differences in soil moisture 

regimes where mineral weathering is enhanced in the xeric soil systems. The largest 

accumulation of clay was observed in the mixed conifer convergent soils (Fig 5i, Table 2) 

with a clay content of 129 kg m
-2

 compared to 30 kg m
-2 

in the divergent soils. These 

results contrast those of Dahlgren et al. (1997) that found a maximum clay accumulation 

of 536 kg clay m
-2

 in a similar mixed conifer ecosystem where precipitation, temperature, 

vegetation, and parent material were comparable to the SCM mixed conifer site. The 

large contrast in clay accumulation likely results from contrasting precipitation patterns 

between the Sierra Nevada and the SCM. The Sierra Nevada locations occur in a winter 

rainfall regime where precipitation arrives in large, low intensity events that occur when 
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evapotranspirative demand is low, allowing for maximum water flux and chemical 

weathering. In comparison, the SCM sites are characterized by a bimodal precipitation 

regime with ~50% of annual rainfall delivered as short, intense summer rainfall events 

when evapotranspirative demand is high (Sala et al., 1992). This allows for substantial 

loss to of precipitation to evapotranspiration and limits the flux of water through the soil 

profile (Cavanaugh et al., 2011; Sponseller et al., 2012).  

The clay contrast index (CCI) was used to characterize clay redistribution within 

profiles and between landscapes positions following Young (1976) and Khomo et al. 

(2011). The within-profile CCI was calculated as a ratio between the clay weight percent 

in the uppermost mineral horizon and the maximum clay percent observed in the 

subsurface. The between-profile CCI was determined by dividing the depth-weighted 

average clay percent from the divergent locations by the maximum depth-weighted clay 

percentage in the convergent locations (Khomo et al., 2011). The between-profile CCIs 

ranged from 0.26 ± 0.02 in the desert scrub site to 0.35 ± 0.01 in mixed conifer site 

(Table 2). These values fall within the CCI <0.5 grouping described by Khomo et al. 

(2011) for dry sites exhibiting low clay percentages and relatively uniform clay 

distribution across landscape positions.  

The within-profile CCI values were relatively low for the conifer soils, with 

average values of 0.21 ± 0.012 for the divergent sites and 0.33 ± 0.12 for the soils in 

convergent landscape positions, indicating relatively uniform clay distribution with 

depth. The mixed conifer soils exhibited the lowest degree of within-profile clay 

redistribution where soils in divergent and convergent landscapes averaged 0.06 ± 0.09 
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and 0.15 ± 0.23, respectively.  In contrast, the desert scrub pedons exhibited greater CCI 

values, with an average within-profile CCI of 0.59 ± 0.01 in the convergent sites and 0.12 

± 0.20 in adjacent divergent sites, indicating greater subsurface redistribution of clays in 

convergent desert scrub profiles relative to any other location sampled across the 

gradient. Greater within-profile CCIs in the desert scrub convergent position may be a 

function of greater water availability and mineral weathering, or the preferential 

transport, accumulation, and translocation of fines in the convergent positions.  Greater 

within-profile CCI values in these profiles may also reflect preferential accumulation of 

dust. Dust inputs can contribute significantly to the fine earth fraction in the southwest 

US (Reheis, 2006; Reynolds et al., 2006; Hirmas and Graham, 2011), with dust inputs 

occurring as wet and dry deposition (Osada et al., 2014) and during intense rainfall events 

(Burt, 1991; Sala et al., 1996; Hopkins, 2010) that can rapidly transport dust into the 

subsurface.  

3.2 Profile development index  

3.2.1 Normalized field properties  

Normalized melanization and structure generally increased with elevation, 

whereas the other properties, including rubification, texture, color lightening, color 

paling, and consistence exhibited little to no change (Table 5). Structure and melanization 

were most strongly expressed in the high elevation conifer sites. Melanization generally 

decreased with depth, reflecting greater organic matter content in surface horizons. 

Melanization and structure were one- to two-fold higher than rubification in all SCM soil 

pedons (Table 5). Rubification, texture, consistence, and clay film expression generally 
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correspond most significantly with soil age in studies of soils formed from coarse, 

granitic parent rock (Harden and Taylor, 1983). The mean residence time of soils in the 

SCM ranges from 5 to 12 kyr (Rasmussen, 2008), indicating soils of Holocene age. The 

lack of any strong pattern in rubification and other properties associated with soil age is 

thus likely a function of the relatively young and uniform ages of soils in the SCM. In 

comparison, structure, melanization, and other properties are generally associated more 

strongly with other factors such as climate and water availability (Harden and Taylor, 

1983), similar to patterns observed here.  

3.2.2 Profile development index  

Profile development index values increased more than two-fold across the SCM, 

with the highest PDI values observed at the mixed conifer convergent sites (Fig. 6, Table 

5). The desert scrub PDIs were significantly less than those calculated for the mixed 

conifer soils (p <0.02, Table 3, Table A1) as were the PDIs calculated for convergent and 

divergent positions (p<0.02, Table 4).  Divergent PDI values increased from 2.6 to 7.4 

across the SCM gradient, whereas convergent PDI values increased from 7.6 to 17. The 

PDI values for the additional SCM and Rincon Mountain summit and backslope pedons 

increased from 1.1 to 10 with increasing elevation and water availability following a 

logarithmic function (r
2
 = 0.58, p<0.008; Fig. 6). The sampled SCM divergent profiles 

fall well within the 95% confidence limits of this function, indicating a consistent trend 

of increasing PDI with increasing water availability. Interestingly, four of the five 

convergent sites plot outside of and above the 95% confidence interval calculated for the 

PDI-climate function, indicating significantly greater PDI values than expected for a 
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given MAP/PET. These data strongly suggest that focused water accumulation in 

convergent areas significantly increases soil development relative to that expected for a 

given climate regime, highlighting topography as an important control on PDI variability 

in these environments. For example, the desert scrub convergent PDI value of 7.6 is 

identical to that of the divergent mixed conifer PDI of 7.4, suggesting a localized 

MAP/PET equivalent to ~1.5, rather than the MAP/PET value of ~0.6 calculated for the 

desert scrub location. 

Profile development indices from this study were similar to other arid and 

semiarid Holocene aged sites in the southwestern US (Harden, 1982; Harden and Taylor, 

1983; Harden et al., 1991). For example, maximum PDIs ranged from 7.9 to 51 in Las 

Cruces, NM, from 2.3 to 19.7 at Silver Lake Playa, CA, and from 6 to 34 in soils at Kyle 

Canyon and Fortymile Wash in Nevada.  The conifer PDIs in the current study also 

overlapped with the lower PDI end members of the xeric Ventura and Merced soils in 

California (Harden et al., 1991). Overall, the SCM soils exhibit PDIs similar to other 

water limited ecosystems in the southwest US.  

The increase in PDI values with elevation were a function of the increase in 

normalized melanization and structure values across the SCM gradient. These changes 

were largely related to an increase in soil organic carbon content with elevation that 

corresponded to greater primary productivity and water availability. Indeed, PDI values 

were highly correlated to soil carbon stocks for both convergent (r
2
 = 0.66, p< 0.01) and 

divergent (r
2
 = 0.74, p<0.01) profiles. These data indicate that soil organic carbon 

accumulation is the dominant control on PDI variation across the SCM locations and can 
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be related directly to variation in water availability. Therefore, water availability appears 

to produce the greatest variation across semiarid ecosystems in the SCM sites in 

agreement with previous work in water limited ecosystems that linked PDI variation to 

both water and carbon availability (Harden et al., 1991; Vidic and Lobnik, 1997; Badía et 

al., 2009). Furthermore, the SCM sites exhibited PDI variation by landscape position, 

where convergent PDI values were more than two-fold higher relative to divergent sites 

across the SCM gradient. These results are similar to others who found PDI values to be 

greatest in footslope landscape positions (Swanson and Paul, 1985; Berry, 1987; 

Applegarth and Dahms, 2001). The SCM sites also corresponded to a study where PDIs 

in footslope positions increased with moisture availability across a Peruvian alpine 

gradient compared to summit positions that exhibited little to no PDI increase in wetter 

climates (Miller and Birkeland, 1992). 

 

4. Summary 

The results of this research demonstrate that climate and landscape position exert 

significant control on soil development in semiarid ecosystems. The key findings include: 

 Profile development indices and soil organic carbon storage were greatest in the 

mixed conifer soils, where moisture availability facilitates increased primary 

productivity and organic carbon accumulation.  

 Water gathering convergent locations concentrate soil organic carbon and fine-

grained soil materials relative to upslope divergent sites.  
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 Convergent landscape positions exhibited PDI values that were 2-fold greater than 

adjacent divergent landscape positions, a function of topographic concentration of 

limited water resources into downslope portions of the landscape.  

 The profile development index was effective for quantifying variation in 

Holocene-aged soils across contrasting climates and landscape positions, both of 

which must be considered when examining soil morphology and soil carbon 

storage in semiarid ecosystems.     
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6. Figures and Tables 

 

 
 

Figure 1. a) Locations of the field sites encompassed by the Santa Catalina Mountain 

environmental gradient and b) a geological map denoting differences in granitic terrain 

across the SCM. 
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Figure 2. Landscape and convergent pedon photographs for the a) desert scrub, b) desert 

grasslands/oak woodlands, c), low pine, d). mid pine, and e). mixed conifer sites.  
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Figure 3. Examples of divergent and convergent landscape positions at the low pine site. 
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Figure 4. Soil depth plots for soil organic carbon distribution for divergent and 

convergent landscape positions within the a) desert scrub, b) ponderosa pine, and c) 

mixed conifer field sites. 
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Figure 5. Soil depth plots documenting particle size distribution for a) desert scrub sand 

content, b) ponderosa pine sand content, c) mixed conifer sand content, d) desert scrub 

silt content, e) ponderosa pine silt content, f) mixed conifer silt content, g) desert scrub 

clay content, h) ponderosa pine clay content, and i) mixed conifer clay content. 
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Figure 6.  Profile development indices for the Santa Catalina Mountain soils 

(distinguished by landscape position) and PDIs calculated for additional southern Arizona 

pedons.  
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Table 1. General site properties including landscape position, elevation, mean annual 

precipitation (MAP), mean annual temperature (MAT), mean annual 

precipitation/potential evapotranspiration (MAP/PET), and soil taxonomic classification.     

 

 

 

  

Site  Position

Elevation 

(m)

MAP      

(cm yr
-1

)

MAT 

(°C)

MAP/PET

Taxonomic Classification

Desert Scrub Divergent 1092 45 18 0.53 Sandy-skeletal, mixed, superactive, thermic, shallow Typic Torriorthent

Desert Scrub Convergent Sandy-skeletal, mixed, superactive, thermic, shallow Typic Torriorthent

Grasslands/Oak Divergent 1436 56 17 0.69 Loamy-skeletal, mixed, superactive, thermic, shallow Aridic Haplustoll

Grasslands/Oak Convergent Loamy-skeletal, mixed, superactive, thermic, shallow Aridic Haplustoll

Low Ponderosa Pine Divergent 2111 87 12 1.14 Loamy, mixed, superactive, mesic, shallow Typic Ustorthent

Low Ponderosa Pine Convergent Loamy, mixed, superactive, mesic, shallow Typic Ustorthent

Mid Ponderosa Pine Divergent 2230 91 10 1.26 Loamy-sketal, mixed, superactive, mesic Lithic Ustorthent; 

Loamy-skeletal, mixed, superactive, mesic Lithic Haplustoll

Mid Ponderosa Pine Convergent Loamy-skeletal, mixed, superactive, mesic Typic Ustorthent; 

Loamy-skeletal, mixed, superactive, mesic Typic Haplustoll

Mixed Conifer Divergent 2408 95 9 1.47 Loamy-skeletal, mixed, superactive, mesic Typic Ustorthent

Mixed Conifer Convergent Loamy-skeletal, mixed, superactive, mesic Typic Haplustoll
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Table 2. Depth weighted pedon averages for carbon, sand, silt, and clay reported as 

weight percent (± 1 standard deviation) and kg m
-2

 for all field sites. The table also 

includes within-profile and between-profile clay contrast indices ± 1 standard deviation 

for all sites.  

 

 
 

  

Site

Landscape 

Position Pedon C 

Pedon 

Sand 

Pedon 

Silt 

Pedon 

Clay Pedon C Pedon Sand          Pedon Silt Pedon Clay 

Within-

Profile CCI

Between-

Profile CCI

Desert Scrub Divergent 0.47 ± 0.16 82 ± 4.3 12 ± 3.0 6.7 ± 1.3 1.2 ± 0.10 218 ± 96 30 ± 4.7 17 ± 3.2 0.12 ± 0.27 0.26 ± 0.02

Desert Scrub Convergent 0.79 ± 0.44 79 ± 5.4 12 ± 3.2 9.1 ± 2.1 3.7 ± 2.3 352 ± 7.9 54 ± 19 40 ± 13 0.59 ± 0.13

Grasslands Divergent 1.1 ± 0.19 58 ± 2.5 26 ± 2.6 16 ± 0.12 3.4 ± 1.9 143 ± 45 66 ± 15 37 ± 10 0.42 ± 0.07 0.08 ± 0.02

Grasslands Convergent 2.2 ± 0.0 57 ± 0.0 26 ± 0.0 17 ± 0.0 6.2 ± 0.0 160 ± 0.0 72 ± 0.0 43.5 ± 0.0 0.33 ± 0.0

Low Pine Divergent 0.62 ± 0.15 69 ± 3.9 23 ± 0.11 7.3 ± 4.0 2.8 ± 0.09 326 ± 111 109 ± 32 32 ± 8.7 0.23 ± 0.18 0.0 ± 0.00

Low Pine Convergent 1.0 ± 0.52 79 ± 1.2 17 ± 1.0 3.9 ± 0.14 6.6 ± 4.4 500 ± 76 126 ± 0.25 27 ± 1.1 0.47 ± 0.04

Mid Pine Divergent 1.1 ± 0.27 62 ± 8.1 28 ± 4.6 9.4 ± 3.5 4.8 ± 2.1 256 ± 82 113 ± 3.8 36 ± 6.2 0.21 ± 0.12 0.0 ± 0.00

Mid Pine Convergent 0.97 ± 0.27 68 ± 6.0 25 ± 5.9 6.4 ± 0.15 6.8 ± 1.4 443 ± 94 152 ± 5.2 39 ±7.0 0.33 ± 0.12

Mixed Conifer Divergent 2.4 ± 0.25 62 ± 3.2 29 ± 2.8 8.5 ± 0.53 8.7 ± 0.02 218 ± 12 105 ± 20 30 ± 4.5 0.06 ± 0.09 0.35 ± 0.01

Mixed Conifer Convergent 1.8 ± 0.50 48 ± 7.4 39 ± 6.7 13 ± 0.63 17 ± 0.07 487 ± 169 381 ± 15 129 ± 19 0.15 ± 0.23

------------------------------kg m
-2

---------------------------------------------------------%------------------------------
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Table 3. One-way ANOVA results for log-transformed field properties where climate 

was used as the main effect. Desert scrub, low pine, mid pine, and mixed conifer field 

sites were tested as climate groupings. The desert grasslands sites were not included in 

the statistical evaluation due to variation in parent material composition when compared 

to other sites.  

 

 

Level Number Mean ± 1 SD *

Log PDI

Desert Scrub 4 1.5 ± 0.65 B

Low Pine 4 1.9 ± 0.13 A B

Mid Pine 4 2.1 ± 0.45 A B

Mixed Conifer 4 2.4 ± 0.47 A

Log Carbon (kg m
-3

)

Desert Scrub 4 -1.4 ± 0.52 C

Low Pine 4 -1.0 ± 0.43 B C

Mid Pine 4 -0.68 ± 0.32 A B

Mixed Conifer 4 -0.09 ± 0.30 A

Log Sand (kg m
-3

)

Desert Scrub 4 3.3 ± 0.13 A B

Low Pine 4 3.5 ± 0.23 A

Mid Pine 4 3.3 ± 0.25 A B

Mixed Conifer 4 3.0 ± 0.49 B

Log Silt (kg m
-3

)

Desert Scrub 4 1.5 ± 0.21 B

Low Pine 4 2.3 ± 0.12 A

Mid Pine 4 2.4 ± 0.17 A

Mixed Conifer 4 2.5 ± 0.74 A

Log Clay (kg m
-3

)

Desert Scrub 4 0.93 ± 0.29 A

Low Pine 4 0.87 ± 0.34 A

Mid Pine 4 1.1 ± 0.20 A

Mixed Conifer 4 1.4 ± 0.78 A

* Levels not connected by same letter are significantly different
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Table 4. One-way ANOVA results where landscape position was tested as the main 

effect for log-transformed field properties.  

 

 

 

 

  

Level Number Mean ± 1 SD *

Log PDI

Convergent 8 2.3 ± 0.42 A

Divergent 8 1.6 ± 0.49 B

Log Carbon (kg m
-3

)

Convergent 8 -0.56 ± 0.59 A

Divergent 8 -1.0 ± 0.57 A

Log Sand (kg m
-3

)

Convergent 8 3.5 ± 0.17 A

Divergent 8 3.1 ± 0.36 B

Log Silt (kg m
-3

)

Convergent 8 2.3 ± 0.65 A

Divergent 8 2.0 ± 0.41 A

Log Clay (kg m
-3

)

Convergent 8 1.2 ± 0.55 A

Divergent 8 0.92 ± 0.31 A

* Levels not connected by same letter are significantly different
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Table 5. Pedon averages for PDI (± 1 standard deviation), melanization, structure, and 

rubification.  

 

Site
Landscape 

Position
PDI Melanization Structure Rubification

Desert Scrub Divergent 2.6 ± 0.50 0.26 ± 0.10 0.15 ± 0.18 0.08 ± 0.0

Desert Scrub Convergent 7.6 ± 0.97 0.33 ± 0.0 0.39 ± 0.0 0.10 ± 0.01

Grasslands/Oak Divergent 5.8 ± 2.8 0.43 ± 0.10 0.75 ± 0.35 0.0 ± 0.0

Grasslands/Oak Convergent 6.1 ± 0.0 0.71 ± 0.0 0.50 ± 0.0 0.0 ± 0.0

Low Pine Divergent 6.2 ± 1.0 0.21 ± 0.03 0.46 ± 0.06 0.15 ± 0.04

Low Pine Convergent 6.7 ± 0.92 0.35 ± 0.02 0.55 ± 0.23 0.02 ± 0.02

Mid Pine Divergent 6.6 ± 2.8 0.55 ± 0.30 0.44 ± 0.0 0.04 ± 0.05

Mid Pine Convergent 11 ± 4.5 0.43 ± 0.20 0.49 ± 0.16 0.02 ± 0.03

Mixed Conifer Divergent 7.4 ± 0.02 0.29 ± 0.06 0.44 ± 0.08 0.0 ± 0.0

Mixed Conifer Convergent 17 ± 1.1 0.20 ± 0.02 0.58 ± 0.02 0.04 ± 0.0
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 8. Supplementary Documents 

 

Table A1. The two levels, differences, lower/upper confidence limits (CL), and p-values 

from One-Way ANOVAs performed using JMP (Version 11.0, SAS Institute Inc., Cary, 

NC).  

 

 

 

Level Level Difference Lower CL Upper CL p-Value

PDI by site

Mixed Conifer Desert Scrub 0.937 0.224 1.650 0.014

Mid Pine Desert Scrub 0.629 -0.084 1.342 0.079

Mixed Conifer Low Pine 0.555 -0.158 1.268 0.116

Low Pine Desert Scrub 0.382 -0.331 1.095 0.266

Mixed Conifer Mid Pine 0.308 -0.405 1.021 0.366

Mid Pine Low Pine 0.247 -0.466 0.960 0.465

SOC (%) by site

Mixed Conifer Desert Scrub 1.263 0.706 1.819 0.000

Mixed Conifer Low Pine 0.998 0.441 1.554 0.002

Mixed Conifer Mid Pine 0.688 0.131 1.245 0.020

Mid Pine Desert Scrub 0.575 0.018 1.131 0.044

Mid Pine Low Pine 0.310 -0.247 0.866 0.249

Low Pine Desert Scrub 0.265 -0.292 0.822 0.320

Sand (%) by site

Desert Scrub Mixed Conifer 0.386 0.210 0.562 0.001

Low Pine Mixed Conifer 0.305 0.129 0.481 0.003

Desert Scrub Mid Pine 0.211 0.034 0.387 0.023

Mid Pine Mixed Conifer 0.175 -0.001 0.352 0.051

Low Pine Mid Pine 0.130 -0.047 0.306 0.135

Desert Scrub Low Pine 0.081 -0.095 0.257 0.337

Silt (%) by site

Mixed Conifer Desert Scrub 1.063 0.764 1.363 <.0001

Mid Pine Desert Scrub 0.827 0.528 1.126 <.0001

Low Pine Desert Scrub 0.544 0.245 0.843 0.002

Mixed Conifer Low Pine 0.519 0.220 0.818 0.003

Mid Pine Low Pine 0.283 -0.017 0.582 0.062

Mixed Conifer Mid Pine 0.237 -0.063 0.536 0.111
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Table A1 (Continued)  

 

 
  

 

 

 

 

 

 

 

Level Level Difference Lower CL Upper CL p-Value

Clay (%) by site

Mixed Conifer Low Pine 0.720 0.215 1.224 0.009

Desert Scrub Low Pine 0.414 -0.091 0.918 0.099

Mid Pine Low Pine 0.402 -0.103 0.907 0.108

Mixed Conifer Mid Pine 0.318 -0.187 0.823 0.195

Mixed Conifer Desert Scrub 0.306 -0.199 0.811 0.211

Desert Scrub Mid Pine 0.012 -0.493 0.517 0.960

SOC (kg m
-2

) by site

Mixed Conifer Desert Scrub 1.801 0.985 2.617 0.000

Mixed Conifer Low Pine 1.086 0.270 1.903 0.013

Mid Pine Desert Scrub 1.021 0.205 1.838 0.018

Mixed Conifer Mid Pine 0.780 -0.037 1.596 0.060

Low Pine Desert Scrub 0.715 -0.102 1.531 0.081

Mid Pine Low Pine 0.307 -0.510 1.123 0.429

Sand (kg m
-2

) by site

Low Pine Desert Scrub 0.386 -0.248 1.019 0.209

Low Pine Mixed Conifer 0.212 -0.422 0.845 0.481

Mid Pine Desert Scrub 0.204 -0.429 0.838 0.496

Low Pine Mid Pine 0.182 -0.452 0.815 0.544

Mixed Conifer Desert Scrub 0.174 -0.460 0.807 0.561

Mid Pine Mixed Conifer 0.030 -0.603 0.664 0.919

Silt (kg m
-2

) by site

Mixed Conifer Desert Scrub 1.619 0.931 2.308 0.000

Mid Pine Desert Scrub 1.203 0.514 1.891 0.003

Low Pine Desert Scrub 1.085 0.396 1.773 0.005

Mixed Conifer Low Pine 0.535 -0.154 1.223 0.116

Mixed Conifer Mid Pine 0.417 -0.272 1.105 0.212

Mid Pine Low Pine 0.118 -0.571 0.806 0.716
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Table A1 (Continued)  

 

 
 

 

 

 

Level Level Difference Lower CL Upper CL p-Value

Clay (kg m
-2

) by site

Mixed Conifer Desert Scrub 0.886 0.098 1.674 0.031

Mixed Conifer Low Pine 0.765 -0.024 1.553 0.056

Mixed Conifer Mid Pine 0.511 -0.277 1.299 0.183

Mid Pine Desert Scrub 0.375 -0.413 1.163 0.320

Mid Pine Low Pine 0.254 -0.535 1.042 0.496

Low Pine Desert Scrub 0.121 -0.667 0.910 0.743

SOC (kg m
-3

) by site

Mixed Conifer Desert Scrub 1.313 0.696 1.929 0.001

Mixed Conifer Low Pine 0.952 0.336 1.569 0.006

Mid Pine Desert Scrub 0.716 0.099 1.332 0.027

Mixed Conifer Mid Pine 0.597 -0.020 1.214 0.057

Low Pine Desert Scrub 0.360 -0.257 0.977 0.227

Mid Pine Low Pine 0.356 -0.261 0.972 0.233

Sand (kg m
-3

) by site

Low Pine Mixed Conifer 0.573 0.101 1.045 0.022

Desert Scrub Mixed Conifer 0.391 -0.081 0.864 0.096

Mid Pine Mixed Conifer 0.363 -0.109 0.835 0.120

Low Pine Mid Pine 0.210 -0.262 0.682 0.352

Low Pine Desert Scrub 0.181 -0.291 0.653 0.419

Desert Scrub Mid Pine 0.029 -0.443 0.501 0.897

Silt (kg m
-3

) by site

Mixed Conifer Desert Scrub 1.057 0.442 1.671 0.003

Mid Pine Desert Scrub 0.909 0.294 1.523 0.007

Low Pine Desert Scrub 0.789 0.175 1.404 0.016

Mixed Conifer Low Pine 0.267 -0.347 0.881 0.362

Mixed Conifer Mid Pine 0.148 -0.467 0.762 0.610

Mid Pine Low Pine 0.119 -0.495 0.734 0.680
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Table A1 (Continued)  

 

Level Level Difference Lower CL Upper CL p-Value

Clay (kg m
-3

) by site

Mixed Conifer Low Pine 0.505 -0.205 1.215 0.147

Mixed Conifer Desert Scrub 0.448 -0.262 1.158 0.195

Mixed Conifer Mid Pine 0.268 -0.442 0.978 0.427

Mid Pine Low Pine 0.237 -0.474 0.947 0.482

Mid Pine Desert Scrub 0.180 -0.531 0.890 0.592

Desert Scrub Low Pine 0.057 -0.653 0.767 0.864
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8. Supplementary Documents 

Table A1. The two variables, t-statistics, degrees of freedom (df) and p-values from a two-sample t-test performed in 

SigmaPlot (v. 12, Systat Software, Inc.). MC = Mixed Conifer, DS = Desert Scrub, Surf = Surface of soil pedon (0-10 cm), and 

Sub = Subsurface of soil pedon (saprock). Unaltered, edge, and altered refer to the grain sections analyzed.  

 

Variable 1 Variable 2 t-statistic df p-value 

Transformation: Log Na/Al Ratio 

   

     Mixed Conifer         

MC Surf Center MC Surf Edge 2.509 17 0.023 

MC Surf Center MC Surf Altered 21.38 18 <0.001 

MC Surf Edge MC Surf Altered 15.41 17 <0.001 

MC Sub Center MC Sub Edge 0.872 18 0.395 

MC Sub Center MC Sub Altered 22.294 17 <0.001 

MC Sub Edge MC Sub Altered 22.189 17 <0.001 

MC Surf Center MC Sub Center 2.351 18 0.03 

MC Surf Edge MC Sub Edge -1.505 17 0.151 

MC Surf Altered MC Surf Altered -0.978 17 0.342 

     Desert Scrub         

DS Surf Center DS Surf Edge 1.857 18 0.08 

DS Surf Center DS Surf Altered 13.879 18 <0.001 

DS Surf Edge DS Surf Altered 11.409 18 <0.001 

DS Sub Center DS Sub Edge 0.951 18 0.354 

DS Sub Center DS Sub Altered 22.217 18 <0.001 

DS Sub Edge DS Sub Altered 13.477 18 <0.001 

DS Surf Center DS Sub Center -0.0307 18 0.976 

DS Surf Edge DS Sub Edge -0.699 18 0.493 

DS Surf Altered DS Sub Altered -0.34 18 0.738 

     Cross-Site         

MC Surf Center DS Surf Center 5.257 18 <0.001 

MC Surf Edge DS Surf Edge 0.285 17 0.779 

MC Surf Altered DS Surf Altered -2.807 18 0.012 

MC Sub Center DS Sub Center 4.241 18 <0.001 

MC Sub Edge DS Sub Edge 2.425 18 0.026 

MC Sub Altered DS Sub Altered -4.059 17 <0.001 

Table A1 (continued) 
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Variable 1 Variable 2 t-statistic df p-value 

Transformation: Log Si/Al Ratio 

   

     Mixed Conifer         

MC Surf Center MC Surf Edge 0.864 18 0.399 

MC Surf Center MC Surf Altered 11.163 18 <0.001 

MC Surf Edge MC Surf Altered 8.807 18 <0.001 

MC Sub Center MC Sub Edge -0.577 18 0.571 

MC Sub Center MC Sub Altered 9.087 17 <0.001 

MC Sub Edge MC Sub Altered 8.851 17 <0.001 

MC Surf Center MC Sub Center 1.59 18 0.129 

MC Surf Edge MC Sub Edge -0.392 18 0.7 

MC Surf Altered MC Sub Altered -0.621 17 0.543 

     Desert Scrub         

DS Surf Center DS Surf Edge -0.000818 18 0.999 

DS Surf Center DS Surf Altered 3.242 18 0.005 

DS Surf Edge DS Surf Altered 3.17 18 0.005 

DS Sub Center DS Sub Edge -2.884 18 0.01 

DS Sub Center DS Sub Altered 6.432 18 <0.001 

DS Sub Edge DS Sub Altered 7.12 18 <0.001 

DS Surf Center DS Sub Center -0.153 18 0.88 

DS Surf Edge DS Sub Edge -2.296 18 0.034 

DS Surf Altered DS Sub Altered 1.581 18 0.131 

     Cross-Site         

MC Surf Center DS Surf Center 3.83 18 0.001 

MC Surf Edge DS Surf Edge 1.174 18 0.256 

MC Surf Altered DS Surf Altered -4.863 18 <0.001 

MC Sub Center DS Sub Center 2.756 18 0.013 

MC Sub Edge DS Sub Edge -0.0699 18 0.945 

MC Sub Altered DS Sub Altered -2.809 17 0.012 
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Table A1 (continued) 

 

Variable 1 Variable 2 t-statistic df p-value 

Transformation: Log K/Al Ratio 

   

     Mixed Conifer         

MC Surf Center MC Surf Edge -3.363 17 0.004 

MC Surf Center MC Surf Altered -4.712 18 <0.001 

MC Surf Edge MC Surf Altered -0.592 17 0.562 

MC Sub Center MC Sub Edge -2.502 18 0.022 

MC Sub Center MC Sub Altered -3.511 17 0.003 

MC Sub Edge MC Sub Altered -2.684 17 0.016 

MC Surf Center MC Sub Center 1.552 18 0.138 

MC Surf Edge MC Sub Edge 3.48 17 0.003 

MC Surf Altered MC Sub Altered 1.793 17 0.091 

     Desert Scrub         

DS Surf Center DS Surf Edge -0.858 18 0.402 

DS Surf Center DS Surf Altered -6.01 18 <0.001 

DS Surf Center DS Altered Biotite -10.906 17 <0.001 

DS Surf Edge DS Surf Altered -5.16 18 <0.001 

DS Surf Edge 

DS Surf Altered 

Biotite -7.221 17 <0.001 

DS Surf Altered DS Altered Biotite -2.249 17 0.038 

DS Sub Center DS Sub Edge -1.516 18 0.147 

DS Sub Center DS Sub Altered -7.064 18 <0.001 

DS Sub Edge DS Sub Altered -4.567 17 <0.001 

DS Sub Altered 

DS Surf Altered 

Biotite -4.878 17 <0.001 

DS Surf Center DS Sub Center -0.0532 18 0.958 

DS Surf Edge DS Sub Edge -1.003 18 0.329 

DS Surf Altered DS Sub Altered 2.388 18 0.028 

  

   

Cross-Site      

MC Surf Center DS Surf Center -5.961 18 <0.001 

MC Surf Edge DS Surf Edge -0.0899 17 0.929 

MC Surf Altered DS Surf Altered -3.756 18 0.001 

MC Sub Center DS Sub Center -11.789 18 <0.001 

MC Sub Edge DS Sub Edge -4.215 18 <0.001 

MC Sub Altered DS Sub Altered -4.932 17 <0.001 
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Abstract 

The objective of this research was to identify climate and topographic controls on 

soil organic carbon storage across soils in bioclimatically distinct ecosystems. The project 

was performed within the Santa Catalina Critical Zone Observatory in southern Arizona 

that spans significant range in climate, i.e., mean annual temperature range of >10°C and 

annual precipitation range of >50 cm yr
-1

, with a concomitant change in dominant 

ecosystem from desert scrub to mixed conifer systems. Surface (0-10 cm) and subsurface 

(30-40 cm) soils were collected from granitic regolith profiles across divergent and 

convergent landscape positions. Physical soil organic carbon distribution in the regolith 

was quantified using a density and sonication technique to obtain the “free” (non-mineral 

associated), “occluded” (soil organic carbon putatively located within aggregates and/or 

coated with minerals and hence does not float in dense liquid without sonication), and 

“mineral” (soil organic carbon associated directly with mineral surfaces) soil carbon 

pools. The radiocarbon data indicated that the free light fractions contained soil organic 

carbon with the shortest mean residence times across all ecosystems and landscape 

positions considered. Conversely, the mineral or occluded fractions contained the soil 

organic carbon with the longest mean residence times depending on the ecosystem. 

Desert scrub soils stored relatively little soil carbon (<1% soil organic carbon by weight), 

with all fractions dominated by soil organic carbon that had short mean residence times. 

The soil carbon with the longest mean residence time was located in the mineral fraction, 

indicating organo-mineral interactions as the dominant soil carbon storage mechanism in 

this ecosystem. In contrast, the conifer systems contained more soil organic carbon (>3%) 
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with the longest mean residence time indicating an important role for aggregation as a 

soil organic carbon stabilization mechanism in these sites.  A strong landscape position 

control on soil organic carbon distribution was also found in this system in that the 

fraction of occluded soil organic carbon was two times that of the divergent sites. 

Furthermore, the divergent soils contained ~twice as much soil organic carbon in free 

light fractions relative to the convergent landscape positions where the majority of carbon 

was associated with occluded and mineral fractions. The physical distribution, chemistry, 

and mean residence time of convergent soil organic carbon suggest a landscape level 

mechanism that includes the downslope transport and burial of soil organic carbon in 

convergent soils. Bulk soil organic carbon at the mixed conifer convergent soil-saprolite 

interface (~120 cm in depth) indicated a modern Δ
14

C signal, suggesting the downward 

transport of dissolved organic carbon to this location. Indeed, Δ14C of dissolved organic 

carbon collected from nearby lysimeters confirmed a modern Δ
14

C signature (19‰, 

44‰). The combined data sets provide the basis for understanding ecosystem and 

landscape position level variation in soil organic carbon stabilization and for constraining 

how shifts in climate may affect SOC storage across this range of semiarid environments. 
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1. Introduction 

Soil organic carbon is the largest carbon pool at the Earth’s terrestrial surface 

(2344 Pg C) (Jobbágy and Jackson 2000), retaining more carbon on a global scale than 

the atmosphere or vegetation combined (Schlesinger 1997). The Sky Island region of the 

western US links large expanses of desert to forested ecosystems (Coronado Planning 

Partnership, 2008) and is central to soil carbon storage in the southwest. Climate model 

projections have predicted an imminent drying trend in semiarid environments, where 

extremes in temperature and aridity are expected to occur (Seager et al., 2007; IPCC, 

2013). The sky islands are particularly susceptible to climatic shifts as warmer 

temperatures and variable precipitation patterns lend to the potential for the upward 

movement of warmer, drier ecosystems with the simultaneous narrowing of habitats 

suitable for high elevation forests. Forests serve as primary terrestrial carbon sinks 

(Pacala et al., 2001; Ekblad et al., 2013) and dominate the regional soil carbon budget in 

Arizona (Rasmussen, 2006). The mechanisms controlling soil carbon stabilization along 

bioclimatic gradients must be identified to understand future trajectories of soil carbon 

storage in the southwest. 

The amount and type of soil carbon stored in an ecosystem is a function of 

numerous factors, including but not limited to climate (Trumbore et al., 1996; Kane et al., 

2005), landscape position (Webster et al., 2008), and land cover type (Trumbore et al., 

1995; Jobbágy and Jackson, 2000; Djukic et al., 2010; Rasmussen and White, 2010). The 

distribution of soil carbon across local landscapes is poorly understood in the sky island 

region. Whereas previous work has suggested that footslope positions concentrate twice 
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as much soil carbon as adjacent landscapes (Lybrand and Rasmussen, In Review), there 

is no information on the residence time of the carbon or how the carbon is partitioned in 

the soil environment. Here, we examine how climate, vegetation, and landscape position 

control soil carbon storage and stabilization along a sky island environmental gradient, 

with sites spanning desert scrub to mixed conifer forest. 

Soil organic carbon stocks vary with climate and vegetation composition, as 

demonstrated along elevation gradients that encompass significant range in temperature 

and precipitation (Landi et al. 2003; Dai and Huang 2006; Homann et al. 2007; Djukic et 

al. 2010; Meier and Leuschner 2010). A climosequence study in the Austrian Alps 

revealed that soil carbon stocks increased linearly with altitude to a maximum of 38 kg 

m
2
 at ~1500 m and then decreased to 13 kg m

2
 at ~1900 m (Djukic et al. 2010). Similar 

increases in soil organic carbon have been recognized for high elevation, mountainous 

ecosystems where researchers have noted the combined importance of vegetation 

composition, precipitation, and temperature on soil organic carbon stocks (Dahlgren et 

al., 1997; Alvarez and Lavado, 1998; Ganuza and Almendros, 2003; Dai and Huang, 

2006). Interestingly, steep increases in soil carbon accumulation were recognized in the 

transition from oak woodland to mixed conifer forest along a Sierra Nevada elevation 

gradient (Dahlgren et al., 1997; Rasmussen et al., 2007, 2010), an observation likely 

resulting from increased moisture availability and net primary production as seen in the 

Santa Catalina Mountains of Arizona (Whittaker and Niering 1975). Soil organic carbon 

stocks were 25% lower when precipitation decreased from >900 mm yr
-1

 to <600 mm yr
-1

 

along a German precipitation gradient, a threshold shift that was tied to increased fine 
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root turnover under drier conditions (Meier and Leuschner 2010). Others have also 

documented that higher temperatures increase soil carbon decomposition rates and the 

amount of potentially mineralizable soil organic carbon (Zogg et al., 1997; Dalias et al., 

2001; Rustad. et al., 2001; Waldrop and Firestone, 2004; Knorr et al., 2005), lending 

support to the complex interactions among temperature, moisture availability, and soil 

organic carbon storage.   

Landscape position also contributes to variability in soil carbon distribution at the 

hillslope scale (Schimel et al., 1985; Hook and Burke, 2000; Rosenbloom et al., 2006; 

Berhe et al., 2008; Torn et al., 2009; Hancock et al., 2010). Soil carbon concentrations are 

generally ~2-3 times higher in convergent, depositional footslope landscape positions 

compared to adjacent midslope and divergent summit landscapes (Schimel et al., 1985; 

Yoo et al., 2006; Berhe et al., 2008; Hancock et al., 2010). Soil organic carbon variability 

is attributed to the re-distribution of water, clay, dissolved organic carbon, and nutrients 

downslope (Birkeland 1999), thereby contributing to landscape position differences in 

vegetation composition, biomass accretion, and carbon inputs to the soil (Gessler et al. 

1995; Nicolau et al. 1996). Researchers have also observed bimodal soil carbon 

distributions across hillslopes where large (>50%) percentages of soil carbon were 

preserved in deep soils (>20 cm) (Rosenbloom et al. 2006). These findings highlight the 

need to better examine soil carbon preservation mechanisms and turnover times in three-

dimensional space across topographically complex environments.  

Chemical and physical mechanisms regulate organic carbon stabilization and 

turnover time in soils, including plant litter composition, spatial accessibility, organo-
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mineral, and organo-metal interactions (Swanston et al., 2005; Lützow et al., 2008; Torn 

et al., 2009; Wagai et al., 2009). Density fractionation is a technique used to physically 

separate soil organic carbon into fractions exhibiting distinct differences in organic 

carbon concentration, chemical properties, isotopic composition, and residence times 

(Golchin et al. 1994; Sohi et al. 2001; Swanston et al. 2002; Schrumpf et al. 2013). The 

“free” or “light” fraction (FLF) is the unprotected, inter-aggregate carbon that is more 

plant-like in nature, and generally exhibits the shortest mean residence times in soils 

(Golchin et al. 1994; Swanston et al. 2005; Torn et al. 2009). The “occluded” (OCC) soil 

organic carbon pool is composed of the “light” fraction that has been physically occluded 

or made spatially inaccessible to microbes and enzymes through aggregation or other 

mechanisms (Lützow et al., 2008). The “heavy” mineral fraction (MF) is composed of 

mineral-associated carbon that can vary in age and stability (Swanston et al. 2005). 

The residence times of the soil carbon fractions can vary significantly by 

ecosystem type, particularly when comparing fire-prone, western US forests to wetter 

and/or tropical systems (Marin-Spiotta et al., 2008; McFarlane et al., 2012; Heckman et 

al., 2014). Fire has been recognized as a critical control of occluded carbon formation and 

storage in fire-prone forests. In a lithosequence study under ponderosa pine, charcoal 

abundance was highly correlated to the residence time of soil carbon preserved in the 

OCC fraction (Heckman et al., 2014), which suggests that fire regime has significant 

impact on the physical partitioning of soil carbon into the OCC fractions of forested soils. 

In fire-prone western forests, the residence times of the OCC fraction can be longer than 

the FLF due to its spatial inaccessibility and has also exhibited longer mean residence 



134 

 

times than the heavy MF (Rasmussen et al., 2005; Lybrand et al., 2013; Heckman et al., 

2014). The MF is composed of mineral-associated carbon that varies in residence time 

and stability (Swanston et al. 2005), and can comprise the longest mean residence times 

in the soil carbon pool depending on the given environment (Schrumpf et al. 2013). In 

contrast, the soil carbon fractions of wetter and/or tropical environments that are not 

prone to fire often exhibit similar mean residence times to one another where mean 

residence times of OCC fractions are most similar to those of bulk soil carbon (Marin-

Spiotta et al., 2008; McFarlane et al., 2012).    

Dissolved organic carbon has also been identified as a significant soil organic 

carbon pool that must be considered, particularly in subsurface soils. For example, 

stabilized dissolved organic carbon composed 10-40% of the soil organic carbon 

measured in the subsurface soil (>50 cm) from three grassland sites (Baisden and Parfitt 

2007). Further research has demonstrated that dissolved organic carbon can be retained in 

subsurface soils on decadal time scales with MRTs of 90 to 150 years (Sanderman and 

Amundson 2008). Soil carbon stabilization mechanisms must be explored in more detail 

with pedon depth and across broader climate, topographic, and biotic regimes for an 

improved understanding of soil carbon storage in different environments (Rosenbloom et 

al., 2006; Berhe et al., 2008; Sanderman and Amundson, 2008; Schrumpf et al., 2013).    

The objective of this research was to identify climate and topographic controls on 

the physical partitioning and residence time of soil organic carbon across a semiarid 

environmental in southern Arizona, USA. We measured total carbon and nitrogen, δ
13

C 

signatures, and radiocarbon derived mean residence time (MRT) estimates of bulk soil 
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and physically separated soil organic carbon fractions to quantify soil organic carbon 

change with climate, vegetation, and landscape position.   

 

2. Methods 

The Santa Catalina Mountain Critical Zone Observatory in southeastern Arizona 

encompasses an environmental gradient representing a significant range in mean annual 

temperature (21°C to 9°C) and precipitation (250 mm yr
-1

 to ~1,000 mm yr
-1

). Major 

over-story vegetation types span desert scrub (Carnegiea gigantean, Fouquieria 

splendens, Ferocactus wislizeni, Agave schotti, Agave palmeri) at 800 m above sea level 

(a.s.l.), to conifer forest dominated by Pinus Ponderosa at ~2250 m a.s.l., to mixed 

conifer forest (Pseudotsuga menziesii, Pinus ponderosa, and Abies concolor) at ~2500 m 

a.s.l. (Fig. 1b) (Whittaker and Niering 1965; Whittaker et al. 1968). Sites were selected 

within each of the three ecosystems from north-facing, granitic hillslopes where parent 

materials exhibit similar mineralogical composition (Lybrand and Rasmussen 2014). The 

pine-dominated ecosystem was included in this study because the site occurs in the 

ecotone between the mixed oak–pine woodland ecosystem and the higher elevation 

mixed conifer ecosystem, which captures the transition from water limited to energy 

limited systems across the SCM gradient. 

A moisture class was assigned to each ecosystem and was defined as the ratio of 

mean annual precipitation (MAP) to potential evapotranspiration (PET). The sites were 

classified as water limited (MAP/PET <1) and energy limited (MAP/PET >1) where PET 
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is based on the Thornthwaite-Mather approximation (Thornthwaite and Mather, 1957). 

The MAP/PET ratios increased from 0.53 at the desert scrub sites to 1.47 in the mixed 

conifer sites. Soils from the desert scrub site have an aridic soil moisture regime and 

thermic soil temperature regime that transitions to an ustic soil moisture regime and 

mesic soil temperature regime in the pine and conifer sites.      

To achieve the objective of quantifying SOC variation by landscape position, we 

sampled pedons from two divergent and convergent landscape positions within each 

ecosystem (Fig. 2a). Soils from water-shedding, divergent summits and adjacent water-

gathering, convergent footslope landscape positions were sampled along transects 

perpindicular to slope to minimize differences in colluvial deposition (Fig. 2b) (Birkeland 

1999). The two divergent pedons and two convergent pedons sampled from each field 

site yield a total of twelve pedons examined. Soils were sampled by genetic horizon to 

the depth of refusal, air-dried, sieved to <2mm to obtain the fine-earth fraction, and 

prepared for analysis.  

A subset of surface (0-10 cm) and subsurface (30-40 cm) samples were selected 

to examine soil organic carbon distribution across density and aggregate fractions (Fig. 

3). The samples were chosen based on subsurface bulk sample availability and from sites 

that were most representative of the given field sites. Specifically, the mixed conifer 

divergent-convergent landscape pair was chosen because the major over-story vegetation 

type was most representative of the land cover for the given watershed. One of the desert 

scrub divergent surface soils exhibited outlying respiration rates in an incubation 

experiment (Lybrand et al., unpublished data) and therefore was excluded from the study. 
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Based on limitations in samples availability and the aforementioned exclusions, the 

authors selected individual pedons for density separations and did not composite any 

samples in order to maintain consistency across all field sites.   

Density separation and sonication were used to obtain the FLF (non-mineral 

associated), OCC (soil organic carbon presumably located within aggregates and/or 

coated with minerals and hence does not float in dense liquid without sonication), and 

MF (soil organic carbon associated directly with mineral surfaces) soil organic carbon 

pools following procedures outlined in Rasmussen et al. (2005) based on those of 

Golchin et al. (1994) and Sohi et al. (2001). In short, 30 g of bulk soil was suspended in 

sodium polytungstate (SPT) adjusted to a density of 1.65 g cm
-3

 to account for the felsic 

nature of the parent material such that most mineral densities are >2.65 g cm
-3

, allowed to 

stand overnight, and centrifuged to separate the FLF from the sample, which was 

aspirated and collected with the supernatant. The remaining sample was dispersed using 

ultrasonic energy at 1500 J g
-1

 soil with a Branson 450 Sonifier that was calibrated with 

DI water following North (1976). The sonication step putatively separated the physically 

OCC carbon pool, which was removed using the same steps described for the FLF. The 

remaining material was assumed to compose the MF. After release from the bulk soil 

sample, each carbon fraction was rinsed with aliquots of 0.01 M CaCl2 and DI water over 

0.8 µm filters, and dried at 40°C. This method has been applied previously to document 

variation in soil carbon partitioning to carbon pools exhibiting short and long residence 

times across similar semiarid environments (Rasmussen and White, 2010; Heckman et 

al., 2014).   
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Total carbon (C) and nitrogen (N), and the stable isotopic composition of carbon 

(δ
13

C) and nitrogen (δ
15

N), were measured on all bulk soil and carbon fraction samples at 

the University of Arizona’s Environmental Isotope Laboratory. Approximately 3.5 grams 

of sample was ground in a steel canister containing 3 tungsten carbide ball bearings that 

was placed on a ball-mill for 10 minutes. If too little sample was recovered for ball-

milling (i.e., FLF and OCC fractions), the material was ground and homogenized using a 

mortar and pestle. The elemental analyses were performed on a Finnigan Delta Plus XL 

(Thermo Fisher Scientific, Bremen, Germany) coupled to an elemental analyzer (Costech 

Analytical Technologies Inc., Valencia, CA, USA). The C and N measurements were 

reported on an oven-dry basis and were assumed equivalent to the organic C and N since 

no carbonates were detected in any of the samples. 

Surface and subsurface bulk soil and density fraction samples were also 

graphitized for radiocarbon analysis at the Lawrence Livermore National Laboratory. 

Briefly, each ground sample (~45 mg) was combusted in a sealed glass test tube 

containing CuO and Ag to generate CO2 (g) that was subsequently reduced to graphite by 

heating with H2 (g) and a Fe catalyst as described by Vogel (1987). Radiocarbon 

measurements of the resulting graphite targets were performed by Accelerator Mass 

Spectrometry (AMS) at the Center for Accelerator Mass Spectrometry (CAMS), 

Lawrence Livermore National Lab (Davis et al, 1990). The resulting measurements were 

corrected for radioactive decay through normalization to the absolute activity of Oxalic 

Acid I, an international radiocarbon standard. Quality control was accomplished by 

analyzing a set of additional well-established radiocarbon standards (Oxalic Acid II, 
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Australian National University sucrose, and TIRI wood) with the sample unknowns. 

Radiocarbon contents are reported as fraction modern (fm) and in units of ∆
14

C for each 

bulk soil and carbon fraction analyzed (Table A1). Analytical errors of the measured 

samples averaged ±0.0031 F
14

C or ± 3.1‰ Δ
14

C.  

Additionally, four dissolved organic carbon samples were collected from 

convergent lysimeters installed at the soil-saprock boundary in the mixed conifer field 

area. The water samples were filtered through 0.45 µm nylon filters and transported on 

ice to Lawrence Livermore National Laboratory where they were subsequently 

lyophilized, graphitized, and measured by AMS following the procedure outlined above.      

Total soil carbon percentages were combined with the measured radiocarbon ages 

of the bulk soil and density fractions for input into a mean residence time (MRT) model 

(Trumbore, 1993; Torn et al., 2002). The MRT model assumes steady-state conditions 

and a one year lag time for new organic inputs to each modeled fraction (i.e. new inputs 

bear the previous year’s atmospheric radiocarbon signature). Atmospheric radiocarbon 

values were taken from: Stuiver et al., 1998 (1511-1949 AD), Hua et al., 2013 (1950-

2008) and the Niwot Ridge LTER online database (2009-2012). The model does not 

account for lag times associated with the transfer of organics among fractions, so 

calculated MRTs are theoretical maximums. Due to the incorporation of “bomb” 

radiocarbon into soil fractions at different rates, some fractions had two possible MRTs. 

In cases where two MRT solutions were possible, we attempted to eliminate one solution 

based on predicted yearly outputs of soil organic carbon from the fraction (Table 4) and 



140 

 

estimates of above- and belowground productivity published for the Santa Catalina 

Mountains, AZ (Whittaker and Niering 1975).  

 

3. Results 

3.1 Bulk soil carbon properties 

Soil organic carbon content increased with MAP/PET in soils from both divergent 

(r
2
 = 0.93) and convergent landscape positions (r

2
 = 0.81) (Fig. 2a). Average depth-

weighted soil carbon contents increased from 1.2 kg m
-2

 and 3.7 kg m
-2

 in the respective 

desert scrub divergent and convergent soils, to 4.8 kg m
-2

 and 6.8 kg m
-2 

in the mid-

ponderosa pine sites, to 8.7 kg m
-2 

and 17 kg m
-2 

in the respective mixed conifer sites. 

Similarly, C/N ratios also increased across the SCM gradient where pedon averages from 

the divergent sites increased from 10 in the desert scrub soils, to 22 in the mid-ponderosa 

pine soils, to 28 in the mixed conifer soils (Fig. 2b). The convergent sites exhibited a 

different trend where C/N ratios increased from 10 in the desert scrub soils to 20 in the 

mid-ponderosa soils, and then remained at 20 in the mixed conifer soils.  Stable carbon 

isotopic signatures decreased linearly from the C3/C4 dominated desert ecosystems, with 

δ
13

C averages of -21.3‰ in convergent sites and -20.3‰ in divergent sites, to  -24.0‰ 

and -24.1‰ in the respective mid-ponderosa pine convergent and divergent landscape 

positions (Fig. 2c). The δ
13

C values exhibited a 0‰ to <0.2‰ change from the mid-

ponderosa pine to mixed conifer sites with δ
13

C averages of -24.0‰ and -24.2‰ in the 

mixed conifer convergent and divergent sites, respectively. Stable nitrogen isotopic 

signatures (δ
15

N) decreased by ~1.8‰ from the desert scrub to mid-ponderosa pine 
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convergent sites compared to a ~1.2‰ decrease between the divergent landscape 

positions (Fig. 2d). The δ
15

N averages from the mid-ponderosa pine to mixed conifer 

divergent sites increased by ~0.2‰ compared to a ~0.9‰ increase between the respective 

convergent landscape positions.   

3.2 Soil organic carbon fractions 

Desert scrub soils stored <1% soil organic carbon by weight, with little difference 

in bulk soil organic carbon across divergent and convergent landscapes (Table 2). Greater 

than 70% of the total carbon in the desert scrub soils was stored in the MF for both 

landscape positions (Fig. 4a). Total carbon partitioned to the FL and OCC fractions was 

also similar between soils in divergent and convergent landscape positions (Table 2).   

Bulk soil carbon increased from the desert scrub to mid-ponderosa pine soils and 

exhibited hillslope scale differences in soil organic carbon distribution (Table 2).  Bulk 

soil organic carbon increased to an average of 0.92 ± 0.10% in pedons from divergent 

landscapes to 1.4 ± 1.3% in those from convergent sites (Table 2). Soil organic carbon 

was distributed equally between the FLF and MF in the divergent soils with a FLF and 

MF averages of 44 ± 4.2% and 49 ± 10.6%, respectively. In contrast, the convergent soils 

averaged 57 ± 11.3% soil organic carbon in the FLF and 36 ± 7.7% in the MF. The 

average soil organic carbon stored in OCC fractions was identical between landscape 

positions with an average of 7.5 ± 6.4% in the divergent soils and 7.5 ± 3.5% at the 

convergent sites.  

 In contrast, the mixed conifer sites contained the most SOC (>3%) in the study 

which also coincided with an increase in physically occluded soil organic carbon. Strong 
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landscape position variation in soil organic carbon distribution was also observed in that 

the fraction of OCC soil organic carbon in convergent sites was two times that of the 

divergent sites (Fig. 4c; Table 2). Furthermore, the divergent soils contained ~twice as 

much soil organic carbon in the FLF relative to the convergent landscape positions where 

the majority of carbon was associated with the OCC and MF (Table 2). 

3.3 Radiocarbon content 

The desert scrub soils contained carbon with the shortest MRTs of the study in the 

surface soils from 0-10 cm with a transition to longer MRTs at 30-40 cm. The divergent 

soils were depleted with depth where ∆
14

C signatures of the FLF and MF decreased by 

~30‰ and ~99‰, respectively. Estimated MRTs for the FLF ranged from 5 to 140 years 

compared to 215 to 782 years in the MF and 11 to 93 years in the surface OCC fraction 

(Table 4). The most depleted soil organic carbon in the divergent soil was located in the 

MF at 30-40 cm with a ∆
14

C value of -72‰. Differences in soil carbon 
14

C abundance 

were also observed in the convergent landscape position where ∆
14

C values for the FLF 

and MF decreased by ~35‰ and 157‰. The estimated MRTs of the soil carbon fractions 

spanned 8 to 109 years in the FLF, 15 to 63 years in the OCC fraction from the surface 

soil, and 7 to 934 years in the MF (Table 4). The MF at 30-40 cm contained the most 

passive soil organic carbon in the study.  

Modern (>-7‰) radiocarbon signatures were identified for all of the ponderosa 

pine samples (Table 3), yet changes in 
14

C signature were identified with depth and by 

landscape position (Table 4). The mid-ponderosa pine bulk soil and density fractions 

were dominated by soil carbon with short MRTs. The soil organic carbon in the divergent 
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pedon exhibited a shift to slightly more enriched carbon in the OCC and FLF with depth, 

where isotopic signatures increased by ~20‰ and 15‰, respectively (Table 3). The MF 

became more depleted with depth with ∆
14

C decreasing from 48‰ at 0-10 cm to -6‰ at 

30-40 cm. The estimated MRTs for the divergent site were 7 to 110 years for the FLF, 4 

to 192 years for the OCC fraction, and 3 to 347 years for the MF. In contrast, the 

convergent pedon contained a decrease in 
14

C abundance with depth where isotopic 

signatures decreased for all fractions, including decreases of 6‰ in the FLF, ~90‰ in the 

OCC fraction, and 58‰ in the MF (Table 3). In the convergent soils, mean residence 

times of the FLF were 9 to 93 years compared to 12 to 252 years in the OCC fraction and 

3 to 151 years in the MF (Table 4).   

The mixed conifer soils contained the most 
14

C-depleted, passive carbon of the 

study which was partitioned to the occluded fractions in the subsurface (Fig. 5a, Table 3). 

The ∆
14

C signatures of the soil carbon in the divergent soils became more depleted from 

0-10 to 30-40 cm, with decreases of 35‰ in the FLF, 176‰ in the OCC, and 79‰ in the 

MF (Table 4). In the divergent soils, estimated MRTs for the FL, OCC, and MFs spanned 

respective ranges of 8 to 103 years, 11 to 941 years, and 9 to 325 years. Soil 
14

C 

abundance was also depleted with depth across all carbon fractions in the convergent 

pedon, where ∆
14

C values decreased by 40‰ in the FLF, 66‰ in the OCC fraction, and 

51‰ in the MF. In the convergent pedon, the MRTs determined for the FLF ranged from 

207 to 366 years in contrast to 206 to 518 years in the OCC fraction and 3 to 305 years in 

the MF (Table 4). Duplicate measures of bulk soil organic carbon at the mixed conifer 

convergent soil-saprock interface confirmed a modern Δ
14

C spike (0.0‰, -16.3‰) at 
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~120 cm (Fig. 5b). The Δ14C signatures of dissolved organic carbon samples collected 

from convergent lysimeters in the same landscape were also modern (19.1‰, 43.5‰) 

(Fig. 5a, Table A1).  

 

4. Discussion 

4.1 Soil organic carbon stabilization  

 A shift in the dominant soil organic carbon stabilization mechanism was 

identified in the transition from the desert scrub to conifer ecosystems (Table 3). Mineral-

associated carbon represented the largest and most stable soil organic carbon pool in the 

desert scrub system with estimated MRTs on the order of hundreds of years in the 

subsurface (Table 3, Table 4). In a study of soil organic carbon in arid hyperthermic soils, 

researchers found that the greatest partitioning of soil organic carbon was into the FLF 

where little to no soil organic carbon concentrated in OCC or MF (Rasmussen and White 

2010). However, the authors focused on the upper 5 cm of soil where the greatest soil 

organic carbon stocks were previously identified (White et al. 2009). We documented the 

soil organic carbon with the longest MRTs at 30-40 cm depth, presumably in the 

fractures of the saprock. The contrasting sampling depths may account for the different 

dominant stabilization mechanisms documented between the studies. Other identified 

organo-mineral complexes as the most ubiquitous mechanism for soil organic carbon 

preservation across a range of climates, vegetation, and soil types, where soil organic 

carbon stability increased with soil depth (Schrumpf et al. 2013).  
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The mid-ponderosa pine soils exhibited the most enriched ∆
14

C signals across all 

of the soil organic carbon fractions (Table 3), suggesting short turnover times for the 

labile soil organic carbon in the mineral soils. The enriched ∆
14

C values in our study 

correspond well with a mid-elevation site along a spruce-fir elevation gradient where soil 

organic materials exhibited rapid turnover times and lower soil organic carbon 

concentrations compared to higher elevation sites, likely due to a difference in optimal 

temperatures required for decomposition (Tewksbury and Van Miegroet 2007). Modern 

∆
14

C values were also documented for all of the density fractions extracted from a set of 

6 natural, un-ploughed European surface soils. Here, the authors noted all soil organic 

carbon fractions cycled fast enough to contribute to the potential soil organic carbon 

mineralization rates measured in the study with the FLF being more readily degradable 

than the MF (Schrumpf et al. 2013). Our study also revealed that the convergent surface 

soil was more modern than the adjacent divergent soil (Table 3), suggesting the 

possibility for dissolved organic carbon downslope transport and exchange in the lowland 

sites. The radiocarbon measurements presented for the mid-ponderosa pine site represent 

a complex system of soil organic carbon dynamics that may have been significantly 

impacted by a modern fire signature in the field area and/or the redistribution of dissolved 

organic carbon across the landscape. 

The soil organic carbon in the mixed conifer soils had the longest mean residence 

times of the study, where soil organic carbon was most stable with depth and in the OCC 

soil organic carbon fractions (Fig. 5a, Table 3). The most depleted soil organic carbon 

was partitioned to the OCC fraction at both landscape positions, signifying an important 
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role for aggregation as a soil organic carbon stabilization mechanism in these pedons. 

Occluded soil organic carbon has been recognized as a stable soil organic carbon pool in 

other forested ecosystems where turnover times range from tens to hundreds of years 

(Rasmussen et al., 2005; Swanston et al., 2005; McFarlane et al., 2013). The range in 

MRTs estimated for the OCC fractions of the mixed conifer system may result from a 

variation in the chemical composition of the OCC soil organic carbon materials (Marín-

Spiotta et al. 2008), lending to different rates of decay for the carbon isolated in this 

fraction across our field sites (Table 3, Table 4).  

The physical distribution and radiocarbon signatures of the soil organic carbon in 

the mixed conifer convergent soils denote a landscape level mechanism that includes the 

downslope transport and burial of soil organic carbon in convergent soils (Fig. 5a, Table 

2, Table 3). The mixed conifer convergent soils contained twice the amount of OCC 

carbon in the subsurface compared to the adjacent divergent soils (Table 2), suggesting 

the increased distribution and/or preservation of occluded materials in the convergent 

landscapes. The OCC fraction is generally composed of char, processed plant debris, 

pollen, and other forms of partially decomposed organic material (Wagai et al. 2009), 

meaning that charred organics can be partitioned to the OCC soil organic carbon fraction 

in a post-fire environment (Golchin et al. 1994). Charred organic materials in aerobic 

surface soils are more likely to become oxidized and degraded if not stabilized by 

additional soil organic matter preservation mechanisms (Czimczik and Masiello 2007), 

such as burial in subsurface soils via bioturbation or post-fire erosional processes 

(Sanborn et al. 2006). We speculate that charred organic materials from a recent (<20 
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years) fire contributed to the stability of the OCC carbon with depth, particularly in the 

convergent landscapes where rapid post-fire transport and burial were likely. We also 

acknowledge the likelihood that post-fire charred products may have been preserved 

through simultaneous soil organic carbon stabilization mechanisms including occlusion, 

associations with reactive mineral surfaces, or interactions with other organic matter 

binding sites (Knicker 2011).   

4.2 The role of dissolved organic carbon in conifer systems  

The bulk soil modern Δ
14

C signal at the soil-saprock interface of the mixed 

conifer convergent site suggested the downward transport and retention of dissolved 

organic carbon at ~120 cm in depth (Fig. 5a,b). The modern dissolved organic carbon 

signals measured for soil water collected from lysimeters installed in the convergent 

subsurface of the mixed conifer watershed provided support for this hypothesis (Fig. 5a). 

The leaching of dissolved organic carbon from organic surface horizons into the mineral 

soil has been identified as an important source of organic carbon in soils (Schiff et al., 

1990; Michalzik et al., 2003; Rumpel and Kögel-Knabner, 2011), particularly with depth 

where researchers have estimated that ~22-25% of soil organic carbon stocks result from 

dissolved organic carbon transport and retention (Neff and Asner 2001; Kalbitz et al. 

2005). Others have noted that dissolved organic carbon may be leached to greater depths 

in coarser-textured soils compared to finer materials where clays are more likely to retain 

dissolved organic carbon in the upper mineral soils (Sanderman and Amundson 2008). 

We speculate that the modern radiocarbon signature found at >1m depth in the conifer 

site may result from the rapid transport of dissolved organic carbon through the coarse, 
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granitic soils (<10% clay) that subsequently accumulates at the soil-saprock interface 

(Fig. 5b).  
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5. Summary 

The results of this study documented a shift in soil organic carbon stabilization 

mechanisms across semiarid ecosystems from mineral-associated soil organic carbon in 

the desert scrub soils to a mixture of mineral and occluded soil organic carbon in the 

conifer soils. Soils in the convergent landscapes concentrated the most soil organic 

carbon and typically exhibited the longest residence times in all locations. The pine soils 

were significantly impacted by a fire event in the last decade as demonstrated by modern 

radiocarbon signatures measured for all bulk carbon and carbon fraction samples. 

Dissolved organic carbon transport is also an important mechanism in the conifer systems 

with deep vertical transport and accumulation at the soil-saprock interface in convergent 

landscapes. These findings confirm the interactive role of climate, vegetation, and 

landscape position in shaping the critical zone, where greater moisture availability and 

biological production are likely driving increased soil organic carbon storage across 

regional to local scales of study.    
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7. Figures and Tables 

 

 
 

Figure 1.  a) A schematic of the Santa Catalina environmental gradient where samples 

were collected from b) divergent-convergent landform unit pairs along c) a sampling 

transect within each field site (example in this figure is for the mixed conifer site). d) 

Surface and subsurface samples were collected for density separations and radiocarbon 

analyses.  

  

b)

c)

d)a)
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Figure 2. Depth-weighted SOC properties including a) bulk soil C contents, b) C/N 

ratios, c) δ13C signatures  and d) δ15N signatures. Figure 2a was adapted from Lybrand 

and Rasmussen, In prep. The MAP/PET ratio is MAP = Mean Annual Precipitation and 

PET = Potential Evapotranspiration.   
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Figure 3. Photographs of the soil organic carbon fractions separated from bulk soil 

samples  in the desert scrub, mid-ponderosa pine, and mixed conifer field sites.    
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Figure 4. Soil organic carbon distribution across the free light (FLF), occluded (OCC), 

and mineral fractions (MF) extracted from bulk soils in the a) desert scrub, b) mid-

ponderosa pine, and c) mixed conifer field sites.   
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Figure 5. a) Radiocarbon signatures (Δ14C) of soil organic carbon fractions from 

convergent and divergent landscape positions at the mixed conifer field site and b) a 

photograph of the mixed conifer convergent soil pedon. The arrow is highlighting the 

soil-saprock boundary in the profile.   
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Table 1. Field site characteristics for desert scrub and mixed conifer sites including mean 

annual temperature (MAT), mean annual precipitation (MAP), and major overstory 

vegetation type.  

 

 

 

 

Site

Elevation 

(m)

MAP      

(cm yr
-1

)

MAT 

(°C)

MAP/PET

Dominant vegetation type

Desert Scrub 1092 45 18 0.53 Saguaro (Carnegiea gigantea ), ocotillo (Fouquieria splendens ), acacia, Arizona

barrel cactus (Ferocactus wislizeni ), and agave (Agave schotti , Agave palmeri )

Mid Ponderosa Pine 2230 91 10 1.26 Ponderosa pine (Pinus Ponderosa ) with sparse Douglas fir (Pseudotsuga menziesii )

Mixed Conifer 2408 95 9 1.47 Douglas fir (Pseudotsuga menziesii ), ponderosa pine (Pinus ponderosa ) and white fir 

(Abies concolor )
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Table 2. Distribution of total carbon (%) across bulk soil and density fractions in desert 

scrub, mid-ponderosa pine, and mixed conifer sites. 

 

 

Ecosystem
Landscape 

Position/Soil Depth

Free 

Light
Occluded Mineral Bulk

Desert Scrub

Divergent/0-10 cm 26 5 69 0.56

Divergent/30-40 cm 23 0 77 0.25

Convergent/0-10 cm 23 7 70 0.60

Convergent/30-40 cm 6 0 94 0.34

Mid-Ponderosa Pine

Divergent/0-10 cm 41 3 56 0.99

Divergent/30-40 cm 47 12 41 0.85

Convergent/0-10 cm 65 5 30 2.4

Convergent/30-40 cm 49 10 41 0.48

Mixed Conifer

Divergent/0-10 cm 48 4 48 3.2

Divergent/30-40 cm 54 15 31 1.5

Convergent/0-10 cm 20 14 66 4.0

Convergent/30-40 cm 25 28 47 1.6
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Table 3. Radiocarbon signatures (Δ14C) for density fractions separated from bulk soils at 

SCM sites.  

 

Ecosystem
Landscape 

Position/Soil Depth

Free 

Light
Occluded Mineral Bulk

Desert Scrub

Divergent/0-10 cm 86 87 27 51

Divergent/30-40 cm 57 - -72 -9

Convergent/0-10 cm 112 116 67 107

Convergent/30-40 cm 76 - -90 -33

Mid-Ponderosa Pine

Divergent/0-10 cm 75 35 48 78

Divergent/30-40 cm 89 56 -6 66

Convergent/0-10 cm 93 107 110 112

Convergent/30-40 cm 87 16 52 86

Mixed Conifer

Divergent/0-10 cm 115 86 78 96

Divergent/30-40 cm 80 -90 -1 17

Convergent/0-10 cm 30 30 48 41

Convergent/30-40 cm -10 -36 3 -15
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Table 4. Calculated mean residence times and inputs for SOC density and aggregate 

fractions collected from SCM soils. 

 

 

 

 

 

 

Fraction

Fraction of 

total C in 

pool

MRT 

(Long) 

Input 

(Long)

MRT 

(Short) 

Input 

(Short)

Desert Scrub 1229 1230 Divergent- Surface (0-10 cm)

FLF 0.26 94 0.276 11 2.462

OCC 0.05 93 0.054 11 0.466

MF 0.69 215 0.321 215 0.321

Bulk 1 178 0.651 152 3.249

Desert Scrub 1231 Divergent- Subsurface (30-40 cm)

FLF 0.23 140 0.165 5 4.229

MF 0.77 782 0.098 1 152.343

Bulk 1 634 0.263 2 156.572

Desert Scrub 1225 1226 Convergent- Surface (0-10 cm)

FLF 0.23 66 0.348 14 1.661

OCC 0.07 63 0.112 15 0.482

MF 0.7 121 0.577 7 9.882

Bulk 1 104 1.037 9 12.025

Desert Scrub 1227 1228 Convergent- Subsurface (30-40 cm)

FLF 0.06 109 0.055 8 0.726

MF 0.94 934 0.101 1 186.299

Bulk 1 885 0.156 1 187.025
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Table 4 (Continued) 

 

 

 

 

Fraction

Fraction of 

total C in 

pool

MRT 

(Long) 

Input 

(Long)

MRT 

(Short) 

Input 

(Short)

Mid Ponderosa Pine Divergent- Surface (0-10 cm)

FLF 0.41 110 0.372 7 5.564

OCC 0.03 192 0.016 192 0.016

MF 0.56 160 0.350 3 20.977

Bulk 1 140 0.738 10 26.557

Mid Ponderosa Pine Divergent- Subsurface (30-40 cm)

FLF 0.47 91 0.516 9 5.003

OCC 0.12 142 0.085 4 2.746

MF 0.41 347 0.118 347 0.118

Bulk 1 202 0.719 147 7.867

Mid Ponderosa Pine Convergent- Surface (0-10 cm)

FLF 0.65 87 0.745 10 6.604

OCC 0.05 72 0.070 12 0.417

MF 0.3 69 0.432 12 2.421

Bulk 1 81 1.246 11 9.443

Mid Ponderosa Pine Convergent- Subsurface (30-40 cm)

FLF 0.49 93 0.524 9 5.373

OCC 0.1 252 0.040 252 0.040

MF 0.41 151 0.271 3 11.870

Bulk 1 133 0.835 31 17.282
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Table 4 (Continued) 

 

Fraction

Fraction of 

total C in 

pool

MRT 

(Long) 

Input 

(Long)

MRT 

(Short) 

Input 

(Short)

Mixed Conifer Divergent- Surface (0-10 cm)

FLF 0.48 65 0.741 16 3.080

OCC 0.04 95 0.042 11 0.376

MF 0.48 106 0.454 9 5.067

Bulk 1 86 1.237 12 8.524

Mixed Conifer Divergent- Subsurface (30-40 cm)

FLF 0.54 103 0.527 8 6.627

OCC 0.15 941 0.016 941 0.016

MF 0.31 325 0.095 325 0.095

Bulk 1 298 0.638 246 6.739

Mixed Conifer Convergent- Surface (0-10 cm)

FLF 0.2 207 0.097 207 0.097

OCC 0.14 206 0.068 206 0.068

MF 0.66 160 0.413 3 24.555

Bulk 1 176 0.578 72 24.719

Mixed Conifer Convergent- Subsurface (30-40 cm)

FLF 0.25 366 0.068 366 0.068

OCC 0.28 518 0.054 518 0.054

MF 0.47 305 0.154 305 0.154

Bulk 1 380 0.276 380 0.276
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9. Supplementary documents 

 
Table A1. Summary of radiocarbon data sets for density and aggregate C fractions, bulk soil, charcoal, and dissolved organic 

carbon samples. The raw data sets include δ13C, Fraction Modern, Δ14C, and Corrected Fraction Modern (for MRT Model).  

 

CAMS # Sample ID Site

Landscape 

Position Depth

Average 

Depth δ
13

C

fraction 

Modern ± Δ
14

C

Corrected 

Fraction Modern 

(for MRT Model)

Weighted 

Bulk FM (for 

soil mixtures)

158224 1225-1226 FLF Desert Scrub Convergent 0-10 cm (Mixture) 5 -25.2 1.1204 0.0032 112.0 1.1120

158225 1225-1226 OCC Desert Scrub Convergent 0-10 cm (Mixture) 5 -22.6 1.1239 0.0037 115.5 1.1155

158226 1225-1226 MF Desert Scrub Convergent 0-10 cm (Mixture) 5 -22.7 1.0755 0.0031 67.4 1.0674

158227 1225 Desert Scrub Convergent 0-4 cm 2 -22.7 1.0958 0.0031 87.6 1.0876 1.1075

158228 1226 Desert Scrub Convergent 4-18 cm 11 -22.2 1.1291 0.0032 120.7 1.1207

158229 1227-1228 FLF Desert Scrub Convergent 30-40 cm (Mixture) 35 -25.3 1.0836 0.0031 75.5 1.0755

158230 1227-1228 MF Desert Scrub Convergent 30-40 cm (Mixture) 35 -20.0 0.9172 0.0036 -89.7 0.9103

158231 1227 Desert Scrub Convergent 18-38 cm 28 -19.9 0.9450 0.0027 -62.0 0.9380 0.9340

158232 1228 Desert Scrub Convergent At 38 cm (Saprolite) 38 -20.7 0.9249 0.0027 -82.0 0.9180

158233 1229-1230 FLF Desert Scrub Divergent 0-10 cm (Mixture) 5 -25.2 1.0937 0.0031 85.5 1.0855

158234 1229-1230 OCC Desert Scrub Divergent 0-10 cm (Mixture) 5 -22.9 1.0948 0.0032 86.6 1.0866

158235 1229-1230 MF Desert Scrub Divergent 0-10 cm (Mixture) 5 -22.0 1.0346 0.0030 26.8 1.0268

158236 1229 Desert Scrub Divergent 0-4 cm 1 -23.0 1.0862 0.0031 78.1 1.0781 1.0511

158237 1230 Desert Scrub Divergent 4-11 cm 7.5 -21.5 1.0410 0.0030 33.2 1.0332

158238 1231 FLF Desert Scrub Divergent 30-40 cm (Mixture) 20.5 -25.0 1.0652 0.0040 57.2 1.0572

158239 1231 MF Desert Scrub Divergent 30-40 cm (Mixture) 20.5 -20.6 0.9353 0.0026 -71.7 0.9283

158240 1231 Desert Scrub Divergent 11-30 cm 20.5 -20.1 0.9988 0.0028 -8.7 0.9913 0.9913

158241 742 FLF Mid-Ponderosa Pine Divergent 0-10 cm 5 -22.0 1.0831 0.0031 75.0 1.0750

158270 742 OCC Mid-Ponderosa Pine Divergent 0-10 cm 5 -24.7 1.0429 0.0030 35.1 1.0351

158242 742 MF Mid-Ponderosa Pine Divergent 0-10 cm 5 -23.6 1.0557 0.0030 47.8 1.0478

160036 742 Mid-Ponderosa Pine Divergent 0-10 cm 5 -24.2 1.0864 0.0032 78.3 1.0783 1.0783

160037 743 Mid-Ponderosa Pine Divergent 10-19 cm 14.5 -24.3 1.0657 0.0038 57.8 1.0578

160038 744 FLF Mid-Ponderosa Pine Divergent 30-40 cm (Mixture) 24.50 -23.46 1.0976 0.0033 89.4 1.0894

160039 744 OCC Mid-Ponderosa Pine Divergent 30-40 cm (Mixture) 24.50 -24.19 1.0644 0.0031 56.4 1.0564

160040 744 MF Mid-Ponderosa Pine Divergent 30-40 cm (Mixture) 24.50 -22.68 1.0014 0.0029 -6.0 0.9940

160041 744 Mid-Ponderosa Pine Divergent 30-40 cm (Mixture) 24.50 -24.21 1.0737 0.0039 65.7 1.0657 1.0657

160042 748+749 FLF Mid-Ponderosa Pine Convergent 0-10 cm (Mixture) 5.00 -22.82 1.1009 0.0032 92.6 1.0926

160043 748+749 OCC Mid-Ponderosa Pine Convergent 0-10 cm (Mixture) 5.00 -25.13 1.1154 0.0033 107.1 1.1071

158243 748+749 MF Mid-Ponderosa Pine Convergent 0-10 cm (Mixture) 5 -24.6 1.1180 0.0032 109.7 1.1097

160320 748 Mid-Ponderosa Pine Convergent 0-9 cm 4.5 -25.06 1.1279 0.0034 119.3 1.1193 1.1119

160044 749 Mid-Ponderosa Pine Convergent 9-18 cm 13.5 -24.19 1.0531 0.0032 45.2 1.0452

158244 750 FLF Mid-Ponderosa Pine Convergent 30-40 cm (Mixture) 30 -22.8 1.0956 0.0031 87.4 1.0874

158245 750 OCC Mid-Ponderosa Pine Convergent 30-40 cm (Mixture) 30 -24.5 1.0239 0.0029 16.2 1.0162

158246 750 MF Mid-Ponderosa Pine Convergent 30-40 cm (Mixture) 30 -23.7 1.0596 0.0030 51.6 1.0516

160321 750 Mid-Ponderosa Pine Convergent 18-42 cm 30 -24.24 1.0939 0.0033 85.6 1.0856 1.0856

160322 751 Mid-Ponderosa Pine Convergent 42-65 cm 53.5 -23.42 1.0402 0.0033 32.3 1.0323

158247 781-782 FLF Mixed Conifer Divergent 0-10 cm (Mixture) 5 -23.8 1.1231 0.0033 114.7 1.1147

158248 781-782 OCC Mixed Conifer Divergent 0-10 cm (Mixture) 5 -24.9 1.0942 0.0031 86.0 1.0860

158249 781-782 MF Mixed Conifer Divergent 0-10 cm (Mixture) 5 -24.4 1.0862 0.0031 78.1 1.0781

158250 781 Mixed Conifer Divergent 0-4 cm 2 -24.6 1.1217 0.0032 113.3 1.1133 1.0960

158251 782 Mixed Conifer Divergent 4-13 cm 8.5 -24.6 1.0926 0.0040 84.4 1.0844

158252 783-784 FLF Mixed Conifer Divergent 30-40 cm (Mixture) 35 -25.3 1.0886 0.0039 80.5 1.0805

158253 783-784 OCC Mixed Conifer Divergent 30-40 cm (Mixture) 35 -24.7 0.9164 0.0028 -90.5 0.9095

158254 783-784 MF Mixed Conifer Divergent 30-40 cm (Mixture) 35 -23.7 1.0063 0.0030 -1.3 0.9987

158255 783 Mixed Conifer Divergent 13-34 cm 23.5 -24.5 1.0385 0.0031 30.8 1.0308 1.0173

158256 784 Mixed Conifer Divergent 34-57 cm 45.5 -24.3 1.0160 0.0030 8.4 1.0084

158257 933 FLF Mixed Conifer Convergent 0-10 cm 5 -25.2 1.0374 0.0031 29.6 1.0296

158258 933 OCC Mixed Conifer Convergent 0-10 cm 5 -25.1 1.0379 0.0031 30.1 1.0301

158259 933 MF Mixed Conifer Convergent 0-10 cm 5 -25.0 1.0558 0.0032 47.9 1.0479

158260 933 Mixed Conifer Convergent 0-10 cm 5 -25.0 1.0491 0.0031 41.3 1.0413 1.0413

158261 934 Mixed Conifer Convergent 10-25 cm 17.5 -24.7 1.0495 0.0029 41.7 1.0417

158262 935 FLF Mixed Conifer Convergent 25-44 cm 34.5 -25.0 0.9977 0.0030 -9.7 0.9903

158263 935 OCC Mixed Conifer Convergent 25-44 cm 34.5 -24.0 0.9715 0.0029 -35.7 0.9643

158264 935 MF Mixed Conifer Convergent 25-44 cm 34.5 -23.6 1.0107 0.0030 3.1 1.0031

158265 935 Mixed Conifer Convergent 25-44 cm 34.5 -23.9 0.9919 0.0030 -15.5 0.9845 0.9845

161642 935 CHARCOAL Mixed Conifer Convergent 25-44 34.5 -25 0.9571 0.0042 -50.2 0.9498

158271 936 Mixed Conifer Convergent 44-70 cm 57 -23.8 0.9760 0.0028 -31.3 0.9687

158272 937 Mixed Conifer Convergent 70-93 cm 81.5 -23.6 0.9240 0.0023 -82.9 0.9171

158304 938 Mixed Conifer Convergent 93-110 cm 101.5 -23.7 0.9075 0.0032 -99.3 0.9007

158305 939 Mixed Conifer Convergent 110-130 cm 120 -23.9 1.0075 0.0035 0.0 1.0000 1.0000

159518 939-DUPLICATE Mixed Conifer Convergent 110-130 cm 120 -23.9 0.9912 0.0029 -16.3 0.9837

162977 939 FLF Mixed Conifer Convergent 110-130 cm 120 -25.0 1.0524 0.0043 44.4 1.0444

162978 939 OCC Mixed Conifer Convergent 110-130 cm 120 -25.0 0.9729 0.0035 -34.5 0.9655

163148 939 MF Mixed Conifer Convergent 110-130 120 -25.0 0.9527 0.0033 -54.5 0.9455

160647 GC-2 Mixed Conifer DOC At 65 cm 65 -25.0 0.9877 0.0032 -19.8

161015 GC-1 Mixed Conifer DOC At 38.75 38.75 -24.7 1.0511 0.00382 43.1

161016 GC-2(2) Mixed Conifer DOC At 65 cm 65 -24.4 1.0263 0.00357 18.5
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Abstract 

Water-limited environments have been the focus of much interdisciplinary study, 

particularly the coupling of climate, vegetation, topography, and soils. The primary 

objective of this research was to examine bioclimatic and topographic controls on the 

geochemical and mineralogical properties of granitic soils encompassed by a semiarid 

environmental gradient in southern Arizona. Two field sites were selected within the 

Santa Catalina Critical Zone Observatory which exhibit significant range in precipitation 

(25 to 85 cm yr
-1

), temperature (24 to 10°C), and vegetation composition (desert scrub → 

mixed conifer). Within each site, two catena end member pairs were selected to represent 

variation in local topography which included divergent, water-shedding summits and 

convergent, water-gathering footslopes. Soils and parent rock were studied using x-ray 

diffraction and x-ray fluorescence. Dust samples were collected from ridge top dust traps 

at the desert scrub site and were examined using x-ray fluorescence. The desert scrub 

soils were enriched in biotite, oligoclase, orthoclase, and total feldspar. Conversely, the 

mixed conifer soils were depleted in feldspars relative to the parent rock with only slight 

mineralogical enrichment in the surface soils. Elemental losses of Na, Si, and K+Ca were 

documented in all of the desert scrub soils, where the greatest degrees of chemical loss 

occurred in the surface soils from both landscape positions. Elemental losses in the mixed 

conifer soils were greatest in the surface soils and trended towards the parent rock with 

pedon depth. The mixed conifer convergent soils exhibited the greatest degree of 

elemental loss where Na, Si, and K+Ca exhibited respective ranges of 12 to 34%, 7 to 

18%, and 14 to 34%. The desert scrub and mixed conifer sites were substantially enriched 



171 

 

in Fe+Mg, particularly in the mixed conifer convergent pedons where gains were more 

than twice those for the divergent sites. The enrichment of biotite, Fe+Mg, and total 

feldspars in the surface soils of both sites led to an examination of dust in the regolith 

profile. Dust fraction estimates ranged from 1 to 16% in desert scrub divergent soils and 

1 to 21 % in convergent pedons. In the mixed conifer soils, dust fraction inputs spanned 1 

to 19% in the divergent sites and 2 to 35% in the convergent landscapes. Greater mineral 

and elemental losses in the mixed conifer soils indicate that climate and vegetation are 

key controls in mineral transformation across these sites. The increased degree of mineral 

and elemental loss in the convergent sites indicates that landscape position is a significant 

local scale control on mineral weathering. These findings also suggest that eolian 

deposition may have significant impacts on soil development across the SCM and 

requires further study. 
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1. Introduction 

Mineral weathering serves a fundamental role in the critical zone by transforming 

bedrock to a mantle of weathered rock and soil that supports terrestrial ecosystems, stores 

and partitions water, and shapes long-term climate change feedbacks with the global 

carbon cycle (Berner et al., 1983; White and Brantley, 1995; Dixon et al., 2009). Controls 

on chemical weathering have been widely discussed (e.g., Dahlgren et al., 1997; Riebe et 

al., 2001; 2004; West et al., 2005; Rasmussen et al., 2007, 2010), revealing broad 

linkages among mineral weathering, climate, biology, and global carbon cycling (Goudie 

and Viles, 2012). Mineral transformations vary across climatic and topographic ranges 

and must be quantified to determine the silicate weathering mechanisms that control 

landscape evolution and global climate over geologic time (West et al., 2005). In this 

study, we examine the geochemical and mineralogical properties of granitic soils 

encompassed by the Santa Catalina Critical Zone Observatory to understand how 

vegetation, climate, and landscape position drive critical zone processes and interactions.  

Granite covers approximately 15% of the Earth’s terrestrial surface (Twidale, 

1993), making the soils formed on granite parent material an important subject of study 

(Rossi and Graham, 2010). The geochemistry and mineral weathering properties of 

granitic soils spanning varying climates and landscapes have been investigated (Watson, 

1964; Nettleton, 1968; Frazier and Graham, 2000; Dixon et al., 2012; Khomo et al., 2013; 

Senol et al., 2014). Primary mineral transformations in granitic soils involve alterations 

of biotite, plagioclase, potassium feldspars, and to a lesser extent, quartz (Kato, 1964; 

Nettleton, 1970), where the degree of transformation generally increases in wetter 
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climates (Whittaker et al., 1968; Dahlgren et al., 1997; Bockheim et al., 2000; Egli et al., 

2003) and in water-gathering landscape positions (Nettleton et al., 1968; Hattar et al., 

2010; Khomo et al., 2011). Elemental depletions of Na, Si, and other base cations 

increase with greater moisture availability,  as seen in a study of granitic catena soils 

spanning arid (470 mm yr
-1

) to subhumid (730 mm yr
-1

) environments (Khomo et al., 

2013). However, it should be noted that low-gradient hillslopes (<25°) have been found 

to exhibit different chemical weathering properties than high-gradient hillslopes (>25°) in 

otherwise similar weathering environments (Dixon et al., 2012). Chemical weathering, as 

quantified by chemical depletion fractions, τSi
 
and τNa, increased downslope in low-

gradient hillslopes as would be expected given the conventional catena model (Huggett, 

1975; Sommer and Schlichting, 1997; Birkeland, 1999). Conversely, in the 20-30° 

transition to high-gradient hillslopes, chemical weathering decreased downslope, an 

unexpected result which the authors attributed to increased physical erosion rates and 

shorter soil mean residence times (Dixon et al., 2012). Clay minerals are common 

products of chemical weathering (Jackson, 1964), which also vary in composition and 

abundance with moisture availability and landscape position (Berry et al., 1987; Khomo 

et al., 2011).   

Clay minerals are useful geochemical markers that document climatic and spatial 

variability across landscapes (Turpault et al., 2008). Clays may undergo multiple stages 

of evolution in the soil, originating from primary mineral transformation, neoformation, 

or inheritance from parent rock (Allen and Hajek, 1989; Graham and O’Geen, 2010). 

When clay distribution is examined in terms of climate, smectite dominates the secondary 
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mineral fraction in hot, water-limited desert environments where kaolinite, vermiculite, 

and palygorskite also occur (Nettleton et al., 1968; Graham and O’Geen, 2010; Khomo et 

al., 2011. In contrast, kaolinite, hydroxyl-interlayered minerals, gibbsite, and short range-

ordered minerals often comprise the clay fractions of wetter, cooler environments. 

Kaolinite is ubiquitous across climatic regimes while halloysite, an intermediate 

weathering product in the transformation of plagioclase to kaolinite (Joussein et al., 

2005), generally predominates in volcanically derived soils (Parfitt et al., 1983; Southard 

and Southard, 1987) or soils formed in humid, wet climates  (Jeong, 2000). A 

climosequence study spanning arid to sub-humid granitic catenas in South Africa 

revealed a coupling among clay distribution, climate, and landscape position. For 

example, the toeslope soils of the arid catena were dominated by smectite compared to 

kaolinite in adjacent crest and near-crest landscapes (Khomo et al., 2011). The proportion 

of kaolinite to smectite increased in higher rainfall regions. In fact, the sub-humid catena 

contained more kaolinite in both landscape positions that corresponded to a simultaneous 

decline in smectite with increased precipitation. Identifying clay mineral composition and 

distribution across landscapes provides information on localized hydrological conditions 

in the soil environment and advances understanding of critical zone evolution (Sandler, 

2013). Furthermore, fine-grained soil particles are incorporated into soils from in-situ 

production and external sources, such as dust inputs, both of which must be addressed 

when examining soil development. 

Eolian dust deposition is a fundamental geomorphic process that contributes to 

soil formation and its associated geochemistry in landscapes spanning arid (Wells et al., 
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1985; Reheis, 1995; Reheis, 2006; Reynolds et al., 2006; Crouvi et al., 2013; Sandler, 

2013) to alpine ecosystems (Litaor, 1987; Bockheim and Koerner, 1997; Muhs and 

Benedict, 2006). Fine-grained eolian inputs provide a critical medium for plant growth, in 

the form of nutrients and increased water holding capacities, in otherwise inhospitable or 

nutrient-limited terrain (Muhs et al., 2008). Silt-enriched soil mantles observed across 

desert and high-elevation environments are attributed to dust accretion over modern 

and/or geologic time (Wells et al., 1985; Dahms 1993; Bockheim and Koerner; Muhs and 

Benedict, 2006). Estimates of dust fraction inputs in the regolith range from 10-40% in 

the San Juan Mountains, Colorado (Lawrence et al., 2011), up to 90% in surface A 

horizons of the Cima volcanic fields (McFadden, 2013), and 50-100% in the Mojave 

Desert, California (Crouvi et al., 2013). Furthermore, dust fraction estimates were up to 

four times greater at hillslope bases compared to ridge top summits in the Mojave soils 

(Crouvi et al., 2013), indicating an important geomorphic consideration on dust fraction 

estimates. Dust composition, transport distance, and origin, including playas, alluvial 

deposits, and sites of anthropogenic disturbance, vary by location (Muhs and Benedict, 

2006; Bullard et al., 2011; Hirmas and Graham, 2012), and thereby requires careful 

consideration when considering fine-grained soil materials at a given site (McTainsh and 

Strong, 2007). 

The goal of this study was twofold. First, we tested whether regional factors (i.e., 

climate, vegetation), local hillslope properties (i.e., landscape position), or a combination 

of the two, exhibited more control on soil development. Specifically, we identified 

primary and secondary mineral composition, quantified primary mineral abundance, and 
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calculated bulk soil elemental losses and gains across climate and hillslope end members 

spanning the Santa Catalina Critical Zone Observatory. Second, we estimated dust 

fraction inputs to the soils and explored the geochemistry of the dust, soils, and rocks 

using immobile elemental ratios.  

 

2. Methods 

Soils and rocks were sampled on north-facing granitic hillslopes within the Santa 

Catalina Mountain Critical Zone Observatory from two climate-vegetation zones, 

referred to as desert scrub and mixed conifer. Within each climate-vegetation zone, 

samples were collected from two divergent summit and two convergent footslope 

landscape positions to account for landscape position controls on mineral transformation. 

Divergent positions shed water, soil materials, and dissolved organic carbon downslope 

to convergent footslopes where greater moisture availability generally results in enhanced 

mineral weathering. The sample location design follows similar hillslope scale soil 

studies that focus on the interactive control of climate and topography on granitic soil 

development (Watson, 1964; Muhs, 1982; Khomo et al., 2011). The desert scrub and 

mixed conifer sites represent the two climatic end members of the SCM-CZO 

environmental gradient and were selected for additional mineralogical and geochemical 

characterization in this study. 

All soils were air-dried, and sieved at < 2 mm to isolate the “fine-earth” fraction 

for analyses (Soil Survey Staff, 2004).  Major, minor, and trace elemental constituents 

were determined by x-ray fluorescence (XRF) for all soil and rock samples. Soils were 
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prepared by ball milling ~3.5 grams of sample in a plastic scintillation vial containing 3 

tungsten carbide bearings for 10 minutes. Internal rock fragments were ground to < 355 

µm using a porcelain mortar and pestle. The ground soil and rock samples were formed 

into pellets under a pressure of 25 tons for 120 seconds, bound with cellulose wax (3642 

Cellulose binder – SPEX SamplePrep PrepAidTM), and analyzed using a Polarized 

Energy-Dispersive X-ray Fluorescence spectrometer (EDXRF – SPECTRO XEPOS, 

Kleve – Germany). The XRF concentrations measured for soils were corrected for loss on 

ignition and reported on an ash free basis. Loss on ignition was determined by weighing 

out 20 grams of dried (105 °C for 24 hours), un-treated soil, placing the sample in a 

muffle furnace for 3 hours at 550 °C, cooling the sample in a desiccator, and re-weighing 

the sample post-ignition. Loss on ignition was then calculated as the percent of dry 

weight that was lost on ignition (Konen et al., 2002).  

Elemental and mineralogical mass transfers were calculated using Zr and quartz 

as the respective immobile constituents. Mobile elemental constituents included Na, Si, 

K+Ca, Fe+Mg, and Al. Mobile mineralogical constituents included biotite, muscovite, 

oligoclase, orthoclase, and microcline. The mass transfers were calculated using the 

dimensionless mass transfer coefficient, τi,j, following Porder et al. (2007): 

 

     [
    

    

    

    
  ]  [  RF%]       [Eq. 1] 
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where cj,p and ci,p are concentrations of the mobile and immobile constituents in the 

parent material, cj,w and ci,w are soil concentrations, and RF% is weight percent rock 

fragments. 

Dust samples were collected in four dust traps installed on a ridge top at the desert 

scrub location that were similar in construction to those described by Reheis and Kihl 

(1995). The samples were prepared and analyzed using the XRF method described above 

to determine the geochemical composition of the dust. The fraction of dust composing the 

soil material was estimated using the following equation (Ferrier et al., 2011):  
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      [Eq. 2]  

 

where Tir is the concentration of Ti in the rock, Tis is the concentration of Ti in the soil, 

Tid is the concentration of Ti in the dust, Zir is the concentration of Zr in the rock, Zrs is 

the concentration of Zr in the soil, and Zrd is the concentration of Zr in the dust. The 

resulting Nb/Zr ratios of the samples were also used to explore the geochemical 

characteristics at each field site. 

An independent particle size distribution method for estimating dust inputs was 

employed (Crouvi et al., 2013) for comparison with the geochemical method. The 

particle size distribution method compared the particle sizes measured in the dust to the 

grain diameters of the soils and saprock. The dust fractions in the soil were estimated 

using the dust particle size distributions as the eolian fraction end member and the 
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particle size distribution of the saprock as the parent rock end member, and assumes that 

no dust has been incorporated into the saprock end member.    

Soils were pre-treated prior to quantitative x-ray diffraction to remove organic 

matter using NaOCl adjusted to pH 9.5 (Soil Survey Staff, 2009). The soils were ground 

to < 355 µm using a mortar and pestle. A known amount of zincite was added to the 

ground soil as an internal standard and micronized into a homogenous, bulk powder (< 

180 µm) using a McCrone Micronizing Mill (Moore & Reynolds, 1997; Eberl, 2003) for 

quantitative x-ray diffraction. Rocks were broken using a mallet, or a sledgehammer 

when necessary, and internal, un-weathered fragments were selected from the specimen 

centers. Rock fragments were ground and processed using the preparation same methods 

described for soils. Secondary mineral assemblage was determined using semi-

quantitative x-ray diffraction (XRD). Briefly, oriented clay mounts were prepared on 

glass slides using the vacuum filtration method (Moore and Reynolds, 1997) with the 

standard suite of clay treatments including KCl-saturation, heat-treated KCl (300°C and 

550°C), Mg-saturation, and Mg/glycerol saturation (Whittig and Allardice, 1986). 

Additionally, an aerosol formamide treatment was used to distinguish halloysite from 

kaolinite (Churchman et al., 1984).  

Oriented clay mounts and randomly oriented, bulk soil and rock powder mounts 

were analyzed by x-ray diffraction at the University of Arizona’s Center for 

Environmental Physics and Mineralogy with a PANalytical X’Pert PRO Multi-Purpose 

Diffractometer (PANalytical, Almelo, The Netherlands). The system generated Cu-Kα x-

rays at an accelerating potential of 45 kV, a current of 40 mA, and was equipped with a 
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1° divergence slit (1.52 mm), a 10 mm divergent mask, a 1° anti-scatter slit (1.52 mm), a 

0.60 mm fixed receiving slit, and a sealed Xenon detector fitted with a graphite 

monochromator. A spinner sample stage with a 1s rotation time was used to measure 

from 4-65° 2-theta, with a step size of 0.020° and a dwell time of 3 s. Semi-quantitative 

x-ray diffraction was used to determine secondary mineral assemblage where a fixed 

sample stage was used to measure oriented clay mounts with a scan range of 2-35° 2-

theta, a step size of 0.040° and a dwell time of 3 s. The diffractometer was fitted with a 1° 

divergence slit (1.52 mm), a 10 mm divergent mask, a 1° anti-scatter slit (1.52 mm), a 

0.60 mm fixed receiving slit, and a sealed Xenon detector with a graphite 

monochromator.  

 Quantitative phase analysis of the bulk soil and rock samples was completed 

using the full-pattern fit Rietveld refinement method (Bish and Post, 1993; Bish, 1994), 

an extension of the Rietveld method (Rietveld, 1969). The Rietveld method uses a least 

squares minimization process that relies on a set of user-defined crystal structure 

refinements to minimize differences between the observed diffraction pattern and the 

reference mineral patterns. The Rietveld refinements were performed in PANalytical 

X’Pert HighScorePlus v2.1b using reference mineral patterns from the RockJock Library 

and the American Mineralogist Crystal Structure Database (Downs and Hall-Wallace, 

2003). The parameters selected for the refinement strategy sequence were based on 

Young's (1993) suggested parameter sequence. A set of global parameters, including R 

expected, weighted R, and goodness of fit generated by the software, were used to 

evaluate each refinement to ensure the production of accurate, high quality data 
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(Speakman, 2013). Mineral phase quantification was independently confirmed by 

analyzing a subset of the rock and soil samples in RockJock (Eberl, 2003). Characteristic 

secondary minerals were identified using HighScorePlus with reference mineral patterns 

from the RockJock Library and the American Mineralogist Crystal Structure Database. 

 

3. Results 

3.1 Quantitative mineralogy 

The primary mineral assemblage of the desert scrub soils consisted of quartz, 

oligoclase, orthoclase, and biotite (Table 1). The orthoclase and biotite mineral weight 

percentages were equal when compared across landscape positions. Quartz and oligoclase 

percentages only varied by ~1% between landscapes. When analyzed as concentrations 

with depth, oligoclase showed enrichments ranging from 9% in the subsurface soil to 

47% in the surface soils (Fig. 1a). The convergent soils were also enriched in oligoclase 

with gains spanning 6% to 47%. For orthoclase, the divergent pedons ranged from a 

maximum enrichment of 5% in the first pedon to a depletion of 13% in the second pedon 

(Fig. 2a). The convergent pedons were similar in that the first pedon was slightly 

enriched in orthoclase containing a maximum gain of 7% whereas the second pedon was 

depleted in orthoclase throughout the profile with a maximum depletion of 18%. The tau 

values for total feldspar indicated enrichment and much overlap between landscape 

positions with gains of 3 to 24% in the divergent pedons and 2 to 22% in the convergent 

pedons (Fig. 3a). Substantial biotite enrichment was recognized for both landscape 

positions with the divergent sites exhibiting gains of 45 to 168% (Fig. 4a). Gains in 
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biotite were greater for the convergent pedons with enrichments spanning 29 to 235%. 

Surface soils contained the most biotite enrichment across both landscape positions with 

maximum gains of 168% in divergent surface soil and 235% in convergent surface soil.   

The primary mineral assemblage of the mixed conifer soils was dominated by 

quartz, oligoclase, microcline, and muscovite (Table 1). The mineral weight percentages 

for muscovite and microcline were identical between landscape positions and only 

minimal differences were observed for quartz and oligoclase. Quartz was ~5% greater in 

the convergent landscapes compared to the divergent sites whereas oligoclase was ~4% 

higher in the divergent positions than the convergent ones. Tau values calculated for the 

dominant primary minerals documented several trends across landscape positions and 

with depth. The divergent surface soils were slightly enriched in oligoclase and showed 

little difference from the parent rock throughout most of the depth profile (Fig. 1b). The 

tau plots for oligoclase in the convergent soils revealed relatively uniform depletions with 

depth and a maximum depletion of 18%. The divergent soils were also enriched in 

microcline with a maximum enrichment of 8% in the surface soils and showed much 

similarity to the parent rock with depth (Fig. 2b). The tau values for the convergent sites 

revealed that the profiles were generally depleted in microcline and contained a 

maximum depletion of 9%. Tau plots documented similar trends in the divergent sites 

with a slight enrichment of total feldspar in the surface soils and little change from the 

parent rock with depth. In comparison, the convergent sites demonstrated relatively 

consistent total feldspar depletion in both pedons except in the saprock which exhibited 

little change from the parent material (Fig. 3b). Muscovite was enriched throughout both 
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divergent pedons with gains ranging from a maximum of ~20% in the surface soils to 3-

5% in the subsurface (Fig. 4b). The convergent sites were also generally enriched in 

muscovite with a maximum enrichment of 24% in the saprock. One subsurface horizon 

did also exhibit a minimal loss of 3%.   

3.2 Geochemical characterization of sites 

 The desert scrub sites were all enriched in Fe+Mg relative to the parent material 

and showed little difference between landscape positions (Fig. 5a). The divergent pedons 

showed Fe+Mg gains of 55 to 196%. Corresponding biotite mineral weight percentages 

for the divergent pedons indicated that the surface soils were the most biotite-rich with an 

average of 7.5% which decreased to ~5% with depth (Fig. 5b). Considerable Fe+Mg 

enrichment also occurred in the convergent soils with gains of 90 to 215%. Biotite 

mineral weight percentages in the convergent pedons were also greatest in the surface 

soils which averaged 9% and dropped to ~4% in the subsurface (Fig. 5b).  

 The mixed conifer sites exhibited substantial enrichment in Fe+Mg, particularly 

in the first convergent pedon where gains were more than twice those for the divergent 

sites. The divergent pedons demonstrated the greatest Fe+Mg enrichment in the surface 

soils with an average gain of ~300% that decreased to ~70% in the subsurface (Fig. 6a). 

Muscovite weight percentages in the divergent soils ranged from 12% in the near-surface 

soils to 18% in the saprock (Fig 6b). Conversely, the first convergent surface soil was the 

most enriched Fe+Mg soil horizon in the study with a gain of 750% compared to 368% 

gain in the surface soil of the second convergent pedon (Fig. 6a). Both convergent pedons 

were less enriched with depth, yet still averaged a gain of ~95% in the saprock. The 
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convergent pedons contained similar muscovite weight percentages to the divergent sites 

ranging from 12 to 19% (Fig. 6b).  

 Depletions of Na, Si, and K+Ca were observed in all of the desert scrub soils, 

where the greatest degrees of chemical loss occurred in the surface soils from both 

landscape positions (Fig. 7a, Fig 8a, Fig. 9a).  For example, Na loss averaged 22% in the 

divergent surface soils and decreased to ~12% with depth. Similar trends were observed 

for Si and K+Ca with identical respective averages of 18% in the surface soils that 

decreased to 8% and 9% in the subsurface, respectively. The convergent sites were 

similar to the divergent pedons in that the surface soils were the most depleted and 

exhibited less loss with depth. Average Na loss in the convergent surface soils was 19% 

compared to 8% in the saprock. Similarly, Si and K+Ca depletions in the surface soil 

averaged 18% and 14% compared to depletions in the saprock which averaged 12% and 

10%, respectively (Fig 8a, Fig. 9a).  

The mixed conifer sites exhibited distinct patterns of chemical depletion by 

landscape position for Na, Si, and K+Ca (Fig. 7b, Fig 8b, Fig. 9b). In the divergent soils, 

the surface soils demonstrated the greatest degree of Na depletion at ~21% which 

decreased to 11% with depth. The Si and K+Ca losses were also similar in range, 

spanning 4 to 13% and 4 to 11%, respectively. In the convergent soils, depletions of Na, 

Si, and K+Ca exhibited respective ranges of 12 to 34%, 7 to 18%, and 14 to 34%. 

Overall, chemical losses were most expressed in the surface soils and trended towards the 

parent rock deeper in the pedons with the greatest degree of depletion occurring in the 

convergent landscapes. 
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3.3 Dust fraction estimates 

The accumulation of biotite, Fe+Mg, and total feldspars in the surface soils of 

both sites led to a geochemical examination of dust in the regolith profile. Dust fraction 

estimations using the geochemical method were 2 to 16% in the desert scrub divergent 

pedons and 6 to 21% in the convergent pedons (Table 3). The particle size distribution 

method generated dust fraction estimates of 1 to 10% dust in the divergent pedons and 1 

to 15% in the convergent pedons. Immobile elemental ratios were also used to 

characterize the geochemistry of the desert scrub parent rock, dust, and soil horizons. The 

Zr/Nb ratio of the dust was 8.0 compared to 14 in the parent rock (Table 2). The soils in 

the divergent positions contained Zr/Nb ratios of 7.0 to 16 whereas those in convergent 

landscapes spanned 5.8 to 10. Titanium and zirconium concentrations were greater in the 

desert scrub soils with respect to dust and parent rock references (Figure 10). The surface 

soils of the divergent and convergent sites averaged 0.44 ± 0.17% Ti and 0.37 ± 0.07% 

Ti, respectively, compared to 0.09% Ti in the parent rock and 0.3% Ti in the dust. The 

desert scrub surface soils averaged 308 ± 20 ppm Zr in the divergent sites and 300 ± 30 

ppm Zr in the convergent sites, which are greater than 227 ppm Zr determined for the 

parent rock and 93 ppm Zr measured in the dust.      

In the mixed conifer soils, dust fraction inputs ranged from 13 to 19% in the 

divergent sites and 9 to 19% in the convergent landscapes (Table 3). The particle size 

distribution method yielded dust estimates of 1 to 24% in the divergent pedons compared 

to 2 to 35% in convergent surface soils. The Zr/Nb ratios of the parent rock and dust were 

20 and 8.0, respectively. The Zr/Nb ratios of the divergent soils spanned 10 to 14 whereas 



186 

 

those of the convergent soils were 10 to 15 (Table 3). The mixed conifer soils contained 

slightly higher Ti and Zr concentrations compared to dust and rock references. For 

example, the divergent and convergent surface soils exhibited respective averages of 0.1 

± 0.01% Ti and 0.3 ± 0.12% Ti compared to 0.08% in the parent rock and 0.3% in the 

dust reference. Similarly, Zr concentrations averaged 279 ± 4.9 ppm Zr in the divergent 

surface soils, 279 ± 10 ppm Zr in the convergent surface soils, 227 ppm Zr in the parent 

rock, and 93 ppm in the dust reference.   

3.4 Secondary mineral assemblage 

Clay mineral assemblages were primarily comprised of 1:1 and 2:1 phyllosilicates 

that varied in composition with depth, landscape position, and ecosystem. Clay minerals 

in the desert scrub soils included vermiculite, smectite, hydrated halloysite, dehydrated 

halloysite and/or kaolinite, and interlayered halloysite/kaolinite-smectite. The smectite 

minerals were present in all desert scrub soils with expansion of 1.0 nm peaks to 1.8 nm 

following Mg saturation/glycerol solvation (Fig. 11a; Fig. 12a). The surface horizons of 

both desert scrub landscape positions contained hydrated halloysite peaks at 1.0 nm 

accompanied by broadly shaped peaks at 0.7 nm that expanded towards 1.0 nm with 

formamide solvation  (Churchman, 1984; Churchman, 1990) (Fig. 11a, 12a). It is not 

possible to determine the presence or absence of 1.0 nm halloysite in the convergent 

location due to the presence of the 1.0 nm illite peak that does not expand with Mg 

saturation and glycerol solvation. However, the lack of crystallinity of the 1.0 nm peak in 

the Mg-glycerol treatment suggests the presence of 1.0 nm halloysite rather than illite. 

The hydrated halloysite peaks decreased in intensity with depth while the 0.7 nm peaks 
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remained similar throughout the depth profiles. Minor amounts of vermiculite were also 

detected at 1.4 nm in the desert scrub horizons. Desert scrub divergent soils contained 

interlayered halloysite/kaolinite-smectite minerals that were distinguished by 1) the 

partial collapse of the species during K
+
 saturation and K

+
-550 heat treatments and 2) the 

presence of a peak in the 0.750-0.755 nm range that exhibited minimal collapse after K-

saturation and K-300 heat treatments (Fig. 11a; Corti et al., 1998). These patterns were 

not observed in adjacent desert scrub convergent landscapes where full collapse during 

heat treatment occurred (Fig. 12a). 

Clay mineral assemblage of the mixed conifer soils were dominated by 

vermiculite, hydroxy-interlayed vermiculite (HIV), illite, and kaolin peaks with minor 

amounts of hydrated halloysite that were most evident in conifer surface soils and 

divergent saprock (Fig. 11b, Fig. 12b). The conifer divergent saprock contained a small 

gibbsite peak (Fig. 11b) and minor smectite peaks were present in convergent and 

divergent saprock. The sharp 1.0 nm illite peak in the surface conifer soils decreased in 

intensity with depth, particularly in the divergent site.  
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4. Discussion 

4.1 Mineral weathering: Elemental and mineralogical characteristics 

 

 The distribution of mobile constituents varied across the desert scrub and mixed 

conifer field sites, likely a result of changes in moisture availability. Losses of mobile 

minerals (i.e., feldspars, micas) relative to quartz increased from the desert scrub to 

mixed conifer field sites (Figs. 1-4). Similarly, base cation concentrations were most 

depleted relative to the immobile constituent, Zr, in the mixed conifer soils (Figs. 7-9). 

These findings provide support for the increased degree of mineral transformation, 

elemental loss (i.e., Na) and desilication observed in wetter climates (Dahlgren et al., 

1997; Oh and Richter, 2005; Graham and O’Geen, 2010; Yousefifard et al., 2012; 

Khomo et al., 2013). In the mixed conifer soils, elemental and mineralogical losses were 

greatest in the convergent landscapes compared to divergent sites, indicating an increase 

in downslope mineral weathering similar to other catena studies (Nettleton et al., 1968; 

Hattar et al., 2010; Khomo et al., 2011). However, the desert scrub sites showed 

significant gains in oligoclase and biotite, which are likely impacting the associated 

elemental concentrations in these soils. Addition profiles can signify dust inputs to the 

soil surface and subsequent redistribution within the profile (Brantley et al., 2007). 

Elemental enrichments resulting from dust deposition require careful examination to 

better understand the landscape processes occurring in a particular field area.  

4.1.2 Elemental enrichments of Fe and Mg 

 

The desert scrub and mixed conifer soils exhibited unanticipated gains in Fe and 

Mg (Fig. 5a, Fig 6a), suggesting that eolian deposition may have significant impacts on 
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soils across the SCM. In the desert scrub soils, the Fe and Mg gains corresponded to 

biotite mineral weight percentages that closely matched semi-quantitative estimates of 

biotite in dust samples (Fig. 5b). The biotite percentages in the desert scrub soils were 

more than double those measured in the parent rock (Fig. 5b). The gains in Fe and Mg 

were greatest in the surface soils of the mixed conifer field sites and decreased with depth 

(Fig. 6a), which may denote external dust inputs at the landscape surface. The muscovite 

weight percentages of the mixed conifer soils were higher than both muscovite 

percentages in the parent rock and biotite in the desert scrub dust reference (Fig. 6b), 

suggesting that mica inputs from an external source(s) are possible (Fig. 6b). 

Interestingly, the greatest gains in Fe and Mg occurred in the convergent positions at both 

field sites (Fig. 5a, Fig. 6a) thereby documenting landscape position as an important 

topographic control on elemental distribution across the landscape.  

Elemental enrichments of Fe and Mg have been attributed to eolian inputs in other 

granitic landscapes where proximity to dust sources was a key factor (Dixon et al., 2012; 

Khomo et al., 2013). A chemical weathering study in the San Gabriel Mountains, 

California found that soils on the eastern side of the mountain range were more enriched 

in Fe and Mg compared to western sites (Dixon et al., 2012). The authors postulated that 

the eastern sites received higher dust inputs from the Mojave Desert than the more distant 

western landscapes (Dixon et al., 2012). Mojave dust contains notable concentrations of 

Fe and Mg (Reheis and Kihl, 1995) and likely had an impact on the geochemistry of 

these nearby (<20 km) soils. We speculate that dust deposition across all of the SCM 

sites is likely given the array of regional to local scale dust sources in southern Arizona 
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(Clements et al., 2013) and the impact that dust can have on high elevation sites in the 

western United States (Muhs and Benedict, 2006). Dust sources in the desert southwest 

include alluvial deposits, playas, barren agriculture land, post-fire disturbances, and 

wind-driven disturbance during monsoon events (Clements et al., 2013; Hahnenberger 

and Nicoll, 2014), all of which may potentially contribute to dust deposition in the SCM.  

Substantial Fe and Mg enrichments have also been observed in lower hillslope 

landscape positions compared to upslope landscapes (Khomo et al., 2013). Significant 

gains in Fe and Mg were noted in a study of arid catena soils where granitic soils located 

closest to a basalt dust source exhibited substantial enrichment in these elements 

compared soils located further away (>15 km) (Khomo et al., 2013). The greater gains in 

Fe and Mg in the downslope landscape position is similar to the SCM soils where the 

greatest enrichments occurred in the convergent positions, likely reflecting contributions 

from local and upslope eolian deposits. The eolian fraction of soil in a downslope 

position is a product of local eolian inputs to that given geomorphic position as well as 

eolian contributions to upslope soils that have subsequently been transported downslope 

(Crouvi et al., 2013). These findings document the combined impact that eolian 

deposition and landscape position have on elemental distribution across the SCM sites.  

4.2 Eolian deposition across the SCM 

 Substantial dust inputs were estimated for all SCM soils, spanning 1-21% in the 

desert scrub sites to 1-35% in the mixed conifer sites (Tables 2,3). The SCM dust fraction 

estimates were similar in range to estimates of 10-40% in the San Juan Mountains, 

Colorado and were lower than dust input estimates of ~50-100% for soils in drier regions 
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(Crouvi et al., 2013; McFadden, 2013). Furthermore, the higher end member dust 

estimates in the mixed conifer soils corresponded to an increase in average pedon silt 

content noted previously for these sites along the SCM gradient (Lybrand and 

Rasmussen, In Review). Dust-derived enrichments in silt are common across low and 

high elevation landscapes (Wells et al., 1985; Dahms 1993; Bockheim and Koerner; 

Muhs and Benedict, 2006) and we see evidence for this phenomenon in the mixed conifer 

field sites (Table 3; Lybrand and Rasmussen, In Review). Furthermore, maximum dust 

estimates of 30-35% occurred in the mixed conifer convergent sites, indicating that 

landscape position has an important control on the subsequent distribution and accretion 

of dust after deposition (Crouvi et al., 2013).  

4.3 Secondary mineral assemblage along the SCM environmental gradient 

 

4.3.1 Desert soils 

 

Mineral alteration increased with elevation, exhibiting differences in secondary 

mineral assemblage across the desert scrub and conifer field sites. The low elevation 

desert clay minerals included vermiculite, smectite, hydrated halloysite, dehydrated 

halloysite and/or kaolinite, and interlayered halloysite/kaolinite-smectite (Fig. 11a; Fig. 

12a). The dominant minerals, including smectitic and halloysite mineral species, suggest 

a weathering-limited, high-silica soil environment (Parfitt, 1983; Dahlgren et al., 1997; 

Ziegler et al., 2003; Graham and O’Geen, 2010). Smectites form through inheritance 

from parent materials, 2:1 phyllosilicate mineral transformations (i.e., mica), or 

neoformation where smectites precipitate from soil solutions (Reid-Soukup and Ulery, 

2002). Neoformed smectites precipitate under poorly drained, basic soil conditions where 
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silica and magnesium concentrations are high (Jackson, 1965; Weaver, 1971). The 

smectites identified in the desert scrub soils were likely neoformed given the soil 

environment but transformation from biotite weathering is also possible.    

Halloysite was an unexpected mineral identified in the desert scrub soils (Fig. 

11a; Fig. 12a), and may be a result of the dry, silica-rich environment, the rapid wet and 

extended dry cycles resulting from episodic monsoon/winter moisture in an otherwise 

arid climate, or soil age. Halloysite, an intermediate feldspar and/or biotite weathering 

product common in silica-rich soils (Joussein et al., 2005), has been identified under 

vastly different conditions ranging from humid, tropical climate regimes (Eswaran and 

Heng, 1976; Eswaran and Bin, 1978; Gilkes et al, 1980; Jeong, 2000; Jeong et al., 2003), 

to volcanic ash soils (Parfitt et al., 1983; Parfitt and Wilson, 1985; Rasmussen et al., 

2007), to highly weathered granitic terrain (Ross et al., 1983; Robertson and Eggleton, 

1991, Taboada and Garcia, 1999).  

In the current study, hydrated, halloysite, smectite, dehydrated halloysite and/or 

kaolinite, and interlayered halloysite/kaolinite-smectite were identified in the desert soils 

(Fig. 11a; Fig. 12a), indicating a silica-rich soil solution state with a possible combination 

of kinetic and thermodynamic controls on clay mineral precipitation. Halloysite content 

has been found to increase in drier environments where minimal leaching concentrated 

silica in soils that formed under otherwise similar conditions (Parfitt et al., 1983). The 

occurrence of halloysite was documented as a metastable product of basalt weathering in 

the arid soils of Hawai’i (Ziegler et al., 2003) which was attributed to kinetic factors, 
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such as wet/dry cyclic periods, that inhibited the thermodynamically predicted formation 

of smectite. Interestingly, both smectite and halloysite were identified in the desert scrub 

soils (Fig. 6a). Halloysite and kaolinite minerals differing in chemical and morphological 

compositions also co-occur in weathering profiles (Churchman and Gilkes, 1989; 

Banfield and Eggleton, 1990; Gilkes et al., 1980; Papoulis et al., 2004), an observation 

associated with microtexture controls and the composition of soil solution (Papoulis et 

al., 2004). Indeed, halloysite and kaolinite co-existed in granitic saprolite where 

halloysite formed in the microfissures of transforming plagioclase and kaolinite in 

weathered biotite (Jeong, 2000), supporting the possibility of localized clay precipitation 

in contrasting microenvironments. The authors speculate that the co-occurrence of 

smectite and halloysite in the desert scrub soils may result from similar microscale 

differences in solution chemistry or mineral texture as described for halloysite and 

kaolinite that may promote the precipitation of both mineral phases. 

    The distribution of kaolin mineral phases changed with soil depth in the desert 

scrub soils (Fig. 11a), likely a function of moisture availability and rapid periods of 

wetting and drying. An increase in hydrated halloysite with depth is common in xeric soil 

moisture regimes where prolonged drying cycles in the summer months may dehydrate 

halloysite in the surface soils (Takahashi et al., 1993). A transition from kaolinite to 

dehydrated halloysite was also identified when comparing surface to subsurface soils in 

lateritic weathering profiles (Churchman and Gilkes, 1989) and in a study of volcanic soil 

development across sites with xeric soil moisture regimes in California (Rasmussen et al., 

2010). Surprisingly, the desert scrub surface soils in both landscape positions exhibited 
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the strongest hydrated halloysite peaks in the surface soils which decreased in intensity 

and transitioned to dehydrated halloysite and/or kaolinite with depth (Fig. 11a). We 

predict that episodic, intense monsoons may provide the moisture required for the 

halloysite to remain hydrated in the shallow surface soils (<10 cm) during the summer 

months and that the short pulses of moisture may not percolate through the entire pedon.  

We speculate that the complex array of smectite, hydrated halloysite, dehydrated 

halloysite/kaolinite, and interlayered halloysite/kaolinite-smectite results from complex 

climatic, soil, and mineral microtextural interactions in the dry, silica-rich desert 

environment. The rapid wet/dry cycles created by monsoon events and warm summer 

temperatures contributes to a low leaching, high silica soil environment and the kinetic 

favoring of “metastable” halloysite in a silica-rich system. Therefore, a combination of 

limited to no Si leaching and rapid wet/dry cycles may drive halloysite precipitation in 

the desert soils, particularly in the surface soil where the limited moisture inputs are 

greatest. Furthermore, we hypothesize that halloysite is likely an initial weathering 

product that has yet to fully transform to kaolinite given the short mean residence time of 

the desert soil (Rasmussen, 2008).  

4.3.2 Mixed conifer soils 

The clay minerals at the conifer sites demonstrated an increased degree of mineral 

transformation, consisting of vermiculite, illite, kaolinite, and smectite. Vermiculite was 

identified in both divergent and convergent landscape positions (Fig. 11b, Fig. 12b). 

Vermiculite is widely distributed in soils and is a common intermediate weathering 

product in the transformation of biotite and/or muscovite transformation to hydroxyl Al-
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interlayered vermiculite (Malla, 2002). Little to no smectite was identified in the 

divergent landscape positions (Fig. 11b) yet smectite was prevalent in the convergent 

soils, particularly in the shallow saprock at ~40 cm (Fig. 12b). Well-expressed smectite 

was also noted at the soil-weathered rock interface in a dry oak woodland site in 

California where solutes likely accumulated and precipitated smectite due to contact with 

a consolidated parent rock horizon (Rasmussen, 2010). Smectite formation has been 

detected in lower footslope positions with marked absences in adjacent crest and near-

crest positions (Khomo, 2011), an observation attributed to greater concentrations of 

water-soluble Mg and Si transported downslope (Graham and O’Geen, 2010).  

The mixed conifer soils exhibited the greatest degree of mineral transformation in 

the SCM, which may reflect seasonal variation in mineral weathering. The mixed conifer 

clay minerals were predominately HIV, vermiculite, and kaolinite with smectite and 

gibbsite as minor constituents. Increased precipitation at the conifer sites corresponded to 

more intense kaolinite peaks with respect to smectite, a trend suggesting increased 

desilication described previously for a granitic South African climosequence (Khomo et 

al., 2011). Hydroxy-interlayered vermiculite is a common mineral phase resulting from 

muscovite weathering where vermiculite is interlayered with Al (Malla, 2002). The 

formation of the hydroxyl-Al interlayered vermiculite often results in an “anti-gibbsite 

effect,” where Al concentrations are lowered in soil solution thereby discouraging 

gibbsite precipitation (Jackson, 1963). Surprisingly, HIV and gibbsite co-occurred in the 

divergent saprock, an observation associated with differences in microscale or 

pedochemical environments (Bhattacharyya et al., 2000).   
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The gibbsite identified in the mixed conifer divergent saprock was unexpected, 

particularly in a climatic regime receiving <140 cm of precipitation a year (Vazquez, 

1981), and may result from localized primary mineral transformations in granitic parent 

material. Gibbsite formation has been categorized as “primary gibbsite” and “secondary 

gibbsite” where “primary gibbsite” originates from the initial stages of aluminosilicate 

weathering of parent rock minerals and “secondary gibbsite” from long-term kaolinite 

weathering reactions (Boulange et al., 1975). Gibbsite has been documented in young, 

non-tropical environments (Wada and Aomine, 1966; Reynolds, 1971; Vazquez, 1981) 

and has been found crystallized on plagioclase mineral surfaces during the initial stages 

of transformation (Tazaki, 1976). The conditions outlined for “primary gibbsite” 

formation include well-drained soil environments subjected to rapid water flow that 

removes base cations and silica from the weathering system (Vazquez, 1981). “Primary 

gibbsite” is most common on hillslopes and is found less frequently in depositional 

valleys, likely a result of the redistribution of water and weathering constituents across a 

catena. Furthermore, “primary gibbsite” is most abundant in C mineral horizons due to its 

origin in the weathered parent rock (Vazquez, 1981). The authors propose that the minor 

amount of gibbsite detected in this study likely originated from the initial stages of 

granitic saprock weathering in the well-drained divergent landscape positions. Previous 

work on the mixed conifer divergent saprock confirmed microscale depletions of Na and 

Si across plagioclase grains and in-situ clay weathering products (Lybrand and 

Rasmussen, 2014), evidence for a low-silica environment that may be conducive to 

gibbsite precipitation.    
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The mixed conifer divergent saprock contained an array of secondary weathering 

products from 2:1 clay minerals to gibbsite (Fig. 11a). The complex mineral mixture may 

suggest distinct periods of seasonal weathering patterns where an intense flush of 

snowmelt water drives desilication and gibbsite/mineral interlayering processes. In 

comparison, the rapid wetting and drying associated with the warm and wet summer 

monsoon storms may contribute to smectite and hydrated halloysite formation, 

particularly with depth. Researchers have used clay minerals to demonstrate seasonal 

variation in mineralogical distributions across short spatial and temporal (<3 months) 

scales (Turpault et al., 2008). Seasonal variation in rare earth element (REE) 

concentrations was confirmed using soil lysimeter samples at the mixed conifer site 

(Jardine, 2011). Here, rare earth element (REE) concentrations were measured from soil 

pore waters to characterize seasonal and landscape position differences in REE 

signatures, a proxy for chemical weathering intensity. In addition to seasonal variation, 

higher concentrations of middle rare earth elements were measured in divergent 

landscape positions, an indication that clay minerals may contribute more to chemical 

weathering in divergent sites compared to adjacent convergent sites (Jardine, 2011). 
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5. Summary 

  The geochemical and mineralogical properties of granitic soils were examined 

across regional and hillslope scales of study to quantify soil development in semiarid 

environments. Mineral and base cation depletion were greatest in the convergent 

landscape positions at both sites and increased from the hot, moisture-limited desert scrub 

sites to the wetter, more productive conifer ecosystems. Enrichments in mica and select 

elements (i.e., Fe, Mg) suggested that dust deposition was a significant contributor to soil 

development across all sites. Geochemical estimates of dust fraction inputs confirmed 

this finding with dust composing up to 35% of the regolith material in the mixed conifer 

convergent soils. Clay mineral assemblage was dominated by halloysite and smectite 

minerals in the desert scrub site, reflecting complex climatic and mineral microtextural 

interactions in the dry, silica-rich desert environment. Clay minerals at the mixed conifer 

site exhibited the greatest degree of mineral transformation in the SCM, consisting of 

vermiculite, illite, kaolinite, and minor amounts of smectite and gibbsite. These findings 

indicate that bioclimatic and topographic factors interactively control soil development 

across these sites, suggesting that regional and local scale factors must be accounted for 

in the evolution of soil and the critical zone.   
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7. Figures and Tables 

 

 

Figure 1. Mobile constituent, oligoclase, in the a) desert scrub and b) mixed conifer sites.  
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Figure 2. Mobile potassium feldspar constituents including a) orthoclase in the desert 

scrub soils and b) microcline in the mixed conifer soils.  
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Figure 3. Mobile constituent, total feldspar, in the a) desert scrub and b) mixed conifer 

sites. 
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Figure 4. a) Biotite concentrations in the desert scrub soils and b) muscovite 

concentrations in the mixed conifer soils.  
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Figure 5. Desert scrub geochemical and mineralogical data including a) a plot of tau 

versus depth for Fe+Mg and b) biotite mineral weight percentages with depth.  
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Figure 6. Mixed conifer geochemical and mineralogical data including a) a plot of tau 

versus depth for Fe+Mg and b) muscovite mineral weight percentages with depth.  
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Figure 7. Mobile constituent, Na, in the a) desert scrub and b) mixed conifer sites.  
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Figure 8. Mobile constituent, Si, in the a) desert scrub and b) mixed conifer sites.  
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Figure 9. Bioavailable mobile constituents, K+Ca, in the a) desert scrub and b) mixed 

conifer sites.  
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Figure 10. Immobile constituents in divergent and convergent soils, parent rocks, and 

dust reference samples from the desert scrub site. 
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Figure 11. X-ray diffractograms of clay fractions for Mg+Glycerol, formamide, K-25, 

and K-550 treatments in the divergent landscape positions for the a) desert scrub and b) 

mixed conifer sites. 

  

Desert Scrub Mixed Conifera b
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Figure 12. X-ray diffractograms of clay fractions for Mg+Glycerol, formamide, K-25, 

and K-550 treatments in the convergent landscape positions for the a) desert scrub and b) 

mixed conifer sites.   

Desert Scrub Mixed Conifera b
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Table 1. A summary of the mineral assemblage and associated weight percentages (±1σ) 

for the desert scrub and mixed conifer soils.  

 

 

  

Mineral Landscape Position Weight (%) ± 1σ

Mixed conifer

Quartz Divergent 30 ± 2.2

Quartz Convergent 35 ± 2.2

Oligoclase Divergent 36 ± 2.0

Oligoclase Divergent 32 ± 1.1

Microcline Divergent 19 ± 1.1

Microcline Convergent 19 ± 0.5

Muscovite Divergent 14 ± 1.9

Muscovite Convergent 14 ± 1.7

Desert scrub

Quartz Divergent 27 ± 2.5

Quartz Convergent 28 ± 1.7

Oligoclase Divergent 44 ± 2.3

Oligoclase Convergent 43 ± 4.1

Orthoclase Divergent 22 ± 2.1

Orthoclase Convergent 22 ± 3.0

Biotite Divergent 7 ± 1.1

Biotite Convergent 7 ± 2.0
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Table 2. Dust fraction estimates and Zr/Nb ratios for dust, soils, and parent rock at the 

desert scrub field site.  

 

 

  

ID Pedon

Top Depth 

(cm)

Bottom 

Depth (cm)

PSA Method: 

Estimated fa

Ferrier et al. 

Method: fa Zrr/Nbr Zra/Nba Zrs/Nbs

Desert Scrub

919 D1 0 3 0.05 0.08 13.97 8.04 9.12

920 D1 3 9 0.01 0.16 13.97 8.04 7.43

921 D1 9 21 - 0.13 13.97 8.04 6.97

1229 D2 0 4 0.10 0.02 13.97 8.04 12.59

1230 D2 4 11 0.08 0.02 13.97 8.04 12.44

1231 D2 11 30 - -0.03 13.97 8.04 15.64

915 C1 0 8 0.15 0.08 13.97 8.04 8.81

916 C1 8 20 0.11 0.10 13.97 8.04 7.03

917 C1 20 35 0.15 0.16 13.97 8.04 5.81

918 C1 35 45 - 0.06 13.97 8.04 10.25

1225 C2 0 4 0.08 0.16 13.97 8.04 7.32

1226 C2 4 18 0.02 0.15 13.97 8.04 6.26

1227 C2 18 38 0.01 0.16 13.97 8.04 8.61

1228 C2 38 38 - 0.21 13.97 8.04 6.57
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Table 3. Dust fraction estimates and Zr/Nb ratios for dust, soils, and parent rock at the 

mixed conifer field site.  

 

 

  

ID Pedon

Top Depth 

(cm)

Bottom 

Depth (cm)

PSA Method: 

Estimated fa

Ferrier et al. 

Method: fa Zrr/Nbr Zra/Nba Zrs/Nbs

Mixed Conifer

781 D1 0 4 0.01 0.13 19.57 8.04 13.11

782 D1 4 13 0.01 0.13 19.57 8.04 13.33

783 D1 13 34 0.01 0.15 19.57 8.04 11.74

784 D1 34 57 - 0.14 19.57 8.04 12.25

785 D2 0 6 0.24 0.19 19.57 8.04 10.46

786 D2 6 35 0.01 0.14 19.57 8.04 12.44

787 D2 35 60 - 0.13 19.57 8.04 13.77

927 C1 0 9 0.23 0.19 19.57 8.04 10.67

928 C1 9 28 0.08 0.12 19.57 8.04 13.61

929 C1 28 41 0.08 0.12 19.57 8.04 14.84

930 C1 41 60 0.10 0.13 19.57 8.04 12.56

931 C1 60 75 0.02 0.18 19.57 8.04 10.01

932 C1 75 90 - 0.16 19.57 8.04 11.70

933 C2 0 10 0.35 0.10 19.57 8.04 14.07

934 C2 10 25 0.33 0.10 19.57 8.04 14.09

935 C2 25 44 0.08 0.09 19.57 8.04 14.97

936 C2 44 70 0.22 0.10 19.57 8.04 14.42

937 C2 70 93 0.22 0.13 19.57 8.04 12.52

938 C2 93 110 0.17 0.13 19.57 8.04 13.31

939 C2 110 130 - 0.15 19.57 8.04 11.84
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