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ABSTRACT 

A lingering question in Cordilleran tectonics is how high plateaus form in the 

absence of continental collision. The type example of an active Cordilleran high plateau 

is found in the Central Andes of Peru, Bolivia, Argentina, and Chile. Along this section 

of the South American Cordillera, tectonics are primarily driven by subduction of the 

oceanic Nazca Plate beneath the continental South American Plate. Extending over 1,800 

km along the active continental margin, the Central Andean Plateau (CAP) reaches a 

maximum width of around 400 km with several peaks in excess of 6 km. Numerous 

morphotectonic subdivisions of the CAP highlight the complex along-strike variability of 

the Plateau providing a natural laboratory for investigating the relative contribution of 

tectonic processes involved in building and maintaining Cordilleran high plateaus. The 

scale of this problem extends far beyond the scope of any one geoscientific discipline 

requiring a multidisciplinary approach. Our contribution to this scientific problem and the 

focus of the work presented in this dissertation is to better understand the current 

lithospheric and uppermost mantle structure along the CAP. This is achieved by 

integrating recent advances in seismic imaging techniques with a growing availability of 

high-quality seismic data into three distinct studies across the South American continent. 

In the first study, we present a shear-wave velocity model for the crust below the 

Altiplano-Puna Volcanic Complex (APVC). The target of this study is to constrain the 

crustal volume of a large magma reservoir inferred to exist below the APVC. When 

combined with geological and petrological constraints, the large-volume magma reservoir 

imaged in this study suggests a significant magmatic contribution to the growth of the 

Plateau in excess of one kilometer over the last ten million years. In addition to the 
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tectonic contributions of this work, we introduce a new method of jointly inverting 

surface-wave dispersion data and receiver functions to generate a three-dimensional 

velocity model. In the second study, we combine Rayleigh-wave dispersion data from 

ambient noise and earthquake-generated surface waves to invert for a shear-wave 

velocity model of the lithosphere and uppermost mantle below the Bolivian Orocline. 

The target of this study is to identify any possible mantle contributions to the uplift 

history along the northern CAP. The highlight of this study is a high-velocity feature that 

extends from the base of the crust to ~120 km depth below the Altiplano basin. We 

interpret this feature using a simple isostatic model and suggest it is responsible for the 

relatively low topography of the Altiplano basin. In the third and final study, we extend 

the seismic model of the APVC crust to cover the entire Puna Plateau (southern CAP). 

The target of this study is to assess the uniqueness of the APMB and to look for 

additional magma reservoirs in the crust. A highlight of this work is the nearly one-to-one 

spatial correlation between the long-wavelength topography, ignimbrite deposits, long-

wavelength Bouguer gravity anomalies, and four additional mid-crustal low-velocity 

zones imaged in the southern Puna Plateau. When placed in the context of existing 

geological and petrological constraints, we suggest the contribution of magmatic addition 

as an uplift mechanism in Cordilleran systems is much larger than is currently accepted. 
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INTRODUCTION 

In our solar system, plate tectonics and by extension, subduction zones appear to 

be a unique feature of Earth (Stern, 2002). Despite this celestial infrequency, the three-

dimensional manifestation at >55,000 km of convergent plate boundaries make 

subduction zones the dominant tectonic process on Earth (Lallemand, 1999). At 

anthropomorphic time scales, many of the processes operating to produce devastating 

tsunamis, the largest earthquakes observed on Earth, and explosive volcanic eruptions 

also result in the concentration of natural resources highlighting the socio-economic 

importance of subduction zones (Satake and Atwater, 2007; Grove et al., 2009). At 

geologic times scales, the evolution of subduction zones can influence global climate 

patterns, eustatic sea levels, and extremes in surface topography (Barnes and Ehlers, 2009 

and references therein). Although much progress has been made in the understanding of 

numerous and complex processes operating at subduction zones, many aspects remain 

enigmatic and developing a comprehensive and multidisciplinary understating of 

subduction zones represents one of the grand challenges facing Earth scientists (Stern, 

2002).  

A particularly enigmatic aspect of subductions zones is the formation of high 

plateaus in the absence of continental collision. The Central Andes of Peru, Bolivia, 

Argentina, and Chile (between 14°S and 28°S) define the type example of an active 

Cordilleran, high-plateau orogen providing a natural laboratory for investigating the 

processes involved in building and maintaining subduction-related orogenic high plateaus 

(Allmendinger et al., 1997). Tectonics along this section of the South American 

Cordillera are driven by subduction of the oceanic Nazca Plate beneath the continental 
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South American Plate (Barazangi and Isacks, 1976; Cahill and Isacks, 1992; Norabuena 

et al., 1998; Kendrick et al., 2003). Commensurate with the subduction of hydrated 

oceanic lithosphere, abundant arc and intra-arc volcanism is observed along the South 

American margin where volcanic quiescence associated with present-day flat-slab 

subduction geometries has partitioned Holocene volcanic activity into northern, central, 

and southern volcanic zones (James, 1971; Ranero and Sallarès, 2004; Ramos and 

Folguera, 2009). Located in the Central Andes (between 14°S and 28°S), the Central 

Volcanic Zone (CVZ) is a collection of andesitic to dacitic stratovolcanoes, regionally 

extensive and voluminous crystal-rich dacitic ignimbrites, and minor small-volume 

monogenetic mafic centers (Francis and de Silva, 1989; de Silva, 1989; Davidson and de 

Silva, 1992).  

Along this stretch of the South American Cordillera near the Bolivian Orocline, 

the orogen attains its greatest width and highest average elevation, forming the largest 

high plateau in the world associated with abundant arc magmatism, the Central Andean 

Plateau (CAP; Allmendinger et al., 1997). The CAP, as defined by the 3-km elevation 

contour, extends over 1,800 km along the active continental Cordilleran margin reaching 

a maximum width around 400 km (Fig. 1) making it second only to the Tibetan Plateau in 

geographic extent (Allmendinger et al., 1997). In the core of the CAP is the low relief 

internally drained Altiplano (north) and the high relief Puna (south) bounded to the west 

by the Western Cordillera, the active volcanic arc, and to the east by the Eastern 

Cordillera, an inactive basement-cored fold-and-thrust belt. In the northernmost section 

of the CAP, the Altiplano narrows before terminating north of Lake Titicaca in southern 

Peru. The flanks of the CAP are buttressed to the west by one of the largest monoclines 
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on Earth (Victor et al., 2004) and to the east by the active thin-skinned fold-and-thrust 

belt of the Subandes. Despite the Plateau’s impact on the dynamic evolution of the South 

American Cordillera and its significance, first-order questions about principle segments 

of the lithospheric structure of the CAP remain underdeveloped and a comprehensive 

model for the enigmatic uplift history of the Plateau remains tenuous.  

Three competing tectonic processes have emerged as possible mechanisms for the 

Plateau’s uplift since ~10 Ma: (1) slow-and-steady uplift driven by underthrusting of the 

Brazilian shield associated with shortening in the eastern Plateau (Jordan et al., 1997), (2) 

rapid uplift associated with isostatic rebound following delamination of the lower 

Altiplano-Puna lithosphere (Kay et al., 1994; Garzione et al., 2006), and (3) thickening of 

the Altiplano-Puna crust through lower crustal flow possibly augmented by magmatic 

addition or underplating (Husson and Sempere, 2003). Each mechanism makes specific 

predictions about the evolution of the Plateau’s climate, elevation, lithospheric thickness, 

composition, and magnitude of deformation. In part, the controversy between 

mechanisms persists because of a lack of fundamental data sets that overlap in time and 

space. A primary motivation for the tomographic models presented in this dissertation is 

to add to the larger multidisciplinary collection of constraints that will ultimately be used 

to reject or confirm proposed plateau uplift mechanisms. Four projects funded by the 

National Science Foundation (NSF) including, the Central Andean Uplift and the 

Geodynamics of High Topography (CAUGHT), the Peru Lithosphere and Slab 

Experiment (PULSE), the Investigating the Pluton Growth and Volcanism (PLUTONS), 

and the Puna Seismic Experiment (PUNA) targeted different aspects of plateau uplift at 

different locations along the CAP. I utilize the additional seismic data provided by these 
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projects and recent advances in tomographic inversion schemes to produce high-

resolution lithospheric-scale shear-wave velocity models along key sections of the CAP.  

 In the first study, I combined Rayleigh-wave dispersion measurements from a 

previous study (Ward et al., 2013) with receiver functions to jointly invert for the shear-

wave velocity structure below the Altiplano-Puna Volcanic Complex (APVC). The 

APVC is the location (21°-24°S) of a particularly intense and recent episode (11-1 Ma) of 

predominantly intermediate and silicic magmatism (de Silva, 1989). Existing velocity 

models for this section of the CAP show evidence for a 1 to 35-km thick low-velocity 

zone (Chmielowski et al., 1999; Zandt et al., 2003; Leidig and Zandt, 2003; Ward et al., 

2013) below the voluminous ignimbrites called the Altiplano-Puna Magma Body 

(APMB). However, these seismic models lack the resolution needed to accurately define 

the volume of this low-velocity zone. This work required the development of a new 

imaging approach that allowed the volume of the mid-crustal low-velocity zone to be 

calculated from the joint inversion results. The main motivation for this work is to better 

constrain the volume of the APMB as it has been linked to pluton formation at depth (de 

Silva and Gosnold, 2007). The volumes of plutonic material can then be used as a proxy 

to evaluate magmatic addition histories and contributions to Plateau uplift.      

In the second study, I combined Rayleigh-wave dispersion measurements from a 

previous study (Ward et al., 2013) with earthquake-generated Rayleigh-wave dispersion 

measurements to jointly invert for the shear-wave velocity structure below the northern 

CAP. The addition of earthquake-generated Rayleigh-wave dispersion measurements 

allowed the uppermost mantle (<200 km) to be imaged along with the lithosphere. Paleo-

elevation studies along this section of the CAP (12°-19°S) suggest that the Altiplano had 
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achieved most of its current elevation (>3 km) since ~6 Ma (Garzione et al., 2008). 

Existing seismic models for the uppermost mantle below the northern CAP either are too 

sparse in data coverage (e.g. Dorbath et al., 1993) or too course in resolution (e.g. Feng et 

al., 2007) to image the detail needed to investigate the role of lithospheric delamination 

as a potential uplift mechanism for the northern CAP. The main motivation for this work 

is to better constrain the uppermost lithosphere and any isostatic mantle contributions to 

the modern topography of the northern CAP.  

In the third study, I extended the seismic coverage presented in the first study 

(Ward et al., 2014) to include the entire Puna Plateau (20.5°-28.0°S). I used 

Rayleigh-wave dispersion measurements from a previous study (Ward et al., 2013) with 

receiver functions to jointly invert for the shear-wave velocity structure of the lithosphere 

beneath the Puna Plateau. New advances in seismic imaging including the addition of 

receiver functions calculated from short-period instruments and a 

common-conversion-point style of generating receiver function volumes is incorporated 

into this study. Prior to the earlier work (Ward et al., 2014), the prevailing opinion was an 

upper limit of plutonic to volcanic ratios around 5:1 for continental arc systems and a 

volumetrically insignificant contribution to orogenic growth (e.g. Kay et al., 2010). Since 

the time of publication, additional work by our research group and collaborators along 

with independent researchers in different fields have published results suggesting the 

plutonic to volcanic ratios may be as high as 30:1 in Cordilleran systems (Ducea et al., 

2015; Paterson and Ducea, 2015). The main motivation for this work is to evaluate if the 

larger plutonic to volcanic ratios (30:1) can be generalized to characterize type behavior 

in Cordilleran systems or represent anomalous regions of the American Cordillera. 
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SUMMARY OF WORK 

The methods, results, and conclusions of my work are presented in the three 

papers that are appended to this dissertation. I present a summary of the most important 

findings of each study below. 

 In appendix A, my coauthors and I present high-resolution 3-D seismic images of 

the Altiplano-Puna Volcanic Complex (APVC; 21°-24°S) crust based on a joint inversion 

of ambient noise surface-wave dispersion data (Ward et al., 2013) and receiver functions 

from broadband seismic stations. In the Andes, it has been suggested that a modern 

batholith exists beneath the APVC (de Silva and Gosnold, 2007), the location of a 11-1 

Ma ignimbrite flare-up; however, the magmatic underpinnings have only been 

geophysically investigated in a few widely spaced locations (Chmielowski et al., 1999; 

Zandt et al., 2003; Leidig and Zandt, 2003). A feature of Cordilleran mountain belts, such 

as the modern Central Andes and Mesozoic western North American Cordillera, is that 

they formed in regions of significant upper-plate compression and were punctuated by 

high-flux magmatic events that coalesced into large composite batholiths (Ducea, 2001). 

Unlike the North American Cordillera, compressive mountain building is still active in 

the Central Andes and any large modern batholith still at depth must be inferred from 

surface volcanics and geophysical data. 

A prominent feature in our velocity model is a shallow (<20 km depth) low-

velocity body that we interpret as a magmatic mush zone, previously identified as the 

Altiplano-Puna Magma Body (APMB; Chmielowski et al., 1999). Below the APMB, we 

observe near-vertical zones of low velocity that bifurcate near the base of the crust with 

one arm of low velocity extending under the main volcanic arc and a second separate arm 
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of low velocity below the voluminous backarc volcanism. Previous 

attenuation-tomography studies (Schurr et al., 2003) have traced these zones through the 

mantle where they intersect the top of the subducting Nazca slab at locations with 

elevated seismic activity, providing strong evidence that the deeper near-vertical zones of 

low velocity we are imaging are related to dewatering of the slab and associated mantle-

sourced melt pathways. Based on these considerations, we suggest the ~200 km diameter 

and ~20 km thick body is a nascent silicic batholith (Fig. 2). 

The direct imaging of this plutonic body allows us to measure volumes of varying 

velocity contours and express several end-member volume calculations as plutonic to 

volcanic (P:V) ratios using the well-constrained volume estimates (~15,000 km3) of the 

APVC ignimbrites (de Silva et al., 2006). Our preferred velocity contour of 2.9 km/s has 

a volume ~500,000 km3 and yields a P:V ratio of ~35:1. The 2.9 km/s contour has the 

advantage of being the first contour that completely closes on the top of the APMB and 

makes allowances for the possibility of an anatectic carapace and a larger thermal aureole 

surrounding the partial-melt body. Although there are still some uncertainties in these 

estimates, an important result is that the P:V ratios are high, much higher than the often 

cited estimates of 3:1, 5:1, or even the extreme, 10:1, although we are aware of no firm 

constraints that preclude such extreme P:V ratios (White et al., 2006). The possible 

existence of a Neogene batholith along the entire length of the Central Volcanic Zone 

(CVZ), the evidence for a significant mantle contribution to the Andean crust below the 

APVC, and a much larger P:V ratio documented in the APVC reopens the question of the 

importance of magmatic addition in the building of the Andes. 
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In appendix B, my coauthors and I present high-resolution 3-D seismic images of 

the northern Central Andean Plateau (CAP; 12°-19°S) based on a joint inversion of 

surface-wave dispersion data measured from ambient noise (Ward et al., 2013) and 

two-plane-wave tomography. Two end-member uplift mechanisms have been postulated 

to explain the complex uplift history of the northern CAP inferred from paleo-elevation 

studies (e.g. Garzione et al., 2008). Each of the proposed uplift mechanisms makes 

specific predictions about the current lithospheric structure that a well resolved 

lithospheric-scale S-wave velocity model, in combination with other 

geological/geophysical studies, can be used to help differentiate between. For example, 

fast seismic velocities in the lower crust extending eastward into cratonic South America 

would support slow-and-steady uplift driven by underthrusting of the Brazilian shield 

(e.g. Ma and Clayton, 2015) and anomalously fast seismic velocities in the uppermost 

mantle would suggest foundering of the lithosphere driving rapid surface uplift (e.g. 

Calixto et al., 2013).  

Highlights of this model include a well-resolved subducting Nazca slab and an 

upper mantle low-velocity zone that we interpret as anisotropic Brazilian cratonic 

lithosphere (Fig. 3). Of particular interest is a fast-velocity anomaly in the uppermost 

mantle below the internally drained Altiplano basin. Scire et al. (2016) imaged a similar 

positive S-wave velocity perturbation roughly coincident with our sub-Moho Altiplano 

anomaly in the uppermost mantle (<120 km) with a localized positive anomaly beneath 

the Subandes extending to a depth of ~300 km and suggested this anomaly may be 

delaminated lithosphere. Scire et al. (2016) lacked the resolution in the uppermost mantle 

to establish if the positive velocity anomaly was connected to the base of the crust or if it 
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exists as a separate mantle anomaly. If the P-wave tomography anomaly is the deeper 

expression the sub-Moho Altiplano anomaly, our results suggest the anomaly is a 

continuous vertical feature extending from the base of crust to as deep as 300 km.  

If this interpretation is correct, a seismically fast upper mantle would underlie 

nearly all of the relatively low topography forming the internally drained Altiplano basin. 

The correlation between this high-velocity anomaly and low topography of the Altiplano 

is especially striking when compared against the long-wavelength filtered topography. 

Using simple isostatic calculations that incorporate crustal thickness (Ryan et al., 2016) 

and density estimates (Brocher, 2005), we show that the modern topography of the 

Altiplano basin is lower than the crustal thickness and density would predict (Molnar and 

England, 1990). We suggest that our newly imaged uppermost mantle fast-velocity 

anomaly beneath the Altiplano is a dense root attached to the crust and is actively 

suppressing the topography of the Altiplano. Although our seismic model of the 

uppermost mantle alone cannot determine the timing and evolution of delamination 

events, they are particularly useful in discriminating against different models and stages 

of lithospheric delamination.  

In appendix C, my coauthors and I present high-resolution 3-D seismic images of 

the lithosphere beneath the Puna Plateau (20.5-28.0°S) based on a joint inversion of 

ambient noise surface-wave dispersion data (Ward et al., 2013) and receiver functions 

from broadband and short-period seismic stations. The role of magmatic processes 

(specifically in situ continental arcs) has a long history of being invoked or dismissed as a 

significant mechanism for contributing to the evolution of high-elevation plateaus in 

cordilleran systems (e.g., James, 1971; Thorpe et al., 1981; Kono et al., 1989; 
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Allmendinger et al., 1997; Giese et al., 1999; Kay et al., 2010). One current prevailing 

view is that tectonic shorting (with minor magmatic addition) is sufficient to account for 

nearly the entire estimated crustal thickness imaged in the Central Andes and by 

corollary, provides the dominant mechanism for plateau grown. Foundering of the 

lithosphere may augment the elevation history of cordilleran plateaus, but the initiation of 

synorogenic foundering requires a crustal thickening mechanism (DeCelles et al., 2009). 

We suggest that recent independently measured values (e.g. seismic tomography, 

geomorphic modeling, geological mapping and dating) of P:V ratios and magmatic 

addition rates (MAR) along the American Cordillera (e.g. Ducea et al., 2015; Paterson 

and Ducea, 2015) strongly argue for an increasingly significant role of magmatic addition 

as a crustal thickening mechanism than is currently accepted.  

The contribution of magmatic addition as a significant mechanism for high 

plateau formation remains a lingering question because of the inherent difficulty in 

quantifying P:V ratios and MAR. Integrating our velocity model with existing high-

resolution topography, Bouguer gravity anomalies, dated ignimbrite deposits, and caldera 

locations allows us to calculate the volume of low-velocity zones that we interpret as 

plutonic bodies associated with the well-preserved and voluminous silicic volcanics of 

the Puna Plateau (Fig. 4). Although the P:V ratios we estimate vary along the length of 

the Puna Plateau, all ratios at all scales (individual calderas to the entire Puna Plateau) are 

larger (>10:1) than those typically invoked (~5:1) to evaluate the role of magmatic 

processes in Cordilleran plateau formation. These larger P:V ratios are consistent with 

recent thermomechanical modeling of granitic magma intrusions that support the 

existence of long-lived, partially molten crustal magma reservoirs in continental arcs 
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(Cao et al., 2016). It is our contention that integrating advances in crustal-scale seismic 

imaging with increased geological and geochemical sampling of volcanic deposits can 

further elucidate the enigmatic plutonic-to-volcanic relationship.  
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FIGURES 
 

 
 

Figure 1. Topography of the Central Andes highlighting the extent of the Central Andean 
Plateau (CAP; >3 km elevation) with the study area of Appendix A shown as a dashed 
green polygon, the study area of Appendix B shown as a solid blue polygon, and the 
study area of Appendix C shown as a solid red polygon. Major morphotectonic provinces 
of the Central Andes include: the forearc (FA), the Western Cordillera (WC), the 
Altiplano (AP), the Eastern Cordillera (EC), the Subandes (SA), the foreland basin (FB), 
the Puna (PN), the Santa Barbara System (SB), the Sierras Pampeanas (SP), the 
Altiplano-Puna Volcanic Complex (APVC), and the Los Frailes Volcanic Complex (LF).  
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Figure 2. 3-D isosurface of the 2.9 km/s velocity contour below the Altiplano-Puna 
Volcanic Complex (APVC) obtained from the seismic modeled discussed in Appendix A. 
This ~200 km in diameter and ~20 km thick low-velocity zone identified as the Altiplano 
Puna Magma Body (APMB; Chmielowski et al., 1999) likely represents a large 
composite proto-batholith analogous to the exposed batholiths along the North American 
Cordillera.   
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Figure 3. 3-D block diagram highlighting the important tectonic results obtained from 
the seismic model presented in Appendix B. The same morphotectonic provinces of 
figure 1 and additional tectonic features along this section of the Central Andes include: 
the Nazca Plate (NP), the South America Plate (SAP), the forearc (FA), the Western 
Cordillera (WC), the Altiplano (AP), the Eastern Cordillera (EC), the Subandes (SA), the 
foreland basin (FB), serpentinized mantle forearc, (Serp), and cold and/or lower crustal 
eclogitization (Ecl).    
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Figure 4. Additional low-velocity bodies identified below the Puna Plateau obtained 
from the seismic model discussed in Appendix C. Various surface volcanic features 
including: individual dated ignimbrite volumes (horizontal bars), Holocene age 
volcanism (red triangles), known ignimbrite eruption calderas (gold circles), INSAR 
measured vertical surface deformations centers (inverted orange triangles; Pritchard et al., 
2004), compared against our seismic volumes enclosed by different velocity contours in 
0.1° bins allows us to unambiguously interpret these low-velocity zones as the plutonic 
underpinnings associated with the voluminous silicic volcanics of the Puna Plateau. 
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ABSTRACT 

Located in the central Andes, the Altiplano-Puna Volcanic Complex (APVC) is 

the location of an 11-1 Ma silicic volcanic field, one of the largest and youngest on Earth. 

Yet its magmatic/plutonic underpinnings have been seismically investigated in only a few 

widely spaced locations. Previous studies have identified an extensive (∼60,000 km2) 

low-velocity zone (LVZ) below the APVC referred to as the Altiplano-Puna Magma 

Body (APMB); however, insufficient seismic constraints have precluded uniquely 

measuring its thickness, and the volume of the APMB remains mostly constrained by 

varying estimates of plutonic to volcanic (P:V) ratios. Here we present new 3-D seismic 

images of the APVC crust based on a joint inversion of Rayleigh-wave dispersion from 

ambient seismic noise and P-wave receiver functions from broadband seismic stations 

recently deployed in the area. We identify a large ∼200 km diameter and ∼11 km thick 

LVZ that we interpret as the plutonic complex that sourced the voluminous APVC 

volcanics and show that its volume is much larger than previous estimates, perhaps as 

much as an order of magnitude larger. The large volume (∼500,000 km3) and shallow 

depth (4-25 km below sea level) of the LVZ centered on the observed surface uplift 

below the composite volcano Uturuncu provide strong evidence linking our imaged low-

velocity body (APMB) with the presence of an amalgamated plutonic complex. We 

suggest the APMB retains a significant percentage (up to 25%) of partial melt, most 

likely in a melt-crystal mush state, and is related to the source of the continued ground 

deformation attributed to magma ascent beneath the APVC. The seismic imaging of this 

plutonic complex and the well-preserved and documented volcanic deposits allow us to 

make one of the best-constrained calculations of a plutonic to volcanic ratio. Although 
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this calculation is still dependent on a few critical assumptions, the large volume of the 

newly imaged APMB requires a much larger ratio (20-35) than often cited in the 

literature. This large ratio has significant implications for both petrologic and tectonic 

models of this portion of the Andean arc. 

 

INTRODUCTION 

In the central Andes between 14°S and 28°S is the Central Volcanic Zone (CVZ), 

a collection of andesitic to dacitic stratovolcanoes, regionally extensive voluminous 

crystal-rich dacitic ignimbrites, and minor small-volume monogenetic mafic centers (de 

Silva and Francis, 1991). Located at the center of the CVZ where the political boundaries 

of Bolivia, Chile, and Argentina intersect (Fig. 1) are the well-preserved dominantly calc-

alkaline, high-K dacite ignimbrites of the APVC (de Silva, 1989). The large silicic 

volcanic field is located at an average elevation of 4.4 km in the thick (∼60 km) crust of 

the Central Andean Plateau (Yuan et al., 2002 and Beck and Zandt, 2002), where the 

Altiplano transitions southward to the high-relief northern Puna, and is bounded by the 

active volcanic arc to the west and the Andean fold and thrust belt to the east (Eastern 

Cordillera) (Allmendinger et al., 1997). The ∼15,000 km3 of dense rock equivalent (DRE) 

crystal-rich ignimbrites (de Silva et al., 2006), generated over 10 Myrs in caldera forming 

eruptions are distributed over an area of about 70,000 km2 (Fig. 1) and are characterized 

by a remarkably homogeneous composition that is predominantly calcalkaline dacite with 

rare rhyolite and andesite (de Silva et al., 2006). 40Ar/39Ar chronostratigraphy elucidates 

an episodic eruption history that initiated c. 11 Ma, was punctuated by three large volume 

pulses that peaked c. 4 Ma and has since returned to background levels (Salisbury et al., 
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2011). Isotopic and geochemical studies constrain the magmas formed by a mixture of 

mantle-derived melts and crustal melts (1:1-7:3 crustal to mantle ratio) (Schilling et al., 

2006 and Kay et al., 2010) mixing at subsurface depths of 15-30 km (de Silva et al., 

2006) or 20-25 km (Kay et al., 2010), and later at depths between 4 and 8 km prior to 

eruption (de Silva et al., 2006). Previous receiver function studies have identified a 

laterally extensive (60,000 km2) seismic low-velocity zone (LVZ) below the Altiplano-

Puna Volcanic Complex (APVC) centered at a depth of ∼15 km below sea level referred 

to as the Altiplano-Puna Magma Body (APMB) (Chmielowski et al., 1999, Zandt et al., 

2003 and Leidig and Zandt, 2003). The close spatial correlation of the large caldera 

forming ignimbrites and the lateral extent of the APMB has been used to argue that the 

APMB is the intrusive equivalent of the voluminous APVC volcanics (de Silva et al., 

2006). Continued magmatic activity in the APVC is inferred from satellite interferometry 

studies (Pritchard and Simons, 2002 and Fialko and Pearse, 2012) that have identified a 

zone of surface uplift centered on the composite volcano Uturuncu with an outer ring of 

subsidence that extends the surface deformation to ∼150 km in diameter (Fig. 1). The 

LVZ below the APVC was also imaged in an ambient noise surface wave tomography 

study of the central Andes by Ward et al. (2013). Although the areal extent and centroid 

depth of the LVZ is similar to that found in the earlier RF studies, the LVZ found in the 

surface wave study is much thicker. Because the volume of the LVZ has important 

magmatic and tectonic implications, we were motivated to better constrain the size of the 

LVZ. In this paper we present a new 3-D S-wave velocity model from the joint inversion 

of surface wave dispersion and receiver functions and evaluate the implications of our 

joint inversion results for the plutonic to volcanic (P:V) ratio of the APVC. 
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METHODOLOGY OF JOINT INVERSION 

Independently, teleseismic P-wave receiver functions (RFs) are sensitive to the 

velocity contrasts of layered Earth structures (called converters) but are less sensitive to 

the absolute velocity structure and therefore the tradeoff between the depth to the 

converter and the velocity above the converter yield inherently non-unique S-wave 

inversion velocity models (Ammon et al., 1990). In contrast, surface wave dispersion 

(SWD) is sensitive to the absolute shear-velocity structure but has broad period-

dependent sensitivity to Earth structures (called sensitivity kernels) that average across 

layered Earth structures yielding smoothed S-wave inversion velocity models (e.g., Julia 

et al., 2000). This limitation of SWD only inversions is especially problematic in areas 

where the vertical velocity structure changes rapidity over small depth ranges (e.g. LVZs) 

because of the tradeoff between the thickness and amplitude of velocity anomalies. An 

intuitive approach around these inherent limitations is to simultaneously invert the two 

sets of observations in a way that utilizes the conjugate sensitivities of RFs and SWD to 

Earth structures in a joint inversion (Last et al., 1997 and Julia et al., 2000). We achieve 

this by using an iterative sequence of linearized least squares inversions (Herrmann and 

Ammon, 2002) that is capable of constraining the S-wave velocity structure better than 

either the inversion of RFs or SWD values independently. Our general approach involves 

first constructing a representative 1-D S-wave velocity model at each seismic station 

location from the joint inversion of RFs and SWD data. The resulting 1-D S-wave 

velocity models are then interpolated into a 3-D volume that serves as the starting model 

for our final and separate SWD only inversion. This final step serves the dual purpose of 

ensuring our final model satisfies and fully utilizes the data set with the best spatial 
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resolution. As a consequence of the sensitivity characteristics of the SWD only inversion, 

the discontinuities introduced into the new starting model by the RF data during the joint 

inversion remains mostly unchanged in the final inversion, maintaining the influence of 

the RFs in the final model. This approach utilizes the strengths of each seismic technique 

to create a 3-D S-wave velocity model, of which the details are discussed in the following 

sections. 

 

1-D Joint Inversion 

In an earlier study, Ward et al. (2013) measured the dispersion of Rayleigh waves 

in the period range of 8-50 s from ambient seismic noise across much of the central 

Andes with a spatial resolution of 30-100 km (0.1° × 0.1° geographic grid spacing) and a 

subset of that data serves as the dispersion values for the joint inversion results presented 

in this study. The dispersion values for each grid point are passed through a Savitzky-

Golay smoothing filter using a second-order polynomial with a period span of 7 s 

(Savitzky and Golay, 1964 and Press et al., 2007) before being used in our inversion as 

even complicated velocity structures with multiple sharp discontinuities are modeled by 

smooth dispersion curves. Additionally, irregular sampling of the periods used in the 

inversion can mask the presence of spurious data outliers that are easily identified and 

removed by the Savitzky-Golay smoothing filter. Inverting the filtered dispersion curves 

also limits the over-fitting of noisy data and prevents data outliers from prematurely 

ending the iterative inversion. 

The raw waveform data for our RF analysis are from four temporary seismic 

deployments, the Investigating the Pluton Growth and Volcanism Project (PLUTONS), 
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the Bolivian Experiment (Chmielowski et al., 1999), the Receiver Function Central 

Andes Project (Heit et al., 2008) and the Temporary GEOFON Network as well as one 

permanent station from the Global Seismic Network (Butler et al., 2004). RFs are 

calculated using the waveforms of teleseismic P phases from large magnitude (>5.5 Mb) 

earthquakes located at a distance between 30° and 90° from each of the 25 three 

component broadband seismic stations used in our RF analysis. The raw waveforms are 

bandpass filtered between 0.1 and 5 Hz to help minimize the effects of microseisms and 

anthropogenic noise, the horizontal components are then rotated into the earthquake 

location reference frame of radial and tangential components, and the iterative pulse-

stripping time-domain deconvolution technique of Ligorria and Ammon (1999) is applied 

to produce time-series of Gaussian spikes (RFs). During the deconvolution a low-pass 

Gaussian filter with a corner frequency of 1.2 Hz is applied to tune the sensitivity of the 

RFs to Earth structures with a minimum thickness of approximately 1 km. 

At each of the 25 stations where we calculated RFs, the dispersion data from the 

corresponding geographic grid location is paired with the radial RFs from the station 

contained in that geographic grid location and using a constant velocity starting model, 

we iteratively invert for the best isotropic 1-D S-wave velocity model that minimizes the 

misfit between both the RFs and dispersion values (Herrmann and Ammon, 2002). 

During the joint inversion, misfit of the RFs (0-20 s) is penalized four times greater than 

misfit of the dispersion values (8-50 s) preferentially weighting the RFs while still fitting 

the dispersion values. Although the joint inversion technique is capable of simultaneously 

fitting multiple RFs or a stacked subset, we jointly invert only one RF time-series and 

paired dispersion data at a time producing a suite of 1-D S-wave velocity models from 
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which the arithmetic mean is calculated for each station. In principle we could generate a 

suite of 1-D S-wave velocity models by fitting a stacked RF trace within error bounds on 

the stack at each station, or generate a series of models from multiple inversions with the 

individual RFs. We also tested the approach of first stacking the receiver functions from 

each station and then performing the joint inversion and found that we obtained very 

similar results to the approach used here (Fig. S1). We prefer to generate a suite of 

models from multiple inversions with the individual RFs as stacking RFs introduces 

additional processing complexities, including how to correct for and weight different 

azimuths and ray parameters. This approach is particularly well suited for our data sets 

non-uniform event back-azimuth distribution where techniques such as harmonic 

stripping might otherwise be employed to remove the azimuthally varying component 

and generate back-azimuth independent RFs (Shen et al., 2013). The mean 1-D S-wave 

velocity model at each station is then forward modeled and synthetic RFs and dispersion 

curves are compared against the stacked RFs and dispersion values to ensure a 

satisfactory fit (Fig. 2). 

 

1-D Joint Inversion Sensitivity 

Surface wave dispersion values have broad sensitivity kernels and are less 

sensitive than RFs are to local anisotropic and dipping Earth structures resulting in a 

significantly poorer fit to the RF data in areas of strong lateral heterogeneity or high 

anisotropy. Laterally homogeneous S-wave velocity models produced from RFs that are 

capable of fitting the large amplitudes observed in the APVC stations generate synthetic 

dispersion curves that are inconsistent with our observations and more significantly, 
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require unrealistic velocities in the shallow crust. Using some of the same stations located 

in the APVC, Leidig and Zandt (2003) reached a similar conclusion demonstrating a 

significantly anisotropic upper crust on top of a thin (1-6 km) low-velocity zone (<2.4 

km/s) is capable of fitting the RF data at the APVC station LCOL. At most of the 25 

stations used in this study to calculate RFs, insufficient azimuthal distribution precludes a 

similar type of azimuthally dependent analysis and requires that we reduce the 

complexity of our data set to extract robust isotropic features of the crust. Given that our 

inversion approach is incapable of modeling anisotropic Earth structures and that our 

results are sufficiently different from some velocity models suggested by previous studies 

in the APVC (Chmielowski et al., 1999, Leidig and Zandt, 2003 and Zandt et al., 2003), a 

brief discussion on the rational of including the RF data in our isotropic model is 

presented here. 

A natural starting place for our sensitivity analysis is the S-wave velocity models 

presented by Leidig and Zandt (2003) who used the systematic variation of the timing 

and amplitude of arrivals to forward model synthetics RFs that vary as a function of event 

back azimuth (azimuthal anisotropy). The APVC station LCOL, in addition to having two 

S-wave models that are capable of fitting the RF data, has well constrained dispersion 

values and the observed peak-to-peak amplitudes in the RFs represent an extreme upper 

limit providing an end-member test of our sensitivity analysis. As a first step, we generate 

synthetic dispersion curves from the two S-wave velocity models presented by Leidig and 

Zandt (2003) for the APVC station LCOL (dashed blue/red lines in Fig. 3a). A first-order 

observation in the synthetic dispersion curves generated from both S-wave velocity 

models is that the velocities in the upper crust (<30 km) in the previous models are too 
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fast to fit the dispersion values (Fig. 3c). Because surface waves have broad period 

dependent sensitivities, the fit to the dispersion data may be improved by lowering the 

velocities in the upper crust of each model (<30 km), either by making the low-velocity 

zone slower (<1.0 km/s) or thicker (>6 km). Our goal for this sensitivity analysis is not to 

adjust the models of Leidig and Zandt (2003) until they fit our dispersion data, as the 

models would no longer fit the RF data, but rather, to evaluate which features of the 

anisotropic models are consistent with our dispersion values and isotropic joint inversion 

results. Simply reducing the velocities of the model while fixing the thickness of the low-

velocity zone improves the fit of the dispersion values for shorter periods (<20 s) at the 

expense of fitting the dispersion values for longer periods (>20 s). This implies the 

thickness of the low-velocity zone (<2.4 km/s) as constrained by the addition of 

dispersion data must be at a minimum, 6 km thick beneath the APVC station LCOL. 

When the limitation of our isotropic inversion prohibits simultaneously fitting the 

RFs and dispersion values well, we prefer fitting the dispersion values better for the 

following important reasons. The dispersion values are less sensitive to local anisotropic 

and dipping Earth structures and are constructed from an azimuthally invariant 

tomographic model making them easier to model isotropically. By contrast, RFs are 

extremely sensitive to local anisotropic and dipping Earth structures whereby selecting a 

representative waveform to pair with dispersion values for an isotropic joint inversion is 

particularly difficult. Additionally, the RFs we are trying to model are on the extreme end 

of the spectrum of complicated Earth structures and we expect them to be difficult to 

model. Our joint inversion approach aims to average these anisotropic and 

inhomogeneous variations observed in the RF data into a representative isotropic 1-D 
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velocity model. We acknowledge that a more sophisticated approach to analyzing the 

non-uniform azimuthal distribution and anisotropic signature of the data may result in a 

more detailed model; however, our model (black line in Fig. 3a) that pairs the RF data 

with the dispersion values is capable of constraining the 1-D isotropic crustal structure 

better than the inclusion of only the dispersion values (Fig. S2). This comparison of the 

SWD only inversion and the joint inversion clearly illustrates how the inclusion of the RF 

data produces a better-defined top and bottom of the LVZ, an improvement that is 

especially important in calculating the volume of the LVZ. 

 

3-D Joint Inversion 

A challenge exists in translating the 25 irregularly spaced 1-D S-wave velocity 

models from the joint inversion into a 3-D velocity model where only dispersion data are 

uniformly available. To achieve this, we employ a natural-neighbor interpolation method 

(Sibson, 1980 and Sibson, 1981) across our joint inversion model space forming a 3-D S-

wave velocity model constructed from 1-D velocity models parameterized into 0.1° × 

0.1° geographic grid locations. This method is particularly well suited for irregularly 

spaced data sets and has the additional properties of returning the individual data points 

un-interpolated and is entirely local, meaning only nearby data points influence the 

interpolated locations value (Sambridge et al., 1995). Geographic grid locations situated 

outside of the convex hull, the perimeter formed by Delaunay tessellations, are less well 

constrained and calculated by linear extrapolation. We then perform a second inversion 

across the entire model space using only the uniformly distributed dispersion values and 

the interpolated velocity model from the joint inversion results as the initial model 
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(Herrmann and Ammon, 2002). The disadvantage of this approach is that artifacts may be 

introduced into the results if the depth or velocity gradients across discontinuities in the 

initial model are not well constrained (see discussion in Ward et al., 2013 supporting 

material). This is primarily a result of the non-uniqueness of the surface wave dispersion 

inversion and secondarily a product of the smoothing constraints imposed by the 

inversion. As a final attempt to limit the introduction of any artifacts through the use of 

the natural-neighbor interpolation/extrapolation method, we allow the number of 

inversion iterations to vary across each geographic grid location until the improvement in 

the dispersion data fit is increasing by less than 1% over the previous iterations fit. This 

approach has the advantage of incorporating the high-resolution uniformly spaced 

dispersion values with the better constrained but irregularly spaced joint inversion results 

without introducing artifacts from over-fitting the data into one 3-D S-wave velocity 

model. 

 

3-D Model Resolution and Uncertainties 

Formalizing a meaningful definition of uncertainties for our final 3-D S-wave 

velocity model is especially difficult given our long multi-step sequence of 1-D model 

averaging and interpolating before our final SWD only inversion. Two additional 

measures of misfit and horizontal resolution are described in the supplemental materials 

(Fig. S3). However, a reasonable estimate of our models uncertainties as related to our 

geologic interpretation is warranted and we adopt a pragmatic approach to assigning 

uncertainties where we have the best statistical constraints. At each of the 25 stations 

where we generated a suite of 1-D joint inversion models, we calculate the standard 
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deviation (white lines in Fig. 2) from the mean model and use this to estimate 

uncertainties in the depth to the top and bottom of the prominent crustal LVZ. At the 

APVC station LCOL (Fig. 2a), we estimate the uncertainties to the top of the LVZ are ±2 

km and +5 or -1 km to the bottom and at the PLUTONS station PLTP (Fig. 2d) +1 or -2 

km to the top and -1 or +3 km for the bottom. Across the array at stations that image the 

LVZ, the uncertainties to the top of the LVZ are within ±2 km while the uncertainties to 

the bottom of the LVZ are larger reaching -3 or +5 km. The larger uncertainties in 

resolving the bottom of the LZV is related to the observation that the top of the LVZ is a 

much sharper discontinuity than the bottom which has more of a diffuse boundary. 

During each 1-D inversion we test a range of reasonable Vp/Vs ratios and attenuation 

coefficients and note the greatest effect on the final results is the Vp/Vs ratio. These 

effects are small (±1 km to the top and ±3 km to the bottom of the LVZ) compared to the 

uncertainty estimates from the standard deviations at each station because the depths of 

the LVZ discontinuities are so shallow that relative differences in the travel time between 

Vp and Vs has little time to accumulate. Although this approach provides some 

estimation of our model uncertainties, it is difficult to map them into our final 3-D S-

wave velocity model and therefore, when interpreting our results, we either take a 

conservative approach or present several possible end-members. A comparison of results 

from the joint inversion of individual RFs versus stacked RFs (Fig. S1) supports our 

contention that the main features of the LVZ are robust. While we acknowledge different 

geophysical methods with different sensitivities to Earth structures may resolve subtler 

features of the crust below the APVC, our focus on larger regional scale features remains 
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largely unaffected by the resolution limitations and uncertainties imposed by our imaging 

method. 

 

3-D JOINT INVERSION SEISMIC MODEL 

Our joint inversion results are shown in 9 map slices (Fig. 4 and Fig. 6) and 3 

cross-sections (Fig. 5) where we observe a very pronounced LVZ extending from ∼4-25 

km depth (all model depths are referenced to sea level unless otherwise specified) and 

nearly coincident with the surface outline of the 11-1 Ma ignimbrites of the APVC (Fig. 

1). Following earlier papers, we identify this LVZ as the Altiplano-Puna Magma Body or 

the APMB (Chmielowski et al., 1999 and Zandt et al., 2003). At 5 km depth (Fig. 4a) we 

are imaging the top of a LVZ (3.2 km/s contour) that has an elongated ellipsoid shape 

oriented with its long axis in a NW-SE azimuth parallel to the regional left-lateral fault 

lineaments identified in many previous studies and suggested to influence the location of 

caldera forming volcanic eruptions (Riller et al., 2001). The slowest velocities (<2.5 

km/s) are observed at 10-15 km depth (Figs. 4b and 4c), are more circular in map view, 

and are centered in the middle of the APVC where some of the youngest ignimbrites have 

erupted. The close correlation of the slowest velocities at 10-15 km depth and the 

ongoing surface deformation is consistent with the modeled depth of the source of the 

deformation (Pritchard and Simons, 2004) and is evidence that mobile magma remains 

within the core of the LVZ. An extremely low Bouguer gravity anomaly (-335 mGal) 

interpreted to enclose a zone of diapiric magma ascent below Uturuncu follows our ∼2.5 

km/s velocity contour at the 10 km depth slice (Fig. 4b) and provides further evidence for 

mobile magma within the core of the LVZ (del Potro et al., 2013). Between 15-20 km 
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depth (Figs. 4c and 4d), the footprint of the LVZ remains largely unchanged; however, 

the low velocities (<2.5 km/s) observed in the 15 km depth slice coincident with the 

ongoing surface deformation are less pronounced or absent by 20 km. The LVZ that is 

defined by the 2.9 km/s contour is over 200 km in diameter between 15-20 km depth, has 

a relativity flat bottom and is no longer imaged at 25 km depth (Fig. 4e). By 30 km depth 

(Fig. 4f) we are observing the bottom-side of the LVZ (3.2 km/s) with higher velocities 

appearing in the central area below the LVZ and an arm of lower velocities extending 

northward towards the Los Frailes volcanic field. The bottom of the body although 

relatively flat, has a localized upwarp, resulting in the central high under Uturuncu 

observed in map view at depths of 30 km. Through all shallow depth slices (5-30 km) but 

especially prominent at 20-25 km, the southwest edge of the LVZ is bordered by the 

Central Andean Gravity High (CAGH) (Götze and Krause, 2002) indicating the dense 

body that is contributing to the CAGH also controls the southwest limit of the LVZ. 

Some features of the LVZ are better observed in cross-sections B and C (Figs. 5b 

and 5c) that are oriented roughly parallel and perpendicular to the trend of the long axis 

of the LVZ respectively (cross-section A is included for regional context). Previous 

regional studies have imaged a broader (20-26°S), thicker (15-20 km) LVZ (∼3.2 km/s) 

under most of the central Andes referred to as the Andean Low Velocity Zone (ALVZ) 

including a locally thick (∼25 km) LVZ (<3.2 km/s) below the APVC (Yuan et al., 2000). 

We plot the ALVZ on cross-section A (Fig. 5a) and observe a general correlation with the 

ALVZ and our 3.2 km/s velocity contour while noting the ALVZ is averaged over a 

6°N/S region of the Andes (20-26°S) and we do not expect perfect agreement. An 

important observation is that the 3.2 km/s contour extends to 21°S where magnetotelluric 
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(MT) transects and seismic attenuation studies have interpreted the presence of 10-27% 

partial melt in the upper crust (Brasse et al., 2002 and Schilling et al., 2006). Our results 

image a more complex LVZ with considerably lower velocities (<2.0 km/s) under the 

APVC and varying thickness and depth from the surface. 

Based on the 2.9 km/s contour, the upper surface of the LVZ is arched upward 

and its shallowest (4 km depth, ∼9 km below the surface) and thickest (∼20 km depth) 

parts are observed below the composite volcano Uturuncu. This depth may be less than 

we can image because the shallow crustal velocities in this area are very low, perhaps 

related to a shallow active hydrothermal system (Jay et al., 2012), making it difficult to 

precisely define the depth to the top of a LVZ. A temporary dense network of seismic 

stations around Uturuncu Volcano located a swarm of small earthquakes confined to 

shallow depths above and near sea level consistent with a very shallow (<8 km b.s.l.) 

brittle-ductile transition zone inferred from heat flow studies (Jay et al., 2012). Unlike the 

shallowest and thickest parts of the LVZ, the slowest velocities, and presumably the 

highest percentage melt zones are located west and south of Uturuncu. The overall shape 

of the LVZ is a very flattened oblate spheroid, approximately 200 km in lateral extent and 

∼11 km thick, with its central part arched upward, which is consistent with the possible 

shape of the brittle-ductile transition zone defined by earthquake locations (Jay et al., 

2012). 

At depths greater than 30 km, the distinction between the thinner crust of the 

forearc and the thicker crust of the active magmatic arc is well delineated by the 3.7 km/s 

velocity contour (Fig. 6a). In addition to the broad high-velocity of the forearc, at 45-55 

km depth (Figs. 6b and 6c), two smaller and separate high velocity zones (>3.9 km/s) are 
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observed. One is located to the north (∼20.5°S) in the magmatic arc and corresponds the 

location of the ‘Pica volcanic gap’, an approximately 150 km gap in recent (<3 Ma) arc 

volcanism (Wörner et al., 1994). The second is located in the center of the APVC slightly 

south of Uturuncu and it corresponds with a zone of low seismic attenuation (high quality 

factor) in the lower crust (Schurr et al., 2003). Whereas attenuation tomography studies 

lack the resolution in the upper crust necessary to warrant a direct comparison with our 

imaged LVZ, low velocities in our results around 35-45 km depth (Fig. 6a and 6b) 

correlate with areas of high seismic attenuation (low quality factor) and the location of 

some of the large ignimbrite calderas in the APVC. These zones of high seismic 

attenuation have been traced from the crust though the mantle to the location of 

earthquake clusters atop of the subducting Nazca slab and are interpreted as fluid/melt 

pathways though the mantle wedge into the lower crust (Schurr et al., 2003). We plot the 

alternating zones of high and low seismic quality factor at 40 km depth on each of our 

cross-sections (Figs. 5a-5c) and highlight the general agreement between zones of low 

seismic quality (high seismic attenuation) and areas of reduced S-wave velocity at 

equivalent depths in our results. A 3-D animation of key features from our S-wave 

velocity model is available online. 

 

DISCUSSION 

Using experimentally determined temperature derivatives, Spencer and Nur 

(1976) showed an increase in subsolidus temperature of as much as 700 °C will reduce 

the shear velocity by 0.35 km/s, or a Vs of 3.15-3.25 km/s. An additional consideration in 

our absolute S-wave velocity measurements is the possibility of radial anisotropy (Vsv ≠ 
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Vsh). Using earthquake generated surface waves, Duret et al. (2010) measured significant 

radial anisotropy (Vsh 10-20% > Vsv) in the mid crust (20-40 km depth) across the 

Tibetan plateau, an area of continental crust with similar crustal thickness as the central 

Andes. Granitic to tonalitic composition rocks at normal upper crustal conditions have an 

isotropic Vs of 3.5-3.6 km/s (e.g., Fliedner et al., 2000). If a similar magnitude of 10-20% 

radial anisotropy was present across our study area, it would further lower the isotropic 

velocity of a granitic to tonalitic composition by as much as 5-10% or, after combining 

the end-member effects of temperature, a Vs of 2.84-3.09 km/s. Therefore, the selection 

of the 2.9 km/s contour makes allowances for the possibility of radial anisotropy, an 

anatectic carapace, and a larger thermal aureole surrounding the partial melt body. 

Although compelling evidence suggests the 3.2 km/s velocity contour contains significant 

amounts of partial melt, the 2.9 km/s velocity contour provides a strong buffer around 

uncertainties in our velocity model and we use a more conservative value of 2.9 km/s to 

define the APMB for the purposes of measuring its dimensions. The 2.9 km/s has the 

additional advantage of being the first contour that completely closes on the top of the 

APMB. We retain the original acronym for the seismic anomaly, but acknowledge that 

the nonzero shear velocity requires a partially crystallized body, a mush zone, not a 

convecting magma body (Marsh, 1981 and Marsh, 1989). 

How much melt is in the APMB? Using MT and other available data along 21°S, 

some workers have estimated a minimum of 10-27% melt and favored a migmatite zone 

as the source of the ALVZ (Schilling et al., 2006). Our part of the model that overlaps the 

high conductivity zone has velocities between 3.0-3.2 km/s, suggesting the volume of the 

low-velocity body with velocities ≤2.9 km/s must contain a higher percentage of melt 
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and/or fluids. An upper bound is provided by magma mush models that show at melt-

crystal ratios of more than about 40-50%, the crystalline framework breaks up and the 

mixture becomes mobile (Marsh, 1981 and Marsh, 1989), resulting in a loss of rigidity 

and a Vs equal to zero. So, at a minimum, our results indicate the presence of a large 

volume of partial melt with percentages between ∼10-40%. Quantifying the amount of 

partial melt with shear-velocities alone is difficult because fluids and melt have the same 

velocity reducing effect on Vs in theoretical models (Watanabe, 1993 and Chu et al., 

2010). Using the theoretical relationship presented by Chu et al. (2010) between the 

melt/fluid filled porosity of a granite composition and the expected shear-velocity, we 

estimate the percentage of fluids and melt to range from ∼4% for the 3.2 km/s contour, 

∼10% for the 2.9 km/s contour, and ∼25% for the lowest velocities we observe in the core 

of the APMB (∼1.9 km/s). Integrating these estimates over the total volume of the APMB 

yields a total fluid/melt volume of ∼75,000 km3 or ∼10-20% of the total volume of the 

APMB (100% of LVZ). The question remains, what is the solid component, pre-existing 

rock (such as in a migmatite or unmelted country rock) or crystallized melt? A migmatite 

is a zone of crustal melting dominated by up-temperature evolution and partial melting of 

in situ pre-existing country rock, while a melt-crystal mix is dominated by down-

temperature evolution in which the silicic melt is residual melt within a crystallizing 

mush body (Bachmann and Bergantz, 2008). Our results at 21°S are consistent with a 

regional backarc migmatite zone that roughly corresponds to the location of the ALVZ. 

The APMB appears to have a subvertical connection to the mantle under the arc and a 

shallowly downward dipping connection to the ALVZ on its northeastern edge. Given the 

APMB's relatively shallow depth and its correlation with a long-lived and voluminous 
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but waning region of volcanism, we prefer the melt-crystal mush body interpretation 

while acknowledging both processes can occur concurrently and are often coupled 

(Hildreth, 1981). 

How does the APMB fit into petrologic models of magmatic structure and 

evolution? Most workers agree that the APVC “flareup” was fundamentally driven by a 

basaltic flux from the mantle into a tectonically thickened crust that led to extensive 

crustal melting. The petrologic and geochemical data support a model with three distinct 

but connected levels of melt accumulation and melting in the crust that becomes 

progressively more silicic at shallower depths (de Silva and Gosnold, 2007). Most models 

include a lower crustal melting zone where mafic magmas pond and generate 

intermediate melts that rise to a mid-crustal accumulation zone where further 

fractionation and partial melting produces more evolved melts that rise to within 4-8 km 

of the surface and undergo a final stage of evolution prior to eruption (de Silva et al., 

2006 and Kay et al., 2010). This last stage requires magmatic plumbing models to include 

a separate and final magma body at these shallow pre-eruptive depths (de Silva et al., 

2006 and Kay et al., 2010). Relevant to this question is a recent high-resolution Bouguer 

anomaly modeling study in the APVC that revealed vertically elongated, narrow low-

density structures in the upper crust interpreted as diapiric magma bodies rooted in a 15-

km-deep APMB (del Potro et al., 2013). Although our new results appear to show one 

continuous smooth low-velocity body that occupies the upper crust (∼4-25 km depth), our 

method is not particularly sensitive to narrow vertical structures. We therefore conclude 

that our S-wave velocity model is imaging the longer wavelength structure of the APMB, 

whereas the higher-resolution Bouguer gravity anomaly model is imaging shorter 
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wavelength diapiric features within the APMB. Based on these new results, we slightly 

modify the conclusion of del Potro et al. (2013) and suggest the ignimbrite eruptions 

were fed directly from localized pockets of magma that accumulated in the shallow crust 

(∼4-8 km below the surface) near the top of the APMB instead of rising from a separate 

and deeper APMB. This general model of magma movement and accumulation remains 

consistent with the petrologic and geochemical constraints that envision a vertical 

transport of melt from the mantle to the upper crust with intermediate stages of 

accumulation and chemical evolution of the rising magma column (Hildreth, 1981, de 

Silva et al., 2006 and Kay et al., 2010). 

What is the volume of the APMB and how much is igneous? From our 3-D 

seismic tomography results, we calculate the volumes enclosed by different S-wave 

velocity isocontours that delineate the LVZ. The volume of the APMB based on our 

preferred velocity contour (2.9 km/s) is ∼500,000 km3, a volume that is more than an 

order of magnitude larger than the previous estimates of 30,000 to 50,000 km3 for the 

shallow plutonic volume beneath the APVC ignimbrite calderas (de Silva and Gosnold, 

2007). It is important to note that these previous estimates of plutonic volumes are based 

on a progressively layered model with an intermediate melt reservoir around 15-20 km 

depth (previously identified as the depth of a much thinner APMB) and numerous 

separate final magma bodies at shallow depths (4-8 km below the surface) from which 

the plutonic volumes were estimated. We use the model uncertainties of the depth to the 

top and bottom of the LVZ discussed earlier to calculate end-member volume uncertainty 

estimates by approximating the APMB as an oblate spheroid and calculating the 

uncertainty on the volume based on the uncertainty of the length of the vertical axis of the 
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spheroid. Calculated in this simplified way, the APMB has a volume of 500,000 km3 with 

a minimum and maximum volume of 380,000 and 680,000 km3 respectively. We note 

that the estimated volume uncertainties are close, within 5% or less of the volumes 

calculated from the 2.9±0.1 km/s isocontours (Table S1). In other words, the uncertainty 

on the volume calculation due to the largest seismic model uncertainty (the depths to the 

top and bottom) is approximately equivalent to ±0.1 km/s in selecting the defining 

isocontour for the APMB. Even within this uncertainty such a large volume cannot 

represent a single, mostly molten magma body since the overpressure from the magma 

buoyancy alone would lead to eruption (Malfait et al., 2014). Instead, we suggest it 

represents a composite body of multiple smaller partial melt zones that amalgamated 

incrementally over the ∼10-myr duration of the volcanic center similar to the multistage 

magmatic history inferred for the analogous Southern Rocky Mountain volcanic field in 

the western U.S. (Lipman, 2007) and more broadly for the North American Cordillera 

(Paterson et al., 2011). An important remaining question is how much of the total volume 

of the APMB represents igneous material? Given that it is a composite body and probably 

never completely molten, we need to consider the possibility that the total volume of the 

APMB is not igneous. Some percentage of the solid component of the imaged LVZ may 

represent unmelted country rock rather than crystallized melt. 

What is the plutonic to volcanic ratio for the APVC? In Fig. 7 we construct a plot 

with axes that represent the two largest uncertainties in our interpretation of the plutonic 

volume of the APVC. The y-axis represents the shear velocity contour used to measure 

the volume of the LVZ enclosed by that contour and the x-axis represents the percentage 

of the volume of the LVZ that is igneous material. With those two parameters defined we 
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can then calculate the ratio of the plutonic to volcanic volumes using the dense rock 

equivalent (DRE) minimum volcanic volume estimate (15,000 km3) of the APVC 

ignimbrites (de Silva et al., 2006). For example, if we use the 2.9 km/s contour and 

assume 100% of the volume of the LVZ is igneous material the volume of the APMB 

expressed as a P:V ratio is ∼35:1 (∼25-45:1 within model uncertainties), a value much 

larger than previous estimates. From the plot we can also see that to reduce the P:V ratio 

to an often-cited value of 5:1 requires that only 10-20% of the LVZ is igneous which 

would mean nearly the entire solid component of the partial melt zone is country rock, a 

highly unlikely scenario for a large 10-myr-old magmatic system in its waning stage. 

With a more realistic but still conservative estimate of the middle crust consisting of 55% 

plutonic rocks (Paterson et al., 2011) and the additional average ∼15% melt in the body, 

the P:V ratio is ∼20±5:1. White et al. (2006) compiled a global catalog of long term 

magmatic systems noting estimates of P:V ratios for most systems are less than 10:1 with 

a few systems exceeding our estimate for the APVC. Although there are still some 

uncertainties in these estimates, an important result is the P:V ratios we obtain are high, 

much higher than the often cited estimates of 3:1, 5:1, or even the extreme, 10:1 ratios for 

the APVC magmatic system (Kay et al., 2010), although we are aware of no firm 

constraints that preclude such large P:V ratios. Two other potential sources of uncertainty 

in calculating the P:V ratio are worth brief mention. First, if the magmatic system is in a 

temporary lull and future caldera forming eruptions add a significant volume of volcanics 

to the denominator that would reduce the ratio. Second, we do not include any plutonic 

volume below the APMB that probably exists in the lower part of the magmatic column 

that would increase the ratio. Both these factors are difficult to constrain, although if the 
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APVC is in a waning stage as suggested by de Silva et al. (2006), any future eruptions are 

likely to be comparatively small volume and many of the cited ratios in the literature do 

not include a lower crustal component (White et al., 2006). 

 

CONCLUSIONS 

In this study, we combined surface wave dispersion values measured in a previous 

study (Ward et al., 2013) with a P-wave RF analysis using 25 broadband stations into a 

joint inversion for the 3-D S-wave velocity structure of the APVC crust. Our new 

velocity model images a ∼200 km diameter and ∼11 km thick low-velocity zone (APMB) 

that we interpret as the magmatic underpinnings related to the 11-1 Ma ignimbrite flare-

up. Although our new results image a low-velocity body with a volume much larger than 

previous estimates, we observe good agreement with previous geophysical studies where 

a direct comparison is appropriate. The large volume (∼500,000 km3) and shallow depth 

(4-25 km) of the APMB (Fig. 8) centered on the continued surface deformation below the 

composite volcano Uturuncu (Pritchard and Simons, 2004 and Fialko and Pearse, 2012) 

provides strong evidence linking our imaged low-velocity zone (APMB) with the 

presence of an amalgamated plutonic complex containing a non-uniform ∼4-25% partial 

melt. Although dependent on a few critical assumptions, the newly imaged APMB 

requires a much larger plutonic to volcanic ratio (20-35) than previously estimated and 

represents the largest magma body imaged on Earth. This large plutonic volume has 

significant implications for both petrologic and tectonic models of this portion of the 

central Andes (see supplemental materials). 
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FIGURES 
 

 
 

Figure 1. The locations of previously deployed seismic stations with publically available 
data (blue) and seismic stations of the recently completed PLUTONS project (green) are 
shown as boxes. Holocene volcanic activity shown as triangles (gold). Outline of the 
Altiplano-Puna Volcanic Center (APVC) (thick dashed black line) encompasses the large 
volume (VEI ≥ 7) ignimbrite calderas (thin dashed black lines). The locations of observed 
surface uplift (inner dashed white circle) and associated subsidence (outer dashed white 
circle) centered on the volcano Uturuncu (Pritchard and Simons, 2004 and Fialko and 
Pearse, 2012). The locations of three cross-sections presented in Fig. 5 are shown (solid 
black lines).  
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Figure 2. a, The mean S-wave velocity model (black line) derived from the joint 
inversion at the APVC station LCOL (22.28°S, 67.65°W), model envelope (gray lines) 
and one standard deviation (white lines) defined by the suite of inverted receiver 
functions with the density of model solutions shown in the background. b, Individual 
receiver functions (red lines) and stacked receiver functions (gold line) compared against 
the synthetic receiver function computed from the mean S-wave velocity model (black 
line). c, Synthetic surface wave dispersion (black line) computed from the mean S-wave 
velocity model compared against the data (red points). Note the effect of the LVZ, as 
defined by the 2.9 km/s contour is readily visible in the raw RF and surface wave 
dispersion data. d, e, and f same as a, b, and c respectively for the eastern PLUTONS 
station PLTP (22.04°S, 66.79°W). 
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Figure 3. a, Plot of the isotropic component of the anisotropic S-wave velocity models 
capable of fitting the receiver functions presented by Leidig and Zandt (2003) (dashed 
blue/red lines) as well as our preferred model from our joint inversion results (black line). 
b, Synthetic receiver functions computed from each of the final S-wave velocity models 
shown in a using a ray parameter of 0.06 s/km compared against the stacked receiver 
functions (gold line). c, Synthetic surface wave dispersion curves computed from each of 
the final S-wave velocity models compared against the data (gold points). Note that the 
synthetic surface wave dispersion curves for the two models presented in Leidig and 
Zandt (2003) are considerably faster than the data.  
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Figure 4. Map slices of the joint ambient noise-receiver function inversion S-velocity 
model at indicated depths (below sea level) with the same features from Fig. 1 and the 
major fault zones shown (solid white lines). Thicker solid black lines represent the 2.9 
km/s velocity contour and thinner solid black lines represent the 3.2 km/s velocity 
contour. The thick white dashed line is the outline of the Central Andean Gravity High 
(CAGH) (Götze and Krause, 2002). a, At 5 km depth we are imaging the top of the 
APMB located in the center of the APVC. b, In the 10 km slice, all of the major calderas 
are located inside of the 3.2 km/s velocity contour and the slowest velocities (<2 km/s) 
are observed at this depth. The -335 mGal Bouguer gravity anomaly contour (blue line) 
from del Potro et al. (2013) follows our ∼2.5 km/s velocity contour at this depth. c, The 
largest lateral extent of the 2.9 km/s velocity contour is observed at 15 km and 
corresponds closely with the observed surface deformation (small dashed white circles) 
(Pritchard and Simons, 2004 and Fialko and Pearse, 2012). d and e, At most depths, but 
especially at the 20 and 25 km depth slices, the SW edge of the APMB is bounded by the 
CAGH. f, The 30 km slice is below the main volume of the APMB and shows two 
subparallel low velocity zones of possible magma feeder paths. Holocene volcanic 
activity that marks the location of the active volcanic arc is shown as red triangles. 
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Figure 5. Cross-sections of the joint ambient noise-receiver function inversion S-velocity 
model with locations shown in Fig. 1 (no vertical exaggeration). The cross sections are 
shown with the same 3.2 km/s (thin black line) and 2.9 km/s (thick black line) contours. 
a, Note in cross-section A, the white line is the location of the continental Moho from 
Tassara and Echaurren (2012) and the dashed red line is the ALVZ from Yuan et al. 
(2000). b and c, The 2.9 km/s velocity contour defines a large volume low-velocity zone 
(APMB) that laterally varies in thickness and depth from surface. Overall, it has a highly 
flattened oblate spheroid shape approximately ∼11 km thick and over 200 km in diameter 
with a central upwarp of both its upper and lower surfaces. The locations of the forearc 
(FA), active volcanic arc (ARC), Altiplano, APVC and composite volcano Uturuncu are 
shown on the top of each cross-section where applicable. Alternating zones of high 
(HQZ) and low (LQZ) seismic quality factor are shown at 40 km from Schurr et al. 
(2003). 
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Figure 6. Map slices of the joint ambient noise-receiver function inversion S-velocity 
model at indicated depths (below sea level) with the same features from Fig. 1 and 
outline (thick white dashed lines) of the Central Andean Gravity High (CAGH) (Götze 
and Krause, 2002). a, b, and c, Thicker solid black lines represents the 3.7 km/s (35 km) 
and 3.9 km/s (45 and 55 km) velocity contour and the thinner solid black line represents 
the 3.5 km/s velocity contour for the 45 and 55 km depth slices. The solid white line west 
of the APVC is the location of the continental Moho from Tassara and Echaurren (2012). 
Holocene volcanic activity that marks the location of the active volcanic arc is shown as 
red triangles. 
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Figure 7. The range of plutonic to volcanic ratios varying as a function of the velocity 
contour used to define the APMB and the percentage of the low-velocity zone included as 
plutonic (using a volcanic volume of 15,000 km3). Our preferred velocity contour (2.9 
km/s) determined from compositional and thermal gradient considerations shown as a 
dashed black line with the range of velocity contours (2.9 ± 0.1 km/s) from our velocity 
model uncertainties defining a range of statistically likely plutonic to volcanic ratios. The 
volume of melt/fluid plus crystallized melt (pluton) can be calculated from this plot by 
selecting a velocity contour and percentage of the low-velocity zone included as plutonic 
and multiplying the corresponding ratio by 15,000 km3. For example, the P:V ratio at 
100% of the 2.9 km/s velocity contour is ∼35:1 (∼25-45:1 within model uncertainties) and 
when multiplied by the volcanic volume (15,000 km3) yields a subsurface plutonic 
volume of ∼500,000 km3. 
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Figure 8. 3-D surface of the 2.9 km/s velocity contour as a volume (V.E. 3:1) with 
topography. The largest lateral extent of the 2.9 km/s velocity contour is observed at 15 
km (red outline) and corresponds with the surface deformation area (gold lines) centered 
below volcano Uturuncu (Pritchard and Simons, 2004 and Fialko and Pearse, 2012) 
where the APMB is shallowest (4 km, ∼9 km below surface). 
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SUPPLEMENTAL MATERIAL 

Additional Methodology Considerations 

In the main text, we describe our approach of integrating receiver functions (RF) 

with surface wave dispersion (SWD) from a previous ambient noise tomography study 

(Ward et al., 2013) into a joint inversion for a S-wave velocity model of the crust beneath 

the Altiplano-Puna Volcanic Complex (APVC). Here we present two cross-sections 

comparing our preferred approach of generating a suite of models from multiple 

inversions with individual RFs versus first stacking the receiver functions at each station 

and then performing the joint inversion (Fig. S1).  We note that the results obtained using 

each approach are very similar although we prefer the approach of generating a suite of 

models from multiple inversions with individual RFs (Fig. S1a and S1b) for the reasons 

discussed in the main text. Due to limitations in the azimuthal distribution of data used to 

calculate RFs, we simplify our approach inverting for the isotropic component of a highly 

anisotropic crustal structure (Leidig and Zandt, 2003) resulting in a poorer fit to the RFs. 

It a difficult task to formalize a definition of how well our model incorporates the 

constraints provided by the RFs throughout our approach into our final 3 D velocity 

model. A qualitative example of how much the inclusion of the RF constrains are 

influencing our final 3-D model is shown in Figure S2. Here we compare the SWD only 

inversion (Ward et al., 2013) and the joint inversion (this study) and note the inclusion of 

the RF data clearly produces a better-defined top and bottom of the LVZ, while still 

fitting the SWD values well (Fig. S3a). This improvement is especially important in 

calculating the volume of the LVZ, which is a major component of our interpretation. 
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The following discussion expands on two additional measures of misfit and 

horizontal resolution inherent in our imaging approach. First, we calculate the surface 

wave dispersion sensitivity kernels at each grid point from our final 3-D S-wave velocity 

model and note the peak sensitivity for the longest period used in this study (50 s) is 

between 65 and 75 km below sea level. Although establishing the lower limit of our 

models vertical resolution is more nuanced than our simple approach of calculating the 

peak sensitivity for the longest period, we use this to define the approximate depth of 

vertical resolution for our model and focus on the shallow features we image. Additional 

complexities are introduced through uncertainties in the crustal thickness below the 

APVC by mapping additional error into the deeper part (Moho depth ±10 km) of our 

velocity model. The error introduced into the model associated with uncertainties in 

crustal thickness is typically centered on the Moho depth and diminishes rapidly above 

and below that discontinuity (Stachnik et al., 2008). We mitigate the error introduced into 

our velocity model associated with uncertainties in the crustal thickness by adding the 

uniformly smoothed Moho depths compiled by Tassara and Echaurren (2012) into our 

initial velocity model used in the final inversion. The layered vertical resolution of our 

joint inversion results are predominantly controlled by the resolution of the RFs where 

we apply a low-pass Gaussian filter with a corner frequency of 1.2 Hz (a = 2.5) regulating 

the sensitivity of RFs to Earth structures with a minimum thickness of approximately 1 

km. The minimum resolvable thickness is an approximate limit because of the tradeoff 

between the thickness of the feature and the velocity contrast across the discontinuity 

(Zandt et al., 2003). As the scope of this study is the crustal magmatic underpinnings 
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beneath the APVC, we limit our interpretation of the model results to 60 km depth and 

focus on shallower structures. 

Second, for our specific station distribution, the mean distance between any 

geographic grid location and station location where joint inversion results are available is 

~45 km and drops to ~25 km in the APVC (Fig. S3b), providing a limit on the average 

horizontal resolution for the joint inversion results alone. By performing a second 

inversion using the interpolated velocity model from the joint inversion as the starting 

model and iteratively inverting for the best 1-D isotropic S-wave velocity model using 

only the dispersion values, we attain a horizontal resolution approximately equal to the 

resolution of the dispersion values. Implicit in the definition of horizontal resolution is 

the absence of abrupt lateral variations in crustal structure or localized interstation 

anomalies that the dispersion data alone are incapable of resolving. The agreement of our 

velocity model with the surface geology, morphotectonic provinces, and previous 

geophysical studies suggests that our approach is successful at limiting the uncertainties 

associated with abrupt lateral variations in crustal structure. Thin tabular features 

localized completely between stations or narrow vertical features are poorly resolved in 

our model and quantifying uncertainties associated with such features using seismic data 

alone is difficult because of the tradeoff between the size of the feature and the velocity 

contrast of the anomaly.  

 

Potential Tectonic Implications 

The potential tectonic implications for the addition of a large plutonic volume 

over the last ~10 Ma are significant, although harder to quantify. Our goal in this section 
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is to present the first-order implications for both petrologic and tectonic models of this 

portion of the Andean arc that our new model implies. Thermal-mechanical models of the 

crust below the APVC demonstrate that radiogenic heat production from an 

overthickened crust, shear heating resulting from tectonic shortening, and heat from 

magmatic arc intrusions are insufficient mechanisms to explain the observed surface heat 

flow and voluminous volcanic output over the 10 My ignimbrite flare-up history 

(Babeyko et al., 2002). Instead, an increased mantle heat input at the base of a 

mechanically weak crust is consistent with the geophysical observations and petrologic 

evidence that suggests a 30-50% mantle source in the erupted ignimbrites (Schilling et 

al., 2006; Kay et al., 2010). Our estimates of the total mantle contribution to the crust are 

influenced mainly by three parameters, the total shallow (<30 km) magmatic volume of 

the system (plutonic plus volcanic), the percentage of the magma that has a mantle 

provenance, and the ratio of shallow plutonic rock to deeper cumulates and/or restites 

(dense root). The uncertainties on the magmatic volume are addressed in the main text of 

the paper and likely contribute the largest uncertainty to the final calculation of the arc 

mantle magma production rate for the APVC. We use the range of the ratio of crustal to 

mantle provenance presented by Schilling et al. (2006) and Kay et al. (2010) and the ratio 

of residue (dense root) mass to melt (pluton) mass present by Ducea and Barton, (2007). 

We define the total mantle contribution to the crust below the APVC using the 

following generalized arc mantle magma production rate equation,  

 	" = $* & + 1
) + 1
* + 1 *+*,

, 
 

(1) 

where ξ is the arc mantle magma production rate (in units of km3/km/My), α is the 

volcanic volume, β is the plutonic to volcanic ratio, µ is the ratio of crustal to mantle 
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provenance in the plutonic body, η is ratio of residue (dense root) mass to melt (pluton) 

mass, λ is the arc parallel length, and τ is the time interval over which magmatic addition 

was active. Note the numerator can be determined using a measured volcanic volume and 

an assumed P:V ratio or as in our case, directly calculated by summing the volcanic and 

plutonic volumes. The arc mantle magma production rate can be thought of as an added 

crustal area in arc perpendicular cross-sectional area. The values for volcanic volume 

(15,000 km3), arc length (275 km), ratio of crustal to mantle provenance (1:1-7:3) 

(Schilling et al., 2006; Kay et al., 2010), and ratio of residue (dense root) mass to melt 

(pluton) mass (1:1) (Ducea and Barton, 2007) are used in all of our calculations (Table 

S1). We calculate the arc mantle magma production rate along the length of the APVC to 

be 120-200 km3/km/My over the length of the 10 My ignimbrite flare-up, a value well 

above the 85 km3/km/My Sierran flare-up rate of Ducea (2001). The rates we present in 

table S1 assume 100% of the LVZ that we image is igneous. We have no firm constraints 

on what percentage of the LVZ is igneous (not county rock) and therefore are not 

included in the uncertainly estimates of the arc mantle magma production rate which 

represent an upper limit estimate. The source of the Sierran flare-up is proposed to be the 

lithospheric-scale underthrusting of North America below the Cretaceous arc (Ducea, 

2001) whereas the 11-1 Ma ignimbrite flare-up in the APVC is interpreted as a piecemeal 

scale delamination event (Kay et al., 1994; de Silva et al., 2006; Beck et al., 2015). These 

fundamental differences in the mechanism attributed to each flare-up event may explain 

the observed discrepancies in the arc mantle magma production rates.   

The arc mantle magma production rate of 120-200 km3/km/My in the APVC 

corresponds to an additional 6-11 km of new crust added under the footprint of the 
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APMB over the last ~10 Myrs, of which some of the residue dense root may have 

foundered (Ducea et al., 2013). Plutonic volumes, magmatic addition rates, and added 

crustal thickness estimates for additional velocity isocontours in the APVC are presented 

in table S1. The addition of 6-11 km of new crust under the footprint of the APMB over 

the last ~10 Myrs would have raised the surface elevation in the APVC by as much as 2 

km assuming the crust is in isostatic equilibrium. Our simple isostatic equilibrium 

calculation does not attempt to incorporate the dynamic effects of composition, pressure-

temperature conditions, fluid/melt volume, or gravitational stability on the density 

structure of the evolving APVC crust, which can be complex (Jull and Kelemen, 2001; 

Tassara, 2006). Rather, we seek a first-order estimate to compare with other independent 

uplift studies.  

Using the tilt of forearc basin strata along the monoclinal fold located along the 

western flank of the Central Andean Plateau, Jordan et al. (2010) documented 2.3 ± 1.0 

km of topographic relief growth between the forearc and the high Andes of the Northern 

Puna (22°S to 24°S) during the last ~10 Ma and a significantly smaller 1.2 ± 0.8 km of 

topographic relief growth between the forearc and the Southern Altiplano (north of 22°S) 

over the same time period. The timing of the 11-1 Ma APVC ignimbrite flare-up, the 

geographic location and volume of the APMB (majority of volume south of 22°S) 

identified by our joint inversion results, and the magnitude of surface uplift inferred from 

the addition of a large plutonic body below the APVC provides a plausible argument for 

the ignimbrite flare-up being the source of the topographic relief documented by Jordan 

et al. (2010). Some additional topographic elevation may have originated from the 

eruption of crustal melts blanketing the surface with less dense volcanic deposits 
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involving an isostatically neutral process (Quade et al., 2015); however, the large volume 

of the APMB and mantle signature in the APVC ignimbrites suggests some isostatically 

compensated surface uplift.  
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SUPPLEMENTAL TABLES 
 
Table S1. Volumes, magmatic addition rates, and added crustal thickness estimates for 
the APVC with predicted isostatically compensated surface uplift. 
 

Velocity Contour Volume Contour Footprint Mean Thickness Total P:V Magmatic Addition Rate New Crust Surface 

(km/s) (km3) (km2) (km) Ratio (km3/km/My) Added (km) Uplift (km) 

2.5 162,704 21,755 7.5 11 40-67 4.5-7.5 0.9-1.5 

2.6 224,992 27,137 8.3 15 54-90 5.0-8.3 1.0-1.6 

2.7 300,906 32,289 9.3 20 70-117 5.6-9.3 1.1-1.8 

2.8 398,918 39,388 10.1 27 92-153 6.1-10.1 1.2-2.0 

2.9 528,074 46,945 11.2 35 120-200 6.7-11.2 1.3-2.2 

3.0 691,008 54,617 12.7 46 155-259 7.6-12.7 1.5-2.5 

3.1 904,664 62,975 14.4 60 202-337 8.6-14.4 1.7-2.8 

3.2 1,188,739 67,441 17.6 79 264-440 10.6-17.6 2.1-3.5 

3.3 1,527,430 69,272 22.0 102 338-563 13.2-22.0 2.6-4.3 

3.4 1,825,930 70,647 25.8 122 403-672 15.5-25.8 3.0-5.1 

3.5 2,041,764 71,563 28.5 136 450-750 17.1-28.5 3.4-5.6 
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SUPPLEMENTAL FIGURES 
 

 
 
Figure S1. Comparative plot showing the same shear-wave velocity cross-sections B and 
C from the main text constrained by both receiver functions and surface wave dispersion 
(a and b) using our preferred approach of generating a suite of models from multiple 
inversions with individual RFs versus first stacking the receiver functions at each station 
and then performing the joint inversion (c and d).  The cross sections are shown with the 
same 3.2 km/s (thin black line) and 2.9 km/s (thick black line) contours. Alternating 
zones of high (HQZ) and low (LQZ) seismic quality factor are shown at 40 km from 
Schurr et al. (2003). 
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Figure S2. Comparative plot showing the same shear-wave velocity cross-sections B and 
C from the main text constrained by both receiver functions and surface wave dispersion 
(a and b) against the same cross-sections with only the surface wave dispersion (c and d) 
from ambient noise tomography (Ward et al., 2013). The cross sections are shown with 
the same 3.2 km/s (thin black line) and 2.9 km/s (thick black line) contours. Alternating 
zones of high (HQZ) and low (LQZ) seismic quality factor are shown at 40 km from 
Schurr et al. (2003). Although these models fit the dispersion data roughly equally well, 
significant structural detail is added with the constraints provided by the inclusion of 
receiver functions in the joint inversion. 
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Figure S3. a, Plot showing the period averaged dispersion misfit from the final inversion 
across our study area. Grid locations with higher misfit represent dispersion curves with 
significantly larger roughness (Ward et al., 2013) or are located in isolated areas without 
receiver function constraints. b, Plot showing the distance between each grid point in our 
model and locations where both surface wave dispersion and receiver function 
observations are available (white squares). The mean distance between any geographic 
grid location in our resolved area and station location where joint inversion results are 
available is ~45 km. Note that the station density is much higher in the APVC where the 
average distance between each grid point and station is ~25 km. 
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ABSTRACT 

The Central Andean Plateau (CAP), as defined by elevations in excess of 3 km, 

extends over 1,800 km along the active South American Cordilleran margin making it the 

second largest active orogenic plateau on Earth. The uplift history of this high Plateau, 

with an average elevation around 4 km above sea level, remains uncertain as 

paleoelevation studies along the CAP suggest a complex, non-uniform uplift history. As 

part of the Central Andean Uplift and the Geodynamics of High Topography (CAUGHT) 

project, we image the S-wave velocity structure of the crust and upper mantle using 

surface waves measured from ambient noise and teleseismic earthquakes to investigate 

the upper mantle component of plateau uplift. We observe three main features in our S-

wave velocity model including: (1) a positive velocity perturbation associated with the 

subducting Nazca slab; (2) a negative velocity perturbation below the Subandean crust 

that we interpret as anisotropic Brazilian cratonic lithosphere; and (3) a high-velocity 

feature in the mantle above the slab that extends along the length of the Altiplano from 

the base of the Moho to a depth of ~120 km. A strong spatial correlation exists between 

the lateral extent of this high-velocity feature and the relatively lower elevations of the 

Altiplano basin suggesting a potential relationship. Determining if this high velocity 

feature represents a small lithospheric root or foundering of orogenic lithosphere requires 

more integration of observations, but either interpretation implies a strong geodynamic 

connection with the uppermost mantle and the current topography of the northern CAP. 
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INTRODUCTION AND TECTONIC BACKGROUND 

The central Andes of southern Peru, Bolivia, Argentina, and Chile (between 14°S 

and 28°S) define the type example of an active Cordilleran orogen where tectonics are 

driven by normal-dipping, obliquely verging subduction of the oceanic Nazca Plate 

beneath the continental South American Plate (Barazangi and Isacks, 1976; Cahill and 

Isacks, 1992; Norabuena et al., 1998; Kendrick et al., 2003). Commensurate with the 

subduction of hydrated oceanic lithosphere, abundant arc and intra-arc volcanism is 

observed along the South American margin where volcanic quiescence associated with 

present-day flat-slab subduction geometries have partitioned active arc volcanic activity 

into northern, central, and southern volcanic zones (James, 1971; Jordan et al., 1983; 

Ranero and Sallarès, 2004; Ramos and Folguera, 2009; Hayes et al., 2012). The Central 

Volcanic Zone (CVZ, between 14°S and 28°S) is a collection of andesitic to dacitic 

stratovolcanoes, regionally extensive and voluminous crystal-rich dacitic ignimbrites, and 

minor small-volume monogenetic mafic centers (de Silva, 1989; Francis and de Silva, 

1989; Davidson and de Silva, 1992) truncated to the north by Peruvian (11 Ma to present) 

flat-slab subduction, and in the south by Pampean (12 Ma to present) flat-slab subduction 

(Cahill and Isacks, 1992; Ramos and Folguera, 2009). Along this stretch of the South 

American Cordillera, the orogen attains its greatest width and highest average elevation, 

forming the largest high plateau in the world associated with abundant arc magmatism, 

the Central Andean Plateau (CAP) (Allmendinger et al., 1997). 

The CAP, as defined by the 3 km elevation contour, extends over 1,800 km along 

the active continental Cordilleran margin reaching a maximum width around 400 km near 

the Bolivian Orocline (Fig. 1) making it second only to the Tibetan Plateau in geographic 
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extent (Allmendinger et al., 1997). In the core of the CAP is the low relief internally 

drained Altiplano (north) and the high relief Puna (south) bounded to the west by the 

Western Cordillera, the active volcanic arc, and to the east by the Eastern Cordillera, an 

inactive basement-cored fold-and-thrust belt. In the northernmost section of the CAP, the 

Altiplano narrows before terminating north of Lake Titicaca in southern Peru. The flanks 

of the CAP are buttressed to the west by one of the largest monoclines on Earth (Victor et 

al., 2004) and to the east by the active thin-skinned fold-and-thrust belt of the Subandes.      

Despite the Plateau’s impact on the dynamic evolution of the South American 

Cordillera (Barnes and Ehlers, 2009 and references therein), first-order questions about 

principal segments of the current lithospheric structure beneath the northern CAP remain 

underdeveloped and a comprehensive model for the enigmatic uplift history of the 

plateau remains tenuous. Three tectonic processes have emerged as possible mechanisms 

for the Plateau’s uplift: (1) slow and steady uplift driven by underthrusting of the 

Brazilian shield associated with shortening in the eastern Plateau (e.g. Jordan et al., 

1997); (2) rapid uplift associated with isostatic rebound following delamination of the 

lower Altiplano-Puna crust (e.g. Garzione et al., 2008); and (3) thickening of the 

Altiplano crust through mid/lower crustal flow possibly augmented by magmatic addition 

or underplating (e.g. Husson and Sempere, 2003). Although a review of the evidence for 

and against each of these proposed mechanisms contribution to the uplift history is 

beyond the scope of this study (see Barnes and Ehlers, 2009; Saylor and Horton, 2014), 

each of the proposed uplift mechanisms makes specific predictions about the current 

lithospheric structure that a well resolved lithospheric scale S-wave velocity model in 

combination with other geological/geophysical studies can be used to help differentiate 
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between. For example: (1) fast seismic velocities in the lower crust extending eastward 

into cratonic South America would support uplift driven by underthrusting of the 

Brazilian shield (e.g. Ma and Clayton, 2015); (2) anomalously fast seismic velocities in 

the uppermost mantle would suggest foundering of the lithosphere driving rapid surface 

uplift (e.g. Calixto et al., 2013); and (3) a mid-crustal low-velocity zone might indicate 

the presence of a weak crust capable of ductile flow (e.g. Liu et al., 2014). Future work 

that incorporates receiver functions into a joint inversion will provide additional details 

on the crustal structure, facilitating a better examination of the relative contributions from 

underthrusting and crustal flow as surface uplift mechanisms. As our data set and method 

provides continuous high-resolution S-wave velocity results in the uppermost mantle 

below the northern CAP, we focus our interpretation on: (1) the isostatic/geodynamic 

effect of the mantle anomalies we observe on modern surface topography and (2) the 

tectonic processes consistent with generating the observed anomalies in the uppermost 

mantle.          

 

DATA AND METHODS  

 In the last decade, advancements in measuring surface wave dispersion (SWD) 

from earthquake generated surface waves and empirical Green’s functions (EGFs) 

extracted from the ambient seismic wavefield have allowed the crust and lithospheric 

mantle to be imaged in previously unavailable detail. The two-plane wave tomography 

(TPWT) method used in this study helps reduce the systematic biasing effects of 

scattering and multi-pathing in the incoming wavefield ignored by single-plane wave 

approaches to measure SWD from earthquake generated surface waves (Forsyth et al., 
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1998; Forsyth and Li, 2005). TPWT has been especially successful in imaging the lower 

crust and upper mantle along the American Cordillera because of the method’s ability to 

measure longer period surface waves that are sensitive to the lower crust and uppermost 

mantle, typically in the period range of 20 143 seconds (Wagner et al., 2010; Gilbert et 

al., 2012; Calixto et al., 2013; Antonijevic et al., 2015). The ambient noise tomography 

(ANT) method we employ uses the cross-correlation of ambient seismic noise to extract 

EGFs for the path between two seismic stations (Sabra et al., 2005; Shapiro et al., 2005). 

The EGFs are subsequently used in a frequency time analysis (FTAN) to measure the 

interstation SWD typically in the period range of 8 50 seconds although emerging work 

suggests this approach may successfully be extended to measure longer periods (Yang, 

2014). This relaxes the limitations imposed by the often non-uniform spatial and 

temporal distribution of earthquakes that can bias or streak tomographic results provided 

sufficient continuous data is available to extract robust EGFs (Bensen et al., 2007). ANT 

has been especially successful in imaging the shallow crust at local to continental scales 

(Lin et al., 2007; Yang et al., 2007; Bensen et al., 2008; Zheng et al., 2008; Saygin and 

Kennett, 2010; Yang et al., 2010; Ward et al., 2013; Delph et al., 2015) because it does 

not use earthquake generated surface waves that attenuate rapidly at periods that are 

primarily sensitive to the shallow crust (<20 s). Since the ANT and TPWT methods are in 

principle sensitive to the same rock properties of the solid Earth, combining the two 

methods to produce SWD measurements in the period range of 8-143 seconds has 

become a popular approach for investigating the whole lithospheric structure (Yang et al., 

2011; Porter et al., 2012; Wagner et al., 2012; Ma and Clayton, 2014). In the following 

sections, we briefly describe the details of the TPWT and ANT methods and our 
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approach of combining them into a joint inversion for the 3-D S-wave velocity structure 

of the northern CAP. 

 

Ambient Noise Tomography 

In a previous study, Ward et al. (2013) used the vertical component from 330 

broadband seismic sensors across much of the central Andes to measure the dispersion of 

Rayleigh waves in the period range of 8-50 seconds from ambient seismic noise. The 

specific details of processing the raw waveforms and extracting interstation dispersion 

curves are described by Ward et al. (2013 and references therein) and we refer the 

interested reader to that reference for more information. As an intermediate step in the 

ANT method, Ward et al. (2013) inverted the extracted interstation dispersion 

measurements into a uniformly gridded 2-D phase velocity model with geographic grid 

spacing of 0.1° × 0.1° for each of the 13 periods measured (8-50 s). The TPWT method 

requires a 2-D phase velocity starting model and we use the ANT results as a priori 

information in constructing the starting model. For our particular data set however, using 

the ANT phase velocity maps sampled at 0.1° × 0.1° precludes resolving statistically 

meaningful TPWT results and therefore, we have generated new 2-D phase velocity maps 

(Barmin et al., 2001) using a coarser grid spacing of 0.25° × 0.25° (Fig. S1). Inverting the 

interstation dispersion curves with coarser grid spacing also allows us to evaluate the 

resolution of the new 2-D phase velocity maps (Fig. S2).  
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Two-Plane Wave Tomography 

 The two-plane wave tomography method uses earthquake generated surface 

waves by modeling the incoming wavefield as the superposition of two distinct 

interfering plane waves each with its own amplitude, phase, and backazimuth for a total 

of six parameters (Forsyth et al., 1998; Forsyth and Li, 2005). For our isotropic solution, 

the modeled phase and amplitude at each station (observations) are iteratively compared 

against the predicted values (initially calculated from the starting model and then 

subsequently from the previous iterations result), solving for the lateral 2-D phase 

velocity structure as a function of period. This approach helps reduce the systematic 

biasing effects of scattering and multi-pathing introduced into the incoming wavefield 

outside of our seismic arrays footprint (Wielandt, 1993). Wavefield scattering introduced 

inside the footprint of our array is accounted for by using finite frequency kernels (Yang 

and Forsyth, 2006) based upon the single scattering Born approximation (Zhou et al., 

2004). Additional details common to the TPWT method are presented by Forsyth & Li 

(2005). In the following sections we discuss the processing details relevant to our specific 

TPWT analysis.     

 

Data and Raw Waveform Processing  

As part of the National Science Foundation (NSF) Continental Dynamics (CD) 

project: Central Andes Uplift and the Geodynamics of High Topography (CAUGHT; 

Ward et al., 2013), we deployed 50 Streckeisen STS-2 broadband seismic sensors across 

the northern CAP in northern Bolivia and southern Peru (Fig. 1). The CAUGHT 

temporary seismic deployment lasted approximately two years (from Oct-2010 to Aug-
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2012) and of the 51 CAUGHT stations/locations occupied during the deployment, 45 

recorded waveforms used in this TPWT analysis. We augment the CAUGHT network 

with 16 stations from the Peru Lithosphere and Slab Experiment (PULSE; Eakin et al., 

2014) and 8 stations from the Peru Subduction Experiment (PeruSE; Phillips and 

Clayton, 2012) temporary broadband seismic deployments. Two permanent stations from 

the Integrated Plate Boundary Observatory Chile (IPOC; Sodoudi et al., 2011) and one 

station (LPAZ) from the Global Telemetered Seismograph Network (USAF/USGS) were 

also added for a total of 72 broadband seismic stations. Our virtual array has an average 

station spacing of ~30 km enclosed in a ~300,000 km2 footprint which is particularly well 

suited to lithospheric scale tomographic studies.  

The 66 events used in this study were selected from an epicentral distance range 

of 30-130° degrees from each station and have a body wave magnitude (Mb) of 5.5 or 

greater. Although the backazimuthal distribution of the events is biased from the 

southwest direction (Fig. S3), we were able to record and use enough events from 

different backazimuths to prevent streaking in our results. We use the vertical component 

of the broadband sensors to measure the SWD of Rayleigh waves for 14 periods (25, 29, 

33, 40, 45, 50, 59, 67, 77, 91, 100, 111, 125, and 143 s). Initial processing of the raw 

waveforms included applying a transfer function convolving all waveforms with the same 

3rd generation Streckeisen STS-2 instrument response to preserve the relative amplitude 

of waveforms across the virtual array. The waveforms were then bandpass filtered using a 

four-pole, Butterworth filter with corner frequencies of 5 mHz above and below the 14 

center frequencies of interest. For each of the event station pairs in the period range of 

25-143 seconds, the event waveforms were visually inspected and windowed around the 
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fundamental mode Rayleigh wave. Nearly 80% of the events that met the distance and 

magnitude criteria did not record useable waveforms or meet our 10:1 signal-to-noise 

(SNR) threshold yielding a total of 18,240 event station pairs across the 14 periods 

measured.  

 

Model Resolution and Parameterization 

Model resolution as expressed in lateral variations allowed during the inversion is 

in part controlled by an a priori covariance matrix of model standard deviations (Forsyth 

and Li, 2005). Large values allow for more variation in the model but can introduce 

lateral oscillation instabilities into the results whereas small values restrict the models 

ability to deviate from the starting model. We use 0.1 km/s for the value of the a priori 

covariance matrix after evaluating the tradeoffs between model stability and model 

resolution. This value is sufficiently large enough so as to not restrict the inversion from 

fitting the observations while simultaneously preventing lateral instabilities in the model 

results. As expected, the a posteriori model standard deviations are lowest in the center of 

our arrays footprint and increase with increasing period (Fig. S4). Selection of grid 

spacing also has an effect on the stability and resolution of the inversion results and 

therefore warrants careful consideration.  

For all periods measured in this TPWT study, we select a 0.25° × 0.25° 

geographic grid spacing. Inverting for a grid with smaller spacing introduces short 

wavelength features potentially associated with larger model instability. Lateral 

resolution reaches a maximum around 50 seconds and gradually contracts for longer 

periods because the sensitivity of surface waves to the velocity structure of the Earth 
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broadens both vertically and laterally with depth. The non-uniform distribution of 

earthquake magnitudes yields fewer quality waveforms at longer periods reducing the 

number of observations further contracting the lateral resolution (Fig. S5). 

Parameterization of the model space is also extended several grid nodes (>2° of latitude 

and longitude) beyond our arrays footprint so that poorly modeled travel-time variations 

can be absorbed by the outermost nodes.      

 

Phase Velocity Starting Model  

Phase velocity results obtained using the TPWT method exhibit dependency on 

the starting model and therefore the selection of the starting model requires some 

justification. Quantifying this justification is however difficult, because phase velocity 

results obtained from different starting models can vary significantly (beyond two 

standard deviations) while yielding roughly consistent a posteriori model standard 

deviations and misfit (Weeraratne et al., 2007). Previous seismological studies reveal 

large lateral variations in both crustal velocity (Ward et al., 2013) and thickness (Beck 

and Zandt, 2002; Ryan et al., 2016) across our study area limiting the efficacy of a 

constant velocity-starting model. Laterally constant 2-D starting velocity models are 

heavily penalized by the inversion in areas with lateral variations that exceed the a priori 

covariance matrix standard deviation resulting in reduced amplitude recovery. We 

therefore use the ANT results as a priori information in the form of a laterally variable 2-

D starting model for the TPWT inversion. This helps constrain the TPWT inversion 

results by accounting for the large lateral velocity variations observed in the crust (Ward 

et al., 2013). The central Andes also have large lateral gradients in crustal thickness 
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(Beck and Zandt, 2002; Ryan et al., 2016) resulting in large lateral velocity variations 

that can contribute to the same model stability versus resolution tradeoffs if not 

accounted for in the starting model. Integrating Moho constraints into our 2-D starting 

model is not as trivial as addressing the inhomogeneous crustal velocity structure 

requiring a more complex approach to constructing a starting model.  

Our approach involves constructing 1-D S-wave velocity profiles for each grid 

point in our model using the S-wave velocity model of Ward et al., (2013) for the crust, 

where the crustal thickness is constrained from a hybrid Moho integrating measurements 

from gravity and receiver functions studies (Tassara and Echaurren, 2012; Ryan et al., 

2016). Moho measurements of <40 km are selected from the model of Tassara and 

Echaurren (2012) and are combined with Moho measurements of >40 km determined 

from receiver function studies (Ryan et al., 2016) and then interpolated on a regular 0.25° 

× 0.25° grid using a natural neighbor algorithm (Fig. 2). At depths below the Moho 

where less a priori information is available, we use a modified ak135 Earth reference 

model to complete each 1-D profile (Kennett et al., 1995). Each 1-D S-wave velocity 

profile is then forward modeled to produce an equivalent 1 D Rayleigh wave phase 

velocity dispersion curve consisting of the 14 periods used in this TPWT study 

(Herrmann and Ammon, 2002). After arranging the phase velocities from the 1-D vertical 

profile into 14 2 D horizontal slices, the laterally variable 2-D phase velocity maps are 

used as the starting model in the TPWT inversion thereby including as much a priori 

information as possible to generate well-constrained phase velocity results (Fig. 3 & Fig. 

S6).   
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Integrating the ANT and TPWT Results 

 At six intermediate periods (25, 29, 33, 40, 45, and 50 s), the ANT and TWPT 

results overlap providing a comparative metric for establishing the robustness of 

dispersion measurements calculated from fundamentally different approaches. On 

average, the difference between the two methods is less than ~2% where there is good 

resolution. Although the two methods produce extremely consistent results within model 

uncertainties, in areas where the differences are large, averaging the overlapping results 

can introduce rough 1-D vertical dispersion profiles not characteristic of real Earth 

models. This requires we adopt a more sophisticated approach of integrating the ANT 

and TPWT results.   

 We take advantage of the observation that both methods have a period at which 

the number of raypaths (observations) peaks, decaying above and below that period. For 

the ANT method, the number of raypaths peaks around 18 seconds and at 50 seconds for 

the TPWT method. Using the number of raypaths as a relative proxy for resolution, we 

linearly scale the weighting of the overlapping phase velocity results so that the shorter 

intermediate periods are weighted more towards the ANT results and the longer 

intermediate periods are weighted more from the TPWT results. This approach helps to 

produce smooth 1-D dispersion profiles that reduce artifacts and instability in the 

subsequent S-wave velocity inversion.  

 

S-Wave Velocity Inversion 

In the Earth, Rayleigh waves are dispersive, meaning different periods are 

sensitive to different depths. Because surface waves have broad period dependent 
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sensitivity kernels, different periods have variably weighted overlapping sensitivity to the 

same velocity structure. By combining dispersion measurements made at shorter periods 

(8-50 s) from ambient noise with longer periods (25-143 s) generated by earthquakes, the 

overlapping sensitivity constrains the S-wave velocity results better than independently 

using only surface wave dispersion generated from ambient noise or earthquakes. This is 

important for our study area where large variations in both crustal velocity (Ward et al., 

2013) and thickness (Beck and Zandt, 2002; Ryan et al., 2016), not accounted for by 

averaged or global starting models, may introduce artifacts into the inversion results. At 

each 0.25° × 0.25° grid location, we use a linearized iterative least-squares approach to 

invert each 1-D phase velocity profile (8-143 s) into a 1-D S-wave velocity model 

(Herrmann and Ammon, 2004). During the S-wave inversion, each of the 21 surface-

wave dispersion values are inversely weighted by the standard deviation of the TPWT 

results. As the ANT method does not produce a similar type standard deviation 

measurement, we weight the shorter ANT periods with the lowest standard deviation 

from the TPWT results for each specific 1-D dispersion profile.  

 

Starting Model Parameterization and Uncertainties 

In general, the largest vertical velocity contrasts are expected across the Moho 

with large intercrustal low-velocity zones being a rare exception (Ward et al., 2014a). S-

wave velocity inversions using only surface waves (without additional constraints) are 

not particularly well suited to imaging the depths and velocity contrasts of 

discontinuities, resulting in vertically smoothed 1 D velocity models. Since the broad 

period dependent sensitivity kernels limit the resolution of vertical discontinuities, adding 
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these discontinuities to the starting model helps to reduce vertical smoothing artifacts. 

We therefore include the Moho discontinuity (Fig. 2) in our starting model and combined 

with the crustal model of Ward et al., (2013) constrain the larger lithospheric scale 

features we are interested in interpreting. However, uncertainties in the depths of the 

Moho and to a lesser extent, the magnitude of the velocity contrast can alter the inversion 

results up to ~10 km above and below location of the input Moho (Stachnik et al., 2008).  

End member Vp/Vs ratios (1.70-1.80) and attenuation values (quality factor 50-500) in 

the crust have a very small effect (second order to starting S-wave velocity, damping, and 

number of iterations) on the final S-wave velocity models (see discussion in supporting 

material of Ward et al., 2013). We choose a Vp/Vs ratio of 1.75 (Ryan et al., 2016) and 

an average quality factor of 150 (Baumont et al., 1999) in the crust transitioning to a 

Vp/Vs ratio of 1.78 in the mantle for all 1-D starting models. Surface waves are not 

sensitive to high frequency (rapid vertical) changes in Vp/Vs or attenuation limiting the 

uncertainties in our model results associated with varying Vp/Vs ratios or attenuation 

values in our starting model. The thickness of each layer in the starting model is adjusted 

to accommodate a layer boundary at the Moho and dilates with depth to ensure the 

diagonal of the resolution matrix for each layer is between 0.1 and 0.3 (Fig. S7). After the 

inversion, crustal and mantle layers are independently smoothed using a smoothing spline 

and represent the results shown in the following section. 

Our final S-wave velocity results use the hybrid Moho constructed from gravity 

and receiver function studies (Tassara and Echaurren, 2012; Ryan et al., 2016), the 

crustal velocity model of Ward et al. (2013), a modified ak135 Earth reference model in 

the mantle (Kennett et al., 1995), a Vp/Vs ratio of 1.75 in the crust (Ryan et al., 2016), a 



 

 103 

Vp/Vs ratio in the mantle of 1.78 (Kennett et al., 1995), and a quality factor (attenuation) 

of 150 (Baumont et al., 1999) in the crust. This starting model combined with a damping 

value of 0.5 and between 8 and 11 iterations produces a stable S-wave velocity model 

containing robust features independent of the starting model fitting the dispersion data 

relatively well (Fig. S8).    

 

Density Modeling 

 Surface waves are primarily sensitive to the S-wave velocity structure of the 

Earth, secondarily to the P-wave velocity, and to a lesser extent, the density and 

attenuation structure. Our method is not particularly sensitive enough to directly image 

the density structure within any acceptable uncertainty bounds; however, empirical 

relationships have been derived linking seismic P-wave velocities to densities. Assuming 

a Vp/Vs ratio to convert our S-wave measurements to P-wave velocities, we use the 

Nafe-Drake curve (Ludwig et al., 1970) formalized by Brocher (2005) to model the 

density structure of our study area. Over the velocity range we are interested in modeling, 

Brocher’s relationship models the bulk density structure of our study area sufficiently 

well over long wavelengths (>75 km). Small amounts of partial melt/fluids, temperature 

variations, and composition variations can add uncertainly into the absolute velocity-

density empirical relationships; however, relative bulk density calculations are robust 

enough to warrant first-order consideration in our isostatic calculations. We note here that 

although we use a variable density model derived from Brocher’s velocity-density 

relationship, our isostatic calculations are primarily sensitive to crustal thickness 

variations and to a lesser extent, the density contrast across the crust/mantle boundary.   
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RESULTS 

 Our S-wave velocity model results are shown as three 1-D velocity profiles (Fig. 

4, locations shown in Fig. 5f), six horizontal depth slices (Fig. 5), and five vertical cross-

sections (Fig. 6, locations shown in Fig. 5f). Although our horizontal depth slices show 

results located outside the footprint of our array, we limit our interpretation of the model 

results to structures located inside the footprint of the array primarily because 

uncertainties in the phase velocity measurements rapidly increase outside of the array’s 

footprint. In the cross-sections, we plot the crust as absolute velocities and the mantle as 

velocity perturbations from the starting model, while emphasizing the crust and mantle 

results are from the same 1-D inversion profile at each grid location in the model. The 

focus of this study is the uppermost mantle and five large mantle velocity anomalies 

provide a natural descriptive organization described in the following sections.  

 

The Nazca Slab Anomaly 

 By including a priori information into our starting model, such as a well 

constrained Moho interface and a crustal velocity structure, we image a relativity 

coherent slab anomaly across most of our model space that is consistent with the 

predicted location based on slab earthquakes. Below ~80 km, the continuous slab 

anomaly (>2%) follows the Slab 1.0 contours (Hayes et al., 2012) and the earthquake 

locations relativity well (Kumar et al., 2016). The apparent topography on the top of the 

slab (Fig. 6b & 6c) and depression (Fig. 6a) in the slab anomaly (relative to the Slab 1.0 

contour) are almost certainly artifacts resulting from model smoothing integrating higher 

velocities above the slab topography examples and low velocities in the depressed slab 



 

 105 

anomaly example. Above ~80 km, a similar apparent deflection/distortion of the slab 

anomaly below the forearc (relative to the Slab 1.0 contour) is observed in all cross-

sections (Fig. 6). This apparent deflection/distortion of the slab anomaly above ~80 km is 

characteristic of a reduced velocity in the 1-D integrated slab anomaly rather than a 

change in the geometry of the slab, the tectonic significance of which is discussed in the 

following section.  

 

Sub-Moho Forearc Anomaly 

 Directly below the forearc in the mantle and above the slab anomaly, we observe 

a large negative velocity perturbation anomaly (<-5%) with absolute velocities as low as 

3.95 km/s (Fig. 6a). In the 80 km depth slice (Fig. 5a), the anomaly is bounded by the 

Slab 1.0 contour extending to just inboard of the active volcanic arc except in the north 

where it appears to extend well into the backarc region. In cross-section, the sub-Moho 

forearc anomaly has much lower absolute velocities (Fig. 6a), a lower depth limit of 

about ~60-70 km (Fig. 6a-d), and has a clear separation from the backarc section of the 

anomaly (Fig. 6a). For this reason, we separate the negative velocity perturbation 

anomaly into two distinct anomalies and interpret the backarc section as a separate 

tectonic feature unrelated to the sub-Moho forearc anomaly.  

 

Sub-Moho Slab Transition Anomaly 

 The sub-Moho slab transition anomaly appears connected to the elongated sub-

Moho forearc anomaly at shallow mantle depths (Fig. 5a) but is a separate distinct feature 

by 105 km depth (Fig. 5b) completely located in the backarc. In the 105 km depth slice 
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(Fig. 5b), the sub-Moho slab transition anomaly is bounded to the west by the Slab 1.0 

contour and is a localized feature observed spanning the transition between shallow-slab 

and normal slab geometries. At the 130 km depth slice (Fig. 5c), the negative 

perturbation anomaly (~ -5%) associated with the feature is barely visible and by the 155 

km depth slice (Fig. 5d), the anomaly is no longer distinguishable as a separate feature in 

the mantle. In cross-section, the anomaly narrows to the south (Fig. 6c) from its greatest 

trench perpendicular extent in the north where it is bounded by the Holocene arc and 

backarc volcanism (Fig. 6a). As the anomaly narrows to the south, it is observed under 

slightly higher topography and tends to follow the lateral extent of shallow mid-crustal 

low-velocity zone (Fig. 6a-c). This observational correlation between the along strike 

extent of the sub-Moho slab transition anomaly with both slightly elevated topography 

and a low-velocity zone in the shallow crust appears to be a robust feature as all three 

observations rapidly terminate south of Lake Titicaca (Fig. 6e). For comparison, we have 

included a 1-D S-wave and phase velocity profile from a point located in the center of the 

anomaly (Fig. 4b) where both the shallow crustal low-velocity zone and the upper mantle 

low-velocity zone (the sub-Moho slab transition anomaly) can be seen in the data (phase 

velocities). Additionally, the shallow crustal low-velocity zone extends north of the 

anomaly (Fig. 6e) further indicating that both features are not a related inversion artifact 

(e.g. vertical oscillation from under damping or over iterating) but a robust feature of the 

model.   
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Sub-Moho Subandean Anomaly 

 The uppermost mantle below the Subandean zone and continuing eastward under 

the foreland basin is 1-4% slower than our starting model (Fig. 6a-d). This negative 

velocity anomaly extends as far to the east as we have good resolution and is bounded to 

the west by the sub-Moho Altiplano anomaly (Fig. 5a). The negative velocity 

perturbation observed below the Subandean zone and Chaco foreland basin gradationally 

increases to a positive perturbation anomaly between 100-150 km (Fig. 6a-d). In general, 

the positive perturbation anomaly mirrors the lateral extent of the sub-Moho negative 

velocity anomaly expect for our southernmost Bolivian cross-section (Fig. 6d) where the 

anomaly appears to connect with the sub-Moho Altiplano anomaly. We include both the 

negative and positive velocity perturbation under the Subandean zone and Chaco foreland 

basin (Fig. 4c) when referencing the sub-Moho Subandean anomaly in subsequent 

sections.  

 

Sub-Moho Altiplano Anomaly 

 Observed over roughly the same depth ranges as the sub-Moho slab transition 

anomaly, the sub-Moho Altiplano anomaly is a ~1-4% perturbation anomaly that follows 

the internally drained portion of the Altiplano at the crust-mantle boundary (Fig. 5a). This 

feature is best expressed at the crust-mantle boundary becoming increasing more 

irregular with depth and is nearly indistinguishable as a coherent anomaly by the 130 km 

depth slice (Fig. 5c). In some cross-sections, the anomaly is well defined with a clear 

lateral and vertical boundary (Fig. 6a & 6c) and in other cross-sections; the anomaly 

extends both laterally and vertically beyond the resolution limits of the model (Fig. 6b & 
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6d). For simplicity, we include only the shallow (< 130 km) part of the anomaly when 

referencing the sub-Moho Altiplano anomaly in the discussion section. Again, we have 

included a 1-D S-wave and phase velocity profile from a point located just south of Lake 

Titicaca where the fast velocity perturbation in the uppermost mantle is easily seen in the 

phase velocity data (Fig. 4a).  

 

DISCUSSION 

Subducted Nazca Slab 

 The Nazca slab anomaly parallels the Slab 1.0 contours (Hayes et al., 2012) and 

intermediate seismicity particularly well below 80 km and is unambiguously interpreted 

as the subducted Nazca plate (Fig. 6). Imaging a strong and continuous slab anomaly, a 

first-order feature expected to be visible in our results, provides an additional metric 

beyond the formal inversion criteria to qualitatively assess the robustness of our velocity 

model. That we observe good agreement between our Nazca slab anomaly and 

independent measures of the slab location (e.g. Slab 1.0 contours and intermediate 

seismicity) indicates that our starting model appropriately incorporates a priori 

information (e.g. Moho depth and crustal velocities) to help reduce the non-uniqueness 

allowed for in the ill-posed surface wave inverse problem (Rawlinson et al., 2014). This 

suggests that other upper mantle anomalies observed in our results are as qualitatively 

robust as the Nazca slab anomaly. 

  A notable deviation of the Nazca slab anomaly from the Slab 1.0 contours and 

shallow seismicity is observed at depths shallower than 80 km (Fig. 6a-d). At these 

depths, the slab anomaly appears to either bend near horizontal (Fig. 6b & 6c) or weaken 
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producing a necking feature (Fig. 6a & 6d) in the anomaly. It is unlikely that our results 

are imaging a change in the dip of the subducting slab, as the slab geometry would 

require unrealistic deformation of the slab over a relatively short distance to connect at 

the trench. A more realistic explanation for the observed reduction in velocity is a 

combination of low-velocity sediments entrained in the subduction channel and low-

grade to blueschist facies in the oceanic crust. Along this section of the Andean 

subduction zone, there is an estimated 0.5 km of sediments in the Peru-Chile Trench 

(Bangs and Cande, 1997) providing a potential source of sediments to entrain along the 

subduction channel. A similar low-velocity zone at or near the top of the subducting plate 

has been imaged in major subduction zones around the world (Bostock, 2013), including 

the central Andes (Dorbath et al., 2008; Ma and Clayton, 2015), with varying sediment 

fluxes available in each subduction zone (Rea and Ruff, 1996) suggesting entrained 

sediments along the subduction channel alone cannot explain the low-velocity zone we 

image. Calling on thermal/petrologic models of slab metamorphism, Bostock (2013) 

interpreted the ubiquitous but variable in downdip extent, upper slab low-velocity zone as 

marking the transition to eclogite facies in the subducting oceanic crust. Starting at depths 

of ~40 km, eclogitization of the subducting oceanic crust is expected to occur in warm 

subduction zones, with cold subduction zones delaying the eclogitization depth up to ~90 

km (Hacker et al., 2003). We interpret the low velocity feature in the upper part of the 

subducting Nazca slab as marking the downdip limit of oceanic crust that has not 

metamorphosed into eclogite facies. The downdip limit of the low velocity anomaly (~80 

km) we see in the subducting slab suggests this section of the central Andes subduction 
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zone is a cold to intermediate temperature subduction zone and is consistent with other 

seismic studies (Dorbath et al., 2008; Ma and Clayton, 2015). 

 

Serpentinized Mantle Forearc 

 Serpentinite in the forearc mantle wedge can have significant effects on the 

distribution of seismicity in a subduction zone and can inform seismic hazard analysis. 

For example, the downdip rupture limits of large megathrust earthquakes are thought to 

be controlled by a change in the stress regime along the interface between the subducting 

slab and the serpentinized mantle effectively decoupling the mantle from the slab 

(Oleskevich et al., 1999; Wada et al., 2008). Additionally, buoyancy forces associated 

with a reduced density in the serpentinized mantle can drive the exhumation of high and 

ultra-high pressure rocks (Pilchin, 2005). Serpentinization of the mantle may have even 

had significant effects on eustatic sea level changes over the last 600 My acting as a 

mantle water reservoir (Rüpke et al., 2004). Thus for many reasons, characterizing both 

the spatial extent and amount of serpentinization in the mantle forearc wedge across our 

study area is important and warrants a discussion. 

  The main serpentine group mineral expected to form in the ultramafic mantle 

forearc temperature and pressure conditions is antigorite (HT serpentinite), which is 

stable between depths of ~30-150 km and temperatures of 300-720° C (Ulmer and 

Trommsdorff, 1995). Although antigorite is stable to depths of ~150 km, the mantle 

wedge geothermal gradient confines the stability of antigorite to a narrow channel along 

the relatively cooler subducting slab concentrating most of the serpentinization in the 

mantle forearc at depths shallower than ~50-60 km (Hilairet and Reynard, 2009). 
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Serpentinization of the mantle forearc also reduces its S-wave velocity significantly 

compared to its peridotitic protolith providing a diagnostic measure of its presence 

(Bostock et al., 2002). We observe such a reduced S-wave velocity structure (< -5%) in 

the form of a negative velocity perturbation (sub-Moho forearc anomaly) in our results. A 

velocity reduction of greater than 5% cannot be explained by a positive thermal anomaly 

alone, especially considering the location of the anomaly in the nose of the mantle wedge, 

which is expected to be cool compared to the adjacent mantle wedge. In our cross-

sections that show the forearc (Fig. 6a-d), the anomaly extends to a depth of ~60 km, the 

lower limit of stable antigorite in the mantle wedge. There are also fewer earthquakes 

along the interface between the slab and the anomalously slow mantle wedge (Fig. 6a-d) 

consistent with decoupling of a serpentinized mantle along the subduction zone interface. 

We interpret this low velocity anomaly as the signature of a serpentinized mantle forearc 

wedge.  

A serpentinized mantle wedge composed of pure antigorite (100%) is expected to 

have an S-wave velocity of ~3.67 km/s (Ji et al., 2013) compared to a ~4.45-4.6 for a 

peridotite with 0% serpentinization (Christensen, 1966). Using a linear velocity gradient 

between 100% antigorite (3.67 km/s) and a peridotite with 0% serpentinization (4.45-4.6 

km/s), our lowest velocities in the sub-Moho forearc anomaly of 3.95 km/s suggests as 

much as ~65-70% HT serpentinization in the mantle forearc. Previous studies in northern 

Chile (south of our study area) have imaged a similar low-velocity zone in the upper 

mantle forearc suggesting serpentinization as a possible explanation (Graeber and Asch, 

1999; Sodoudi et al., 2011). Our estimate of ~65-70% serpentinization is consistent with 
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other subduction zones (Ji et al., 2013) further supporting a serpentinized mantle forearc 

interpretation of our sub-Moho forearc anomaly.       

 

Focused Slab Dehydration 

 At the leading edge of the transition between flat and normal subduction is the sub 

Moho slab transition anomaly, a low velocity anomaly as slow as 4.22 km/s (~6%) and 

much slower than other parts of the model in the same depth range (80-120 km). Here the 

unique subduction geometry heavily distorts the slab forming a near 90° bend in the slab 

around 100 km depth (Fig. 5b). This anomaly is east of the main volcanic arc but may 

represent a concentration of fluid coming off the distorted slab. Wagner et al. (2006) 

observed a similar low S-wave anomaly at the leading edge of the Pampean flat slab 

along the Chile/Argentina border. The low S-wave anomaly (low P-wave, high Vp/Vs) 

was interpreted by Wagner et al. (2006) as the southward flow of asthenosphere 

responding to the southward migration of the flat slab. Thus, the leading edge of 

flat/shallow slabs migrating in a trench parallel fashion may combine horizontal 

asthenospheric flow with normal corner flow to produce the anomalously low velocities 

we image as the sub Moho slab transition anomaly.  

 

Brazilian Cratonic Lithosphere? 

 Along the northern CAP, several studies at different latitudes have argued for the 

underthrusting of Brazilian cratonic lithosphere beneath the Eastern Cordillera (Dorbath 

et al., 1993; Lamb et al., 1996; Myers et al., 1998; Beck and Zandt, 2002; Phillips et al., 

2012; Ma and Clayton, 2014). Most studies do not have data coverage east of the Eastern 
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Cordillera and subandean zone making it difficult to image the undeformed Brazilian 

craton that is coming into the system. Using a dense temporary network (Peru Subduction 

Experiment, PeruSE) spanning southernmost Peru and a small area of Bolivia north of 

Lake Titicaca, Phillips et al. (2012) used local tomography and receiver functions to 

image a mid-crustal (~40 km) discontinuity that they interpreted as underthrusted 

Brazilian shield. In Phillips et al. (2012) interpretation, the underthrusted portion of the 

Brazilian shield extends beneath the entire Altiplano ending at the Western Cordillera 

with no corresponding cratonic mantle root. With the same dense PeruSE array, Ma and 

Clayton (2014) used ambient noise and two-plane wave tomography (similar to the 

methods used in this study) to image the S-wave velocity structure below their array. Just 

north of Lake Titicaca in Bolivia, Ma and Clayton (2014) image a fast velocity anomaly 

in the uppermost mantle (60-100 km) that they interpret as the leading edge of the sub-

Moho Brazilian shield. Although the lateral and vertical extent of fast velocity anomalies 

in these studies varies, they all evoke some underthrusting Brazilian cratonic lithosphere 

beneath the Eastern Cordillera in their interpretations. We observe some fast velocity 

anomalies below the Eastern Cordillera (sub-Moho Altiplano anomaly) but notice a 

negative velocity anomaly in the uppermost mantle beneath the Subandes and Chaco 

foreland basin (sub-Moho Subandean anomaly), which is initially inconsistent with 

underthrusting of undisrupted Brazilian cratonic lithosphere.  

 One possible reason for the apparent disagreement between our results and 

previous studies interpretations of underthrusting Brazilian cratonic lithosphere may be 

the limited aperture available to many of the previous studies. A limited aperture is seen 

in the surface wave tomography of Ma and Clayton (2014) where their stations only 
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extend inboard of the trench to the boundary between the Altiplano and the Eastern 

Cordillera. This limits their lateral resolution to just north of Lake Titicaca in Bolivia 

where they image a fast velocity anomaly in the uppermost mantle (60-100 km) that they 

interpret as the leading edge of the sub-Moho Brazilian shield. The location of this 

anomaly corresponds to the northern end of our sub-Moho Altiplano anomaly (Fig. 5a). 

Over roughly the same depth range, Ma and Clayton (2014) observe a low velocity 

anomaly that corresponds to the location of our sub-Moho slab transition anomaly further 

indicating that our results are imaging the same features of the upper mantle. Our larger 

station aperture allows us to image further east of the high velocity anomaly interpreted 

as underthrusting Brazilian cratonic lithosphere by many previous studies where we 

observe an eastern limit to the high velocity anomaly that transitions into a slow 

uppermost mantle anomaly below the Subandes (sub-Moho Subandean anomaly). We 

suggest many of the features interpreted as underthrusting Brazilian shield by previous 

studies are imaging the eastern extent of our sub-Moho Altiplano anomaly. If this 

interpretation in the context of previous studies is correct, it fails to explain the absence 

of Brazilian cratonic lithosphere coming into the fold-and-thrust system where as much 

as 300 km of upper-crustal shortening has been measured and suggests that much of the 

Brazilian cratonic lithosphere has been removed in the past (McQuarrie et al., 2005). 

One possible explanation for the absence of a fast velocity anomaly beneath the 

Subandes and Chaco foreland basin is that the Brazilian cratonic mantle lithosphere has 

been removed or disrupted along this section of the Andes. Flat-slab subduction has been 

postulated to have occurred along nearly the entire South American margin since 40 Ma 

(Ramos and Folguera, 2009). The Late-Eocene to Oligocene Altiplano flat-slab episode 
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started ~35 Ma lasting approximately 10 My under what is now the northern CAP (James 

and Sacks, 1999) and is one such mechanism capable of removing the cratonic 

lithosphere. Steepening of the Altiplano flat-slab and corresponding expansion of the 

mantle wedge resulted in an influx of hot asthenosphere producing widespread bimodal 

volcanism beneath the Altiplano and Eastern Cordillera (Ramos and Folguera, 2009). 

Destruction or modification of the cratonic mantle root may have occurred further under 

the Subandes and Chaco foreland basin as a result of the flat-slab hydrating overriding 

asthenosphere. As the flat-slab begins resuming normal subduction, fertile asthenosphere 

flows in from the east to fill the space created by the steepening slab. This newly 

hydrated fertile mantle can destroy/modify the existing craton lithosphere through melt-

peridotite reactions (Kusky et al., 2014). The cratonic lithosphere may be heavily altered 

(metasomatized) without requiring an abundance of surface volcanism through these 

types of reactions (Foley, 2008). This is consistent with the low velocities we observe in 

the uppermost mantle beneath the Subandes and Chaco foreland basin (sub-Moho 

Subandean anomaly) being associated with a heavily altered (metasomatized) Brazilian 

cratonic mantle lithosphere. Additional evidence for the absence of undisrupted cratonic 

lithosphere is observed in a recent finite frequency teleseismic tomography study where 

Scire et al. (2016) observed slow velocity perturbations in both P- and S-wave 

tomography under (~90 km) the Subandes and Chaco foreland basins. Our results cannot 

uniquely distinguish between a completely absent or a heavily altered (metasomatized) 

Brazilian cratonic mantle lithosphere beneath the Subandes and Chaco foreland basin.  

 Another possible explanation for the absence of a fast velocity anomaly beneath 

the Subandes and Chaco foreland basin is seismic anisotropy. In this study we used 
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Rayleigh waves, which are only sensitive to the vertically polarized S-wave velocity 

structure (Vsv). Love waves are sensitive to the horizontality polarized S-wave velocity 

structure (Vsh) and differences in the S-wave velocity structure measured from Love and 

Rayleigh waves is referred to as radial anisotropy (Vsv ≠ Vsh). Lebedev et al. (2009) 

measured surface wave dispersion using both Love and Rayleigh waves across seven 

different cratonic locations. A consistent observation across the seven cratonic locations 

was significant radial anisotropy (Vsv < Vsh) in the upper mantle extending to a depth of 

~100-150 km. At some locations such as the Parana basin in South America, the 

vertically polarized S-wave velocity structure (Rayleigh waves) is slower than 4.5 km/s 

in the uppermost mantle. Lebedev et al. (2009) interpreted this upper mantle radial 

anisotropy as horizontal fabrics inherited during the formation of the craton through 

ductile flow in the cratonic lithosphere. Our sub-Moho Subandean anomaly has the same 

general character (slow uppermost mantle gradationally increasing with depth) as the 

vertically polarized S-wave velocity structures imaged below various cratons by Lebedev 

et al. (2009), but potentially more significant is the observation that our upper mantle low 

velocity transitions to a fast perturbation anomaly at about the same depth (~100-150 km) 

as radial anisotropy signatures disappear from the cratonic models. 

If the low velocity uppermost mantle beneath the Subandes and Chaco foreland 

basin (sub-Moho Subandean anomaly) is a signature of radial anisotropy, we are imaging 

the undeformed section of the Brazilian cratonic mantle lithosphere where the original 

horizontal fabric is still intact. The potential existence of radial anisotropy in the upper 

mantle beneath the Subandes and Chaco foreland basin has important implications for 

interpreting the nature of the sub-Moho Altiplano anomaly. Since the low velocity 
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uppermost mantle section of the sub-Moho Subandean anomaly abuts the fast velocities 

of the sub-Moho Altiplano anomaly, it is possible that we are imaging the same tectonic 

feature (cratonic lithosphere) where the fast velocities observed under the Altiplano are 

part of the Brazilian shield that has lost its original horizontal fabric. The strong spatial 

correlation between sub-Moho Altiplano anomaly and the relatively low topography of 

the Altiplano basin explored in the next section is inconsistent with that interpretation, 

and we favor a different tectonic explanation for the sub-Moho Altiplano anomaly. 

 

Mantle Isostatic Contributions to Topography 

The sub-Moho Altiplano anomaly (> 4.5 km/s) appears to be the northern 

continuation of a similar upper mantle fast anomaly imaged in a previous regional P-

wave travel-time tomography study across the southern CAP (Myers et al., 1998). If this 

interpretation is correct, a seismically fast upper mantle would underlie nearly all of the 

relatively low topography forming the internally drained Altiplano basin. The correlation 

between the sub-Moho Altiplano anomaly and low topography of the Altiplano is 

especially striking when compared against the long-wavelength filtered topography (Fig. 

7a). Of particular interest is the distribution of localized zones of faster material (> 4.6 

km/s) enclosed by the sub-Moho Altiplano anomaly. We observe three such zones, two 

located at the north and south ends of Lake Titicaca and one beneath Lake Poopo (Fig. 

7a). The southernmost zone located beneath Lake Poopo overlaps with the tomography of 

Myers et al., (1998) where they observe a similar zone of localized faster material (up to 

10% faster). The location of the sub-Moho Altiplano anomaly beneath the long-

wavelength filtered relatively low topography forming the internally drained Altiplano 
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basin and localized zones of even faster material below the modern depositional zones is 

suggestive of an isostatic relationship between the sub-Moho Altiplano anomaly and the 

modern surface topography.  

A near zero free-air gravity anomaly (Fig. 7b) under the core of the northern CAP 

(Bonvalot et al., 2012) suggests the lithosphere is isostatically compensated; however, 

isostatically compensated lithosphere is dependent on several crustal and mantle 

properties. Before investigating the potential mantle contributions to the modern surface 

topography, we first evaluate potential crustal effects (e.g. density differences or 

thickness variations) capable of producing the relatively low topography of the Altiplano 

basin by calculating the bulk crustal density structure from our velocity model (Fig. 7c). 

In general, the low topography of Altiplano would predict a thinner and/or denser crust 

(on long wavelengths) relative to the higher elevations of the Eastern Cordillera or 

northernmost CAP in southern Peru (Molnar and England, 1990) if the crust is 

isostatically compensated. However, some of the lowest crustal densities we observe are 

located under the Altiplano (Fig. 7c) along with some of the thickest crust in the area 

(Fig. 2), which is inconsistent with an isostatically compensated crust. An alternative way 

to achieve an isostatically compensated lithosphere beneath the Altiplano, consistent with 

the observed near zero free-air gravity anomaly, would include the presence of an 

attached root in the uppermost mantle. A dense mantle root attached to the Altiplano 

crust would act to suppress the topography beneath the thick and less dense crust of the 

Altiplano, which would otherwise predict higher elevations for an isostatically 

compensated crust.   
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One way to test this explanation is to compare the observed topography (Fig. 7a) 

with the topography predicted from isostatically compensated crust using our crustal 

thickness and density models. For our purposes, Airy isostatic equilibrium is achieved if 

ℎ"#$ + ℎ&#& + ℎ'#( = ℎ'#& + ℎ&#& + ℎ"#&   ,	 (1)	

where hr is the height of the crustal root below the reference crustal thickness, hc is the 

height of the reference crust, he is the height of the crustal elevation above the reference 

crustal thickness, ρm is the density of the mantle, ρa is the density of air, and ρc is the 

density of the crust. If we assume the term with the density of air has a negligible effect, 

we can rearrange equation 1 to solve for the elevation change above the height of the 

reference crust given by 

ℎ" = $%('(-'*)
'*

  .	 (2)	

Since we don’t know the height of the root below the reference crust, but we know the 

height of the reference crust hc, the height of the elevation above the reference crust he, 

and the total height of the new crust ht given by  

ℎ" = ℎ$ + ℎ& + ℎ'   ,	 (3)	

we can solve for the height of the root below the reference crust by rearranging equation 

3 as 

ℎ" = ℎ$-ℎ&-ℎ'   .	 (4)	

Substituting equation 4 into equation 2 we arrive at an expression for the predicted 

elevation he that can be rewritten as 

ℎ" = $%-$'
() *'

*+-*'
  ,	 (5)	

where the predicted elevation he is now a function of three terms we can measure (crustal 

thickness, uppermost mantle density, and crustal density) and one we have to assume 
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(reference crustal height). For each 1-D location in our model, we calculate the predicted 

elevation and subtract it from the observed elevation to determine the residual topography 

using a reference crustal height of 40 km (Fig. 7d). If we use a 35 km reference crustal 

height or a constant density contrast between the crust and mantle, we observe a similar 

spatial correlation between areas where elevations are lower than the crustal 

thickness/density would predict and the sub-Moho Altiplano anomaly.  

Our residual topography map is only a first-order approximation and not equally 

valid in all areas, as our model does not account for flexural support or the possible 

effects of dynamic topography. For example, areas in the forearc or Eastern Cordillera 

with positive residual topography likely have some component of elastically supported 

topography. Additionally, the high-amplitude long wavelength free-air gravity anomaly 

along the Eastern Cordillera (Fig. 7b) suggests the lithosphere is not isostatic 

compensated and therefore, we would not expect good agreement between the predicted 

elevations and observed topography (e.g. large residual topography anomaly). Although 

dynamic topography driven mainly by the subducting Nazca plate is not accounted for in 

our simple Airy isostatic approach, the modeled wavelength of slab induced dynamic 

topography (Shephard et al., 2010; Dávila and Lithgow-Bertelloni, 2013) is considerably 

longer than the wavelengths of residual topography presented here (Fig. 7d) and is an 

insufficient explanation for the low topography of the Altiplano. If the sub-Moho 

Altiplano anomaly was simply an area of normal or slightly faster (and by proxy denser) 

ambient mantle, the larger density contrast between the mantle and crust would predict 

higher elevations for a similar crustal thickness of equal or greater density than areas 

where the sub-Moho Altiplano anomaly is absent. In the absence of this observation, we 
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interpret the sub-Moho Altiplano anomaly beneath the Altiplano basin as an upper mantle 

lithospheric root that is isostatically depressing the current topography of the northern 

CAP. The tectonic source of this attached root in the uppermost mantle beneath the 

Altiplano is explored in the following section.  

 

Lithospheric Delamination as an Uplift Mechanism 

Lithospheric delamination has been long been postulated as a contributing 

mechanism to the growth of the central Andes (Kay and Kay, 1993; Kay et al., 1994; 

Beck and Zandt, 2002; McQuarrie et al., 2005; Asch et al., 2006; Garzione et al., 2006; 

Ghosh et al., 2006; DeCelles et al., 2009) but only recently has the data coverage and 

methodology become available to investigate the structure of the uppermost mantle in 

sufficient detail (e.g. Calixto et al., 2014; Beck et al., 2015; Scire et al., 2016). Although 

seismic models of the uppermost mantle alone cannot determine the timing and evolution 

of delamination events, they are particularly useful in discriminating against different 

models and stages of lithospheric delamination. Our results are not particularly sensitive 

to smaller, kilometer scale ‘drips’ (e.g. Murray et al., 2015) but should be able to resolve 

larger scale delamination of the lithosphere, especially if the delamination affects the 

thermal profile of the uppermost mantle (Sobolev and Babeyko, 2005; Babeyko et al., 

2006; Sobolev et al., 2006; Krystopowicz and Currie, 2013). The coupled, thermo-

mechanical, numerical modeling of Sobolev et el., (2006) was intended to investigate the 

dynamic interaction of the subducting and overriding plates (e.g. absolute plate motions 

and plate interface shear coupling) and initial lithospheric structure (e.g. crustal 

thickness) on the intensity of tectonic shortening, but their model also makes specific 
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predictions about density, temperature, and structural variations in the crust and 

uppermost mantle that to first order, our S-wave velocity model is capable of imaging by 

proxy. We therefore compare our cross-section results (Fig. 6) with the numerical 

modeling of Sobolev et el., (2006) and observe general agreement between modeled sub-

Moho lithospheric structures and our S-wave velocity model.  

Of particular interest is the agreement of our sub-Moho Altiplano anomaly and 

western extent of our sub-Moho Subandean anomaly with a foreland dipping thermal 

aureole in the upper mantle associated with delaminating lithosphere (Fig. 6b & 6d). In 

the numerical model, the foreland dipping upper mantle thermal feature connects to the 

crust/lithosphere below the location equivalent to the Eastern Cordillera continuing west 

under the Altiplano and is juxtaposed to the east by cratonic lithosphere. The upper 

mantle thermal feature results from lower crust eclogitization mineral reactions that 

increase the bulk density of the lower crust to values greater than mantle peridotite, 

resulting in foundering of the lithosphere that extends to a depth of nearly 300 km. This 

continuous (base of crust to ~ 300 km) density/compositional feature is much thinner 

than its thermal expression and if delaminating lithosphere is a correct interpretation of 

the sub-Moho Altiplano anomaly, our S-wave velocity results are likely imaging a 

thermal component of the foundering root as well. In a recent finite frequency 

tomography study that included P- and S-waves, Scire et al., (2016) imaged a similar 

positive S-wave velocity perturbation roughly coincident with our sub-Moho Altiplano 

anomaly in the uppermost mantle (< 120 km) with a localized positive anomaly beneath 

the Subandes extending to a depth of ~300 km and suggested this anomaly may be 

delaminated lithosphere. Scire et al., (2016) lacked the resolution in the uppermost 
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mantle to establish if the positive velocity anomaly was connected to the base of the crust 

or if it exists as a separate mantle anomaly. If the P-wave tomography anomaly is the 

deeper expression the sub-Moho Altiplano anomaly, our results suggest the anomaly is a 

continuous vertical feature (laterally localized, Fig. 6b & 6d) extending from the base of 

crust to as deep as 300 km.  

The correlation between the sub-Moho Altiplano anomaly and low topography of 

the Altiplano basin suggests a strong isostatic relationship between the sub-Moho 

Altiplano anomaly and modern surface topography. Additionally, the agreement between 

our upper mantle results, recent finite frequency tomography results (Scire et al., 2016), 

and coupled, thermo-mechanical, numerical modeling of lithospheric delamination 

(Sobolev et al., 2006) is consistent with the sub-Moho Altiplano anomaly representing a 

dense piece of lithosphere in the process of delaminating. We prefer this interpretation of 

the anomaly but acknowledge it is a non-unique interpretation. An alternative 

interpretation of the sub-Moho Altiplano anomaly is that it represents the leading edge of 

the underthrusting Brazilian cratonic lithosphere. In this interpretation, the leading edge 

of the underthrusting Brazilian cratonic lithosphere has lost its initial horizontal fabric 

and is no longer radially anisotropic resulting in our S-wave velocity model imaging it as 

a fast upper mantle anomaly below the Altiplano and Eastern Cordillera.  

 

CONCLUSIONS   

  In this surface-wave tomography study, we integrated dispersion data (8-50 s) 

from a previous ambient noise tomography study (Ward et al., 2013; 2014b) with longer 

period (25-143 s) dispersion data measured using the two-plane wave tomography 



 

 124 

method (Forsyth et al., 1998; Forsyth and Li, 2005). We inverted the surface-wave 

dispersion data for an S-wave velocity model using all appropriate a priori information 

(e.g. crustal velocities and crustal thickness models). The five main features of our S-

wave velocity model and preferred interpretations summarized in figure 8 include:  

(1) A high velocity slab with a shallow (<80 km) low velocity in the upper part of 

the slab that is no longer visible at depths greater than ~80 km. Calling on 

thermal/petrologic models of slab metamorphism, Bostock (2013) interpreted the 

ubiquitous but variable in downdip extent, upper slab low-velocity zone seen in major 

subduction zones around the globe as marking the transition to eclogite facies in the 

subducting oceanic crust at ~45 km in “warm” subduction zones and up to 80-120 km 

depth for “cold” subduction zones. We interpret the low velocity feature in the upper part 

of the subducting Nazca slab as marking the downdip limit of oceanic crust that has not 

metamorphosed into eclogite facies. The downdip limit of the ~80 km low velocity 

anomaly we see in the subducting slab suggests this section of the central Andes 

subduction zone is a “cold” or “intermediate” temperature subduction zone. 

(2) A large negative velocity perturbation (<-5%) with absolute velocities as low 

as 3.95 km/s directly below the forearc in the mantle above the slab. Serpentinization of 

the mantle forearc reduces its S-wave velocity significantly compared to its peridotitic 

protolith providing a diagnostic measure of its presence (Bostock et al., 2002). We 

observe such a reduced S-wave velocity structure (<-5%) in the form of a negative 

velocity perturbation below the forearc in our results. A velocity reduction of greater than 

5% cannot be explained by a positive thermal anomaly alone, especially considering the 

location of the anomaly in the nose of the mantle wedge, which is expected to be cool 
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compared to the adjacent mantle wedge. Our absolute velocity of ~3.95 km/s in the 

forearc mantle suggests ~65-70% serpentinization and is consistent with other subduction 

zones supporting a serpentinized mantle forearc interpretation.       

(3) A low velocity anomaly in the backarc above the slab where the slab geometry 

transitions from near horizontal to a normal dip. The low velocity we observe in the 

backarc where the slab transitions between flat and normal subduction is as low as 4.22 

km/s (~6%) and much slower than other parts of the model in the same depth range (80-

120 km). Given the distribution of seismicity below the backarc low-velocity zone, 

occurring at depths associated with dehydration reactions in the subducting slab (Schmidt 

and Poli, 1998), and the unique slab geometry where the slab forms a near 90° bend, we 

interpret the velocity anomaly as a region in the upper mantle with concentrated levels of 

partial melt (~1%).      

(4) A negative velocity anomaly extending as far to the east as we have good 

resolution below the Subandean zone and Chaco foreland basin gradationally increasing 

to a positive perturbation anomaly between 100-150 km. One possible explanation for the 

absence of a fast velocity anomaly beneath the Subandes and Chaco foreland basin is that 

the Brazilian cratonic mantle lithosphere has been removed or disrupted along this 

section of the Andes (O'Driscoll et al., 2012). Another possible explanation for the 

absence of a fast velocity anomaly beneath the Subandes and Chaco foreland basin is 

seismic anisotropy. In this study we used Rayleigh waves, which are only sensitive to the 

vertically polarized S-wave velocity structure (Vsv). Lebedev et al. (2009) measured 

surface wave dispersion using both Love and Rayleigh waves across seven different 

cratonic locations. A consistent observation across the seven cratonic locations was 
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significant radial anisotropy (Vsv < Vsh) in the upper mantle extending to a depth of 

~100-150 km. If the low velocity uppermost mantle beneath the Subandes and Chaco 

foreland is a signature of radial anisotropy, we are imaging the undeformed section of the 

Brazilian cratonic mantle lithosphere where the original horizontal fabric is still intact.  

(5) A high-velocity feature in the mantle above the slab that extends along the 

length of the Altiplano from the base of the Moho to a depth of ~120 km with the highest 

velocities observed under Lake Titicaca and Lake Poopo. The fast Altiplano anomaly is a 

~1-4% perturbation anomaly that follows the internally drained portion of the Altiplano 

at the crust-mantle boundary. The correlation between the sub-Moho Altiplano anomaly 

and low topography of the Altiplano basin suggests a strong isostatic relationship 

between the sub-Moho Altiplano anomaly and modern surface topography. Additionally, 

the agreement between our upper mantle results, recent finite frequency tomography 

results (Scire et al., 2016), and coupled, thermo-mechanical, numerical modeling of 

lithospheric delamination (Sobolev et al., 2006) is consistent with the sub-Moho 

Altiplano anomaly representing a dense piece of lithosphere in the process of 

delaminating. Determining if the high velocity feature represents a small lithospheric root 

or a delaminating lithospheric root extending ~300 km into the mantle requires more 

integration of observations, but either interpretation shows a strong geodynamic 

connection with the uppermost mantle and the current topography of the northern CAP.   
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FIGURES 
 

 
 

Figure 1. Map of study area with the location of broadband seismic stations shown as 
blue diamonds. Red triangles show Holocene volcanic activity and morphotectonic 
provinces are separated by dashed black lines (FA, forearc; WC, Western Cordillera; AP, 
Altiplano; EC, Eastern Cordillera; SA, Subandes; FB, foreland basin). 
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Figure 2. Map of depth to Moho used to generate starting model for the two plane-wave 
inversion. This map was generated using Moho measurements of <40 km from the model 
of Tassara and Echaurren (2012) and are combined with Moho measurements of >40 km 
determined from receiver function studies (Ryan et al., 2016) and then interpolated on a 
regular 0.25° × 0.25° grid using a natural neighbor algorithm. 
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Figure 3. Map of phase velocities for 6 of the 14 periods measured using the two-plane 
wave tomography method. Velocities are shown as perturbations from the starting model 
used in the inversion with absolute velocities shown as contorted black lines.   
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Figure 4. 1-D S-wave velocity models and corresponding 1-D dispersion curves for three 
locations of tectonic significance (locations x, y, and z shown on Fig. 5f as yellow 
circles). Starting models shown as blue lines with the final model shown with red lines 
(black lines show smoothed S-wave velocity model). Dispersion data shown as open 
circles with one standard deviation error bars and deviation from final model shown as 
circle color fill (e.g. red circle fill indicates dispersion data is lower than final model 
dispersion).   
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Figure 5. 2-D horizontal S-wave velocity results for six depth slices shown as 
perturbations from the starting model (starting model values for each depth slice is 
constant for the same depth slice shown). Red contour shows Slab 1.0 contours (Hayes et 
al., 2012) for each corresponding depth slice. Green (circles) earthquake locations are 
from Kumar et al. (2016) and blue (circles) earthquake locations are from Instituto 
Geofísico del Perú. Morphotectonic provinces from figure 1 are shown as blue dashed 
lines with the locations of three 1-D profiles (Fig. 4a-c) shown as yellow circles and the 
location of five 2-D cross-section slices (Fig. 6) shown as black lines. NSA, Nazca slab 
anomaly; STA, sub-Moho slab transition anomaly; AA, sub-Moho Altiplano anomaly.    
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Figure 6. 2-D vertical S-wave velocity results for five cross-sections shown as 
perturbations from the starting model in the mantle and absolute velocity in the crust. The 
Moho is shown as a thick black line (Fig. 2) and the Slab 1.0 contours (Hayes et al., 
2012) are shown as a red line. Green (circles) earthquake locations are from Kumar et al. 
(2016) and blue (circles) earthquake locations are from Instituto Geofísico del Perú. 
NSA, Nazca slab anomaly; FA, sub-Moho forearc anomaly; STA, sub-Moho slab 
transition anomaly; SA, sub-Moho Subandean anomaly; AA, sub-Moho Altiplano 
anomaly.    
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Figure 7. a) Map of long wavelength (>75 km) topography, b) long wavelength (>75 km) 
free-air gravity anomaly (Bonvalot et al., 2012), c) long wavelength (>75 km) bulk 
crustal density, and d) long wavelength (>75 km) residual topography. The sub-Moho 
Altiplano anomaly (>4.5 km/s) is contoured by the thin white line with velocities greater 
than 4.6 km/s shown with thick white lines. 
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Figure 8. Conceptual summary figure showing our preferred interpretation of mantle 
anomalies discussed in the main text. Cross-section face is approximately the 2-D cross-
section shown in figure 6d. NP, Nazca Plate; SAP, South America Plate; FA, forearc; 
WC, Western Cordillera; AP, Altiplano; EC, Eastern Cordillera; SA, Subandes; FB, 
foreland basin, Serp, serpentinized mantle forearc; Ecl, cold and/or lower crustal 
eclogitization.    
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SUPPLEMENTAL MATERIAL 

In the following, we present an alternate processing scheme to the method 

outlined in the main text aimed at investigating the effects of non-uniform damping in the 

TPWT phase velocity inversion. The intrinsic resolution of longer periods with the same 

a priori standard deviations as shorter periods effectively acts to increase the damping at 

longer periods resulting from broader sensitivity kernels and fewer observations (Fig. 

S5). This can potentially add artifacts into the shear-wave inversion as longer periods 

may have underestimated phase velocity anomalies at longer periods resulting in 1-D 

oscillation artifacts. During each 2-D inversion for phase velocity data as a function of 

period, there are two forms of damping, an a priori standard deviation applied to the 

values of the starting phase velocities at the nodes and smoothing that tries to minimize 

the curvature or second derivative of the phase velocity variations. In the approach 

presented here, we hold the a priori standard deviation constant across each period but 

vary the smoothing so that the inversion rank of each period is within ~1% of the 

maximum rank of any one period. We also start with a courser node spacing and 

iteratively reduce the node spacing using the previous iteration results as the starting 

model for the subsequent finer spaced phase velocity inversion. 

In the first rank normalized iteration, we use a node spacing of 1.0° and an a priori 

standard deviation of 0.25 (km/s). Each period is inverted as described in the main text 

and the period with the highest inversion rank (67 seconds) is identified. The smoothing 

is then varied for every other period and re-inverted until the rank of each period is within 

~1% of the maximum rank (67 seconds). These 2-D phase velocity results are then 

rearranged into vertical 1-D dispersion curves and inverted for a 1-D shear-wave velocity 
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model. The subsequent shear-wave velocity model at each point is then forward modeled 

into a 1-D dispersion curve and rearranged into 2-D phase velocity maps that serve as the 

starting model for the next iteration. This process repeats two more times with each 

subsequent iteration using smaller node spacing (0.5° in the second iteration and 0.33° for 

the third and final iteration). During the final iteration, the smoothing becomes too 

restrictive for the longer periods (> 91 seconds) and only periods up to 91 seconds are 

included in the final shear-wave inversion. The results of this inversion approach (Fig. S9 

and S10) are shown for both the depth slices and cross-sections presented in the main 

text. In general, the major features interpreted in the main text are unchanged with 

amplitude variations observed across the new approach. This suggests that robust features 

may be limited to fast or slow anomalies and caution must be exercised when interpreting 

the absolute velocities of the shear-wave velocity model.  
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SUPPLEMENTAL FIGURES 
 

 
 

Figure S1. Phase velocities from ambient noise tomography used in this study. 
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Figure S1. (cont.) 
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Figure S2. Spatial resolution of phase velocities from ambient noise tomography used in 
this study where spatial resolution at each gridpoint is defined as the minimum separation 
distance at which two δ-like anomalies can be resolved (Barmin et al., 2001). 
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Figure S2. (cont.) 
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Figure S3. Event (black stars) and backazimuth distribution (black lines) of events used 
in our two-plane wave tomographic inversion. 
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Figure S4. The a posteriori standard deviation for each of the 14 periods used in our two-
plane wave tomography study. 
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Figure S4. (cont.) 
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Figure S4. (cont.) 
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Figure S5. The station/event interstation paths for each of the 14 periods used in our two-
plane wave tomography study. 
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Figure S5. (cont.) 
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Figure S5. (cont.) 
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Figure S6. Map of phase velocities for each of the 14 periods measured using the two-
plane wave tomography method. Velocities are shown as perturbations from the starting 
model used in the inversion with absolute velocities shown as contorted black lines. 
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Figure S6. (cont.) 
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Figure S6. (cont.) 
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Figure S7. Diagonal value of the R matrix for each layer and each 1-D grid point 
generated during our S-wave inversion. Colored boxes show mean values for a 10 km 
vertical bin width where warmer colors have a higher value.   
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Figure S8. The phase velocity RMS misfit at each 1-D location after our S-wave 
inversion. 
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Figure S9. 2-D horizontal S-wave velocity results for six depth slices shown as 
perturbations from the starting model from the alternate inversion method described in 
this supplementary section (starting model values for each depth slice is constant for the 
same depth slice shown). Red contour shows Slab 1.0 contours (Hayes et al., 2012) for 
each corresponding depth slice. Green (circles) earthquake locations are from Kumar et 
al. (2016) and blue (circles) earthquake locations are from Instituto Geofísico del Perú. 
Morphotectonic provinces from figure 1 are shown as blue dashed lines with the 
locations of three 1-D profiles (Fig. 4a-c) shown as yellow circles and the location of five 
2-D cross-section slices (Fig. S6) shown as black lines. NSA, Nazca slab anomaly; STA, 
sub-Moho slab transition anomaly; AA, sub-Moho Altiplano anomaly.    
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Figure S10. 2-D vertical S-wave velocity results for five cross-sections shown as 
perturbations from the starting model in the mantle and absolute velocity in the crust 
from the alternate inversion method described in this supplementary section. The Moho is 
shown as a thick black line (Fig. 2) and the Slab 1.0 contours (Hayes et al., 2012) are 
shown as a red line. Green (circles) earthquake locations are from Kumar et al. (2016) 
and blue (circles) earthquake locations are from Instituto Geofísico del Perú. NSA, Nazca 
slab anomaly; FA, sub-Moho forearc anomaly; STA, sub-Moho slab transition anomaly; 
SA, sub-Moho Subandean anomaly; AA, sub-Moho Altiplano anomaly.    
 
 
 
 
 
 
 
 
 
 
 
 
 
 



 

 171 

SUPPLEMENTAL REFERENCES 

Barmin, M.P., Ritzwoller, M.H., Levshin, A.L., 2001. A fast and reliable method for 

surface-wave tomography. Pure Appl. Geophys. 158 (8), 1351-1375. 

Hayes, G.P., Wald, D.J., Johnson, R.L., 2012. Slab1.0: a three-dimensional model of 

global subduction zone geometries. J. Geophys. Res. Solid Earth 117. 

http://dx.doi.org/10.1029/2011JB008524. 

Kumar, A., L. S. Wagner, S. L. Beck, M. D. Long, G. Zandt, B. Young, H. Tavera, and 

E. Minaya, 2016. Seismicity and state of stress in the central and southern 

Peruvian flat slab, Earth and Planetary Science Letters, 441, 71-80, 

doi:10.1016/j.epsl.2016.02.023. 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 



 

 172 

APPENDIX C: QUANTIFYING THE PLUTONIC TO VOLCANIC 

RELATIONSHIP ALONG THE PUNA PLATEAU: IMPLICATIONS FOR 

CORDILLERAN PLATEAU EVOLUTION 

 

Kevin M. Ward1, Jonathan R. Delph1, George Zandt1, Susan L. Beck1, and 

Mihai N. Ducea1 

 

1University of Arizona, Tucson, AZ, United States 

 

Prepared for submission to Geology, Summer 2016 

 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 



 

 173 

ABSTRACT 

The role of magmatic processes as a significant mechanism for high plateau 

formation in Cordilleran systems remains a lingering question in part because of the 

inherent difficulty in quantifying plutonic to volcanic (P:V) ratios. Despite this inherent 

difficulty, a growing body of independently measured P:V ratios (e.g. seismic 

tomography, geomorphic modeling, geological mapping/dating, and Zircon age spectra 

modeling) suggests the contribution of magmatic addition as an uplift mechanism in 

Cordilleran systems is much larger than is currently accepted. To better examine the role 

of magmatic processes in high plateau formation, we present a continuous high-resolution 

crustal seismic velocity model for an ~800 km section of the active South American 

Cordillera (Puna Plateau) generated from a newly developed inversion of surface 

(ambient noise tomography) and converted (receiver functions) seismic waves. 

Integrating our new velocity model with existing high-resolution topography, Bouguer 

gravity anomalies, dated ignimbrite deposits, and caldera locations allows us to calculate 

the volume of low-velocity zones that we interpret as plutonic bodies associated with the 

well-preserved and voluminous silicic volcanics of the Puna Plateau. Although the P:V 

ratios we estimate vary along the length of the Puna Plateau, all ratios at all scales 

(individual calderas to the entire Puna Plateau) are larger (>10:1) than those typically 

invoked (~5:1) to evaluate the role of magmatic processes in Cordilleran plateau 

formation. These larger P:V ratios are consistent with recent thermomechanical modeling 

of granitic magma intrusions that support the existence of long-lived, partially molten 

crustal magma reservoirs in continental arcs.  
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INTRODUCTION 

Quantifying well constrained P:V ratios is inherently difficult because the tectonic 

processes that exhume intrusive bodies rarely preserve their extrusive equivalents (Crisp, 

1984; Ducea et al., 2015). Conversely, active magmatic systems that have well-preserved 

volcanic deposits require sophisticated geophysical or geochemical approaches to 

estimate their plutonic roots (Schmitt et al., 2010) and even when these sophisticated 

approaches are available, it is not always clear what constitutes a plutonic volume 

(Pritchard and Gregg, 2016). Further complicating the enigmatic plutonic to volcanic 

relationship is the highly episodic nature of pluton emplacement where magmatic flare-

ups produce several orders of magnitude more magmatism when compared against 

magmatic lulls (Paterson and Ducea, 2015). However, constraining the plutonic to 

volcanic relationship, especially in active Cordilleran systems is essential to understating 

the growth of continental crust, evolution of Cordilleran high-plateaus, and volcanic 

hazards associated with active Cordilleran arcs (Bachmann et al., 2007).  

Until recently, limited and poorly constrained global averages (~5:1) of P:V ratios 

(White et al., 2006) have been used to investigate the role of magmatic processes in 

Cordilleran plateau formation leading most researchers to dismiss magmatic addition as a 

significant mechanism for high plateau formation in Cordilleran systems (e.g. 

Allmendinger et al., 1997; Giese et al., 1999; Kay et al., 2010; Freymuth et al., 2015). 

Challenging the currently accepted role of magmatic processes in Cordilleran plateau 

formation is a small but robust collection of studies that suggest P:V ratios in Cordilleran 

systems may be as high as 20-75:1 (Ward et al., 2014; Ducea et al., 2015; Paterson and 

Ducea, 2015; Tierney et al., 2016; Perkins et al., 2016). However, it remains unclear if 
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these studies can be generalized to represent type behavior in Cordilleran systems or 

result from the non-uniform sampling imposed by the ability to measure large P:V ratios 

in only a few select and potentially anomalous regions of the American Cordillera. To 

better examine the role of magmatic processes in building Cordilleran high plateaus, we 

image the crustal seismic shear-wave velocity for an ~800 km section (20.5°-28°S) of the 

active South American Cordillera (Puna Plateau). When placed in the context of existing 

geological and geophysical datasets, our seismic model reveals numerous mid-crustal 

low-velocity zones that we unambiguously interpret as the plutonic underpinnings 

associated with the voluminous silicic volcanics of the Puna Plateau.  

  

GEOLOGIC BACKGROUND  

Located along the active South American Cordillera, the Central Andean Plateau 

(CAP) is the largest orogenic plateau on Earth associated with long-lived subduction 

margin  (Allmendinger et al., 1997). Forming the western margin of the CAP, the modern 

frontal active volcanic arc (Western Cordillera) spans the entire length (14°-28°S) of the 

Central Volcanic Zone (CVZ) where a large regional Neogene magmatic flare-up has 

erupted typical arc stratovolcanic edifices, low-volume rhyodacitic to rhyolitic 

ignimbrites, and voluminous monotonous dacitic ignimbrites (Freymuth et al., 2015). 

Separating the low-relief internality-drained Altiplano basin (northern CAP) and the 

high-relief Puna Plateau (southern CAP) into distinct morphotectonic provinces is the 

Altiplano-Puna Volcanic Complex (APVC; Fig. 1A), the location (21°-24°S) of a 

particularly intense and recent episode (11-1 ma) of predominantly intermediate and 

silicic magmatism (de Silva, 1989; Salisbury et al., 2011; Kern et al., 2016), with lesser 
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amounts of basalts (Ducea et al., 2013). Further complicating the magmatic history of the 

Puna Plateau is an episode of flat-slab subduction that has swept southward across the 

Puna since ~18 Ma where its modern location has resulted in volcanic quiescence that 

delineates the southern terminus of the CVZ at ~27.5°S (Yáñez et al., 2001; Ramos and 

Folguera, 2009).  

The arid climate of the Puna Plateau has helped preserve >18,000 km3 of silicic 

volcanic deposits (Fig. 1B; Freymuth et al., 2015) allowing the spatial-temporal evolution 

of ignimbrite emplacement to be mapped in detail (Salisbury et al., 2011; Kern et al., 

2016). During the APVC ignimbrite flare-up episode (11-1 Ma), over 15,000 km3 of 

silicic volcanics were deposited blanketing an area of ~70,000 km2 (Kern et al., 2016). 

For the first half of the flare-up (11-6 Ma), ~25-30% of the total erupted ignimbrite 

volume was spatial restricted to distinct arc and backarc locations before concentrating 

along the arc axis for the remainder of the flare-up (Salisbury et al., 2011). Although 

smaller in erupted volume (~3,100 km3), the ignimbrites of the southern Puna (24°-28°S) 

resemble the spatial distribution mapped over the first-half of the APVC flare-up with 

distinct arc and backarc locations (Freymuth et al., 2015). Despite this wide spatial 

distribution, plateau ignimbrites display trace element ratios that indicate a clear arc 

affinity (Kay et al., 2010; Freymuth et al., 2015) and are dominantly calc-alkaline in 

composition with some of the older eastern (backarc) deposits exhibiting mild to strongly 

peraluminous compositions indicating a greater crustal melt contribution (Caffe et al., 

2002; Guzmán et al., 2011; Caffe et al., 2012). Magma mixing models constrain the 

crustal melt contribution of ignimbrites erupting through the thick crust (~70 km) of the 

Puna Plateau (Tassara and Echaurren, 2012) to range between 22-68% with a large 
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amount of the Puna ignimbrites exhibiting a roughly 1:1 crust to mantle melt provenance 

(Kay et al., 2010; Freymuth et al., 2015).  

 

SEISMIC MEASUREMENTS OF PLUTONIC VOLUMES 

Recent advances in crustal-scale seismic imaging have allowed the magmatic 

structure of active continental arcs to be imaged in unprecedented detail (e.g. Ward et al., 

2014; Obrebski et al., 2015; Delph et al., 2016). Building on local smaller-scale (<400 

km) seismic studies in the APVC (Ward et al., 2014) and southern Puna Plateau (Delph et 

al., 2016), we follow the method presented by Delph et al. (2015) to generate a 

continuous regional-scale seismic velocity model (Vs) for the entire ~800 km length of 

the Puna Plateau (horizontal depth slices are shown in the supplemental sections; Fig. S1-

S4). The nearly one-to-one spatial correlation we observe between the long-wavelength 

topography (Fig. 1C), ignimbrite deposits (Fig. 1B), long-wavelength Bouguer gravity 

anomalies (Fig. 1D), and mid-crustal low-velocity zones contained in our velocity model 

strongly argues for a plutonic interpretation. Five prominent low-velocity zones are 

highlighted in west-east cross-sections (Fig. 2) with correlations between Holocene 

volcanos, known ignimbrite source calderas, and INSAR measured vertical surface 

deformations centers (Pritchard and Simons, 2004) further supporting a 

magmatic/plutonic interpretation.           

Typical crystallized plutonic compositions (granite/granodiorite/tonalitic) have an 

isotropic shear-wave velocity around 3.6 km/s at standard pressures and temperatures 

(Christensen, 1996); however, uncertainties in composition, temperature, and seismic 

anisotropy can reduce this to as low as ~2.9 km/s over the depth range our low-velocity 
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zones occupy (see discussion in Ward et al., 2014). We therefore select the 2.9 km/s 

velocity contour as an upper limit when calculating the seismically imaged plutonic 

volume of our model as velocities below 2.9 km/s almost certainly contain some partial 

melt. This approach yields inherently conservative plutonic estimates as any crystallized 

plutonic volumes would be excluded from our estimates. Even with this restrictive 

definition, four distinct plutonic volumes are measured from north to south including (1), 

the Altiplano-Puna Magma Body (APMB; Fig. 2A) at ~520,000 km3, (2) the Lazufre 

Magma Body (LMB; Fig. 2B) at ~54,000 km3, (3) the Cerro Galan Magma Body 

(CGMB; Fig. 2C) at ~23,000 km3, and (4) the Incahousi Magma Body (IMB; Fig. 2D) at 

~12,000 km3. Velocities in the Incapillo-Bonete Magma Body (IBMB; Fig. 2E) are all 

greater than 2.9 km/s and thus, not included in our plutonic volume estimates. However, 

velocities as low as 3.1 km/s are observed in the IBMB at ~40 km below the surface and 

at this depth, such velocities probably require the presence of some partial melt. We note 

that although these crustal plutonic systems might better be described as crystal mush or 

magma reservoirs from a petrological viewpoint (Pritchard and Gregg, 2016), we retain 

the magma body nomenclature to avoid confusion with previous studies.               

 

PLUTONIC TO VOLCANIC RATIOS 

Having constrained the plutonic volumes associated with the major volcanic 

complexes of the Puna Plateau, we are able to calculate P:V ratios at progressively larger 

scales ranging from individual calderas to the entire Puna Plateau. At the individual 

caldera scale, the long-lived (2.56-5.60 Ma) Cerro Galan (Fig. 2C) silicic magmatic 

system has an erupted ignimbrite volume of 1,331 km3 (Folkes et al., 2011) from which 
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we calculate a ~17:1 P:V ratio. No volcanic volume estimates are available that can 

specifically be associated with the LMB (Fig. 2B) or IMB (Fig. 2D) magma reservoirs, 

thus the next largest scale we are able to calculate the P:V ratio for is the southern Puna 

Plateau (24°-28°S). An estimated 3,100 km3 of ignimbrites have erupted along the 

southern Puna (Freymuth et al., 2015) which includes the LMB, CGMB, and IMB 

magma reservoirs resulting in a ~29:1 P:V ratio. At roughly the same spatial scale as the 

southern Puna, the APVC ignimbrite flare-up episode (11-1 Ma) erupted over 15,000 

km3 of silicic volcanics accounting for nearly half of the ignimbrite volume deposited 

during the Central Andean regional Neogene magmatic flare-up (Freymuth et al., 2015; 

Kern et al., 2016) resulting in a ~35:1 P:V ratio. It is worth noting that Perkins et al. 

(2016) calculated the plutonic volume required to produce a ~1 km long-wavelength 

topographic dome observed in the APVC (Fig. 1C) using a buried load isostatic model, 

independently arriving at a plutonic volume (and P:V ratio) that is within ~7% of our 

seismically derived estimate. Over the final scale we are able to calculate P:V ratios, the 

entire Puna Plateau, we estimate a P:V ratio ~34:1 which compares extremely well to 

recent estimates (>30:1) for the Late Cretaceous Cordilleran flare-up in the Sierra Nevada 

arc (Paterson and Ducea, 2015).  

It is quite remarkable that the long-term P:V ratios measured at different scales 

along the Puna Plateau using completely independent methods group around similar 

ratios (~30:1) estimated for the Sierra Nevada Late Cretaceous Cordilleran flare-up. 

While it remains purely speculative if P:V ratios around 30:1 are fundamental 

characteristics of Cordilleran magmatic systems, it is clear that these ratios are much 

larger than those typicality invoked (~5:1) to evaluate the role of magmatic processes in 
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Cordilleran plateau formation. Quantifying the surface uplift associated with the P:V 

ratios presented here for the Puna Plateau is beyond the scope of this study, but recent 

topographic modeling in the APVC suggests it might locally be quite large (~1 km; 

Perkins et al., 2016).     

 

IMPLICATIONS FOR THE MAGMATIC EVOLUTION OF THE PUNA 

PLATEAU 

The main driving mechanism responsible for the magmatic flare-up in the Puna 

Plateau is thought to be the southward passage of flat-slab subduction, subsequent re-

steepening of the slab, and associated lithospheric delamination (Kay and Coira, 2009; 

Beck et al., 2015). Numerous systematic relationships observed in our seismic velocity 

model supports a southward migrating magmatic flare-up mechanism. For example, the 

volumes of low-velocity zones associated with magmatic reservoirs monotonically 

increases from south to north across the Puna Plateau while the lowest velocities 

observed in the core of any reservoir progressively decreases (Fig. 3). In addition, the 

depths (b.s.l.) at which the lowest velocity (center of low-velocity zone) is imaged in 

each of the five low-velocity zones highlighted in this study (IBMB 33 km; IMB 20 km; 

CGMB 18 km; LMB 16 km; and APMB 11 km) systematically shallows from south to 

north (Fig. 2). At smaller scales, the minimum velocities we observe within the APMB 

low-velocity zone are asymmetrically distributed with the youngest ignimbrite deposits in 

the APVC (<2 Ma) located above the lowest velocities imaged in the magma reservoir 

(Fig. 3). This suggests the ~200 km diameter APMB low-velocity zone is internally 
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complex likely reflecting the episodic and incremental assembly of individual plutons (de 

Silva and Gosnold, 2007).  

Although our seismic velocity model only reveals the current magmatic state of 

the crust in the Puna, the unique southward migration of the mechanism responsible for 

the magmatic flare-up allows us to interpret along-strike variations as different stages in 

the magmatic evolution of the Puna Plateau. We evaluate the predictive power of our 

velocity model to infer the future magmatic evolution of the southern Puna Plateau by 

subdividing the extremely detailed spatial-temporal record of ignimbrite emplacement 

(Fig. 1B) mapped across the APVC and southern Puna (Kay and Coira, 2009; Salisbury 

et al., 2011; Kern et al., 2016) into three distinct spatial configurations (Fig. 4). Using the 

plutonic volumes imaged from our velocity model as a proxy for the spatial distribution 

of future ignimbrite eruptions (Fig. 4E-F), numerous spatial-temporal similarities are 

observed between the evolution of the APVC magmatic flare-up and the augmented 

magmatic history (Fig. 4) inferred for the southern Puna. We therefore suggest the crust 

in the APVC represents a thermally evolved version of the southern Puna crust, which is 

consistent with the multi-stage conceptual model of continental arc evolution inferred 

from recent numerical simulations of multiple pulsing and dike/diapir intrusions of 

granitic magma into the continental crust (Cao et al., 2016).  

In this scenario the sequence of south to north cross-sections (Fig. 2) illustrate the 

progression of magmatic evolution in a thermally warming and tectonically widening 

thickened crust. Starting with a narrow and relatively cool thick crust at 28°S (Fig. 2E) 

the main crustal magma body is situated in the lower part of the crust beneath the arc and 

nearly spherical in shape. The southern Puna cross-sections (Fig. 2B-D) reveal a wider 
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thick crust with multiple, more sill-like magma bodies situated in both the lower and 

upper crust. At the northern end of the Puna, presumably with the most thermally evolved 

crust, the upper crustal magma bodies have amalgamated into a single, shallow, ~200 km 

wide, sill-like magma reservoir with the slowest observed seismic velocities underlying 

the area with the most voluminous and long-lived volcanism in the APVC (Fig. 3). A 

corollary of this interpretation is that silicic magmatism in the southern Puna will 

eventually resemble the APVC ignimbrite flare-up episode (Fig. 4). 
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FIGURES 
 

 
 

Figure 1. A: Study area map within the Central Andean Plateau (CAP; <3 km masked) 
with the Altiplano-Puna Volcanic Complex (APVC) separating the Altiplano basin 
(northern CAP) and the high-relief Puna Plateau (southern CAP). Blue triangles show 
Holocene age volcanism of the Central Volcanic Zone (CVZ), gold circles show known 
ignimbrite eruption calderas, and inverted orange triangles show INSAR measured 
vertical surface deformations centers (Pritchard and Simons, 2004). B: Distribution of 
Neogene ignimbrite deposits; black lines show the location of transversal lineaments 
(Gioncada et al., 2010; Freymuth et al., 2015). C: Long-wavelength (>50 km) 
topography. D: Long-wavelength (>50 km) Bouguer gravity anomalies (Bonvalot et al., 
2012). 
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Figure 2. A-E: West-east cross-sections through our shear-wave velocity model with the 
locations shown in the lower right corner. Red triangles show Holocene age volcanism of 
the Central Volcanic Zone (CVZ), gold circles show known ignimbrite eruption calderas, 
inverted orange triangles show INSAR measured vertical surface deformations centers, 
and white lines are the Moho (Pritchard and Simons, 2004; Tassara and Echaurren, 
2012). Vertically exaggerated (3:1) unfiltered topography is filled with Bouguer gravity 
anomalies (Bonvalot et al., 2012). The labels APMB (Altiplano-Puna Magma Body), 
LMB (Lazufre Magma Body), CGMB (Cerro Galan Magma Body), IMB (Incahousi 
Magma Body), and IBMB (Incapillo-Bonete Magma Body) correspond to imaged 
magma reservoirs discussed in the text. 
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Figure 3. Along-strike spatial distribution of individual dated ignimbrite volumes 
(horizontal bars), Holocene age volcanism (red triangles), known ignimbrite eruption 
calderas (gold circles), INSAR measured vertical surface deformations centers (inverted 
orange triangles), compared against our seismic volumes enclosed by different velocity 
contours in 0.1° bins (Bonvalot et al., 2012) and references therein). The labels APMB 
(Altiplano-Puna Magma Body), LMB (Lazufre Magma Body), CGMB (Cerro Galan 
Magma Body), IMB (Incahousi Magma Body), and IBMB (Incapillo-Bonete Magma 
Body) correspond to imaged magma reservoirs discussed in the text. 
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Figure 4. A-C: The spatial-temporal evolution of ignimbrite emplacement (Bonvalot et 
al., 2012 and references therein) during the Altiplano-Puna Volcanic Complex (APVC) 
ignimbrite flare-up episode (11-1 Ma) with blue triangles showing Holocene age 
volcanism and inverted orange triangles show INSAR measured vertical surface 
deformations centers (Pritchard and Simons, 2004). D-E: The spatial-temporal evolution 
of ignimbrite emplacement for the southern Puna. F: Horizontal 18 km depth slice 
through our velocity model showing the lateral extent of interpreted magma reservoirs 
projected onto panel E. The labels LMB (Lazufre Magma Body), CGMB (Cerro Galan 
Magma Body), and IMB (Incahousi Magma Body) correspond to imaged magma 
reservoirs discussed in the text. 
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SUPPLEMENTAL FIGURES 
 

 
 
Figure S1. Additional horizontal map slices through the shear-wave velocity model at 5, 
10, and 15 km depth (b.s.l.). Blue triangles show Holocene age volcanism of the Central 
Volcanic Zone (CVZ), gold circles show known ignimbrite eruption calderas, inverted 
orange triangles show INSAR measured vertical surface deformations centers, and black 
lines show the location of transversal lineaments. 
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Figure S2. Additional horizontal map slices through the shear-wave velocity model at 20, 
25, and 30 km depth (b.s.l.). Blue triangles show Holocene age volcanism of the Central 
Volcanic Zone (CVZ), gold circles show known ignimbrite eruption calderas, inverted 
orange triangles show INSAR measured vertical surface deformations centers, and black 
lines show the location of transversal lineaments. 
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Figure S3. Additional horizontal map slices through the shear-wave velocity model at 35, 
40, and 45 km depth (b.s.l.). Blue triangles show Holocene age volcanism of the Central 
Volcanic Zone (CVZ), gold circles show known ignimbrite eruption calderas, inverted 
orange triangles show INSAR measured vertical surface deformations centers, and black 
lines show the location of transversal lineaments. 
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Figure S4. Additional horizontal map slices through the shear-wave velocity model at 50, 
55, and 60 km depth (b.s.l.). Red triangles show Holocene age volcanism of the Central 
Volcanic Zone (CVZ), gold circles show known ignimbrite eruption calderas, inverted 
orange triangles show INSAR measured vertical surface deformations centers, and black 
lines show the location of transversal lineaments. 


