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ABSTRACT
Sea level rise (SLR) threatens coastal communities, infrastructure, and ecosystems.
Worldwide, stakeholders critically depend on SLR projections with the associated uncertainty for
risk assessments, decision-making and coastal planning. Recent research suggests that the
Antarctic ice sheet mass loss during the 21st century may contribute up to an additional one meter
of global SLR by year 2100. While uncertainty still exists, this value would double the ‘likely’
(> 66% probability) range of global SLR (0.52-0.98 m) by the year 2100, as found by Chapter 13
on Sea Level Change in the Fifth Assessment Report by the Intergovernmental Panel on Climate
Change. Here, we present three studies that assess mechanisms relevant to 21st century local,
regional, and global SLR. Appendix A examines the effect of large-scale oceanic and
atmospheric circulation variability on extreme sea levels along the East Coast of North America.
Appendices B and C analyze ocean warming on the Antarctic shelf and its implications for future
ice shelf basal melt and Antarctic Ice Sheet mass loss. These studies will contribute to more
accurate projections of local, regional, and global SLR.
In Appendix A, we analyze long-term tide gauge records from the North American
eastern seaboard and find an extreme SLR event during 2009-2010. Within this two-year period,
coastal sea levels spiked between Montauk, New York and Southern Canada by up to 128 mm.
This two-year spike is unprecedented in the tide gauge record and found to be a 1-in-850 year
event. We show that a 30% reduction in strength of the Atlantic meridional overturning
circulation (AMOC) and a strong negative North Atlantic Oscillation (NAO) index caused the
extreme SLR event. Climate models project that the AMOC will weaken and NAO variability
will remain high over the 21st century. Consequently, extreme SLR events on the Northeast
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Coast could become more frequent during the 21st century in response to climate change and
SLR.
In Appendix B, we use a fine-resolution global climate model (GFDL CM2.6) that
resolves an eddying ocean. With this state-of-the-art coupled model, we quantify the mechanisms
contributing to ocean warming on the Antarctic continental shelf in an idealized experiment of
doubling of the atmospheric CO2 concentration. The results show that the CO2 forcing leads to
the shelf region warming both in the upper 100 m ocean and at depths near the sea floor. These
warming patterns are controlled by different mechanisms. In the upper 100 m, the heat anomalies
are primarily controlled by increased heat transport into the shelf region associated with the
warmer near-surface waters from lower latitudes. Below 100 m, the heat anomalies develop due
to increased onshore intrusions of relatively warm Circumpolar Deep Water and reduced vertical
mixing of heat in the water column. A complete heat budget analysis is performed for the
Antarctic shelf region as well as for six subdomains and three depth ranges (0-100 m, 100-700
m, and 700-1000 m). The results show that certain regions of the Antarctic shelf are more
susceptible to large CO2-forced warming. These findings have implications for future Antarctic
Ice Sheet mass loss and SLR, and can provide more detailed and accurate ocean boundary
conditions for dynamical ice sheet models.
In Appendix C, we use CM2.6 to examine the connections among ocean freshening and
the magnitude and location of ocean warming on the Antarctic shelf. We find that CO2 forcing
freshens the Antarctic shelf seas via increases in local precipitation, sea ice loss, liquid runoff,
and iceberg calving. The freshening induces three heat budget-relevant responses: (1) reduced
vertical mixing; (2) strengthening of the Antarctic Slope Front (ASF); and (3) increased eddy
kinetic energy (EKE) near the ASF. First, heat can accumulate at depth (100-1000 m) as

11

freshening increases the vertical stratification on the shelf and reduces upward mixing of heat
associated with diffusion and convective processes. Second, freshening near the shelf break
strengthens the ASF by increasing the lateral density gradient and by steepening and deepening
the associated isopycnals. This response limits cross-ASF onshore heat transport at many
locations around Antarctica. Third, EKE increases near the ASF may contribute to shelf warming
by increasing cross-ASF onshore eddy heat transport. These results demonstrate the importance
of shelf freshening to the development of positive heat anomalies on the Antarctic shelf. The
findings provide new insight to the location of future shelf warming and ice shelf basal melting
as well as provide significant information for projecting regional and global SLR.
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INTRODUCTION
0.1 Motivation
Global mean sea level (GMSL) has risen by over 18 cm since 1900, and the sea level rise
rate has increased from 1.2 mm yr-1 between 1901 and 1990 to 3.3 mm yr-1 between 1993 and
2014 and continues to accelerate [Church et al., 2013; Hay et al., 2015; Chen et al., 2017]. Ocean
thermal expansion, melting of glaciers and ice caps, loss of groundwater and storage, and mass
loss of the Antarctic and Greenland ice sheets all contribute to GMSL rise. From 1961-2008, the
loss of glaciers and thermal expansion each explain about one-third of the GMSL budget with
the remaining GMSL budget consisting of Greenland and Antarctic ice sheet mass loss and
reduction of water storage on land [Church et al., 2011; Church et al., 2013]. However, ice sheet
mass loss is projected to increase and thereby dominate the sea level rise (SLR) budget by the
end of this century [Rignot et al., 2011; Winkelmann et al., 2015]. According to a recent study by
DeConto and Pollard [2016], under RCP8.5 climate forcing the projected Antarctic contribution
to GMSL by the end of this century is 1.05 m ± 0.30 m. This updated estimate of the contribution
to GMSL from Antarctica is mainly due to improved understanding of Antarctic ice shelf calving
and basal melting [DeConto and Pollard, 2016]. Nauels et al. [2017] pointed out that the updated
Antarctic contribution to the GMSL budget will double the upper limit of the RCP8.5 ‘likely’
(>66% probability) projected GMSL rise (0.52-0.98 m) by the year 2100 as provided by Chapter
13 on Sea Level Change in the Fifth Assessment Report by the Intergovernmental Panel on
Climate Change [Church et al., 2013].
The projected rise of GMSL provides a baseline estimate of sea level change for the
global coastline. However, local and regional SLR exhibit a significant degree of spatial
variation [Milne et al., 2009; Stammer et al., 2013]. Mass redistribution between the cryosphere
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and ocean [Mitrovica et al., 2009]; glacial isostatic adjustment from past and future cryosphere
changes [Peltier, 2004]; vertical land motion due to groundwater or hydrocarbon withdrawal and
sediment compaction [Miller et al., 2013]; and ocean dynamics, heat content, and salinity
changes [Yin et al., 2009; Yin et al., 2010] all contribute to local SLR projections. Much effort
has been made to reduce the uncertainty for each SLR component in order to develop
comprehensive SLR projections, especially on local and regional scales, that can be used for risk
analysis and decision making [Kopp et al., 2014].
0.2 Overview of Appendices
Here, we feature three studies that advance understanding of present and future sea level
trends as well as examine the mechanisms driving Antarctic ice shelf melt (along with its impact
on SLR). The work provides several CO2-forced sea level-relevant responses that can be used to
inform local, regional, and global sea level rise projections. The first study presents oceanic and
atmospheric drivers of an extreme sea level rise event in 2009-2010 along the East Coast of
North America [Goddard et al., 2015]. The second study analyzes the heat budget and ocean
temperature changes on the Antarctic shelf in an idealized experiment of the doubling of
atmospheric CO2 concentrations from pre-industrial levels [Goddard et al., 2017]. The third
study advances our Antarctic heat budget analysis by including the role of CO2-forced shelf
freshening in the development and distribution of heat anomalies on the shelf [Goddard et al.,
2017]. These three studies highlight critical oceanic-atmospheric-cryospheric processes that are
essential to understanding and projecting local, regional, and global SLR.
0.2.1 Overview of Appendix A
The research on the North American East Coast sea level is motivated by recent sea level
change attribution studies and new observations of the Atlantic meridional overturning
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circulation (AMOC) from the UK RAPID program. These attribution studies include
reconstructions of paleo-sea level trends [e.g., Kemp et al., 2009; Engelhart et al., 2011; Cronin
et al., 2014], explanations of recent accelerated SLR in the Mid-Atlantic and Northeast regions
[e.g., Sallenger et al., 2012; Boon, 2012; Ezer and Corlett, 2012; Kopp, 2013], and future SLR
projections [e.g., Yin, 2012; Kopp et al., 2014; Little et al., 2015; Sweet et al., 2017].
Yin and Goddard [2013] highlight the importance of ocean dynamics in explaining future
SLR in the North Atlantic and along the East Coast. We find that in response to 21st century
climate forcing, the heating and freshening in the North Atlantic subpolar gyre will reduce the
density gradient across the Gulf Stream and weaken the transport of the AMOC. The enhanced
buoyancy of the subpolar gyre also creates a cross-continental shelf steric sea level gradient that
leads to coastal SLR north of Cape Hatteras, North Carolina. In sum, a strong negative
relationship exists between the strength of the AMOC and the sea levels on the Northeast Coast.
This result agrees with findings from Landerer et al. [2007], Yin et al. [2009], and from our more
recent work, Griffies et al. [2014]. We apply this result in Appendix A.
In Appendix A, we use tide gauge, altimetry, and global climate model data to study an
extreme SLR event along the Northeast Coast of North America during 2009-2010 [Goddard et
al., 2015]. A composite mean of eighteen tide gauge stations from Montauk, New York to
southern Canada recorded a yearly SLR rate of 46.9 mm yr-1 from 2009 to 2010. This rate is
greater than three standard deviations above the ~90-year mean rate for this region and is found
to be a 1-in-850 year event. We attribute the extreme event to a 30% downturn of the AMOC
(via dynamics described in Yin and Goddard [2013]), and to wind stress anomalies associated
with a significant negative North Atlantic Oscillation index. A negative phase North Atlantic
Oscillation (NAO) increases sea level on the Northeast Coast via reduced local sea level pressure
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and alongshore northeasterly winds that push waters towards the coast through the Ekman
transport. Although the negative phase NAO certainly contributes to the 2009-2010 extreme
event, we find that the 30% downturn in the AMOC strength recently observed by the UK
RAPID program is a critical factor for sea levels to show such a significant sea level spike.
Appendix A reveals an important difficulty for reducing local and regional SLR
uncertainty: What is the best method for incorporating dynamical changes, such as the response
of Northeast Coast sea levels to AMOC and NAO variability, into the local and regional SLR
projections? Though AMOC and NAO are inherently linked [Bryden et al., 2014], past studies
attribute Northeast Coast SLR and variability either to atmospheric variability (e.g., wind
strength, wind direction, and sea level pressure) [Andres et al., 2013; Li et al., 2014; Woodworth
et al., 2014; Piecuch et al., 2015; Piecuch et al., 2016] or to oceanic variability (e.g., AMOC,
ocean heat content, ocean salinity) [Levermann et al., 2005; Landerer et al., 2007; Yin and
Goddard, 2013; Kopp, 2013; Ezer, 2015]. However, recent work by Little et al. [2017]
distinguishes East Coast sea level variability during the 1920-2010 period as being best
described by local wind variability, while the sea level variability over the 21st century as being
best described by AMOC weakening. Their work clarifies the relative role of wind forcing and
ocean dynamics to Northeast Coast SLR and reaffirms the importance of 21st century AMOC
weakening [Weaver et al., 2012] when calculating local and regional SLR projections.
0.2.2 Overview of Appendix B
In addition to regional oceanic and atmospheric dynamics, East Coast sea levels will be
affected by Antarctic Ice Sheet mass loss which has the potential to cause substantial GMSL rise
(~ 1 m) by the end of this century [Kopp et al., 2014; DeConto and Pollard, 2016]. Moreover,
abrupt ice sheet collapse, or Marine Ice Sheet Instability [Mercer, 1978; Schoof, 2007; Favier et
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al., 2014; Wise et al., 2017], may lead to greater than 10 m global SLR over the next few
centuries [Winkelmann et al., 2015; Golledge et al., 2015; DeConto and Pollard, 2016]. In
addition to GMSL rise, the transfer of mass from Antarctica into the world ocean alters the
Earth’s rotation and geoid, resulting in a regionally varying sea level signal [Mitrovica et al.,
2009]. For example, mass loss of the West Antarctic Ice Sheet contains a sea level “fingerprint”
that includes a 20-30% greater SLR response along the Northeast Coast of United States than the
GMSL response to Antarctic ice sheet mass loss [Mitrovica et al., 2009].
Ice shelf basal melt is currently the primary cause of ice shelf retreat and Antarctic Ice
Sheet mass loss [Pritchard et al., 2012; Rignot et al., 2013]. In recent decades, the Southern
Ocean has taken up more heat and warmed faster than other ocean regions [Levitus et al., 2012].
Notably, heating occurs at intermediate depths where relatively warm and saline Circumpolar
Deep Water (CDW) can penetrate the shelf and warm the water near Antarctica’s ice shelves
[Schmidko et al., 2014]. In Appendix B, we investigate this mechanism and other mechanisms
responsible for CO2-induced shelf warming using a fully coupled global climate model with an
eddying ocean.
Mesoscale eddy activity is an important driver of heat transport from the relatively warm
offshore CDW to the shelf [e.g., Nøst et al., 2011; Hattermann et al., 2015; Stewart and
Thompson, 2015; Stewart and Thompson, 2016]. The climate model used in Appendix B, GFDL
CM2.6, has a fine ocean grid resolution that captures a robust mesoscale eddy field near the
Antarctic shelf break [Delworth et al., 2012]. Therefore, using CM2.6 enables an investigation of
the role of onshore eddy heat transport and other fine-scaled features in the Antarctic shelf region
heat budget. Moreover, as a fully-coupled global climate model, CM2.6 represents dynamic
feedbacks between the eddying ocean and other climate components, allowing a comprehensive
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analysis of the decadal response of the Antarctic shelf region to an idealized CO2 forcing.
Previous model studies of mesoscale eddy heat transport and Antarctic shelf warming either
focused on a specific region of the shelf or used an idealized model domain [e.g., Dinniman et
al., 2011; Nøst et al., 2011; St-Laurent et al., 2013; Hattermann et al., 2014; Stewart and
Thompson, 2015; Stewart and Thompson, 2016]. Therefore, these studies lacked important
feedbacks otherwise represented in a global coupled climate model.
Our results show that an idealized doubling of atmospheric CO2 concentrations leads to
the Antarctic shelf region warming by 0.56°C [Goddard et al., 2017]. This value is generally
consistent with results from climate models with a coarser ocean grid spacing [e.g., Yin et al.,
2011]. However, CM2.6 better simulates the spatial variability of the temperature anomalies,
permitting a study of the mechanistic contributions to variable shelf warming. For example,
seawater on the shelf in the Ross Sea sector warms by 0.98°C while the sector including the
Amundsen and Bellingshausen Seas only warms by 0.42°C. In Appendix B, we track heat
anomalies onto and across the shelf in order to understand such spatial heterogeneity of the shelf
warming. These results will prove useful to calculations of basal melt rates for the Antarctic ice
shelves. In turn, our results will help constrain uncertainties regarding 21st century Antarctic ice
sheet mass loss and the associated GMSL rise and regional SLR.
0.2.3 Overview of Appendix C
While analyzing the Antarctic shelf region heat budget discussed in Appendix B, we
discovered that CO2-forced shelf freshening precedes the development of warm anomalies and
that shelf freshening may affect the magnitude and location of warm anomalies. Appendix C
considers three mechanisms by which Antarctic shelf freshening can influence shelf warming.
The three mechanisms are associated with: (1) reduced vertical mixing of heat, (2) the
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strengthening of the Antarctic Slope Front (ASF), and (3) increased eddy kinetic energy (EKE)
near the ASF.
The ASF is characterized by steep isopycnals that tilt towards downwards towards the
continental slope [Gill, 1973; Jacobs, 1991]. The tilt results from coastal Easterly wind stress that
causes Ekman downwelling of cold and relatively fresh water above the shelf. The density front
can act as a natural barrier between the relatively warm and saline CDW and the waters on the
Antarctic shelf [Whitworth et al., 2008]. Yet, heat associated with the CDW may penetrate the
shelf where isopycnals connect the shelf waters and the CDW below the core of the ASF [e.g.,
Hattermann et al., 2014; Stewart and Thompson, 2015; Stewart and Thompson, 2016]. At these
locations, the warm CDW flows onto the shelf floor below the overlying cold shelf waters.
The Southern Ocean surface and subsurface has freshened since 1950 [Durack et al.,
2010]. Near Antarctica, upper ocean freshening is attributed to increased precipitation rates
[Marsland and Wolff, 2001; Liu et al., 2004] or elevated freshwater flux from the ice shelves
[Bintanja et al., 2013; Swart and Fyfe, 2013]. This near-surface freshening is shown to reduce
surface density, stratify the water column, and limit vertical heat convection [e.g., Aiken and
England, 2008; Bintanja et al., 2013; Morrison et al., 2015]. While these studies focus on salinity
and temperature changes in the Southern Ocean interior, in Appendix C we focus on changes
occurring above the Antarctic shelf. We find that shelf freshening can reduce upward vertical
mixing of heat associated with the CDW and lead to relatively large warm anomalies at depths
that are critical to ice shelf basal melt [Goddard et al., 2017].
We also find that at locations where shelf freshening penetrates at depth to the shelf
break, the lateral density gradient across the ASF enhances and the associated isopycnals steepen
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and deepen. This response eliminates connecting isopycnals between the shelf waters and CDW,
and effectively prevents onshore eddy heat transport at many locations along the Antarctic shelf
break [e.g., Isachsen, 2011; Stewart and Thompson, 2015]. This freshening-induced isopycnal
alteration can determine the location and magnitude of onshore cross-ASF heat transport
[Goddard et al., 2017].
Observations show that increased freshwater discharges from outlet glaciers in the
Amundsen Sea are freshening the Ross Sea shelf [e.g., Jacobs et al., 2002; Rintoul, 2007;
Menezes et al., 2017]. Our model results indicate similar processes also lead to freshening above
the Ross Sea shelf. We find that the freshening reduces vertical mixing of heat and initiates more
cross-ASF onshore heat transport. These changes result in large (> 1°C) warm anomalies below
100 m [Goddard et al., 2017]. If the warm anomalies reach the Ross Sea ice shelf from below,
basal melting would occur at high rates.
Additionally, according to a recent modeling study, CO2 forcing will lead to freshening
above the Weddell Sea shelf [Hellmer et al., 2017]. The freshening causes circulation change and
reduces vertical mixing of heat, increasing the amount of CDW on the shelf and enhancing basal
melting of the Filchner-Ronne Ice Shelf. Although our results show a large freshening above the
Weddell Sea shelf, the warming anomalies are relatively small [Goddard et al., 2017].
The simulated CO2-forced freshening and large warming of the Ross Sea shelf [Goddard
et al., 2017] and Weddell Sea shelf [Hellmer et al., 2017] highlight the potential for high basal
melting rates of the two largest Antarctic ice shelves by the end of the century. However, more
studies are necessary to sufficiently understand these potential climate tipping points.
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Nonetheless, these studies establish the importance of shelf freshening to shelf warming, and the
results are valuable to 21st century global and regional SLR projections.
0.3 Implications
Here we have used tide gauge, altimetry, and climate model data to investigate the
mechanisms relevant to SLR in the past, present, and future. In Appendix A, we highlighted the
role of large ocean circulation (AMOC) and atmospheric variability (NAO) in explaining local
and regional sea level variability along East Coast of North America. This work emphasizes the
importance of considering the ocean-atmosphere dynamical response to CO2 forcing while
projecting local and regional SLR. Yet, one of the largest sources of future SLR, along the East
Coast and globally, will likely be Antarctic Ice Sheet mass loss [DeConto and Pollard, 2016;
Wise et al., 2017].
To further examine Antarctic Ice Sheet mass loss due to climate change, we have used a
climate model with an eddying ocean to examine Antarctic shelf warming and freshening under
an idealized doubling of CO2 forcing (Appendix B, Appendix C). We investigated CO2-enhanced
heat transport into and across the Antarctic shelf region and showed that freshening mechanisms
can influence net heating on the shelf. The magnitude and spatial distribution of the shelf
temperature anomalies can inform projections of ice shelf basal melt, ice sheet mass loss, and
global and regional SLR. Previous research showed that the East Coast of the United States
could experience a 20-30% more SLR than the global mean due to the Antarctic ice sheet melt
[Mitrovica et al., 2009].
Specifically, our results can inform updated SLR projections and uncertainties for the
East Coast of the United States (U.S.). Forty-two million people live within U.S. counties that
border the Atlantic Ocean and its tributaries [Wilson and Fischetti, 2010]. A 21st century SLR of
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1-2 meters will displace several million U.S. East Coast residents [Sweet et al., 2017; Hauer et
al., 2017] and threaten centers of commerce, industry, and government [Parris et al., 2012; Hall
et al., 2016] unless adaptation actions are taken [Hinkel et al., 2014]. Due to the potential
economic and social consequences of SLR, it is essential that scientists continually update and
improve SLR projections and uncertainties. The sea level chapter in the latest Intergovernmental
Panel on Climate Change (IPCC) global climate assessment report released in 2013 projected
minimal sea level contributions from Antarctica during the 21st century. Our research reveals
locations where the Antarctic ice shelves and ice sheets are most vulnerable to CO2-forced
warming during the 21st century and our results could be used to inform the next IPCC chapter
on SLR. Stakeholders depend on reliable SLR projections with sufficient information related to
the uncertainties in order to make informed decisions [Kopp et al., 2014]. The three appendices
presented here and their published complements, Goddard et al. [2015] and Goddard et al.
[2017], can improve SLR projections by refining our understanding of oceanic-atmosphericcryospheric interactions and feedbacks that impact local, regional, and global sea level rise.
0.4 Future Directions
As mentioned at the end of Section 0.2.1, Little et al. [2017] show that the interannual sea
level variability along the U.S. Northeast Coast from 1920 to 2010 is dominated by alongshore
wind stress variability, with the AMOC variability explaining only a small fraction of the sea
level variance. However, their climate model ensemble (40 members) does not include an
interannual extreme AMOC weakening event such as the observed 30% (or -5.6 Sv) downturn of
the AMOC in 2009-2010 [McCarthy et al., 2012]. By this metric, the model ensemble used in
Little et al. [2017] does not capture observed interannual AMOC variability. Thus, there remains
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an important scientific question: How does one quantify the Northeast Sea Level response to
interannual fluctuations in AMOC strength?
First, we note that the recorded AMOC strength from the RAPID-MOC program
[Cunningham et al., 2007] results from the sum of multiple circulation components across the
Atlantic Ocean at 26°N. These transports include: the northward Gulf Stream transport through
the Florida Straits, the northward Ekman transport driven by the easterly Trade Winds, the
northward transport of Antarctic Bottom Water below 5000 m, the southward upper mid-ocean
return flow as part of the Subtropical Gyre, and the southward transport of North Atlantic Deep
Water (NADW) flowing southward adjacent to the U.S. shelf slope within the Deep Western
Boundary Current (DWBC). Yet, to calculate the ratio between changes in Northeast Coast sea
level and circulation the most important AMOC component is the DWBC. Weakening of the
DWBC reduces the transport of cold dense NADW southward. As a response, heat builds up in
the DWBC and induces a steric SLR within the water column located adjacent to the Northeast
continental shelf [Yin et al., 2009]. The result is a sharp steric sea level gradient across the shelf
break which is not maintained by a geostrophic current. To ease the large dynamic sea level
gradient, a compensating mass transport of seawater moves from the interior of the ocean onto
the Northeast continental shelf resulting in coastal dynamic SLR.
What I propose for future work is to calculate the transport of and heat anomalies within
the DWBC on interannual timescales as well as the induced steric sea level of the local water
column and the cross-shelf steric sea level gradient using climate model, reanalysis, and
observation data. Knowing the steric sea level gradient allows the calculation of mass-induced
SLR on the shelf necessary to flatten the dynamic sea level gradient. In this manner, one could
distinguish sea level changes induced by wind stress, atmospheric pressure, or ocean circulation.
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Furthermore, understanding the interannual variability of Northeast Coast sea level due to
changes in the DWBC is essential to establishing the probability of extreme SLR events (similar
to the observed 2009-2010 event [Goddard et al., 2015]) in the future. Both the DWBC and
AMOC as a whole are projected decline in the 21st century in response to greenhouse-gas forcing
[Weaver et al., 2012]. However, the interannual variability of this decline and its implications for
extreme SLR events on annual timescales are studied insufficiently in the literature. Such
analyses will improve projections and risk analysis of Northeast Coast extreme SLR events
superimposed on the projected long-term sea level trend for the 21st century.
Appendices B and C show that CO2-forced Antarctic shelf warming, and associated heat
budget changes, are directly influenced by the contemporaneously freshening of the shelf waters
(also see Goddard et al. [2017]). Here, I propose a research platform that facilitates further
understanding of the relationship between shelf warming and shelf freshening.
Significant CO2-forced surface shelf freshening (a reduction of salinity by about 0.20
psu), which extends laterally to the shelf break location and reaches depths at or below the shelf
break, will enhance the lateral density gradient of the Antarctic Slope Front (ASF) [Goddard et
al., 2017]. The strengthened ASF can act as barrier to along isopycnal onshore heat transport
from the relatively warm and saline CDW to the shelf [e.g., Isachsen, 2011; Stewart and
Thompson, 2015]. However, shelf freshening-induced mechanisms also drive shelf warming.
For example, surface freshening reduces upward vertical mixing of heat producing warm
anomalies at depth above the shelf floor [Goddard et al., 2017]. Additionally, shelf freshening
increases eddy activity at the ASF which drives enhanced onshore eddy heat transport (though
further analysis akin to Nøst et al. [2011] and Stewart and Thompson et al. [2016] is needed, see
Appendix C.5).
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Therefore, I propose future research to establish the temporal relationship between shelf
freshening and shelf warming. Specifically, how fast do the fresh anomalies need to develop at
the shelf break in order for the isopycnal barrier to be set before the freshening-induced shelf
warming mechanisms can develop. For example, if onshore CDW transport begins to increase
before the freshening anomalies reach the shelf break (where CDW enters the shelf region) then
the deep freshening signal will be neutralized by the onset of saline CDW and heat will continue
to flow towards the shelf uninhibited. Thus, a temporal analysis (at monthly to daily timescales)
of salinity, temperature, and density changes along the full length of the ASF is needed in order
to evaluate the conditions necessary for the ASF to act as a barrier to onshore heat transport.
Furthermore, the numerical modeling studies of Nøst et al. [2011] and Stewart and Thompson et
al. [2016] detail that shelf freshening increases local buoyancy and available potential energy,
with the latter driving increased eddy kinetic energy and onshore eddy heat transport near the
shelf break. The proposed research will also include a detailed analysis of the Antarctica’s shelf
energy budget using CM2.6 results. Through this analysis, we can establish whether the
increased onshore heat transport is attributable to the energy budget mechanisms discussed in
Nøst et al. [2011] and Stewart and Thompson et al. [2016] and, whether the onset of increased
onshore heat transport occurs before freshening can fortify the ASF.
This research will advance the Goddard et al. [2017] examination of the spatial
heterogeneity of CO2-forced warming on the Antarctic shelf by increasing the knowledge of the
temporal and spatial relationships between shelf warming and shelf freshening. Furthermore,
understanding the magnitude of shelf freshening it takes to impact onshore heat transport in
CM2.6 has major implications for predicting and projecting Antarctic ice shelf basal melting and
ice sheet mass loss. Establishing an observable freshening threshold across the Antarctic shelf
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will provide predictability of the subsequent shelf warming. Observational studies, such as the
Polar ARGO program (http://www.argo.ucsd.edu/Polar_Argo.html), will provide essential data
to supplement and validate the freshening thresholds determined in this proposed research.
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A.1 Abstract
The coastal sea levels along the Northeast Coast of North America show significant yearto-year fluctuations superimposed on an upward trend. By analyzing long-term tide gauge
records, we find an extreme sea level rise (SLR) event during 2009-10. Within this two-year
period, the coastal sea level north of New York City jumped by up to 128 mm. This magnitude
of interannual SLR is unprecedented (1-in-850 year event) during the entire history of the TG
records. Here we show that this extreme SLR event is a combined effect of two factors: an
observed 30% downturn of the Atlantic meridional overturning circulation during 2009-10, and a
significant negative North Atlantic Oscillation index. The extreme nature of the 2009-10 SLR
event suggests that such a significant downturn of the Atlantic overturning circulation is very
unusual. During the 21st century, climate models project an increase in magnitude and frequency
of extreme interannual SLR events along this densely populated coast.
A.2 Introduction
The Intergovernmental Panel on Climate Change (IPCC) Fifth Assessment Report
[Church et al., 2013; Wong et al., 2014] lists extreme sea levels among the top impacts of
climate change. Hourly to daily extreme sea levels are typically associated with transient storms
and eddies, tides and tsunamis. Once they occur and superimpose, these events pose a threat to
coastal communities. On seasonal to interannual time scales, extreme sea level events are usually
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linked to large scale ocean dynamics and climate extremes, but have received little attention thus
far.
In the North Atlantic, especially along the Northeast Coast of North America, sea levels
are critically influenced by the Atlantic meridional overturning circulation (AMOC) [Levermann
et al., 2005; Yin et al., 2009; Sallenger et al., 2012; and Boon 2012]. Since 2004 the AMOC has
been systematically monitored at 26.5°N in the North Atlantic [Cunningham et al., 2007;
McCarthy et al., 2012]. The available data reveal a strength of 18.5±1.0 Sv (mean±1) and
small interannual variability of the AMOC from April 1, 2004 to March 31, 2009. From April
2009 through March 2010, by contrast, the AMOC shows a significant 30% downturn to 12.8
Sv, followed by a second minimum during the winter of 2010-11 [McCarthy et al., 2012; Smeed
et al., 2014; Blaker et al., 2014]. Additional observations at other latitudes in the Atlantic
indicate that this downturn is a basin-wide phenomenon due to the spatial coherence of the
AMOC [Rhein et al., 2013; Newlin and Gregg, 2014].
Whether this downturn of the AMOC is a sign of its long-term trend [Robson et al.,
2014], or a part of its natural variability [Blaker et al., 2014; Roberts et al., 2014], or both
[Schiermeier, 2014], will need further research with longer observational data. Regardless, this
event provides a valuable opportunity to study the climate impact of the AMOC, quantify the
AMOC-SLR relationship, and test model simulation results. Here we analyze long-term tide
gauge (TG) data and report an extreme and unprecedented SLR event in 2009-10 along the
Northeast Coast of North America. It should be noted that we use the term SLR here to indicate
interannual sea level changes, while it is usually referred to the long-term and gradual trend of
sea level in literature. With various observation and model data, we show that the 2009-10 SLR
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event was caused by the 30% downturn of the AMOC and the wind stress anomalies associated
with the significant negative North Atlantic Oscillation (NAO) index [Bryden et al., 2014].
A.3 Methods
The tide gauge data are selected from the Permanent Service for Mean Sea Level global
database for TG records [Holgate et al., 2013] (http://www.psmsl.org/data/obtaining). We
selected records with at least 25 years and 70% completeness that were up to date through 2010.
This method provides 40 TG stations along the East Coast from Key West, Florida to Rimouski,
Canada (Table 1).
For the absolute DSL, we use satellite altimetry data from the Archiving, Validation, and
Interpretation of Satellite Oceanographic data (AVISO). This delayed time dataset provides 1/4°
× 1/4° resolution in daily intervals from January 1, 1993 through December 31, 2012
(http://www.aviso.altimetry.fr/en/data/data-access.html).
For in-situ observations of the AMOC, we use the data from the RAPID-WATCH MOC
monitoring project (http://www.rapid.ac.uk/rapidmoc). This dataset has a twice per day temporal
resolution and ranges from April 2004 through October 2012 (at the time of download).
We differentiate the sea level time series to obtain the yearly SLR rates.
𝑆𝐿𝑅(𝑡) =

𝑆𝐿(𝑡+1)−𝑆𝐿(𝑡−1)
2

,

𝑡 = second record, … .2011

(1)

SLR(t) is the SLR rate (mm yr-1) for a particular year; SL(t +1) and SL(t – 1)denote the sea level
records for the previous and next year. It should be noted that six TG stations are not included in
calculating the 2009 SLR rate due to missing data for 2008 or 2010. The results are compared
with those based on the linear fit (Supplementary Figure 2).
Based on the millennial time scale control simulations of the 10 GFDL models (not
shown), we find the yearly SLR rates are fit well with a Gaussian distribution. For a return level
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xt, the probability of exceedance is Pr(x>xt), where Pr is the cumulative density function
associated with the Gaussian distribution. The return period (T) is calculated as T=1/Pr.
The GFDL Ocean Data Assimilation (ODA) data are taken from the oceanic component
of climate reanalysis by coupled data assimilation [Zhang et al., 2007]. We use longwave (LW),
shortwave (SW), sensible heat (SH), latent heat (LH), precipitation minus evaporation (P – E),
and river runoff (R) fluxes from the GFDL climate reanalysis product [Chang et al., 2013], where
𝑄𝐻𝐹 (W m-2) and 𝑄𝑊𝐹 (m s-1) are the net atmosphere-ocean heat (positive values indicate flux
into ocean) and freshwater flux, respectively.
𝑄𝐻𝐹 = 𝐿𝑊 + 𝑆𝑊 + 𝑆𝐻 + 𝐿𝐻
𝑄𝑊𝐹 = (𝑃 − 𝐸 + 𝑅)

(2)
(3)

We use the observational data of ocean temperature, salinity and steric sea level from the
National Oceanographic Data Center (http://www.nodc.noaa.gov/OC5/3M_HEAT_CONTENT).
The steric sea level anomaly data for the upper 2000 m span from 2005-2013.
We consider 10 coupled climate models built over the past decade at GFDL (Table 2).
CM2.0 and CM2.1 were used as part of the CMIP3 projects, whereas CM3 and ESM2M/ESM2G
were used as part of the CMIP5 project. ESM2preG is an early version of ESM2G. Each of
these models uses a nominally one-degree ocean, with various changes made to the atmosphere
and ocean components leading to the different configurations. Notably, the ESM2G and
ESM2preG are based on an isopycnal ocean, whereas the other models use a level coordinate
MOM ocean component. CM2.6, CM2.5, CM2.5 FLORa6, and CM2.5 FLOR all use the same
50 km finite volume atmospheric core, with CM2.6 using a 1/10° ocean, CM2.5 a 1/4° ocean,
and the FLOR simulations using a 1° ocean. The two FLOR simulations differ in their choice for
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ocean subgrid scale parameterizations, with FLOR a6 using a larger lateral viscosity than FLOR.
CM2.5 FLOR is used for studies of tropical cyclones.
The CMIP5 model data are downloaded from the CMIP5 archive [Taylor et al., 2012]
(Table 3). Detailed model description and experimental design can be found at http://cmippcmdi.llnl.gov/cmip5/.
A.4 Results
A.4.1 Tide Gauge Records
Sea level along the East Coast of the U.S. and Canada exhibits interannual fluctuations
superimposed on multidecadal variations and a long-term upward trend [Sallenger et al., 2012;
Boon, 2012; Ezer, 2013; Kopp, 2013; Andres et al., 2013]. Modeling and long-term TG data
indicate that the behavior of sea level is similar and highly correlated north or south of Cape
Hatteras [Yin et al., 2009; Sallenger et al., 2012; Boon, 2012; Ezer, 2013; Andres et al., 2013].
By taking the long-term rate and especially the 2009 SLR rate into account (Supplementary
Figure 1), we further divide the East Coast of North America into three SLR regimes: Northeast
(North of New York City (NYC)), Mid-Atlantic (NYC to Cape Hatteras), and Southeast (south
of Cape Hatteras) (Figure 1a). To minimize the effect of local factors and reveal regionally
coherent behavior, we calculate the time series of the sea level composite for the three SLR
regimes (see the Methods section, A.3). From the noisy background, we separate an extreme
SLR event having occurred between 2009 and 2010 along the Northeast Coast of North America.
The Northeast (NE) sea level composite is calculated as the mean of maximum 18 TG
stations from Montauk, New York to Rimouski, Canada (Figure 1b). Then we calculate the
yearly SLR rate by differentiating the annual mean time series of the sea level composite (Figure
2a) (see the Methods section, A.3). The results indicate that the standard deviation () of the
yearly SLR rate is 14.5 mm yr-1 since 1920, much larger than the secular trend of 2.5 mm yr-1.
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However, the composite SLR rate in 2009 is a remarkable outlier and reaches 46.9 mm yr-1
(>3) (Figure 2b). Between 2009 and 2010, the sea level in this region jumped by nearly 100
mm on average (Figures 1b and 3a), contributing significantly to the identified SLR acceleration
during the recent decades [Sallenger et al., 2012; Boon, 2012; Ezer, 2013]. To calculate the
return period, we fit a Gaussian distribution to the yearly SLR rates from 1920-2012. The result
shows that the 2009 SLR rate is a 1-in-850 year event (Figure 2c).
To test the robustness of the result and its sensitivity to different methods, we repeat the
yearly SLR calculation based on the linear fit to the monthly data on interannual time scales
(Supplementary Figure 2). We also identify record-breaking years of sea level and compare the
sea level increase over the previous records (Supplementary Figure 3). The 2009-10 event stands
out in all three methods (Table 1).
The 2009-10 extreme SLR event is also evident in individual TG data (Supplementary
Figure 4). The range of the 2009 SLR rate in the NE region varies from 32.5 (Rimouski) to 64
(Portland) mm yr-1. Four NE stations (Montauk, Woods Hole, New Sydney, and Charlottetown)
did not provide data for the calculation of the 2009 SLR rate. Of the remaining 14 stations in the
NE region, 11 stations show that the 2009 SLR rate was the highest on record, with the other
three being the second highest. In addition, the 2009 SLR rate was above 2 at all NE stations
except Rimouski. Five stations (Port-Aux-Basques, Eastport, Halifax, Portland, and Boston)
show the 2009 SLR rate greater than 3 (Supplementary Figure 4). The spatial coherency and
extreme SLR rate suggest that large-scale ocean climate dynamics (e.g., the AMOC [Yin et al.,
2009; Yin and Goddard, 2013], Gulf Stream [Ezer et al., 2013; Sweet et al., 2009], and wind
effect [Andres et al., 2013; Sweet and Zervas, 2011]) rather than local mechanisms (e.g., land
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subsidence [Boon et al., 2010]) is the likely cause of the 2009 SLR event. Land subsidence is at
least one order of magnitude smaller than the yearly SLR rates.
The signal of the 2009-10 extreme SLR event attenuates towards the south. Compared to
the NE region, the amplitude of the yearly sea level fluctuation is larger (=19.9 mm yr-1) in the
Mid-Atlantic region, while the 2009 SLR rate is less extreme (Figures 2d and 2e, and
Supplementary Figure 4). The composite SLR rate is 31.2 mm yr-1 (>1) in 2009, with a range of
22.0 to 41.5 mm yr-1 at individual stations. In the Mid-Atlantic region especially the Chesapeake
Bay, land subsidence induced by glacial isostatic adjustment contributes to the long-term SLR
[Boon et al., 2010]. The pronounced SLR rate during 1982-83 (>2.5 and with a return period of
150 years) is likely related to the strong El Niño in the Pacific and the resulting more coastal
storms in the Mid-Atlantic region [Sweet and Zervas, 2011] (Figures 2d and 2f).
South of CH, the 2009 SLR rate further reduces to 3.0 mm yr-1 and falls within ±1
(Figures 2g and 2h). The coastal sea level in this region is influenced by the North Atlantic
subtropical gyre [Hong et al., 2000]. An extreme sea level fall (~-3) occurred in 1949,
following a rapid and continuous SLR during much of the 1940s. This decade was characterized
by faster global SLR [Church and White, 2011]. The detailed investigation about this extreme
event is beyond the scope of this study.
The satellite altimetry data indicate that the most significant interannual variability of the
dynamic sea level (DSL) occurs in the ocean interior especially along the Gulf Stream and its
extension (Figure 3a). Along the East Coast of North America, the altimetry data is generally
consistent with the TG data regarding the 2009-10 SLR event, but the exact magnitude differs.
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A.4.2 Role of the AMOC
The 2009-10 sea level spike in the NE region coincides with two significant ocean and
climate events: a 30% downturn of the AMOC [McCarthy et al., 2012] (Figure 4a) and an
extreme negative NAO index [Hu et al., 2011]. Both winds [Hong et al., 2000; Sweet and
Zervas, 2011; Andres et al., 2012] and the AMOC [Yin et al., 2009; Sallenger et al., 2012; Ezer,
2013; Yin and Goddard, 2013] can cause sea level variability and change along the NE coast of
North America on various time scales. After removing the seasonal cycle, the monthly NE sea
level composite shows a good correlation (R=0.78; 2-month lag) with the AMOC index (Figure
4b). Especially, the two sea level spikes during the winters of 2009-10 and 2010-11 coincide
with the two AMOC minima, respectively. Regression based on all monthly data from 20042012 further reveals a 13.2 mm SLR along the NE coast in response to 1 Sv AMOC slowdown.
After excluding the 30% downturn period of the AMOC, the AMOC-SLR ratio increases to 16.6
mm Sv-1, reflecting the sea level response to the gradual decline of the AMOC during 20042012. In the altimetry data, the AMOC-DSL correlation extends far offshore, especially from the
NE coast of North America (Figure 3c). It changes sign across the Gulf Stream, implying that a
decrease in the AMOC transport reduces the cross-current sea level gradient and thus lifts sea
level along the NE coast [Sallenger et al., 2012; Ezer et al., 2013].
Interestingly, the 30% downturn of the AMOC in 2009-2010 followed a brief return to
deep convection in the Labrador Sea during the winter of 2007–08 [Vage et al., 2009]. A data
assimilation product by GFDL [Zhang et al., 2007; Chang et al., 2013] (see the Methods section,
A.3) shows that strong deep downwelling in 2007-08 was mainly induced by a reduction in the
freshwater input into the Labrador Sea (Supplementary Figure 5). However, a record low oceanic
heat and buoyancy loss, dominated by the sensible heat flux (Supplementary Figure 6), occurred
in the subsequent years 2008–10. Associated with these changes is a significant positive steric
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sea level anomaly in 2009 (>100 mm) southeastward of the shelf break (Figure 3b). The gradient
across the shelf break can drive more water mass towards the shelf, thereby causing SLR along
the NE coast of North America [Yin et al., 2009; Griffies et al., 2014].
To better understand extreme SLR events in this region, we use two sets of state-of-theart climate models: an ensemble of 10 models developed at GFDL including high resolution
models with eddying oceans [Griffies et al., 2015] (Table 2), and the other set including 14
CMIP5 models with the AMOC and sea level data available at the CMIP5 archive [Taylor et al.,
2012] (Table 3; also see the Methods section, A.3). The GFDL ensemble represents different
model generations with progressive improvement and a systematic model development effort at
one modeling center. On the other hand, the CMIP5 ensemble represents similar generation
models from different institutes which bear significant difference in many aspects. Therefore,
these models cover a wide range in the model formulation, parameterization and uncertainty
space.
In the long-term control runs of these models without changing external forcing, the DSL
along the NE coast of North America shows an instantaneous correlation with the AMOC on the
interannual time scale (Figure 3d and Supplementary Figures 7 and 8). This correlation suggests
that a 30% weakening of the AMOC in 2009-10 may have contributed to and increased the
chance of extreme coastal SLR events. The two models with eddying oceans (GFDL CM2.6 and
CM2.5) show weaker correlation probably due to the relatively weak AMOC in these two
models [Griffies et al., 2015] (Supplementary Figure 9).
A.4.3 Role of the NAO and Associated Winds
The significant negative NAO index during December 2009 through February 2010 [Hu
et al., 2011] contributes to the extreme SLR event both remotely and locally. Firstly, the negative
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NAO can cause an anomalous heat flux into the Labrador Sea, thereby influencing the AMOC
and SLR along the NE coast of North America (Supplementary Figure 5). Secondly, the NAOinduced wind stress anomalies can pile up waters directly against the NE coast or generate
onshore Ekman transport.
The control runs with both the GFDL and other CMIP5 models indicate that extreme
SLR events along the NE coast typically occur when the nearby wind stress shows an onshore
(easterly) or alongshore (northeasterly) anomaly pattern (Figure 3f and Supplementary Figures
10 and 11). Indeed, the lower sea level pressure east of North America in 2009 results in
northeasterly wind stress anomalies near the NE coastal regions (Figure 3e). The anomalous
Ekman transport contributes to the 2009-10 SLR extreme. The negative NAO can also influence
storminess, which contributes to higher sea levels due to more frequent storm surges [Ezer and
Atkinson, 2014].
The NE sea level composite shows correlation (R = 0.6) with the NAO index during
2004-2012 (Supplementary Figure 12). But the correlation reduces significantly for the entire
period of 1920-2012. In addition to 2009-10, extreme negative NAO index also occurred in 1969
and other years (Supplementary Figure 13). The lack of extreme SLR signal on the NE coast
during these years indicates that the NAO is not the sole mechanism of the 2009-10 SLR event.
Finally, the lower sea level pressure (by ~1.6 hPa) in 2009 could account for about 15% of the
2009-10 SLR event through the inverse barometer effect (Figure 3e).
A.4.4 Future Projections of Extreme SLR Events
Similar to extreme temperature and precipitation events, extreme SLR events on the
interannual time scale may be also linked to human-induced climate change [Field, 2014].
Increased greenhouse-gas concentrations are likely to shift the probability density function
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towards more extremes. To study future changes of extreme SLR events, we consider the 10
GFDL climate models, and their long-term control runs and idealized 1% yr-1 CO2 increase
experiments for 100 years. Along the NE coast of North America, most of these models (CM2.6,
CM2.5, CM2.5 FLORa6, CM2.5 FLOR, ESM2M and ESM2preG) suggest an increase in the
magnitude and frequency of the extreme SLR events in response to the CO2 increase (Figure 5
and Supplementary Figure 14). In five of these models (CM2.6, CM2.5 FLOR a6, CM2.5 FLOR,
ESM2M and ESM2preG), the increase in the yearly SLR extrema is unproportionately larger
than the increase in mean sea level (Supplementary Figure 14).
There are several reasons for this increase in extremes: firstly, the global mean SLR from
thermal expansion and land ice melt (note that the latter is not included in Figure 5); secondly,
the overall weakening of the AMOC in the CO2 experiment leads to record lows of the
circulation in some years (Supplementary Figure 9), thereby facilitating SLR extremes along the
NE coast of North America; and thirdly, the NAO variability remains strong in the CO2
experiments [Christensen et al., 2013]. Recently, projections of the melting of glaciers [Marzeion
et al., 2012], the Greenland [Fettweis et al., 2013], and Antarctic [Levermann et al., 2013] ice
sheets have been made for the 21st century under greenhouse-gas emission scenarios. Adding
these contributions would further increase the probability of extreme SLR events along the East
Coast of North America especially its northeastern sector.
A.5 Discussion
In the present study, we focus on the extreme SLR event on interannual time scales. With
long-term TG data, we calculate the sea level composite and yearly SLR rates for three SLR
regimes along the East Coast of North America. The resulting time series contain rich
information about both climate variability and individual events. The extreme and unprecedented
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SLR event in 2009-10 is particularly notable along the NE coast of North America. Our analysis
suggests that this event was mainly caused by a 30% downturn of the AMOC and the wind stress
anomalies associated with the negative NAO, though the two factors are inherently linked
[Bryden et al., 2014].
There is no direct observation of the AMOC before 2004. Some recent model hindcast
suggests that similar downturns of the AMOC may have punctuated the 20th century [Blaker et
al., 2014]. By contrast, our analysis based on the long-term TG data and the AMOC-SLR
relationship indicates that the 2009-10 event is very unusual. In addition to internal variability,
anthropogenic forcing could be another impact factor, as most climate models project a
weakening of the AMOC during the 21st century in response to the increase in the atmospheric
greenhouse-gas concentrations [Weaver et al., 2012]. Continuing observations of the AMOC is
essential to confirm these modeling results.
In addition to the absolute SLR rate, the 2009-10 event is very unusual also in the sense
that it occurred during a short period of global sea level fall [Boening et al., 2012]. Unlike storm
surge, this event caused persistent and wide-spread coastal flooding [Sweet et al., 2009] even
without apparent weather processes. In terms of beach erosion, the impact of the 2009-10 SLR
event is almost as significant as some hurricane events [Theuerkauf et al., 2014]. For the 21st
century, modeling results suggest that the increase in the greenhouse-gas concentrations is likely
to cause more extreme SLR events on the interannual time scale along this densely populated
coast. Once coastal storms compound high sea levels, more damages will result.
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A.7 Figures

Figure 1. Three SLR regimes along the East Coast of North America and the
corresponding sea level composite. (a) Three SLR regimes and locations of the 40 TG stations
used by this study. Red, blue and purple colors indicate the Northeast, Mid-Atlantic and
Southeast region, respectively. (b), (c), and (d) Time series of sea level composite (line) in the
three regimes and counts of TG stations used in the composite calculation as a function of time
(squares).
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Figure 2. Yearly SLR rates along the East Coast of North America. (a), (d) and (g) Yearly
SLR rates (mm yr-1) of the Northeast, Mid-Atlantic and Southeast composite, respectively. The
absolute and relative (to 1σ) rates are shown by the right and left y-axis, respectively. (b), (e)
and (h) Box and whisker plots indicate the position of the 2009 SLR rates for the three sea level
composites, respectively. The 2009 SLR rates are depicted by the green bars and dots. (c), (f),
and (i) Return period of the yearly SLR rates. Dots show the TG data during 1920-2012. Solid
lines indicate the exceedance probability of the Gaussian distribution and the corresponding
return period. Dotted lines represent the 5 to 95% confidence interval of the Gaussian
distribution fit. The 2009 box marks the NE 2009 SLR rate. See the Methods section for the
calculation of the return period.
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Figure 3. Mechanisms of the 2009-10 extreme SLR event. (a) Sea level increase (mm)
between 2008 and 2010 from AVISO (shading) and TG stations (color dots). The black line
indicates the shelf break - 500 m depth. (b) Steric sea level anomalies (mm) in 2009 for the
upper 2000 m. (c) Correlation between the monthly AVISO and RAPID AMOC data for 20042012. (d) Correlation between the annual mean DSL and AMOC index (45°N) in the long-term

53

control runs of the 10 GFDL and 14 CMIP5 models. The values show multi-model ensemble
mean. See Supplementary Figures 7 and 8 for individual models. e. Anomalies of sea level
pressure (shading; hPa) and wind stress (vector; N m-2) in 2009-10 from the GFDL reanalysis. (f)
Difference in sea level pressure (shading; hPa) and wind stress (vector; N m-2) between the years
of extreme positive and negative SLR at Boston. The results show the ensemble mean of the
GFDL and CMIP5 models for 100-year control runs. See Supplementary Figures 10 and 11 for
more details.
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Figure 4. Correlation between the AMOC and the sea level composite along the NE coast.
(a) The time series of the NE sea level composite (monthly gray, filtered blue) and the AMOC
strength at 26.5°N (Sv, monthly light gray, filtered red). The seasonal cycle has been removed
with a 6-month filter applied. (b) The monthly correlation and regression between the AMOC
and NE sea level composite (mm yr-1, 2-month lag with the AMOC leading the SLR). The blue
dots highlight the data during the period of the 30% AMOC downturn. The linear fit in black is
based on all monthly data during April 2004-September 2012. The linear fit line in red is based
on the red dots only and excluding the period of the 30% AMOC downtown. The data are from
PSMSL and the RAPID-WATCH MOC project.
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Figure 5. Return periods of the yearly SLR rates in the control runs and 1% yr-1 CO2
increase experiments with the 10 GFDL models. The values show the composite SLR rates
along the NE Coast of North America and are calculated based on both the DSL changes and the
global ocean thermal expansion. Both the control (blue color) and CO2 runs (red color) are 100year long. Dots show the model simulation results. Solid lines indicate the exceedance
probability of the Gaussian distribution and the corresponding return period. Dotted lines
represent the 5 to 95% confidence interval of the Gaussian distribution fit. The red line above the
blue line indicates an increase in the return level or a decrease in the return period.
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A.8 Tables
Table 1. Summary of the rise rates in the three SLR regimes.
Northeast
Sea level differentiation method for yearly SLR rate
Standard deviation (mm yr-1)
14.5
-1
Range (mm yr )
32.5 – 64.0
-1
2009 rate (mm yr )
46.9

Mid-Atlantic

Southeast

19.9
22.0 – 41.5
31.2

18.0
-7 – 16
3.0

14.1
41.7
8.6

20.3
31.2
12.0

17.7
13.5
16.1

2009 sea level increase over
previous record (mm)

59.4

17.1

-

Long-term trend (1920-2012)
(mm yr-1)

2.5

3.5

2.3

Linear fit method for yearly SLR rate
Standard deviation (mm yr-1)
2009 rate (mm yr-1)
2009 error bar (mm yr-1)
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Table 2. Ten global climate/Earth system models developed at GFDL and used in this study.
Model

Atmosphere

Ocean

CM2.6

0.5°

0.1°, z* coordinate

CM2.5

0.5°

0.25°, z* coordinate

CM2.5FLORa6

0.5°

1°, z* coordinate

CM2.5FLOR

0.5°

1°, z* coordinate

CM2.0
CM2.1
CM3
ESM2M
ESM2preG
ESM2G

2°
2°
2°
2°
2°
2°

1°, z coordinate
1°, z coordinate
1°, z* coordinate
1°, z* coordinate
1°, isopycnal
1°, isopycnal
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Documentation
Delworth, et al., 2012
Griffies et al., 2015
Winton et al., 2014
Delworth, et al., 2012
Griffies et al., 2015
Winton et al., 2014
Vecchi, et al., 2014
Griffies et al., 2015
Winton et al., 2014
Vecchi, et al., 2014
Griffies et al., 2015
Winton et al., 2014
Delworth, et al., 2006
Delworth, et al., 2006
Griffies, et al., 2011
Dunne, et al., 2012
Dunne, et al., 2012
Dunne, et al., 2012

Table 3. 14 CMIP5 global climate/Earth system models used in this study.

Model

Institution

ACCESS1.0
ACCESS1.3
CCSM4
CESM1-BGC
CESM1-FASTCHEM
CESM1-WACCM
CMCC-CM
INM-CM4
MPI-ESM-LR
MPI-ESM-MR
MPI-ESM-P
MRI-CGCM3
NorESM1-M
NorESM1-ME

Commonwealth Scientific and Industrial Research Organisation, Australia
Commonwealth Scientific and Industrial Research Organisation, Australia
National Center for Atmospheric Research, United States
National Center for Atmospheric Research, United States
National Center for Atmospheric Research, United States
National Center for Atmospheric Research, United States
Centro Euro-Mediterraneo sui Cambiamenti Climatici, Italy
Institute of Numerical Mathematics, Russia
Max Planck Institute for Meteorology, Germany
Max Planck Institute for Meteorology, Germany
Max Planck Institute for Meteorology, Germany
Meteorological Research Institute, Japan
Norwegian Climate Center, Norway
Norwegian Climate Center, Norway
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A.9 Supplementary Figures and Tables

Supplementary Figure 1. Total coastal SLR over 2008-2010 from TG stations. The separation
at New York City is evident. The sea level jump is large (relatively small) north (south) of New
York City.
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Supplementary Figure 2. Yearly SLR rate based on linear fits to the monthly data on
interannual time scale (36 months). (a), (c), and (e). Time series of the yearly SLR rates (mm
yr-1). The absolute and relative (to 1σ) rates are shown by the right and left y-axis, respectively.
The rate is centered about the year of interest. Rates are calculated only if all 36-month data are
available. (b), (d), and (f) Box and whisker plots indicate the position of the 2009 SLR rate for
the Northeast, Mid-Atlantic and Southeast SLR regions. The 2009 SLR rates are depicted by
green bars and dots.
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Supplementary Figure 3. Years with record high sea levels in the three SLR regimes. The
values show the sea level increase over the previous record sea level (mm).
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Supplementary Figure 4. Individual TG station records from the three SLR regimes. The
left, middle and right columns contains records for TG stations locations in the Northeast, MidAtlantic and Southeast regions, respectively. The absolute and relative (to 1σ) rates are shown by
the right and left y-axis, respectively. Each box plot represents the median, upper and low
quartile, minimum and maximum values that fall within an acceptable range given a TG record,
and outliers that do not fall within this acceptable range. Specifically, an outlier is a point whose
value is greater (less) than the upper (lower) quartile plus (minus) 1.5 times the interquartile
distance (the distance between the upper and lower quartiles). The 2009 data are depicted by
green bars and dots.
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Supplementary Figure 5. Heat and freshwater flux anomalies in 2009-10 relative to 19612013. (a) Heat flux anomalies (contour interval - 10 W m-2). (b) Time series of the mean heat
flux within the black box from 1961 – 2013 (W m-2). (c) Freshwater flux anomalies (contour
interval - 2x108 m s-1). (d) Time series of the mean freshwater flux within the black box (108 m
s-1). The data are from the GFDL ODA.
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Supplementary Figure 6. Components of the heat flux anomalies (W m-2) in 2009-10
relative to 1961 – 2013. (a) Latent heat flux anomaly into the ocean (contour interval - 10 W m2
). (b) Longwave heat flux anomaly into the ocean. (c) Sensible heat flux anomaly into the
ocean. (d) Shortwave heat flux anomaly into the ocean. The data are from the GFDL ODA.
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Supplementary Figure 7. Correlation between the annual mean DSL and AMOC data in
the control runs of 10 GFDL models. All control runs are 100-year long except CM2.6 (80year long). The AMOC index is defined as the maximum overturning stream function at 45°N in
the North Atlantic.
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Supplementary Figure 8. Correlation between the annual mean DSL and AMOC data in
the control runs of 14 CMIP5 models. All control runs are 100-year long.
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Supplementary Figure 9. Time series of the AMOC index (45°N) in the control runs and
1% yr-1 CO2 experiments of the 10 GFDL models.
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Supplementary Figure 10. Wind stress and sea level pressure anomaly patterns during
coastal extreme SLR events in the control runs of 10 GFDL models. This figure shows the
mean difference of sea level pressure (hPa) and wind stress (N m-2) between the years in which
the yearly SLR rates near Boston are greater than 20 mm yr-1 verse less than -20 mm yr-1.
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Supplementary Figure 11. Wind stress and sea level pressure anomaly patterns during
coastal extreme SLR events in the control runs of 14 CMIP5 models. This figure shows the
mean difference of sea level pressure (hPa) and wind stress (N m-2) between the years in which
the yearly SLR rates near Boston are greater than 20 mm yr-1 verse less than -20 mm yr-1.

70

Supplementary Figure 12. Correlation between the NAO index and the Northeast sea level
composite. (a) The time series of the NE sea level composite (monthly gray, filtered blue) and
the NAO index (monthly light gray, filtered green). The seasonal cycle has been removed from
the NE composite and a 6-month filter applied to both time series. (b) Same as (a) but for a much
longer time period (January 1920-September 2012). (c) The monthly correlation and regression
between the NAO index and NE sea level composite. The blue points highlight the correlation
during the 30% AMOC downturn period. The green trend line is calculated from the green points
only which are the months not associated with the 30% downtown period of the AMOC. The
black trend line is calculated from all points (April 2004-September 2012). (d) Same as (c) but
for a much longer time period (January 1920-September 2012). The sea level data are from
PSMSL. The NAO index data are obtained from the NCAR Climate Analysis Section
(https://climatedataguide.ucar.edu/climate-data/hurrell-north-atlantic-oscillation-nao-indexstation-based).
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Supplementary Figure 13. Two periods with extreme negative NAO index: 1969 and 200910. Shading and vectors show the sea level pressure anomalies (hPa) and the wind stress
anomalies (N m-2), respectively. Contours indicate sea level pressure climatology (hPa).
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Supplementary Figure 14. Distribution of the yearly SLR rates in the simulations of the 10
GFDL models. The values show the composite SLR rates along the Northeast Coast of North
America. The yearly SLR rates are calculated based on both the DSL changes and the global
ocean thermal expansion. All runs are 100-year long except CM2.6 (80-year long). Shading and
gray – control runs; thick black lines – CO2 experiments. Fits are from Gaussian distribution.
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Supplementary Table 1. TG data in three SLR regimes used in the present study.
Station Name

Latitude (°N)

Key West
Fernandia
Fort Pulaski
Charleston 1
Springmaid Pier
Wilmington
Duck Pier Outside
Sewells Point
Chesapeake Bay
Kiptopeke
Solomon's Island
Cambridge II
Lewes
Cape May
Annapolis
Baltimore
Atlantic City
Reedy Point
Philadelphia Pier 9N
Sandy Hook
Bergen Point
New York (Battery)
Montauk
Bridgeport
Nantucket Island
New London
Newport
Woods Hole
Providence
Boston
Portland
Yarmouth
Bar Harbor
Halifax
Eastport
North Sydney
Charlottetown
Argentia
Port-Aux-Basques
Rimouski

24.56
30.67
32.03
32.78
33.66
34.23
36.18
36.95
36.97
37.17
38.32
38.57
38.78
38.97
38.98
39.27
39.36
39.56
39.93
40.47
40.64
40.70
41.05
41.17
41.29
41.36
41.51
41.52
41.81
42.35
43.66
43.83
44.39
44.67
44.90
46.22
46.23
47.30
47.57
48.48

Longitude (°W) Record Span Used
81.81
81.47
80.90
79.93
78.92
77.95
75.75
76.33
76.11
75.99
76.45
76.07
75.12
74.96
76.48
76.58
74.42
75.57
75.14
74.01
74.14
74.01
71.96
73.18
70.10
72.09
71.33
70.67
71.40
71.05
70.25
66.13
68.21
63.58
66.98
60.25
63.12
53.98
59.13
68.52
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1920-2012
1920-2012
1935-2012
1922-2012
1978-2012
1936-2012
1985-2011
1928-2012
1985-2012
1952-2012
1938-2012
1971-2012
1920-2012
1966-2012
1929-2012
1920-2012
1920-2012
1985-2012
1920-2012
1933-2011
1985-2012
1920-2012
1948-2012
1965-2012
1965-2012
1939-2012
1931-2012
1933-2012
1939-2012
1921-2012
1920-2012
1967-2012
1948-2012
1920-2012
1930-2012
1971-2012
1971-2011
1972-2012
1959-2010
1985-2012

Completeness
99%
77%
97%
100%
71%
96%
93%
100%
100%
97%
95%
95%
70%
89%
94%
99%
86%
79%
95%
96%
79%
97%
83%
92%
92%
93%
98%
90%
82%
98%
99%
71%
85%
91%
87%
88%
88%
70%
77%
82%
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APPENDIX B:
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B.1 Abstract
Ocean warming near the Antarctic ice shelves has critical implications for future ice sheet
mass loss and global sea level rise. A global climate model with an eddying ocean is used to
quantify the mechanisms contributing to ocean warming on the Antarctic continental shelf in an
idealized 2xCO2 experiment. The results indicate that different mechanisms control the relatively
large warm anomalies in the upper 100 meters and at depths near the shelf floor. The nearsurface ocean warming is primarily a response to enhanced onshore advective heat transport
across the shelf break. The deep shelf warming is initiated by onshore intrusions of relatively
warm Circumpolar Deep Water, in density classes that access the shelf, as well as the reduction
of the vertical mixing of heat. Once onshore, lateral and vertical heat advection work to disperse
the heat anomalies across the shelf region. The heat budget is analyzed for six shelf region
subdomains and for three depth ranges, 0-100 m, 100-700 m, and 700-1000 m. Advanced
understanding of the inhomogeneous Antarctic shelf warming will lead to improved projections
of future ice sheet mass loss and global sea level rise.
B.2 Introduction
The Antarctic ice sheet is the largest ice reservoir on Earth and the largest potential
contributor to global sea level rise [Lythe et al., 2001; Shepard et al., 2004; Bamber et al., 2009].
Recent studies using observations and numerical models indicate that the ice sheet is losing mass
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at an increasing rate, contributing to present and future projections of global sea level rise [e.g.,
Rignot et al., 2008; Pritchard et al., 2012; Timmermann and Hellmer, 2013; DeConto and
Pollard, 2016]. Most of the land-based ice mass loss is a result of the melting or calving of ice
shelves buttressing the ice sheet [Depoorter et al., 2013]. Ice shelf basal melt mainly results from
intrusion of relatively warm and saline Circumpolar Deep Water (CDW) onto the continental
shelf [e.g. Rignot and Jacobs, 2002; Cook et al., 2016; Jenkins et al., 2016; Obase et al., 2017].
Typically, CDW is characterized by temperatures about 3°-4°C above the seawater freezing
point [Whitworth et al., 1998]. Where CDW is able to approach the ice shelves from below, it
efficiently melts ice shelves, reducing their buttressing effect for the inland ice streams and
prompt accelerated land-to-sea ice motion [Dupont and Alley, 2005]. Some of the most
vulnerable ice shelves are located along the coast of the Antarctic Peninsula and in the
Bellingshausen and Amundsen Seas [e.g. Jacobs et al., 1996; Payne et al., 2004; Martinson et al.,
2008; Christie et al., 2016] and near the Totten Glacier on the Sabrina Coast in East Antarctica
[Greenbaum et al., 2015].
Usually, CDW is kept off the Antarctic shelf break and from the cold shelf waters by the
Antarctic Slope Front (ASF). Though, the ASF is largely absent near the shelf break of the
western Antarctic Peninsula and in the Bellingshausen and Amundsen Seas [Gill, 1973; Jacobs,
1991]. The ASF is associated with steep isopycnals which tilt down towards the continental
slope and limit cross-shelf-break heat transport, thereby serving as a natural barrier between
CDW and the Antarctic ice shelves [Whitworth et al., 1998]. The steep tilt of isopycnals, mainly
resulting from Ekman downwelling from the coastal Easterlies, creates lateral density gradients
across the ASF.
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Recent observations and model-based studies suggest that mesoscale eddies contribute
significantly to onshore heat transport across the ASF [e.g. Nøst et al., 2011; Hattermann et al.,
2014; Stewart and Thompson, 2015]. Occurring preferentially along isopycnals, this eddy heat
transport is sensitive to local topographic and isopycnals slopes (for details, see Isachsen [2011]).
For example, a shallow continental shelf break or steep continental slope can reduce cross-ASF
connecting isopycnals and therefore restrict heat exchange across the ASF [Hattermann et al.,
2014; Stewart and Thompson, 2015]. Conversely, projected weakening of the coastal Easterly
wind stress may lead to a flattening and shoaling of the isopycnals crossing the ASF, resulting in
enhanced cross-ASF eddy heat transport [Spence et al., 2014].
Previous modeling studies have investigated the mesoscale mechanisms driving heat
transport towards Antarctica’s ice shelves [e.g., Dinniman et al., 2011; Nøst et al., 2011; StLaurent et al., 2013; Hattermann et al., 2014; Stewart and Thompson, 2015; Stewart and
Thompson, 2016]. These studies use fine-resolution ocean models and are conducted at regional
scales or with an idealized model domain. Therefore, results from sensitivity experiments may
lack feedbacks otherwise represented in fully coupled global climate models. On the other hand,
previous projections of the ocean warming around the Antarctic ice sheet employed global
coupled climate models with ~1° resolution for the ocean model [Yin et al., 2011]. Climate
models at this resolution represent large-scale features well but are unable to properly capture the
narrow ASF, Antarctic Slope Current, and other important shelf and coastal processes near the
Antarctic Ice Sheet (Supplemental Figure 3a) [Heuze et al., 2013]. Recently, the advent of fineresolution global ocean-sea ice models and fully coupled climate models have allowed the
investigation of ocean warming along the Antarctic coasts [Spence et al., 2017] and further study
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the role of eddies in water mass transformation and overturning circulation off Antarctica
[Newsom et al., 2016].
Here, we use a 0.1° horizontal resolution fully coupled global climate model with an
active mesoscale eddying ocean component to study ocean warming of the Antarctic continental
shelf in an idealized doubling of CO2 (2xCO2) experiment. The model’s representation of
dynamic feedbacks between the eddying ocean and other climate components allows for a
comprehensive analysis of the decadal response of the Antarctic shelf region to CO2 forcing.
Aiming for a detailed heat budget analysis, we quantify the ocean advective heat transport across
the ASF and its decomposition into mean and eddy components. We compare this heat transport
with surface heat fluxes, vertical heat advection, and vertical mixing of heat in both the control
run and the CO2 experiment. The paper is organized as follows: Section 3 describes the model
and experiment, Section 4 presents the simulation results and the underlying mechanisms,
Section 5 includes our discussion, and Section 6 contains our conclusions.
B.3 Model and Methods
B.3.1 Model and Simulations
In the present study, we use the GFDL CM2.6 global coupled climate model [Delworth et
al., 2012; Griffies et al., 2015]. The ocean component is based on the Modular Ocean Model
Version 5 (MOM5) [Griffies, 2012]. MOM5 utilizes the z* vertical coordinate and has 50
vertical levels, increasing from a thickness of 10 m near the surface to 210 m at depth. The
atmospheric model has a horizontal resolution of about 50 km with 32 vertical levels. CM2.6
employs a dynamical sea ice model with three vertical layers, one snow and two ice, plus five ice
thickness classifications [Delworth et al., 2006]. The model neither resolves ice shelf cavities nor
is coupled to a dynamic ice sheet model. However, surface runoff and calving are included and
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fluctuate to maintain mass balance on the Antarctic continent. For a detailed description of
CM2.6, the reader is referred to Delworth et al., [2012] and Griffies et al., [2015].
The ocean component of CM2.6 has a horizontal resolution of 0.1° using a Mercator
projection, which yields roughly 4 to 6 km grid spacing along the ASF. Notably, no mesoscale
eddy transport parameterization is used; however, we make use of a mixed layer submesoscale
eddy parameterization [Fox-Kemper et al., 2011]. Furthermore, overflow processes are not
parameterized. Lastly, tides are not represented in CM2.6, though studies show tides play a role
in the structure of the ASF (e.g., Flexas et al. [2015]).
CM2.6 exhibits a rich eddy field along a well-defined ASF as well as high eddy kinetic
energy along the Antarctic Slope Current [Delworth et al., 2012]. It should be noted that an
ocean grid size of about 1 km is necessary to resolve the full mesoscale eddy field near the
Antarctic shelf, as the local baroclinic Rossby deformation radius is about 4 km [St-Laurent et
al., 2013; Hallberg, 2013; Stewart and Thompson, 2015]. Thus, the horizontal resolution of
CM2.6 likely under-represents mesoscale eddy activity near the ASF. The reduced mesoscale
eddy activity near the shelf break may explain the strong ASF in CM2.6 when compared to the
World Ocean Circulation Experiment (WOCE) transects (Supplemental Figure 4) [Sparrow et
al., 2011]. With insufficient mesoscale eddy activity, the ASF isopycnals remain steep and limit
exchanges of heat and salt across the shelf break [Isachsen, 2011; Stewart and Thompson, 2015].
This model characteristic leads to a cold temperature bias on the western Antarctic Peninsula
shelf (67°S) where the relatively strong ASF prevents CDW from reaching the shelf in CM2.6
(Supplemental Figure 4). In Section 5, we discuss potential caveats to our results regarding this
model bias. Nonetheless, the model’s fine-scale bathymetry and rich eddy field allow for a
reasonable representation of the Antarctic shelves and associated circulation.
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A 200-year control simulation is carried out with CM2.6 under 1860-preindustrial
conditions. An idealized 2xCO2 experiment branches from the control simulation at model year
121, wherein the atmospheric CO2 concentration increases by 1% per year until year 200. A CO2
doubling is reached after 70 years (~570 ppm). The CO2 concentration is roughly equivalent to
RCP6.0 at year 2080 or RCP8.5 at year 2055 [van Vuuren et al., 2011; Meinshausen et al.,
2011]. For simplification, year one hereinafter refers to the first year of the 2xCO2 experiment.
B.3.2 Analysis Regions and Time Period
In this study, the Antarctic shelf region is defined as the ocean region shoreward of the
1000 m isobath (Figure 1a, black contour). In addition to closely following the Antarctic Slope
Current (Supplemental Figure 3b), the 1000 m isobath closely follows the barotropic transport
(Supplemental Figure 3c). In the absence of friction, large-scale barotropic flow is constrained to
follow contours of constant planetary geostrophic potential vorticity, f/h, with f the Coriolis
parameter and h the bottom depth. Given that the flow on the Antarctic continental shelf has a
nontrivial barotropic component, the topography strongly constrains the flow [e.g., Rintoul et al.,
2013]. Consequently, the time mean depth integrated flow closely follows isobaths (since f does
not change much around the continent). Given that volume transport across the 1000 m isobath is
minimal (see Section 2.3), the depth integrated heat transport across the 1000 m isobath is
roughly independent of the chosen reference temperature. We note that during the summer
season, the depth integrated flow deviates from the 1000 m isobath near the western Antarctic
Peninsula. Significant flows can navigate the complex fjords and islands of the peninsula in the
absence of sea ice, with friction breaking the constraints of potential vorticity conservation.
Nonetheless, we choose a rigid definition of the ASF, the 1000 m isobath, given that the ASF is
well constrained by bathymetry and closely follows the Antarctic Slope Current.
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Along the circumpolar 1000 m isobath, we define the ASF “wall” as a virtual line
extending vertically from the surface to the seafloor. To study spatial variability of ocean
warming, we divide the Antarctic shelf region into 6 subdomains: western Peninsula, Weddell
Sea, western East-Antarctica, eastern East-Antarctica, Ross Sea, and Amundsen and
Bellingshausen Seas (Figure 1a). We perform a detailed heat budget analysis for the whole shelf
region as well as for the six subdomains.
To evaluate the climate response to increased atmospheric CO2, we compute the
difference between annual mean model output of the control and CO2-forced simulations over a
19-year period (years 62-80, with this period referring to years after the CO2-forced simulation
splits from the control). Starting at year 62, a strong polynya develops in the Weddell Sea, north
of our Weddell Sea subdomain, in both the control and CO2-forced simulations of CM2.6
[Dufour et al., 2017]. Taking the difference between the two simulations allows us to remove
most effects of the formation of the polynya on cross-ASF heat transport near the Weddell Sea
shelf break (see Supplemental Text and Supplemental Figures 1 and 2 illustrating the minimal
effect of the polynyas).
B.3.3 Heat and Volume Transport Across the ASF
Meridional and zonal advective fluxes of temperature and volume are integrated along
the discretized front of the ASF “wall” (see Appendix B of Dufour et al. [2015]). The transport is
calculated at each model level (0-1000 m depth) and each latitude-longitude coordinate along the
1000 m isobath contour (denoted by “S”),

̂ d𝑙 d𝑧,
Φ = 𝜌0 ∫𝑆 𝐶 𝒖 · 𝒏
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(1)

where Φ is the tracer transport, 𝜌0 is the reference density (1035 kg m-3), 𝐶 is the tracer
̂ is the normal vector along the “wall”
concentration, 𝒖 is the horizontal velocity vector, 𝒏
pointing shoreward, dl are the line segments along the “wall”, and dz is the model grid cell
thickness. The tracer concentration, 𝐶 is set to unity to compute volume transport in Sv.
Ocean temperature in °C becomes negative near Antarctica. We thus choose to reference
temperature to the seawater freezing point calculated from the thermodynamic equation of
seawater, 2010 (TEOS-10) [IOC et al., 2010]. Using the freezing point as a reference
temperature ensures that volume and heat transport are in the same direction, and it provides a
measure of the melt potential for the water reaching the ice shelves. This melt potential heat
transport arises by setting
𝐶 = 𝐶𝑝 (𝜃 − 𝜃𝑓 ),

(2)

where 𝐶𝑝 = 3992.1 J kg-1 K-1 is the seawater heat capacity and 𝜃𝑓 is the seawater freezing
temperature. In the ocean, the freezing temperature is a function of salinity and pressure, with
this dependence of importance to determine the ability of seawater to melt the ice shelf.
However, 𝐶 is not a conservative quantity when the melting temperature is a function of
pressure. Hence, as an approximation, we use a constant freezing temperature 𝜃𝑓 =-2.69°C,
which is the minimum freezing temperature found at the ASF “wall” in our simulations.
Additionally, we did not save the quantity (𝜃 − 𝜃𝑓 ) during model integrations. Thus, while
serving its primary role of ensuring that the volume and heat transports are in the same direction,
our use of the minimum freezing temperature in equation (2) provides an upper bound to the true
melting heat potential.
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Following the methods described in Griffies et al. [2015] and Dufour et al. [2015], we
decompose the total volume and heat transport into its time mean and transient eddy component
for years 62-80. In the CM2.6 simulations, we saved the monthly mean of the zonal and
meridional advective fluxes (Φ𝑡𝑜𝑡𝑎𝑙 ) which are accumulated at each model time step. The time
mean component (Φ𝑚𝑒𝑎𝑛 ) is calculated offline based on the 19-year monthly climatology of
ocean velocity, temperature, and ocean layer thickness. The eddy component is the difference
between the total component and mean component.
Φ𝑒𝑑𝑑𝑦 = Φ𝑡𝑜𝑡𝑎𝑙 − Φ𝑚𝑒𝑎𝑛 .

(3)

Thus, the eddy component includes mesoscale eddies and other features contributing to
interannual fluctuations of heat and volume transport across the ASF, while the time mean
component captures the climatological monthly cycle over the 19 years.
B.3.4 Analysis Methods for Heat Budget
For the entire Antarctic shelf region ocean, the heat budget is primarily composed of
surface heat fluxes and ocean advective heat transport across the ASF [Griffies, 2012]:
𝜕𝑡 (∑𝑘 𝐶𝑝 𝜃𝜌0 d𝑧) = −∇ ∙ (∑𝑘 (𝐶𝑝 𝜌0 𝐮𝜃d𝑧 + 𝐶𝑝 𝜌0 𝐅d𝑧 )) + 𝑄,

(4)

where net heat tendency on the left-hand side equals the sum of two terms on the right: the
convergence of resolved and parameterized ocean heat transport (𝐶𝑝 𝜌0 𝐮𝜃d𝑧 and 𝐶𝑝 𝜌0 𝐅d𝑧,
respectively), and the net surface heat flux (Q).
The convergence of ocean heat transport is the sum of the convergence of resolved lateral
and vertical advective fluxes and the convergence of advective fluxes from the submesoscale
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eddy parameterization [Fox-Kemper et al., 2011]. The net downward surface heat flux (Q) is the
sum of:
𝑅𝑎𝑑𝑖𝑎𝑡𝑖𝑣𝑒 𝑓𝑙𝑢𝑥𝑒𝑠 = 𝑄𝑠 + 𝑄𝑙 ,

(5)

𝑇𝑢𝑟𝑏𝑢𝑙𝑒𝑛𝑡 𝑓𝑙𝑢𝑥𝑒𝑠 = 𝑄ℎ + 𝑄𝑒 + 𝑄𝑚𝑐 + 𝑄𝑚𝑝 ,

(6)

𝑀𝑎𝑠𝑠 ℎ𝑒𝑎𝑡 𝑓𝑙𝑢𝑥𝑒𝑠 = 𝑄𝑐 + 𝑄𝑟 + 𝑄𝑝𝑚𝑒 ,

(7)

where Qs is shortwave radiation, Ql is longwave radiation, Qh is sensible heat, Qe is latent heat of
evaporation, Qmc is heat to melt calved ice, Qmp is heat to melt frozen precipitation, Qc is heat
flux at ocean surface from calving ice, Qr is heat flux at ocean surface from runoff, and Qpme is
heat flux from precipitation minus evaporation transfer of water across the ocean surface.
Several terms work to redistribute heat in the vertical, but vanish when integrated over
the full water column, including vertical advection, penetrative heating from shortwave radiation,
vertical diffusion, and the non-local heat redistribution from the KPP boundary layer
parameterization [Large et al., 1994]. The sum of the latter two terms measures the net vertical
mixing of heat within a water column (more details on vertical mixing can be found in Appendix
C.4.2.1). Lastly, other negligible terms are not included in the equations above but are kept as
part of our analysis to ensure heat budgets close to within computational roundoff.
B.4 Results
B.4.1 Antarctic Shelf Region Warming and Freshening
The 0-1000 m volume-averaged ocean temperature of the Antarctic shelf region increases
by 0.56°C in CM2.6 during years 62-80 of the 2xCO2 experiment compared to the control
simulation (Figure 1a). The warming in the six subdomains ranges from 0.36°C to 0.98°C, with
the Ross Sea exhibiting the largest warming magnitude and the Weddell Sea the smallest.
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Furthermore, the spatial variation of the 0-1000 m temperature anomalies closely resembles the
warm anomalies at depth rather than near the surface. Near the surface, temperature anomalies
are more spatially uniform except for larger warming near the shelf along the western Antarctic
Peninsula and Bellingshausen Sea (Supplemental Figure 5).
Additionally, the 0-1000 m volume-averaged ocean salinity of the Antarctic shelf region
decreases by 0.14 psu (Figure 1b). This freshening is a result of increased precipitation, sea ice
melt, and increased runoff/calving from the coast. The shelf region dynamic sea level increases
in response to the local freshening via a large halosteric sea level rise (Figure 1c). Details on the
Antarctic shelf freshening and its influence on shelf warming are discussed in Appendix C.
Figure 2 illustrates the transient warming pattern as a function of depth. In each
subdomain, the surface warming gradually penetrates downward to ~100 m by year 80. By
contrast, the deep warming begins near the shelf floor and shows a general upward propagation
with time. The onset of the temperature anomalies varies by subdomain. In general, the upper
and deeper temperature anomalies remain positive after year ~30 and ~45, respectively. In the
following sections, we will investigate the mechanisms behind the different warming patterns at
different depths and across the subdomains.
B.4.2 0-100 m Warming and Heat Budget
For the 0-100 m depth range, the volume-averaged Antarctic shelf region temperature
increases by 0.33°C. The western Peninsula and Amundsen and Bellingshausen Seas (ASBS)
subdomains simulate the largest warming, with each warming by ~0.56°C (Figure 2). In contrast,
the other four subdomains only warm by ~0.25°C. The temperature increase over the Antarctic
shelf region results from a heating of +0.4 TW (Figure 3a, equation (4)). Net surface heating,
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ocean lateral and vertical advective heating, and vertical mixing of heat regulate temperature
anomalies in the top 100 m.
B.4.2.1 0-100 m Antarctic Shelf Region Net Surface Heat Flux
The net surface heat flux consists of multiple heat fluxes between the ocean and
atmosphere as well as heat exchanges between the surface ocean and sea ice, calving, runoff, and
precipitation, among other terms (equations (5-7)). All of the major surface boundary heat fluxes
are enhanced under CO2-forcing (Figure 3b). Due to a near-surface atmospheric warming of
2.80°C over the Antarctic shelf region and surface ocean warming, sea ice extent in the Antarctic
shelf region substantially decreases during the austral summer and early autumn (Supplemental
Figure 6). Thus, more shortwave radiation penetrates into the ocean. This positive feedback
works to extend the sea-ice minimum season. The more expansive ice-free region permits more
evaporative cooling and a larger ocean to atmosphere heat flux via longwave radiation and
sensible heat loss. Additionally, there are small increases in ocean heat loss due to melting
calved ice and frozen precipitation. The net response of the air-sea heat exchange is an increase
in surface ocean heat loss (6.1 TW, or by 25%). Note, the surface heat flux anomalies show clear
spatial variations. For example, the western Peninsula and Ross Sea subdomains show reduced
ocean-to-atmosphere heat flux.
B.4.2.2 0-100 m Antarctic Shelf Region Advective Heat Transport
The convergence of the three-dimensional ocean advective heat flux at 0-100 m increases
by 7.1 TW (or by 50%) in CM2.6 during years 62-80 of the 2xCO2 experiment compared with
the control simulation (Figure 3a). This advective heating works to offset the extra surface heat
loss. To assess this increase in heat convergence, we calculate the cross-ASF lateral and vertical
heat transport referenced to the minimum freezing point (see Section 3.3).
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In the control simulation, cross-ASF total volume and heat transport at 0-100 m is
shoreward, largely due to the annual mean coastal easterly wind stress (south of ~65°S, Figure 4)
and the resultant shoreward Ekman transport. Note, the control simulated zonal mean easterly
wind stress is strong relative to the time averaged (1981-2010) NCEP/NCAR and ERA-Interim
reanalyses (Figure 4c) [Kalnay et al., 1996; Dee et al., 2011]. With CO2-forcing, however, the
CM2.6 zonal mean easterly wind stress is more similar to the reanalyses.
In the control simulation, the cross-ASF shoreward volume transport is 6.1 Sv, which is
primarily driven by the time mean component (Supplemental Figure 7). In response to the CO2forcing, the peak Westerly wind stress shifts southward (by ~1° latitude) and the subpolar low
deepens (by ~1 to 3 hPa) causing the coastal Easterly wind stress to weaken (Figures 4b-d). The
weakening leads to a small reduction of the cross-ASF total onshore volume transport for 0-100
m. Meanwhile, the ocean temperature increases in the 0-100 m layer under CO2-forcing (Figure
2, Supplemental Figure 5). Despite the decreased shoreward volume transport in the upper 100
m, the near-surface warming causes shoreward heat transport to increase by 10.4 TW or by 27%
(Figures 5a and 5e). This onshore total heat transport anomaly is driven by the time mean
component and contributes to near-surface warming in the Antarctic shelf region.
Vertical advective heat divergence moves heat downward in the top 100 m (Figures 6 and
7a). With CO2-forcing, this vertical divergence increases by 3.8 TW or by 16%. In sum, the
magnitude of the cross-ASF heat transport anomaly is larger than the downward vertical heat
transport anomaly, resulting in a net advective heat convergence in the top 100 m of 6.6 TW (an
increase of 44%).
B.4.2.3 0-100 m Spatial Variation of Antarctic Shelf Region Warming
Figure 3a shows the increase in convergence of ocean heat advection for the upper 100 m
(7.1 TW, note the heat transport values in the previous section are referenced to the freezing
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point and thus will not agree with this number, see Section 2.3). This increase is partially
compensated by a net cooling by the surface boundary fluxes (-6.1 TW) and reduced upward
vertical heat mixing through the 100 m layer from below (-0.6 TW, the details of the vertical
mixing of heat are discussed in Appendix C). Thus, a net heating of +0.4 TW remains and leads
to 0-100 m warm anomalies across the Antarctic shelf region.
CM2.6 simulates a strong, narrow, predominately zonal and westward current around the
entire Antarctic shelf break (Supplemental Figure 8). This circumpolar current, as well as the
ASF, differs from observations near the western Antarctic Peninsula and into the ASBS region.
Here, observations show a weaker ASF and more eastward/northward flow influenced by the
nearby Antarctic Circumpolar Current and surface westerly wind stress [Jacobs, 1991;
Whitworth et al., 1998]. As noted in Section 3.1, the simulated ASF strength in these locations
may be influenced by the incomplete resolution of mesoscale eddies at these latitudes which
leads to reduced eddy induced transport and larger horizontal density gradients in the pycnocline.
Nevertheless, the westward currents along the shelf break and above the shelf drive heat
exchange through the lateral boundaries of the six subdomains (Figure 7b).
The lateral heat transports between subdomains are significant, with their magnitude
equivalent to advective heat transports across the ASF “wall” and through vertical advection.
Furthermore, the lateral heat transports between subdomains increase in the 2xCO2 experiment
(Figure 7b). This increase is due to both increased local ocean heat content and increased volume
transport of the westward shelf and shelf break currents. The ocean freshening on the shelf
enhances the dynamic sea level gradient across the shelf break (Figure 1c). Thus, the geostrophic
component of the shelf break current accelerates, which increases westward volume transport
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(Supplemental Figure 8). This strengthening of the current offsets any weakening of the coastal
current due to decreased easterly wind stress (Figure 4).
In response to CO2 forcing, the largest 0-100 m cross-ASF heat transport increase occurs
in the Weddell Sea (Figure 7b). However, this subdomain does not simulate the largest warming.
Instead, most of this heat is moved across the boundary between the Weddell Sea and the
western Peninsula subdomains. This large upstream lateral boundary heat exchange and net
downward surface boundary heat flux anomaly drives the relatively large warming of the
western Peninsula surface ocean (0.59°C, Figures 2 and 7b). Despite the large warming, there is
excess heat which moves downstream into the ASBS subdomain. This exchange contributes to
the relatively large temperature anomaly at 0-100 m in the ASBS subdomain (0.53°C, Figure 2).
This ASBS heating from the western Peninsula is partially compensated by an offshore crossASF heat transport anomaly (Figure 7b). Note, vertical advection and vertical mixing of heat
play a secondary role in the western Peninsula and ASBS 0-100 m heat budget.
The four remaining subdomains simulate a more modest 0-100 m warming due to a more
balanced heat budget (~0.25°C, Figure 2). In general, these four subdomains simulate increased
cross-ASF heat transport and heat transport from the upstream subdomain (Figure 7b). This
relative heating is compensated by more heat loss to the atmosphere, less upward mixing of heat
from below the 100 m layer, and more heat loss through the downstream subdomain boundary.
The one significant exception to this generalization occurs in the western East-Antarctica
subdomain. There, a relatively large onshore cross-ASF heat is partially compensated by
increased divergence of vertical heat advection which moves the excess heat downward through
the 100 m depth level (Figures 6 and 7b).
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B.4.3 100-1000 m Warming and Heat Budget
At 100-1000 m, the volume-averaged Antarctic shelf region temperature increases by
0.59°C. The Ross Sea subdomain shows the largest warming (1.07°C, Figure 2). Except for the
eastern East-Antarctica subdomain, which warms by 0.71°C, the Ross Sea subdomain warming
is more than double that of any of the other subdomains. From 100-1000 m, the Antarctic shelf
region heat budget consists of lateral and vertical heat advection and the vertical mixing of heat.
However, the heat budget is not balanced at these depths and leads to a shelf region net heating
anomaly of +1.9 TW (or by 140%, Figure 3c), driving the 100-1000 m temperatures anomalies
(Figure 2).
B.4.3.1 100-1000 m Antarctic Shelf Region Advective Heat Transport
With CO2 forcing, the total three-dimensional convergence of ocean heat advection at
100-1000 m increases by 1.2 TW (or by 10%, Figure 3c). To assess this increase in the Antarctic
shelf region advective heat convergence, we calculate the cross-ASF and vertical heat transport
referenced to the minimum freezing point (see Section 3.3). Additionally, we make the
calculations for both the 100-700 m and 700-1000 m ranges because the cross-ASF total heat
transport reverses from offshore to onshore at ~700 m (Figures 5b-c), and, the vertical heat
transport changes from divergent at deep depths to convergent at intermediate depths (Figure 6).
The cross-ASF eddy heat transport component and mean heat transport component work
in opposite directions at 100-700 m, unlike the 0-100 m layer wherein both the time mean and
eddy components are both onshore (Figures 5b and 5f). For the control simulation, the onshore
eddy heat transport is 22.5 TW which is countered by an offshore mean heat transport of 41.0
TW. With CO2 forcing, the onshore eddy heat transport moderately increases by 2.4 TW (or by
11%). However, the 100-700 m offshore mean heat transport increases more significantly by
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21.6 TW (or by 50%), resulting in a total offshore heat transport through the ASF from 100-700
m (Figures 5b and 7a).
In the control simulation at 700-1000 m, CM2.6 simulates a total onshore heat advection
of 5.3 TW which is primarily a result of the eddy component (Figures 5c and 5g). However,
under CO2 forcing the mean flow becomes dominant. The mean component increases by 19.3
TW from ~0 TW whereas the eddy component decreases by 2.8 TW (or by 50%). The switch of
the dominant onshore transport from eddy to mean flow at 700-1000 m in the 2xCO2 experiment
is discussed in the latter half of Section 5.1. In sum, under CO2-forcing, the 700-1000 m total
onshore heat transport increases by 16.5 TW (or by 300%), primarily due to its time mean
component (Figures 5c and 5g).
Vertical advective heat transport in the Antarctic shelf region works to disperse the
onshore cross-ASF heat anomalies at 700-1000 m into the above water. This upward heat flux
initiates vertical advective heat divergence at 700-1000 m and convergence of vertical advective
heat at 100-700 m (Figure 6). With the addition of downward heat advection from 0-100 m, the
redistribution of heat in the vertical works to spread positive temperature anomalies near the
surface and at deep depths to the intermediate depths (Figure 2). Furthermore, as a response to
the vertical heat convergence at 100-700 m, some of the excess heat at the intermediate depths is
transported laterally offshore through the ASF by the mean component (Figures 5c and 7a).
B.4.3.2 100-1000 m Antarctic Shelf Region Vertical Mixing of Heat
The vertical mixing of heat (sum of the vertical heat diffusion and the non-local heat
redistribution from the KPP boundary layer parameterization [Large et al., 1994]) occurs at the
subgrid-scale and is thus parameterized in CM2.6. Variations in vertical mixing can develop
through changes in the vertical temperature gradient and vertical diffusivity, as well as through
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buoyancy and mechanical forcing at the surface. Upward vertical mixing through the 100 m
layer and the 700 m layer is reduced in the CO2 experiment (Figures 7a, 7c, and 7d). This
reduction in vertical mixing leads to build-up of heat at depth, and explains 32% of the net
heating anomaly at 100-1000 m (0.6 TW of 1.9 TW, Figure 3c). Unless local vertical and lateral
heat advection move the heat anomalies away from the areas of reduced vertical mixing, the
reduced vertical mixing will initiate warming at depth. Details on vertical mixing and its
response to CO2-forced ocean warming and freshening are provided in Appendix C.
B.4.3.3 100-1000 m Spatial Variation of Antarctic Shelf Region Warming
The 100-1000 m increase in heat convergence by the three-dimensional advective field
(1.2 TW) and by the reduced upward mixing of heat (0.6 TW), results in an Antarctic shelf
region net heating of 1.9 TW and warming of 0.59°C at these depths (Figure 3c). The subdomain
temperature anomalies at these depths are controlled by these two processes, as well as lateral
heat transports across the subdomain boundaries. Here, we present important features of each
subdomains’ heat budget and the resultant subdomain warming for 100-700 m and 700-1000 m.
Note, a smaller depth range and large presence of topography results in a much smaller volume
of water from 700-1000 m as compared to 100-700 m (Figures 7a and 8); therefore,
comparatively small heat anomalies at 700-1000 m can still drive significant warming.
The Weddell Sea shows an onshore cross-ASF heat transport anomaly at 700-1000 m
(Figures 5g and 7d). The onshore cross-ASF heat transport anomaly is driven by a large CO2forced time mean component at 700-1000 m depths located between ~20°W and 45°W in the
Weddell Sea subdomain (Figure 5g). Unlike the control, the CO2-forced onshore spike is not
compensated by an offshore heat transport just west of ~45°W; rather, the heat remains onshore
of the ASF “wall”. Yet, the heat does not penetrate coastward onto the shelf nor significantly
warm the waters above the shelf floor as compared to the other subdomains (Figures 1a and 8).
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Instead, much of this heat is advected upward before transporting westward along the Antarctic
slope current at 100-700 m to the western Peninsula subdomain (Figures 6 and 7c-d). Note, the
heat transport across lateral boundaries at 700-1000 m is negligible, therefore, the heat from
these depths does not move downstream until vertically advected or mixed to intermediate
depths.
The western Peninsula subdomain experiences large heat flux changes across its
upstream and downstream lateral walls at 100-700 m (Figure 7c). These heat flux anomalies
largely compensate one another while the reduced vertical mixing of heat, convergence of
vertical advective heat, and increased cross-ASF heat transport all contribute to the 0.36°C
warming at 100-700 m. At 700-1000 m, the western Peninsula subdomain warms by 0.57°C due
primarily to increased cross-ASF mean heat transport (Figure 5g).
The ASBS subdomain heat anomaly below 100 m results from a large upstream lateral
heat anomaly (10.2 TW) from the western Peninsula at 100-700 m and a small onshore crossASF heat transport at 700-1000 m (0.6 TW, Figure 7c). Conversely, an offshore cross-ASF heat
transport anomaly at 100-700 m (10.3 TW), a downstream lateral heat transport anomaly at 100700 m (0.2 TW), and an upward vertical heat advection anomaly at 100 m (0.3 TW) move heat
out of the 100-1000 m ASBS region. The advective heat transport anomalies largely offset one
another, though a small three-dimensional advective heat convergence anomaly remains. This
advective convergence along with reduced vertical mixing at 100 m and 700 m results in the
warming of the 100-700 m and 700-1000 m layers by 0.41°C and 0.42°C, respectively (Figures
7c and 7d).
The Ross Sea offers a good example of cross-ASF heat transport penetrating the shelf and
driving large temperature anomalies at depth. From 100-1000 m, the Ross Sea warms by 1.07°C
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(Figures 1a and 2). This anomaly is primarily driven by increased onshore cross-ASF mean heat
transport at 700-1000 m (Figures 5g and 7d) and reduced upward vertical mixing of heat at 100
m and 700 m (Figures 7c and 7d). Similar to the Weddell Sea subdomain, CO2-forced onshore
cross-ASF mean heat transport from 700-1000 m also spikes in the Ross Sea subdomain (Figure
5g, between ~165°W and 178°W). Without an offshore transport to west of ~178°W to balance
the onshore transport (as in the control simulation), this heat anomaly remains shoreward of the
ASF “wall”. Some of the 700-1000 m excess heat is vertically advected to intermediate depths,
resulting in a net convergence of vertical heat advection at 100-700 m. Additionally, the heat
anomaly remains below 100 m due to reduced vertical mixing of heat. The relatively small heat
transport through the downstream lateral boundary is unable to remove the heat anomaly at these
depths, resulting in a warming of 0.99°C and 1.22°C at 100-700 m and 700-1000 m, respectively
(Figures 7c and 7d).
Under CO2 forcing, in both the eastern and western East-Antarctic subdomains, the
lateral heat transport anomalies through the 100-700 m upstream and downstream boundaries
largely offset one another (Figure 7c). Additionally, both subdomains lose more heat through
offshore cross-ASF heat transport at these depths. As such, the vertical advective heat
convergence is an important driver of the 0.56°C and 0.44°C warming at 100-700 m in the
eastern and western East-Antarctic subdomains, respectively (Figure 7c). Meanwhile, at 7001000 m an onshore cross-ASF heat transport anomaly occurs in each subdomain (Figure 7d).
This advective heating occurs at the same depth where the upward vertical mixing of heat is
reduced in the 2xCO2 experiment (Figure 7d). The net result is a build-up of heat near the shelf
floor and shelf slope with resultant warming at 700-1000 m depths (0.98°C and 0.71°C in the
eastern and western East-Antarctic subdomains, respectively, Figure 7d). Collectively, the
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reduced vertical mixing at 700-1000 m promotes the local build-up of heat which can be
vertically advected to intermediate depths resulting in warmer 100-700 m temperatures.
B.5 Discussion
Studies show cross-ASF heat transport at depth has a large eddy component [e.g., Nøst et
al., 2011; Hattermann et al., 2014; Stewart and Thompson, 2015]. In CM2.6, while the 100-700
m onshore eddy heat transport is large and increases with CO2 forcing, the 700-1000 m onshore
eddy heat is small and decreases with CO2 forcing (Figures 5b and 5c). At 700-1000 m the time
mean component, rather than the eddy component, brings the excess heat across the defined ASF
“wall”. Below we discuss this disagreement with earlier research and consider mechanisms that
may initiate the onshore transport of heat and formation of warm anomalies at depth in CM2.6.
B.5.1 Limitations of CM2.6 Regarding Cross-ASF Eddy Heat Transport
One reason for the minor role played by eddies in the cross-ASF heat transport could be
that the model resolution of CM2.6 is not fine enough to fully capture eddy heat transport near
the ASF. Along the Antarctic shelf break, the model grid spacing ranges from 4 to 6 km.
Previous studies show that refining the grid spacing at the shelf break from >2 km to ~1 km
increases cross-ASF eddy transport [Årthun et al., 2013; Stewart and Thompson, 2015].
Additionally, an ocean grid resolution of ~1 km better captures topographic waves and onshore
eddy heat transport triggered by the interaction of the Antarctic shelf break current and troughs
and canyons that cut into the shelf slope [e.g. Moffat et al., 2009; Dinniman et al., 2011; St.
Laurent et al., 2013]. Furthermore, a 1 km ocean grid spacing would increase mesoscale eddy
activity near the ASF and work to flatten the isopycnals locally. Such a flattening would generate
more isopycnals with slopes parallel to the continental slope, promoting more cross-ASF eddy
tracer transport and introducing new density classes with access to the shelf [Isachsen, 2011].
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Another reason for the reduced eddy heat transport at 700-1000 m in CM2.6 could be the
absence of simulated dense shelf water overflows. For example, in the Weddell Sea these
overflows of Antarctic Bottom Water cascade down the continental slope and shoal nearby CDW
[Orsi et al., 1999]. The shoaling allows additional CDW density classes to have access to the
continental shelf [Stewart and Thompson, 2016]. However, in CM2.6, the Weddell Sea
overflows do not reach depths greater than ~1500 m [Dufour et al., 2017]. Instead, the dense
saline waters on the shelf tend to mix with waters across the ASF at intermediate depths and thus
lose their water mass properties. This spurious diapycnal mixing is a well-known bias in level
coordinate ocean models [e.g., Winton et al., 1998; Danabasoglu et al., 2010]. For our study, the
absence of Antarctic Bottom Water flowing along the shelf slope to the abyssal ocean eliminates
a possible isopycnal pathway for eddy heat transport between the CDW and shelf [Stewart and
Thompson, 2016].
An alternative explanation to the reduced eddy heat transport at 700-1000 m may reside
with our definition and location of the ASF “wall”. The ASF “wall” is a vertical line from the
surface to the 1000 m isobath. As such, the ASF “wall” does not fully capture the simulated
ASF, which slopes down from near the surface to the shelf break (Figure 8, see contours in
control panels). Consequently, the ASF “wall” at greater depths tends to reside at or below the
boundary between the shelf waters and CDW, particularly after CO2 forcing (Figure 8, see
contours in control panels). CO2 forcing shoals this boundary, placing more of the ASF “wall”
below the simulated ASF and well within the CDW (Figure 8). Thus, at 700-1000 m the ASF
“wall” is recording onshore heat transport in the time mean component. In summary, eddy heat
transport, according to our definition, occurs at the boundary between shelf waters and CDW.
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Since this boundary shoals and moves shoreward with CO2 forcing, the rigid ASF “wall” fails to
record the eddy heat transport moving heat between simulated ASF at 700-1000 m.
Such a scenario causes the recorded onshore eddy heat transport to decrease and onshore
mean heat transport to increase at 700-1000 m (Figure 5c). Furthermore, the anomalous onshore
heat transport of the time mean component at 700-1000 m (19.3 TW, Figure 5c), provides an
upper limit to the amount of heat passing through the simulated ASF near the shelf slope that is
missed by our ASF “wall” definition. This heat transport through the simulated ASF likely has a
large eddy component given that during the control simulation, wherein the ASF “wall”
coincides better with the simulated ASF at 700-1000 m, the onshore heat transport was
exclusively by eddies (Figure 5c). Thus, our methods likely miss part of the 700-1000 m onshore
eddy heat transport through the simulated ASF but its contribution can be estimated.
B.5.2 Proposed Mechanisms for Increased Onshore Heat Transport
This study focuses on CO2-forced changes to the Antarctic shelf region heat budget that
lead to surface and deep warming on the shelf. Here, we expand on a few mechanisms that may
initiate the movement of CDW heat towards the shelves.
First, we comment on two mechanisms that shoal isotherms near the shelf break and lead
to increased transport of warm CDW onto the Antarctic shelf. These mechanisms are described
in Spence et al. [2014] and Spence et al. [2017]; both studies use model components similar to
CM2.6. Spence et al. [2014] find that weaker Easterly wind stress and the related decrease of
Ekman pumping shoals isotherms and isopycnals near the shelf break, introducing new pathways
for CDW to reach the shelf. A similar process is found in the CM2.6 results. With CO2 forcing,
the peak westerly wind stress strengthens and shifts poleward by about 1°, while the coastal
easterly wind stress (65°S–75°S) weakens (Figure 4). These wind changes as well as a low-
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pressure anomaly above the continent (Figure 4) agree with observations, reanalysis data, and
climate model data of a recent trend towards a positive Southern Annular Mode index [e.g.,
Thompson and Solomon, 2002; Marshall, 2003; Swart and Fyfe, 2012]. The weakened easterly
wind stress reduces poleward Ekman transport and associated downwelling in the shelf region
(Supplemental Figure 9). Therefore, the shoaling of isotherms near the shelf break (Figure 8)
may be a response to reduced Easterly wind stress as found by Spence et. al. [2014]. However, as
discussed in Appendix C, CO2-forced shelf freshening works to minimize the wind-driven
shoaling of isopycnals by creating a strong cross-ASF lateral density gradient that helps to
maintain the steep ASF isopycnal structure.
Spence et al. [2017] identify a shelf wave mechanism that can shoal isotherms near the
shelf break and lead to shelf warming. The isotherms shoal due to a compensation between
barotropic pressure gradients and baroclinic adjustments through arrested bottom Ekman
processes [e.g., MacCready and Rhines, 1993; Wåhlin et al., 2012]. To shoal warm isotherms,
the shelf wave mechanism requires an anomalous sea level low next to the coast. As their study
shows, this low sea level can be induced by weakening Easterly wind stress. However, in our
simulations, coastal freshening dominates wind driven changes to the dynamic sea level. The
large halosteric sea level rise leads to an anomalous positive dynamic sea level near the coast
(Figure 1c). In turn, arrested Ekman layer dynamics will act to deepen isotherms rather than
shoal them.
Thus, both Spence et al. [2014] and Spence et al. [2017] demonstrate wind-driven
mechanisms that shoal isotherms. In CM2.6, the wind trends are weaker than those found in
either Spence et al. [2014] or Spence et al. [2017]. Nonetheless, isotherms at the ASF “wall” and
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above the shelf do shoal with CO2 forcing (Figure 8), which promotes cross-ASF onshore
transport of lighter density classes (Supplemental Figure 10).
B.6 Conclusions
Using a global coupled climate model with an active mesoscale eddying ocean
component, we investigated the spatial and temporal characteristics of ocean warming and
climate change near Antarctica caused by a 1% per year increase of the atmospheric CO2
concentration. We find that different mechanisms cause significant ocean warming and net
heating in the upper 100 m (0.33°C) as compared to the ocean warming at 100-1000 m (0.59°C,
Figure 7). The near-surface ocean warming and net heating (0.4 TW) is primarily a response to
enhanced onshore advective heat transport across the shelf break (Figure 3a). Some of this heat is
counteracted by a larger ocean-to-air heat flux resulting from decreased sea-ice coverage
allowing for more interaction between the ocean and atmosphere. Furthermore, excess heat in the
0-100 m layer can be transported downstream (westward) to other areas of the shelf region,
thereby contributing to local warming (Figure 7b).
Below 100 m, the deep ocean warming on the shelf is controlled by the cross-Antarctic
Slope Front (ASF) transport of warm Circumpolar Deep Water (CDW), lateral heat transport
between subdomains, and vertical movement of heat by vertical advection and subgrid-scale
mixing (Figure 3c). With CO2 forcing, changes occur to every heat budget component, ultimately
summing to a 100-1000 m net heating of 1.9 TW. Figures 7c and 7d provides a synopsis of these
changes and displays pathways for heat to travel within and between subdomains.
The near-surface and deep warming both have implications for ice shelf basal melt. The
onshore transport of warm anomalies at the surface can enter an ice cavity near the surface and
initiate shallow melting [Jacobs et al., 1992; Jenkins et al., 2016]. Additionally, the simulated
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presence of CDW and build-up of heat at depth can reach the bottom of the ice shelves and
initiate deep melting [Jacobs et al., 1992; Jenkins et al., 2016]. Rignot and Jacobs [2002] show
that an ocean warming of 0.1°C near the grounding line will increase basal melt of ice shelves by
1 m yr-1. Given the current observed and simulated ice shelf basal melt rates range from ~0 to 20
m yr-1 (lowest rates in the Ross Sea, highest rates in the Amundsen and Bellingshausen Seas), the
CM2.6 shelf region volume average temperature anomaly of 0.56°C would increase basal melt
by more than 25%, assuming these anomalies reached the ice-ocean interface [Rignot et al.,
2013; Schodlok et al., 2016].
Continued observations of temperature on the shelf and near the ocean-ice interface of
Antarctica will provide essential data to test the ability of eddying climate models to accurately
represent this region’s small and large-scale dynamics. Advances in climate and ice sheet
modeling, such as coupling an interactive ice sheet model with even finer resolution ocean
models, will lead to more accurate projections of shelf warming, ice shelf melting, and the global
distribution of the associated sea level rise.
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B.8 Figures

Figure 1. CO2-forced Antarctic shelf region warming, freshening, and dynamic sea level change
for 0-1000 m, averaged during years 62-80 (°C, psu, cm). (a) 0-1000 m mean temperature
anomalies with listed volume-averaged temperature anomalies for the Antarctic shelf region and
each subdomain (clockwise from the top: western East-Antarctica, eastern East-Antarctica, Ross
Sea, Amundsen and Bellingshausen Seas, western Antarctic Peninsula, and Weddell Sea), (b)
salinity anomalies, (c) dynamic sea level change (global mean change is removed). Thin black
contour is the 1000 m isobath and location of the ASF “wall”. Thick black lines denote lateral
boundary between subdomains.
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Figure 2. Model layer mean potential temperature anomalies at depth for CO2-forced (years 180) minus years 62-80 average of the control simulation for each subdomain. Top 100 m is
enlarged to show details. Listed are the volume-averaged temperature anomalies for years 62-80
for the top 100 m and the 100-1000 m depth range.
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Figure 3. Major heat budget terms integrated over the 0-100 m (a and b) and 100-1000 m (c)
depth range for the Antarctic shelf region (TW). Years 62-80 averages of CM2.6 control (black),
CO2-forced (red), and CO2-forced minus control (numbers in parentheses). Positive values
reflect heat moving into the shelf region. The net surface heat flux is further divided into its
major contributors (b). Heat advection refers to the three-dimensional convergence of heat by
resolved advection (i.e., both lateral and vertical advection).
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Figure 4. Years 62-80 average sea level pressure (slp, hPa) and surface wind stress to the ocean
(N m-2). (a) Control slp with wind stress vectors. (b) CO2-forced minus control slp with wind
stress anomaly vectors. (c) Zonal mean wind stress over the ocean, asterisk denotes location of
maximum Westerly wind stress. Average of years 1981-2010 are used for the ERA-Interim
(https://www.ecmwf.int/en/research/climate-reanalysis/era-interim) and NCEP/NCAR reanalyses
(https://www.esrl.noaa.gov/psd/data/gridded/data.ncep.reanalysis.derived.surfaceflux.html). (d)
Along-ASF wind stress. Negative values for the control and CO2 experiment refer to Easterly
wind stress. Positive values for the CO2-forced minus control (gray) entail a weakening of the
Easterly wind stress.
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Figure 5. Years 62-80 average cross-ASF advective heat transport for three depth ranges for the
Antarctic shelf region in the control simulation (black) and CO2-forced (red, TW). a, b, and c
chart the sum of transports for the three components and three depth ranges. Listed are the values
of the CO2-forced minus control simulation. d shows shelf bathymetry from 0-1000 m and the
general route of the westward coastal current (blue arrows). e, f, and g graph the cumulative sum
of transports from 90°E westward (to agree with the direction of the coastal current). The heat
transports are referenced to the minimum freezing temperature and decomposed into the time
mean and eddy components (see Section 2.3). Positive (negative) transports are onshore
(offshore) across the ASF “wall”. Gray dotted lines through the right column panels marks the
boundaries of the subdomains.
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Figure 6. Depth profiles of years 62-80 average vertical advective heat convergence at each
model depth layer (TW). For the control (black) and CO2-forced (red) results, positive (negative)
values indicate a convergence (divergence) of vertical transport at that depth level (closed circles
mark the midpoint of a depth level). Note, divergence near the surface represents the downward
transport of heat from the surface and divergence near 1000 m represents upward transport of
heat associated with CDW. In general, these transports cause convergence in the intermediate
depths. The x-axes range differs for each row.
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Figure 7. Schematic of the heat budget and temperature anomalies for the Antarctic shelf region
and subdomains for the depth ranges of interest (TW, °C). (a) A generalized cross-shelf section
showing the movement of heat anomalies for the Antarctic shelf region (note, the 0-100 m depth
range is exaggerated to better show details). (b) For 0-100 m, cross-ASF and cross-subdomain
boundaries heat transport anomalies (arrows), vertical advective heat transports through the 100
m layer (vertical arrows), surface heat flux anomalies (shading), and mean temperature change
(stippling for >0.4°C and the text lists the numerical temperature change). (c) For 100-700 m,
symbol references are similar to (b) except the plus signs refer to vertical advective heat
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convergence and the shading refers to changes to the upward vertical mixing through the 100 m
layer. (d) For 700-1000 m, symbol references are similar to (b) except vertical arrows refer to
vertical advective heat transports through the 700 m layer and shading refers changes to the
upward vertical mixing through the 700 m layer. Note, the cross-subdomain boundary heat
transport anomalies are negligible at 700-1000 m and are not included in the schematic.
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Figure 8. Cross-shelf transects of potential temperature (°C, shaded) for locations in each of the
subdomains for years 62-80. The control and CO2-forced panels have 0.2°C contour levels with
the 0°C contour level in thick black. The CO2-forced minus control panels have 0.1°C contour
levels with the 0°C contour level (no temperature change) in thick black. The small yellow ticks
on the x-axes marks the top and bottom of the ASF “wall”. Note, the Prydz Bay cross-shelf
profile is located in the western East Antarctica region and the cross-shelf profile near the Totten
Glacier is located in the eastern East Antarctica region. The map insert shows the exact location
and length of each transect plotted over the shelf bathymetry.
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B.9 Supplementary Figures and Text
Supplemental Text 1.
The polynyas in the control simulation and CO2 experiment are relatively similar in size
and location. Additionally, the polynyas experience a similar deepening of the mixed layer depth
(MLD) and contain similar temperature and salinity properties within the MLD (Supplemental
Figure 1). Furthermore, cross-ASF total heat transport is more sensitive to the CO2-forcing than
the presence of a Weddell Sea polynya (Supplemental Figure 2). Comparing years 39-57 of the
control simulation (no Weddell Sea polynya present), to years 62-80 of the control (polynya
present), we find the cross-ASF total heat transport for the Antarctic region increases by only 1.0
TW (+ 4%). This 1.0 TW of change is sub-dominant relative to the larger change found when
comparing years 62-80 of the CO2-forced experiment (polynya present) to the same years in the
control (polynya present), in which the cross-ASF total heat transport increases by 7.7 TW
(+23%). Similarly, evaluating the cross-ASF total heat transport for just the Weddell Sea
subdomain reveals a 1.6 TW increase (+16%) due to presence of polynya in the control (years
39-57 compared to 62-80), but a 14.0 TW increase (+53%) due to CO2-forcing (years 62-80 of
the control compared to the same years of the CO2 experiment). Additionally, the cross-ASF heat
transport at each depth level is far more similar between the two different time periods from the
control simulation than between year 62-80 of the control versus the CO2 experiment
(Supplemental Figure 2).
Therefore, cross-ASF total heat transport is more sensitive to the CO2-forcing than the
presence of a Weddell Sea polynya. This conclusion provides support for the secondary role of
the polynya in cross-ASF total heat transport and justification that the effect of the polynyas in
the control and CO2 simulations, while not identical, are largely reduced when differencing the
two simulations.
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Supplemental Figure 1. Top row panels: Timeseries of winter (JJA) sea ice extent (blue,
dimensionless) and winter mixed layer depth (black). Second and third row panels: Hovmöller
diagram (depth versus time) of annual mean potential temperature (second row, °C) and salinity
(third row, psu) with a zoom on the top 200 m. Vertical dashed black line in the first three rows
marks year 62. All fields are averaged over the Weddell Sea open-ocean region (i.e. regions
deeper than 1000 m). This region is outlined by a thin black box in the bottom row panels, which
is overlaid on the winter mean sea ice extent for years 62-80 (0 for no coverage, 1 for full
coverage). The thick black line in the bottom row panels locates the ASF. These panels help
illustrate the similarity between each simulation’s polynya.
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Supplemental Figure 2. Total heat transport across the ASF “wall” integrated zonally and
meridionally for each depth level and for the full circumpolar ASF (left) and for the ASF located
in the Weddell Sea subdomain (right, TW). Data is the mean of control years 62-80 (with
polynya, black), of control years 39-57 (without polynya, blue), and of 2xCO2 years 62-80 (with
polynya, orange). This figure illustrates cross-ASF heat transport is far more sensitive to CO2forcing than to the presence of a Weddell Sea polynya.
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Supplemental Figure 3. 0-1000 m mean ocean current speed from CM2-1deg (a) and CM2.6
(b) control simulations, years 62-80 averaged (cm s-1). CM2-1deg is the 1° ocean resolution with
mesoscale eddy transport parameterization counterpart to CM2.6 [Griffies et al., 2015]. c. Quasibarotropic stream function for the CM2.6 control (Sv). The 108 Sv stream function contour is
blue. The black contour outlines the position of the ASF “wall” in CM2.6 (b and c). Note how
the 1000 m isobath closely follows the 108 Sv stream function contour around the continent,
with the exception of some deviation around the peninsula. Near the western Peninsula shelf, the
108 Sv contour splits, with one portion heading offshore and another portion continuing to
follow the 1000 m isobath. As noted in the main text, during the summer season, the depth
integrated flow deviates from the 1000 m isobath near the western Antarctic Peninsula.
Significant flows can navigate the complex fjords and islands of the peninsula in the absence of
sea ice, with friction breaking the constraints of potential vorticity conservation. As such, the 108
Sv stream function fluctuates along the 1000 m isobath in this region as flow maneuvers about
the fjords and islands of the peninsula.
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Supplemental Figure 4. A comparison between WOCE transects that end at the Antarctic shelf
and CM2.6 control transects corresponding to similar locations (see map insert for approximate
locations). Potential temperature (°C) is shaded with potential density (referenced to the surface)
contours (kg m-3). The density contour levels are from the published WOCE hydrographs and are
selected to provide detail; as such, the contour intervals are variable within a transect and
between transects, but the same contour intervals are used at a specific location for WOCE and
CM2.6. The 27.60 kg m-3 contour is thickened to assist with comparison between WOCE and
CM2.6. The WOCE vertical section name is listed in parentheses; more information can be
found at http://woceatlas.ucsd.edu/.
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Supplemental Figure 5. CO2-forced minus control temperature averaged over years 62-80.
Black contour outlines the position of the ASF “wall”; thick black lines denote the subdomain
boundaries.
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Supplemental Figure 6. Annual cycle of sea ice extent (dimensionless, blue) and into the ocean
shortwave radiation (TW, orange) for the Antarctic shelf region, calculated from monthly
averages for years 62-80 in the control and the CO2-forced (a). CO2-forced minus control results
for the shortwave radiation change (b, orange) and sea ice extent (b, blue).
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Supplemental Figure 7. Average cross-ASF volume transport for three depth ranges for the
Antarctic shelf region in the control simulation (black) and CO2-forced (red) for years 62-80
(Sv). This figure is the same as Figure 5 (left column) but for volume transport. The volume
transport is decomposed into the mean and eddy components (see Section 2.3). For the
simulations, positive (negative) transports are onshore (offshore) across the ASF “wall”. Listed
are the values of the CO2-forced minus control simulation.
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Supplemental Figure 8. Years 62-80 mean zonal current velocity averaged from the surface to
1000 m depth (cm s-1, top row). For the control, negative (positive) values entail westward
(eastward) zonal flow. For the CO2-forced minus control, negative values near the shelf entail
increased westward zonal flow.
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Supplemental Figure 9. Meridional Ekman transport (m2 s-1) and Ekman upwelling (m yr-1)
from the CO2-forced minus control for years 62-80. Black contour is the 1000 m isobath and
location of the ASF “wall”. For (a), positive values are northward anomalies, for (b), positive
values are upwelling anomalies (e.g., reduced downwelling in shelf region).
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Supplemental Figure 10. Years 62-80 mean meridional overturning circulation in Sverdrup
along the defined ASF “wall” for both the model depth coordinate system (top row) and σ0
coordinate system (bottom row). The total, time mean, and eddy component are calculated for
both the control and 2xCO2 experiment. A positive (negative) slope entails shoreward (offshore)
transport. With CO2 forcing, the upper ~100 m becomes less dense and onshore total transport is
reduced. Meanwhile, from ~700-1000 m there is an increase in onshore total volume transport
and this onshore transport includes lighter density classes with CO2 forcing.
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C.1 Abstract
A global climate model with an eddying ocean is used to establish connections between
ocean freshening and the magnitude and location of warming on the Antarctic shelf. An idealized
doubling of CO2 experiment freshens the Antarctic shelf seas through increases in local
precipitation, sea ice loss, liquid runoff, and iceberg calving. Large freshening anomalies along
the Antarctic Slope Front (ASF) increase the front’s lateral density gradient and steepen the
associated isopycnals. At these locations, the strengthened ASF limits onshore transport of heat
from the Circumpolar Deep Water. Conversely, in areas where the freshening is minimal at the
ASF, cross-ASF heat transport is less inhibited and leads to CO2-driven positive heat anomalies
above the shelf floor. Furthermore, heat can accumulate at depth as freshening increases vertical
stratification on the shelf and reduces upward mixing of heat associated with diffusion and
convective processes. The reduction of upward mixing of heat below 100 m represents 32% of
the net heating anomaly in the Antarctic shelf region due to CO2 forcing. Lastly, CO2 forcing
increases the eddy kinetic energy along the ASF. This response potentially leads to increased
cross-ASF onshore eddy heat transport. Through these mechanisms, shelf freshening is shown to
influence the magnitude and location of shelf warming. These results demonstrate the need to
consider future salinity changes to the shelf region when projecting future shelf warming, ice
shelf mass loss, and global sea level rise.
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C.2 Introduction
The Antarctic ice shelves are thinning [Shepherd et al., 2004; Pritchard et al., 2012],
accelerating the rate of ice sheet flow into the shelf seas and increasing the potential for rapid
retreat of marine-based ice sheets [Pollard and DeConto, 2009; Favier et al., 2014; Joughin et al.,
2014]. Increases in ice shelf basal melt and calving rates are driving the loss of the buttressing
ice shelves [Rignot and Jacobs, 2002; Rignot et al., 2013; Depoorter et al., 2013; Pollard et al.,
2015; DeConto and Pollard, 2016]. A warming climate increases meltwater on the ice shelves
which fill crevasses and leads to ice shelf “hydrofracturing” and calving [Nick et al., 2010;
Banwell et al., 2013; Pollard et al., 2015]. Moreover, observations and future projections show
an increasing presence of warm waters below the ice shelves, elevating ice shelf basal melt rates
[Jacobs et al., 1992; Pritchard et al., 2012; Jenkins et al., 2016].
The warm waters originate from intrusions of Circumpolar Deep Water (CDW) located
offshore from the shelf break at depth [Whitworth et al., 1998]. CDW reaches the continental
shelf and nearby ice shelves at many locations around Antarctica [Pritchard et al., 2012],
including the western side of the Antarctic Peninsula [Martinson and McKee, 2012], the
Bellingshausen and Amundsen Seas [Jacobs et al., 1996; Payne et al., 2004, Martinson et al.,
2008; Christie et al., 2016], near the Totten Glacier on the Sabrina Coast in East Antarctica
[Greenbaum et al., 2015], and near the Amery ice shelf in Prydz Bay in East Antarctica [HerraizBorreguero et al., 2015].
The pathways and mechanisms for onshore transport of CDW varies by location along
the Antarctic shelf break. Near the western Antarctic Peninsula and in the Bellingshausen and
Amundsen Seas (ASBS), the eastward flowing Antarctic Circumpolar Current (ACC) brings
CDW near the shelf break [Thoma et al., 2008; Holland et al., 2010; Jacobs et al., 2011]. At
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these locations, onshore CDW transport can be triggered by the interaction between the ACC and
the topography and the weaker currents near the shelf slope [Moffat et al., 2009; Dinniman et al.,
2011; St. Laurent et al., 2013]. At other locations (Weddell Sea, Ross Sea, and East Antarctica),
the ACC does not bring CDW as close to the continental shelf. Instead, at these locations the
Antarctic Slope Front (ASF) forms a barrier separating the shelf seas from the offshore CDW.
The coastal easterly wind stress and resultant Ekman downwelling near the shelf creates steep
isopycnals that tilt down towards the continental slope [Whitworth et al., 1998]. The
characteristic sloping isopycnals of the ASF create large lateral density gradients, making crossASF heat transport difficult. Nonetheless, CDW can be transported via mesoscale eddies onto the
shelf along isopycnals near the shelf slope that connect the CDW with the shelf seas below the
ASF core [e.g., Nøst et al., 2011; Hattermann et al., 2015; Stewart and Thompson, 2015; Stewart
and Thompson, 2016].
The objective of this study is to evaluate three mechanisms by which CO2-forced
Antarctic shelf freshening can influence cross-ASF onshore heat transport and shelf warming
below 100 m. First, previous studies show surface freshening in the Southern Ocean increases
stratification and reduces vertical mixing of heat, preventing warmer waters at depth from
reaching the surface [Aiken and England, 2008; Bintanja et al., 2013; Morrison et al., 2015]. Our
study evaluates this feedback with respect to freshening and heat associated with CDW on the
shelf, rather than in the ocean interior [Timmermann and Hellmer, 2013]. Second, our results
show CO2-forced freshening near the shelf break increases the cross-ASF lateral density gradient
and steepens the isopycnals associated with the ASF. Previous studies demonstrate that such
changes to the ASF restrict the number of isopycnals available for cross-ASF eddy heat
transport, thus strengthening the front’s barrier characteristic [Isachsen, 2011; Hattermann et al.,
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2015; Stewart and Thompson, 2015]. The present study assesses the freshening-induced changes
to the ASF and how these changes control the location of warm anomalies above the shelf. Third,
Nøst et al. [2011] show shelf freshening induces buoyancy above the shelf and increases local
potential energy. The potential energy can be released through increased eddy kinetic energy
(EKE) at the ASF in the form of mesoscale activity. This study examines whether fresheninginduced increases in EKE result in enhanced cross-ASF onshore eddy heat transport.
The present study uses a fully coupled global climate model with an eddying ocean to
study salinity and temperature changes to the Antarctic shelf region under an idealized doubling
of CO2 experiment (2xCO2). This Appendix expands on the Antarctic heat budget changes
discussed in Appendix B to include a focus on the connection between shelf freshening and shelf
warming at depths greater than 100 m. Through the three mechanisms listed above (reduced
vertical mixing, strengthening of the ASF, and increased EKE), we show that shelf freshening
becomes an important mechanism for controlling onshore heat transport and the spatial
distribution of heat anomalies on the Antarctic shelf. The paper is organized as follows: Section
3 describes the model and experiment, Section 4 presents the simulation results and the
underlying mechanisms, Section 5 includes our discussion, and Section 6 contains our
conclusions.
C.3 Model and Methods
C.3.1 Model and Simulations
In this study, we use model output from the GFDL CM2.6 global coupled climate model
[Delworth et al., 2012; Griffies et al., 2015]. The ocean component is based on the Modular
Ocean Model Version 5 (MOM5) [Griffies, 2012] and employs the z* vertical coordinate system
with 50 levels. Using a Mercator projection, the horizontal resolution of the ocean component is
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0.1°, which equates to 4-6 km grid spacing along the ASF. The parameterization of eddy
transport is not used in CM2.6; however, mixed-layer submesoscale eddy parametrization is used
[Fox-Kemper et al., 2011]. As discussed in Appendix B, a grid spacing of about 1 km is
necessary to capture the full mesoscale eddy field near the ASF [St-Laurent et al., 2013;
Hallberg, 2013; Stewart and Thompson, 2015]. As such, cross-ASF eddy heat transport is likely
limited by the 4-6 km horizontal grid spacing in CM2.6 (for details, see Appendix B.5.1).
The atmospheric component of CM2.6 has a horizontal resolution of about 50 km with 32
vertical levels. The coupled sea ice component has three levels, one snow and two ice, as well as
five ice thickness classifications. CM2.6 neither resolves ice shelf cavities nor is coupled to a
dynamic ice sheet model. Mass balance over Antarctica is maintained by altering the flux of
surface runoff and calving to equate net precipitation over the continent. Therefore, the shelf
seas’ freshwater budget is sensitive to changes in precipitation, evaporation, surface runoff,
calving, and sea ice production and melt. For a comprehensive description of CM2.6, see
Delworth et al. [2012] and Griffies et al., [2015].
Our experimental design is the same as described in Appendix B.3.2. In summary, the
CM2.6 control simulation is run for 200 years with 1860-preindustrial conditions. The 2xCO2
experiment branches from the control at model year 121, at which point the atmospheric CO2
concentration increases by 1% per year until year 200. At this rate, a doubling of CO2 (~570
ppm) occurs at the end of model year 190.
C.3.2 Analysis Regions and Time Period
We define the Antarctic shelf region as the ocean region shoreward of the 1000 m isobath
(Figure 1a, black contour). Extending vertically from the shelf floor to the sea surface, we define
a virtual ASF “wall” along the 1000 m isobath. The ASF “wall” offers a good approximation of
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the (model simulated) location of the ASF because the 1000 m isobath closely follows the
Antarctic Slope Current (Supplemental Figure 1a) and the barotropic transport, which is well
constrained by bathymetry (Supplemental Figure 1b, for details see Appendix B.3.2). We
partition the Antarctic shelf region into six subdomains to study the spatial variability of
warming and freshening. The subdomains include the western Antarctic Peninsula, Weddell Sea,
western East-Antarctica, eastern East-Antarctica, Ross Sea, and Amundsen and Bellingshausen
Seas (Figure 1a).
To evaluate climate change due to the CO2 forcing, we analyze the last 19 years of the
control and CO2 simulation (model years 182-200). Hereinafter, we refer to model years 182-200
as years 62-80 to coincide with the amount of time after CO2 forcing began. Also, our time
period begins at year 62, rather than 61, to minimalize the effect of a polynya developing in the
Weddell Sea (details can be found in Appendix B.3.2 and B.9).
C.3.3 Eddy Heat Transport and Eddy Kinetic Energy
The 0.1° ocean component of CM2.6 captures a rich eddy field and high eddy kinetic
energy (EKE) along the Antarctic Coastal Current [Delworth et al., 2012]. Climate models with a
coarser ocean grid spacing, ~1.0°, fail to capture these features well and do not accurately
represent other coastal processes and distributions of local ocean properties [Yin et al., 2011;
Heuze et al., 2013]. Given the importance of mesoscale activity to cross-ASF heat transport (e.g.,
St-Laurent et al. [2013], Hallberg [2013], Stewart and Thompson [2015]), we quantify changes
to eddy heat transport and EKE at the ASF “wall” under CO2 forcing. Furthermore, we assess the
impact of shelf freshening on these processes.
Eddy heat transport across the ASF “wall” is calculated as the difference between the
total heat transport and the time mean heat transport (for details, see Appendix B.3.3, Griffies et
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al., [2015], and Dufour et al., [2015]). The total heat transport (Φ𝑡𝑜𝑡𝑎𝑙 ) is calculated from the
monthly mean of zonal and meridional advective heat fluxes accumulated at each model time
step from year 62 to 80. The time mean component (Φ𝑚𝑒𝑎𝑛 ) is calculated offline from the 19year climatology of velocity, temperature, and ocean layer thickness. The eddy component
results from subtracting the mean component from the total heat transport.
Φ𝑒𝑑𝑑𝑦 = Φ𝑡𝑜𝑡𝑎𝑙 − Φ𝑚𝑒𝑎𝑛 .

(1)

Therefore, the eddy heat transport component contains mesoscale eddies and other processes
contributing to the interannual fluctuations of heat transport at the ASF “wall”.
EKE is calculated using every fifth day, daily mean fields of zonal and meridional current
velocities during a three-year period from years 69-71. Note, the three-year period is selected to
limit computation time while maintaining the ability to show EKE changes due to a doubling of
CO2. The EKE equation follows Stevens and Killworth [1992]:
EKE =

1
2

′2 + 𝑣 ′2 ),
̅̅̅̅̅̅̅̅̅̅̅̅
(𝑢

𝑢′ = 𝑢 − 𝑢̅.

(2)

(3)

For the equations above, 𝑢̅ represents the time average zonal current velocity and 𝑢′ represents
deviations from the time mean zonal current velocity. Similar definitions hold for the meridional
current velocity, 𝑣.
C.4 Results
Appendix B.4 offers a detailed heat budget and explanation of Antarctica shelf region and
subdomain warming for the upper 100 m, 100-700 m, and for 700-1000 m. Here, we summarize
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the results for 100-1000 m followed by an analysis of CO2-induced shelf freshening and its
influence on the heat budget at depth.
C.4.1 Antarctic Shelf Region Heat Budget and Warming
CO2 forcing drives a 1.9 TW net heating anomaly (or a 140% increase to the control
background net heating) in the 100-1000 m Antarctic shelf region (Figure 2). The positive
heating anomaly results from three processes: an increase to the onshore 700-1000 m cross-ASF
heat transport, an increase to the downward vertical heat advection from 0-100 m, and a
reduction of upward vertical mixing at 100 m (Figure 3a). Approximately 90% of the 100-1000
m positive heat anomaly resulting from these processes is returned off-shelf by increased 100700 m cross-ASF offshore heat transport. The net result is a 1.9 TW heat anomaly that drives a
100-1000 m volume-averaged 0.59°C shelf region warming.
The 100-1000 m heat budget components for the six shelf subdomains include: crossASF heat advection, cross-lateral subdomain boundary heat advection, vertical heat advection,
and vertical mixing of heat (Figures 3a and 3c-d). The inhomogeneous shelf warming is due to
the variety of CO2-forced changes to these heat budget components across the Antarctic shelf
region. In general, warming in the 100-1000 m subdomain is initiated by onshore cross-ASF heat
transport at 700-1000 m. The heat anomalies are then vertically advected or mixed upward
towards the intermediate depths (100-700 m). At 100-700 m, heat anomalies may spread across
the subdomain or move downstream along westward flowing currents, upward into the nearsurface layer (0-100 m), or flow offshore to the ocean interior. The largest subdomain warming
anomalies occur at 700-1000 m (0.42°C to 1.22°C) (Figure 3d), with less warming at 100-700 m
(0.21°C to 0.99°C) (Figure 3c).
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The Ross Sea and Weddell Sea both experience large increases in onshore cross-ASF
heat transport at 100-1000 m (particularly at 700-1000 m, Figures 3c-d). At 100-1000 m, the
Ross Sea subdomain warms the most of the six subdomains (1.07°C). Whereas, the Weddell Sea
warms the least of the six subdomains (0.37°C) (Figure 4), despite similar onshore cross-ASF
heat transport anomalies. The difference in warming between subdomains motivates additional
analysis of the heat budget including the role of shelf freshening in the formation and distribution
of heat anomalies in the Antarctic shelf region.
C.4.2 Antarctic Shelf Region Freshening
In the 2xCO2 experiment, increased precipitation (minus evaporation), sea ice loss, and
runoff/calving freshen the Antarctic shelf region (Figures 1b and 5). The freshening signal
penetrates downward and reaches depths greater than 500 m, most notably in the Weddell Sea
(Figures 1b and 6d). The freshening anomaly reduces the volume-averaged salinity of the 0-1000
m Antarctic shelf region by 0.14 psu, with 0-100 m anomalies across the subdomains near 0.35
psu (Figure 4). As a response to the ocean freshening, the halosteric component of the dynamic
sea level in the shelf region rises by up to 20 cm (Figure 1c).
C.4.2.1 Freshening Controls on Vertical Mixing of Heat
Previous studies show that surface freshening in the Southern Ocean can lead to reduced
convective mixing of heat between the surface and warmer waters below. For example, reduced
vertical mixing of heat can result in sea ice expansion [Bintanja et al., 2013], slow abyssal
overturning [Morrison et al., 2015], or both [Aiken and England, 2008]. Here, we focus on
freshwater forcing and the response of vertical mixing of heat on the continental shelf rather than
on the broader domain of the Southern Ocean and large-scale overturning circulation. We
hypothesize that surface freshening can restrict upward mixing of heat and lead to a build-up of

139

warm anomalies on the shelf below 100 m. To evaluate this hypothesis, we examine the
relationship between the Antarctic shelf region warming at depth and the surface freshening and
investigate the associated response of vertical mixing of heat as the water column freshens.
The lead lag correlations between the detrended annual time series of the 0-100 m salinity
anomalies and the 100-1000 m temperature anomalies for each subdomain show the shallow
freshening anomalies precede the deeper warm temperature anomalies by 1 to 3 years (Figure 4,
line graphs). There is a significant relationship between the time series of salinity and
temperature anomalies in multiple regions (R = ~0.70 in the Weddell Sea, Ross Sea, and eastern
and western). The correlation is weaker (R = ~0.35) for the ASBS and western Peninsula
subdomains, yet are still significant at the 99% confidence level.
We investigate the mechanism for the correlation between 0-100 m salinity anomalies
and 100-1000 m temperature anomalies by first examining the vertical mixing of heat around
Antarctica. In CM2.6, the vertical mixing of heat occurs at the subgrid scale and is thus
parameterized. We define vertical mixing as the sum of vertical diffusion and the non-local
tendency related to the KPP boundary layer parameterization [Large et al., 1994]. The KPP
parameterization includes a non-local transport that accounts for such processes as boundary
layer eddies whose transport may be unrelated to the local vertical gradient of the mean
temperature field. Vertical mixing is sensitive to changes in the vertical temperature gradient,
vertical diffusivity (which is sensitive to salinity forcing), as well as buoyancy and mechanical
forcing at the surface. Figure 7 shows the depth profile of the vertical mixing for each Antarctic
shelf region subdomain, summed cumulatively from the bottom upward. A positive value of
vertical mixing implies upward mixing of heat, and a negative value implies downward mixing
of heat.
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CO2-forced shelf freshening reduces vertical diffusivity (Supplemental Figure 2) and
increases vertical stratification. As a result, the vertical sum of upward mixing of heat decreases
below 100 m in all subdomains except in eastern East-Antarctica (Figures 3c and 7).
Collectively, the Antarctic shelf region experiences a 0.6 TW reduction of upward heat mixing
through the 100 m level (Figure 2). This 0.6 TW reduction of upward heat mixing explains 32%
of the net heating anomaly at 100-1000 m. These results show that the CO2-induced freshening
reduces the upward mixing of excess shelf heat and contributes to warm temperature anomalies
at 100-1000 m.
Relatively large decreases in vertical mixing of heat also occur at 700-1000 m depths
(Figure 7). As indicated by the difference between the control and CO2 simulations, the
freshening anomalies (Figure 8, see contours) fill the shelf and alter the isopycnals (Figure 9, see
contours), often down to the depth of the shelf break. These freshening anomalies reduce
diffusivity and vertical mixing even at depths of 700-1000 m. This reduction of vertical mixing
limits upward movement of heat at the same depth where there is increased cross-ASF onshore
heat transport (Figures 3d and 11). The combination of reduced upward mixing of heat and
increased cross-ASF onshore heat transport results in the build-up of positive heat anomalies at
700-1000 m depths. As these heat anomalies build, they can only be dispersed from 700-1000 m
by vertical heat advection (Supplemental Figure 3) because lateral heat transport between
subdomains at these depths is negligible (Figure 3d).
C.4.2.2 Freshening Controls on Cross-ASF Heat Transport
Unlike the top 100 m, where large freshening anomalies (greater than ~0.20 psu) occur
nearly everywhere in the Antarctic shelf region, the large freshening anomalies at 200-1000 m
are primarily located in the Weddell Sea and along the East Antarctic shelf (Figures 6c-d). To
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examine the response of cross-ASF heat transport to deep freshening near the ASF, we first
analyze the Weddell Sea subdomain.
The Weddell Sea shelf freshening increases the lateral density gradient along the ASF,
which separates the relatively fresh shelf seas from the relatively saline CDW (Figures 1d, 8, and
9, see contours). At 700-1000 m, this response prevents the heat anomaly associated with
increased cross-ASF onshore heat transport (Figure 3d) from reaching the shelf floor and
spreading across the Weddell Sea subdomain. Consequently, the 700-1000 m cross-ASF onshore
heat transport anomaly and subsequent warming is confined to the region near the shelf break
and ASF “wall” (Figure 9, see shading). Unable to penetrate coastward, much of this heat is
advected upward before moving downstream at intermediate depths (100-700 m) to the western
Peninsula subdomain (Figures 7c-d and Supplemental Figure 3). Thus, strong freshening at depth
and near the shelf break in the Weddell Sea subdomain strengthens the lateral density gradient
near the ASF; this mechanism limits isopycnal pathways for heat transport onto the shelf floor
and towards the ice shelves.
In contrast to the deep freshening anomalies along the full length of the ASF in the
Weddell Sea subdomain, the other subdomains include locations where the deep freshening
anomaly near the ASF is less pronounced (less than ~0.20 psu, Figure 6d). At these locations, the
freshening effect on the cross-ASF density gradient and steepening of the isopycnals near the
shelf break is less pronounced than what occurs in the Weddell Sea subdomain. In the following
Section, we compare the impact of shelf freshening on shelf warming in the Weddell Sea
subdomain to the impact of shelf freshening on shelf warming within the other five subdomains.
Specifically, we analyze the effects of shelf freshening by looking at cross-shelf transects (one
for each of the subdomains) at locations with relatively large warming anomalies at depth.
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C.4.2.3 Freshening Influence on Subdomain Warming
The CO2-induced freshening near the shelf break in the Ross Sea subdomain and
corresponding lateral density gradient increase at the ASF “wall” is much weaker compared to
the freshening and gradient increase of the Weddell Sea subdomain (Figures 1b, 1d, and 8).
Therefore, at many locations along the ASF the isopycnal structure (Figure 9, see contours) is
less restrictive to cross-ASF onshore heat transport (Figure 3d). Upon reaching the subdomain,
the heat is advected laterally and vertically above the shelf floor, warming most of the Ross Sea
subdomain (Figures 1a, 6b, and 9). Additionally, heat further accumulates at depths greater than
100 m because the vertical mixing of heat decreases at depths ~625 m to 1000 m and near 100 m
(Figures 3c-d and 7). Consequently, upward mixing of heat slows and warm anomalies develop
at depth. Therefore, both the limited increase in the ASF lateral density gradient and reduced
vertical mixing contribute to the 100-1000 m volume averaged 1.07°C warming in the Ross Sea
subdomain (Figure 4).
As mentioned at the end of Section 5.1, below 100 m the Weddell Sea and Ross Sea both
experience large cross-ASF onshore heat transport anomalies (Figures 3c-d) and reduced vertical
mixing of heat (Figure 7). Yet, the magnitude of the 100-1000 m volume-averaged warming is
far less in the Weddell Sea subdomain (0.37°C vs. 1.07°C, Figure 4). In the Weddell Sea
subdomain, large freshening anomalies (greater than ~0.20 psu) extend at depth near the ASF
“wall” (Figure 6d). The increased lateral density gradient (Figures 1d and 8) prevents the heat
that passed shoreward of the ASF “wall” from penetrating onto the shelf floor (Figure 9).
Instead, large heat fluxes move the anomalies downstream into the western Antarctic Peninsula
subdomain (Figure 3c-d). In the Ross Sea subdomain, large freshening anomalies neither reach
the shelf break nor increase the lateral density gradient near the ASF (Figures 6b and 8).
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Therefore, the 100-1000 m cross-ASF heat transport anomalies can penetrate shoreward and
warm waters throughout the Ross Sea subdomain, driving a much larger volume-averaged
temperature increase compared to the Weddell Sea subdomain.
Next, we examine the freshening effects on shelf warming for a location near the Totten
Glacier (eastern East-Antarctica) and a location within the Prydz Bay near the Amery Ice Shelf
(western East-Antarctica). Both locations warm by ~1°C at the shelf floor and greater than 0.5°C
below 500 m (Figure 9). Despite freshening-induced strengthening of the ASF (Figures 6d and
8), these warm anomalies reach the shelf floor. In both locations, a deep shelf break maintains a
pathway for cross-ASF onshore heat transport even while the ASF strengthens (Figures 8 and 9).
By contrast, the shelf break in the Weddell Sea subdomain is shallower and the continental slope
prevents isopycnal pathways for heat to access the shelf (Figure 9, see contours) [Stewart and
Thompson, 2015].
The eastern and western East-Antarctica subdomains contain other locations where large
warm anomalies at depth coincide with locations of deep shelf bathymetry (Figures 6b and 6e).
Thus, at these locations cross-ASF heat transport is able to occur along isopycnal pathways
below the ASF core and reach the shelf floor due to a relatively deep shelf break. Once on the
shelf, the heat accumulates due to reduce vertical mixing below ~600 m (Figure 7). Therefore,
the depth of the shelf break and shelf freshening both play a role in the location and magnitude of
shelf warming in these subdomains.
The western Peninsula and ASBS subdomains freshen by 0.38 and 0.31 psu, respectively,
in the upper 100 m (Figure 4). In both subdomains, the freshening reduces vertical mixing below
100 m and contributes to a significant (at 99% confidence) temporal correlation between 0-100
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m freshening and 100-1000 m warming (Figure 4). However, the relationship between surface
freshening and deep shelf warming is much weaker for the western Peninsula and ASBS (r =
~0.35) when compared to the other subdomains (r = 0.67 to 0.72, Figure 4). We attribute the
weaker correlation to the influence of large lateral heat transport anomalies, which mask the
surface freshening and deep warming relationship. The western Peninsula subdomain is supplied
with a relatively large heat transport anomaly (8.2 TW) from the Weddell Sea subdomain at 100700 m (Figure 3c). At the same depth, the western Peninsula transports a large heat anomaly
(10.1 TW) downstream to the ASBS subdomain. The ASBS subdomain also transports a large
heat anomaly offshore at 100-700 m (10.3 TW). These large lateral fluxes control much of the
heat budget; thus, reducing the temporal relationship between surface freshening and deep
warming that is driven by reduced vertical mixing of heat.
The western Peninsula and ASBS cross-shelf transects show a moderate increase in the
cross-ASF lateral density gradient due to freshening (Figure 8) and an increase in westward
velocity of the coastal current (Figure 10, see contours). In observations, the ASF and westward
coastal current are largely absent near the western Peninsula and ASBS, instead, the eastward
ACC flows near the shelf break and westerly wind stress limits ASF development [Gill, 1973;
Jacobs, 1991]. This discrepancy between the CM2.6 simulated ASF and westward coastal
current and the observations in the region, is likely a result from the horizontal ocean grid
resolution (for details, see Appendix B.5.1). Therefore, the warming and freshening response to
CO2 forcing in the western Peninsula and ASBS subdomains may be influenced by the model
design. Nonetheless, the cross-shelf transects show warming on the shelf below 100 m that is a
product of large lateral heat transports, including the cross-ASF heat transport below the ASF
core at 700-1000 m, as well as reduced vertical mixing of heat (Figures 3c-d, 7, and 9).
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C.5 Discussion
C.5.1 Proposed Freshening Mechanism for Increased Onshore Heat Transport
In the previous Section, we established that freshening can control heat anomalies on the
shelf by influencing local vertical mixing of heat and by impacting cross-ASF heat transport via
changing the structure of the isopycnals at the shelf break and ASF. Through these responses
freshening can work to decrease or strengthen heat convergence on the Antarctic shelf,
demonstrating that shelf freshening is a contributor to the location and magnitude of the 1001000 m shelf warming. In addition to modulating the development and movement of heat
anomalies in the Antarctic shelf region, shelf freshening can also actively increase cross-ASF
onshore eddy heat transport by increasing EKE near the ASF.
Nøst et al. [2011] show that Antarctic shelf freshening increases local buoyancy and
available potential energy on the shelf. The available potential energy is released through
increased EKE at the ASF, which drives cross-ASF onshore eddy transport at depth [Nøst et al.,
2011; Stewart and Thompson, 2015]. The CO2-forced increases in EKE near the ASF (shading in
Figure 10) may be associated with increased buoyancy and available potential energy on the
shelf. However, the increased velocity of the Antarctic Coastal Current may also contribute to
local EKE increase (contours in Figure 10). In CM2.6, the shelf freshening leads to a larger
cross-shelf-break dynamic sea level gradient and a corresponding velocity increase of the
westward coastal current due to geostrophic dynamics (contours in Figure 1c and Figure 10).
Therefore, both buoyancy and increased velocity of the Antarctic Coastal Current likely
contribute to the enhanced EKE at the ASF.
The defined ASF “wall” likely misses part of the onshore eddy heat transport at 700-1000
m in the 2xCO2 experiment (see end of Appendix B.5.1), so it is possible that the increased EKE
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near the shelf break is driving more onshore eddy heat transport at 700-1000 m than we have
calculated (Figure 11). If true, this EKE-driven increase in onshore eddy heat transport at 7001000 m would agree with the increases found for both EKE and eddy heat transport at 0-100 m
and 100-700 m (Figure 11). Nonetheless, the ocean component horizontal resolution in the
present study (0.1°) may prove to be too coarse to accurately capture the eddy-energy budget
[Stewart and Thompson, 2016]. Near the ASF, a numerical model with a ~0.025° horizontal
resolution is needed to resolve the first baroclinic Rossby radius of deformation (~1 km) and the
full mesoscale eddy field [Hallberg, 2013; Stewart and Thompson, 2015]. As such, a complete
understanding of the relationship between shelf freshening, EKE, and cross-ASF eddy heat
transport remains out of reach for global coupled climate models.
C.5.2 Interactions Among the Responses to Shelf Freshening
Above the shelf floor, freshening reduces the vertical mixing of heat and directly
contributes to warming below 100 m (Figures 1b, 2, 3, and 7). Shelf freshening also increases
buoyancy and available potential energy above the shelf, which can increase EKE at the ASF
[Nøst et al., 2011]. EKE also increases through a greater coastal current velocity resulting from a
halosteric-driven geostrophic response (Figures 1c and 10). Increases in EKE near the ASF may
drive more onshore eddy heat transport and contribute to positive heat anomalies on the shelf
[Nøst et al., 2011; Stewart and Thompson, 2015]. Yet, shelf freshening can also limit the crossASF transport of heat into the Antarctic shelf region.
Freshening near the ASF increases the lateral density gradient and steepens and deepens
the associated isopycnals (Figures 1d, 8, and 9). The steepening of the isopycnals near the shelf
slope suppresses eddy development and in turn, onshore heat transport [Isachsen, 2011; Stewart
and Thompson, 2015]. Where the shelf break/floor is shallow (less than ~500 m below the
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surface), increasing the lateral density gradient or deepening of the ASF core can effectively
eliminate isopycnal pathways previously connecting the CDW with the shelf (Figure 9, see
Weddell Sea subdomain) [Stewart and Thompson, 2015].
Therefore, our results suggest that freshening-driven warming would preferentially occur
at locations where the shelf freshens to a point that reduces vertical mixing of heat above the
shelf and increases EKE at the ASF. However, to maximize shelf warming, the freshening
should remain minimal along the shelf break at depth to prevent the strengthening of the ASF
and loss of connecting isopycnals. Future work focusing on the Antarctic shelf region freshwater
budget and the timing of freshwater anomalies at the shelf break will advance understanding of
the interaction between freshening effects and cross-ASF eddy heat transport. This type of
research would require a global coupled climate model with a fully resolved mesoscale eddy
field. Such a climate model with fully resolved mesoscale eddies is currently beyond available
computing power, so sensitivity studies of freshwater forcing using smaller domains and
observations of the shelf seas salinity fields and trends will continue to prove vital to
understanding freshening’s role in shelf warming.
C.6 Conclusions
Doubling atmospheric CO2 concentrations from preindustrial levels drives Antarctic shelf
warming and freshening in an eddying global climate model (Figures 1a-b). Shelf freshening
results from increased precipitation, increased surface runoff and calving, and a reduction in sea
ice formation (Figure 5). Heat associated with the Circumpolar Deep Water (CDW) is the
primary source and driver of warm temperatures below 100 m in the Antarctic shelf region. Our
results show that shelf freshening alters several heat budget components and mechanisms,
revealing feedbacks between shelf freshening and shelf warming.
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First, the shelf freshening limits vertical mixing of heat, notably at ~700-1000 m where
CDW enters the shelf region and at ~100 m, which prevents heat from moving into the surface
waters (Figures 7c-d). This reduction in upward mixing of heat explains 32% of the net heating
anomaly for the Antarctic shelf region (Figure 2). By contrast, shelf freshening also works to
strengthen the lateral density gradient as well as steepen and deepen the isopycnals associated
with the ASF (Figures 1d, 8, and 9). This response limits cross-ASF connecting isopycnals and
cross-ASF heat transport [Isachsen, 2011; Stewart and Thompson, 2015]. Lastly, freshening at
the ASF increases eddy kinetic energy and possibly onshore eddy heat transport. Although it is
difficult to confirm an increased in onshore eddy heat transport due to our definition of the ASF
“wall” and due to the limitations regarding the resolution of the eddy field in the CM2.6 0.1°
ocean grid (Figures 10 and 11).
Our research highlights CO2-forced shelf freshening as an important contributor to
Antarctic shelf warming. Continued observations and model studies are necessary to quantify
and distinguish between the freshening mechanisms and shelf warming.
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C.8 Figures

Figure 1. CO2-forced Antarctic shelf region warming, freshening, dynamic sea level change, and
lateral density gradient change for 0-1000 m, averaged during years 62-80 (°C, psu, cm, x10-3 kg
m-3 km-1), adapted from Figure B1. (a) 0-1000 m mean temperature anomalies with listed
volume-averaged temperature anomalies for the Antarctic shelf region and each subdomain
(clockwise from the top: western East-Antarctica, eastern East-Antarctica, Ross Sea, Amundsen
and Bellingshausen Seas, western Antarctic Peninsula, and Weddell Sea), (b) salinity anomalies
with listed volume-averaged salinity anomalies for the Antarctic shelf region and each
subdomain (c) dynamic sea level change (global mean change is removed), and (d), lateral
density gradient change. The lateral density gradient is the magnitude of the x and y centered
derivative for each grid cell. Thin black contour is the 1000 m isobath and location of the ASF
“wall”. Thick black lines denote boundary between subdomains.
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Figure 2. Major heat budget terms integrated over the 100-1000 m depth range for the Antarctic
shelf region (TW), adapted from Figure B3. Years 62-80 averages of CM2.6 control (black),
CO2-forced (red), and CO2-forced minus control (numbers in parentheses). Positive values
reflect heat moving into the shelf region. Heat advection refers to the three-dimensional
convergence of heat by resolved advection (i.e., both lateral and vertical advection).
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Figure 3. Schematic of the heat budget and temperature anomalies for the Antarctic shelf region
and subdomains for the depth ranges of interest (TW, °C), adapted from Figure B7. Note,
advective heat transports (cross-ASF, cross-lateral boundaries, and vertical) are referenced to the
minimum freezing point; for details see Appendix B.3.3. (a) A generalized cross-shelf section
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showing the movement of heat anomalies for the Antarctic shelf region (note, the 0-100 m depth
range is exaggerated to better show details). (b) For 0-100 m, cross-ASF and cross-subdomain
boundaries heat transport anomalies (arrows), vertical advective heat transports through the 100
m layer (vertical arrows), surface heat flux anomalies (shading), and mean temperature change
(stippling for >0.4°C and the text lists the numerical temperature change). (c) For 100-700 m,
symbol references are similar to (b) except the plus signs refer to vertical advective heat
convergence and the shading refers to changes to the upward vertical mixing through the 100 m
layer. (d) For 700-1000 m, symbol references are similar to (b) except vertical arrows refer to
vertical advective heat transports through the 700 m layer and shading refers changes to the
upward vertical mixing through the 700 m layer. Note, the cross-subdomain boundary heat
transport anomalies are negligible at 700-1000 m and are not included in the schematic.
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Figure 4. Temporal correlation between the 0-100 m salinity anomalies (freshening is blue, psu)
and the 100-1000 m temperature anomalies (°C). The anomalies are calculated as the difference
between each of the 80 years of the CO2-forced simulation and the years 62-80 control average.
For each subdomain, the top panel is the time series of the 0-100 m salinity anomalies (blue line,
right y-axis; note inverted scale) and the 100-1000 m temperature anomalies (red line, left yaxis). Listed is the detrended correlation coefficient between the two time series, with the best
correlation occurring when the temperature anomaly lags the salinity anomaly by 1-3 years
(temperature anomaly time series are shifted according to lag). All correlations are significant at
99% confidence. The middle and bottom panels show the 0-100 m salinity anomalies versus
depth and time and the 100-1000 m temperature anomalies versus depth and time, respectively.
For the middle and bottom panels, the listed values are the 0-100 m subdomain volume-averaged
salinity anomalies and the 100-1000 m subdomain volume-averaged temperature anomalies for
years 62-80.
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Figure 5. Freshwater sources to the ocean and land from the CO2-forced minus control for years
62-80 (mm day-1). The black (or yellow) contour outlines the position of the ASF “wall”. CM2.6
precipitation (frozen and liquid) minus evaporation (PME) plus runoff (calving and liquid, left),
sea ice (middle), and precipitation (frozen and liquid) minus evaporation over land (right). Note
the colorbar range; PME plus runoff dominates the freshening signal, particularly near the coast
where runoff is a factor.
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Figure 6. (a-d) CO2-forced minus control temperature (top row, °C) and salinity anomalies
(second row, psu) averaged at 0-100 m (left column) and 200-1000 m (right column) over years
62-80. Note, we choose 200-1000 m instead of 100-1000 m to reduce the influence of near
surface anomalies with the calculation of deep anomalies. Black contour outlines the position of
the ASF “wall”. (e) Bathymetry in units of meters below sea level. In (a) and (c), the thick black
lines mark the subdomain boundaries and in (b), (d) and (e), yellow lines mark the location of
the cross-sections for each subdomain, see Figures 8, 9, and 11.
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Figure 7. Depth profiles of vertical mixing of heat (sum of vertical diffusion and the non-local
tendency related to the KPP boundary layer parameterization) for each subdomain (TW). Results
are from the control simulation (black), CO2-forced (red), and CO2-forced minus control (gray)
averaged from years 62-80. These profiles result from cumulatively summing the heat mixing
tendencies from 1000 m to the surface. A positive value corresponds to a net upward transport of
heat for a given depth, as referenced to a zero transport at the ocean bottom. Yellow highlights
denote depths where the vertical heat transport is smaller in the CO2-forced simulation than the
control.
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Figure 8. Cross-shelf transects of the lateral potential density (referenced to the surface) gradient
(x10-3 kg m-3 km-1, shaded) with contours of constant salinity (psu, black lines) for locations in
each of the subdomains for years 62-80. The control panels have 0.1 psu contour levels with the
34.4 psu contour level in thick black. The CO2-forced minus control panels have 0.05 psu contour
levels. Dotted lines entail a reduction of salinity and the solid thick line is the 0 psu contour, where
no salinity change occurs. The small yellow ticks on the x-axes marks the top and bottom of the
ASF “wall”. The transect locations are the same as in Figures 11 and 12. Note, the Prydz Bay
cross-shelf profile is located in the western East Antarctica region and the cross-shelf profile near
the Totten Glacier is located in the eastern East Antarctica region. The map insert shows the exact
location and length of each transect plotted over shelf bathymetry.
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Figure 9. Cross-shelf transects of potential temperature (°C, shaded) with isopycnal contours of
potential density referenced to the surface (kg m-3, black lines) for locations in each of the
subdomains for years 62-80. The control panels have 0.5 kg m-3 isopycnal contour levels with the
27.6 kg m-3 contour level in thick black. The CO2-forced minus control panels have 0.2 kg m-3
isopycnal contour levels. Dotted lines entail a reduction of potential density and the solid thick line
is the 0 kg m-3 contour, where no density change occurs. The small yellow ticks on the x-axes
marks the top and bottom of the ASF “wall”. The transect locations are the same as in Figures 8
and 10.
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Figure 10. Cross-shelf depth transects of the logarithm of eddy kinetic energy (EKE, shaded and
thick contour) and zonal current velocity (contours) for the control simulation and 2xCO2
experiment (cm2 s-2, cm s-1). EKE is calculated using every fifth day, daily mean fields of zonal
and meridional current velocities during a three-year period from years 69-71, using methods
based on Stevens and Killworth [1992]. We add a the thick contour where EKE equals 1 cm2 s-2
to assist with comparison between the two simulations. The thin contours are zonal current
velocity with intervals of 2 cm s-1. Dotted thin contours entail westward zonal flow. Note, the
westward flow near the shelf break increases with CO2 forcing as does EKE. The small yellow
ticks on the x-axes marks the top and bottom of the ASF “wall”. The transect locations are the
same as in Figures 8 and 9.
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Figure 11. Years 62-80 average cross-ASF advective heat transport for three depth ranges for the
Antarctic shelf region in the control simulation (black) and CO2-forced (red, TW), adapted from
Figure B.5. a, b, and c chart the sum of transports for the three components and three depth ranges.
Listed are the values of the CO2-forced minus control simulation. The heat transports are
referenced to the minimum freezing temperature and decomposed into the time mean and eddy
components (see Appendix B.3.3). Positive (negative) transports are onshore (offshore) across the
ASF “wall”.
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C.9 Supplementary Figures

Supplemental Figure 1. (a) 0-1000 m mean ocean current speed from the control simulation,
years 62-80 averaged (cm s-1) and (b) quasi-barotropic streamfunction for the CM2.6 control
(Sv), adapted from Appendix B Supplemental Figure 3. The 108 Sv streamfunction contour is
blue. The black contour outlines the position of the ASF “wall” in CM2.6 in a and b. Note how
the 1000 m isobath closely follows the 108 Sv streamfunction contour around the continent, with
the exception of some deviation around the peninsula. Near the western Peninsula shelf, the 108
Sv contour splits, with one portion heading offshore and another portion continuing to follow the
1000 m isobath. During the summer season, the depth integrated flow deviates from the 1000 m
isobath near the western Antarctic Peninsula. Significant flows can navigate the complex fjords
and islands of the peninsula in the absence of sea ice, with friction breaking the constraints of
potential vorticity conservation. As such, the 108 Sv streamfunction fluctuates along the 1000 m
isobath in this region as flow maneuvers about the fjords and islands of the peninsula.
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Supplemental Figure 2. Depth profiles of the vertical diffusivity for temperature for each
subdomain (m2 s-1). Results from the control simulation (black), CO2-forced (red), and CO2forced minus control (gray). The weakening diffusivity is primarily caused by surface
freshening.
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Supplemental Figure 3. Depth profiles of years 62-80 average vertical advective heat
convergence at each model depth layer (TW), adapted from Figure B6. For the control (black)
and CO2-forced (red) results, positive (negative) values indicate a convergence (divergence) of
vertical transport at that depth level (closed circles mark the midpoint of a depth level). Note,
divergence near the surface represents the downward transport of heat from the surface and
divergence near 1000 m represents upward transport of heat associated with CDW. In general,
these transports cause convergence in the intermediate depths. The x-axes range differs for each
row.
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