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Abstract–We examine the occurrences, textures, and compositional patterns of spinels in the olivinephyric shergottites Sayh al Uhaymir (SaU) 005, lithology A of Elephant Moraine A79001 (EET-A),
Dhofar 019, and Northwest Africa (NWA) 1110, as well as the lherzolitic shergottite Allan Hills (ALH)
A77005, in order to identify spinel-olivine-pyroxene assemblages for the determination of oxygen
fugacity (using the oxybarometer of Wood [1991]) at several stages of crystallization. In all of these
basaltic martian rocks, chromite was the earliest phase and crystallized along a trend of strict Cr-Al
variation. Spinel (chromite) crystallization was terminated by the appearance of pyroxene but resumed
later with the appearance of ulvöspinel. Ulvöspinel formed overgrowths on early chromites (except
those shielded as inclusions in olivine or pyroxene), retaining the evidence of the spinel stability gap
in the form of a sharp core/rim boundary (except in ALH A77005, where subsolidus reequilibration
diffused this boundary). Secondary effects seen in chromites include reaction with melt before
ulvöspinel overgrowth, reaction with melt inclusions, reaction with olivine hosts (in ALH A77005),
and exsolution of ulvöspinel or ilmenite. All chromites experienced subsolidus Fe/Mg reequilibration.
Spinel-olivine-pyroxene assemblages representing the earliest stages of crystallization in each rock
essentially consist of the highest-Cr#, lowest-fe# chromites not showing secondary effects plus the
most magnesian olivine and equilibrium low-Ca pyroxene. Assemblages representing the onset of
ulvöspinel crystallization consist of the lowest-Ti ulvöspinel, the most magnesian olivine in which
ulvöspinel occurs as inclusions, and equilibrium low-Ca pyroxene.
The results show that, for early crystallization conditions, oxygen fugacity (fO2) increases from
SaU 005 and Dhofar 019 (~QFM -3.8), to EET-A (QFM -2.8) and ALH A77005 (QFM -2.6), to
NWA 1110 (QFM -1.7). Estimates for later conditions indicate that in SaU 005 and Dhofar 019
oxidation state did not change during crystallization. In EET-A, there was an increase in fO2 that may
have been due to mixing of reduced material with a more oxidized magma. In NWA 1110, there was
a dramatic increase, indicating a non-buffered system, possibly related to its high oxidation state.
Differences in fO2 among shergottites are not primarily due to igneous fractionation but, rather, to
derivation from (and possibly mixing of) different reservoirs.
INTRODUCTION
Oxygen fugacity (fO2) can be an important variable in the
crystallization of basaltic melts and an important indicator of
the nature of their source regions. Herd et al. (2001, 2002a)
and Wadhwa (2001) showed that fO2 varies among
shergottites (basaltic martian rocks) by 2 to 3 log units,
and may be correlated with geochemical parameters such as
La/Yb, initial 87Sr/86Sr, and initial Nd. Observed correlations
among the latter indicate the presence of long-term

incompatible element-enriched and -depleted reservoirs and
suggest that martian magmatism was characterized by mixing
between these reservoirs (Shih et al. 1982; Jones 1986, 2002;
Borg et al. 1997; Borg 2002). The suggested correlation of
oxygen fugacity with these parameters would indicate that
these reservoirs are oxidized and reduced, respectively (Herd
et al. 2001; Herd et al. 2002a).
Oxygen fugacities of shergottites have been determined
principally using using Fe-Ti oxide (ilmenite-ulvöspinel)
geothermometers and oxygen barometers (Stolper and
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McSween 1979; McSween et al. 1996; Ghosal et al. 1998; Hale
et al. 1999; Herd et al. 2001; Xirouchakis et al. 2002; Taylor et
al. 2002). These studies have sometimes produced conflicting
results for the same meteorites; in particular, fO2 estimates for
Shergotty and Zagami range from near the QFM (quartzfayalite-magnetite) buffer (Stolper and McSween 1979) to ~3
log units lower (Ghosal et al. 1998). This variability can be
attributed to differences in analytical results (electron
microprobe analyses of the oxides) and to the use of different
thermodynamic models. The study of Herd et al. (2001), which
is the most comprehensive to date, reduced these sources of
variabilty by applying the same Fe-Ti oxide geothermometer/
oxygen barometers (Ghiorso and Sack 1991; Andersen et al.
1993) to a self-consistent set of analytical data for the basaltic
shergottites Shergotty, Zagami, Los Angeles, Queen Alexandra
Range (QUE) 94201, Elephant Moraine A79001 lithology B
(EET-B), and also the groundmass of the olivine-phyric
lithology A of Elephant Moraine A79001 (EET-A).
Nevertheless, there are some concerns about the use of
Fe-Ti oxides to determine magmatic oxygen fugacities for the
shergottites. For example, Fe-Ti oxides are late-crystallizing
phases in these rocks and, furthermore, may be subject to
subsolidus reequilibration or reactions (e.g., Lindsley and
Frost 1992; Haggerty 1991; Xirouchakis et al. 2002).
However, Wadhwa (2001) determined values of DEu/DGd,
which are dependent on oxygen fugactity, in early-formed
augites in the shergottites, and Herd et al. (2001, 2002a)
demonstrated that these values correlate with fO2 derived
from the oxides. This suggests that the fO2 estimates do,
indeed, represent magmatic conditions (although the proper
calibration of DEu/DGd with fO2 remains uncertain; McCanta
and Rutherford 2002; Musselwhite and Jones 2003). Another
concern is that the basaltic shergottites do not represent
primary, mantle-derived magmas. They are clinopyroxeneplagioclase rocks with low bulk mg (=100 × molar Mg/[Mg +
Fe]) values, indicating high degrees of fractionation (Stolper
and McSween 1979). Thus, it is possible that their oxygen
fugacities have evolved relative to those of the primitive
(presumably olivine-saturated) magmas from which they
were derived.
An alternative method for determining oxygen fugacity is
to use assemblages of spinel, olivine, and low-Ca pyroxene as
an oxygen barometer (Wood 1991). This method circumvents
both of the above concerns because it can be applied to
olivine-rich shergottites that appear to represent more
primitive magmas than the basaltic shergottites and in which
chromite can be shown to be the earliest crystallizing phase.
Herd et al. (2002a) applied this method to shergottite Dar al
Gani (DaG) 476. We now extend this work to other olivinebearing shergottites.
In this paper, we describe the occurrences, textures, and
compositions of spinels in the olivine-phyric shergottites
Sayh al Uhaymir (SaU) 005, EET-A, Dhofar 019, and
Northwest Africa (NWA) 1110, as well as the lherzolitic

shergottite Allan Hills (ALH) A77005. We then evaluate the
data to distinguish primary crystallization trends and identify
spinel-olivine-pyroxene assemblages for determination of
oxygen fugacity at several stages of crystallization in each
rock. Results of the oxygen fugacity measurements are used
by Herd (2003) to evaluate evidence for mixing of reduced
and oxidized reservoirs on Mars. Here, we discuss some
petrologic implications.
Petrology of Olivine-Phyric and Lherzolitic Shergottites
The olivine-phyric shergottites have recently been
recognized, thanks to a boom in martian meteorite discoveries,
as an important martian rock type (Goodrich 2002). These 6
shergottites all have porphyritic textures, with ~13–30% large
crystals of olivine (commonly called megacrysts) and, in some
cases, also orthopyroxene in finer-grained groundmasses of
clinopyroxenes and plagioclase (maskelynite). They contain
chromite in addition to the ulvöspinel and ilmenite found in
basaltic shergottites and have more magnesian bulk and
mineral compositions than the basaltic shergottites. However,
they differ from one another in the range of olivine
composition and in modal pyroxene/plagioclase and augite/
pigeonite ratios (Goodrich 2002, 2003). Detailed descriptions
of EET-A are given by Steele and Smith (1982), McSween and
Jarosewich (1983), and Goodrich (2003). SaU 005 and Dhofar
019 are described by Goodrich (2003) and Taylor et al. (2002),
respectively. NWA 1110, described so far only in an abstract
(Goodrich et al. 2003), appears to be very similar to NWA
1068 (Barrat et al. 2002) and may be paired with it (Russell et
al. 2002).
Interpretations of the petrogeneses of these rocks vary,
particularly on the question of whether they represent
primitive magmas. EET A79001 was originally classified as a
basaltic shergottite (Steele and Smith 1982; McSween and
Jarosewich 1983) but is unique in that it consists of two
lithologies separated by an obvious contact. EET-B is a
clinopyroxene-plagioclase rock resembling the other basaltic
shergottites, and EET-A has been thought by most workers to
be a mixture of a B-like magma (i.e., non olivine-saturated)
and lherzolitic material (e.g., Steele and Smith 1982;
McSween and Jarosewich 1983; Wadhwa et al. 1994;
Mittlefehldt et al. 1999). However, Goodrich (2003) argued
that all magmas involved in the petrogenesis of EET-A were
olivine-saturated and that EET-B may represent a segregated
late fractionate of the same magma(s). She presented a similar
model for SaU 005, albeit with loss of late melt. Taylor et al.
(2002) concluded that Dhofar 019 is the product of a strongly
fractionally-crystallized, olivine saturated magma, with a
small cumulus olivine component. In contrast, Barrat et al.
(2002) suggested that NWA 1068 was derived from a basaltic
shergottite-like magma that accumulated and partly digested
fragments of an olivine-rich lithology, similar to original
interpretations of EET-A.
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The lherzolitic shergottites are cumulate olivineclinopyroxene rocks (40–60% magnesian olivine, <10%
plagioclase/maskelynite), with predominantly poikilitic
textures. In the poikilitic areas, large (several mm-sized)
pigeonite crystals enclose rounded oikocrysts of olivine. Nonpoikilitic areas have more typically basaltic textures, with
euhedra and subhedra of olivine and pyroxene, and interstitial
plagioclase (McSween et al. 1979a, b; Treiman et al. 1994;
Harvey et al. 1993; Ikeda 1994, 1997). Spinels (chromite to
ulvöspinel) occur in both types of area. Olivine compositions
are highly uniform (e.g., Table 1) and vary only slightly
between poikilitic and non-poikilitic areas, reflecting high
degrees of reequilibration (Lundberg et al. 1990). Detailed
descriptions of ALH A77005 are given by McSween et al.
(1979a, b), Lundberg et al. (1990), Ikeda (1994), and Treiman
et al. (1994). The mineralogy of the lherzolitic shergottites is
consistent with early accumulation from magmas having the
crystallization sequence of inferred primary basaltic
shergottitic magmas (McSween et al. 1979a, b) or from the
parent magmas of some olivine-phyric shergottites (Goodrich
2003).
SAMPLES AND ANALYTICAL METHODS
Most of the data for SaU 005 and EET-A discussed in this
paper are from Goodrich (2003). The new samples studied in
this work were one thick section of Dhofar 019, NWA 1110
sections #2 and 8 (prepared from a 1.25 g sample obtained from
Matthew Morgan at Mile High Meteorites), and ALH
A77005,118 and ALH A77005,10. Forty-five spinel grains in
Dhofar 019, 70 in NWA 1110, and 36 in ALH A77005 were
examined by SEM (JEOL JSM-LV5900) and EMP (Cameca
SX-50) at the University of Hawaii. Where size permitted,
multiple center-to-edge compositional profiles were obtained
from each grain. For all spinels included in olivine or pyroxene,
host compositions were determined. In addition, extensive
surveys of olivine and pyroxene compositions in Dhofar 019
Table 1. Range of olivine compositions and olivine-spinel
associations.

SaU 005
EET-A
Dhofar 019
NWA 1110
ALH A77005
a Range
b Range

Range of
Fo

Type 1
chromitesa

Ulvöspinel b

74–62
80–53
73–25
73–44
75–70

74–69
79–60
58–41
73–50
75–71d

<68
<60
<61?c
<62
71–70e

of olivine compositions in which type 1 chromites occur.
of olivine compositions in which type 2 spinels and ulvöspinel grains

occur.
Dhofar 019, no type 2 spinels completely enclosed in olivine were
observed; one grain occurs in Fo 61 olivine, but with ulvöspinel only in
contact with the groundmass; individual grains of ulvöspinel were observed
in olivine of Fo <45.
d Poikilitic areas.
e Non-poikilitic areas.
c In
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and NWA 1110 were conducted to determine the full extent of
variation within each rock. The conditions for EMPA were 15
keV accelerating potential, 30 nA beam current, and 20–40 sec
counting times, with a focused beam. Natural and synthetic
oxides and silicates were used as standards, and PAP f-r-z
corrections were applied to the analyses. These conditions are
comparable to those used by Goodrich (2003) for analysis of
spinels in SaU 005 and EET-A. Some spinels in SaU 005 and
EET-A were reanalyzed, and the results were determined to be
consistent with those of Goodrich (2003). The Fe2O3 contents
of all spinel analyses were recalculated from EMP analyses by
constraining the sum of cations to be 3 (Carmichael 1967).
Errors on magnetite contents, estimated by propagating 2sigma analytical errors on all major elements through the
calculations, are £10% relative. Equilibration temperatures
were calculated using the olivine-spinel thermometer of Sack
and Ghiorso (1991a). The activities of Fe3O4 in spinel were
calculated using the MELTS Supplemental Calculator (Sack
and Ghiorso 1991a, b). Oxygen fugacities for spinel-olivinepyroxene assemblages were calculated from Equation 2 of
Wood (1991), which depends on temperature, the mole
fractions of Fe2+ and Mg in olivine and pyroxene, and the
activity of Fe3O4 in spinel. The total pressure in the calculations
was assumed to be 1 bar. Oxygen fugacities are reported
relative to the QFM buffer of Wones and Gilbert (1969).
SPINELS IN OLIVINE-PHYRIC SHERGOTTITES
In the four olivine-phyric shergottites studied, chromite
occurs both as individual grains (type 1) and as cores of
composite grains (type 2) rimmed by chromian ulvöspinel
(Figs. 1a–1i). Type 1 chromites occur as inclusions in olivine,
predominantly of the more magnesian compositions (relative
to the range in each rock [Table 1]). Type 2 spinels occur in
the more ferroan olivine (Table 1), commonly only partially
enclosed and with ulvöspinel rims only in contact with the
groundmass (Figs. 1k and 1l), but are more abundant in the
groundmass. Ulvöspinel also occurs as individual grains in
the more ferroan olivine and in the groundmass. In SaU 005,
EET-A, and Dhofar 019, type 1 chromites are small (<30 mm),
generally anhedral, and rare. In contrast, in NWA 1110, they
range up to ~150 mm in size, are commonly subhedral to
euhedral (Figs. 1k and 1l), and are much more abundant than
type 2 spinels. Both core and overall grain shapes of type 2
spinels in all four rocks vary considerably (Figs. 1a–1i),
showing both anhedral and subhedral forms (in particular,
cores are commonly rounded and/or embayed). Overall grain
sizes range up to ~500 mm. In almost all type 2 chromites,
cores are pervaded by many small cracks that end abruptly at
the core-rim boundary (Figs. 1a–1i), while rims contain few
cracks (larger cracks extend through both core and rim). This
textural boundary betweeen cores and rims correlates reliably
with the compositional boundary between chromite and
ulvospinel. In addition to these major types of spinels, a
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Fig. 1. Spinels in olivine-phyric shergottites EET-A, SaU 005, Dhofar 019, and NWA 1110: a) through i) backscattered electron images (BEI)
of type 2 spinels, with chromite cores and ulvöspinel rims; j) BEI of two-phase exsolutions of spinel (white) and pyroxene (dark grey) in
olivine (light grey) in EET-A; k) BEI of olivine crystal with spinel inclusions (white) in NWA 1110; l) combined elemental X-ray map (red =
Ti; green = Si; blue = Mg) of area shown in (k). Olivine is blue, pyroxenes are green, maskelynite is yellow. Low-Ti chromite grains are black
and have rims of ulvöspinel (red) where in contact with the groundmass. Red grains in the groundmass are ulvöspinel and ilmenite. Black areas
in groundmass are largely weathered.

magnetite-rich spinel occurs, intergrown with pyroxene, in
micron to submicron-sized inclusions in olivines in SaU 005,
Dhofar 019, and EET-A (Fig. 1j).
Chromites included in olivine (type 1) are similar in
composition in all 4 rocks (Fig. 2a). They contain <3%

ulvöspinel (molar 2Ti/[2Ti + Cr + Al]) component, show small
ranges of high Cr# (molar Cr/[Cr + Al]), and are normally
zoned (Cr# decreasing from center to edge). Their magnetite
(molar Fe3+/[Fe3+ + 2Ti + Cr + Al)]) contents are ~1–3% in
SaU 005 and Dhofar 019, 2–4% in EET-A, and ~4–11% in
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Fig. 1. Spinels in olivine-phyric shergottites EET-A, SaU 005, Dhofar 019, and NWA 1110: a) through i) backscattered electron images (BEI)
of type 2 spinels, with chromite cores and ulvöspinel rims; j) BEI of two-phase exsolutions of spinel (white) and pyroxene (dark grey) in olivine
(light grey) in EET-A; k) BEI of olivine crystal with spinel inclusions (white) in NWA 1110; l) combined elemental X-ray map (red = Ti; green
= Si; blue = Mg) of area shown in (k). Olivine is blue, pyroxenes are green, maskelynite is yellow. Low-Ti chromite grains are black and have
rims of ulvöspinel (red) where in contact with the groundmass. Red grains in the groundmass are ulvöspinel and ilmenite. Black areas in
groundmass are largely weathered.

NWA 1110 (Figs. 3a–3d). Their fe# (molar Fe2+/[Fe2+ + Mg])
values (Figs. 4a–4d) are negatively correlated with host
olivine compositions (e.g., Fig. 5), and reflect subsolidus
reequilibration. Temperatures calculated from chromite-host
pairs, using the olivine-chromite geothermometer of Sack and

Ghiorso (1991a), are ~1030–970°C for SaU 005, ~1170–
1000°C for EET-A, 1125–1040°C for Dhofar 019, and ~1050–
850°C for NWA 1110 (note that temperature estimates given
by Goodrich [2003] for SaU 005 and EET-A were based on the
olivine-chromite geothermometer of Fabries [1979], which
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Fig. 2. Compositions of spinels in four olivine-phyric and one lherzolitic shergottite in the system chromite (molar Cr/[Cr+2Ti+Al])ulvöspinel (molar 2Ti/[Cr+2Ti+Al])-spinel (molar Al/[Cr+2Ti+Al]). Data from this study and Goodrich (2003).

may be inappropriate because it was calibrated for ultramafic
rather than basaltic rocks and gives lower temperatures).
Within each rock, chromite cores of composite spinel
grains (type 2) are similar to type 1 chromites in ulvöspinel
and magnetite contents (Figs. 2a–2e and 3a–3d). This is also
true with respect to Cr#, though in EET-A, all type 2 chromite
cores have slightly lower Cr# than type 1 chromites, and in
SaU 005, they show a slightly larger range (Figs. 4a and 4c).
In the most common pattern of compositional zonation (as
evidenced in center-to-edge profiles) of type 2 spinels
(pattern 1), chromite cores show strict Cr-Al variation (small
ranges of Cr# with normal zonation) similar to type 1
chromites, while ulvöspinel rims follow a trend of ulvöspinel
variation at nearly constant Al content (Figs. 2a–2e and 6a–
6d). In SaU 005, EET-A, and Dhofar 019, this results in a
discontinuous change in zonation trend and a distinct gap in
ulvöspinel content (largest in EET-A) between cores and rims
(Figs. 2a–2e, 3a, 3b, 3d, and 6a–6d). In SaU 005 and Dhofar
019, magnetite contents of the earliest ulvöspinel are only

slightly higher than those of chromite cores, whereas in EETA, there is a significant gap in magnetite content between
cores and rims (Figs. 3a, 3b, 3d, and 6d). In NWA 1110,
although most type 2 spinels show a distinct core/rim
boundary (Figs. 1g–1i), with a gap in Ti content between
cores and rims similar to that in SaU 005, in some grains, the
gap is smaller (Figs. 2e, 3c, and 6a), and the extremely small
range of Cr# variation in type 2 cores results in a trend of
nearly continuous chromite-ulvöspinel variation (Fig. 2e).
There is also a continuous and dramatic increase in magnetite
content from cores through rims of type 2 spinels in NWA
1110 (Fig. 3c). The fe#s of the chromite cores of type 2
spinels in SaU 005, Dhofar 019, and EET-A range from
slightly lower values than those shown by their corresponding
type 1 chromites to values similar to those of their
corresponding earliest ulvöspinels (Figs. 4a–4d); most cores
are nearly homogenous in fe#, but the larger ones show fe#
increasing from center to edge (Fig. 6c). In NWA 1110, the
fe#s of the chromite cores of type 2 spinels are higher than
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Fig. 3. Magnetite versus ulvöspinel content for spinels in four olivine-phyric and one lherzolitic shergottite. Chromites included in olivine
(type 1) and chromite cores of composite chromite-ulvöspinel grains (type 2) are compositionally similar in each of the olivine-phyric
shergottites (only zonation pattern 1 is shown for type 2 chromite cores). Magnetite contents of chromites increase from SaU 005 and Dhofar
019, to EET-A and ALH A77005, to NWA 1110 (note the different y-axis scale for NWA 1110 in [e]). The gap in Ti content between chromite
cores and ulvöspinel rims of composite grains is largest in Dhofar 019 and EET-A and almost nonexistent in some grains in NWA 1110.
Ulvöspinel contents of rims range to higher values than shown. Spinels in non-poikiltic areas of the lherzolitic shergottite ALH A77005 show
continuous variation between chromite and ulvöspinel. Data from this study and Goodrich (2003).
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those of most type 1 chromites and extend the fe#-Fo
correlation shown by type 1 chromites, if equilibrium with the
most ferroan olivine in the rock is assumed (Fig. 5).
A second pattern of zonation of chromite cores of type 2
spinels is observed in SaU 005 and Dhofar 019 (with some
grains showing both patterns, in different profiles). In this
pattern, chromite cores zone to significantly lower Cr#s than
in pattern 1 and deviate from strict Cr-Al variation via
enrichment in ulvöspinel content (Figs. 2b and 2c). In this
pattern, there is no significant gap in Ti content between cores
and rims, but there is a change in zonation direction and a gap
in Cr# (Figs. 2b, 2c, 6e, and 6f). A more extreme version of
pattern 2 (designated pattern 3 by Goodrich [2003]) occurs
where cores extend to the edges of the grains and no
ulvöspinel rim is present (Figs. 6e–6h).
Superimposed on these general compositional patterns,
chromite cores of type 2 spinels in all four olivine-phyric
shergottites show several secondary effects. Around
magmatic inclusions (e.g., Figs. 1d–1f) and some large cracks,
they are enriched in Ti and Al, similar to zonation pattern 2. In
addition, some cores contain up to three sets of apparently
crystallographically-oriented (octahedral) lamellae that are
brighter than their surroundings in backscattered electron
images (Figs. 1b, 1c, 1e, and 1f). These lamellae are generally
too fine to be resolved by quantitative analysis; however, Xray imaging shows variations in Ti content, suggesting
exsolution of ilmenite or ulvöspinel, and cores that contain a
large number of these lamellae show lower Cr#s (in analyses
that do not resolve the lamellae) than those that contain few or
no lamellae (and are not plotted in Figs. 2–4). In one grain in
Dhofar 019, an analysis of an exceptionally coarse (~1 mmwide) lamella showed a composition similar to the earliest
ulvöspinel, but with slightly lower Cr#; this may not, however,
be a pure analysis of the lamella.
Most ulvöspinel rims of type 2 spinels show a lamellar
intergrowth that, in SaU 005, EET-A, and Dhofar 019, is very
fine and often only faintly visible (Figs. 1a, 1b, and 1e–1f). In
NWA 1110, it is coarser and easily visible but only in the
outermost rims (Figs. 1g–1i), while the innermost rims appear
to be homogeneous (note that only compositions of the
innermost rims are shown in Figs. 2–5). This intergrowth
probably results from late exsolution of ilmenite (ilmenite
was confirmed by EDS analysis in NWA 1110). In some
grains (e.g., Fig. 1b), the lamellae in chromite cores appear to
be continuous with lamellae in the rims.
Micron to submicron-sized inclusions of spinel plus
pyroxene, often in symplectic intergrowths (Fig. 1j), occur in
olivine of all compositions in SaU 005, EET-A, and Dhofar
019. In many crystals, they are very abundant and show
parallel alignment, apparently along crystallographic
directions in their hosts (Fig. 1j). None of those observed
were large enough to yield reliable analyses (a few analyses
obtained by Goodrich [2003] from SaU 005 showed low-Ti,
high-Cr compositions and indicated higher magnetite

contents than the primary chromites). Similar inclusions were
described by Zipfel et al. (2000) in olivine-phyric shergottite
DaG 476 and by Ikeda (2001) in DaG 735 (paired with DaG
476). They are not present in any of the >50 olivine crystals
examined in NWA 1110.
SPINELS IN LHERZOLITIC SHERGOTTITE
ALH A77005
In ALH A77005, spinels are common in poikilitic areas
(Fig. 7a) as subhedral grains included both in oikocrystic
olivines and in the enclosing pigeonite crystals (~5–30 mm in
size in olivine and ~20–110 mm in pigeonite). Those in olivine
commonly have narrow rims consisting of Si- and Al-rich
glass and, in some cases, also calcic pyroxene (Fig. 7b); no
glass was observed around those in pigeonite. Spinels in nonpoikilitic areas (Figs. 7c and 7d) are generally larger (up to
~200 mm), subhedral grains that are predominantly interstitial
(occasionally included in pyroxene or olivine). Spinels in the
two types of area show different compositional trends.
Spinels in poikilitic areas are low-Ti chromites
(ulvöspinel content <4%) that follow a trend of nearly pure CrAl variation (Fig. 2f). Those in pigeonite have high Cr#s
(~0.87–0.80); those in oikocrystic olivine are more aluminous,
with Cr# ranging to as low as 0.63 (Figs. 2f and 4e). Individual
grains (albeit small) are only slightly zoned. Magnetite
contents are ~2–5% and are slightly higher for those in olivine
than those in pigeonite (Fig. 3e). Fe#s are also higher for those
in olivine (~0.64–0.80) than for those in pigeonite (~0.64–
0.77) but, in both cases, are significantly lower than those of
most chromites in the olivine-phyric shergottites (Fig. 4). Fe/
Mg equilbration temperatures calculated for host olivinechromite pairs (Sack and Ghiorso 1991a) are ~900–980°C.
Temperatures calculated for the most Cr-rich chromites in
pigeonite, assuming equilibrium with the most magnesian
oikocrystic olivine, are ~1200–1273°C.
Spinels in non-poikilitic areas follow a trend of
continuous variation between chromite and ulvöspinel, with
no gap in Ti content such as that seen in type 2 spinels in the
olivine-phyric shergottites (Figs. 2f and 3e). Individual grains
are extensively zoned. They have central compositions similar
in Cr#, ulvöspinel content, and magnetite content to those of
the most Cr-rich chromites in poikilitic pigeonite (Figs. 2f, 3e,
and 4e) and show smoothly increasing ulvöspinel and
magnetite contents in center-to-edge profiles (Figs. 6e–6h).
Their fe#s are higher than those of most chromites in poikilitic
pigeonite (Fig. 4e). These spinels do not show sharp core/rim
boundaries or extensive cracks in their cores such as those
seen in type 2 spinels in the olivine phyric shergottites.
However, in backscattered electron images (e.g., Figs. 7c and
7d), they commonly show a diffuse boundary between a
central brighter area and a darker rim (whereas in type 2
spinels in olivine-phyric shergottites, cores are darker than
rims), which corresponds to a drop in Cr# (Fig. 6f).
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Fig. 4. Cr# versus fe# for spinels in four olivine-phyric and one lherzolitic shergottite. For chromite cores of composite spinel grains (type 2)
in SaU 005 and Dhofar 019, only zonation pattern 1 is shown. Note that in (e), both the x- and y-axis scales differ from those of the other plots.
Data from this study and Goodrich (2003).
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Fig. 5. Fe#s of type 1 chromites in NWA 1110 show a large range
(~0.77–0.92) and are correlated with Fo of host olivine. Chromite
cores of composite grains in the groundmass extend this correlation,
assuming equilibrium with the most ferroan olivine. Temperatures
calculated for chromite-olivine host pairs range from ~1050–850°C
(Sack and Ghiorso 1991a), indicating subsolidus reequilibration.

In ALH A77005, no exsolution lamellae or reaction rims
around melt inclusions were observed in any spinels, and no
pyroxene-spinel inclusions were observed in any olivines.
DISCUSSION
Crystallization of Spinels in Olivine-Phyric Shergottites
Chromite is commonly the earliest phase to crystallize in
basaltic magmas, providing oxygen fugacity is high enough
for it to be stable (Roeder and Reynolds 1991), and the
occurrence of chromite as inclusions in the most magnesian
olivines in SaU 005, EET-A, and NWA 1110 is consistent
with this expectation. The absence of chromite inclusions in
the more magnesian olivine in Dhofar 019 (which is similar in
composition to that of NWA 1110) is, therefore, probably a
result of unrepresentative sampling (only a few type 1
chromites were observed in our section) rather than an
indication of later appearance. Furthermore, the
compositional similarities, within each of these shergottites,
between type 2 (cores of composite spinel grains) and type 1
(inclusions in olivine) chromites, indicate that they represent
the same population; that is, type 2 chromites also crystallized
early and were only later overgrown by ulvöspinel (whereas
type 1 chromites were shielded from ulvöspinel overgrowth
by their olivine hosts).
Composite spinels consisting of chromite cores with
ulvöspinel (or titanomagnetite) rims, similar to type 2 spinels

in the olivine-phyric shergottites, occur in some terrestrial
(Haggerty 1976) and lunar (Haggerty and Meyer 1971; El
Goresy et al. 1971, 1976; Taylor et al. 1971) basalts. Such
spinels probably result from a hiatus in spinel stability in the
crystallization sequence. Hill and Roeder (1974) showed
experimentally that at basaltic liquidus temperatures and fO2
<~QFM, crystallization of spinel (early chromite) is
terminated by the appearance of pyroxene (a chromitepyroxene peritectic reaction) but resumes after an interval of
~25–50°C with the appearance of titanomagnetite. This spinel
stability gap can explain both the change in zonation pattern
and the gap in Ti content between cores and rims (Figs. 8a–
8b), as well as the commonly observed rounded and embayed
shapes of the chromite cores (due to resorption) in type 2
spinels. The evidence for this stability gap also suggests that
chromite crystallized before pyroxene in the olivine-phyric
shergottites. Since, in all of these rocks, the most magnesian
low-Ca pyroxenes appear to be in equilibrium with the most
magnesian olivine (Taylor et al. 2002; Goodrich 2003;
Goodrich et al. 2003), this implies that the chromite also
crystallized before most of the olivine, which further supports
the conclusion that it is the earliest phase.
The most significant compositional divergence of type 2
from type 1 chromites in the olivine-phyric shergottites is the
deviation from strict Cr-Al variation (via increasing Ti) and
lowered Cr#s shown by pattern 2 in Sau 005 and Dhofar 019
(Figs. 2b, 2c, and 6e–6h). The absence of a significant gap in
Ti content in this zonation pattern suggests the possibility that
it is a primary crystallization trend, representing complete
chromite-ulvöspinel solid solution rather than a stability gap.
However, it seems more likely that this results from the
heterogeneous reaction of type 1-like chromites with
evolving magmas with which they were no longer in
equilibrium, before ulvöspinel overgrowth occurred
(Goodrich 2003). This explanation is supported by: 1) the
observation that zonation of Cr# between cores and rims is
not continuous but shows a gap (Figs. 2b, 2c, and 6f); 2) the
similarity of this pattern to that seen in rims around melt
inclusions and cracks in chromites, which can be explained by
reaction with late melts (Goodrich 2003); 3) the observation
that this pattern always occurs (and is, in fact, more extreme)
where ulvöspinel rims are absent and chromite cores are in
contact with the groundmass (Figs. 6e–6h); and 4) the
observation that this pattern sometimes occurs in grains that
also show pattern 1 (geometric considerations indicate that
both of these patterns could not occur in the same section if
only one of them were the true zonation pattern), coupled
with the observation that pattern 1 is predominant in all four
rocks, and pattern 2 is, in fact, absent in EET-A and NWA
1110. Therefore, we believe that pattern 2 is a secondary
feature, and pattern 1 (strict Cr-Al variation in chromites and
a chromite-ulvöspinel stability gap) represents the primary
crystallization trend.
Another effect that may be secondary is the lowered Cr#s
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Fig. 6. Center-to-edge compositional profiles showing typical zonation patterns for type 2 composite spinels in the olivine-phyric shergottites
and spinels in non-poikilitic areas in ALH A77005. Left and right columns compare zonation patterns 1 and 2 for chromite cores of type 2
spinels in SaU 005 and Dhofar 019.
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Fig. 7. Backscattered electron images of lherzolitic shergottite ALH A77005: a) poikilitic area, showing oikocrysts of olivine (light grey)
included in a single pigeonite crystal (dark grey). Chromites (white) are abundant in the pigeonite and also occur as smaller inclusions in
olivine; b) chromites included in oikocrystic olivine commonly have narrow rims of glass (right) or glass plus pyroxene (left); c) and d) spinels
in non-poikilitic areas are continuously zoned from chromite to ulvöspinel but commonly show a diffuse core/rim boundary corresponding to
a jump in Cr# (see Fig. 6f).

seen in type 2 chromite cores that contain abundant
exsolution lamellae. Although the identity of these lamellae is
not certain, their apparent continuity with ulvöspinel rims
(e.g., Fig. 1b) suggests that they formed after the rims were in
place. It is not clear, however, whether the lowered Cr#s (in
mixed analyses that do not resolve the lamellae) are the cause
or the effect of the exsolution. Examination of these lamellae
by a technique with higher spatial resolution, such as TEM, is
needed to further understand their identity and origin.
Co-Crystallizing Spinel-Olivine-Pyroxene Assemblages in
the Olivine-Phyric Shergottites
Our first concern in this work was to identify
assemblages of spinel plus co-crystallizing olivine and
pyroxene that would allow us to estimate oxygen fugacities
during the early stages of crystallization of these four
shergottites. The conclusion that chromite cores of type 2
spinels represent the same population as type 1 chromites

allows us to include all chromites in each rock as the first step
in this process. This is particularly important for SaU 005,
EET-A, and Dhofar 019, in which type 1 chromites are rare
and do not appear to be a representative sample of the ranges
of chromite Cr# and fe# (Figs. 4a–4c). The second step is to
eliminate chromites showing secondary effects, such as
zonation pattern 2, reaction rims around melt inclusions and
cracks, and exsolution lamellae. Figures 3 and 4, therefore,
show only chromites devoid of these effects.
Spatial relations can be an important indication of cocrystallization relationships but must be used with caution.
For example, the occurrence of both chromite and pyroxene
as inclusions in the same olivine crystal might be considered
a reliable indication of chromite-olivine-pyroxene cocrystallization. However, as discussed above, it is likely that
chromites crystallized before both pyroxene and olivine, and
therefore, the compositions of the olivines in which they
become trapped are largely fortuitous. Even the case of
chromite plus pyroxene trapped in the most magnesian
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Fig. 8. Schematic illustration of various interpretations of the compositional trends shown by spinels in this study in the chromite-ulvöspinelspinel system.

olivine is not completely reliable because chromites show a
range of Cr#s (primary crystallization trend) and tiny
inclusions may sample any part of this trend. Furthermore,
tiny chromites trapped in olivine are particularly susceptible
to Fe/Mg reequilibration with their hosts (as discussed above,
Fe/Mg equilibration temperatures for all type 1 chromites are
subsolidus), while the centers of larger type 2 chromites may
be less so. The observation that fe#s of type 2 chromites in
SaU 005 and Dhofar 019 extend to significantly lower values
than those of type 1 chromites (Figs. 4a and 4b) is evidence
that this is the case.
The criterion we used for identifying the earliest chromite
in each rock was that it must have essentially the highest Cr#
(indicating the beginning of the crystallization trend) and
lowest fe# (indicating the lowest degree of reequilibration)
observed. Representative compositions of the chromiteolivine-pyroxene assemblages selected for oxygen fugacity
determinations for each rock are given in Table 2. For SaU
005, the assemblage is the highest-Cr#, lowest-fe# analysis of
a type 2 chromite core (located near its center), the most
magnesian olivine (Fo74) observed, and a high-mg (78)

orthopyroxene grain that occurs as an inclusion in that olivine.
The olivine and pyroxene appear to be in equilbrium: the value
of KD Fe/Mg (ol/lpyx) implied by their compositions is 1.2,
similar to values determined experimentally for melts of
shergottitic composition at 1215–1240°C (Longhi and Pan
1989). For EET-A, we used three high-Cr#, low-fe# type 1
chromites, plus 1 analysis from the center of a type 2 chromite
with slightly lower Cr# but also lower fe#. With all 4 of these,
we used a high-Fo (~78, nearly the most magnesian observed)
olivine that contains one of the type 1 chromites, and a highmg (81) orthopyroxene that occurs as an inclusion in this
magnesian olivine (Goodrich 2003). Again, the olivine and
pyroxene appear to be in equilibrium, with KD Fe/Mg (ol/lpyx) =
1.2. In Dhofar 019, type 1 chromites, which were not observed
in the most magnesian olivines (Table 1), all have fe#s that are
significantly higher than the lowest values observed in type 2
chromite cores. Therefore, we selected four of the highestCr#, lowest-fe# chromite analyses from the center of a type 2
grain. The olivine composition (Fo ~73) is the most
magnesian observed in this study. No pyroxene grains occur as
inclusions in magnesian olivine in our section. Therefore, the
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Table 2. Early chromite-olivine-pyroxene assemblages.
SaU 005 a
chr
oliv
SiO 2
TiO2
Al2O3
Cr2O3
FeOf
MgO
MnO
CaO
Na2O
V2O3
Total
Ulvög
Spg
Chrg
Magg
fe#
Cr#
Fo
Wo
fO2h
Th

0.19
0.95
8.21
57.3
27.6
4.9
0.37
0.01
–
0.79
100.3
2.5
16.9
79.0
1.6
0.751
0.824
–
–

pyx

38.2
–
–
0.1
23.7
37.6
0.5
0.19
–
–
100.2

54.3
0.07
0.55
0.43
14.1
27.2
0.48
2.0
0.05
–
99.1

–
–
–
–
–
–
73.9
–

–
–
–
–
–
–
77.5
3.9

-3.8
1017

Dhofar 019b
chr
oliv
0.15
0.55
9.22
57.2
26.6
5.5
0.38
0.01
–
0.58
100.1
1.4
18.8
78.0
1.8
0.721
0.806
–
–

pyx

37.4
54.0
–
0.1
–
1.1
0.14
0.54
25.5
17.2
37.2
23.7
0.46
0.57
0.25
4.4
–
0.04
–
–
100.9 101.6
–
–
–
–
–
–
72.2
–

–
–
–
–
–
–
71.1
8.7

EET-A c
chr
oliv
0.21
0.68
7.05
58.0
28.9
4.1
0.51
0.03
–
–
99.5
1.8
14.6
80.6
3.0
0.786
0.847
–
–

-3.7
1099

pyx

38.1
55.1
–
0.0
–
0.51
0.18
0.63
20.7
12.7
40.3
29.6
0.49
0.42
0.25
1.2
–
–
–
–
100.0 100.2
–
–
–
–
–
–
77.6
–
–2.8
926

–
–
–
–
–
–
80.6
2.3

NWA 1110 d
chr
oliv
0.07
0.58
6.5
57.1
30.7
4.0
0.46
0.02
–
0.37
99.8
1.5
13.5
79.6
5.4
0.790
0.855
–
–

pyx

37.2
53.3
–
0.11
0.19
0.66
0.24
0.51
26.4
17.7
36.0
24.7
0.50
0.56
0.30
2.7
–
0.05
–
–
100.8 100.2
–
–
–
–
–
–
70.8
–

–
–
–
–
–
–
74.1
5.2

ALH A77005e
chr
oliv
0.0
0.96
6.3
58.6
25.3
6.9
0.38
0.02
–
0.60
99.1
2.5
12.9
80.8
3.8
0.648
0.862
–
–

–1.7
1024

pyx

38.3
55.1
–
0.08
–
0.36
0.03
0.51
22.8
13.8
39.9
28.8
0.45
0.46
0.17
1.5
–
0.03
–
–
101.7 100.6
–
–
–
–
–
–
75.7
–

–
–
–
–
–
–
78.8
2.8

–2.6
1273

a Chromite

= lowest-fe#, highest-Cr# core of type 2 spinel; olivine = most magnesian; pyroxene = highest-mg opx, inclusion in the olivine (Goodrich 2003).
= lowest-fe#, highest-Cr# core of type 2 spinel (average of 4 analyses); olivine = most magnesian observed; pyroxene = highest-mg, lowest-Wo
observed.
c Chromite = average of 4 analyses of lowest-fe#, highest-Cr# chromites (3 type 1 chromites, 1 core of a type 2 spinel); olivine = high-Fo crystal containing
one of the type 1 chromites included in the spinel average; pyroxene = high-mg opx inclusion in magnesian olivine (Goodrich 2003).
d Oxygen fugacity was determined from 9 assemblages of type 1 chromite plus host olivine; given here are averages for the 9 chromites (magnetite = 5.4 ± 0.4)
and 9 olivines (Fo = 70.8 ± 0.7); pyroxene = highest-mg low-Ca pyroxene (average of 4 analyses).
e Chromite = average of 4 analyses of lowest-fe#, highest-Cr# chromites included in poikilitic pigeonite; olivine = most magnesian oikocrystic olivine observed
in this study; pyroxene = lowest-Wo, highest-mg poikilitic pigeonite observed in this study (average of 10 analyses).
f Total Fe as FeO.
g Ulvö = 100 × molar 2Ti/(2Ti+Cr+Al+Fe 3+); Sp = 100 × molar Al/(2Ti+Cr+Al+Fe 3+); Chr = 100 × molar Cr/(2Ti+Cr+Al+Fe 3+); Mag = 100 × molar Fe3+/
(2Ti+Cr+Al+Fe3+).
h Oxygen fugacity (±0.5 relative to the QFM buffer of Wones and Gilbert [1969]) and temperature (±40°C). Note that oxygen fugacities and temperatures are
not estimates from the average compositions but, rather, averages of estimates from individual compositions.
b Chromite

selected pyroxene is simply the highest-mg, lowest-Wo
composition observed in the groundmass. In this case, the
implied KD Fe/Mg (ol/lpyx) is ~0.95, suggesting that the
pyroxene crystallized slightly later than the olivine. For NWA
1110, the early assemblage is particularly well-constrained
because there are abundant large chromites of similar
composition as inclusions in the most magnesian olivine
crystals. We selected nine assemblages of type 1 chromite plus
host olivine and calculated oxygen fugacities for each. Table 2
shows average compositions for the nine chromites (standard
deviations for their Cr#, fe#s, and magnetite contents are
±0.11, ±0.01, and ±0.4, respectively) and the nine olivines (Fo
= 70.8 ± 0.7, close to the most magnesian). The pyroxene
composition used for all nine calculations is an average of four
analyses of the highest-mg (74) low-Ca pyroxene observed.
Again, the olivine and pyroxene appear to be in equilibrium,
with KDFe/Mg (ol/lpyx) = 1.2.
The occurrence of composite (type 2) spinels and also
individual grains of ulvöspinel, as inclusions in the more
ferroan olivine, allows us to determine the composition of

olivine that was crystallizing at the time of the ulvöspinel
appearance (Table 1) in SaU 005, EET-A, and NWA 1110
(unfortunately, in Dhofar 019, no type 2 spinels were
observed completely enclosed in olivine). Therefore, we were
also able to identify spinel-olivine-pyroxene assemblages
representing later stages of crystallization. Those
assemblages are given in Table 3. In each case, the spinel is
one of (or an average of) the earliest (lowest-Ti) ulvöspinels
from type 2 rims, and the olivine is the most magnesian in
which type 2 grains were observed as inclusions. The
associated pyroxenes are low-Ca pyroxenes from the
groundmass chosen to be approximately in equilibrium with
the olivines (KDFe/Mg (ol/lpyx) = 1.2–1.3) because we did not
find pyroxenes in spatial association with any of the type 2
spinels in olivine.
Crystallization of Spinels in ALH A77005
Chromites that occur as inclusions in poikilitic pigeonite
and oikocrystic olivine in ALH A77005 show a trend of
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Table 3. Later spinel-olivine-pyroxene assemblages.
SaU 005a
spinel
SiO2
TiO2
Al2O3
Cr2O3
FeOb
MgO
MnO
CaO
Na2O
V2 O3
Total
Ulvöc
Spc
Chrc
Magc
fe#
Cr#
Fo
Wo
fO2d
Td

0.19
2.34
11.0
50.9
30.4
4.7
0.42
0.01
–
1.09
101.1
6.0
22.3
69.1
2.6
0.773
0.756
–
–

oliv
36.6
–
–
0.08
28.7
34.2
0.56
0.30
–
–
100.4
–
–
–
–
–
–
68
–

pyx
53.6
0.12
0.90
0.45
15.9
24.4
0.50
3.8
0.10
–
99.8
–
–
–
–
–
–
73.3
7.6

EET-Aa
spinel

oliv

pyx

NWA 1110a
spinel
oliv

pyx

0.17
6.31
6.2
45.6
37.7
2.9
0.39
0.01
–
1.14
100.4

36.1
–
–
0.08
35.0
39.2
0.63
0.25
–
–
101.3

51.8
0.14
1.04
0.47
19.9
20.1
0.59
5.5
0.05
–
99.5

0.00
2.32
5.9
47.2
39.5
2.1
0.45
0.04
–
0.46
98.0

36.5
–
–
0.37
32.6
30.0
0.63
0.30
–
–
100.9

52.6
0.12
0.68
0.38
20.5
22.4
0.62
3.0
0.06
–
100.4

–
–
–
–
–
–
59.8
–

–
–
–
–
–
–
64.3
11.2

6.3
12.6
67.9
13.1
0.890
0.843
–
–

–
–
–
–
–
–
62.1
–

–
–
–
–
–
–
66.1
6.0

17.0
13.0
64.6
5.4
0.867
0.832
–
–

-3.4
1047

-1.8
925

-0.5
836

a Each

assemblage consists of the lowest-Ti ulvöspinel, the most magnesian olivine in which type 2 spinels were observed as inclusions, and groundmass lowCa pyroxene in equilibrium with the olivine (KD Fe/Mg (ol/lpyx) »1.2).
b Total Fe as FeO.
c Ulvö = 100 × molar 2Ti/(2Ti+Cr+Al+Fe 3+); Sp = 100 × molar Al/(2Ti+Cr+Al+Fe 3+); Chr = 100 × molar Cr/(2Ti+Cr+Al+Fe 3+); Mag = 100 × molar Fe3+/
(2Ti+Cr+Al+Fe3+).
d Oxygen fugacity (±0.5 relative to the QFM buffer of Wones and Gilbert [1969]) and temperature (±40°C).

nearly pure Cr-Al variation similar to that of chromites in the
olivine-phyric shergottites, suggesting that they represent the
earliest spinels in this rock. This is consistent with the
common interpretation that the poikilitic areas formed first
and the non-poikilitic areas are interstitial (McSween et al.
1979b; Lundberg et al. 1990). However, the observation that
the chromites in olivine have lower Cr#s than those in the
pigeonite (Fig. 2f), which suggests that they represent a later
stage of crystallization, is surprising because textural
relations indicate clearly that the olivine crystallized before
the pigeonite. Furthermore, if all chromites crystallized
before either olivine or pigeonite, no systematic difference
between their compositions in the 2 types of host would be
expected. This observation, then, suggests that that chromites
in olivine have been affected by some secondary process. The
higher fe#s and lower equilibration temperatures of these
chromites, relative to those in pigeonite, indicate higher
degrees of Fe/Mg reequilibration with their hosts, which can
be explained by higher diffusion rates in olivine than in
pyroxene. Their lower Cr#s require, additionally, Cr-Al
exchange. The narrow rims of glass and pyroxene that occur
around many of them (Fig. 7b) suggest that this occurred by
reaction with small amounts of trapped melt. Such a reaction
would have been similar to that seen in the pattern 2 zonation
trend and reaction rims around melt inclusions in chromites in

the olivine-phyric shergottites (Figs. 2b and 2c), but without
the increase in Ti, because the trapped melt was a very
primitive one. The absence of similar glass rims around
spinels in poikilitic pigeonite may be a result of the high
efficiency of poikilitic crystal growth (residual melt is
squeezed out). We conclude, therefore, that the low Cr#s of
chromites in oikocrystic olivine in ALH A77005 are not a
result of primary crystallization and that the extent of primary
Cr-Al variation is more accurately given by that of the
chromites included in pigeonite.
The compositional trend shown by spinels in nonpoikilitic areas of ALH A77005, with continuous variation
between chromite and ulvöspinel (and no gap in Ti content),
suggests the possibility that these spinels crystallized under
conditions in which a complete solid solution existed
between chromite and ulvöspinel. The experimental work of
Hill and Roeder (1974), which, as discussed above, can
explain the formation of composite chromite-ulvöspinel
grains in the olivine-phyric shergottites as a result of a spinel
stability gap, also showed that at oxygen fugacities >~QFM,
this gap did not exist. This result led Goodrich (2003) to
suggest that spinels in non-poikilitic areas of ALH A77005
formed at significantly higher oxygen fugacities than those
in SaU 005 and EET-A (with the caveat that, for martian
magma compositions, the oxygen fugacity limit above which
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Fig. 9. Results of oxygen fugacity estimates for early (high-Fo)
assemblages, and later assemblages (lower Fo) representing the onset
of ulvöspinel crystallization (except Dhofar 019, for which the
estimate of Taylor et al. [2002] for Fe-Ti oxides in the groundmass is
shown at Fo 40, which is an upper limit). SaU 005 and Dhofar 019
show no increase in fO2 due to fractional crystallization, consistent
with buffering of reduced magmas. The increase in fO2 seen in EETA may be due to mixing between an early, reduced magma and a more
oxidized one (Goodrich 2003). The increase in fO2 seen in NWA 1110
may be a result of fractional crystallization, associated with its
significantly higher initial oxidation state.

complete solid solution exists may be different than for the
terrestrial compositions examined by Hill and Roeder
[1974]). However, two other possibilities should also be
considered. The first is that early chromites similar to those
in the poikilitic pigeonite reacted extensively with the melt
from which the ulvöspinel was beginning to crystallize so
that the overgrowth resulted in a zonation pattern resembling
that of complete solid solution. However, by analogy to type
2 spinels in the olivine-phyric shergottites, we would expect
that reaction of chromites before ulvöspinel overgrowth
would produce a zonation pattern similar to that of pattern 2,
with a gap in Cr# (Fig. 8c). The second possiblity is that
these spinels originally resembled most type 2 spinels in the
olivine-phyric shergottites, showing a gap in Ti content
(pattern 1), but extensive subsolidus reequilibration between
the cores and rims obliterated it (Figs. 8b and 8f). The
diffuse core/rim boundary seen in most of these spinels
(Figs. 7c and 7d) may be a relic of a once-sharp boundary
and a compositional gap, and the significantly low fe#s (Fig.
4) of all spinels in non-poikilitic areas (compared to those of
chromites in poikilitic pigeonite) are consistent with a high
degree of reequilibration. Of course, a combination of these
two scenarios is also possible—chromite cores may have
reacted with melt before ulvöspinel overgrowth and then

continued to react by reequilibration with the ulvöspinel
(Figs. 8b, 8c, and 8f). Either explanation, subsolidus
reequilibration or a combination of reaction with melt plus
subsolidus reequilibration, may be more consistent with the
observed compositional trend (which has a curvature due to
a decrease and then increase in Cr#; Fig. 2f) than with the
trend that might be expected from primary chromiteulvöspinel solid solution (Fig. 8e). Furthermore, the
possibility that a gap in Ti content in spinels was obliterated
by reequilibration in ALH A77005 but not in the olivinephyric basaltic shergottites is plausible, considering that
ALH A77005 is a cumulate with relatively homogenous
mineral compositions.
One conspicuous feature of the spinels in non-poikilitic
areas of ALH A77005 is that their cores lack the abundant
cracks that characterize chromite cores of type 2 spinels in the
olivine-phyric shergottites (compare Figs. 1a–1i with Figs. 7c
and 7d). This might seem to argue against the suggestion that
the ALH A77005 spinels originally resembled those in
olivine-phyric shergottites. However, the origin of these
cracks is unclear. Goodrich (2003) discussed several
possibilities and concluded that they probably result from
some stress (such as thermal shock) associated with
disruption and/or assimilation of xenocrystic chromites by a
magma. However, the apparent absence of evidence for
xenolithic material in Dhofar 019 (Taylor et al. 2002) or NWA
1110 (Goodrich et al. 2003) suggests that this conclusion
should be reconsidered. Another possibility is that chromite
and ulvöspinel responded differentially (in terms of
expansion/contraction) to a drop in pressure caused by
eruption. This might explain the absence of abundant cracks
in the ALH A77005 spinels, since this rock probably formed
in a magma chamber or subsurface flow. Examination of
composite chromite-ulvöspinel grains in lunar basalts and
various types of terrestrial rocks might shed some light on the
origin of these cracks.
Co-Crystallizing Spinel-Olivine-Pyroxene Assemblage in
ALH A77005
The chromite-olivine-pyroxene assemblage used to
determine early oxygen fugacity for ALH A77005 is given in
Table 2. As discussed above, we assume that the earliest and
least reequilibrated spinels are the chromites included in
poikilitic pigeonite and take an average of the four highestCr#, lowest-fe# analyses for the chromite composition. The
olivine is the most magnesian oikocrystic olivine, and the
pyroxene is the highest-mg, lowest-Wo poikilitic pigeonite
composition observed in this study. The olivine and pyroxene
appear to be in equilibrium, with KDFe/Mg (ol/lpyx) = 1.2. It
was not possible to identify an assemblage corresponding to
later crystallization conditions in ALH A77005 because the
high degree of homogeneity of the olivine indicates either that
this rock represents only the earliest products of a magma (an
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early cumulate), or extensive reequilibration (Lundberg et al.
1990). Furthermore, the continuous zoning (between chromite
and ulvöspinel compositions) of spinels in non-poikilitic areas
precludes the identification of any point of appearance of
ulvöspinel.
Results of Oxygen Fugacity Calculations
The results of the oxygen fugacity calculations for the
early and later assemblages are given in Tables 2 and 3,
respectively, and are shown in Fig. 9. We note that,
particularly for the early assemblages, the estimated
temperatures are artificially low because the spinels have fe#s
indicating reequilibration with more ferroan compositions
than the selected olivines and pyroxenes. However, using
magmatic temperatures in the calculations (e.g., correcting
Fe2+/Mg ratios of the spinels to reflect equilibration with the
earliest olivine, which does not affect their magnetite
contents) does not, within error, change the resulting fO2
values relative to the QFM buffer. For the olivine-phyric
shergottites, early fO2 increases from SaU 005 and Dhofar
019 (which are within error of one another at ~QFM -3.8) to
EET-A (QFM -2.8) and then to NWA 1110 (QFM -1.7). For
ALH A77005, early fO2 (QFM -2.6) is similar to that of EETA. Relative to one another, these estimates are consistent with
the calculated magnetite contents of the chromites (Fig. 3).
The low fO2 obtained for early Dhofar 019 is similar to that
estimated by Taylor et al. (2002) based on Fe-Ti oxide
(ilmenite-ulvöspinel) pairs in the groundmass. In contrast, the
result for early EET-A is significantly lower than that
estimated by Herd et al. (2002) from Fe-Ti oxides (QFM -2.8
versus QFM -1.7).
The oxygen fugacities estimated for the later
assemblages vary in comparison to those of the early ones.
For SaU 005, the results are, within error, identical, showing
no change in fO2. For Dhofar 019, the estimate of Taylor et al.
(2002) from Fe-Ti oxides in the groundmass also indicates
that no increase in oxidation state occurs during
crystallization in this rock. However, for EET-A, the later fO2
obtained here is significantly higher than the early one (QFM
-1.8 versus -2.8) and is consistent with the estimate of Herd
et al. (2002) from Fe-Ti oxides (QFM -1.7). For NWA 1110,
the increase is also large, from QFM -1.7 to QFM -0.5, and
the trend of dramatically increasing magnetite content in the
ulvöspinels (Fig. 3c) suggests a continuous increase during
crystallization.
In light of the experimental work of Hill and Roeder
(1974), showing that the presence of a chromite-ulvöspinel
stability gap is dependent on low fO2, the observation that the
size of the gap (in Ti content between cores and rims of type 2
spinels) varies among the olivine-phyric shergottites (Figs.
2b–2e and 3a–3d) suggests the possibility that the size of this
gap may also be related to fO2. The gap is smallest in NWA
1110, which has the highest fO2 (both early and later), and is
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large in Dhofar 019, which has the lowest fO2. However, when
SaU 005 and EET-A are considered, clearly, no strict
correlation exists; the gap is much smaller in SaU 005 than in
Dhofar 019 (which have the same low early fO2) and is, in fact,
largest in EET-A (which has intermediate early fO2).
Furthermore, spinels in the non-poikilitic areas of ALH
A77005 show continous compositional variation between
chromite and ulvöspinel (no gap), and yet, the estimated fO2 for
ALH A77005 is similar to that of EET-A. These results suggest
that factors other than fO2 can affect the presence and/or size of
the gap. For example, in the interpretation of Goodrich (2003)
that the early chromite-olivine-pyroxene assemblage in EET-A
is xenolithic relative to the magma from which the ulvöspinel
crystallized, the large gap in EET-A may result from mixing of
an early, reduced magma with a more oxidized one. This
interpretation is consistent with the higher fO2 obtained here
for the later ulvöspinel-olivine-pyroxene assemblage and for
ulvöspinel-ilmenite pairs in the groundmass (Herd et al. 2002).
Cooling rate might also affect the size of the gap. For example,
EET-A and Dhofar 019 (largest gaps) show the largest ranges
of olivine compositions (Table 1), suggesting high degrees of
fractional crystallization, while SaU 005 (small gap) shows the
smallest range (Table 1). In addition, reequilibration between
chromite cores and ulvöspinel rims may alter the original size
of the gap. Although we have attempted to remove the effects
of reequilibration in type 2 spinels in the olivine-phyric
shergottites (in particular, eliminating grains showing pattern 2
zonation), it is possible that we have not been completely
successful. Moreover, the fact that spinels in non-poikilitic
areas of ALH A77005 indicate lower fO2 than in NWA 1110
(and also that they show a trend of only modestly increasing
magnetite content) suggests that, as discussed above, the
complete absence of a gap in the ALH A77005 spinels is a
result of high degrees of reequilibration rather than high fO2.
We conclude that experimental studies using shergottic
compositions are needed to determine the degree to which the
presence and/or size of the chromite-ulvöspinel stability gap
can be used as an indication of oxygen fugacity for these rocks.
The result that fO2 does not change between the early and
later assemblages in either SaU 005 and Dhofar 019 is
consistent with the expectation that crystallization paths of
dry, low-fO2 magmas follow oxygen fugacity buffers
(Carmichael and Ghiorso 1990). The increase in fO2 evident
in EET-A, therefore, appears to support the two-magma
model of Goodrich (2003) and indicates that an an early,
reduced magma (or its products) was mixed with a more
oxidized one. The more dramatic increase in fO2 seen in NWA
1110, however, seems to indicate a non-buffered
crystallization path, which may be related to its significantly
higher oxidation state. Determinations of fO2 from ilmeniteulvöspinel pairs in NWA 1110 are needed to further
understand its late magmatic evolution.
The exsolution lamellae of ilmenite observed in
ulvöspinels (and also the lamellae in chromites, if they are
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ilmenite) in all the olivine-phyric shergottites (Figs. 1a–1i)
may indicate an episode of late oxidation (Haggerty 1976,
1991). The tiny pyroxene-spinel inclusions (Fig. 1j) that
occur pervasively in olivine in SaU 005, EET-A, and Dhofar
019 are also indicative of oxidation. Inclusions similar to
these have been observed in olivine from a variety of rocks
including terrestrial dunites (Irving et al. 1992), Nakhla
(Yamada et al. 1997; Mikouchi et al. 2000), lunar troctolite
76535 (Gooley et al. 1974; Bell et al. 1975), ungrouped
achondrite QUE 93148 (Goodrich and Righter 2000), and
polymict ureilite DaG 165 (Goodrich and Keil 2002). They
can be explained by two-phase exsolution resulting from
oxidation of Fe2+ and Cr2+ in olivine (Mosley 1984; Goodrich
and Righter 2000). In principle, the fO2 and temperature of
this oxidation could be obtained from the spinel, pyroxene,
and host olivine compositions, but high resolution techniques
are needed to obtain reliable analyses of the spinel and
pyroxene (the indication of high magnetite contents in the
spinel from the few analyses obtained is consistent with an
oxidation exsolution mechanism). The presence of these
exsolutions may explain the anomalously low Cr contents
measured by Herd et al. (2002b) in EET-A olivine without
invoking a xenolithic origin for this olivine. Their absence in
NWA 1110 may be a result of initial crystallization of olivine
at higher fO2 than in the other rocks. Both the ilmenite
exsolution and the pyroxene-spinel exsolution in these rocks
are clearly subsolidus features and may be more indicative of
conditions in the enivronment(s) of final emplacement than of
crystallization trends.
I m p l i c a t i o n s f o r t h e U s e s of O x y g e n F u g a c i t y
Determinations
One of the motivations for this work was to address the
concern that oxygen fugacities determined for basaltic
shergottites might not reflect those of primary, mantlederived magmas. The previous results of Herd et al. (2001)
and McSween et al. (1996), which showed much lower fO2
for QUE 94201 than for the other basaltic shergottites, allayed
this concern to some extent. The results obtained here for
olivine-phyric shergottites, which are more likely to represent
primitive magmas and which show both very low (SaU 005
and Dhofar 019) and very high (NWA 1110) fO2, dispel this
concern further. Fractionated magmas can be either oxidized
or reduced. Primitive magmas can be either oxidized or
reduced. Furthermore, the result that oxidation state does not
appear to change during crystallization in SaU 005 or Dhofar
019 provides confidence that determinations made from Fe-Ti
oxides do not merely represent late conditions.
Finally, the results obtained here suggest that oxygen
fugacity determinations may be of use in examining the
petrogenesis(es) of olivine-phyric shergottites. One of the
principle questions in studies of these rocks is whether they
contain xenolithic material or are the products of magma
mixing (e.g., McSween and Jarosewich 1983; Mittlefehldt et

al. 1999; Zipfel et al. 2000; Barrat et al. 2002; Goodrich 2003).
The increase in fO2 from early to later conditions in EET-A
supports the model of Goodrich (2003) that the small volume
of chromite and most magnesian olivine and pyroxene in this
rock are xenolithic relative to the magma from which
ulvöspinel and most of the olivine crystallized. At the same
time, the agreement between the fO2 determined here from
ulvöspinel-olivine and that determined from Fe-Ti oxides in
the groundmass (Herd et al. 2001) undermines models (e.g.,
McSween and Jarosewich 1983; Mittlefehldt et al. 1999) in
which all the olivine is considered xenolithic. Likewise, the
low fO2 recorded by both early and late assemblages in Dhofar
019 is consistent with crystallization from a single magma
(Taylor et al. 2002). On the other hand, the similar result
obtained for SaU 005 suggests that either the two-component
model of Goodrich (2003) is incorrect or that both
components were derived from similarly reduced reservoirs.
The petrogenesis(es) of the olivine-phyric shergottites is still
uncertain, particularly the question of whether they represent
primitive, mantle-derived magmas, and oxygen fugacity
determinations may contribute to an answer.
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